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Abstract

Slope and shelf processes associated with upwelling in the northern California Current
system

Thomas P. Connolly

Chair of the Supervisory Committee:

Professor Barbara M. Hickey

School of Oceanography

The northern California Current system (CCS) experiences relatively weak upwelling-favorable

wind stress during summer months, but high nutrient concentrations and hypoxic conditions

occur seasonally. This study examines 1) the relative contribution of physical and biological

processes to seasonal dissolved oxygen (DO) declines, 2) the role of coastal trapped waves in

setting up the California Undercurrent (CUC) and a poleward alongshelf pressure-gradient

force over the slope, 3) the role of submarine canyons in the upwelling of water from the

slope onto the shelf.

The physical processes of upwelling and changes in source water contribute to interannual

variability in hypoxic conditions, but cannot solely account for seasonal oxygen decreases.

Mass balances of DO and nitrate show that biochemical processes in the water column and

sediments each contribute ∼50% to the total consumption of DO in near-bottom water.

Alongshelf advection of sharp gradients induced by localized respiration leads to variability

at event (2–10 d) time scales on the inner shelf.

The dynamics of the CUC and alongshore pressure gradient over the slope are explored

using the Navy Coastal Ocean Model and a linear coastal trapped wave model. In the linear

model, alongshore winds drive poleward flow events over the slope, but a persistent under-

current in the northern CCS is dependent on the use of San Diego sea level at the southern

boundary. In the northern CCS, alongshore density gradients over the slope lead to a pole-





ward pressure-gradient force within the undercurrent that often opposes an equatorward

force associated with coastal sea level.

To examine how water is transported from the slope to the shelf, a regional model

hindcast is used to isolate the dynamics and impacts of canyon upwelling. Canyon upwelling

occurs during periods of southward flow over the shelf which occur throughout the upwelling

season. Water is transported from depths of ∼150–250 m over the slope to the near-bottom

water at mid shelf. Canyon-enhanced fluxes in the bottom portion of the water column are

large enough to influence changes in salinity over the shelf at seasonal time scales.
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1

INTRODUCTION

The continental shelves of Oregon, Washington and British Columbia are situated in

the northern California Current system (CCS), a region of high seasonal productivity that

serves as a confluence of water masses from across the Pacific Ocean. Primary productivity

in this region is associated with high chlorophyll-a concentrations (Perry et al., 1989), which

in turn has been linked to high levels of zooplankton biomass and fish yield (Ware and

Thomson, 2005). However, the deep upwelled water that provides high concentrations of

macronutrients to the surface is also associated with low concentrations of dissolved oxygen

and high partial pressures of CO2, which can have detrimental effects on marine organisms

through hypoxia and dissolution of calcite structures in low-pH waters. High productivity

has long been associated with coastal upwelling regions such as the CCS (Ryther, 1969), but

productivity in the northern CCS is relatively high in spite of the fact that local upwelling

wind stress is relatively weak (Hickey and Banas, 2008). Distributions of nutrients, dissolved

gases and other tracers are strongly linked to physical dynamics near the coast, as well as

broader scales over the ocean gyres. The research presented herein focuses on processes

that influence water properties in the subsurface water column, below the euphotic zone,

in the northern CCS: physical and biochemical processes associated with hypoxia (Chapter

1), dynamics of the large-scale California Undercurrent (Chapter 2), and exchange between

continental slope and shelf (Chapter 3).

The California Current system (CCS) encompasses the coastal regions of North America

from British Columbia to Baja California, and extends offshore into the eastern limb of

the clockwise subtropical gyre in the North Pacific. The California Current itself flows

southward throughout the year and its offshore boundary is often taken to be ∼1000 km

offshore of the coast (Hickey, 1979; Strub and James, 2000). This area is characterized by

greater variability in the dynamic height of the sea surface compared with locations further

in the interior of the gyre (Wyrtki, 1975). In addition to the strong southward coastal
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currents present over the shelf, a maximum in the southward flow in the California Current

is present ∼500 km offshore and varies seasonally with the local wind stress curl (Hickey,

1979).

Subarctic water is transported into the northern end of the CCS by the West Wind

Drift, which flows across the North Pacific along the boundary between the subarctic and

subtropical gyres. Subarctic water, subducted into the ocean interior at higher latitudes,

is generally characterized by low salinity, cold temperatures and high dissolved oxygen at

a given density (Lynn and Simpson, 1987). In the density range σt = 26.5–26.7, which

is found over the upper slope and outer shelf in the northern CCS, decadal variability

and long-term trends in dissolved oxygen have been observed in the subarctic water of the

North Pacific (Emerson et al., 2004; Whitney et al., 2007). Decadal variability has been

associated with changes in the circulation and residence time of subarctic water (Deutsch

et al., 2006), which may also be linked to observed long-term changes in dissolved oxygen at

coastal locations in the northern CCS (Whitney et al., 2007; Pierce et al., 2012). Decreased

ventilation due to anthropogenic warming is expected to further decrease dissolved oxygen

in the subarctic North Pacific (Bopp et al., 2002; Frölicher et al., 2009). Such changes would

also be associated with increased nitrate concentrations in the source waters for upwelling

in the CCS, promoting increased primary productivity (Rykaczewski and Dunne, 2010).

Associated increases in the partial pressure of CO2 in the subarctic water would exacerbate

the ecosystem impacts of increased CO2 concentrations in the atmosphere.

Water mass characteristics in the northern CCS are also strongly influenced by the Cal-

ifornia Undercurrent, which flows northward over the upper continental slope from Baja

California to Vancouver Island. The undercurrent transports water from the tropics, char-

acterized by high salinity and high temperatures (Lynn and Simpson, 1987). Equatorial

water is low in oxygen due to high productivity associated with equatorial upwelling and

weak retentive circulation offshore of central America (Karstensen et al., 2008). Nutrient

concentrations in this water mass are high, but denitrification in suboxic equatorial waters

results in deviations from typical “Redfield” stoichiometry in California Undercurrent water

(Castro et al., 2001). Modeled decadal variability in the volume of suboxic equatorial water

has been linked to fluctuations in productivity associated with the strength of equatorial
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upwelling and the Pacific Decadal Oscillation (Deutsch et al., 2011). This process qual-

itatively explains observed decadal variability in dissolved oxygen off southern California

(McClatchie et al., 2010; Deutsch et al., 2011), suggesting that the California Undercurrent

communicates climate-driven oxygen variability to coastal regions in the CCS. Although lat-

eral mixing processes dilute the equatorial component of the water mass as it is transported

northward, it still influences the northern CCS. Thomson and Krassovski (2010) estimate

that the core of the undercurrent is composed of ∼40% equatorial water off the Washington

coast. Although surface-intensified poleward flows also exist in the CCS (the Davidson cur-

rent, and the inshore countercurrent in the Southern California Bight, e.g.) the California

Undercurrent is associated with the most pronounced maximum in equatorial water mass

properties (Lynn and Simpson, 1987).

Coastal currents in the CCS are largely driven by wind forcing near the coast, which

varies spatially with latitude and temporally at weather-band, seasonal and interannual

time scales. Equatorward winds in the CCS are associated with high atmospheric pressure

over the ocean and lower atmospheric pressure over land. The high pressure system over

the subtropical North Pacific is strongest during summer, a result of feedbacks between the

ocean–land temperature difference and equatorward winds (Miyasaka and Nakamura, 2005).

A thermal low pressure system over the warm, arid land of California is also strongest during

summer. Wind stress during summer is favorable for upwelling throughout the California

Current, and strongest at 39◦N. The seasonal peak in upwelling-favorable wind stress occurs

during July off Washington, and much earlier during April off Baja California (Hickey,

1979). During winter, the North Pacific high weakens and shifts southward. The Aleutian

low pressure system, a seasonal mean signal associated with winter storm tracks, forms over

the North Pacific ocean and southern Bering Sea. As a result, alongshore wind stress in the

CCS is downwelling-favorable in the northern CCS during winter. In addition to alongshore

variability, wind stress curl is also present throughout the system. Areas of strong positive

wind stress curl are located near near Point Conception, where the coastline bends sharply,

and near Cape Mendocino off northern California, where the strongest equatorward wind

stress is located (Bakun and Nelson, 1991).

Like many other eastern ocean boundaries, wind-driven coastal upwelling associated
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with equatorward wind stress is a central process in the physical dynamics. The most basic

response of alongshore currents to upwelling-favorable wind stress near the coast is the

generation of equatorward flow in geostrophic balance with low sea level near the coast, as

described for a steady unstratified system by Ekman (1905). When stratification is present,

the divergence of Ekman transport at the coast results in vertical velocity and an upward tilt

of the pycnocline near the coast, as shown for a transient two-layer system by Yoshida (1955).

Modeling of the two-dimensional upwelling problem, with no alongshore variability in wind

stress, has been extended to include effects such as continuous stratification, non-linear

dynamics and turbulence closure (Allen et al., 1995), yielding insights into the structure

of the upwelling front and the depth of the onshore flow that compensates for surface

Ekman transport. However, upwelling is a fundamentally three-dimensional process due to

alongshore variations in wind stress, topography and freshwater input.

Models with alongshore variability in the wind field with scales typical of the CCS intro-

duces a poleward alongshore pressure gradient and allows for the development of a poleward

undercurrent, as shown for a two-layer system by Yoshida (1967) and a continuously strati-

fied system by McCreary (1981). The modeled poleward flow is enhanced by positive wind

stress curl and the β-effect (Philander and Yoon, 1982; McCreary and Chao, 1985). How-

ever, even though the undercurrent is a robust feature of models with large-scale structure

in upwelling-favorable wind stress, numerous other mechanisms for the undercurrent have

been proposed, as summarized by Hill et al. (1998). Thus, even as models of the CCS im-

prove to the point where they can be used to study complex interdisciplinary problems such

as coastal productivity and hypoxia, research is still needed clarify the forcing mechanisms

for important transport pathways such as the California Undercurrent.

Exchange between the slope and shelf must be present for the low-oxygen, high-nutrient

water properties of the California Undercurrent water to influence hypoxia and productivity

over the continental shelf. The presence of California Undercurrent water on the shelf in

the northern CCS has been demonstrated by water mass analysis (Mackas et al., 1987;

MacFadyen et al., 2008). However, the mechanism for cross-isobath transport is not clear.

Sloping topography inhibits the cross-shelf transport associated with steady flow, even when

stratification is present (Brink, 1998). Low subinertial frequencies and large alongshore
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scales make the alongshore currents associated with wind-driven currents approximately

geostrophic. Since poleward flow is favorable for downwelling in the bottom boundary layer

of the California Undercurrent, the breaking of geostrophy by friction does not provide a

mechanism for transport onto the shelf. However, submarine canyons are locations where

the alongshore length scale of the bathymetry becomes comparable to the cross-shore scale

of the shelf width. When the alongshore length scale becomes small as in the case of canyons,

geostrophic balance of the alongshelf flow breaks down and cross-shelf flow can become as

large as the alongshelf flow (Trowbridge et al., 1998). Therefore submarine canyons are

potentially sites of enhanced cross-isobath exchange betwen the slope and shelf, compared

with locations where bathymetry is relatively uniform in the alongshelf location. However,

the small alongshore scales and complex dynamics of submarine canyons make it challenging

to gauge their impacts on surrounding shelf regions. It has been estimated that the flux of

deep water through submarine canyons are an important component of nutrient supply to

the continental shelves in the northern CCS (Hickey and Banas, 2008).

In addition to the complex physical dynamics associated with transport, the proper-

ties of subsurface waters can be influenced by biochemical processes associated with the

high productivity of coastal regions such as the northern CCS. Blooms of phytoplankton

result in sinking particles of organic matter that are broken down by bacteria below the

euphotic zone. Aerobic respiration, either in the water column or in the sediments, con-

sumes dissolved oxygen and produces both nitrate and CO2. Studies of hypoxia must also

consider respiration in sediments in order to model the magnitude and location of changes

in dissolved oxygen and nitrate (Hetland and DiMarco, 2008; Bianucci et al., 2011). These

non-conservative processes introduce further spatial and temporal complexity on top of

the multi-scale physical problems of water mass transport and upwelling dynamics, and

must be addressed in interdisciplinary studies of hypoxia, ocean acidification and coastal

productivity.

In Chapter 1 (Connolly et al., 2010), observations are used to distinguish between the

physical and biochemical processes that contribute to the seasonal reduction in dissolved

oxygen concentrations. Analysis of historical data indicates that dissolved oxygen concen-

trations well below typical definitions of hypoxia are a common feature associated with the
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productive waters of the northern CCS. Non-conservative consumption of DO over the shelf

is estimated by comparing dissolved oxygen with tracers that are conserved in the subsur-

face water column, such as salinity and temperature. It is shown that between July and

September, after isopycnals have transitioned to the summer state of tilting upward toward

the coast, respiration dominates the seasonal decrease in dissolved oxygen during late sum-

mer. Alongshore gradients associated with patches of high dissolved oxygen consumption

contribute to variability on the inner shelf, where alongshore currents respond most quickly

to local upwelling favorable winds. Deviation of nitrate and dissolved oxygen concentrations

from the ratios expected during aerobic respiration of organic matter are used to show that

respiration in sediments are an important part of the decrease. Interannual variability is

associated with both the strength of upwelling favorable winds, and the contribution of

regional water masses such as the California Undercurrent.

In Chapter 2, dynamics of the California Undercurrent in the northern CCS are investi-

gated at seasonal and higher-frequency time scales. In order to identify the most important

processes, two numerical models are used: a complex non-linear model that is designed to be

as realistic as possible, and a simplified linear model that is designed to capture the effects of

alongshore variability associated with coastal trapped waves. Unlike previous studies of the

undercurrent, the models are validated by comparing with time series of velocity within the

core of the undercurrent. Both models are able to reproduce event scale variability in the

undercurrent, as well as the seasonal cycle of equatorward flow during spring and poleward

flow during late summer and fall. However, the presence of a persistent undercurrent in the

linear model is dependent on the southern boundary condition, which incorporates sea level

at San Diego. This implies that the seasonality of the undercurrent is either linked to larger

scale processes, or dynamics that are missing from the simple model such as wind stress

curl or the variation of the Coriolis parameter with latitude. In both models, the structure

of the mean alongshore pressure gradient during summer is found to vary with latitude,

depth and distance offshore. Near the coast, the modeled sea surface slopes downward

towards the north through most of the CCS as described by Hickey and Pola (1983), and

either weakens or slopes upward to the north in the northern CCS. Over the slope, where

alongshore pressure gradients are difficult to observe, the upward displacement of isopycnals
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peaks at ∼42◦N off southern Oregon, north of the strongest upwelling favorable wind stress.

North of this latitude, alongshore density gradients allow for a baroclinic poleward pressure

gradient force at undercurrent depths. Further south, the direction of the alongshore pres-

sure gradient is determined by the sloping of the sea surface. This structure is similar to

that predicted by the early studies of Yoshida (1967) and McCreary (1981), and places the

northern CCS in a dynamical regime similar to the regions poleward of the wind stress in

their idealized scenarios.

Chapter 3 addresses the problem of shelf-slope exchange in the northern CCS. A re-

gional numerical model is developed that resolves the complex topography of the region

and includes realistic atmospheric forcing and boundary conditions in a hindcast of sum-

mer 2005, when an extensive observational data set is available for validation. Modeled

circulation near submarine canyons is found to be consistent with previous observations in

the region. Fluctuations in density near canyon heads are correlated with fluctuations in

the equatorward coastal jet, and closed cyclonic eddies form at the depth of the canyon

rims. Passive particles and tracer budgets are used to demonstrate the impact of submarine

canyons on shelf-slope exchange. Passive particles are preferentially upwelled onto mid shelf

near canyons. Canyons allow for source depths of mid-shelf particles that are deeper than

the shelf break depth, which does not occur elsewhere. Salt budgets on the Washington

and British Columbia shelves are three-dimensional, but show that cross-isobath fluxes over

the shelf are important for determining the total increase in salinity over the shelf during

summer. These fluxes are associated with offshore transport of relatively fresh water in the

surface Ekman layer, and onshore transport of relatively salty water just above the depth of

the shelf break. The onshore flux of deep water is confined to the south sides of canyons and

topographic depressions. Cross-shelf momentum balances indicate that ageostrophic forces

directed across isobaths are associated with momentum advection. Submarine canyons

therefore provide a way to break the constraints of geostrophy over the continental slope,

allowing for significant fluxes across the shelf break, including water masses associated with

the California Undercurrent.
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Chapter 1

PROCESSES INFLUENCING SEASONAL HYPOXIA IN THE
NORTHERN CALIFORNIA CURRENT SYSTEM1

Abstract

This chapter delineates the role of physical and biological processes contributing to hypoxia,

or low dissolved oxygen (DO) < 1.4 mL L−1, over the continental shelf of Washington State

in the northern portion of an eastern boundary system, the California Current System

(CCS). In the historical record (1950–1986) during the summer upwelling season, hypoxia

is more prevalent and severe off Washington than further south off northern Oregon. Recent

data (2003–2005) show that hypoxia over the Washington shelf occurred at levels previously

observed in the historical data. 2006 was an exception, with hypoxia covering ∼5000 km2

of the Washington continental shelf and DO concentrations below 0.5 mL L−1 at the inner

shelf, lower than any known previous observations at that location. In the four years

studied, upwelling of low DO water and changes in source water contribute to interannual

variability, but cannot account for seasonal decreases below hypoxic concentrations. Deficits

of DO along salinity surfaces, indicating biochemical consumption of DO, vary significantly

between surveys, accounting for additional decreases of 0.5–2.5 mL L−1 by late summer.

DO consumption is associated with denitrification, an indicator of biochemical sediment

processes. Mass balances of DO and nitrate show that biochemical processes in the water

column and sediments each contribute ∼50% to the total consumption of DO. At shorter

than seasonal time scales on the inner shelf, alongshelf advection of hypoxic patches and

cross shelf advection of seasonal gradients are both shown to be important, changing DO

concentrations by 1.5 mL L−1 or more over five days.

1Connolly, T. P., B. M. Hickey, S. L. Geier, and W. P. Cochlan, Processes influencing seasonal hypoxia in
the northern California Current System, J. Geophys. Res., 115, C03021, 2010. Copyright 2010 American
Geophysical Union. Reproduced by permission of American Geophysical Union.
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1.1 Introduction

Recent time series studies in the Northeast Pacific have found long-term decreases in dis-

solved oxygen (DO) at oceanic and neritic locations (Whitney et al., 2007; Bograd et al.,

2008). Such a broad-scale trend could intensify impacts of low DO (or “hypoxic”) events

in the northern California Current system, particularly over the inner continental shelf

(Grantham et al., 2004; Chan et al., 2008). Coastal upwelling regions along eastern bound-

aries like the California Current system (CCS) receive high inputs of nutrients from depth

and are characterized by high rates of primary productivity (Ryther, 1969; Pauly and Chris-

tensen, 1995). Organic matter degradation in the water column and sediments consumes

DO in near bottom water, but differences in near bottom DO concentrations between differ-

ent regions, and between seasons, can also be influenced by physical processes. Before long

term impacts can be adequately modeled and even forecasted, it is necessary to understand

past conditions and the processes that contribute to hypoxia.

In this paper, historical data (1950–1986) are used to describe local and regional patterns

in the timing and severity of hypoxia off the coasts of Washington and Oregon. Recent

interdisciplinary survey data from the Washington shelf (2003–2006) are used to assess

the relative contributions of seasonal upwelling, interannual source water variability and

biochemical consumption of DO in both the water column and sediments. The importance

of alongshelf and cross-shelf advection in response to wind events over the inner shelf is

assessed using data from moored sensors.

The continental shelf of Washington (Fig. 1.1) is located in the northern CCS. The

seasonal cycle of upwelling favorable wind stress peaks in summer, though downwelling

and relaxation events still occur throughout this season (Hickey, 1979, 1998). During the

annual spring transition, oceanographic conditions change over the course of several days to

weeks from the mean winter state of predominantly poleward flow and level isopycnals to

the mean summer state of predominantly equatorward flow and isopycnals that tilt upward

towards the coast (Strub et al., 1987). Previous studies have shown that, like all other

water properties, DO concentrations exhibit strong seasonality in this region (Landry et al.,

1989). Seasonal minima in subsurface DO concentrations over the Washington and Oregon
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shelves, in the bottom depth range 70–130 m, are coincident with denser water and high

macro-nutrients. The permanent oxygen minimum zone in the North Pacific, where pelagic

DO concentrations fall below 0.5 mL L−1, intersects the slope between depths of ∼600–1300

m (Sverdrup et al., 1942), well below the source of upwelled water. Though dissolved oxygen

concentrations have been related to hypoxia on the Oregon shelf (Grantham et al., 2004;

Hales et al., 2006; Chan et al., 2008), previous descriptions of DO concentrations on the

Washington shelf have not discussed hypoxia.

The magnitude and direction of coastal currents vary with distance from shore and depth

from the bottom. A baroclinic equatorward coastal jet is present over the shelf throughout

the summer and the poleward California Undercurrent develops at the shelf break and

slope during late summer to early fall (Hickey, 1979, 1989). The California Undercurrent

is characterized by relatively warm, high salinity, low DO equatorial water (Hickey, 1979;

Lynn and Simpson, 1987). Over the inner shelf, the surface and bottom Ekman layers

interact, allowing for divergence of cross shelf transport and, consequently, upwelling and

downwelling (Lentz, 1995). Poleward flow is more common on the inner shelf than on the

mid and outer shelf, especially near the bottom (Hickey, 1989). In the cross shelf direction,

current meter observations have shown that the onshore flow compensating for offshore

Ekman transport often occurs in the interior region away from the bottom boundary layer,

both in mean summer profiles and during individual upwelling events (Smith, 1981; Huyer,

1983; Hickey, 1989).

Mesoscale features are an important source of spatial variation in the alongshelf direction

in the northern CCS. Fresh water from the Columbia River influences both the Washington

and Oregon shelves during summer (Hickey et al., 2005, 2010), though nutrient concentra-

tions in the plume are typically low compared with upwelled water (Hill and Wheeler, 2002;

Bruland et al., 2008). Juan de Fuca canyon separates the Washington shelf from the British

Columbia shelf, and the cyclonic Juan de Fuca eddy appears as a persistent summer feature

with ∼50 km horizontal scale (Freeland and Denman, 1982; MacFadyen et al., 2005, 2008).

Off Oregon, Heceta Bank deflects the summertime equatorward coastal jet offshore, with

increased retention on the south side of the bank closer to shore (Castelao and Barth, 2005;

Barth et al., 2005).
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The term “hypoxia” describes low DO conditions, defined here as concentrations < 1.4

mL L−1 (= 2 mg L−1 = 62.5 µM ∼ 20% saturation for S = 32 psu and T = 7◦C), that

can potentially cause physiological stress in marine organisms. In general, the ecosystem

impacts of hypoxia vary depending on the typical seasonal cycle of DO, the persistence of

hypoxic conditions, and the types of organisms at a specific location (Davis, 1975; Diaz and

Rosenberg, 1995). Diaz and Rosenberg (1995) suggest that, in areas with strong seasonality,

mortality begins when DO concentrations fall below 1.0 mL L−1 and mass mortality occurs

at concentrations less than 0.5 mL L−1. Fish and crustaceans may be able to avoid hypoxic

regions, but are typically less tolerant to low oxygen concentrations than annelids or bivalves,

especially during prolonged hypoxic conditions (Gray et al., 2002). Inner shelf near bottom

water in the northern CCS provides habitat for commercially important species such as

Dungeness crabs and English sole (Botsford et al., 1989). Here, we define “severe hypoxia”

as 0.5 mL L−1, consistent with Chan et al. (2008).

Depletion of DO in hypoxic environments can be caused by biochemical consumption in

the water column and within the bottom sediment. Isolating water column and sediment

sinks in a regional numerical model can greatly affect the vertical structure of DO in the

water column and the location of hypoxia over the shelf, as shown for the Gulf of Mexico by

Hetland and DiMarco (2008). Surface sediment over the Washington shelf is characterized

by a north-northwest oriented silt deposit of Columbia River origin that lies between the 60

and 120 m isobath at the latitude of Grays Harbor, and sandy sediment on the inner shelf

which is part of a transgressive layer formed by rising sea levels (McManus, 1972; Nittrouer,

1978). On the mid to outer shelf, irrigation by benthic infauna enhances fluxes of DO from

near bottom water to sediments (Archer and Devol, 1992; Devol and Christensen, 1993).

Aerobic respiration and oxidation of reduced inorganic species both contribute to sedimen-

tary oxygen demand. Anaerobic forms of respiration, such as denitrification, also occur in

the pore waters of shelf sediments. Denitrification consumes nitrate rather than oxygen and

does not occur in the water column unless DO concentrations are suboxic, less than 0.1–0.2

mL L−1 (Codispoti et al., 2005). On the Washington shelf, aerobic respiration and deni-

trification both take place in the upper 10 mm of the sediments, primarily in discrete sites

surrounding particles of organic matter (Brandes and Devol, 1995). Fluxes of both DO and
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nitrate during summer, measured using benthic flux chambers, are always directed into the

sediment (Devol and Christensen, 1993; Hartnett and Devol, 2003). Stoichiometric evidence

for denitrification is therefore a potential indicator of sedimentary DO consumption.

In this paper, we first describe the available data sets (Section 1.2), followed by the

historical (1950–1986) spatial and temporal distribution of hypoxia in the bottom water of

the northern CCS (Section 1.3). Next, recent survey data (2003–2006) are used to describe

spatial distributions of late summer near bottom DO and corresponding seasonal wind forc-

ing conditions (Section 1.4.1). Hydrographic data from this time period are used to evaluate

the contribution to the seasonal evolution of hypoxia by a) upwelling; b) variability of DO

in source waters; c) biochemical DO consumption; and d) the specific role of sedimentary

DO consumption (Section 1.4.2). Last, the higher frequency response of DO to event scale

physical forcing over the inner shelf is examined using time series from moored DO sensors

(Section 1.4.3). In the final section, we relate our results to previous studies in the California

Current system and other upwelling systems.

1.2 Data

1.2.1 Historical water property data

Historical data for the Washington and Oregon continental shelves from the years 1950–1986

were obtained from archived data at the University of Washington and from the National

Oceanographic Data Center’s World Ocean Database (Boyer et al., 2006). Bottom depths

in the historical data, if not recorded, were determined by interpolating from the National

Geophysical Data Center 3 arc-second US coastal relief model (Divins and Metzger, 2008).

Stations with large discrepancies between recorded bottom depth and the interpolated to-

pography (20 m + 20% of interpolated value) were discarded from the analysis. A summary

of hydrographic data collected in the region during this time period is given by Landry et al.

(1989). DO measurements were determined by Winkler titration, accurate to ∼0.1% under

ideal experimental conditions (Carpenter, 1965a). However, Carritt and Carpenter (1966)

have demonstrated the potential for significant analytical errors through the mid-1960s, ±1

mL L−1 at high saturated concentrations (∼5 mL L−1) and overestimation by 100% or
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greater at low concentrations (∼0.2 mL L−1).

1.2.2 Recent water property data

During the summers of 2003–2006, temperature (T), salinity (S) and DO data were obtained

in the northern CCS as part of two multidisciplinary programs: ECology and Oceanography

of Harmful Algal Blooms Pacific Northwest (ECOHAB-PNW) and River Influences on Shelf

Ecosystems (RISE) programs (Table 1). Data are available between 44◦26’N and 49◦08’N

for the ECOHAB-PNW cruises, and between 46◦15’N and 47◦50’N for the RISE cruises.

This study primarily uses ECOHAB-PNW data from the Washington shelf between Juan

de Fuca Canyon and Grays Harbor (see study area, Fig. 1); RISE data are included for

a repeated Grays Harbor transect (GHR, Fig. 1). Maximum cast depths were typically

500 m during ECOHAB-PNW cruises and 200 m during RISE cruises. All hydrographic

data from these cruises were collected with a calibrated Sea-Bird Electronics (SBE) 911plus

conductivity, temperature and depth (CTD) system. Samples for chlorophyll a (Chl a)

were collected in Niskin bottles attached to the instrumented rosette, and Chl a determined

using non-acidification in vitro fluorometric analysis (Welschmeyer, 1994) after filtration

onto Whatman GF/F filters (0.7 µm nominal pore size). Inorganic nutrient samples were

collected in polypropylene tubes from rosette bottles and analyzed using a flow injection

Lachat autoanalyzer for nitrate plus nitrite (NO−3 + NO−2 , hereafter referred to as nitrate

or “N”) and ortho-phosphate (PO3−
4 ), hereafter referred to as phosphate or “P”) (Smith

and Bogren, 2001; Knepel and Bogren, 2002).

Recent DO data were primarily obtained with profiling SBE 43 sensors. During the

September 2006 EH6 cruise, sensor measurements of DO were compared to bottle concen-

trations determined by Winkler titration (Carpenter, 1965b). Residuals between the in situ

calibration and the factory calibration one year earlier are -0.05, 0.05, 0.12, and 0.35 mL

L−1 at 0, 1, 2, and 5 mL L−1, respectively (Fig. a). Data from the R/V Wecoma during

summer 2005 were corrected using a linear regression of sensor and Winkler titration values

presented in Lohan and Bruland (2008). Factory calibrations from successive cruises on

the R/V Wecoma (Seabird Electronics, Bellevue, USA) resulted in small corrections at low
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concentrations, with residuals of 0.08, 0.21, and 0.68 mL L−1 for DO values of 1, 2, and 5

mL L−1, respectively.

To improve the accuracy of the data from ECOHAB-PNW cruises 1–5, sensors that

were not calibrated in situ have been adjusted using stations seaward of the shelf in the

historical data set. The mean and standard deviation of DO at temperatures in increments

of 0.4◦C were calculated for each recent cruise, and for each month in the historical data, at

stations with bottom depth >1000 m for data between 42◦N and 49◦N and east of 126◦W.

Least-squares linear regressions of mean DO values, at temperatures where the standard

deviation of DO did not exceed 0.25 mL L−1 in the recent or historical measurements, were

then used to correct the sensor data; coefficient of determination values, r2, were ≥ 0.995

for these relationships during each cruise. To reveal possible biases, the regression obtained

from this method was compared with the in situ calibration obtained during the September

2006 EH6 cruise (Fig. 1.2b). Differences between the two methods were 0.05, 0.02, and 0.09

at DO concentrations of 1, 2, and 5 mL L−1, respectively. A different SBE 43 sensor, also

calibrated with bottle samples, gave nearly identical results, (historical = 0.965 × calibrated

+ 0.06 mL L−1) during a cruise in July 2007 (not shown or used in the results presented

here). Intercepts at 0 mL L−1 ranged from −0.04 to 0.06 mL L−1, consistent with factory

and in situ calibrations.

1.2.3 Moored sensors

Moored sensors were deployed on the Washington shelf as part of the ECOHAB-PNW pro-

gram during summer and early fall of 2005 and 2006 in water depths ∼45 and 35 m (E2,

E4, see Fig. 1). At E2, temperature, conductivity and fluorescence were sampled near the

surface (4 m). At E4, temperature, conductivity, pressure, fluorescence and DO were sam-

pled 3 m above bottom (32 m). An SBE 16plus measured temperature and conductivity;

a WETLab ECO-FL measured fluorescence and an SBE 43 measured DO. Fluorescence

was converted to units of Chl a concentration (µg L−1) using factory calibrations. Moor-

ing fluorescence are compared to bottle samples of Chl a and/or shipboard fluorescence

profiles that have been calibrated with bottle samples when possible (r2 = 0.59, n = 585
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during EH5; r2 = 0.78, n = 769 during EH6). Velocity profiles with 2 m spacing were

obtained from an upward looking Teledyne RD Instruments Workhorse Sentinel acoustic

Doppler current profiler (ADCP) positioned 9 m above bottom (28 m) on the E4 mooring.

Unless otherwise stated, all water property and velocity data were low-pass filtered using

a cosine-Lanczos filter with a half power point of 46 hr in order to remove tidal and other

higher frequency signals. ADCP data were rotated into a coordinate system in which the

alongshelf, y (cross-shelf, x), direction has been aligned with the local isobath direction,

20 degrees counterclockwise from true north. The sensitivity of results to this coordinate

system rotation will be addressed.

To assess whether biofouling affected moored DO sensors, shipboard DO profiles were

obtained within 100 m of the mooring site during 2006. Calibrated shipboard sensor DO

concentrations exceeded mooring sensor DO concentrations by 0.15 to 0.31 mL L−1 in three

separate casts at the mooring site over a two week period. The residuals (ship - mooring)

are likely attributable to DO gradients in the 1 to 2 m vertical distance separating the

two sensors. The largest of these residuals occurred when vertical gradients of 0.3 to 0.5

mL L−1 m−1 were observed near the bottom (not shown). In 2005, residuals from the

nearest stations occupied (located 4.8, 3.6, and 11.4 km from the E4 mooring, respectively)

ranged from −0.16 to 0.75 mL L−1, with the highest residuals occurring during periods of

rapid temporal changes and small residuals −0.1–0.1 mL L−1 occurring over two months

after deployment. DO sensors on the moorings did not suffer from serious biofouling; large

residuals >0.2 mL L−1 between mooring and shipboard measurements result from their

vertical and horizontal separation.

1.2.4 Calculation of spatial gradients in DO

Data from CTD surveys and moorings were used to calculate horizontal gradients of DO

(∆DO/∆y, ∆DO/∆x). Cross shelf gradients were calculated from pairs of CTD stations.

Alongshelf gradients were calculated from near-simultaneous shipboard near bottom mea-

surements and values from the filtered mooring time series. To remove errors due to vertical

gradients between the depths of the shipboard sensor and the mooring sensor, casts with
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vertical DO gradients greater than 0.1 mL L−1 m−1 at the bottom of the cast were excluded

from the alongshore analysis. However, contamination by cross shelf variations in DO may

still be present. Differences between remaining shipboard measurements and values from

the filtered mooring time series cover a range up to 0.5 mL L−1 as alongshelf distance ap-

proaches zero, with shipboard estimates being higher in most cases (not shown). An error

estimate E = (0.5 mL L−1)/∆y, where ∆y is alongshelf distance, represents the potential

bias in calculations of alongshelf gradients and will be shown as error bars on appropriate

figures.

1.2.5 Wind

Hourly wind speed and direction were obtained from the National Data Buoy Center buoy off

Cape Elizabeth, Washington (46041, B41; Fig. 1.1). These data were rotated into the same

coordinate system as the velocity measurements. Alongshore wind stress was computed

using the drag coefficient from Large and Pond [1981]. These time series were subsequently

low pass filtered and decimated in the same manner as the velocity measurements. As

a supplement to direct wind measurements, seasonal wind forcing is described using an

upwelling index (1967–2006, www.pfeg.noaa.gov), a measure of offshore Ekman transport

computed from gridded atmospheric pressure fields (Bakun, 1973; Schwing et al., 1996). A

cumulative upwelling index (CUI) was obtained by integrating daily upwelling index values

over the climatological upwelling season 27 April to 26 September (Schwing et al., 2006).

An alternative method of calculating summer CUI, integrating from the spring minimum

of the annual CUI (Pierce et al., 2006), was also utilized.

1.3 Hypoxia in the historical data record

The historical record of near bottom DO over the continental shelf covers a broad geographic

region (Fig. 1.1). Because the physical setting varies with cross shelf location, data were

separated into three bottom depth ranges: the inner shelf (0–40 m), mid shelf (40–80 m) and

outer shelf (80–130 m). The 40 m isobath boundary between the inner shelf and mid shelf

was chosen based on the principle axis orientation of velocity time series over the Washington

shelf in 2005 and 2006 (not shown). An interior region, with no counterclockwise veering of
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the principle axes with depth, was present at E2 (45 m) but not at E4 (35 m), indicating

that the boundary layer interaction is restricted to the region inshore of the 45 m isobath.

Over the Oregon shelf we use the same 40 m isobath inner shelf boundary, consistent with

the cross shelf transport calculations of Kirincich et al. (2005). Historical near bottom DO

data from the inner shelf of Oregon are limited to 59 stations, mostly concentrated on the

northern Oregon shelf where the shelf width transitions from broad to narrow, compared

with 266 stations over the Washington inner shelf.

The historical data show that low DO in bottom water (10 m from the bottom or less) has

occurred in the past over a broad region on northern CCS shelves (Fig. 1.1), in particular,

over much of the Washington shelf. Off the Washington coast, nearly all hypoxic stations

occur south of Quinault Canyon. On the southern half of the Washington shelf, from the

Copalis Beach line to the Columbia River mouth, hypoxic bottom water has been observed

across the entire width of the shelf. Over the northern Oregon shelf, hypoxic bottom water

has been observed at several sites on the outer and mid shelf, but at only one station on the

inner shelf, located near the 40 m isobath at the Columbia River mouth. Further south at

the Newport Harbor line, hypoxic stations occur at mid shelf and, again, at one on the inner

shelf. Three hypoxic stations are located south of Newport at the outer and mid shelves.

The geographic distribution of hypoxia in the historical data may be strongly influenced by

the seasonal distribution of measurements at different latitudes (Fig. 1.3a). The southern

Washington shelf and the Newport Harbor line have better seasonal coverage than other

locations. The northern Washington shelf, north of 47◦30’N, and the Heceta Bank region,

south of 44◦30’N, have poor coverage, particularly during July through September. Recent

studies have shown that the Heceta Bank region is characterized by weaker circulation

and higher Chl a than the Newport Harbor line, and therefore Heceta Bank may be more

susceptible to hypoxia (Grantham et al., 2004; Barth et al., 2005).

Hypoxia is observed only during June–September throughout the region (Fig. 3b,c).

In the available data, the seasonal minimum of near bottom DO is lower off Washington

than off Oregon over the outer shelf, mid shelf and the inner shelf (Fig. 1.3b,c). Off the

Washington coast, minimum DO values at these locations (0.71, 0.49, and 0.62 mL L−1)

were observed on the outer and mid shelf during July, and on the inner shelf during August.
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Off the Oregon coast, minimum values (0.97, 0.99, and 1.32 mL L−1) were observed during

September on the outer shelf, and during July on the mid and inner shelves. The difference

between minimum summer DO concentrations off Washington and Oregon is greater at the

mid and inner shelves than over the outer shelf.

DO concentrations over the inner shelf are more variable than over the mid and outer

shelves during summer (Fig. 1.3b,c). Over the inner shelf of Washington, summer concen-

trations range from well below hypoxic to the higher concentrations more typical of winter

further offshore (Fig. 1.3b). The Oregon inner shelf shows evidence of this broad range

at six stations in August (Fig. 1.3c). Higher concentrations over the inner shelf during

summer, which are not observed at mid shelf, are consistent with surface water influencing

near bottom concentrations. A comparison of near bottom T vs. DO shows that, while

these two properties are similar off Washington and Oregon over the mid shelf, inner shelf

water with DO < 4 mL L−1 is often warmer off Washington than off Oregon (Fig. 1.4).

An interannual view of inner shelf data (Fig. 1.5) shows that hypoxic concentrations

have been measured throughout the historical record. Over the Washington inner shelf,

hypoxia was measured in all decades where data were collected, except the less frequently

sampled 1950s. The higher inner shelf concentrations off Oregon are not a result of sampling

different decadal time periods since there are data from both Washington and Oregon in the

early–mid 1960s. Taking temporal and spatial sampling limitations into account, historical

observations indicate periods of borderline hypoxic concentrations on the inner shelf of

Oregon north of Heceta Bank and concentrations well below hypoxic thresholds on the

inner shelf of Washington.

1.4 Processes affecting hypoxia on the Washington shelf: 2003–2006

1.4.1 Late summer hypoxia and seasonal wind forcing

Hypoxia was present in bottom water over the Washington shelf during September of all

four years in the period 2003–2006, under a variety of local seasonal wind forcing conditions

(Fig 1.6). During these surveys, concentrations below 1 mL L−1 were measured in all years

except 2004, but concentrations below 0.5 mL L−1 were only observed in 2006. Temporal
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changes on scales of 5–7 days or less are contained within each map, especially closer to

shore. However, as discussed in Section 1.4.3, “patchiness” in space can also occur. The

locations of DO minima in the alongshore and cross shore directions vary between surveys.

During September 2003, concentrations below 1 mL L−1 were observed over the mid to

outer shelf, but not over the inner shelf, where concentrations did, however, fall below

1.5 mL L−1. During September 2004, DO concentrations below 1.5 mL L−1 were only

observed over the mid to outer shelf, with concentrations increasing toward shore. During

September 2005, concentrations below 1 mL L−1 were observed across the entire shelf inshore

of Quinault Canyon, and at the mid to outer shelf farther south. In September–October

2006, concentrations below 0.5 mL L−1 were present on the mid and inner shelf, but not

on the outer shelf. During this cruise, minimum values were close to 0.1 mL L−1 over

the mid shelf and close to 0.3 mL L−1 over the inner shelf. We note that hypoxia has been

frequently observed in the bottom water on the southern Vancouver Island shelf, also shown

by Freeland and Denman (1982).

Minimum DO concentrations observed over the Washington shelf in September are con-

sistent with the CUI integrated from the spring minimum to the end of the summer (Fig.

1.6e). The lowest (highest) minimum concentrations were observed following the strongest

(weakest) seasonal upwelling favorable winds during 2006 (2004). Intermediate minimum

DO concentrations between 0.5 and 1.0 mL L−1 were observed following CUI closer to av-

erage levels during September 2003 and September 2005. However, as discussed in Section

1.4.2, different combinations of local and remote physical forcing, and biochemical DO con-

sumption, are involved in the seasonal development of hypoxia during these two intermediate

years.

Concentrations of DO between 0.5 and 1 mL L−1, observed in three of four recent

years, have previously been observed in the historical record over the outer, mid and inner

shelves of Washington (Fig. 1.3). In the context of the historical data, only the lowest

concentrations measured during September 2006 appear to be unprecedented. The presence

of concentrations less than 1 mL L−1 in September and October also appears to be unusual;

these concentrations are more common during July and August in the historical record (Fig.

1.3).
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1.4.2 Seasonal development of hypoxia in shelf bottom waters

In this section we explore the role of three processes in the seasonal draw down of near

bottom DO concentrations over the Washington shelf: seasonal upwelling circulation, source

water variability and respiration. In particular, we differentiate between DO demand in shelf

sediments and respiration that occurs in the overlying water column.

1.4.2.1 Upwelling of low DO water over the outer and mid shelf

Hydrographic transects across the central Washington shelf during the summer of 2005

capture the seasonal evolution of the intensity and cross shelf distribution of hypoxia, along

with related water properties (Fig. 1.7). DO contours transitioned from flat to tilted

between late May and mid June, similar to isopycnals. The first section was taken six

days after a late spring transition was observed off Oregon on 24 May (Kosro et al., 2006).

Isopycnals were level in the middle of the water column over the shelf and slope, with

tilting isopycnals only observed near the bottom over the shelf. During June and July,

under intermittent upwelling favorable winds (Fig. 1.7b), the isopycnals in the mid water

column (σt = 25–26 kg m−3) became more tilted over the mid and outer shelf, along with

DO contours 4–6 mL L−1 (Fig. 1.7a). In August, upwelling favorable winds intensified (Fig.

7b) and isopycnals outcropped at the surface (Fig. 1.7a). Through August and September,

decreasing DO concentrations at mid shelf continued with tilting of mid water column

isopycnals; the σt = 26.5 kg m−3 isopycnal approached shore and its height above the bottom

increased through 8 September, with slight relaxation apparent between 8 September and

14 September. Thickening DO contours between 2 and 4 mL L−1 from 8 September to 14

September were associated with decreased stratification, as seen in the spreading of density

contours > 26.0 kg m−3. Throughout the summer, DO contours followed the tilting and

vertical separation of isopycnals in the water column.

Minimum DO concentrations over the shelf during 2005 were observed near the bottom,

but were not always associated with the densest water (Fig. 1.7a). On 17 June, 17 July,

23 August, 8 September, and 14 September, minimum near bottom concentrations were

observed inshore of the shelf break. This pattern suggests that respiration draws down DO
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as water moves shoreward across the shelf from the outer shelf to the mid shelf. However, DO

concentrations over the mid and outer shelf did not consistently decrease in time through

early September as density increases. At the 100 m isobath, near bottom DO increased

from 9 July to 17 July to 5 August, indicating that hypoxia there is either spatially patchy,

temporally sporadic, or both. Patterns of DO in near bottom water are therefore more

complex than can be attributed to upwelling of low DO slope water alone.

1.4.2.2 Source water variability

In this section, water properties from the Washington shelf and slope are used to address

variability in the composition of water masses in the source water at the shelf break as

an additional potential factor in the seasonal development of hypoxia. Stations between

the 130 and 1000 m isobaths are defined as “slope” water; stations west of the 1000 m

isobath, excluding stations directly within Quinault Canyon, are defined as “offshore” water

to represent background properties. For each cruise, the 10–19 offshore casts were averaged

into one water property profile (Fig. 1.8). Discrete samples from standard depths offshore

and over the slope, and from near bottom over the outer shelf and mid shelf, are included

for all stations where nutrient data are available (see Fig. 8f inset). Near bottom shelf

water occurs in T, S and σt ranges 7–8◦C, 33.4–34.0 psu and 26.1–26.6 kg m−3, respectively

(Figs. 1.8, 1.9a).

Offshore water properties vary on seasonal and interannual time scales. Average pro-

files during the beginning (June) and end (September) of summer 2003 demonstrate an

increasing presence of lower DO, higher T and higher S water as the season progresses

(Fig. 1.8a,b). Water properties during this year closely resemble those of historical means

(Hickey et al., 2006; Landry et al., 1989), and these changes are consistent with a higher

proportion of equatorial water in late summer (MacFadyen et al., 2008; Lynn and Simpson,

1987). Seasonal changes offshore during 2005 suggest the opposite progression; average pro-

files have higher DO, lower T and lower S in during September 2005 than July 2005 (Fig.

8c,d). Seasonal variability during 2003 and 2005 is associated with changes in T of less than

0.5◦C (Figs. 1.8b,d, 1.9b). Larger differences in background properties are associated with
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interannual variability; low DO in offshore water during September 2006 is associated with

a warm anomaly, up to 1◦C warmer than 2003 or 2004 at salinities between 33 and 34 psu

(Figs. 1.8e, 1.9b), consistent with a greater influence of low DO equatorial water. Near

bottom shelf water during this period is also relatively dense (Fig. 1.8f), suggesting that

seasonal upwelling of deep, low DO water is an additional factor in the severe hypoxia dur-

ing summer 2006. In the range of physical properties occupied by near bottom shelf water,

corresponding offshore DO concentrations are not hypoxic (Figs. 1.8, 1.9a). Variability in

offshore water masses can therefore only account for seasonal decreases to concentrations

as low as ∼1.5 mL L−1 in near bottom water.

DO concentrations over the slope differ from those offshore, particularly during late

summer (Fig. 1.8), and we next address whether these lower concentrations are associated

with a difference in water mass composition over the slope, or biochemical depletion of DO.

In the 7.0–8.0◦C range, slope DO concentrations reached a minimum of 1.04 mL L−1, 1.41

mL L−1, 0.83 mL L−1 and 0.97 mL L−1 in 2003, 2004, 2005 and 2006, respectively (Fig.

1.8). However, there is no evidence of significantly higher T or S over the slope than the

offshore averages during 2003, 2004 or 2006 (Figs. 1.9b,f). During 2005, higher T and

S do occur over the slope, resembling the offshore properties earlier that summer in June

when slope DO concentrations were higher (Fig. 1.9d). These water properties suggest

that, in general, hypoxic DO concentrations over the slope result from respiration near the

shelf in the northern CCS, not physical transport of equatorial water by the California

Undercurrent.

1.4.2.3 Biochemical depletion of DO

Evidence of DO depletion due to biochemical processes is present over the slope and in near

bottom water over the continental shelf during late summer. In particular, relationships

between DO, T and S at these locations do not follow the structure of the offshore properties,

especially during late summer (Fig. 1.8, 1.9a). In order to quantify the amount of respiration

that has influenced each sample over the slope and shelf, we define the DO deficit as the

difference between a sample’s DO concentration and the average offshore concentration at



23

the same salinity for that cruise. Average offshore relationships between DO and S are not

greatly affected by water mass composition, and are similar throughout all six cruises during

summers 2003–2006, with ≤0.5 mL L−1 difference at constant S (Fig. 1.9a). In the range

of salinity that occurs in shelf bottom water (33.4–34.0 psu), offshore DO concentrations

range from 1.5–4.0 mL L−1. This relationship represents the potential contribution to the

seasonal draw down of DO by the combination of physical processes already discussed, either

seasonal upwelling or an enhanced California Undercurrent, since these processes are both

associated with high S and low DO.

Differences in DO deficits between cruises can reveal the contribution to hypoxia not

associated with physical processes. For example, there is >0.5 mL L−1 difference in DO

deficit between September 2003 and 2004, even though mid shelf bottom water occurs in the

same range of salinity (33.4–33.8) for both cruises (Fig. 1.9a,f). The larger DO deficits in

2003, in a similar range of S, suggest that stronger DO consumption in 2003 is the primary

factor causing lower DO concentrations (<1 mL L−1) that year.

In contrast, similar DO deficits are observed under varying degrees of hypoxia. For exam-

ple, DO deficits approached magnitudes of 2.5 mL L−1 during September 2003, September

2005 and September 2006, although the minimum DO was significantly lower during 2006

(Fig. 1.9a,f). Bottom water salinity was similar in 2005 and 2006, but high DO concentra-

tions were present in offshore water at these salinity values during 2005 (Fig. 1.9a). Of these

three years, mid shelf bottom water salinity was lowest in 2003 (Fig. 1.9a), consistent with

average upwelling favorable winds (Fig. 1.6f) and a lack of equatorial influence compared

with the other years (Fig. 1.6b). Therefore, physical processes, the enhanced upwelling and

the enhanced California Undercurrent described previously, significantly contributed to the

extremely low DO concentrations observed in 2006, in addition to biochemical processes.

1.4.2.4 DO demand in sediments

To distinguish between the water column and sediments as sinks of DO, we use denitrifi-

cation as an indicator of sedimentary DO consumption, combining measurements from this

study and previously published benthic fluxes in order to formulate mass balances of DO
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and N. We use two separate methods to calculate N deficits, which quantify the amount of

N that has been lost to denitrification. Denitrification does not occur in the water column

unless DO concentrations fall below ∼0.2 mL L−1, close to the minimum concentrations ob-

served in September 2006, but not typically associated with hypoxia in the northern CCS.

We show that N deficits are correlated with the DO deficits caused by biochemical processes

in both the water column and sediments. This relationship, along with benthic fluxes of

DO and nutrients from previous studies over the Washington shelf (Devol and Christensen,

1993), are incorporated into a simple mass balance of DO and N in the bottom mixed layer,

providing estimates of DO consumption separately in the water column and sediment.

The amount of denitrification that has influenced a water parcel can be quantified by

comparing the relationships of observed inorganic nutrient and DO concentrations to those

predicted by the stoichiometry of organic matter. The stoichiometry involved in aerobic

respiration can be described approximately by the equation (Anderson, 1995)

C106H175O42N16P + 150 O2 = 106 CO2 + 16 HNO3 + H3PO4 + 78 H2O, (1.1)

which implicitly includes an intermediate step in which ammonium (NH+
4 ) is oxidized to

nitrate during nitrification in the presence of oxygen. In equation (1.1), 16 moles of N are

produced for every 1 mole of P produced and every 150 moles of DO consumed. Assuming

the same chemical composition of organic matter, Gruber and Sarmiento (1997) describe

the stoichiometry of denitrification using the equation

C106H175O42N16P + 104 NO−3 = 4 CO2 + 102 HCO−3 + 60 N2 + 36 H2O + HPO2−
4 , (1.2)

in which 104 moles of N are consumed for every mole of P produced. In Washington shelf

sediments, denitrification consumes nitrate that is supplied by fluxes from the overlying

water column and nitrate that is produced during nitrification; some portion of ammonium

produced during organic matter degradation escapes as a flux out of the sediments (Devol

and Christensen, 1993; Hartnett and Devol, 2003). Deviations from offshore N-P and N-DO

ratios in slope water and near bottom shelf water (Fig. 1.9c,d) are consistent with the

influence of sedimentary denitrification.
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Nutrient and DO data from ECOHAB-PNW cruises are used to calculate N deficits,

which quantify the amount of N that has been removed from the water by denitrification.

The first definition of N deficit, based on N and P concentrations, is similar in form to the

N deficit used by Codispoti et al. (2001) in the Arabian Sea and also to the negative of

Gruber and Sarmiento (1997)’s N* used in their global N budget

N deficit =
[(
rN :P
aer P + cN :P

aer

)
−N

]
∗
(

rN :P
denitr

rN :P
denitr − rN :P

aer

)
, (1.3)

where rN :P
aer is the stoichiometric ratio of N and P during aerobic respiration as in (1.1),

the constant cN :P
aer accounts for limitation of either N or P, and rN :P

denitr is the stoichiometric

ratio of N and P during denitrification as in (1.2). We assume rN :P
denitr = 104, following

Gruber and Sarmiento (1997), who estimate an uncertainty of 15 in this value. We assume

that ammonium concentrations are negligible in the calculation of total inorganic nitrogen

and its deficit because average ammonium concentrations over the Washington shelf during

summer are <1 µM, with maximum values at the inner shelf, away from the stations we are

considering in this portion of the analysis (Landry et al., 1989). Values for rN :P
aer and cN :P

aer ,

which describe the relationship between N and P away from the influence of denitrification,

were determined from a linear regression of offshore N and P data for each ECOHAB-PNW

cruise (Fig. 1.9b). With the exception of the two cruises in 2005 (EH4, EH5), was within

the range 14.9–15.7.

To incorporate N deficits into mass balances of N and DO, we have compared N deficits

as calculated above with those calculated using an alternate method that uses the N-DO

rather than N-P relationships. In the absence of denitrification, Equation (1.1) suggests

that 9.375 moles of DO should be consumed for every mole of N remineralized. Based on

this concept, Broecker (1974) developed the tracer

NO = cDO:N
aer ∗N + DO, (1.4)

where cDO:N
aer is the ratio at which DO and N are consumed and remineralized during aerobic

respiration. N deficit can be expressed as
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N deficit =
[NOexpected −NO]

cDO:N
aer

, (1.5)

where NOexpected is the value of NO away from the influence of denitrification. We utilize

the average offshore NO in the salinity range 32.8 < S < 34.0 psu for each cruise, which

results in values of NOexpected = 425 ± 14 µM. Our two methods of calculating N deficit

agree, except for the two cruises in 2005 where offshore relationships between DO, N and

P appear to be anomalous (Fig. 1.9c–1.9e). We utilize the NO method in the following

analysis and test the sensitivity of our results to the anomalous 2005 data.

N deficits and DO deficits in near bottom water and 100–200 m slope water for all six

ECOHAB-PNW cruises are linearly related (Fig. 1.9f). The linear regression (r2 = 0.77,

p < 0.01) was calculated using a geometric mean functional technique (Ricker, 1984). The

slope of the regression decreases slightly from 11.1 to 10.9 when anomalous 2005 data are

removed. While there is some evidence of N and DO deficits in slope water, their largest

values are ∼1/2 as high as those over the mid- to outer shelf (Fig. 1.9f).

Simplified mass balances of N and DO can be used to calculate the relative importance

of respiration in the water column and sediments. In a bottom mixed layer overlying the

sediment, biochemical changes in N and DO can be expressed as

dN

dt
=

1

hBML

(
f
NO−3
sed + f

NO−2
sed + f

NH+
4

sed

)
− 1

cDO:N
aer

kDOwc (1.6a)

dDO

dt
=

1

hBML

(
fDOsed −

1

2
f
NO−2
sed − 2f

NH+
4

sed

)
+ kDOwc , (1.6b)

where d/dt is the material derivative following a parcel of near bottom water, fsed represents

a flux from the sediment into the water column, hBML is the bottom mixed layer height,

and kDOwc is the water column rate of aerobic respiration. These equations assume that all

nitrite and ammonium that escape the sediment are oxidized to nitrate. Utilizing the chain

rule and applying equations (1.4) and (1.5),

d(DO deficit)

d(N deficit)
=
dDO

dt

/( 1

cDO:N
aer

dDO

dt
+
dN

dt

)
, (1.7)

gives an expression for the water column rate,
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kDOwc =

[
kNsed

d(DO deficit)

d(N deficit)
+ kDOsed

(
1

cDO:N
aer

d(DO deficit)

d(N deficit)
− 1

)]
, (1.8)

where kNsed and kDOsed are the rates of change of N and DO in the bottom mixed layer due to

sediment fluxes, including those associated with oxidation of nitrite and ammonium. Means

and 95% confidence intervals for all parameters used to estimate kDOwc are shown in Table

1.2. The bottom mixed layer height hBML is estimated as the height over the bottom at

which vertical DO gradients exceed 0.1 mL L−1 m−1 (a temperature gradient criterion of

0.01 ◦C m−1 gives similar results). The relationship d(DO deficit)/d(N deficit) is given by

the slope of the regression in Fig. 1.9f. Sediment fluxes from previous studies were measured

using benthic tripods over the Washington shelf and slope during June and July of 1989 and

1991 (Devol and Christensen, 1993). Published flux values used for this analysis are from

bottom depths < 200 m to capture only processes occurring on the continental shelf and

upper slope. The shallowest benthic flux measurement was at 42 m bottom depth off Grays

Harbor, and bottom water DO concentrations were 1.5–2.5 mL L−1 (Devol and Christensen,

1993). The standard error (2σ) of the mass balance results are calculated using a Monte

Carlo method (106 runs), with parameters having Student t-distributions as described in

Table 1.2.

The mass balances of DO and N can indicate whether the observed relationship between

DO and N deficits are consistent with a significant contribution to aerobic respiration from

the sediment. The calculated water column rate, kDOwc , is −0.021 ± 0.007 mL L−1 d−1,

or 0.92 ± 0.30 µM d−1; the sedimentary DO flux into the bottom mixed layer results in

a similar rate, −0.020 ± 0.005 mL L−1 d−1, or −0.90 ± 0.21 µM d−1; and oxidation of

the ammonium flux from the sediments contributes a small amount, -0.002 mL L−1 d−1;

or 0.09 µM d−1. The mass balance also results in a small N increase, 0.032 ± 0.020 µM

d−1, which suggests that the combination of the ammonium flux from the sediments and

the mineralization of N during water column respiration balances the loss of near bottom

N to denitrification in sediments.

Results from the mass balance indicate that DO consumption in the water column

and sediments contribute similarly, 40–60% each, to the rate of decrease of DO in near
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bottom water. Further support for these estimates of DO consumption is obtained from

time series of DO from moored sensors. The data display a significant downward trend over

several weeks during both 2005 and 2006 (Fig. 1.10a). Since this trend is not coincident

with decreasing temperatures (Fig. 1.10b), declining DO at this location is likely due to

respiration, not upwelling of progressively colder water from further offshore. The total

DO consumption calculated from the mass balance agrees well with the observed downward

trends in both years. The DO decline during 2006 follows a bloom in the surface layer (Fig.

1.10c), which occurred before the start of the DO time series. A period of relatively high

surface fluorescence, confirmed by Chl a concentrations 6.5–17.0 µg L−1 in bottle samples,

continued through the DO time series (Fig. 10c). During 2005, satellite data indicate a

transition from negative to positive Chl a anomalies during July (Thomas and Brickley,

2006), which precedes the start of the DO decline in early August (Fig. 1.10c).

1.4.3 Event time scale variability in DO of shelf bottom water

In addition to seasonal trends, DO time series from moored sensors exhibit significant

shorter period fluctuations (Fig. 1.10a). During late August–September 2005, four events

with amplitude 0.6–1.0 mL L−1 are observed, each lasting 5 to 10 days. During 2006,

there are fewer events of this magnitude and duration. There are, however, two relatively

sharp decreases of DO over the course of the 2006 time series starting 11 September and 28

September, as well as a peak above 5 mL L−1. This section will explore the short time scale

processes that result in these DO fluctuations. The rate of change in DO concentration due

to horizontal advection is given by the equation

∂O

∂t
= −u∂O

∂x
− v∂O

∂y
, (1.9)

where ∂O/∂t is the time rate of change of DO; u, v are the cross shelf and alongshelf com-

ponents of the velocity; and ∂O/∂x, ∂O/∂y are the cross shelf and alongshelf components

of the spatial gradient of DO. In the following, we use hydrographic data and moored sensor

data to provide estimates of the individual contributions from these two components to DO

variability over time scales of several days.
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During mid August through late September 2005, upwelling favorable winds were fre-

quently interrupted by relaxation and weak downwelling events, in contrast to the persistent

upwelling that characterized the preceding period from mid July through mid August (Fig.

1.6e). From 24 August to 14 September, the phase relationship between ∂O/∂t and v is

out of phase; increasing (decreasing) DO concentrations coincided with equatorward (pole-

ward) flow (Fig. 1.11a). After 14 September, the phase relationship between ∂O/∂t and v

shifted to be in phase; increasing (decreasing) DO concentrations coincided with poleward

(equatorward) flow. Overall, the time series are consistent with alongshore advection of a

low DO patch that begins south of the mooring, then moves north of the mooring during a

period of prolonged poleward flow and relatively weak winds (Fig. 1.11a,b).

This period of alternating upwelling and downwelling conditions over the inner shelf

was accompanied by the appearance of higher near bottom fluorescence at E4 (Fig. 1.11c).

Calibrated shipboard fluorescence data from nearby stations E2, KB02, and KB01 are

consistent with the moored sensor (Fig. 1.11c); no casts were taken exactly at the mooring

site. Although peaks in near bottom fluorescence are small compared to values typically

observed with a bloom in the euphotic zone, the presence of photosynthetic pigment near the

bottom suggests that organic matter, and the potential for respiration, has been introduced

to the bottom water, either by sinking, advection, or resuspension of particles.

To further assess whether the advection of an alongshore patch can account for the

magnitude and timing of DO fluctuations during this period in 2005, we have estimated

time integrals of the advective terms on the right hand side of (1.9), for direct comparison

with the DO time series. In the cross shelf calculation, gradients are taken from the KB line,

the transect closest to the mooring, and the integral evaluated forwards and backwards in

time until the integrated cross shelf velocity exceeds the distance to KB stations on the shelf.

Gradients at the KB line are small during this period; we also use the largest gradient shown

in Fig. 1.11d in order to generate larger cross shelf fluctuations and compare their timing

to observations. In the alongshelf direction, both positive and negative gradients occur,

supporting the idea of an alongshelf minimum in DO (Fig. 1.11d). The largest observed

gradient is applied, positive poleward of the patch center and negative equatorward of a

patch center. This choice ensures that gradients are not underestimated during periods
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when the hypothesized patch is between the mooring and ship. The integration is started

on 22 August, soon after the appearance of near bottom fluorescence (Fig. 1.11c).

In the cross shelf direction, the modeled fluctuations show no significant correlation with

the observed data, and the magnitude of the fluctuations are far too small, even with the

relatively large non-local gradient (Fig. 1.11e). Because the cross shelf velocity is sensi-

tive to the direction in which the coordinate system is rotated, results using a coordinate

system rotated 10 degrees in either direction are also shown (Fig. 1.11e), with little im-

provement of the results. The alongshelf integration is far more successful in reproducing

the observed time series (Fig. 1.11f). In this case, modeled fluctuations have the correct

timing to account for the observations. Additional results are shown with a constant trend,

the total respiration calculated in Section 1.4.2.4 (Fig. 1.10a), to account for large scale

respiration over the shelf, and also with a reduction of velocity by 50% to account for the

effects of bottom friction in reducing the velocity between the current meter and the DO

sensor. Though a strictly linear interpolation with a no-slip condition would result in a 75%

reduction in velocity, a realistic velocity profile has more of a logarithmic shape; at E2, the

difference between v at 13 m and 7 m above the bottom is never more than 10% during

this time period (not shown). While the simple trend improves agreement with the data,

the velocity reduction results in a slight underestimate of the magnitude of the fluctuations

(Fig. 1.11f). In addition, the observed DO increase starting on 14 September occurs too

late in the model, which predicts an increase when the patch passes by the mooring site

on 18 September. This inconsistency may be a consequence of downward vertical advection

during prolonged poleward flow on the inner shelf (Fig. 1.11a).

Fluctuations in DO concentration during 2006 are typically much weaker than in 2005,

with the exception of one high DO event (Fig. 1.10). During this event, DO concentrations

increase beginning 15 September, along with acceleration to poleward flow which later peaks

in excess of 20 cm s−1 (Fig. 1.12a). DO concentrations return to hypoxic levels beginning 23

September, within days after upwelling winds resume (Fig. 1.12b). On this date, flow 12 m

above the bottom is poleward and offshore, which is inconsistent with upwelling. However,

since temperature also dropped by >2 ◦C (Fig. 1.10b), the decrease in DO is likely due to

unresolved onshore transport in the bottom boundary layer, not biochemical consumption.



31

Two additional notable decreases in DO during 2006, ∼0.4–0.6 mL L−1 d−1, occur on

11 September and 28 September (Fig 1.12a). These events occur during strong upwelling

favorable winds (Fig. l2b) and also follow peaks in near bottom fluorescence (Fig. 1.12c),

although the magnitude of the fluorescence peaks is not as great as in 2005 (Fig. 1.11c).

Shipboard measurements at the mooring site confirm low background fluorescence levels

(Fig. 1.12c); Chl a concentrations from bottle samples exceed the mooring values by 1–2

µg L−1, and the shipboard fluorometer agrees more closely with the mooring. Cross shelf

transport was integrated in a similar manner as the 2005 analysis, using spatially variable

gradients from the KB line near the mooring. These KB transects have strong positive

gradients at the two stations closest to shore (Fig. 1.12d), and weak negative gradients DO

further offshore corresponding to mid shelf minima (Fig. 1.6d, e.g.). The cross shelf models

reproduce the decreases in DO beginning 11 September and 28 September, and the gradual

increase in DO beginning 30 September (Fig. 1.12e). The models fail to predict the onset

of the large peak in DO, and the timing of the return to hypoxia following the peak.

Alongshelf advection does not appear to be as important during 2006 as 2005. The

only strong alongshelf gradients are positive and appear during the onset of the strong

poleward wind event after 15 September; those measured closest in time to the decreasing

DO events are smaller, between 0–0.015 mL L−1 km−1, at the same time when large cross

shelf gradients are observed (Fig. 1.12d). An alongshore integration with a gradient of

0.05 mL L−1 km−1 increasing northward results in increasing DO concentrations during

the three periods where observations show significant decreases (Fig. 12f). Using a smaller

alongshore gradient of 0.015 mL L−1 km−1, with a 50% velocity reduction and trend as in

the 2005 analysis, eliminates event scale variability and more accurately reproduces longer

term variability (Fig. 1.12f). The lack of alongshore variation in DO during 2006, in contrast

to 2005, suggests that the bloom observed in the surface layer (Fig. 1.10c) resulted in DO

consumption over a greater alongshelf scale during 2006. A large region of low DO in the

near bottom water along the mid shelf, consistent with the 2006 survey map (Fig. 1.6d),

allowed for rapid return to severe hypoxia over the inner shelf within several days, even

after strong downwelling favorable winds.
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1.5 Summary and discussion

In this paper, historical and recent hydrographic data, as well as moored sensors, are used

to investigate spatial patterns of hypoxia in the northern CCS and its temporal variability

from days to decades. In particular, we show that, off Washington 1) hypoxia occurs

under a wide range of wind forcing conditions and source water properties; 2) biochemical

DO consumption in both the water column and sediments is a significant factor in the

development of hypoxia; 3) advection of patches with spatial scales ∼10–50 km can lead

to short term variability; and 4) in contrast to historical measurements over the Oregon

shelf, DO concentrations below 1 mL L−1 are a recurring feature in the historical record,

including the inner shelf.

The results of this study emphasize the fact that hypoxia is a seasonal feature of the

northern CCS. Hypoxia is present in near bottom water throughout the historical record

(Fig. 1.4), and was observed off the Washington shelf during all four recent September

surveys with different seasonal wind forcing (Fig. 1.6). The strength of the seasonal up-

welling favorable winds appears to be an important factor in the severity of hypoxia at the

mid-outer shelf, with stronger upwelling favorable winds associated with lower minimum

DO concentrations over the Washington shelf, as seen most dramatically during 2006.

Over the Washington shelf, interannual differences in near bottom DO are related in part

to the biological response to upwelling. Not only do upwelling events increase phytoplankton

standing stock in the euphotic zone by supplying nutrients, persistent upwelling may also

promote near bottom respiration by retaining sinking material closer to the shelf (Hales

et al., 2006). Furthermore, hypoxic bottom waters promote increased concentrations of

iron (II) in near bottom water, which could enhance primary production if that water is

upwelled to the euphotic zone (Lohan and Bruland, 2008). Our results from recent data

demonstrate that cross shelf transport of offshore water and interannual changes in its

water mass composition can only account for decreases to concentrations as low as ∼1.5 mL

L−1; shelf DO concentrations at salinity between 33.4 and 34.0 psu indicate that biochemical

consumption typically decreases concentrations by an additional 0.5–2.5 mL L−1, depending

on the year and location (Fig. 1.10a). Weak upwelling favorable winds during late August
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and September 2004 (Fig. 1.9) likely kept DO deficits, which indicate biochemical depletion

of DO, relatively low by limiting primary productivity and subsequent respiration. Although

much of the September 2004 data were collected during a period of strong downwelling

favorable winds (MacFadyen et al., 2008), such events primarily replenish DO on the inner

shelf (Section 1.4.3, Fig. 1.12).

During summer 2006, several factors coincided to allow severe hypoxia to occur over

the Washington shelf. Compared with September 2003, near bottom shelf water during

September 2006 had similar DO deficits but higher salinity (Fig. 1.9a), consistent with

lower DO source water due to enhanced seasonal upwelling favorable winds (Fig. 1.6) and

a strong California Undercurrent as indicated by a warm anomaly (Fig. 1.9c,d). It may be

surprising that DO deficits do not indicate a stronger biological response in September 2006

following strong seasonal upwelling favorable winds. However, it is possible that stronger DO

deficits in September 2006 were not observed only because low DO concentrations inhibited

additional respiration in the water column and/or sediments. Compared with 2005, which

was characterized by strong upwelling during the later part of the season only, near bottom

shelf water during 2006 was characterized by similar decreasing DO trends in mooring

time series (Fig. 1.10), but less “patchiness”. Water column respiration may have been

responsible for the observed patchiness during 2005, since a stationary patch of enhanced

sediment respiration is less likely to form a well defined patch in the overlying moving water

column. Strong upwelling winds throughout the entire summer of 2006, instead of just the

late season, may have created conditions where fresh organic matter was readily available

to be processed by respiration over the entire shelf, instead of in isolated locations.

The presence of N-P and N-DO relationships in near bottom water that have been influ-

enced by denitrification in sediment pore water (Fig. 1.9c–f) indicate that DO consumption

in shelf sediments is an important biochemical contribution to the development of seasonal

hypoxia, in addition to respiration in the water column. Simple mass balances of DO and N

relate recently collected water column data to previously published fluxes at the Washing-

ton shelf during early summer (Devol and Christensen, 1993). There do not appear to be

seasonal changes in the relationship between near bottom DO deficits and N deficits from

early to late summer during 2003 and 2005 (Fig. 1.9f), but it is possible high N deficits
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observed during September 2006 are associated with changes in sediment processes during

severely hypoxic conditions. As DO concentrations decrease, fluxes of DO into the sediments

should theoretically decrease due to reduced pore water irrigation by benthic macrofauna

(Archer and Devol, 1992), and fluxes of nitrate should increase (Middelburg et al., 1996).

Our estimated average water column respiration rate, 0.021 mL L−1 d−1 (or 0.92 µM d−1),

is consistent with measurements of water column respiration in coastal upwelling regions

of the Eastern Atlantic; which indicate that respiration rates below 1 µM d−1 commonly

occur at water depths >50 m, even below highly productive surface waters, though rates

can sometimes reach as high as 3 µM d−1 in this depth range (Robinson et al., 2002).

Over the inner shelf of Washington, DO concentrations do not always respond to wind

as expected by simple two dimensional dynamics, particularly when respiration results in

significant alongshelf gradients. During 2005, low DO concentrations on the inner shelf

appeared during both upwelling and downwelling favorable winds, and were controlled by

the alongshore advection of an isolated patch of low DO rather than by cross shelf transport

(Fig. 1.11e,f). It is possible that patchiness may be more prevalent off Washington than

Oregon. Since inner shelf hypoxia is present under a broader range of temperatures in

the historical measurements off Washington than Oregon (Fig. 1.4), patches of low DO

may be able to persist under a wider range of short term wind forcing rather than just the

strongest upwelling events and therefore may account for a greater portion of the event scale

variability.

The lower DO concentrations off Washington compared with Oregon in the historical

record (Figs. 1.3, 1.4) are likely related to differences in physical and biological dynamics.

Ware and Thomson (2005) and Hickey and Banas (2008) show that the coast of Washington

and the southern coast of British Columbia are the most highly productive regions along the

western coast of North America. Greater shelf width, nutrients from the Juan de Fuca eddy,

mixing in estuaries, enhanced upwelling over submarine canyons, coastal trapped waves and

differential impacts of grazing may play a role in maintaining this higher productivity despite

stronger upwelling winds to the south (MacFadyen et al., 2008; Hickey and Banas, 2008;

Banas et al., 2009). Recent observations show that microzooplankton consume an average of

66% of primary production during summer in the northern CCS, and are therefore a strong
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regulator in the fate of organic matter (Lessard and Frame, 2008). Thus, the physical

and biological dynamics which lead to hypoxia off the coast of Washington, while linked to

processes occurring over the broader California Current region, are also uniquely determined

by the specific setting.

Despite the seasonal presence of hypoxia, and extremely low DO concentrations in 2006,

the Washington shelf is not typically anoxic like many other upwelling systems. Anoxic con-

ditions elsewhere have arisen from several sets of unique conditions, and demonstrate the

sensitivity of hypoxia in upwelling systems to changes in local productivity and largescale

physical forcing. Anoxia on the Peru shelf is less prevalent during El Niño years, which are

associated with warm anomalies and decreased primary productivity (Barber and Chavez,

1983; Arntz et al., 1991). Anoxia in Peru also appears to be sensitive to declines in plank-

tivorous fish populations because reduction in grazing allows more organic material to accu-

mulate and degrade (Walsh, 1981). On the Namibian shelf off southwest Africa, upwelling

occurs yearround, but anoxia is generated alongside a seasonal shift in the proportion of

high DO (>4 mL L−1) and hypoxic (<1 mL L−1) source waters (Monteiro et al., 2006).

In this case, equatorward flow associated with stronger upwelling can actually inhibit the

formation of anoxia by increasing the proportion of high DO and low nutrient source wa-

ter, and also by decreasing the residence time over which respiration acts (Brüchert et al.,

2006). Over the western Indian shelf, upwelling of nutrients forced by remote winds occurs

simultaneously with reduced ventilation and anthropogenic nutrient loading from monsoon

river runoff, leading to seasonally anoxic conditions (Naqvi et al., 2006). Off the Washing-

ton coast, advection and respiration create a situation where summer DO concentrations

are typically hypoxic, rather than anoxic, supporting a benthic ecosystem that ranks be-

tween the severely hypoxic Peru shelf and the relatively high DO northwest Africa shelf in

abundance of benthic macrofauna (Jumars and Banse, 1989).

An important question is whether hypoxic events are becoming more severe in the north-

ern California Current system. It has been hypothesized that an increase in upwelling favor-

able wind stress, in response to warming temperatures, could push upwelling systems past

a tipping point where anoxia becomes prevalent (Bakun and Weeks, 2004). The specific

mechanism proposed by Bakun and Weeks (2004) is that intense and persistent upwelling
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favorable winds would push zooplankton out of the shelf region before they are able to

consume faster-growing phytoplankton, which, in the absence of planktivorous fish, would

cause more organic matter to reach the shelf sediments. Although intensified equatorward

winds do not appear to be strongly influencing the northern CCS when compared with the

central and southern California coasts to the south (Schwing and Mendelssohn, 1997), the

presence of an intrusion of nutrient rich subarctic water during a hypoxic event off Oregon

in 2002 (Grantham et al., 2004), not present in 2006, shows that there are several different

potential mechanisms leading to severe hypoxia. Bograd et al. (2008) have observed sig-

nificant declines of DO between the years 1984 and 2006 in the CalCOFI region, including

California Undercurrent water. With the highest productivity on the US west coast, and a

history of seasonal hypoxia, the northern CCS may be particularly sensitive to a comparable

decline of DO in this same water.
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Table 1.1: Summary of ECOHAB-PNW (EH) and RISE (R) shipboard data from 2003-2006.

Study Cruise ID Ship Start Finish

EH1 W0306A R/V Wecoma 2 Jun 2003 23 Jun 2003

EH2 W0308C R/V Wecoma 30 Aug 2003 19 Sep 2003

EH3 AT11-17 R/V Atlantis 8 Sep 2004 28 Sep 2004

R2-W W0505C R/V Wecoma 29 May 2005 21 Jun 2005

EH4 AT11-30 R/V Atlantis 7 Jul 2005 27 Jul 2005

R3-W W0508C R/V Wecoma 4 Aug 2005 27 Aug 2005

EH5 TUIM14VM R/V Melville 2 Sep 2005 22 Sep 2005

EH6 TN200 R/V Thompson 11 Sep 2006 4 Oct 2006

Table 1.2: Mean values ± 95% confidence intervals for parameters in Equation (1.8). Num-
ber of samples is given by ns. For hBML and d(DO deficit)/d(N deficit) data are from this
study; flux data are from upper 200 m in (Devol and Christensen, 1993).

Parameter Value ns

hBML 11.8 ± 0.9 m 155

d(DO deficit)/d(N deficit) 11.1 ± 0.9 114

fDOsed −0.236 ± 0.050 (mL L−1) m d−1 13

(−10.54 ± 2.25 mmol m2 d−1)

f
NO−3
sed −1.33 ± 0.11 mmol m2 d−1 13

f
NH+

4
sed 0.48 ± 0.21 mmol m2 d−1 13

f
NO−2
sed 0.07 ± 0.06 mmol m2 d−1 13
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Figure 1.1: Bathymetry of the Washington (WA) and Oregon (OR) continental shelf region.
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Figure 1.6: Near-bottom dissolved oxygen during late summer/early fall from four different
years: a) 2003, b) 2004, c) 2005, and d) 2006. DO contours, shown in the color bar in d),
represent increments of 0.5 mL L−1. Isobaths are indicated by grey contour lines. Station
locations are shown as black dots. Abbreviations of selected transect names are shown along
the Washington coast. e) Cumulative upwelling index (CUI) for the years 2003 (green), 2004
(gold), 2005 (red) and 2006 (blue). The curves show the CUI integrated from the start of
the climatological upwelling season. Solid dots on the right side indicate the CUI that is
obtained by integrating from the spring minimum to 26 September. The mean CUI for the
years 1967–2006 is shown in solid black. The mean CUI +/- one standard deviation (σ) are
shown in dashed black.
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(grey, black) direction, with estimated error, E (see text, Section 2.4). e) Measured DO
(black) compared to that predicted (grey) by both spatially variable gradients from the KB
line, and a large constant cross shelf gradient, with measured u. The dash-dot and dashed
lines utilize velocity coordinate systems rotated ±10◦. f) Measured DO time series (black)
compared to that predicted (grey) by a constant alongshelf gradient on both sides of a patch
with measured v. Dashed line includes total respiration calculated from the mass balance
in Section 1.4.2.4, and the velocity reduced by 50% to account for bottom friction.
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Figure 1.12: Time series during the period 13 August – 12 October 2006. a) Near bottom
DO time derivative and u, v velocity components 12 m above bottom at E4. b) Wind stress
at NDBC Cape Elizabeth buoy 46041. c) Near bottom fluorescence at E4,with near bottom
values from shipboard fluorescence profiles (crosses) and Chl a bottle samples (squares). d)
DO spatial gradients in the x, y (grey, black) direction, with estimated error, E. e) Measured
DO (black) compared to that predicted (grey) by both spatially variable gradients from the
KB line with measured u. The dash-dot and dashed lines utilize velocity coordinate systems
rotated ±10◦. f) Measured DO time series (black) compared to that predicted (grey) by
a constant alongshelf gradient and measured v. Solid line uses a large positive gradient.
Dashed line uses a smaller gradient, includes total respiration calculated from the mass
balance in Section 4.2 d, and velocity reduced by 50% to account for bottom friction.
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Chapter 2

COASTAL TRAPPED WAVES, ALONGSHORE PRESSURE
GRADIENTS, AND THE CALIFORNIA UNDERCURRENT

Abstract

The California Undercurrent, a poleward-flowing feature over the continental slope, is a

key transport pathway along the west coast of North America and an important compo-

nent of regional upwelling dynamics. This study examines the poleward undercurrent and

alongshore pressure gradients in the northern California Current System (CCS), where local

wind stress forcing is weak. The dynamics of the undercurrent are compared in the prim-

itive equation Navy Coastal Ocean Model and a linear coastal trapped wave model. Both

models are validated using hydrographic data and current meter observations in the core

of the undercurrent in the northern CCS. In the linear model, alongshore winds along the

U.S. west coast generate poleward flow events over the slope, but reproducing the persis-

tent poleward undercurrent during summer requires the inclusion of San Diego sea level as

a southern boundary condition. The depth structure of the modeled alongshore pressure

gradient varies with latitude and distance offshore. The mean baroclinic response to sum-

mer wind forcing in the CCS is strongest near 42◦N, north of the strongest wind forcing. In

the northern CCS, alongshore density gradients over the slope lead to a poleward pressure-

gradient force within the undercurrent that often opposes an equatorward force associated

with coastal sea level.

2.1 Introduction

The California Undercurrent (CUC) flows poleward over the continental slope along the

eastern boundary of the North Pacific ocean, transporting heat, chemical tracers and or-

ganisms over alongshore distances of thousands of kilometers. Relatively warm, saline,

oxygen-depleted water is associated with the CUC from Baja California to Alaska (Hickey,
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1979; Thomson and Krassovski, 2010). These equatorial water properties are transferred

into the interior of the North Pacific by eddies formed from instabilities within the CUC

(Huyer et al., 1998; Garfield et al., 1999). The CUC modifies nutrient concentrations along

its path by transporting water with low ratios of nitrate to phosphate (Liu and Kaplan,

1989; Castro et al., 2001), and also influences the distribution of marine organisms such

as zooplankton (Swartzman et al., 2005). Poleward undercurrents similar to the CUC are

common in eastern boundary current systems, and their presence can greatly affect the

physical dynamics of coastal upwelling (Hill et al., 1998).

The CUC is a seasonal feature in the northern California Current System (CCS), which

includes the coastal waters offshore of northern California (CA), Oregon (OR), Washing-

ton (WA) and southern British Columbia (BC). At these latitudes, the CUC has a typical

volume transport of 0.5–1.5 Sv, with a 10–20 km wide subsurface core over the upper slope

(Hickey, 1979; Pierce et al., 2000). In the seasonal cycle, poleward flow appears over the

upper slope during July and strengthens through late October (Hickey, 1979; Thomson and

Krassovski, 2010). As the upwelling season progresses from late April–early October, the

core of the undercurrent shoals from below 500-m depth to the upper slope (Pelland et al.,

2012, manuscript submitted to J. Phys Oceanogr.), and the relatively warm and saline CUC

water mass forms a greater percentage of water over the shelf (MacFadyen et al., 2008). Dur-

ing winter, winds are downwelling-favorable, contributing to the surface-intensified poleward

flow over the slope commonly known as the Davidson Current (Hickey, 1979). The spring

transition to equatorward flow precedes the transition to upwelling-favorable wind stress,

and seasonal flow over the upper slope becomes predominantly equatorward at all depths

during April–June (Thomson and Krassovski, 2010). The equatorward coastal jet near the

surface and local upwelling-favorable wind stress both peak during July.

The CUC influences the seasonal dynamics of coastal upwelling in the CCS because of

its relationship to the alongshore pressure gradient and the bottom boundary layer. In the

northern CCS, the alongshore pressure-gradient force (APF) inferred from observations of

coastal sea level is directed equatorward during winter and spring, and becomes poleward

during the summer upwelling season (Hickey and Pola, 1983). Imposing a poleward APF

in two-dimensional models of coastal upwelling produces a poleward undercurrent over the
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slope and shifts the depth of onshore flow from the bottom boundary layer to the interior

(Werner and Hickey, 1983; Federiuk and Allen, 1995). Similarly, Pringle and Dever (2009)

found that incorporating a realistic CUC into a three-dimensional regional hindcast model

leads to shallower source depths for upwelling. During spring, the APF at the coast is

directed equatorward, in the same direction as the wind stress (Hickey and Pola, 1983),

which results in equatorward flow throughout the water column (Werner and Hickey, 1983).

Idealized modeling studies of upwelling ecosystems and biogeochemistry often use an exter-

nally applied poleward APF to incorporate undercurrent dynamics (Lathuilière et al., 2010;

Siedlecki et al., 2012), but the appropriate spatial variation of the APF in the vertical and

cross-shore directions remains unconstrained.

Despite the prevalence and importance of eastern boundary poleward undercurrents

like the CUC, their dynamics are not fully understood. Hill et al. (1998) groups proposed

mechanisms for their existence into three major classes: 1) a response to wind stress near the

coast, 2) pressure gradients originating in the open ocean, and 3) rectification of oscillating

flow over complex topography. The first two mechanisms depend on a large-scale poleward

APF. In idealized wind driven models with stratification, a poleward APF and undercurrent

can be generated if the upwelling favorable winds have an alongshore structure, an idea first

recognized by Yoshida (1967). However, an open-ocean pressure gradient associated with

a poleward decrease in temperature and sea surface height can also be associated with a

poleward flow over the slope (Huthnance, 1984; Csanady, 1985). In the third mechanism,

shelf wave propagation leads to an asymmetrical distribution of pressure across topographic

features in the time mean, generating poleward mean flow at eastern ocean boundaries

through topographic drag (Haidvogel and Brink, 1986). The absence of a clearly defined

mechanism for undercurrent generation continues due to the low number of velocity time

series over the slope and the difficulty in obtaining measurements of the APF.

In the theoretical work that emphasizes wind forcing of poleward undercurrents, coastal

trapped waves (CTWs) play an important role. CTWs can be thought of as hybrids of

internal Kelvin waves and barotropic continental shelf waves (Wang and Mooers, 1976).

In Kelvin waves, over a flat bottom, alongshore pressure gradients accelerate alongshore

motions near a coastal wall. In shelf waves, cross-shelf motions act to conserve potential
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vorticity over a sloping bottom. CTWs take on more “Kelvin-like” characteristics with

increasing bottom slope and stratification and decreasing latitude, devoting a greater portion

of energy to the vertical displacement of fluid than “shelf-like” waves (Brink, 1982, 1991).

Higher modes also tend to be more Kelvin-like than lower modes, and propagate more

slowly.

The undercurrent is a robust feature of models forced by wind stress in a region of limited

alongshore extent. In stratified models with a coastal wall and flat bottom, Kelvin waves are

generated at the southern edge of the forcing region, and the poleward APF that accelerates

the undercurrent is set up in their wake after a few days (McCreary, 1981; Philander and

Yoon, 1982). In the forced region and at low frequencies, these waves propagate with

phase speeds twice as fast as free waves (Philander and Yoon, 1982). In a two-layer model,

the introduction of a continental shelf leads to two CTW modes: a shelf wave associated

with vortex stretching that strengthens the coastal jet near the coast, and a slower mode

associated with interface displacement that accelerates the undercurrent (Suginohara, 1974).

The response is similar with continuous stratification; a poleward undercurrent develops in

the time interval between the arrivals of first and second mode CTWs (Suginohara, 1982).

The passage of the second mode wave reduces the acceleration of alongshore currents and

brings the mass balance closer to two-dimensional. Eventually, higher modes shut down

the undercurrent entirely, although the undercurrent persists longer in the northern part

of the forcing region, where both poleward and equatorward flow are stronger (Suginohara

and Kitamura, 1984). In some cases, wave propagation extends the undercurrent north of

the forcing region, although the inclusion of shelf topography has been shown to weaken its

strength and limit its northward extent (McCreary, 1981; McCreary and Chao, 1985).

The essential ingredients for wind-driven poleward undercurrents are alongshore struc-

ture in the wind forcing, which creates alongshore pressure gradients, and stratification,

which allows vertical shear in the alongshore currents. With these basic factors included,

the two-layer analytical model of Yoshida (1980) produces a poleward undercurrent in nearly

the entire range of length scales and frequencies. Exceptions include an infinitely long forc-

ing length scale corresponding to the two dimensional case, extremely short forcing length

scales approaching the deformation radius, and resonance between propagating wind forcing
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and the barotropic Kelvin wave. The β-effect is not essential for undercurrent formation,

but offshore Rossby wave propagation can lead to a shallowing and intensification of the un-

dercurrent (Suginohara and Kitamura, 1984; McCreary and Chao, 1985; Marchesiello et al.,

2003). Positive wind stress curl near the coast on a β-plane can also strengthen the un-

dercurrent by inducing poleward Sverdrup transport (McCreary and Chao, 1985; Batteen,

1997).

The seasonal acceleration of the CUC in the northern CCS shown by Thomson and

Krassovski (2010) is qualitatively consistent with the seasonal cycle of the alongshore pres-

sure gradient inferred from sea level (Hickey and Pola, 1983). Hickey and Pola (1983)

attributed the sea level gradient in the northern CCS to the alongshore structure of wind

stress using the steady barotropic model of Csanady (1978). This structure in wind stress,

with a maximum off northern CA, has been linked to the CUC and a poleward APF in the

idealized models described above. However, direct comparisons with observed variability in

the CUC have been limited, making it difficult to rule out other mechanisms of producing

poleward flow. Furthermore, because the APF is difficult to measure away from the coast,

its structure and variability over the slope remain poorly understood.

The goals of of this paper are to investigate the spatial and temporal structure of 1) the

poleward slope undercurrent and 2) the alongshore pressure gradient along the U.S. west

coast. Emphasis is placed on the development of the CUC in the northern portion of the

CCS, where local wind stress forcing is weak. The analysis uses two numerical hindcasts

with different levels of complexity. The spatially complex Navy Coastal Ocean Model of the

CCS (NCOM-CCS) is used to more fully understand the pressure field over the continental

slope. In addition, a linear coastal trapped wave (CTW) model is used, which is forced

by time variable winds along the coast but excludes the effects of complex topography,

open-ocean forcing, wind stress curl and the β-effect. In spite of its limitations, this model

can be directly compared with observations and includes the basic ingredients in wind-

driven theories of undercurrent generation (e.g. McCreary, 1981): alongshore structure in

wind stress, alongshore pressure gradients and stratification. The northern CCS is an ideal

location for testing an f -plane model forced by alongshore wind stress because it is thought

to be located north of latitudes where seasonal Rossby wave propagation occurs (Pares-
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Sierra and O’Brien, 1989; Clarke and Shi, 1991; Kelly et al., 1993) and wind stress curl is

relatively weak (Bakun and Nelson, 1991).

Both models are compared with an extensive array of observations, including currents

from moored sensors and hydrographic data (Section 2.3). The configuration of the CTW

model is adjusted to show sensitivity of the seasonal cycle to friction, number of modes, local

wind stress and the southern boundary condition (Section 2.4.1). The modeled APF is then

examined near the coast and over the slope (Section 2.4.2). Finally, the dynamics of the

CUC and the large scale APF are connected through analysis of the alongshore momentum

balance (Section 2.4.3).

2.2 Methods

2.2.1 Observations

2.2.1.1 Coastal sea level

Coastal sea level time series were obtained for 11 tide gauge locations (Fig. 2.1a) for the

year 2005 and at San Diego for the years 1987-2008. Tide gauge heights were adjusted

by adding equivalent sea level pressure (0.01 m per mbar atmospheric pressure) measured

at nearby stations (Fig. 2.1a) in order to estimate subsurface pressure. Hourly time series

were low pass filtered using a cosine Lanczos filter with half power point of 46 hours and

decimated every six hours. Mean values are removed so that time series represent anomalies,

not absolute displacement from a geopotential surface. Tide gauge data were obtained from

the U.S. National Ocean Service and the Canadian Tides and Water Levels Data Archive.

Atmospheric pressure data were obtained from the National Buoy Data Center for U.S.

locations and the National Climate Data Center for Canadian locations.

2.2.1.2 Mooring time series

Velocity data are used from two locations on the British Columbia slope and the Washington

shelf (Fig. 2.1b). The A1 mooring, where data has been collected 1985 through the present,

is located on the 500-m isobath at 48◦32’N, 126◦12’W (Thomson and Krassovski, 2010).

During 2004 and 2005, velocity data were collected at nominal depths of 35 m, 100 m,
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175 m and 300 m using Aanderaa RCM8 current meters, although actual current meter

depth and data availability vary between deployments. Velocity components were rotated

25◦ counter-clockwise, parallel to the local isobath orientation, and time series were filtered

using a Kaiser low pass filter with 30 hour cutoff and decimated to daily intervals. The RN

mooring is located on the 70-m isobath at 47◦00’N, 124◦30’W. Velocity components at the

RN site were rotated 10◦ clockwise, and time series were filtered and decimated in the same

manner as coastal sea level.

2.2.1.3 Geostrophic velocity

Conductivity, temperature and depth (CTD) measurements were obtained during Septem-

ber 2005 as part of the Ecology and Oceanography of Harmful Algal Blooms-Pacific North-

west (ECOHAB-PNW) project (MacFadyen et al., 2008). Geostrophic velocity, referenced

to 500 dbar, was calculated using the method of Reid and Mantyla (1976).

2.2.2 Models

2.2.2.1 Navy Coastal Ocean Model

We present numerical hindcast results for 2005 from the Navy Coastal Ocean Model for the

California Current System (NCOM-CCS), a data-assimilating primitive equation model.

The domain covers the region 30-49◦N, 135-115◦W at 9-km horizontal resolution (Fig.

2.1a,b). Atmospheric forcing is provided by the Coupled Ocean / Atmosphere Mesoscale

Prediction System (COAMPS) model (Hodur, 1997). There is no tidal forcing or river in-

put, and the Strait of Juan de Fuca, which connects the Pacific Ocean to Puget Sound and

the Strait of Georgia, is closed off by a strait coastline. The model uses satellite-derived sea

surface temperature for data assimilation and open boundary information is provided by

the 1/8◦ resolution global NCOM model (Kara et al., 2006). Schulman et al. (2003) provide

a detailed description of the NCOM-CCS model, including sensitivity to different formula-

tions of atmospheric forcing and boundary conditions. In the version used here, the vertical

coordinate system is comprised of 40 levels total, 19 σ (terrain-following) levels on top of 21

z (constant depth) levels (Barron et al., 2006). Use of z levels below 137 m, approximately
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the depth of the shelf break, avoids errors in calculation of the pressure gradient that can

arise near steep topography when using σ coordinates (Haney, 1991).

2.2.2.2 Coastal trapped wave model

A CTW model is used to further isolate mechanisms for subinertial variability in velocity

and sea level along the west coast. Derivation and application of CTW theory is discussed

extensively by Clarke and Van Gorder (1986), and will only be summarized briefly here.

Time dependent effects of alongshore wind stress and the APF are included in the model,

along with rotation, continuous stratification, bottom slope and weak bottom friction. Wind

stress curl and the β-effect are neglected. The flow is assumed to be linear and Boussinesq,

with gradually varying topography in the alongshore direction.

The coordinate system is aligned such that x is cross-shore distance from the coast (pos-

itive onshore), y is alongshore position (positive north) and z is vertical position (positive

upward). The problem is greatly simplified in the long wave limit, in which cross-shelf scales

are assumed to be much shorter than alongshelf scales (∂2/∂y2 � ∂2/∂x2) and time scales

of variability much longer than the inertial period (∂2/∂t2 � f2, where f is the Coriolis

frequency). Turbulent stresses are restricted to infinitesimally thin boundary layers at the

surface and bottom. The equations of motion in the inviscid interior water column are given

by

−fv = − 1

ρo
px (2.1)

vt + fu = − 1

ρo
py (2.2)

0 = −pz − gρ′ (2.3)

0 = ux + vy + wz (2.4)

0 = ρ′t + wρ̄z (2.5)

where u is cross-shore velocity, v is alongshore velocity, w is vertical velocity, p is pressure

and g is the acceleration due to gravity. Subscripts denote partial differentiation. Density
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is separated into a constant background density ρo, a vertically-varying background state

ρ̄(z), and perturbations ρ′(x, y, z, t). In terms of pressure, this system can be written as

pxxt + f2(pzt/N
2)z = 0 (2.6)

where N(z) is the buoyancy frequency. Boundary conditions for the system are given by

pz +
N2

g
p = 0 at z = 0, (2.7)

pxt +
rpx
h

+ fpy =
fτy

h
at x = 0, (2.8)

f2pzt
N2

+ hx(pxt + fpy) + (rpx)x − hxrpxz = 0 at z = −h(x), and (2.9)

px = 0 as x→∞, (2.10)

where where τy(y, t) is the alongshore component of wind stress, h(x) is bottom depth, and

r is a linear friction coefficient such that the bottom stress τyb = ρorv. These boundary

conditions represent a free surface (2.7), no net transport at the coastal wall (2.8), Ekman

transport and no normal flow at the bottom (2.9), and coastal trapping (2.10).

Solutions for pressure are separated into orthogonal components,

p(x, y, z, t) =
∞∑
n=1

Fn(x, z)φn(y, t), (2.11)

where Fn is the free-wave structure of the nth mode, and φn is the amplitude of the nth

mode response. The free-wave structure of each mode is obtained by solving the frictionless

eigenvalue problem,

Fnxx + f2(Fnz/N
2)z = 0, (2.12)

with boundary conditions

Fnz +
N2

g
Fn = 0 at z = 0, (2.13)

Fnx + fcn
−1Fn = 0 at x = 0, (2.14)

Fnz +
N2

f2
hx(Fnx + fcn

−1Fn) = 0 at z = −h(x), and (2.15)
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Fnx = 0 as x→∞, (2.16)

where cn is the phase speed of the nth mode. The amplitude of the propagating wave

response for each mode satisfies

φny −
1

cn
φnt + annφn +

∞∑
(m=1
m 6=n)

anmφm = bnτ
y(y, t), (2.17)

where bn is a wind coupling coefficient, ann is a frictional decay coefficient, and anm are

coefficients for frictional coupling to the mth mode. The free wave properties Fn, cn, bn

and anm are calculated using the bottom topography h(x) and mean stratification N2(z) at

ten coastal segments (Fig. 2.1c) using MATLAB programs provided by Dr. Kenneth Brink

(WHOI), which are similar to the FORTRAN software described by Brink and Chapman

(1987). In this version of the CTW software, wind coupling coefficients bn and frictional

coefficients anm are calculated using the energy-conserving normalization of Brink (1989).

MeanN2(z) profiles were computed from CTD data in the World Ocean Database (Boyer

et al., 2006), using casts offshore of the 1000-m isobath but no further than 400 km offshore

in the area closest to each segment. Previous studies have shown that varying stratification

produces small (< 10%) changes in Fn, cn and bn in the long-wave limit, but can change

anm by up to 100% (Battisti and Hickey, 1984; Chapman, 1987). Bottom topography is

from the National Geophysical Data Center coastal relief model (Divins and Metzger, 2008).

Wind stress was calculated using the formula of Large and Pond (1981) from wind velocity

interpolated to the inshore 50 km of each segment from the Cross Calibrated Multiplatform

Product (Fig. 2.1c), which incorporates data from the QuikScat scatterometer and coastal

buoys (Atlas et al., 2010).

Solutions to the coupled equations in (2.17) are obtained numerically by integrating

along wave characteristics using the trapezoidal method described by Clarke and Van Gorder

(1986). Using ∆y = 2.5 km and ∆t = 6 hours resolves the slowest phase speed in the model

(0.39 m s−1 for the fourth mode off southern California). The CTW model is run for the

years 1988–2008, with results from 1988 discarded as spin-up. Unless otherwise stated,

the infinite sums in (2.11) and (2.17) are approximated using four modes. A constant

linear friction coefficient r = 2.5× 10−4 m s−1 is used for the calculation of anm, the value
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used for the continental slope by Chapman (1987). At the southern boundary, φ1(0, t) =

ρ0gη(t)/F1(0, 0), where ρ0 is a reference density and adjusted sea level at San Diego is used

for η(t). This relationship assumes that San Diego sea level is dominated by the first mode.

Sensitivity to the number of modes, friction coefficient, presence of local wind stress and

the use of sea level data at the southern boundary will be explored.

2.3 Model validation

This analysis uses results from two different numerical hindcast models. The NCOM-CCS

model is fully nonlinear and three-dimensional, incorporating large-scale dynamics, complex

bathymetry, β-plane dynamics, and wind stress curl on a 9-km grid. The CTW model is

restricted to linear, f -plane, coastally-trapped dynamics with gradual variations in bottom

topography and alongshore wind stress. Before using the models to extend prior work on

the dynamics of the CUC and structure of the APF, the models will be carefully validated

with observations. The models are first compared with observed time series of alongshore

velocity at the RN mooring over the WA mid shelf (Fig. 2.1b), where previous studies have

demonstrated the importance of CTW dynamics (Battisti and Hickey, 1984). To assess

the variability and strength of the modeled California Undercurrent, the models are also

compared with time series at the A1 mooring over the British Columbia slope (Fig. 2.1b).

The CTW model seasonal cycle, averaged over two decades, is compared with observational

studies of the seasonal cycle over the British Columbia slope (Thomson and Krassovski,

2010; Pelland et al., 2012, manuscript submitted to J. Phys Oceanogr.).

2.3.1 Mid shelf: equatorward coastal jet

During June–September 2005, observed currents were predominantly equatorward in the

middle of the water column over the WA shelf (Fig. 2.2a). During 2005, an anomalously

late spring transition in local wind stress occurred during late May, with relatively weak

upwelling-favorable winds continuing through mid-July (Hickey et al., 2006; Kosro et al.,

2006). During 15 June–15 September, the NCOM-CCS model shows equatorward depth-

averaged currents over the broad continental shelves of the northern CCS, unlike other

locations with narrower shelves where depth-averaged flow is poleward near the coast (Fig.
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2.1b). Reversals to poleward flow do occur during this period over the WA shelf, becoming

more frequent during September (Fig. 2.2a).

Statistical agreement between the models and observations is quantified using both cor-

relation coefficients (CC) and Willmott skill (WS). Time series were detrended before com-

puting correlation coefficients and significance levels were determined using effective degrees

of freedom (Emery and Thomson, 2004, p. 260). The WS metric is designed to compare

different models, and accounts for errors due to model bias and differences in variance. WS

varies between 0–1 and is defined as

WS = 1− 〈(m− o)2〉
〈(|m− 〈o〉|+ |o− 〈o〉|)2〉

, (2.18)

where m is a modeled variable, o is an observed variable, and 〈〉 denotes an average over

the series (Willmott, 1981).

Correlations between the NCOM-CCS model and RN observations are similar through-

out the water column (CC = 0.68–0.74) (Fig. 2.3a). Correlation with the CTW model is

strongest in the lower half of the water column (CC = 0.61–0.66) (Fig. 2.3a). All corre-

lations are significant at the 95% confidence level. A similar increase with depth in the

correlation between a CTW model and observations was reported by Chapman (1987) over

the California shelf. Profiles of WS from the two different models indicate that the CTW

model generally has weaker skill, particularly in the lower part of the water column (Fig.

2.3a). The CTW model most accurately predicts the timing of fluctuations near the bottom,

but the magnitude of the modeled velocity agrees more closely with observations near the

surface.

2.3.2 Slope: California Undercurrent

During 2005 at the A1 site on the continental slope, the strongest equatorward flows at 300-

m depth were observed during late May, following the transition in local wind stress (Fig

2.2b). By mid-July, the flow is predominantly poleward, but with considerable event-scale

variability throughout the time series. Both models show a transition from equatorward

to poleward flow at this depth during summer 2005, although the CTW model tends to
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overestimate the magnitude of the equatorward flow (Fig. 2.2b). To provide further context

for seasonal variability, observations and CTW model time series are shown over a greater

depth range for the full year 2004. The time series indicate a similar seasonal progression

as in 2005, with the strongest equatorward flow observed during April at 100 m (Fig. 2.4).

However, at 35 m, observed equatorward velocities exceed 0.2 m s−1 during July. The

summer maximum in equatorward velocity at 35 m is not reproduced in the CTW model,

in which velocity patterns are similar for all depths.

Model-observation comparisons were quantified over the slope using the same statistics

as over the shelf in the previous section. Once again, all correlations shown are significant

at the 95% confidence level. Three subsets of the model runs shown in Fig. 2.2 and Fig.

2.4 are directly compared: 2005 NCOM-CCS, 2005 CTW and 2004 CTW. In Fig. 2.3b,

statistics were calculated wherever observational data is available; comparisons therefore

extend over time periods several months longer than the RN time series that are available

over the shelf. For both models, largest correlation coefficients occur at 100 m (Fig. 2.3b).

Both statistics indicate that the NCOM-CCS model outperforms the CTW model at 300

m.

If comparisons are restricted to the same time period as the 2005 RN measurements

discussed in the previous section, the correlation with observations improves for both models

at all depths, particularly the NCOM-CCS model (Fig. 2.3c). The WS metric indicates

that both models have relatively strong skill (∼0.8) at 300 m and weak skill (∼0.3) at 35 m.

The weak skill at 35 m indicates that the models do not accurately represent the strength

and/or cross-shelf position of the equatorward shelf-break jet at the A1 site. At 300 m,

the modeled seasonal progression from equatorward to poleward flow results in strong skill

during this time period.

A hydrographic section offshore of Copalis Beach, WA (47◦ 18’ N, 124◦ 22’ W) shows

the spatial distribution of alongshore velocity on 15 September 2005 (Fig. 2.5a). Over

the slope, the observed core of the CUC is located at 200-m depth with velocity 0.06 m

s−1. Equatorward flow is present over the outer shelf and slope, and is strongest near the

surface over the 100-m isobath. Although poleward flow is present over the slope in both

models (Fig. 2.5b,c), only the NCOM-CCS model shows the appropriate distribution of
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equatorward flow. The CTW model shows no evidence of the ∼0.3 m s−1 near-surface jet

that extends over the outer shelf and slope, unlike the NCOM-CCS model off WA (Fig.

2.5b,c). The weak skill at 35 m over the British Columbia slope in the NCOM-CCS model

(Fig 2.3c) may be related to the more complex topography near La Perouse Bank.

2.3.3 Seasonal cycle: 1989-2008

Bimonthly averages of the 1989-2008 alongshore velocity from the CTW model show spatial

patterns of the modeled seasonal circulation across the British Columbia shelf and slope

(Fig. 2.6), which can be compared with observed seasonal cycles over the British Columbia

slope from the A1 mooring during 1985–2004 (Thomson and Krassovski, 2010) and glider

transects during 2003–9 (Pelland et al., 2012, manuscript submitted to J. Phys Oceanogr.).

Across the entire shelf and slope in the CTW model, alongshore currents transition from

poleward during January–February to equatorward during March–April. This timing is

consistent with bimonthly averages from the glider transects and the A1 mooring seasonal

cycle. A poleward undercurrent develops in the CTW model during July–August. This

timing of undercurrent development over the upper slope is consistent with a transition to

poleward flow during early July at 175 m in the A1 mooring observations. Below this depth,

the glider transects show poleward flow over the slope during May–June at depths >500

m, which does not appear in the CTW seasonal cycle. During September–October, mean

poleward flow strengthens to 0.06 m s−1 within a subsurface core at 400 m. Although

the strength of the modeled poleward flow is consistent with observations, glider transects

show a shallower (∼250 m) undercurrent core. As noted in the previous section, the CTW

seasonal cycle does not reproduce the observed equatorward shelf break jet over the slope,

which reaches a seasonal mean velocity of −0.15 m s−1 at the A1 mooring location. The

CTW seasonal cycle is most consistent with observations over the upper slope, where the

CUC core is located.

2.4 Results

Comparisons with observations in the previous section indicate that the CTW and NCOM-

CCS models capture key features of summer circulation, including equatorward flow at mid
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shelf during summer and variability in the California Undercurrent at time scales from days

to seasons. The weakest aspect of the models is the equatorward shelf break jet. This

feature is completely absent from the CTW model but is present over the Washington slope

in the NCOM-CCS model (Fig. 2.5). In order to gain insight into the linear dynamics of

the modeled undercurrent, the CTW model is run under different configurations to explore

sensitivity of the 2005 time series and the seasonal cycle to friction, number of modes, local

wind forcing and the southern boundary condition (Section 2.4.1). Both models are then

used to determine the large-scale structure of the APF during summer (Section 2.4.2) and

the balance of alongshore momentum in the northern CCS (Section 2.4.3).

2.4.1 CTW model sensitivity analysis

2.4.1.1 Friction

Previous studies, which focused on the shelf, have shown that the value of the linear frictional

coefficient can influence the amplitude and phase of modeled velocity fluctuations (Battisti

and Hickey, 1984; Chapman, 1987). In order to examine how friction modifies the response

over the shelf and slope, the original value of r = 2.5 × 10−4 m s−1 was reduced to r =

1.0 × 10−4 m s−1, and also increased by the same amount to r = 4.0 × 10−4 m s−1. The

weaker frictional coefficient greatly enhances the modeled equatorward velocity in coastal

jet over mid-shelf, which reaches −0.6 m s−1 during early June (Fig. 2.7a, first row), much

larger than observed peak velocity of −0.3–0.4 m s−1 (Fig. 2.2a). An equivalent increase

in r has a smaller effect on the strength of equatorward flow over mid shelf (Fig. 2.7a,

first row). At 300 m over the slope, decreasing r enhances poleward flow and increasing

r reduces the magnitude of poleward flow during late summer (Fig. 2.7b, first row), with

resulting differences <0.05 m s−1.

2.4.1.2 Number of modes

The number of modes used varies substantially between different studies. Battisti and

Hickey (1984) used only one mode for the Washington shelf, but Clarke and Van Gorder

(1986) required seven modes for convergence of velocity over the west Florida shelf. In this
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study, convergence was found for three modes and more. During mid July–October 2005,

the use of two or more modes enhances equatorward flow over the shelf (Fig. 2.7a, second

row) and enhances poleward flow at 300 m over the slope (Fig. 2.7b, second row). During

June and early July, the first mode dominates the response. Higher modes tend to be locally

generated because they have greater values of amn and are preferentially damped as they

travel away from the forcing region. Therefore the higher modes tend to be more important

after the onset of strong local wind stress in mid-July.

2.4.1.3 Local wind stress

To further explore the role of local wind stress, the CTW model was run with wind forcing

τy = 0 at locations north of 42◦N. This configuration retains the relatively strong wind forc-

ing off northern California, and removes the relatively weak forcing north of Cape Blanco,

OR (Fig. 2.1c). Over the shelf (Fig. 2.7a, third row), remote wind forcing causes strong

equatorward flow (v ' 0.4 m s−1) during early June. However, the remotely-driven shelf ve-

locity later in the summer during August is weak, with more frequent poleward flow events.

In contrast to the shelf, removing the local wind stress has little effect on the flow over the

slope at 300 m, aside from introducing a lag of several days (Fig. 2.7b, third row). The dif-

ference between the shelf and slope can be understood by considering the role of the various

modes described in the previous section. Removal of local equatorward wind stress weakens

equatorward flow associated with the first mode over both the shelf and slope. However,

the suppression of locally-generated higher modes results in weaker equatorward flow over

the shelf and weaker poleward flow over the slope. These two effects counteract each other

over the slope, but reinforce each other over mid shelf, resulting in greater sensitivity to

local wind stress over the mid shelf.

2.4.1.4 Southern boundary condition

The CTW model includes signals created at the southern boundary of the model in addition

to those generated by wind forcing along the west coast. The southern boundary condition

relies on the assumption that fluctuations in adjusted sea level at San Diego are associated
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with first mode coastal trapped waves. In order to show the effect of this southern boundary

condition on the model results, we use an alternative boundary condition of φ1(0, t) = 0,

representing zero wave energy at the southern boundary.

Over mid shelf, the southern boundary condition (Fig. 2.7a, fourth row) does not have

as much of an effect on the modeled velocity as the local wind stress (Fig. 2.7a, third row).

However, the southern boundary does have a significant effect on the modeled velocity over

the slope (Figs. 2.7b, fourth row). Without using San Diego sea level at the southern

boundary, the 300-m velocity time series lacks the observed persistence of equatorward flow

during spring and poleward flow during late summer and early fall. Poleward flow events

still occur, and are much more frequent than over the shelf, but equatorward flow events

are also common during late summer.

In the seasonal mean, the modeled undercurrent at the British Columbia (BC) segment

is much weaker with no wave energy at the southern boundary (∼0.02 m s−1) and remains

confined offshore of the 400 m isobath (Fig. 2.8). The wintertime poleward flow and spring-

time equatorward flow over the upper slope are also significantly weaker. Further south

at the Humboldt Bay segment (HB, 40.8◦), the undercurrent modeled with φ1(0, t) = 0 is

stronger than at the BC segment, but mean poleward velocity still does not exceed 0.05

m s−1 (Fig. 2.9). At this location, alongshore wind stress produces the strongest under-

current during May-June, when modeled equatorward flow near the coast is also strongest.

In contrast, observations from Lagrangian floats show that the CUC is strongest during

September and October throughout the CCS (Collins et al., 2003). With San Diego sea

level included, the CTW model does have its strongest CUC during September–October at

this latitude (v ' 0.10 m s−1, not shown). Therefore, although wind forcing along the U. S.

west coast alone can produce a poleward undercurrent in the CTW model, the magnitude

and timing of its seasonal cycle are greatly improved with the use of San Diego sea level at

the southern boundary.
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2.4.2 Large scale structure of the APF during summer

Knowing the structure of the APF over the slope is important for understanding the CUC

because a poleward APF allows for acceleration of poleward flow in the presence of equa-

torward wind forcing. In this section, we use the the NCOM-CCS and CTW models to

gain insight into the structure and variability of the APF. Seasonal differences in the APF

during 2005 are first examined near the coast, where tide gauge observations are available

in addition to the model results. Analysis of the modeled APF is then extended offshore

to the continental slope, where the models can provide a more complete view of its timing

and spatial structure.

2.4.2.1 Alongshore variability in coastal sea level

The three month period January–March, when mean winds are downwelling-favorable, is

compared with with 15 June–15 September, a period when winds are upwelling favorable

and observed flow over the upper slope accelerates over the course of the season from

predominantly equatorward to poleward (Fig. 2.2b). Between these two periods, which

will be referred to as “winter” and “summer” conditions, observed sea level drops to lower

values along the entire coastline from Point Conception to Vancouver Island (Fig. 2.10a),

consistent with the development of equatorward geostrophic coastal currents near the coast.

The magnitudes of the observed seasonal decreases in sea level vary along this section of

the coast, from ∼0.06 m at Port San Luis, CA (PSL) to ∼0.17 m at Newport, OR (NH)

and Neah Bay, WA (NB). The observed seasonal decrease in sea level is generally larger in

the northern portion of the domain.

Modeled seasonal differences in sea level follow overall patterns similar to those of the

observations, showing larger seasonal decreases in the northern CCS (Fig. 2.10a). The

NCOM-CCS model underestimates the overall magnitude of the sea level decrease at all

latitudes, but relative differences along the coast parallel those in the observations. The

CTW model shows a weaker alongshore gradient in the seasonal differences. To reproduce

the magnitude of the observed sea level gradient in steady barotropic model, Hickey and

Pola (1983) used a smaller frictional coefficient of r = 1× 10−4 m s−1. Using this value of
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r in the CTW model results in a larger alongshore gradient in sea level (Fig. 2.10a), which

is associated with stronger equatorward flow over the shelf and stronger poleward flow over

the slope in the northern CCS (Fig. 2.7, top rows).

Absolute alongshore gradients in coastal sea level are provided by the numerical models.

During January–March 2005, the NCOM-CCS and CTW models both show higher average

sea level in the northern CCS, with an overall difference of ∼0.05 m or less between TF to

the north and the lowest sea level near 40◦N (Fig. 2.10b). During June–August, coastal

sea level in the NCOM-CCS model slopes ∼0.10 m downward from PSL to NH. Further

north from NH to TF, the sea surface slopes upward, indicating an equatorward APF at

the coast from northern OR to southern BC. In the CTW model north of NH, coastal sea

level slopes either very weakly upward or downward to the north, depending on which drag

coefficient is used. Both models are able to produce a realistic undercurrent in the northern

CCS during 2005 (Section 2.3) without coastal sea level sloping downward to the north.

Because the CUC shows significant variability at time periods of days to weeks in ad-

dition to the seasonal cycle, it is also important to examine intra-seasonal variability in

the large scale APF. At the coast, the observed surface APF (−gηy, where η is sea surface

height) between Newport and Neah Bay during 2005 is more correlated with remote wind

stress to the south than with local wind stress (Fig. 2.11a). The highest correlation between

τ and −gηy occurs near Humboldt Bay, CA (HB), over 400 km south of Newport, and the

sign of the correlation indicates that the APF is directed most poleward following wind

relaxations or reversals at HB (Fig. 2.12). The lags between τ and −gηy suggest a propaga-

tion speed twice as fast the free wave phase speed c1 (Fig. 2.11b), consistent with a forced

wave response. At the coast between NH and NB in the NCOM-CCS model, the magnitude

of fluctuations in −gηy are weaker than observed (regression coefficient = 0.56), but are

strongly correlated with the observations (CC = 0.87), indicating that the NCOM-CCS

model accurately represents variability of the APF over the shelf (Fig. 2.12a,b).
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2.4.2.2 The APF at undercurrent depths

Analysis of the modeled APF is now extended from the coast, where it is most readily

observed, to the slope, where the CUC is located. Using the NCOM-CCS model, the large

scale APF (−ρ−1o py) is calculated at the 309-m model z level, a typical undercurrent depth.

Pressure is calculated from the model output by integrating density downward from the sea

surface:

p(x, y, z, t) = g

∫ η(x,y,t)

z
ρ(x, y, z∗, t)dz∗, (2.19)

where ρ is in-situ density. Perturbation pressure is defined as

p′(x, y, z, t) = p(x, y, z, t)− p̄(z), (2.20)

where p̄(z) is reference pressure calculated from a mean density profile, which does not

contribute to horizontal gradients. In order to evaluate the large scale APF over the same

scale as the coastal sea level gradients, two end points from the same latitudes as NB and

NH are selected.

Comparing the modeled surface APF at the coast with the bottom APF at 309 m over

the northern CCS slope (Fig. 2.12b) reveals several major differences. Fluctuations have

smaller magnitude near the bottom at 309 m over the slope, as would be anticipated from

the structure of a first mode CTW in which the amplitude of pressure decreases with depth

and distance offshore. Furthermore, there is no significant correlation between the surface

APF at the coast and the bottom APF at 309 m over the slope. This lack of correlation is

likely due to the presence of higher modes. The spatial and temporal variability of bottom

pressure at 309 m during this period shows poleward-propagating signals with phase speeds

that vary between events. An example during late May 2005 is highlighted in which a

low pressure signal propagates northward with the phase speed of a forced first mode wave

(2×c1), followed by a high pressure signal with the phase speed of a forced second mode

wave (2×c2). During this event, a poleward pressure gradient develops over the slope during

the transition from low pressure to high pressure, and is enhanced by the poleward decay

of the high pressure signal (Fig. 2.12b,c). Similar patterns can be found, for example, in
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the time periods leading up to the next poleward APF event during early June and the

strongest poleward APF event during mid-July.

In addition to being uncorrelated, the modeled surface APF at the coast and the bot-

tom APF over the slope have different directions during summer in the northern CCS. The

surface APF at the coast (Fig. 2.12b) is directed equatorward, as seen previously in the

seasonal mean (Fig. 2.10b). At 309 m over the slope, the APF is generally directed pole-

ward (Fig. 2.12b). The June 15–September 15 means of perturbation pressure and SSH

are used to examine the large-scale spatial structure of the APF with depth and latitude

over the slope (Fig. 2.13). South of 42◦N, the mean SSH over the slope during this period

is consistent with a large-scale poleward APF at the surface (Fig. 2.13a). North of 42◦N,

higher SSH to to the north indicates an equatorward surface APF over the slope. These

large-scale patterns are consistent at multiple isobaths over the slope. Smaller scale vari-

ability (<1◦ latitude) is also present in the northern CCS. Distributions of mean bottom

pressure over the slope (Fig. 2.13b) reveal a large scale poleward APF at all latitudes, from

Point Conception to Vancouver Island. The large scale APF at the bottom is weaker at

isobaths deeper and further offshore. The distribution of perturbation pressure in the water

column over the 309-m isobath (Fig. 2.13c) shows that depths >150 m are characterized by

lower pressure to the north at all latitudes, indicative of a poleward APF throughout the

CCS at depths below the shelf break.

The pressure distribution over the slope during 15 June–15 September indicates that the

summer mean poleward APF at undercurrent depths in the northern CCS is associated with

alongshore density gradients, not a sea surface that slopes downward to the north. Over

the upper slope, the σt = 26.5 isopycnal peaks at 42◦N (Fig. 2.13d). North of this latitude,

the alongshore density gradients are responsible for the poleward APF at undercurrent

depths. Further south, the alongshore density gradients weaken the stronger poleward APF

at the surface. Like the NCOM-CCS model, the CTW model density peaks near 42◦N

(Fig. 2.13e). The CTW density anomalies represent upward displacement of isopycnals

from the background stratification at each segment. Because of the segmented construction

of the CTW model, variations in density anomaly do not directly translate to alongshore

density gradients. While the magnitude of these anomalies appears to be about an order of
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magnitude less than in the NCOM-CCS model, this pattern provides additional evidence

that the structure of the mean summer density field over the slope is part of the response

to alongshore wind stress in the CCS.

The cross-shelf structure of the APF is more easily examined in the CTW model than the

NCOM-CCS model, since the bathymetry is uniform in the alongshore direction within each

segment. Consistent with the above analysis, the structure of the APF is examined during

the period 15 June–15 September 2005, a period when poleward flow develops over the upper

slope in both the NCOM-CCS (Fig. 2.14a–c) and CTW (Fig. 2.14d–f) models. During this

time period, the poleward APF in the CTW model is strongest near the bottom at the shelf

break, and an equatorward APF is present over the shelf near the coast (Fig. 2.14g). The

stronger poleward APF at depth over the slope again highlights the importance of alongshore

density gradients at this latitude. The CTW model does not have an equatorward surface

APF over the northern CCS slope, a characteristic of the NCOM-CCS summer mean (Fig.

2.13a). The surface APF over the slope may be associated the equatorward shelf break jet,

which is completely absent from the CTW model. As with the NCOM-CCS model, the

equatorward surface APF at the coast and the importance of density gradients over the

slope are unique to the northern CCS during this time period. Analysis of the APF further

south in the CTW model, at the Humboldt Bay segment at 40.8◦N e.g., indicate that the

poleward APF is strongest at the surface and near the coast (not shown).

The pressure fields of the NCOM-CCS and CTW models share two major features in

the northern CCS during summer: 1) an equatorward surface APF near the coast, and 2)

enhancement of the poleward APF at depth over the slope by alongshore density gradients.

However, in addition to being associated with the development of a poleward CUC, the

poleward APF also associated with onshore flow through the Coriolis force. The CTW

model indicates that the APF during this time period is largely balanced by the Coriolis

force, fu (Fig. 2.14h), which is much greater than the mean acceleration, vt, during this

long seasonal time period (Fig. 2.14i). In the following section, low-frequency (>20 d

period) variability in the alongshore momentum balance in this balance over the slope will

be analyzed in order to show how linear wind-forced CTWs contribute to this balance.
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2.4.3 Alongshore momentum balance

In this section, variability in the APF is related to the acceleration of alongshore currents and

the Coriolis force by analyzing the modeled alongshore momentum balance in the interior

of the water column. In a linear model, the alongshore momentum balance away from the

frictional boundary layers is described by

vt + fu = −ρ−1o py, (2.21)

where poleward acceleration and the Coriolis force associated with onshore flow are balanced

by a positive APF. The magnitude and timing of these terms is examined in the CTW and

NCOM-CCS hindcasts. First, the validity of a linear alongshore momentum balance is

assessed. It is then shown that the Coriolis force leads the APF over the slope in a manner

consistent with wind-forced CTWs. A CTW model with idealized forcing is used to explain

this phase relationship.

2.4.3.1 Momentum balance in NCOM-CCS and CTW hindcasts

The validity of the linear momentum balance (2.21) throughout the water column over

the slope can be examined using the nonlinear NCOM-CCS model. In order to focus on

time scales of several weeks or longer, time series have been filtered with a 20-d Hanning

window. The alongshore direction is defined as the orientation of the 309-m isobath. In

order to remove mesoscale variability and focus on the alongshore scale of the northern CCS

slope, NCOM-CCS time series have been averaged over 44.5◦N–48.5◦N and 3 grid points

offshore of this isobath.

The depth variation of the alongshore flow shows the acceleration and shoaling of the

undercurrent during summer (Fig. 2.15a). The APF and Coriolis force resemble each other

closely in timing, magnitude and depth structure (Fig. 2.15b,c). Although there is a mean

baroclinic depth structure (Fig. 2.13c), a surface-intensified poleward APF is present during

July (Fig. 2.15b). Agreement between acceleration and the residual of the Coriolis force

and APF away from the surface boundary layer indicates that the linear balance holds

reasonably well over the slope, especially at 100–300 m (Fig. 2.15d,e).
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The velocity time series at the z = −181 m level shows that the two models are consistent

with each other in representing low-frequency (>20 d period) slope currents over the entire

year 2005 (Fig. 2.16a). As seen previously in the model-observation comparisons (Fig. 2.2b),

equatorward flow is present during June and poleward flow develops over the summer. An

earlier period of spring equatorward flow occurs in both models during April (Fig. 2.16a).

The Coriolis force and APF are highly correlated in the NCOM-CCS model (Fig. 2.16b).

As anticipated from the idealized case in the previous section, the Coriolis force leads the

APF, with a lag of two days between the two terms. In the CTW model, the Coriolis force

and APF are weaker and not as strongly correlated (Fig. 2.16c). However, the timing of the

APF is similar in the two models, with maxima in the poleward APF during late April and

mid-July. In both models, the poleward APF is persistent during the period June–August.

With wind forcing only, and no San Diego sea level at the southern boundary (φ1(0, t) = 0),

the Coriolis term and the APF are more strongly correlated (Fig. 2.16d) and the Coriolis

term leads the APF as in the idealized case. Even without persistent poleward velocity over

the slope in this wind-only case(Fig. 2.7b, fourth row), the poleward APF is still persistent

throughout June–September (Fig. 2.16d). It therefore appears that the poleward APF, and

the phase relationship of the Coriolis force leading the APF by several days, is associated

with wind-forced CTW dynamics.

2.4.3.2 CTW model with idealized forcing

The momentum balance over the slope in the models discussed above suggests that the

Coriolis force and APF are equally important in balancing acceleration over the slope, and

that the Coriolis force associated with onshore flow leads the APF. An idealized scenario

with simplified wind forcing is now used to explain why this phase relationship occurs. The

wind forcing is spatially uniform over a limited region 35–45◦N and periodic in time, with

20-d period and 0.1-N m−2 amplitude. To simplify the model setup, the bottom topography

and other CTW parameters for the entire coastline are taken from the northernmost BC

segment.

Over the mid-shelf north of the wind forcing region, the magnitude of the acceleration
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term is approximately the same as the APF with a short lag (Fig. 2.17a,b). The Coriolis

term is smaller and lags the other two terms by ∼90◦. Over the shelf, including the second

mode increases the amplitude of the fluctuations, but does not significantly alter the phase

of any of the terms. In contrast, the momentum balance over the slope is fundamentally

altered from the shelf balance when two modes are included (Fig. 2.17d). All terms have

similar amplitudes, and the APF leads acceleration. The Coriolis force associated with

onshore flow leads the positive APF.

The inclusion of the second mode alters the phase difference between alongshore currents

over the shelf and slope (Fig. 2.17e,f). With one mode, the currents vary together over the

entire shelf and slope. With two modes, slope currents lead shelf currents, and poleward

flow develops over the slope while equatorward flow is still present over the shelf. Poleward

flow over the slope develops as part of the response to equatorward wind stress in the forcing

region. Equatorward wind stress (days 30–40, e.g.), generates first mode waves that lower

sea level and produce equatorward currents over the shelf. The response propagates with

phase speed slightly faster than 2×c1 in the forcing region, and reaches a maximum at the

northern boundary of the forcing region several days following the strongest wind stress

(Fig. 2.17g). Note that without damping, the phase speed in the forced region is exactly

equal to 2×c1 (not shown). North of the forcing region, the waves decay and propagate with

phase speed c1. The second mode waves, in which low sea level at the coast is associated

with equatorward flow over the shelf and poleward flow over the slope, travel at slower

speeds but still propagate twice as fast in the forcing region (Fig. 2.17h). The transition to

poleward flow over the slope at 48◦N occurs on day 40 when the equatorward wind stress

in the forcing region has ended, the second mode wave generated by the equatorward wind

stress is strongest, and the first mode wave has already started to relax.

The idealized scenario above, with multiple CTW modes and forcing at 20-d periods,

explains why the Coriolis force, fu, leads the APF over the slope in the NCOM-CCS model.

These dynamics contribute to the poleward flow events that occur over the slope, but less

frequently over the shelf, when the CTW model is run with wind forcing only (Fig. 2.7,

bottom rows). However, this wind-forced model setup does not address the development

of the seasonal undercurrent, which arises through the southern boundary condition in the
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CTW hindcast. This topic and others will be discussed in the following section.

2.5 Summary and discussion

This study uses two numerical models with different levels of complexity to examine the

dynamics of the poleward CUC. Time series observations of alongshore velocity over the

continental slope allow for a detailed assessment of modeled variability over time scales of

days to seasons. Major results are summarized below:

• In a linear CTW model, seasonal development of a persistent CUC during late summer

in the northern CCS was dependent on the use of San Diego sea level as a southern

boundary condition (Section 2.4.1).

• Without San Diego sea level at the southern boundary, alongshore winds off the U.S.

west coast do create poleward flow over the northern CCS slope at event time scales

(Section 2.4.1). This response requires 2–3 modes, and is characterized by onshore

flow leading the poleward APF over the slope by several days (Section 2.4.3).

• In the northern CCS, the modeled APF is directed equatorward near the coast during

summer, with alongshore density gradients producing a baroclinic poleward APF at

depth over the slope (Section 2.4.2). Further south, the surface APF is directed

poleward near the coast and over the slope.

An unanticipated result of this study is the dependence of a persistent late summer CUC

on the use of San Diego sea level at the southern boundary. Low adjusted sea level at San

Diego during spring is associated with strong equatorward flow, and high adjusted sea level

is associated with a poleward flowing inshore countercurrent (Reid and Mantyla, 1976).

This near-surface poleward flow is evident in the mean NCOM-CCS sea surface height

field during summer (Fig. 2.1a). This feature has been associated with an equatorward

weakening of wind stress curl from the Southern California Bight to the northern coast of

Baja (Oey, 1999). Model results have also shown that remote forcing from the equatorial

Pacific contributes to the annual cycle of sea level in the CCS (Pares-Sierra and O’Brien,
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1989). The importance of the southern boundary in the CTW model implies a dynamic

link between poleward flows often considered to be separate: the undercurrent as far north

as British Columbia and the inshore countercurrent in the southern CCS.

It is also possible that the persistent CUC during late summer arises from dynamics

that occur along the U.S. west coast but are not included in the CTW model, such as

wind stress curl north of Point Conception. Positive wind stress curl associated with wind

stress decreasing towards the coast drives poleward Sverdrup transport. McCreary and

Chao (1985) and Batteen (1997) have found that wind stress curl creates a stronger and

shallower poleward undercurrent. This mechanism is distinct from the mechanism proposed

by (Oey, 1999) for the inshore countercurrent, since it requires a β plane. Wind stress curl

is relatively weak in the northern CCS, and is strongest off northern California and in the

Southern California Bight (Bakun and Nelson, 1991). Future modeling studies may be able

to determine at which locations wind stress curl is most important for driving poleward flow

in the northern CCS.

Another factor missing from the CTW model is the β-effect. With varying wind stress,

offshore propagation of low modes strengthens the undercurrent and contributes to the

shoaling of the undercurrent at seasonal time scales (Philander and Yoon, 1982). Hurlburt

and Thompson (1973) were able to model an undercurrent on a β-plane even with with

no spatial variability in wind stress. Glider observations in the southern CCS have shown

offshore propagation of poleward flow structures consistent with baroclinic Rossby waves

(Todd et al., 2011). However, it is unclear how important the β-effect is on seasonal and

shorter time scales further north off Washington and British Columbia. At the annual time

scale, Rossby wave propagation only occurs south of a critical latitude, estimated to be

∼42◦N in the CCS (Clarke and Shi, 1991). However, uncertainty in the critical latitude

and the possibility of a broader band of frequencies in the average seasonal cycle make this

another potential topic for future study.

While the seasonal development of the CUC cannot fully be explained by alongshore

wind stress, the model results in this study show that the undercurrent can develop in the

northern CCS even when the surface APF at the coast is directed equatorward (Figs. 2.10b,

2.14g). A poleward APF develops at depth over the slope during summer, and its presence
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does not depend on the southern boundary condition of the CTW model (Fig. 2.16b-d).

Although the observational study of Hickey and Pola (1983) showed a poleward surface APF

at the coast during summer, the gradient was relatively weak (∼0.02 m difference between

Newport, OR and Neah Bay, WA). The Csanady (1978) model used by Hickey and Pola

(1983) does show an equatorward APF at the very northern end of the domain, similar to

the model results presented here. It should be noted that the present study focuses on only

one year, and therefore does not represent the long-term mean.

The alongshore structure of the APF is consistent with the steady model of McCreary

(1981), in which the sea surface reaches a minimum at a latitude north of the maximum

equatorward wind stress and south of the overall northward extent of the wind field. Further

south over the CA slope in the NCOM-CCS model, the APF is poleward through the entire

water column and alongshore density gradients weaken the poleward APF with depth,

consistent with previous studies which focused on this region (Mellor, 1986; Pringle and

Dever, 2009). In the McCreary (1981) model, the undercurrent deepens at higher latitudes

and reaches a maximum amplitude at the latitude where isopycnals peak, similar to the

NCOM-CCS structure (Fig. 2.13d). This structure of the APF remains even when the

inclusion of a continental shelf weakens the undercurrent (McCreary and Chao, 1985). The

same basic structure is shown in the two layer model of Yoshida (1967), in which sea level

reaches a minimum at the northern edge of the wind stress forcing and the thermocline

peaks at the same latitude. Shipboard observations suggest a peak in isopycnals over the

slope that is offset to the north of the strongest upwelling-favorable winds (Muraki, 1974).

Observational insight into the seasonal variability of alongshore density gradients in the

northern CCS could arise from further analysis of historical hydrographic data.

In the NCOM-CCS model, the largest vertical displacement of isopycnals over the slope

occurs at 42◦N, north of the strongest mean wind forcing (Fig 2.13). In theory, higher

CTW modes are characterized by a stronger baroclinic response over the slope, but these

waves are damped more quickly and their strongest response does not penetrate far past

the strongest forcing. At the coast, where the first mode response dominates, the reversal

in the sea level gradient occurs further north at ∼45◦N. This results in the pattern in which

the surface APF at the coast can be weak or equatorward in the northern CCS, with a
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poleward APF at undercurrent depths due to the presence of alongshore density gradients.
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Figure 2.1: Mean model fields (NCOM-CCS, with global NCOM north of 49◦N) and atmo-
spheric forcing (CCMP) for the California Current, 15 June – 15 September 2005. The 200-,
500- and 1000-m isobaths are shown as black contours. a) Sea surface height, with 0.05-m
contour intervals in white. Red squares indicate tide gauges and red circles show nearby
measurements of sea level pressure. b) Northward component of depth averaged velocity.
Gray triangles indicate mooring locations. c) Wind speed and velocity vectors. Gray lines
indicate cross-shelf segments used in the coastal trapped wave model.
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Figure 2.8: As in Fig. 2.6, but with no wave energy at the southern boundary.
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Chapter 3

REGIONAL IMPACT OF SUBMARINE CANYONS DURING
SEASONAL UPWELLING

Abstract

Along the coasts of Washington and British Columbia, in the northern California Current

system, transport of water from the slope to the continental shelf contributes to high nu-

trient concentrations during the summer upwelling season. The goal of this study is to

identify physical processes which govern the properties and source depth of shelf water. A

numerical model hindcast for the region is shown to represent the seasonal development of

equatorward flow over the shelf and the poleward California Undercurrent over the slope.

Modeled circulation in shelf-break canyons is consistent with previous observational studies,

showing correlation between equatorward flow over the outer shelf and dense water at the

canyon head, as well as the formation of closed cyclonic eddies. Ageostrophic forces asso-

ciated with unbalanced pressure gradients are generally directed onshore at the upstream

sides of canyons, particularly during upwelling events. At the heads of canyons, however,

the presence of dense water is often associated with ageostrophic forces that are directed

offshore. Lagrangian particles indicate that canyons are associated with upwelling from

depths of ∼150-250 m to the mid shelf. Upwelling from these source depths does not occur

at locations away from canyons, or a model run with bathymetry that is uniform in the

alongshelf direction. Onshore fluxes of deep salty water through submarine canyons are

large enough to influence changes in salinity over the shelf at seasonal time scales. Much of

the water upwelled through canyons is found in the bottom boundary layer over the shelf.

3.1 Introduction

The northern California Current system (CCS) is a region where numerous submarine

canyons intersect the shelf break (Fig. 3.1a). Upwelling-favorable wind stress during sum-
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mer months is relatively weak in this part of the CCS compared with locations further south,

but the presence of submarine canyons may contribute to enhanced upwelling in the subsur-

face water column. Southward flow over the outer continental shelf, typical during summer

months in the northern CCS, is associated with large vertical excursions of dense water and

flow towards shore near the heads of canyons (Hickey, 1997; Allen et al., 2001). Hickey and

Banas (2008) estimate that the flux of nitrate across the shelf break through submarine

canyons is comparable to the nitrate input into the euphotic zone by local wind driven

coastal upwelling, suggesting that submarine canyons greatly influence regional productiv-

ity. Dense water originating from the slope is also low in dissolved oxygen, contributing to

seasonal hypoxia over the Washington shelf (Chapter 1, Connolly et al., 2010).

Upwelling events in submarine canyons along the shelf break occur when the overlying

flow travels opposite to the direction of coastal trapped wave propagation, which corresponds

to equatorward flow in the CCS. Observations indicate that the peak of a southward flow

event corresponds with the coldest temperatures above the canyon and the strongest up-

canyon flow (Hickey, 1997; Allen et al., 2001). Equatorward flow crosses isobaths at the

upstream side of the canyon, and cyclonic vorticity is generated within the canyon as fluid

columns become unconstrained by the shelf bottom topography and stretch (Allen, 1996;

Hickey, 1997). Weakening of the equatorward flow within the canyon as it is turned onshore

is associated with an unbalanced pressure gradient force towards shore (Klinck, 1996; She

and Klinck, 2000). Particularly strong cyclonic vorticity is often associated with a closed

eddy near the depth of the canyon rim. Observations of the rim-depth eddy show that it is

strongest several days following peak upwelling, as isopycnals relax (Hickey, 1997). Surface

flow ∼100 m above the canyon is unaffected by the canyon bathymetry. Model results show

that anti-cyclonic vorticity (but not a closed eddy) is generated on the downstream side

of the canyon as water is upwelled onto the shelf and fluid columns are compressed by the

bottom (Allen, 1996; Klinck, 1996).

The modification of shelf flow near a shelf break canyon depends on geometry of the

canyon and regional environmental conditions. Results from both numerical and laboratory

models indicate that the response is sensitive to the direction of the flow, with greater net

exchange occurring during upwelling than downwelling (Klinck, 1996; Boyer et al., 2000).
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Stratification limits canyon upwelling (Klinck, 1996). Scaling analysis indicates that the

upwelling flux through the canyon increases with incident flow velocity, as well as the length

of the canyon and its width at the shelf break (Mirshak and Allen, 2005; Allen and Hickey,

2010). A sharp corner (small radius of curvature) at the upstream side of the canyon also

increases the upwelling flux. The presence of a rim-depth eddy is largely determined by

canyon geometry, and is more likely to occur for a box-shaped canyon than a triangular one

(Allen and Hickey, 2010).

Compared with shelf break canyons, few studies have focused on long canyons, such as

Juan de Fuca canyon (Fig. 3.1a), which extend all the way to the coastline. Theoretical

and laboratory studies suggest that long canyons with strongly converging isobaths may be

locations of steady upwelling even with weak equatorward velocity over the shelf (Allen,

2000; Waterhouse et al., 2009). Coastal trapped wave propagation is interrupted by the

canyon, and upwelling through the canyon compensates for diminished equatorward flow to

the north of the canyon. During strong incident flow, upwelling in long canyons resembles

the advection-driven upwelling of shelf break canyons (Waterhouse et al., 2009).

Most studies have focused on a single canyon, and only recently have model studies

addressed the impact of numerous canyons on a regional scale. In the northwest Mediter-

ranean, under downwelling conditions, Jordi et al. (2006) showed enhanced cross-shelf trans-

port near submarine canyons and calculated a flushing time for the shelf on the order of

three months. On the southern coast of Australia, Kämpf (2010) showed that upwelling in

shelf-break canyons contributes to the formation of a pool of dense, nutrient-rich water over

the shelf, which can subsequently be upwelled to the euphotic zone. Lagrangian particles

showed upwelling from 110–160 m below the depth of the shelf break, and nitrate fluxes

were estimated to be enhanced by a factor of 5 over a case with no canyons.

Regional circulation in the northern CCS is characterized by upwelling favorable winds

and equatorward flow during spring and summer months. The seasonal cycle of upwelling-

favorable wind stress peaks during summer, though downwelling and relaxation events still

occur throughout this season (Hickey, 1979, 1998). During summer, much of the event-

scale variability is driven by coastal trapped waves generated further south (Battisti and

Hickey, 1984). Equatorward flow is present over the slope during April–October, and the



99

poleward California Undercurrent (CUC) develops below shelf break depth over slope during

late summer to early fall (Thomson and Krassovski, 2010). The cyclonic Juan de Fuca

eddy, located offshore of Cape Flattery (Fig. 3.1b), appears as a persistent region of dense

water with 50 km horizontal scale (Freeland and Denman, 1982; MacFadyen et al., 2008).

Estuarine flow from the Strait of Juan de Fuca, tidal rectification and mixing just west of

Cape Flattery, and variable winds typical of the upwelling season are important factors in

generating the Juan de Fuca eddy (Foreman et al., 2008; MacFadyen and Hickey, 2010).

In this study, a hindcast of summer 2005 in the northern CCS is used to demonstrate

the effects of canyon upwelling on shelf-slope exchange in the northern CCS. The model is

validated on a regional scale with data from moorings and hydrographic surveys. In partic-

ular, it is shown the the seasonal development of the equatorward jet, poleward California

Undercurrent and upwelled bottom water are well-represented by the model. Within shelf

break canyons, the patterns and timing of modeled upwelling and vorticity are shown to

be consistent with previous observational studies in the region. Two methods are used

to quantify exchange between the slope and shelf over the course of the upwelling season.

Lagrangian particles are tracked from the slope to mid shelf, and their source depths com-

pared for model runs with varying bathymetry and coastline. In addition, salt budgets are

calculated for volumes over the continental shelves of Washington and British Columbia, al-

lowing fluxes across the shelf break to be quantified and directly compared with the seasonal

increase in salinity over the shelf.

3.2 Methods

3.2.1 Model setup

The numerical model used in this study is an application of the Regional Ocean Modeling

System (ROMS) (Shchepetkin and McWilliams, 2005), version 3.4. The domain spans the

area 45.5–50◦N, 128.5–123.8◦W (Fig. 3.1a). Horizontal and vertical resolution are identical

to model of Foreman et al. (2008). Horizontal grid spacing ranges from 1 km on the southern

British Columbia shelf to 5 km near the southeast corner of the model domain. Realistic

atmospheric forcing and oceanic boundary conditions are used to create a hindcast of 2005.
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The model is initialized at the start of the year, and analysis focuses on 1 May–15 October

2005, a period when an extensive array of shipboard and moored data available for model

validation.

The ocean surface is forced with six-hourly winds from a regional atmospheric model

(Mass et al., 2003). Additional variables from this atmospheric model are used to calculate

surface heat flux using bulk algorithms (Fairall et al., 2003). For initial and boundary

conditions of tracers and subtidal velocity, a composite of model output from 2005 was

constructed from three hindcast models. At the southern boundary, daily output the Navy

Coastal Ocean Model of the California Current System (NCOM-CCS) is utilized (Schulman

et al., 2003). At the northern boundary, which is further north than the extent of the

NCOM-CCS model domain, global NCOM is utilized (Kara et al., 2006). The western

boundary of the composite contains both NCOM models, transitioning between the two

at 47.5◦N–48.8◦N. In order to simulate estuarine exchange flow in the Strait of Juan de

Fuca without modeling the smaller-scale flow in Puget Sound and the Strait of Georgia, the

composite also contains low-pass filtered output from a 2005 version of the model described

by Sutherland et al. (2011) at the eastern boundary. Freshwater input, most notably the

Columbia River, is not included in the model. In addition to the subtidal fields described

above, amplitude and phase for the K1, M2, O1 and S2 tidal constituents were obtained

from a tidal model of the northeast Pacific (Foreman et al., 2000).

The 3D equations are solved using a 60-s internal time step, with 30 external 2D time

steps for each internal time step. Advection of tracers and momentum are calculated using a

third-order upstream scheme in the horizontal direction and a fourth-order centered scheme

in the vertical. Vertical mixing is parameterized using the generic length scale turbulence

closure scheme of Umlauf and Burchard (2003), with stability function constants from the

“A” model of Canuto et al. (2001). Boundary conditions for barotopic velocity and sea

surface height are described by Flather (1976) and Chapman (1985), respectively. Radiation

conditions for baroclinic velocity and tracers are combined with adaptive nudging to all

subtidal fields near the model boundary (Marchesiello et al., 2001). At the open boundaries,

nudging time scales are 45 d for outgoing signals and 0.125 d for incoming signals. In the

model interior, time scales for nudging increase exponentially from 45 d at the boundary to
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60 d over a distance of six grid points. There is no nudging further in the interior of the

model domain.

Bathymetry data is from the gridded Cascadia dataset (Haugerud, 2000), which has

250-m horizontal resolution. The model has twenty vertical levels and uses the stretching

functions of Song and Haidvogel (1994) with θS =5.0 and θB =0.8. Minimum depth was

set to 3 m in order to avoid drying of grid cells. Bathymetry was smoothed to reduce errors

in the calculation of pressure gradients near steep topography. The topographic stiffness

parameter r0 = |∆h|/2h, where h is water depth (Beckmann and Haidvogel, 1993), has

a maximum value of 0.24. The smoothed bathymetry retains Barkley, Juan de Fuca and

Quinault canyons, which are located where resolution is high (Fig. 3.1a).

3.2.2 Model experiments

To explore sensitivity of modeled circulation to coastline and bathymetry, several model

experiments were performed. Forcing and boundary conditions were identical to those

described above for all model runs. In one experiment, the entrance to the Strait of Juan de

Fuca was replaced with a closed boundary at Cape Flattery. In a second experiment, shelf

bathymetry between 46◦–49◦N was replaced with “uniform” bathymetry where isobaths are

defined by a radial coordinates:

z = −1500 + 1450 tanh

(
R−R0

16

)
, 0 ≤ (R−R0) ≤ 25 km (3.1a)

z = z0 + z0

(
R−R0 − 25

55

)
, (R−R0) > 25 km (3.1b)

where z is depth in m, R is radius in km, z0 = −172 m is the depth of the shelf break,

and R0 = 560 km. The center of the radial coordinate system was determined by fitting a

circle to the 500-m isobath. This uniform bathymetry transitions to the original bathymetry

over an alongshore distance of 25 km at 46◦N and 40 km at 49◦N. In a third experiment,

this uniform bathymetry was further modified by adding a long canyon that extends to the

coast. The canyon is designed to resemble Juan de Fuca canyon, with maximum depth

250 m, 22-km width at rim depth and 10-km width at the base. All grids in the model
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experiments were smoothed in the same manner as the main run described in the previous

section.

3.2.3 Particle tracking

Particle pathways were computed using the Lagrangian TRANSport model (North et al.,

2008). In order to focus solely on the effects of advection, vertical and horizontal diffusion

were set to zero. A 60 s time step was used for calculating particle trajectories from hourly

model output. Particles were released at locations over the slope at the 250-m isobath out to

10 km further offshore, with 5-km spacing, between 46.4◦N–49.0◦N. Release depths range

from 40–400 m, at 20 m intervals. Particles were released daily during the time period

April–September and tracked for 15 days.

3.2.4 Observations

Observations from moorings and shipboard surveys during the period April–October 2005

are used to validate the model. Mooring data is used from the E2 mooring at the 47-m

isobath, the RN mooring over the 70-m isobath, the E3 mooring over the 127-m isobath

and the A1 mooring over the 500-m isobath (Fig. 3.1a). Velocity was measured at E2,

RN and E3 with downward-looking 300 kHz Workhorse Acoustic Doppler Current Profilers

(ADCPs, Teledyne RD Instruments). At E2, hourly ensembles were obtained 12–40 m with

2-m bin spacing. At RN, hourly ensembles were obtained at 3–63 m with 2-m bin spacing.

At E3, hourly ensembles were obtained at 12–106 m with 2-m bin spacing. At A1 during

this time period, velocity was measured using Aanderaa RCM8 current meters at 34 m, 102

m, and 301 m. The ADCP data were filtered with a cosine-Lanczos filter with half power

point of 46 hours and decimated to 6 hr intervals. Each time series was rotated according to

the principle axis of the depth-averaged velocity such that u is cross-shelf, positive towards

shore, and v is alongshelf, positive in the poleward direction. The A1 velocity data were

filtered using a Kaiser filter with 30 hr cutoff, decimated to daily intervals and rotated to

the local isobath orientation (25◦ counter-clockwise).

Temperature and salinity data are used from selected depths at the E2, RN and E3
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mooring sites. Temperature and conductivity measurements from 7–8 m off the bottom at

E2 and E3 were collected by a SBE37 sensor (Seabird Electronics) at 15 min intervals. Data

were averaged to hourly values, then low-pass filtered and decimated in the same manner

as the ADCP data. Shipboard profiles of temperature and salinity data were collected by

SBE 16plus sensors and averaged at 1 dbar intervals.

3.3 Model validation

In this section, the accuracy of the modeled circulation is evaluated using time series of

velocity and density, as well as hydrographic data from shipboard surveys, in order to

demonstrate the strengths and weaknesses of the model. In particular, the alongshore flow

over the shelf and slope is evaluated because the strength and direction of the ambient flow

is a key parameter in determining the upwelling flux in canyons. The presence of the Juan de

Fuca eddy is evaluated because this mesoscale feature strongly influences regional circulation

patterns, including equatorward flow along the outer shelf and upper slope. The density of

shelf bottom water is evaluated as an indicator of the strength of seasonal upwelling.

3.3.1 Validation statistics

Several metrics are used to quantitatively summarize model skill. The correlation coefficient

(CC) is a common measure of how well the model accounts for intraseasonal fluctuations

in the observed time series. Because many of the time series have seasonal trends that bias

this metric, the correlation coefficient of the detrended time series (CCDT ) is shown here.

Significance levels were determined using effective degrees of freedom (Emery and Thomson,

2004, p. 260). The root mean squared error (RMSE) is used to quantify the overall model

error for each location and variable. RMSE = (〈(m− o)2〉)1/2, where o is an observation, m

is a corresponding model variable, and 〈 〉 denotes an average. The RMSE has units of the

measured variable, and is comprised of three components, RMSE2 = MB2 + SDE2 + CCE2,

where MB = 〈m〉 − 〈o〉 is the mean bias, SDE = Sm − So is the standard deviation error,

and CCE = [2SmSo(1 − CC)]1/2 is the correlation error. The RMSE provides an intuitive

measure of error expressed in units of the modeled variable. Willmott (1981) defines a skill
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metric that normalizes the RMSE

WS = 1− RMSE

〈(|m− 〈o〉|+ |o− 〈o〉|)2〉
, (3.2)

which varies from 0–1. WS is used here to compare overall performance between different

models.

3.3.2 Time series

Time series observations over the shelf span the period May–September 2005, allowing for an

evaluation of model performance at time scales of weather events (∼2–10 d) and variability

in velocity and water properties over several months. To provide a direct comparison with

observations, model time series were interpolated to the positions and depths of the ADCP

bins or temperature and conductivity sensors. To compare with a larger-scale, coarser-grid

model, time series from the NCOM-CCS model were also extracted from the adjacent model

grid points with the closest bottom depths. All modeled velocity vectors were rotated into

the same coordinate frame as the observed time series.

3.3.2.1 Velocity

Modeled depth-averaged velocity is significantly correlated with observations at all locations

over the shelf (Table 3.1, Fig. 3.2a,c,e). The strongest correlation is found at E2, and WS

is high at this location for both models. This location is relatively shallow, and is therefore

strongly influenced by local wind stress. Despite the relatively high correlation, the E2

location has the strongest mean bias of −0.05 m s−1 (Table 3.1, Fig. 3.2b,d,f), which may

be due to an equatorward bias in the MM5 winds (Tinis et al., 2006). Over mid-shelf

at RN (Fig. 3.2c,d), the correlation is weaker than at E2 and the WS metric indicates

that skill is reduced from the NCOM-CCS model. Variability at mid-shelf in this region

is strongly influenced by remotely-generated coastal trapped waves (Battisti and Hickey,

1984), so the smaller WS in the model used here is likely due to problems with nudging at

the open boundaries. Despite the weak correlation with observations at this location, the

model does show a seasonal peak in equatorward flow with correct timing and magnitude

during mid-July. The observed mean vertical structure of alongshelf and cross-shelf velocity
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is also similar to the observations (Fig. 3.2d). In deeper water offshore of Cape Flattery

at E3, modeled variance is weaker than the observed variance (Fig. 3.2), similar to mid-

shelf. However, the model shows an overall improvement over NCOM-CCS at this location

(Table 3.1). This location is influenced by the outer limb of the Juan de Fuca eddy (Fig.

3.1b), which is associated with complex topography, tides and the estuarine outflow from

the Strait of Juan de Fuca (Foreman et al., 2008; MacFadyen and Hickey, 2010). Model

skill at E3 is therefore improved over NCOM-CCS due to higher resolution and inclusion of

important local processes.

At the A1 site over the British Columbia slope, improvement over NCOM-CCS is found

at 35 m but not 300 m (Fig. 3.3, Table 3.1). Modeled fluctuations are uncorrelated with

observations at both depths, but the model does have an equatorward shelf break jet at

35 m, and a poleward undercurrent at 300 m. The strength of the equatorward jet is

overestimated during periods in July–August (Fig. 3.3a), but the overall mean bias is small

(-0.02 m s−1). At 300 m, the RMSE at this depth is dominated by the CCE (0.05 m

s−1). The low correlation is likely related to problems incorporating remotely forced coastal

trapped waves at the southern boundary, as suggested for mid shelf. The modeled flow

at 300 m is equatorward during late May and early June, then becomes predominantly

poleward during late July–September, similar to the observed variability over time scales of

months (3.3b). This development of poleward flow during summer is representative of the

expected seasonal cycle at this location (Thomson and Krassovski, 2010).

3.3.2.2 Near-bottom density

Comparisons with density time series from available near-bottom measurements at the shelf

moorings are one measure of the model’s representation of upwelling in the subsurface water

column (Fig. 3.4). The best agreement with observed density is found 8 m above bottom

at E2, the shallowest mooring site (Fig. 3.4a, Table 3.1). After a decrease in density

associated with downwelling favorable poleward flow during May (Fig. 3.2a), modeled and

observed density increase at this location to value of σt ' 26.0 kg m−3 by the end of the

summer (Fig. 3.4a). Further offshore at E3, the model shows a small improvement over
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NCOM-CCS (Table 3.1). The model misses a sharp increase in density during May, and the

RMSE is dominated by the mean bias, -0.24 kg m−3. The density bias is likely due to the

initial and boundary conditions from the NCOM-CCS model, which tends to be fresher than

observations at depth (Liu et al., 2009). Both model and observations indicate a gradual

trend of increasing density during June–September, ∼0.25 kg m−3 over four months (Fig.

3.4c).

3.3.3 Shipboard surveys

Regional shipboard surveys do not resolve individual events, but provide greater spatial

coverage over the Washington shelf. The inner shelf is excluded from this analysis in order

to isolate the seasonal upwelling process, rather than the higher-frequency response to local

wind stress in shallower water. Bottom temperatures at 40–200 m range from ∼6.5–10.5◦C,

and most measurements fall between 7–8◦C (Fig. 3.5a). Salinity ranges from ∼32.5–34,

and most measurements fall between 33.5–34 psu (Fig. 3.5b). A bias is evident in the

deep salinity, but not in temperature. The mean bias in salinity determined from shipboard

measurements of salinity is -0.28 psu, resulting in a density bias of -0.20 kg m−3, which is

consistent with bottom density at the E3 mooring. Since changes in density and density

gradients are most relevant for studying upwelling, this bias is not a major concern. Re-

moving the mean bias, the RMSE calculated for the bottom water properties are 0.34◦C

for temperature, 0.13 psu for salinity and 0.14 kg m−3 for density. These errors are smaller

than the overall range present in shelf bottom water during April–September (Fig. 3.5).

Maps of shipboard surveys during July and September are used to compare regional

patterns of observed and modeled circulation (Fig. 3.6). Temperature is shown instead

of salinity or density because the lack of a mean bias facilitates visual comparison. A

depth of 50 m is chosen because it covers the mid–outer shelves, and represents seasonal

upwelling away from the higher frequency variability of the shallower inner shelf. Note

that the surveys take place over 1–2 week periods, which means that small scale spatial

variability in the maps may be associated with temporal variability. During July, in both

the model and observations, the coldest water (<7.5◦C) is present in the Juan de Fuca
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eddy and directly adjacent to Cape Flattery. Outflow from the Strait of Juan de Fuca is

0.5–1◦C warmer than observations, but upwelled water <8◦C is found at 50 m along the

Washington coast in both the model and observations. Seasonal changes between the two

surveys are evident in the eddy and coastal upwelling regions. The modeled eddy core

(<7.5◦C) is located further offshore and has a larger horizontal extent during September, as

observed. The strongest upwelling along the Washington coast is located further south than

during July. Water offshore is several degrees colder than observed, which may indicate an

underestimate of surface heat flux. This comparison with shipboard surveys shows that the

model is accurately representing upwelling near the coast and in the Juan de Fuca eddy

region, as well as changes in the patterns of upwelling at time scales of months.

3.4 Results

Comparison with regional-scale observations in the previous section shows that the primary

strength of the model is variability at time scales of months, as shown by the properties

of upwelled bottom water and the development of the Juan de Fuca eddy during summer.

Modeled velocity compares most favorably with observations of the mean vertical structure

and over time scales of months, especially at locations where the shelf break jet interacts

with topography and mesoscale features such as the British Columbia slope and the outer

shelf offshore of Cape Flattery. The primary weakness of the model is the poor agreement of

intraseasonal fluctuations at the event time scale, which are strongly influenced by remote

winds outside of the model domain. While timing and strength of individual events may

differ from reality, the model can be used for determining factors that contribute to the

seasonal increase in density over the shelf.

Comparison with the 2005 observations addressed the scales of upwelling, but not the

smaller-scale canyon processes that were hypothesized to contribute to upwelling (see Section

3.1). Although no observations are available at the smaller scales of submarine canyons

during this time period, several observational canyon studies have taken place in this region.

In Section 3.4.1, the modeled circulation near shelf break canyons is shown under different

ambient forcing conditions, using observed relationships between velocity and temperature

from previous studies to demonstrate that the model does represent dynamics expected
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during canyon upwelling. The impact of canyons on seasonal upwelling is then determined

by analyzing the source depths of passive particles that are upwelled onto the shelf (Section

3.4.2) and cross-isobath fluxes over the slope in salt budgets of the shelf (Section 3.4.3).

In Section 3.4.4, spatial variability in the cross-shelf momentum balance is shown to be

associated with bathymetric features over the slope.

3.4.1 Circulation in shelf break canyons

In this section, time series of modeled velocity and temperature are shown for locations

where previous canyon observational studies have taken place in order to 1) demonstrate

consistency with past observations and 2) define periods of downwelling, upwelling and

relaxation based on the incident velocity near the heads of canyons. Fields of velocity,

density and vorticity are used to provide a more complete view of the modeled circulation

at Barkley and Quinault canyons during different types of conditions. Downwelling and

upwelling events are compared at Barkley Canyon. Circulation in Quinault canyon and the

adjacent Washington shelf are compared during upwelling and subsequent relaxation.

3.4.1.1 Downwelling and upwelling – Barkley canyon

Barkley canyon, located at the shelf break off British Columbia, has a width typical of

shelf break canyons and close to the local deformation radius (∼10 km). Mooring time

series near the head (see Fig. 3.7a,b for location) have demonstrated a correlation between

temperature fluctuations within the canyon at 230 m and incident velocity at 100 m (Allen

et al., 2001). Model time series from the same location also show a significant correlation

between temperature at 230 m and alongshore velocity above the canyon at 100 m (Fig.

3.7c). Although it is difficult to compare model and observations from different years, the

temperature fluctuations observed by Allen et al. (2001) have greater magnitude (ranging

from 6–7.5◦C instead of 6–6.8◦C), suggesting that the model may underestimate the up-

welling response. However, the decrease of temperature during equatorward flow events

indicates that model produces upward displacement of isotherms in the canyon with correct

timing in relation to the incident flow. The modeled temperature fluctuations at 230 m
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are not correlated with the modeled alongshore velocity at 230 m (Fig. 3.7c), as might be

expected if the isotherms were adjusting to geostrophic flow at the same depth. At 230 m,

alongshore velocity is generally weak, and poleward flow events lag cold temperatures by

several days. As will be seen shortly, these poleward flow events are associated with the

formation of a closed rim depth eddy.

The time series indicate a transition from poleward to equatorward velocity at 100 m

during 22–26 May (Fig. 3.7c), providing an opportunity to compare canyon circulation

during upwelling and downwelling conditions. On 22 May, poleward flow is present near the

bottom over the shelf and 180 m over the slope (Fig. 3.7a). Poleward flow is diminished

within the canyon, but there is no evidence of a strong component toward or away from

the head. After the transition to equatorward flow, on 26 May, temperature at 230 m

drops by ∼0.3◦C (Fig. 3.7c). Over the shelf, near-bottom flow is directed equatorward

(Fig. 3.7a). At 180 m, alongshore flow over the slope is relatively weak, and there is a

transition to poleward flow further offshore. Flow within the canyon is directed onshore.

At the canyon head, near-bottom shelf flow crosses isobaths and turns anti-cyclonically,

carrying dense water to the southeast. The comparison between these two events indicates

that the circulation transitions rapidly (within four days) between a downwelling situation

with little net exchange, and an upwelling situation in which upcanyon flow advects dense

water onto the shelf.

The strongest equatorward flow passing over Barkley canyon, and the coldest temper-

ature at 230 m within the canyon, occur on 20 July in the model (Fig. 3.7c). During

this time, equatorward flow of magnitude ∼0.1 m s−1 is present at the shelf break near

the bottom and over the slope to the north of the canyon (Fig. 3.8a). A pool of dense

water, ∼0.2 kg m−3 more dense than further offshore, is present at the head of the canyon.

Flow crosses isobaths near the canyon head, especially at the south side, and dense water

is advected to the southeast over the shelf. Flow patterns are similar to the May upwelling

event discussed above, but with denser upwelled water. Three days later on 23 July, equa-

torward flow over the shelf is weaker (Fig. 3.7c, 3.8b). At 180 m, a cyclonic rim-depth eddy

is associated with poleward flow at the canyon head. During peak upwelling on 20 July,

cyclonic relative vorticity is associated with the steering of flow towards the canyon head
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(Fig. 3.8c). Following peak upwelling on 23 July, the region of strongest relative vorticity

detaches from the canyon head and is located at the center of the rim-depth eddy (Fig.

3.8d). The modeled relative vorticity has a peak magnitude of 1.2f . For comparison, Allen

et al. (2001) estimated relative vorticity with magnitude of 0.3f in Barkley canyon using a

diagnostic model, and 1.7f by estimating stretching of isopycnals from hydrographic data

(the observational estimate was considered an overestimate due to the assumption of no dis-

sipation). The timing of eddy formation several days following the strongest equatorward

flow is consistent with the observational study of Hickey (1997) in Astoria canyon.

3.4.1.2 Upwelling and relaxation – Quinault canyon and the Washington shelf

Quinault canyon, located on the shelf break of Washington, differs from Barkley canyon

in that it is ∼30 km wide, 3 times wider than the local deformation radius. However,

upwelling has been observed in association with equatorward flow events at this location.

Hickey (1989) compared near-bottom alongshore velocity and temperature at two locations

over the 150-m isobath (see Fig. 3.9a,b for locations). Unlike the period analyzed in

this model study, mean flow was directed poleward during the fall observations. During

reversals to equatorward flow, cold water was observed near the head of the canyon and

no clear response was found at the open slope location. Similar behavior is evident in the

modeled time series at the same locations (Fig. 3.9c). Alongshelf velocity over the open

slope is not significantly correlated with temperature at the same point, but does account

for 53% of the variance in temperature at the canyon head and 60% of the temperature

difference between the head and open slope.

At this location, the strongest upwelling in the model occurs on 16 July (Fig. 3.9c),

four days earlier than the peak upwelling at Barkley canyon. This event occurs soon after

the onset of strong upwelling-favorable winds (Fig. 3.9d). Like the Barkley canyon event,

cross-isobath flow is evident at the head of the canyon and relatively dense bottom water is

advected to the southeast (Fig. 3.9a). Offshore flow south of the canyon is associated with

relatively warm water at the open slope time series location (Fig. 3.9c). A closed cyclonic

eddy is present at 180 m, but the relative vorticity is smaller than in the Barkley canyon
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eddy described above. Because Quinault canyon is approximately three times wider than

Barkley canyon, the horizontal shear in a rim depth eddy that fills the canyon is weaker for

velocity of the same magnitude.

Two weeks later on 31 July, relaxation from persistent upwelling-favorable wind stress

results in much different conditions near the canyon (Fig. 3.9b,d). Velocity over the shelf is

close to zero and temperature is nearly identical at the open slope and canyon head locations

(Fig. 3.9b,c). Poleward flow, the California Undercurrent, is present over the slope and

follows the bathymetry of Quinault canyon (Figs. 3.9b). The presence of undercurrent does

not necessarily cause the lack of canyon upwelling in this case; shelf flow relaxes at the same

time the undercurrent strengthens.

A broader view of the near-bottom and offshore circulation indicates that the poleward

undercurrent is weak at all latitudes during 16 July but flows continuously over the slope on

31 July (Fig. 3.10). This difference is consistent with observations over the British Columbia

slope (Fig. 3.3b). Currents in Juan de Fuca canyon also vary between the upwelling and

relaxation events. Upcanyon velocity is much stronger during the upwelling event on 16

July, as is the near bottom shelf flow to the south of the canyon.

3.4.2 Source depth

In the previous section, modeled equatorward flow events were shown to be associated with

dense water at the heads of canyons and at nearby shelf locations. In this section, in order

to demonstrate that canyons influence the source depth of upwelled water throughout the

season, trajectories are tracked for passive particles that are upwelled from the slope to

the mid shelf of Washington. Particles were released daily throughout the water column

(40-400 m, every 20 m) during April–September and tracked for 15 d (see Section 3.2.3 for

details). The 15-d time scale is used because it encompasses entire upwelling events and

allows the canyon upwelling process to be fully set up (Klinck, 1996). Particles transported

inshore of the 100-m isobath on the mid shelf are tracked, as opposed to further offshore at

the outer shelf, because these locations have greater potential to reach the euphotic zone

and/or impact hypoxic events. Particle trajectories from model experiments with different
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coastlines and bathymetry (see Section 3.2.2 for details) are also analyzed in order to provide

further evidence for the effects of bathymetry on source depth.

The deepest source depths (200–260 m) for the Washington mid shelf in the “main”

model run are associated with particles that originate near Quinault canyon and the mouth

of Juan de Fuca canyon (Figure 3.11a). Particles with relatively deep source depths (160–

180 m) also originate near Barkley canyon, located further north on the British Columbia

shelf. A histogram of source depths for all the mapped trajectories shows a peak at 140 m,

superimposed on a decrease in the number of particles with depth (Fig. 3.12a). At the end

of the 15-d trajectories, upwelled particles are concentrated near the bottom (Fig. 3.12b).

28% of the upwelled particles are found within 10 m of the bottom, and the number of

upwelled particles decreases with greater heights above the bottom.

Since it is possible that the upwelling through Juan de Fuca canyon could be influenced

by the sharp coastline curvature at Cape Flattery, particles were also tracked for an identical

run with a closed boundary at the entrance to the Strait of Juan de Fuca (Fig. 3.11b).

Locations of deep upwelling (deeper than 150 m, approximately the depth of the shelf

break) are similar to the main case, but no deep particles are upwelled directly adjacent to

Cape Flattery. Also, Barkley canyon is no longer a source of deep upwelled water. Even

though the trajectories of the deepest upwelled water have similar patterns in this case,

the histogram of source depths indicates that the subsurface peak at 140 m is eliminated

(Fig. 3.12a). However canyon upwelling is clearly not shut down, and source depths are

still found to be as deep as 240 m. As with the main run, the greatest number of upwelled

particles over the shelf are found near the bottom after 15 d (Fig. 3.12b). It is important

to note that removing the estuarine outflow from the Strait of Juan de Fuca completely

changes the character of the regional circulation by removing the Vancouver Island coastal

current and the Juan de Fuca eddy (not shown). Differences in source depth occur not only

near Cape Flattery, but also at shelf break canyons due to shifts in the equatorward jet.

This run therefore highlights the importance of modeling the appropriate incident flow over

the canyons at the shelf break.

For comparison to a case without canyons, the model was also run with the same forc-

ing and boundary conditions, but completely modified bathymetry that is uniform in the
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alongshelf direction (Fig. 3.11c). In this case there is a large-scale gradient with deeper

source depths to the south, but no locations where source depths exceed the depth of the

shelf break at ∼150 m (Fig. 3.12a). At the end of the 15-d trajectories, the majority of

particles are located 40–70 m above the bottom and none are found in the bottom 10 m

(Fig. 3.12b).

In the final model run, a canyon with geometry resembling Juan de Fuca canyon is

added to the uniform shelf in order to isolate the effect of this canyon from the other

complex bathymetric features of the region. In this case, source depths deeper than 140 m

are present, and a secondary peak in source depth occurs at 200 m (Fig. 3.12a). Upwelled

particles associated with this enhancement are found near the bottom (Fig. 3.12b). This

long canyon geometry not only provides deep source depths, but also brings particles that

have been upwelled from the slope close to the inner shelf (Fig. 3.11d).

3.4.3 Salt budget

The previous section showed that submarine canyons influence the source depth of upwelled

water, allowing for upwelling of water to mid shelf from below the depth of the shelf break

at ∼150 m. However, the source depths of passive particles cannot be directly related to

seasonal changes in tracers over the shelf. In this section, cross-isobath fluxes of salt are

quantified and shown to be enhanced near canyon topography. Salt budgets for the shelf

are analyzed in order to directly compare cross-isobath fluxes over the slope with integrated

changes in salt content over the shelf.

3.4.3.1 Formulation

Salt budgets are analyzed for two separate volumes on the British Columbia and Washing-

ton shelves (Fig. 3.1a). Each are bounded by a closed coastal boundary, an open offshore

edge defined by an isobath, and northern and southern edges oriented approximately per-

pendicular to the coast. Shelf-slope exchange is defined by fluxes across the 180-m isobath,

which is located over the upper slope and is within 20 m of the rim depths of canyons on

both the British Columbia and Washington shelves. To show how upwelled water reaches
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mid shelf, fluxes across the 120-m isobath are also examined off Washington, where the shelf

bathymetry is relatively simple. Salinity is used as tracer because it is conserved in this

setting and is not affected by atmospheric sources and sinks at the surface.

In the absence of sources or sinks of fresh water, the salt budget for a volume can be

written as

∂

∂t

∫
V
SdV =

∫
A
S(~u · n̂)dA, (3.3)

where V is volume, A is area, ~u is velocity, and n̂ is the unit vector normal to the verti-

cal boundaries. The left hand side of (3.3) represents salt storage, the change in volume

integrated salt with respect to time. The right-hand side represents fluxes of salt into the

volume due to physical transport. The horizontal coordinates of the vertical open bound-

aries do not change, but and the total volume V vary in time due to changes in the free

surface height. The total area A is the sum of the areas of the offshore edge Aoff , northern

edge An, and southern edge As.

The salt budget in this model study is decomposed in a similar manner as the three-

dimensional heat budget in the observational study of Lentz (1987). Salinity on the offshore,

northern and southern edges are decomposed as

Soff = 〈〈Soff 〉〉+ S̃off , (3.4a)

Sn = 〈〈Sn〉〉+ S̃n, (3.4b)

Ss = 〈〈Ss〉〉+ S̃s, (3.4c)

where subscripts denote separate edges of the volume, 〈〈 〉〉 is a time-varying spatial average

over each edge, and ˜ represents a perturbation from the spatial average. Velocity across

each edge is decomposed similarly,

(~u · n̂)off = QoffA
−1
off + ũoff , (3.5a)

(~u · n̂)n = QnA
−1
n + ũn, (3.5b)

(~u · n̂)s = QsA
−1
s + ũs, (3.5c)
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where Q is the time-varying volume transport through the edge into the volume. In this

study, positive Q and ũ are directed into the volume.

The advective flux in (3.3) can be decomposed into the flux due to transport and the

fluxes associated with perturbations of salinity and velocity fields. The transport salt flux

is defined as

FT = Qoff 〈〈Soff 〉〉+Qn〈〈Sn〉〉+Qs〈〈Ss〉〉, (3.6)

Neglecting the changes in volume associated with fluctuations in sea surface and assuming

Qoff = −(Qn +Qs), the transport salt flux can alternatively be expressed as

FT = Qn
(
〈〈Sn〉〉 − 〈〈Soff 〉〉

)
+Qs

(
〈〈Ss〉〉 − 〈〈Soff 〉〉

)
. (3.7)

The transport salt flux accounts for fluxes of salt associated with net volume transport

across each edge. If transports through the northern and southern edges are identical, then

FT represents the advection of a large scale salinity gradient through the volume. Having

removed the net transport and mean salinity at each edge, the fluxes associated with the

spatial perturbations of velocity and salinity are defined as

Foff =

∫
Aoff

ũoff S̃offdA, (3.8a)

Fn =

∫
An

ũnS̃ndA, (3.8b)

Fs =

∫
As

ũsS̃sdA. (3.8c)

The terms Foff , Fn and Fs will be referred to as the offshore, northern and southern salt

fluxes, respectively. The salt budget in (3.3) can then be expressed as

∂

∂t

∫
V
SdV = FT + Foff + Fn + Fs. (3.9)

As noted by Lentz (1987), this kind of decomposition is useful for calculating heat budgets

because the fluxes are not sensitive to the temperature scale used. For this study, it also

conveniently removes the effect of a mean bias in the modeled salinity (Section 3.3), since
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all terms are based on changes in or differences in salinity. Decomposing the budget in this

way is also useful because the cross-isobath exchange associated with canyons is inherently

associated with spatial variability at the offshore edge. Isolating the effects of the net volume

transport in FT , as well as the net perturbation fluxes through northern and southern edges

(Fn+Fs), conveniently separates scales by removing the effects of advection on scales larger

than the control volume in this complex three-dimensional system. Discussion will primarily

focus on the variability and structure of the cross-isobath salt flux at the offshore edge, Foff .

3.4.3.2 Depth distribution of cross-isobath fluxes

To determine where in the water column this cross-isobath flux occurs, spatial variations in

the June–September mean of ũoff S̃off are examined. June–September is chosen for analysis

because winds are predominantly upwelling favorable and upwelling through canyons has

been shown to occur in the model during this period (Figs. 3.7c, 3.9c,d). The mean offshore

salt flux is divided into the flux due to the mean velocity and salinity fields and the eddy

flux due to the correlations of velocity and salinity fluctuations

ũS̃ = ũS̃ + ũ′S̃′, (3.10)

where ¯ denotes the time mean and ′ denotes fluctuations about the time mean.

Vertical profiles are calculated as averages over the offshore isobaths of the two control

volumes (Fig. 3.13). Over the 180-m isobath over the slope, mean profiles of velocity

have a three-layer structure over the continental slopes of both Washington and British

Columbia (Fig. 3.13a). Flow is directed offshore within ∼15–20 m of the surface and

bottom, consistent with a surface Ekman transport associated with equatorward wind stress

and a weaker bottom Ekman layer associated with poleward flow over the upper slope. The

onshore “return flow” that compensates for this offshore transport in the boundary layers

is centered at 140-m depth. Cross-isobath flow is weakest in the 20–100 m depth range.

Positive values of ũoff S̃off occur in the upper 20 m of the water column, where there

is offshore flow of relatively fresh water in the surface Ekman layer, and also at the depths

of the interior return flow at 80–160 m (Fig. 3.13b). The mean onshore flux of relatively
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salty water in this lower layer exceeds the offshore flux in the bottom boundary layer by a

factor of 1.5–2.0, and contributes ∼33–51% as much to Foff as the offshore flux of relatively

fresh water in the surface layer. The eddy flux makes a small contribution to the total flux

near the surface, but is much smaller than the flux associated with the mean fields. The

June–September mean of Foff is dominated by the mean fields of velocity and salinity at

all depths.

To determine the depth distribution of the salt flux further onshore over the shelf,

mean vertical profiles were also calculated over the 120-m isobath off Washington, where

the bathymetry slopes upward towards the coast at all locations (unlike the more complex

bathymetry of the British Columbia shelf). This isobath runs close to Quinault canyon,

but does not bend sharply towards the coast like the 180-m isobath (Fig. 3.1). In contrast

to the slope, the onshore return flow that compensates for the surface Ekman transport at

the 120-m isobath occurs primarily in the bottom boundary layer, along with onshore flux

of salt (Fig. 3.13c,d). There is also a weak interior flow that contributes to a small onshore

salt flux at 70–100 m. After salt and other tracers cross the 180-m isobath in the layer

centered at 140 m over the slope, the onshore bottom boundary layer over the outer shelf

provides a mechanism for retention and further movement towards shore.

3.4.3.3 Locations cross-isobath fluxes in the lower water column

The horizontal distribution of ũoff S̃off at 140 m, the depth of the peak return flow over

the slope, is not uniform (Fig. 3.14). Sites of onshore salt flux include the southern sides

of Quinault and Barkley canyons, which were the focus of Section 3.4.1 due to the presence

of past observations. Onshore flux at this depth occurs exclusively on the southern sides of

canyons and other locations where slope isobaths bend inward toward the coast. Further

onshore over the 120-m isobath off Washington, onshore flux in the bottom boundary layer at

117-m depth is also spatially variable, but is not restricted to the south sides of topographic

depressions. There is a location of offshore recirculation downstream of Quinault canyon,

towards the open slope time series location shown in Figure 3.9. The spatial distribution of

the offshore salt flux shows that upwelling from the slope to the shelf occurs primarily near
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topographic depressions such as canyons, and that the onshore bottom boundary layer over

the shelf is important for transporting tracers that have been upwelled through canyons

further onshore.

3.4.3.4 Time-varying budget

The spatial distribution of ũoff S̃off indicates large positive values near the surface due to

offshore flux of relatively fresh water, with smaller values in the lower part of the water

column that are associated with topographic variability. To demonstrate the importance of

the deeper onshore salt flux in the lower part of the water column, the offshore flux Foff is

separated into the lower and upper halves of the water column, and compared with changes

in salt over over the shelf. The cumulative changes in salt, averaged over the shelves during

June–September, are ∼0.3–0.4 psu for the Washington and British Columbia shelves (Fig.

3.15a,b). The cumulative offshore flux in the lower half of the water column contributes the

same amount over the Washington shelf, and slightly less over the British Columbia shelf

due to a downturn during September.

Compared with the offshore flux in the lower water column, the time rate of change in

salt (the storage term) is associated with higher-frequency variability at the time scales of

wind events (Fig. 3.15c,d). Much of this higher frequency variability is associated with

fluctuations in Foff closer to the surface (Fig. 3.15e,f). A large positive component of Foff

in the upper half of the water column, also shown in the vertical profiles (Fig. 3.13), increases

throughout the upwelling season until October off the Washington shelf (Fig. 3.15e). This

trend throughout the summer is balanced by a loss of salt, which associated with the sum

of the transport flux and the flux through the northern and southern edges (FT +Fn +Fs).

These terms are associated with alongshore variability in salinity and velocity, and this

balance is therefore associated with the three dimensional structure of coastal upwelling in

this region. On the Washington shelf, the upwelling front is typically broader and more

dense to the south (Figs. 3.1b, 3.6c,d). As relatively fresh water is advected offshore in

the surface boundary layer, contributing to positive Foff near the surface, salty water is

brought closer to the surface where there is strong equatorward flow and advected away from
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the shelf to the south, contributing to loss of salt. Off British Columbia, a similar pattern

of increasing Foff at the surface is present until early September (Fig. 3.15f). Qualitative

changes in all terms of the budget during September may be related to the lateral expansion

of the Juan de Fuca eddy, which is not a focus of this study.

The time series show that the large positive component of Foff near the surface over

the slope is largely balanced by fluxes associated with alongshore variability at the seasonal

time scale. The cross-isobath flux in the lower part of the water column, whose spatial

variability is strongly linked to the canyon topography, contributes enough salt to account

for the seasonal increase through most of the summer upwelling season.

3.4.4 Cross-shelf momentum balance

The salt budgets in the previous section showed that fluxes over the slope, and in particular

through submarine canyons, are important for quantifying seasonal changes in tracers over

the shelf during the upwelling season. Onshore fluxes occur above the bottom boundary

layer, in the lower part of the water column on the downstream sides of canyons. In this

section, spatial and temporal variability in the cross-shelf momentum balance is examined

to demonstrate where and why geostrophic balance breaks down in the alongshore flow,

producing a net force across isobaths. The equation governing conservation of cross-shelf

momentum, u, is

∂u

∂t︸︷︷︸
ACCEL

= −∇ · (~uu)︸ ︷︷ ︸
ADV

− 1

ρ0

∂p

∂x
+ fv︸ ︷︷ ︸

AGEO

+
∂

∂z

(
KM

∂u

∂z

)
︸ ︷︷ ︸

VVISC

, (3.11)

where p is pressure and KM is the eddy viscosity. The ACCEL term represents unsteady ac-

celeration at a fixed point, ADV represents momentum advection, AGEO is the ageostrophic

term obtained by summing the pressure gradient and Coriolis forces, and VVISC is the vis-

cous force associated with vertical mixing of momentum. For an alongshore current in

geostrophic balance, all of these terms are equal to zero. To investigate where and how

geostrophic balance breaks down over the slope, allowing for significant cross-isobath tracer

flux to occur, the spatial distribution of the mean terms in (3.11) are analyzed for the period

June–September.
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Average vertical profiles during this time were calculated for the 180-m isobath over the

slopes of British Columbia and Washington (Fig. 3.16a,b). The profiles are averaged over

the same segments used to calculate average cross-isobath velocity profiles and salt fluxes

in previous section, with the cross-isobath direction defined as component normal to the

isobath. Acceleration is small when averaged over the long four-month time period of June–

September, resulting in a steady balance. The largest magnitudes of terms in (3.11) are

found in the surface boundary layer, where the ageostrophic term is balanced by the viscous

term. These two terms also balance near the bottom, though with smaller magnitudes. All

terms are small at depths of 20–120 m, indicating the presence of geostrophic balance

in a large portion of the upper interior water column. At 120–170 m, the ageostrophic

term is positive and balanced by the advection term. The ageostrophic force indicates

a net unbalanced pressure-gradient force towards shore, which is associated with steady

acceleration of fluid parcels in the onshore direction. The ageostophic force and momentum

advection occur in the same part of the water column as onshore salt flux (Fig. 3.13b).

Since the cross-isobath salt fluxes are not evenly distributed over the slope are enhanced

near canyons (Fig. 3.14), it is also important to also consider horizontal variations in the

cross-shelf momentum balance. At at 180 m near Barkley and Quinault canyons, close to

the rim depths of both canyons, the ageostrophic term is highly variable in space (Fig.

3.16c,d). This term is positive where the isobaths curve towards shore at the upstream (in

terms of the equatorward shelf flow) sides of the canyons, as well as other locations where

the bathymetry extends out towards the open ocean. The ageostrophic force is negative at

the heads of both canyons. Note that the ageostrophic term is primarily balanced by the

advection term in these maps, and the viscous term is confined to a narrow region that does

not extend more than one grid point offshore (not shown). This spatial pattern indicates

that positive mean ageostrophic forces (i.e. unbalanced pressure gradients in the onshore

direction) are not co-located with the largest onshore fluxes, but are located at the upstream

sides of the canyons.

To investigate whether variability in the magnitude and structure of the ageostrophic

term can be linked to the velocity and temperature fluctuations near canyons shown in

Section 3.4.1, empirical orthogonal functions (EOFs) are analyzed at 180 m near Barkley
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canyon. The spatial structure of the first mode is characterized by strongest variability at

the head of the canyon, near the upstream side (Fig. 3.17a). A zero crossing is aligned

perpendicular to the canyon axis. The structure and amplitude of the first mode shows that

it is associated with three major events (Fig. 3.17c). As shown earlier in Fig. 3.7c, these

same events are associated with poleward flow within the canyon near the head, indicative of

a closed eddy. The highest amplitude of this first mode occurs on July 23, concurrent with

high values of vorticity following the peak of the strongest upwelling event of the summer

at Barkley canyon (Fig. 3.8c). The structure of the EOF indicates that ageostrophic forces

are directed inward towards the center of the eddy during these events. Dense water near

the canyon head following upwelling contributes to an offshore-directed ageostrophic force

there.

The second EOF mode is characterized by strongest variability on the upstream side of

the canyon (Fig. 3.17b). This second mode is associated with onshore ageostrophic force

throughout the canyon (except for the very tip of the head) during periods preceding the

mode-1 peaks (Fig. 3.17b,c). These events coincide with the appearance of southward flow

above the canyon and cold water near the canyon head (Fig. 3.8c), for example on 20

July. The amplitude reverses throughout August, indicating the tendency for an offshore

ageostrophic force during this period when there is weak equatorward flow over the outer

shelf (Fig. 3.8c) and a strong poleward California Undercurrent (Fig. 3.3b).

3.5 Summary and Discussion

In this study, a regional numerical model is used to estimate the impact of submarine canyons

on seasonal upwelling in the subsurface water column over the continental shelf. Seasonal

changes in the density of shelf bottom water in the model are consistent with moored and

hydrographic observations. Correlations between equatorward flow over the outer shelf and

cold water near the canyon heads, consistent with past observational studies, indicate that

the model includes the dynamics of upwelling in shelf break canyons. The small-scale canyon

dynamics are related to the regional-scale upwelling process by examining the source depth

of passive upwelled particles and analyzing of the contribution of cross-isobath fluxes to the

salt budget over shelf. Key results are summarized below:
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• Submarine canyons are associated with enhanced upwelling of tracers and particles

from the slope to the shelf. In contrast to other slope locations, canyons allow for

upwelling from source depths greater than 150 m over the slope to the near-bottom

water over mid shelf.

• Enhanced onshore flux over the slope occurs in the lower part of the interior water

column on the downstream side of canyons and topographic depressions. This flux

is an important contributor to seasonal changes in volume-averaged salinity over the

shelf.

• Mean cross shelf momentum balances indicate a net balance between an onshore

ageostrophic force and momentum advection over the slope. In Barkley canyon, the

onshore ageostrophic force on the upstream side is enhanced during southward flow.

Offshore ageostrophic forces near the canyon head are enhanced when closed eddies

are present in the periods following upwelling.

Submarine canyons allow for direct upwelling from the slope to the near-bottom water

at mid shelf. Source depths for mid-shelf water in the main model run occur as deep as 260

m, but show a pronounced peak in frequency at 140 m (Fig. 3.12a). The vertical structure

of the cross-isobath salt flux also shows a subsurface maximum at 140 m (Fig. 3.13a,b).

The Lagrangian and Eulerian methods both suggest that water continues further onshore in

the bottom boundary layer. Particles are concentrated near the bottom after 15 days (Fig.

3.12a), where onshore flow is located in the bottom boundary layer (Fig. 3.13c,d). The time

scale for particles to reach the inner shelf is longer than 15 days, and it is likely that much

of the upwelled water is advected further south. In a Lagrangian study of upwelling during

the same year off Oregon, Rivas and Samelson (2011) found that few particles were upwelled

from the slope to the inner shelf over the course of 6-month trajectories. Many originated

at the north boundary, and canyon upwelling off Washington and British Columbia likely

influences the properties of this water.

The modeled salt budgets indicate that the increase in salt over the shelf throughout

the upwelling season is associated with mean advection of the mean salinity field (Section
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3.4.3.3). This suggests that the dynamics inferred from model studies with steady forcing

(Klinck, 1996; She and Klinck, 2000; Allen and Hickey, 2010), can be extended to regions

with high variability such as the northern CCS, where wind fluctuations at periods of 5–10

days are common during the summer upwelling season. The lack of a strong eddy flux

contribution is consistent with the study of Kämpf (2009), who modeled the response to a

superposition of oscillatory and mean ambient flow, and found the net upwelling associated

with the oscillatory component to be small when averaged over several cycles.

Spatial patterns in the mean cross-shelf momentum balance (Section 3.4.4) can be un-

derstood in terms of an equatorward shelf jet encountering the canyon bathymetry. The

northern (upstream) side is where positive relative vorticity is generated. As fluid columns

stretch in order to conserve potential vorticity, momentum is transfered from the equator-

ward jet to the onshore upwelling stream through advection, and the associated reduction

of equatorward v at canyon depths leads to an unbalanced onshore pressure-gradient force

at the same location. The focused steady acceleration of fluid parcels towards shore at

the upstream side of the canyon highlights the importance of realistic bathymetry at this

location. Scaling analysis of canyon upwelling has suggested that the upstream radius of

curvature is a crucial parameter in determining flow separation and total upwelling flux

(Allen and Hickey, 2010).

The negative ageostrophic force at the heads of the canyons is explained using simi-

lar reasoning. Upwelling of dense water at the canyon head can reduce, or even reverse,

the onshore component of the pressure-gradient force associated with the equatorward jet.

At the same time, the onshore upwelling flow encounters shallower water and turns anti-

cyclonically to follow isobaths, transferring momentum from the upwelling stream back into

the equatorward shelf jet. Even though the signs of the terms in the cross-shelf momen-

tum balance are highly variable along the slope, vertical profiles averaged along the 180-m

isobath show that the net forcing is directed onshore (Fig. 3.16c,d). A reversal in the

direction of the ageostrophic force to offshore at the heads of canyons is consistent with the

dynamical balance shown in the modeling study of She and Klinck (2000). In contrast to

earlier studies (e.g. Klinck, 1996), the model of She and Klinck (2000) included a rim-depth

eddy and emphasized the importance of momentum advection, which are also features of
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the modeled dynamics presented here.

In addition to the shelf break canyons whose dynamics are well-studied, the present study

highlights the regional importance of Juan de Fuca canyon, a long canyon that cuts through

the shelf and extends into a large estuary. Upcanyon flow was modeled during upwelling

and relaxation events (Fig. 3.10). This is consistent with the winter and fall observations of

Cannon (1972), which showed persistent up-canyon flow interrupted by reversals only during

storm events. During relaxation, the Juan de Fuca eddy is more retentive, and poleward flow

near Cape Flattery is associated with an offshore cross-shelf pressure gradient force, which

decelerates the upcanyon transport of fluid parcels. Tidally rectified vertical velocities may

be important near Cape Flattery, as suggested by Foreman et al. (2008), but upwelling is

present in the experiment without Cape Flattery and also using simplified shelf topography

with a long canyon (Fig. 3.11b,d). This experiment indicates a relatively deep source depth

of ∼200 m for the geometry of Juan de Fuca canyon. Particles upwell close to the inner shelf,

much closer to shore than particles that upwell through the shelf break canyons. Theoretical

and laboratory studies of long canyons suggest the convergence of isobaths in long canyons

allows for significant upwelling during weak, steady flow and should therefore be especially

important at the seasonal time scales considered here (Allen, 2000; Waterhouse et al., 2009).

Dynamical understanding of these types of canyons may would be improved by numerical

studies of parameters such as length, width and stratification, which are beyond the scope

of this study.

One dynamical aspect of upwelling in shelf break canyons that is not currently well un-

derstood is the influence of a poleward undercurrent. Because the pressure-gradient force

associated with geostrophic poleward flow is directed offshore, it is sometimes assumed that

the development of the California Undercurrent shuts down canyon upwelling in the north-

ern CCS after June (Hickey and Banas, 2008). The model in this study has an undercur-

rent that develops after June, consistent with observations over the British Columbia slope

(Fig. 3.3b). However, there is significant temporal variability in the undercurrent, and the

strongest modeled canyon upwelling events occur during mid-July when the undercurrent is

relaxed. Time series of modeled temperature from Barkley and Quinault canyons also indi-

cate that upwelling occurs during September (Figs. 3.7c, 3.9c). The vertical displacement
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of isotherms is consistently related to the incident flow over the outer shelf throughout the

summer. Since event-scale variability over the slope is largely driven by the same first-mode

coastal trapped waves that affect the outer shelf, whether locally or remotely generated

(Chapter 2), the undercurrent is often weak when shelf flow is equatorward. Therefore,

the presence of event-scale variability means that canyon-enhanced upwelling of slope water

from below the shelf break to the mid shelf does occur during late summer, the time of year

when the undercurrent is usually present.
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Table 3.1: Model-observation statistics for mooring time series of alongshore velocity (v) and
density (σt). Correlations of detrended time series (CCDT ) significant at 95% confidence are
shown in bold. Values of Willmot skill (WS) higher than that of NCOM-CCS (WSNCOM )
are shown in bold. Root-mean-squared error (RMSE), mean bias (MB), standard deviation
error (SDE) and correlation coefficient error (CCE) are expressed in units of m s−1 for v,
and units of kg m−3 for σt.

site variable depth CCDT WS WSNCOM RMSE MB SDE CCE

E2 v avg. 0.78 0.83 0.82 0.10 -0.05 -0.04 0.08

RN v avg. 0.52 0.69 0.81 0.08 -0.02 -0.02 0.07

E3 v avg. 0.46 0.72 0.60 0.06 -0.01 -0.01 0.06

A1 v 35 m 0.24 0.72 0.36 0.11 -0.02 0.00 0.10

A1 v 300 m 0.25 0.63 0.82 0.05 -0.00 0.01 0.05

E2 σt 39 m 0.85 0.95 0.94 0.23 0.03 -0.10 0.21

E3 σt 120 m 0.00 0.49 0.45 0.25 -0.24 -0.04 0.08
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Figure 3.1: a) Model domain and bathymetry. Canyons that are the focus of this study
and locations of mooring observations are labeled. Dashed lines delineate the subset of the
domain used for analysis. Cyan contours outline volumes used for salt budgets in Section
3.4.3. b) Modeled density and velocity at 30-m depth on 16 July 2005. Arrows are shown
for every sixth grid point.
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Figure 3.2: Modeled and observed depth-averaged velocity time series (a,c,e) and mean
velocity profiles (b,d,f) at three mooring locations over the shelf. Note the difference in
scale between the time series.
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