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That life and its environment have co-evolved through Earth’s history, and in doing
so have maintained the conditions required for planetary habitability, is one of the great
discoveries in the natural sciences during 20" century. This dissertation joins a large body
of work that has arisen since this discovery permeated the Earth sciences; the goal of the
work now is not only to better understand the processes that enabled Earth to reach its
present state, but also to use the Earth through time as an analog for better understanding
the diversity of exoplanets that are rapidly being discovered around nearby stars. Specifcally,
the work described here aims to place novel constraints on various aspects of Earth’s evolution
as a habitable planet. In Part I, the oxygenation history of Earth’s surface is probed using
a relatively new proxy - selenium geochemistry. These data reveal substantial atmospheric
and marine oxygen accumulation during the Great Oxidation Event, and also implicate a
close relationship between oxygenation and the cycling of major nutrients. Building off these
findings, Part IT aims to elucidate the response of the major nutrient cycles (nitrogen and
phosphorus) to the oxygenation of Earth’s surface environment. These chapters demonstrate
that major shifts occurred in both the nitrogen and phosphorus cycles across the Great

Oxidation Event, with implications for the early evolution of eukaryotes. In Part III, various



new tools and approaches for studying ancient life and environments are explored. This
includes a review of C/N ratios in marine sediments and their possible relationship to oxygen
availability, as well as a novel application of nitrogen isotope ratios to deduce nitrogen fixation
in fossil plants. In total, the projects contained in this dissertation provide various pieces
of information that deepen our understanding of Earth’s evolution as a habitable planet.
Ultimately these findings may serve to guide our interpretation of exoplanetary atmospheric
compositions (and their biospheric implications), or even to help us grasp the magnitude
of forthcoming environmental change as humans continue to act as a forceful environment-

modifying agent.
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time. Consistently positive 3'°N values in Paleoproterozoic shales imply that oxic
conditions were prevalent in surface waters for hundreds of millions of years after
the onset of the Great Oxidation Event. Published data and references can be found
in Appendix C. . . . . . . L.

Modeled bulk-rock sedimentary 8'°N values under closed (left) and open
(right) system dynamics, as a function of anoxia-to-suboxia extent (pan-sub)
in the upper ocean. Anoxia-to-suboxia is defined here as seawater with <4.5 nM
of dissolved O (see Appendix C for discussion), where pgy,_sup = 100 corresponds to
a globally anoxic ocean, and the modern ocean has a pg;,_syup value of ~0.3. The mode
in the 8'°N values of modern marine sediments is shown with a dark-blue bar (Tesdal
et al., 2013); the lighter-blue bar corresponds to the 1o range. Red-shaded region
shows uncertainty interval derived from the range of isotopic fractionations associ-
ated with biological No-fixation. Black dashed lines show cumulative uncertainty
interval including upper and lower limits on net isotopic effect of water column
denitrification. Grey band denotes isotopic range of nitrogen fixation-dominated
€COSYSEEINS. . . . . . Lo

Archean and Paleoproterozoic nitrogen isotope record and constraints
on early eukaryotic evolution. Points are mean 8'°N values for individual
formations with 1o error bars. Black line is LOWESS curve, with 1o confidence
interval shown in red shaded region. LOWESS calculations utilized a d value of 1
(local fits via linear regression) and an f value of 0.3 in order to investigate long-
term (~10% yr) trends. References for evolutionary events are discussed in Section
D.0.4. L e e s

Secular trends in (a) atmospheric oxygen, (b) 8'°N, (c¢) Corg/Ntot, and
(d) (C/N)kerogen in marine sedimentary rocks. Oxygen curve adapted from
(Lyons et al., 2014); PAL = present atmospheric level. Data points represent per-
unit averages (error bars = 15) for all units in the database. The 5!°N record roughly
tracks the oxygenation of Earth’s atmosphere and ocean. However, it is unclear
to what degree Corg/Niot and (C/N)kerogen record environmental or metamorphic
signatures. . . . . . . oL L Lo e e e e
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sedimentary rocks analyzed in this study and compiled from the litera-
ture, and (b) the studies of Ward et al. (2005) and Boudou et al. (2008).
Dashed lines mark transitions between metamorphic facies (cf. Hayes et al., 1983),
with prehnite-pumpellyite facies starting at H/C = 0.63, greenschist facies at 0.2,
and amphibolite facies at 0.1. Note that the Ward et al. (2005) and Boudou et al.
(2008) studies primarily focused on Type III kerogen (i.e., terrestrial organic mat-
ter) and measured vitrinite reflectance (Rpax), which has been translated to H/C
ratios following Burnham and Sweeney (1989). A sharp increase in (C/N)kerogen
ratios is seen at H/C values <0.35 (red shaded band) in the left plot, or around
~0.4 in the right plot. This transition falls within prehnite-pumpellyite facies meta-
morphism, and may correspond to the end of dry gas preservation and the onset of
dry gas destruction (discussed in Section 6.5.3). . . . . . ... ... ...

Vertical separation in Cqrg/Niot versus TOC space of modern and ancient
oxygen-deficient settings. All trendlines denote logarithmic regression. In silici-
clastic sediments that are well-described by the mixing model, spatial separation in
Corg/Niot versus TOC space corresponds to differences in (C/N)kerogen, With minor
contributions from differences in TNgjjjcate- Thus, units showing steeper curves in
this plot may have undergone a greater degree of anaerobic remineralization during
deposition and early diagenesis. . . . . . . . .. .. oL

Stoichiometric model calculation of increasing (C/N)yerogen ratios due
to preferential degradation of nitrogen-rich biomass. As anaerobic rem-
ineralization preferentially oxidizes amino acids and nucleic acids relative to lipids,
substantial increases in the (C/N)kerogen ratio of residual biomass (i.e., (C/N)residual)
can be obtained at high degrees of completeness (dark grey band). Lesser degrees
of anaerobic remineralization may have a smaller effect, such as in modern oxygen-
deficient settings (light blue band). A detailed description of calculations can be
found in Appendix D. . . . . . . . .

Three-component mixing model for 31°N, 813Corg, Corg/Nitot, and TN
versus TOC in the New Albany Shale. By including a trace amount of detrital
organic carbon, and ascribing isotopic compositions to the end-members, the trends
in all above parameters can be closely reproduced by the mixing model. A detailed
description of the calculations can be found in Appendix D. . . . . . . . . . . ..

Chemostratigraphy of the New Albany Shale. The grey shaded region rep-
resents values calculated as a function of TOC using the mixing model described
in Section 6.5.2. The strong anti-correlation of 3N and 813C0rg with Corg/Niot
are thus shown to potentially arise from mixing of two components with different
isotopic compositions. . . . . . . .. L Lo L e e e e e e
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6.13 Comparison of 3'3Cgyre and TOC with RockEval parameters. HI = hydro-

7.1

7.2

7.3

7.4

gen index, OI = oxygen index. The occurrence of more positive 5'3Cqyy and lower
TOC in samples with low HI and high OI values is consistent with either dominance
of terrestrial material in samples with low TOC or extensive oxidative degradation
of organic matter during deposition of the low-TOC horizons. Data are from Ingall
et al., (1993) and Calvert et al., (1996). . . . . . . . . . .. .. ... ... ...

Intra-plant variability in 3°N, 8!3C and C/N ratios. Relative to leaves,
stems are slightly isotopically depleted in carbon and nitrogen and have higher
C/N ratios. However, all point-samples on the frond have 8'°N values within the
range observed during Ny fixation by isolated cyanobionts, suggesting minor isotopic
fractionation during transport of nitrogen within the plant. . . . . . . . . . . ..

Trends in (a) 3'°N, (b) 813C, (¢) C/N and (d) TN along a transect of
a single leaf. Leaf sampling transect is pictured on the bottom right of the frond
in Fig. 7.1. Fitted curves denote logarithmic regression. Dotted lines denote the
leaf-averaged value for the parameter being plotted; grey shaded region denotes
loconfidence interval. The higher nitrogen content and isotopic depletion away
from stems may reflect an increasing proportion of protein relative to structural
material. . . . .o oL L

Relationship between 3°N and C/N ratios in modern cycad leaves. Note
log scale on x-axis. Includes samples from New South Wales and Western Australia
from this study. Young leaves show no significant correlation between log(C/N) and
31PN values (p > 0.1). Old and dead leaves show weak, negative correlations (p <
10%; p < 0.01). The grey band marks the typical range of 3'°N values generated
via No-fixation in free-living cyanobacteria (Zhang et al., 2014). . . . . . . . . ..

Density distribution of 85N values in cycads and non-cycads from (a)
New South Wales and (b) Queensland sampling sites, and (c¢) from Thai-
land (Yoneyama et al., 1993). Grey shaded regions denote the typical range
of 3'°N values generated via Ny fixation in free-living cyanobacteria (Zhang et al.,
2014). Dotted line denotes atmospheric 3'°N value. Circles mark mean 3'°N values
+10. Cycad foliage in all three settings has 8'°N values consistent with reliance on
N fixation. The similarity in mean 8'°N values between cycads and non-Na-fixing
reference plants in the Australian sites highlights a potential difficulty in unam-
biguously inferring Ns fixation in ancient cycads; however, the larger variance in
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non-Ny-fixers is perhaps suggestive of assimilation of isotopically variable soil nitrogen.237
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Modeled evolution of pNs over the last 500 Myrs. PAN = present atmo-
spheric nitrogen, which is 0.79 bar. The model output of Johnson and Goldblatt
(2018) has been increased by 0.02 PAN so that all models finish at exactly 1 PAN.
Blue dotted line denotes base model of Stiieken et al. (2016b); red dotted line de-
notes model including variable mantle outgassing. Models disagree on whether pNo
has increased, decreased, or remained constant over the Phanerozoic. Reconstruct-
ing the isotopic composition of N over the last ~300 Myrs with fossilized cycad
foliage could perhaps constrain the magnitude of changes during that interval.

35N values in modern cycads and fossilized cycad leaves over the last
~300 Myrs. Grey band denotes range of values observed in modern cycad leaves.
Red band denotes proposed timing of recent cycad speciation. . . . . . . . . . ..

31°N, 813C and C/N data from cycad and non-cycad foliage in (A) the
end-Triassic Kap Stewart Fm., (B-C) the late Cretaceous Comox Fm.,
and (D) the Eocene Chuckanut Fm. Grey bands denote range of values ob-
served in modern cycad for each parameter. The disparity in 5!°N values between
cycad and non-cycad foliage in the Chuckaunt Fm. is best explained by significant
No-fixing symbiosis in the cycads at that time. . . . . . . . . . .. ... ... ..

Core profile of Wewe slate. Solid points represent averages of multiple measure-
ments on a single sample; crosses are samples that had insufficient Se for isotopic
analysis. Error bars in Se, Se/TOC and TOC plots are omitted because they are
smaller than points. No trend is seen in either 5%2/78Se or TSe, suggesting that no
secular change in redox or depositional environment caused the spread of values.
Rather, a depositional environment that straddled a chemocline with fluctuating
depth could have experienced both non-quantitative and quantitative Se oxyanion
reduction, causing the occurrence of very negative and very positive 5%2/78Se values
in <100 m of core. See text for discussion. . . . . . . . . .. ... L.

Three-isotope diagrams of 3%2/76Se vs. 582/78Se (left) and 5%2/77Se vs.
582/788e (right). Error bars are 1o; trend lines are plotted for mass-dependent
fractionation (MDF). All samples display mass-dependent fractionation, with any
deviations from the MDF lines likely deriving from residual interferences (see Stiicken
et al., 2013 for discussion of method and corrections for isobaric interferences). . .
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Estimated annual fluxes of C, N and P and O3 consumption as a function
of depth. Modified after Figure 6 in Martin et al. (1987). C and N curves were
derived from normalized power functions used to fit data obtained in Martin et al.
(1987). P curve was generated by stoichiometrically converting the C curve based
on published estimate of preferential release coefficient (Sarmiento et al., 1988).
02 curve was generated assuming 1:1 O2:C net stoichiometry of aerobic respiration

(Canfield et al., 1993). . . . . . . . .. L

Box model schematic. (A) shows Os-only model, from (Sarmiento et al., 1988);
(B) shows modified Precambrian model including anaerobic oxidation pathways.

Phosphorus concentrations (top) and organic carbon:phosphorus ratios
(bottom) in marginal marine siliciclastic sedimentary rocks (Reinhard et
al., 2016). Black bars in top panel show average values within age bins (pre-GOE,
>2.45 Ga; GOE, 2.45-2.06 Ga; post-GOE, 2.06-1.4 Ga; late Proterozoic, 1.4-0.72
Ga; modern, <0.72 Ga). Grey shaded regions mark the “oxygen overshoot”, where
our model predicts higher marine P levels. Dotted line in bottom panel shows
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“The question of all questions for humanity, the problem which lies behind all
others and is more interesting than any of them is that of the determination of

man’s place in Nature and his relation to the Cosmos.”

T.H. HUXLEY
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INTRODUCTION

In spite of increasing solar luminosity, bombardment by asteroids, and ecologically-
devastating biological innovations, the Earth has remained not only a habitable planet, but
an inhabited one, for well over 3 billion years. This fact is a testament to the resilience of
biogeochemical feedbacks that actively maintain clement conditions on our planet’s surface,

buffering it against dramatic swings that might extinguish life as we know it.

A great deal of work has focused on reconstructing the narrative of Earth’s long history
as a living planet, and the storylines are always riveting as they tell us the tale of how we
came to exist in this place and time on this particular piece of cosmic debris. However, the
societal role of this work is currently shifting from that of reconstructing “origins stories” to
a precise cataloguing of past planetary states (atmospheric, biological, geophysical, etc.) for
one reason in particular: our species is within a few decades of measuring the atmospheric
composition of reams of planets orbiting nearby stars. This could potentially acquaint us
with many Earth-like worlds, but the question remains - would we recognize the younger

Earth if we saw it?

This thesis is part of a larger body of research that is attempting to prepare us for that
endeavor, so that we can reliably say that we would indeed recognize the different faces of
our same inhabited planet at different points in its history. Specifically, the work in this
thesis aims to more precisely reconcile our empirical records of environmental evolution with
our current understanding of the timetable of biological evolution. This will allow us to say,
for instance, that in Earth’s past an abundance of atmospheric oxygen (a critical metabolic
substrate for animals) was or was not always seen in conjunction with animal life. These
types of constraints from our planet’s own history will prove critical for robustly drawing

biological inferences from exoplanetary atmospheric compositions. As large of a leap as that



may seem (from atmospheric composition to biological characterization), it is likely to be
our only way to scientifically address the biotic activity (or lack thereof) of exoplanets in the
near future. It therefore behooves us to be prepared for such interpretations.

In addition to working on questions that directly feed into that framework, some of the
work included here involves expanding our geochemical toolkit for future studies of ancient
Earth environments. In sum, the goal of the work is (a) to better understand the intricacies
of the co-evolution of life and its environment across Earth’s long history, and (b) improve
our technical capabilities to advance that understanding.

In Part T of this thesis, selenium (Se) geochemistry is used as a proxy for changes in
oxygen availability in seawater in deep time. As Se is prone to reductive immobilization
at relatively high redox potentials, the movement of Se in the environment implies oxygen
levels that are likely amenable to eukaryotes, or even simple animals. Chapter 1 specifically
uses this proxy to determine whether the shallow ocean was sufficiently oxygenated during
the Great Oxidation Event (~2.4 billion years ago, Ga) to support eukaryotic life. The
data revealed that the shallow ocean was indeed hospitable to such organisms, despite their
absence in the coeval fossil record, raising a mystery about their delayed emergence. Chapter
2 involves a more detailed stratigraphic utilization of the Se proxy in post-GOE shales from
Russia, and the data reveal details of the relationship between redox conditions and nutrient
cycling at that juncture in Earth’s history. Chapter 3 dives into some of the weeds of the
Se proxy and examines the role of basinal restriction in altering the enrichment and isotopic
fractionation of Se in marine sediments.

In Part II, the focus is shifted from oxygen as a throttle on the biosphere to major nu-
trients: nitrogen (N) and phosphorus (P). Chapter 4 presents a new model for P limitation
in the Precambrian ocean, which generates testable predictions and also implies new rela-
tionships between net primary productivity, oxidant availability and oxygen production in
the prelude to the GOE. Chapter 5 presents new N isotope data from shales deposited dur-
ing and after the GOE; the data reveal that surface waters were well-oxygenated and the

nitrate was likely bioavailable for eukaryotic organisms at this time - further complicating



the mystery of eukaryotes’ delayed appearance in the fossil record.

In Part III, geochemical proxies are developed and applied in novel ways, highlighting
some of the directions that future work can take. Chapter 6 wrestles with the meaning of
C/N ratios in ancient marine sedimentary rocks, and posits that there is some redox-sensitive
information encoded in the C/N ratio of ancient organic matter preserved on geological
timescales. Chapters 7 and 8 use the N isotope proxy in a somewhat novel fashion. In
Chapter 7, N isotopes are measured in a range of cycads - ancient gymnosperms that feature
N-fixing symbioses with cyanobacteria in all extant species. The data reveal that N isotopes
consistently track the influence of this N-fixing symbiosis across variable environments. In
Chapter 8, the N isotopic composition of fossilized cycads is used to track the presence or
absence of N-fixing symbiosis going back ~200 Myrs in the fossil record. The data reveal
that the symbiosis was likely active by ~50 Myrs ago, but perhaps not earlier.

In sum, this work contributes various tidbits to our larger understanding of how environ-
mental conditions have permitted or resulted from biological innovations on the timescale
of planetary evolution. Future work along each of these avenues (and in close collaboration
with astronomers and planetary scientists) will hopefully bring us closer to the point where
the characterization of another planet’s atmospheric gases will be readily related to a plau-
sible biospheric configuration. Such an undertaking is one of the grandest tasks faced by
humanity this century, and has the potential to answer, in a way never conceivable before,

the question of our “place in Nature and relation to the Cosmos.”



Chapter 1

SELENIUM ISOTOPES RECORD EXTENSIVE MARINE
SUBOXIA DURING THE GREAT OXIDATION EVENT

This manuscript is published as:
Kipp MA, Stiieken EE, Bekker A, Buick R. (2017). Proceedings of the National Academy of
Sciences. 114(5): 875-880. https://doi.org/10.1073 /pnas.1615867114

1.1 Abstract

It has been proposed that an “oxygen overshoot” occurred during the early Paleoprotero-
zoic Great Oxidation Event (GOE) in association with the extreme positive carbon isotopic
excursion known as the Lomagundi Event. Moreover, it has also been suggested that en-
vironmental oxygen levels then crashed to very low levels during the subsequent extremely
negative Shunga-Francevillian carbon isotopic anomaly. These redox fluctuations could have
profoundly influenced the course of eukaryotic evolution, as eukaryotes have several metabolic
processes that are obligately aerobic. Here we investigate the magnitude of these proposed
oxygen perturbations using selenium (Se) geochemistry, which is sensitive to redox tran-
sitions across suboxic conditions. We find that 8%%/78Se values in offshore shales show a
positive excursion from 2.32 Ga until 2.1 Ga (mean +1.03 £ 0.67%0). Selenium abundances
and Se/TOC ratios similarly show a peak during this interval. Together these data suggest
that during the GOE there was pervasive suboxia in near-shore environments, allowing non-
quantitative Se reduction to drive the residual Se oxyanions isotopically heavy. This implies
Oy levels of >0.4 pM in these settings. Unlike in the late Neoproterozoic and Phanerozoic
when negative 3%%/78Se values are observed in offshore environments, only a single formation,

evidently the shallowest, shows evidence of negative 5%%/7®Se. This suggests that there was


https://doi.org/10.1073/pnas.1615867114

no upwelling of Se oxyanions from an oxic deep-ocean reservoir, which is consistent with
previous estimates that the deep ocean remained anoxic throughout the GOE. The abrupt
decline in 5%2/78Se and Se/TOC values during the subsequent Shunga-Francevillian anomaly

indicates a widespread decrease in surface oxygenation.
1.2 Introduction

The accumulation of molecular oxygen in Earth’s atmosphere and ocean fundamentally re-
structured biogeochemical pathways, and ultimately allowed the evolution of aerobically-
respiring eukaryotic life. Determining the tempo of the rise of oxygen to modern levels has
thus been the focus of decades of research (Holland, 1984; Lyons et al., 2014). The begin-
ning of the Paleoproterozoic Era (2.5-1.6 Ga) is of particular interest, since it was the first
time in Earth’s history when oxygen-rich conditions prevailed in surface environments for a
prolonged interval (Bekker and Holland, 2012).

The first permanent step in the oxygenation of Earth’s surface, the Great Oxidation
Event (GOE), was originally identified by the disappearance of redox-sensitive detrital min-
erals (Schidlowski and Trurnit, 1966; Rasmussen and Buick, 1999) and the appearance of red
beds (Cloud, 1968) around the Archean-Proterozoic boundary. More recently, the record of
mass-independent fractionation of sulfur isotopes (MIF-S) in sedimentary sulfates and sul-
fides (Farquhar et al., 2000) revealed that atmospheric O, increased from negligible amounts
to >107 times present atmospheric levels (Pavlov and Kasting, 2002) between 2.45 and 2.32
Ga, which is now thought to mark the onset of the GOE (Bekker et al., 2004; Luo et al.,
2016).

While its name may seem to imply a discrete upward step in the oxidation state of
Earth’s surface, a new view is emerging of the GOE as a dynamic interval of rising and then
falling O, lasting until ca. 2.06 Ga (Bekker and Holland, 2012; Kump et al., 2011). The
occurrence of the largest and longest-lived positive carbon isotope excursion in the geologic
record — the Lomagundi Event (LE) (Bekker, 2014) — in the later stages of the GOE between

2.22 and 2.06 Ga, has been cited as evidence of enhanced organic carbon burial that may



have allowed even higher levels of free oxygen to temporarily accumulate at Earth’s surface
at this time (Karhu and Holland, 1996), i.e. an “oxygen overshoot”.

Indeed, there is mounting evidence for expansion and contraction of the marine sulfate
reservoir across the LE (Planavsky et al., 2012; Schroder et al., 2008; Scott et al., 2014),
which is thought to reflect trends in oxidative sulfide weathering and oxygenation of the ocean
as atmospheric oxygen levels rose and fell. Relative iodate abundances in carbonates also
document an increase in shallow-water oxidation state near the onset of the GOE, peaking
during the LE (Hardisty et al., 2014). Additionally, enrichments of molybdenum (Mo) and
uranium (U) in organic-rich shales reflect vigorous oxidative weathering of the continents
during the GOE (Partin et al., 2013; Scott et al., 2008). Thus, a fairly consistent picture is
emerging of an O-rich world between ca. 2.3 and 2.1 Ga.

However, while the above proxies have indicated widespread oxygen availability in the
early Paleoproterozoic, we still lack precise constraints on the extent of oxic, suboxic and
anoxic (including euxinic) habitats in the oceans at this time. This is a matter of great
evolutionary importance, since the spatial and temporal transience of oxic-to-suboxic en-
vironments may have been the dominant throttle on eukaryotic evolution prior to the late
Neoproterozoic (0.8 - 0.54 Ga) (Reinhard et al., 2016). If oxygenated habitats were indeed
abundant during the GOE, it could have constituted the first time in Earth’s history that
geographically extensive regions of the ocean were conducive to the evolution of complex life.

Accurately probing the redox landscape of the oceans during the GOE requires a suite of
proxies that function at different spatial scales. Evidence for large marine sulfate, iodate, Mo
and U reservoirs is suggestive of a global expansion of oxygenated water masses. However,
these signals lack the resolution to assess basinal redox gradients that could be critical for
eukaryote ecology. Conversely, Fe speciation is a well-developed local redox indicator, and
has been used to identify euxinia in offshore environments during the GOE (Canfield et al.,
2013; Scott et al., 2014). But because this signal records local conditions, with spatially
limited data it lacks the ability to distinguish an oxygen-minimum zone in an otherwise

globally oxic ocean from a globally anoxic deep ocean.



Selenium (Se) is well-suited for bridging the gaps between the aforementioned proxies, as
its relatively short oceanic residence time (~10% yrs) makes Se sensitive to basin-scale redox
dynamics. Selenium is predominantly delivered to the oceans via oxidative weathering, mak-
ing the marine Se reservoir scale with continental oxidative weathering rates. Additionally,
Se isotopes can be fractionated by several permil during oxyanion (SeO4*, SeO3%, HSeO?)
reduction to elemental Se and selenide in suboxic environments, such as modern oxygen-
minimum zones and suboxic pore-waters. In these settings, if Se oxyanions are continuously
supplied from oxygenated waters, reduction is non-quantitative and the resulting isotopic
values of reduced Se compounds are typically negative (Mitchell et al., 2012; Stiieken et al.,
2015b). Negative Se isotope ratios in sedimentary rocks can therefore be an indication that
the sediments were deposited in an environment that was linked to a large oxic reservoir.
Selenium isotopes have been used in this way to track the oxygenation of the deep ocean in
the late Neoproterozoic, where fractionations down to -1.5%0 have been recorded in offshore
shales that received upwelling Se oxyanions from oxic deep oceans (von Strandmann et al.,
2015). In modern anoxic basins where Se oxyanions are not continuously re-supplied, Se
is largely consumed by uptake into biomass without net fractionation and the reduction of
Se oxyanions is quantitative (Cutter, 1982). Isotopic values in these settings are therefore
typically heavy, approaching or exceeding the composition of seawater, which is ~+0.3%0

today (Stieken et al., 2015b).

We measured Se abundance and isotope ratios in organic-rich shales from 7 stratigraphic
units deposited in offshore environments during and after the GOE. These lithologies capture
the offshore Se reservoir, which records basin-scale redox structure. Viewed together, these
snapshots of individual basins at different stages of the GOE offer a glimpse of secular changes
in the redox structure of the global ocean. Our results thus provide a proxy record that can
test the predictions made by other redox-sensitive indicators and help resolve the spatial
and temporal distribution of oxic, suboxic and anoxic marine environments during the GOE.
Specifically, these data allow us to test whether the Paleoproterozoic oxygen overshoot was

at any time comparable in magnitude to the Neoproterozoic oxygenation event, and to assess



the implications for the early evolution of eukaryotic life.
1.3 DMaterials

We analyzed 75 samples from 7 shale units deposited between 2.2 and 1.85 Ga. These
data were compared with 567 published Se measurements from samples with ages spanning
3.25 Ga to the present. Samples corresponding to the early stage of the GOE come from
the Rooihoogte and Timeball Hill formations of the Pretoria Group (2.32 Ga), which were
analyzed by Stiieken et al. (2015b), and are the oldest open-marine shales deposited without
a MIF-S signature. In addition, we sampled the Wewe Slate (ca. 2.2-2.1 Ga) and Sengoma
Argillite Formation (ca. 2.2-2.1 Ga), which were deposited in the middle of the GOE,
during the Lomagundi carbon isotope excursion. Samples straddling the end of the GOE
and Lomagundi carbon isotope excursion come from the Hautes Chutes Formation of the
Labrador Trough (ca. 2.1 Ga), the Francevillian Series of Gabon (ca. 2.083 Ga), the Zaonega
Formation of Karelia, Russia (ca. 2.11-2.06 Ga), and the Union Island Group of the Slave
craton (ca. 2.1-2.0 Ga). In addition, organic-rich shales of the Menihek Formation from the
Labrador Trough (1.85 Ga), post-dating the LE, were also analyzed. These samples span
the latest stages of the GOE and the 200 Myr interval after its termination, and include the
formations in which the Shunga-Francevillian negative carbon isotope anomaly was originally

discovered (Kump et al., 2011).
1.4 Results

Shales deposited in offshore environments show a broad trend in Se concentrations across the
GOE, with abundances increasing in the late Archean and subsequently falling through the
Paleoproterozoic, with a peak between 2.32 Ga and 2.1 Ga (max. 27.97 ppm; Fig. 1.1). Mean
Se abundance of shales deposited between 2.32 Ga and 2.1 Ga (6.79 ppm) is significantly
higher than the mean Se abundance for shales older than 2.45 Ga (2.04 ppm; pone-tailed =
10®) and with ages between 2.1 and 1.1 Ga (2.02 ppm; Pone-taied = 10%). Se/TOC ratios

similarly show a peak (max. 26.84 ppm/wt%) in the early stage of the GOE, but rapidly
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Figure 1.1: Selenium (Se) abundance and Se/TOC (ppm/wt%) ratios in shales through
geologic time (triangles — this study, circles — published data). Dotted lines represent
crustal Se abundance (top) and range of Se/TOC ratios in modern phytoplankton (Mitchell et al.,
2012) (bottom).

decline between 2.1 Ga and 2.0 Ga to <<1 ppm/wt% (Figs. 1.1, 1.2). 3%/7®Se values are
consistently positive from 2.32 Ga until 2.1 Ga, and higher than in any other time in the
geologic record (avg. +1.03 £ 0.67%0; Figs. 1.2, 1.3). The mean 5°?/™Se value for samples
older than 2.45 Ga is statistically indistinguishable from that for samples dating between
2.1 Ga and 1.1 Ga (piwo-taiea = 0.11), while samples with 2.32-2.1 Ga ages have significantly
higher 5%%/78Se values than both groups (Pone-taiea = 10%, 10719). Negative 552/78Se values
do not become prevalent until the late Neoproterozoic (von Strandmann et al., 2015), and

persist throughout the Phanerozoic (Stieken et al., 2015b) (Fig. 1.3).

1.5 Oxidative Weathering and the Marine Se Reservoir

In light of the mounting evidence for elevated atmospheric oxygen levels between 2.32 Ga
and 2.06 Ga (Bekker and Holland, 2012; Hardisty et al., 2014; Partin et al., 2013; Planavsky
et al., 2012; Scott et al., 2014, 2008), it is unsurprising that shales show an increase in Se
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abundance at this time (Fig. 1.1). While Se can also be sourced to the marine environment
by volcanism and hydrothermal activity, oxidative weathering is by far the dominant source
on the modern Earth (~90% of flux to oceans; volcanism ~10%, hydrothermal input <<1%;
(Stiieken, 2017). Furthermore, the parallel enrichment of U (Partin et al., 2013), Mo (Scott
et al., 2008) and Se in samples from the Rooihoogte and Lower Timeball Hill formations and
the Sengoma Argillite Formation is most parsimoniously explained by enhanced oxidative
weathering. Unlike Se, U is exclusively delivered to the oceans via oxidative mobilization, and
not by volcanic or hydrothermal inputs. Additionally, Mo is not volatile and thus cannot
derive from volcanic sources. While it is not possible to definitively rule out a volcanic
contribution to the sedimentary Se enrichment seen during the GOE, the vast majority of

Se was likely delivered by oxidative continental weathering.

The trend in Se abundance does not correspond exactly with the inferred beginning and
end of the GOE (Fig. 1.1). Se concentrations begin to increase in the late Archean (~2.7
Ga), perhaps due to increasing rates of oxidative weathering in locally oxic environments on
land (Sttieken et al., 2012). In the wake of the GOE, Se abundances remain higher than mid-
Archean values until at least 1.9 Ga, and then return to low levels in the mid-Proterozoic.
This trend could suggest that atmospheric oxygen levels (and thus oxidative weathering
rates) did not experience a sharp fall at the end of the GOE. However, weathering of Se-
rich sediments that were deposited during the GOE and subsequently uplifted on tectonic
timescales of ~100 Myr could have potentially contributed to the Se enrichment seen in
shales deposited after ca. 2.06 Ga, leaving open the possibility that atmospheric oxygen
levels did indeed decline abruptly, but Se flux decayed slowly. In either case, it would seem
that the marine Se reservoir grew larger during the GOE than at any other time before the
late Neoproterozoic.

Se/TOC ratios may be a more robust indicator of Se reservoir size than Se abundance,
since they account for differences in primary productivity across depositional environments.
Biological incorporation of Se and subsequent settling of organic material may be the dom-

inant mechanism of Se transport to anoxic sediments; normalizing data to organic carbon
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contents can thus gauge “Se excess” in the system. Like Se abundance, Se/TOC ratios
steadily increase through the late Archean, and peak during the GOE at 2.32 Ga (max.
26.63 ppm/wt%). However, in contrast to the trend seen in Se abundance, Se/TOC ratios
decline rapidly at the end of the GOE (Figs. 1.1, 1.2). This decline coincides with the falling
limb of the Lomagundi carbon isotope excursion, which has been argued to record a time
of rapid deoxygenation (Planavsky et al., 2012; Scott et al., 2014). The decreasing Se/TOC
ratios therefore may suggest that the marine Se reservoir was in fact rapidly shrinking at the
end of the GOE with the expansion of marine anoxia. Maximum enrichments greater than

10 ppm/wt% are not observed again for ~1 Gyr after the termination of the GOE.
1.6 Ocean Redox Structure during the GOE

Shales deposited between 2.32 and 2.1 Ga show the largest and longest-lived positive Se
isotope excursion seen in the geologic record (Fig. 1.3). Several processes other than oxyanion
reduction are known to fractionate Se isotopes, but their fractionation factors are too small
to explain the shift of 3%2/™Se values to >+1%0 (max. +2.25%0) during the GOE. Oxidative
weathering alone is unlikely to generate this magnitude of fractionation relative to crustal
values since oxidation generally imparts a small (<0.5%0) fractionation (Johnson, 2004).
Large fractionations associated with weathering have only been observed in unusually Se-
rich soils (up to 2% Se content, Zhu et al., 2014), whereas Se-lean soils (<0.5 ppm) — more
representative of average crust (<0.1 ppm) — show no significant fractionation (+0.25%,
Schilling et al., 2011). The absence of a significant fractionation during weathering is further
supported by isotopic mass balance of marine sediments (Stiieken, 2017). Assimilation into
biomass also causes only small fractionation (<+40.6%o, Clark and Johnson, 2010), so changes
in biological utilization of Se cannot account for the large excursion. A shift in Se crustal
sources cannot explain the heavy isotopic values seen between 2.32-2.1 Ga because there
is little variability in the Se isotopic composition of different terrestrial reservoirs (crustal
source rocks range from -0.3%0 to +0.6%0, Rouxel et al., 2002).

This leaves partial reduction of Se oxyanions as the most likely process to generate large
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(>1%0) fractionations that can be preserved in sedimentary rocks. In laboratory settings,
both biotic and abiotic partial reduction generate isotopic fractionations of several permil,
with lighter Se isotopes being preferentially enriched in reduced compounds (Johnson and
Bullen, 2004). In bulk samples from natural settings, observed fractionations tend to be
smaller (range from -2 to +2%0) perhaps because the isotopic signature of reduced Se gets
diluted by co-deposition of biologically-assimilated Se in sediments (Mitchell et al., 2016).
Still, dissimilatory reduction can alter the Se isotopic composition of residual oxyanions
dissolved in seawater, and this has been documented in the Phanerozoic (Wen et al., 2014),
Neoproterozoic (von Strandmann et al., 2015), and Archean (Stiieken et al., 2015a). In the
2.5 Ga Mt. McRae Shale, Se isotopes show a positive excursion parallel with a positive
excursion in nitrogen isotopes and enrichments in redox-sensitive trace metals that have
been interpreted as evidence for a transient pulse of oxygen that occurred before the onset
of the GOE (Anbar et al., 2007; Garvin et al., 2009; Stiieken et al., 2015a). Stiieken et
al. (Stiieken et al., 2015a) argued that this Se isotope excursion was generated in a redox-
stratified water column where Se was partially reduced in shallow-marine, suboxic waters,
driving the residual Se reservoir to more positive 5%%/78Se values, which were then recorded in
offshore shales. The positive 352/78Se values seen during the GOE seem to indicate a similar
scenario, although in this instance persisting in multiple basins on separate continents over

a timescale of hundreds of millions of years.

The fact that most sedimentary Se isotope ratios in Archean and mid-Proterozoic shales
do not significantly deviate from crustal values (Fig. 1.3) suggests that either Se influx was
generally low or that Se oxyanions in the oceans during these intervals were quantitatively
reduced and assimilated (Fig. 1.4a), allowing sediments to roughly record the isotopic com-
position of crustal source rocks. The observation of significantly positive 852/78Se values in
all analyzed offshore sediments dating within the GOE thus suggests an extreme isotopic
distillation of an expanded marine Se reservoir at this time. In order to generate such a
large isotopic excursion, there were likely extensive near-shore suboxic environments where

Se oxyanions were constantly re-supplied, allowing substantial non-quantitative reduction to
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occur in the water column. This would sequester isotopically light Se in near-shore sedi-
ments that were not sampled in this study, perhaps with the exception of the Wewe Slate
(see below) (Fig. 1.4b). The residual Se reservoir would thus have been driven isotopi-
cally heavy. These heavy values could then have been recorded in the offshore environments
sampled in this study either by quantitative or non-quantitative reduction and/or biological
assimilation, depending on the extent of suboxia on the outer shelf.

This stands in contrast to the modern ocean, which receives a large flux of Se oxyanions
but generates only small isotopic fractionations (Fig. 1.4c). Suboxic waters are scarce in the
fully oxygenated modern oceans (<10% of ocean area; Paulmier and Ruiz-Pino, 2009) and
diagenetic Se reduction in sediments seems to produce relatively small fractionations, perhaps
because supply of Se oxyanions is diffusion-limited in pore waters. Thus, the magnitude of
the positive 8%2/78Se excursion seen in shales deposited during the GOE suggests that suboxia,
was a widespread and persistent feature along continental margins during this interval.

The lack of negative 5%%/7Se values in offshore sediments deposited during the GOE
also suggests that — unlike in the late Neoproterozoic and Phanerozoic — there was not any
re-supply of Se oxyanions from an oxic deep-ocean reservoir. This is consistent with previous
work that has suggested the deep ocean remained anoxic throughout the GOE (Bekker et al.,
2008). So while the Se data alone remain somewhat ambiguous as to the precise redox state
of the sampled offshore depositional environments, they can be used to confidently infer the
persistence of widespread near-shore suboxia, and predominantly anoxic conditions in the
deep ocean.

An isotopic record of Se in near-shore sediments that preserve the complementary nega-
tive 5%%/7Se values and were deposited coevally with the shales bearing the positive 8%2/78Se
excursion would provide a test of this hypothesis. However, given current sensitivity limits
for Se isotope analysis, this remains a challenging prospect. Se concentrations in carbon-
ates, sandstones, and low-TOC shales associated with near-shore depositional environments
are orders of magnitude less than in offshore organic-rich shales, requiring unfeasibly large

sample sizes in order to obtain accurate measurements. Further methodological refinement
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Figure 1.4: Sketch of the selenium cycle during (a) the late Archean and mid-
Proterozoic, (b) the Great Oxidation Event, and (c) the late Neoproterozoic and

Phanerozoic. “3%2/78Se” refers to the isotope ratio of a designated reservoir; “A” refers to

the isotopic fractionation associated with a designated process. Dotted arrows for Se,s burial in
oxic/suboxic environments signify that this process has minor significance, but in some cases may

dilute sedimentary Se isotope signatures (Mitchell et al., 2016). See text for further discussion.
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may eventually enable analysis of such materials.

Still, there is some evidence for a complementary light Se reservoir in shallow-water
environments during the GOE. The Wewe Slate (ca. 2.2-2.1 Ga) displays by far the largest
range of 5%2/7Se values in our dataset (-1.34 to +2.25%c¢). We suspect that this is because
this unit is capturing the seawater Se composition near the environmental gradient for Se
reduction. The Wewe Slate is underlain by mature quartz sandstones and stromatolitic
dolostones (Bekker et al., 2006) and has relatively low TSe and TOC contents (Fig. 1.1; Ap-
pendix A), all consistent with a near-shore depositional environment, in contrast to the TSe-
and TOC-rich shales from other units included in this dataset. Since there is no noticeable
stratigraphic trend in Se isotopes or abundance through the Wewe Slate (Appendix A), it
is unlikely that the range of values reflects secular change in the depositional environment.
We cannot rule out the possibility that the Wewe Slate is capturing transient deep-ocean
oxygenation in the midst of the GOE, but the sedimentologic context is consistent with de-
position of the Wewe Slate in a setting that straddled a chemocline with fluctuating depth,

thus sampling both the shallow and deep Se reservoirs.

At the end of the GOE (2.1-2.0 Ga), 3%/7®Se values sharply return to crustal values (Fig.
1.2), consistent with rapid deoxygenation of the ocean (Scott et al., 2014). The occurrence
of some negative 5%%7Se values in the Zaonega and Francevillian formations may result
from the weathering of isotopically light Se that was deposited in shallow settings during the
GOE, and subsequently uplifted and eroded on tectonic timescales of ~100 Myr. However,
we cannot definitively rule out the possibility that these data represent a pulse of oxygenation
at the culmination of the GOE (Kump et al., 2011). In either case, the longer-term trend
reveals an ultimate return to widespread anoxia. Even if Se influx to the ocean decayed
gradually as Se-rich sediments deposited during the GOE were weathered, a contraction of
suboxic water masses and takeover by anoxic and strongly euxinic conditions could have
rapidly pushed the system toward quantitative reduction of Se oxyanions, thus ending the
Se isotopic excursion seen during the GOE. Contraction of the marine Se reservoir during

deoxygenation would further accelerate the loss of isotopic fractionation, since a smaller Se
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reservoir could be quantitatively reduced more easily.
1.7 How Oxic were Near-shore Environments during the GOE?

These data can be used to provide an approximate lower limit on shallow-marine oxygen
levels across the GOE. Specifically, when used in conjunction with the iodine record, the Se
data point to the presence of conditions that were at least suboxic. In the modern ocean,
quantitative reduction of iodate (IO37) to iodide (I') has been observed at dissolved Oo
concentrations less than ~5 pM (Rue et al., 1997). In the same study, Se oxyanion reduction
was non-quantitative at oxygen concentrations down to ~1 pM O,. Another investigation of
Se speciation in the anoxic Saanich Inlet found that Se oxyanions became depleted to below
the detection limit at <0.4 pM Oy (Cutter, 1982). Within this framework, the occurrence
of positive 8%2/78Se values across the GOE implies a conservative lower limit for shallow-
water oxygen concentrations of >0.4 ntM O,. In reality, it is likely that O, concentrations
were higher in these settings, since reduction of Se oxyanions in near-shore environments
was evidently far from being quantitative. High I/(Ca+Mg) ratios in LE-aged carbonates
(Hardisty et al., 2014) may push the lower limit for surface ocean oxygen up to ~5 pM Oy for
the later stage of the GOE. This would still only be a small fraction of the modern surface
ocean oxygen concentration of ~325 ntM O,, but it could have had important evolutionary

implications.
1.8 Implications for Biological Evolution

Whether or not oxygen availability was the primary control on the evolution of deeply
rooted eukaryotes remains a highly contentious issue. Recent evidence for extremely low
mid-Proterozoic oxygen levels (Planavsky et al., 2014) has hinted that low oxygen indeed
inhibited the diversification of multicellular, aerobically-respiring organisms until the late
Neoproterozoic (see Zhang et al., (2016) for an alternative view). However, the recognition
of oxygen-rich conditions in the early Paleoproterozoic opens up the possibility that there

was a relatively long (~200 Myr) interval that may have been favorable for the evolution of
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complex life forms long before the fossil record indicates their rise to ecological importance

(Knoll, 2011; Narbonne, 2005).

Convincing fossil evidence of multicellular eukaryotic life is hard to come by in the
Proterozoic, but there are numerous reports of fossils with eukaryotic affinity that span nearly
the entire temporal extent of the Proterozoic (Walter et al., 1976; Sharma and Shukla, 2009;
Zhu et al., 2016). These include centimeter-scale structures in the ca. 2.1 Ga Francevillian
Series of Gabon that have been interpreted as populations of multicellular organisms (El
Albani et al., 2010). While such reports remain controversial, a better understanding of the
redox architecture of the contemporary oceans would greatly aid our interpretation of the

possible affinities of these ambiguous fossilized life forms.

The observed lower limit for survival of aerobically-respiring benthic animals is ~0.88
pM O (Levin et al., 2002; Breuer et al., 2009), and theoretical considerations suggest that
the actual limit is even lower (Sperling et al., 2013). For steroid synthesis in unicellular
eukaryotes, a lower limit of 7 nM O, has been inferred (Waldbauer et al., 2011) and aerobic
respiration in bacteria continues down to 3 nM (Stolper et al., 2010). The lower limit pro-
posed here of >0.4 ptM O, in near-shore environments during the GOE therefore suggests
that Os levels were high enough for the existence of eukaryotic organisms in multiple basins
over a long period of time. However, these limits are very close to the metazoan O, threshold
and so it is quite possible (and perhaps likely) that the evolution of motile, multicellular eu-
karyotes was hindered by redox instability at this time (Reinhard et al., 2016; Johnston et al.,
2012). Nonetheless, the existing data allow the possibility that the early phases of unicellular
eukaryotic evolution could have been underway in the early Paleoproterozoic. Subsequently
lowered oxygen levels may have delayed the eukaryotic rise to ecological abundance for more
than a billion years. Without a more complete fossil record it is all but impossible to test
whether this was indeed the case. Nevertheless, during the GOE the redox restriction on mi-
crobial aerobic metabolism could have been lifted over wide areas of the continental shelves

for the first time in Earth’s history.
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1.9 Conclusions

An increase in the abundance of Se in organic-rich shales deposited during the GOE is consis-
tent with enhanced oxidative continental weathering at this time, and corroborates evidence
from other redox-sensitive proxies (S, Mo, and U). A shift to the most positive offshore
582/78Se values in geologic history suggests that extensive partial reduction of Se oxyanions
in shallow, suboxic seawater drove the isotopic composition of residual oceanic Se heavier.
Shallow-marine sediments thus acted as a sink for isotopically light Se, perhaps recorded by
the negative 552/78Se ratios found in the Wewe Slate. This state of enhanced oxidative conti-
nental weathering and extensive shallow-ocean suboxia appears to have prevailed until near
the end of the GOE, when plummeting Se/TOC ratios and 8%%/78Se values suggest that the
marine Se reservoir rapidly diminished and suboxic water masses contracted at the expense
of anoxic and, possibly, strongly euxinic waters. Thus, the period from ca. 2.32 to 2.1 Ga
was the first interval in Earth’s history when conditions that were at least suboxic persisted
on continental margins on geological timescales, perhaps supporting the early evolution of
aerobically-respiring life forms. The contraction of oxic and suboxic environments after the
GOE may have limited the available habitats for the evolutionary radiation of eukaryotic

life until the second rise of oxygen in the late Neoproterozoic.

1.10 Methods

Samples were prepared and analyzed following Stiieken et al. (2013). Rock powders were dis-
solved using HF, HNO3 and HC1Oy4, and Se was isolated using thiol-cotton fiber columns. All
analyses were conducted on a hydride-generator multi-collector inductively coupled plasma
mass-spectrometer (Nu Instruments). Measurements were normalized using standard-sample
bracketing. We note that both 8%2/7Se and 5%%/78Se notations are used in the literature; our
data are expressed as 5%%/7Se relative to National Institute of Standards and Technology
(NIST, USA) reference SRM 3149 because, using our isotopic measurement method, mass

78 is much less affected by isobaric interferences than mass 76 (Stiieken et al. 2013). Average
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precision (16) for samples was 0.07%o for 552/7*Se values and 0.02 ppm for Se concentrations.
582/78Se values for international reference material SGR-1 and in-house standard UW-McRae
were +0.12 4 0.18%0 (1o, n = 5) and +0.85 + 0.18%0 (1o, n = 27), respectively, which agree
well with published values (Mitchell et al., 2012; Stiieken et al., 2015b). TOC analysis fol-
lowed Stiieken (2013). Carbonate was removed from rock powders via acidification with HCL
Decarbonated powders were analyzed on a Costech ECS 4010 Elemental Analyzer coupled to
a continuous flow isotope-ratio mass-spectrometer (Finnigan MAT253) via a ThermoFinni-

gan Conflo III. Average precision for TOC measurements was 0.17% (1o, n = 49).
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Chapter 2

REDOX FLUCTUATIONS, TRACE METAL ENRICHMENT &
PHOSPHOGENESIS IN THE ~2.0 GA ZAONEGA
FORMATION, RUSSIA

This manuscript is prepared for submission to Precambrian Research. Co-authors are Aivo

Lepland and Roger Buick.

2.1 Abstract

The ~2.0 Ga Zaonega Formation (ZF) holds one of the oldest phosphoritic shales in the
geologic record, reaching >15% P,0Os. Understanding the depositional conditions that en-
abled phosphorus enrichment in this unit will thus help us to interpret the significance of the
temporal distribution of phosphorites in Earth’s early history. Here we use an array of major
and trace element data to constrain the redox conditions in the water column and extent of
basinal restriction during deposition of the ZF. We also present new selenium (Se) abundance
and isotopic data to provide firmer constraints on fluctuations across high redox potentials,
which might be critical for phosphogenesis. We find that Se isotope ratios shift over a range
of ~3% in the ZF, with the earliest stratigraphically-resolved negative Se isotope excursion
in the geologic record, implying at least temporarily suboxic waters in the basin. Further-
more, we find that extreme trace metal enrichments coincide with episodes of P enrichment,
thereby implicating a common set of environmental controls on these processes. Together,
our dataset implies deposition under a predominantly anoxic water column with periodic
fluctuations to more oxidizing conditions via connection to a large oxic reservoir containing
Se oxyanions (and other oxidized species), which was likely supplied from the open ocean.

This is broadly consistent with the depositional setting of many modern and recent phos-
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phorites, thereby tying these ancient deposits to a common depositional mechanism. Viewed
through the lens of these data, the brief period of phosphogenesis in the Paleoproterozoic
may therefore record a time when moderately oxic waters persisted on continental shelves,
enabling phosphogenesis in basins with high rates of export production. This also suggests
that the dominant control on the degree of P enrichment in marginal, marine siliciclastic
sedimentary rocks is not dissolved P levels in the deep ocean, but rather redox conditions in

the depositional environment.
2.2 Introduction

Phosphorus (P) is an essential macronutrient and its availability in seawater is thought to
exert the dominant control on the rate of marine primary productivity over long (10°-10% yr)
timescales (Broecker and Peng, 1982; Tyrrell, 1999). Reconstructing marine P levels across
Earth’s history is thus a major focus of paleo-biogeochemical research, since it may enable an
assessment of marine primary productivity in Earth’s distant past. To date, several studies
have analyzed the P content of ancient marine sedimentary rocks (Bjerrum and Canfield,
2002; Planavsky et al., 2010; Reinhard et al., 2017) and offered quantitative interpretations
of the paleo-concentration of P in seawater (Bjerrum and Canfield, 2002; Jones et al., 2015;
Konhauser et al., 2007). However, there remains some disagreement as to whether P was
scarce or abundant in the Precambrian ocean (Poulton, 2017), and moreover it is even unclear
what mechanism exerted the dominant control on marine P levels in Earth’s early history
(Kipp and Sttieken, 2017; Reinhard et al., 2017). One thing is clear, though: all of this work
would benefit from an improved understanding of the mechanisms controlling P enrichment
in ancient marine sedimentary rocks.

To understand ancient sedimentary P enrichment, we must first consider the P cycle in
the modern ocean. As an essential and rate-limiting nutrient, P is efficiently scavenged in
surface waters by phytoplankton (reviewed in Benitez-Nelson, 2000). While the dominant
supply of P to the ocean is the riverine input of continentally-derived material (Meybeck,

1982), the recycling of P within the modern ocean proceeds 2-3 orders of magnitude more
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rapidly (Schlesinger and Bernhardt, 2013), thereby extending the marine residence time of
P and enabling high rates of primary productivity. The small proportion of P that escapes
this recycling process (associated with organic matter exported from the photic zone) is

transported to deep waters, and ultimately marine sediments.

Upon reaching marine sediments, P can be buried through multiple pathways. The first
is that P can be retained in organic matter if the organic matter escapes remineralization.
The second is that, if the organic-bound P is liberated during the oxidation of biomass, P can
become sequestered in an inorganic mineral phase. One route for this mineral-trapping of
P is the adsorption of P (as orthophosphate, PO,*) onto iron (Fe) minerals (Berner, 1973).
In the modern, oxygenated ocean, this is typically dominated by Fe-(oxyhydr)oxides (e.g.,
ferrihydrite; Berner, 1973; Feely et al., 1998). However, reduced or mixed-valence Fe minerals
can also bind anions (Zegeye et al., 2012), including phosphate (Hansen and Poulsen, 1999),
and so it is thought that these phases could also have scavenged P in the anoxic Precambrian
ocean (Derry, 2015; Halevy et al., 2017). Importantly, all these minerals can trap liberated
P — either in the water column or sediment porewaters — and immobilize it in sediments.
However, if porewater chemistry shifts toward a regime that favors the dissolution of these
Fe minerals, P will be released back into porewaters. Thus, on diagenetic timescales, P in
modern marine sediments typically undergoes a “sink switch” where liberated P precipitates
as an authigenic apatite mineral phase (predominantly carbonate fluorapatite, CFA), with
a smaller amount being incorporated in secondary Fe-(oxyhydr)oxide phases (Poulton and
Canfield, 2006; Slomp et al., 1996). The supply of this liberated P in sediment porewaters
derives from the remineralization of biomass as well as the dissolution of adsorbed P phases
(Ruttenberg and Berner, 1993). So, in sum, phosphorus buried in ancient marine sedimentary
rocks is predominantly found in the authigenic (apatite) phase, with lesser amounts bound
to organic matter or diagenetically-stable Fe minerals (Ruttenberg, 2003).

Despite the many routes for P burial in marine environments, most modern marine
sediments have fairly low (<0.3 wt. % P20j5) P contents (Ruttenberg, 2003). This is a

testament to the low abundance of P relative to carbon in phytoplankton biomass (i.e.,
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the Redfield ratio, 106 C: 1 P; Redfield, 1958) as well as the selective removal of P from
biomass during remineralization (Clark et al., 1998). These processes thus conspire to make
P enrichment a rarity in marine sediments. The few modern environments that do promote
higher P concentrations (>1 wt. % P30j3) tend to favor authigenic precipitation of CFA
through a combination of factors (reviewed in Filippelli, 2011; Follmi, 1996; Ruttenberg,
2003), including (i) high rates of export production (i.e., a large organic-bound P flux to
sediments), (ii) high sedimentation rates, which can facilitate burial of organic matter and
associated P (Follmi, 1996; Ingall and Van Cappellen, 1990), and (iii) bottom-water redox
conditions that are amenable to CFA precipitation (Jahnke, 1984). In the modern ocean,
such conditions tend to be found under regions of nutrient upwelling and high productivity

(e.g., the Peru margin, Burnett, 1977; Namibian shelf, Price and Calvert, 1978).

Based on this understanding of P enrichment in modern marine sediments, an empirical
record of P concentrations in ancient marine sediments spanning Earth’s history should be
able to inform the secular evolution of one or more of the processes controlling P enrichment.
Specifically, by tracking the magnitude of P burial through time, we should be able to
make inferences about the rate of P export to sediments and prevalence of authigenic P
precipitation in ancient marine sediments. Such a record was recently compiled by Reinhard
et al. (2017), who showed that the P content of marginal, marine siliciclastic sedimentary
rocks was in fact lower in the Precambrian than in the Phanerozoic by a factor of ~4.
These authors surmised that the lower P concentrations (and higher C:P ratios) were a
result of limited P export to sediments in a low-productivity ocean, which thereby muted

the precipitation of authigenic apatite.

While this record clearly demonstrates a shift in the marine P cycle near the end of the
Precambrian, some important questions remain. First, the compilation of Reinhard et al.
(2017) was filtered to target “typical” marginal marine siliciclastic sedimentary rocks. In do-
ing so, it leaves out “phosphorites,” which are extremely P-enriched sedimentary rocks (e.g.,
Sheldon, 1981). Phosphorites in fact show a small peak in temporal and spatial abundance

during the Paleoproterozoic (Papineau, 2010), suggesting that there was a shift in marine P
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burial at this time that was distinct from the Archean or mid-Proterozoic.

Also, while the record of P concentrations in marginal marine settings (Reinhard et
al., 2017) clearly shows that the rate of P burial was muted in the Precambrian, there
are multiple viable interpretations for the dominant mechanism controlling the rate of P
burial. Reinhard et al. (2017), following previous workers (Bjerrum and Canfield, 2002;
Derry, 2015; Laakso and Schrag, 2014), invoked scavenging of P by Fe-minerals as the main
reason for low seawater P levels in the Precambrian. As a result, in their modeling scenarios
net primary productivity is kept low due to P scarcity, thereby limiting export production
and the flux of P to sediments (Reinhard et al., 2017). Another mechanism has recently
been invoked for Precambrian P scarcity, which postulates that higher burial efficiency in
the reducing Precambrian ocean would have limited the recycling of P, thereby promoting
efficient P burial with organic matter and low steady-state P concentrations in seawater
(Kipp and Sttieken, 2017; Laakso and Schrag, 2018). Lastly, it has also been argued that
low P would be expected in Precambrian marine sediments simply due to the fact that P
burial is ineffective in modern anoxic settings due to the dissolution of adsorbed P phases
and inhibition of CFA precipitation (Ingall and Jahnke, 1994; Poulton, 2017; Van Cappellen
and Ingall, 1996). Thus, some authors have cited this mechanism in support of a high-P

Precambrian ocean with inefficient burial in sediments (Lenton et al., 2014; Poulton, 2017).

Each of these proposed scenarios has slightly different implications for the sedimentary
geochemistry of P in the Precambrian. In the first scenario, P would be expected to co-
vary with Fe in many marine sediments. In settings were phosphogenesis was favored (i.e.,
in certain environments in the Paleoproterozoic), this relationship might break down, with
more organic-bound P being sourced to sediments and authigenic phosphate precipitation
becoming important. In the second model, P would be expected to occur in stoichiometric
proportions with organic matter in most Precambrian marine sediments, with little or no
relationship to Fe minerals sourced from the water column. In phosphogenic settings, this
relationship would change as authigenic P burial became more important (thus lowering the

sedimentary C:P ratio). In the third model, there would not necessarily be a clear preference
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for P burial with Fe versus organic matter. However, there should be geochemical signa-
tures of high export production in such a high-productivity world, even in non-phosphogenic
settings.

Here, we aim to explore these possible controls on P burial in ancient marine sediments.
We studied ~2.0 Ga black shales of the Zaonega Formation (ZF) in the Karelia region of
NW Russia (Fig. 2.1). This unit contains abundant organic-rich shales that are thought
to have been deposited under predominantly anoxic waters, thus typifying Precambrian
conditions. However, certain horizons of the ZF display large authigenic P enrichments,
in places exceeding 15% P05 (Lepland et al., 2014), thus representing one of the earliest
phosphorites in the geologic record. This stratigraphic variability makes the ZF a fitting
place to examine the various controls on sedimentary P enrichment in the Precambrian. We
present a suite of major and trace element data from the ZF in order to constrain the redox
conditions and extent of basinal restriction during deposition. We also present new selenium
(Se) abundance and isotopic data to more precisely identify fluctuations across high redox
potentials, which could have been important for enabling phosphogenesis. Together, we use

this dataset to assess the dominant controls on P burial in Precambrian marine sediments.

2.3 DMaterials

2.3.1 Geologic setting

The Onega Basin of Karelia, NW Russia hosts a large succession of volcanic and sedimentary
rocks deposited atop granitic Archean basement in the early Paleoproterozoic (~2.5-2.0 Ga;
Melezhik et al., 2013) (Fig. 2.1). All units in the Onega Basin were deformed and regionally
metamorphosed to greenschist facies during the 1.89-1.79 Ga Svecofennian orogeny (Melezhik
and Hanski, 2013); since that time they have been relatively well-preserved on the Russian
portion of the Karelian craton. The modern exposure of these units across NW Russia has
made them a long-studied archive of Earth system evolution across the interval of rising

atmospheric oxygen in the early Paleoproterozoic.
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Figure 2.1: Geological map of Paleoproterozoic successions in the Onega Basin. Sites of
cores 12AB and 13A are marked with red triangles. The Shunga outcrop is near the drilling site of
core 12AB.
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The Zaonega Formation (ZF) sits in the upper portion of the Onega succession and
is comprised of ~1500 m of organic-rich siliciclastic and carbonate sedimentary rocks as
well as abundant magmatic deposits including mafic tuffs, lavas and dolerite sills (Melezhik
et al., 2013). The early recognition of high 3'3C values in carbonates of the Tulomozero
Formation, which conformably underlies the ZF, led to an association of these two units with
the Lomagundi-Jatuli carbon isotope excursion (Karhu and Holland, 1996; Melezhik et al.,
1999a). Specifically, the organic-rich ZF was considered a possible candidate for the elusive
sedimentological counterpart to the carbon isotopic evidence for rampant organic carbon
burial during the Lomagundi Event (Melezhik et al., 1999b). Since the original identification
of these pivotal events recorded in the Onega Basin, successive geochronological work has

aimed to place them in a firmer temporal context.

The maximum age for all deposition in the Onega Basin comes from a Pb-Pb ID-
TIMS date of 2449 + 1.1 Ma on the Burakovka Pluton (Amelin et al., 1995), which cross-
cuts the granitic Archean basement. A lower bound on deposition of the Tulomozero and
Zaonega Formations was originally provided by the overlying Suisari magmatic complex,
which was dated at 1988 + 34 via Sm-Nd whole rock + clinopyroxene dating (Puchtel et
al., 1998) and 1969 + 18 Ma via a Re-Os isochron (Puchtel et al., 1999). Carbonates of the
Tulomozero Formation were later Pb-Pb dated at 2090 + 70 Ma (Ovchinnikova et al., 2007),
which is consistent with the canonical interpretation of the Lomagundi-Jatuli carbon isotope
excursion as a global event lasting from 2220 to 2060 Ma (Karhu and Holland, 1996; Melezhik
et al., 1999a). In this view, the organic-rich ZF was thus deposited either during or shortly
after the Lomagundi-Jatuli event. This was further corroborated by Pb-Pb dating of zircons
from dolerite sills intruding the ZF, which yielded ages of 1919 + 18 Ma (Priyatkina et al.,
2014) and 1956 + 5 Ma (Stepanova et al., 2014). However, a recent study has challenged
the prevailing interpretation.

Martin et al. (2015) obtained a U-Pb zircon and baddelyite age of 1975 + 3 Ma from
the upper Jangozero Formation. This unit was previously interpreted as a dolerite sill that

intruded the Tulomozero Formation, and once yielded a 1976 + 9 Ma Pb-Pb age on zircon
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(Puchtel et al., 1998). In such a context this date would represent another lower limit on
the age of deposition for the Tulomozero and Zaonega Formations, which is consistent with
the timing of the Suisari magmatic activity and associated intrusions observed throughout
the ZF. However, Martin et al. (2015) re-interpreted the upper Jangozero Formation as a
volcanic deposit, which thereby implicates rapid deposition of the Tulomozero and Zaonega
Formations in <10 Myrs. In addition to invoking extremely rapid sedimentation in the Onega
Basin, this newly proposed geochronological framework suggests that the 8'C excursion
recorded in Tulomozero carbonates is in fact a later event than the canonical Lomagundi-
Jatuli event, which is thought to have terminated at ~2060 Ma (Karhu and Holland, 1996;
Melezhik et al., 1999b).

While this is an intriguing possibility, this new geochronological framework for the Onega
Basin has yet to be confirmed through analyses of other igneous units that should yield con-
sistent ages (e.g., the Medvezhegorsk Formation). For the purpose of this investigation, we
adopt a ~2.0 Ga age for the ZF, noting that its precise temporal relationship to events in
Earth system evolution in the early Paleoproterozoic may be revised by future geochronologi-
cal work. In any case, though, these rocks clearly post-date the permanent rise of atmospheric
oxygen in the Great Oxidation Event, which occurred at ~2.4 Ga (Gumsley et al., 2017) and
is corroborated by an absence of substantial mass-independent sulfur isotope fractionation
(Blattler et al., 2018; Paiste et al., 2018; Scott et al., 2014). Furthermore, they are deposited
during an interval of the Paleoproterozoic that is characterized by an increase in phosphorite

deposition worldwide (Papineau, 2010).

2.8.2 Paleo-environmental context

The abundance of magmatic rocks in the ZF indicates deposition in a tectonically-active
setting. In addition to interbedded tuffs and late-stage dolerite intrusions, some mafic sills
in the ZF display peperite contacts, indicating emplacement into soft sediment (érne et
al., 2013; Galdobina and Sokolov, 1987). Thus, the sedimentary facies of the ZF must be

interpreted within the context of this dynamic environment.
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As noted above, early work inferred that the extremely organic-rich deposits of the ZF
(up to tens of percent organic carbon by weight) were indicative of a global organic carbon
burial event (Karhu and Holland, 1996; Melezhik et al., 1999a,b). This view was refined by a
study of organic carbon and nitrogen isotope ratios in which a step-wise decrease in 8'3C g
was interpreted as a sign of massive oxidation of sedimentary organic matter resulting from
global atmospheric oxygenation (Kump et al., 2011). Since this early work considering the
deposition of these organic-rich mudstones in the context of global redox evolution, more
detailed regional studies have revealed that local factors likely also contributed to the unique

geochemical signals observed in the ZF.

Qu et al. (2012) undertook a high-resolution study of organic carbon isotope ratios
throughout the ZF and attributed the very negative 5'3C,,, values to methanotrophy oc-
curring via sulfate reduction in a methane-seep system. This inference is supported by the
abundant evidence of syndepositional magmatism, which readily provides a mechanism for
hydrocarbon generation and consumption that is analogous to modern systems (e.g., Nie-
mann et al., 2005; Orphan et al., 2002). One consequence of this vigorous methane oxidation
could have been depletion of the basinal sulfate reservoir, which is indicated by 834S values
in sedimentary sulfides that are typically positive (4+15-25%0; Paiste et al., 2018; Scott et al.,
2014). While depletion of seawater sulfate is difficult to achieve at modern concentrations
(~28 mM), this could have occurred in the Onega Basin either due to globally low sulfate
levels (Scott et al., 2014) and/or because of restricted watermass exchange with the open
ocean (thereby cutting off re-supply of sulfate). Transient excursions up to even more pos-
itive 84S values (up to +45%0) seem to support the latter scenario (Paiste et al., 2018), as

does the occurrence of massive evaporite deposits in the Onega Basin (Blattler et al., 2018).

In the midst of variable basinal restriction and methane seepage, it is conceivable that
the redox chemistry of the water column was also characterized by substantial temporal vari-
ability. Evidence for such redox fluctuations is indeed found in trace element geochemistry.
Kipp et al. (2017) found small Se enrichments and negligible Se isotopic fractionation in

organic-rich horizons of the ZF, implying local redox conditions that were strongly anoxic
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and perhaps impacted by basinal restriction. In the same samples, Asael et al. (2013) found
muted enrichment and isotopic fractionation of molybdenum (Mo) and uranium (U), con-
sistent with the Se data. However, Lepland et al. (2014) and Mand et al. (in review) have
reported extremely large Mo and U enrichments in the upper portion of the ZF. Such stark
differences require a substantial change in local and/or global redox chemistry between the
deposition of these different portions of the ZF. Joosu et al. (2015) documented negative
cerium anomalies in diagenetic apatite from the upper, trace-metal-enriched portion of the
ZF, suggesting that this enrichment in trace metals indeed corresponds to evidence for some
amount of oxygenated seawater in the basin at that time. By analogy to modern settings,
the evidence for organic matter accumulation and redox fluctuations in the Onega Basin
suggest that this setting may have been ripe for phosphogenesis at times. Indeed, the fact
that diagenetic apatite and trace metal enrichments broadly co-occur in the upper ZF (Le-
pland et al., 2014) seems to support the notion that there is a shared redox-dependence of
these processes. However, previous studies have not undertaken a stratigraphically-resolved
investigation of various proxies for redox chemistry and basinal restriction. In the present
investigation, we aim to use a suite of proxies for paleo-redox conditions and watermass

restriction in order to tease apart the various controls on phosphogenesis in the ZF.

2.3.83 Samples from FAR-DEEP

Samples utilized in this study come from cores that were drilled as part of the Fennoscandia
Arctic Russia — Drilling Early Earth Project (FAR-DEEP). In total the FAR-DEEP cores
recovered >3500 m of Paleoproterozoic volcanic and sedimentary rocks; two of the cores
(12AB, 13A) intersect the ZF (Figs. 2.1, 2.2). Both cores 12AB and 13A are predominantly
comprised of sedimentary rocks, with <30% of the stratigraphy consisting of tuff beds, mafic
lava flows and dolerite sills.

The lower portion of core 12AB (>150 m depth) contains mostly greywackes, marls
and mudstones, with minor dolostones and mafic intrusions. A massive organic-rich rock,

sometimes referred to as “shungite” after the town of Shunga near the site of FAR-DEEP
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Figure 2.2: Stratigraphic context of FAR-DEEP drill cores 12AB and 13A. Ages adapted
from Martin et al. (2015) and references therein. Colors and patterns for each unit follow those

used in Figure 2.1
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13A (Melezhik et al., 1999b), is present from 136 to 156 m and represents petrified oil. Atop
this layer are mudstone-marls and dolerite sills until ~50 m depth. The top ~50 m of the
core is comprised of organic-rich mudstones and dolostones.

The lowermost portion of core 13A (196 — 240 m) is comprised of mafic lavas and
sills, followed by ~70 m of moderately organic-rich (0 — 15% TOC) greywackes, marls and
mudstones. Mafic lavas and sills comprise 86 to 129 m, with thin interbeds of siliciclastic
sediments. The upper contact of these intrusive layers (86 — 91 m) displays a peperite texture
indicative of emplacement into soft sediment (érne et al., 2013). Atop the magmatic rocks
is a ~90 m succession of dolostones and organic-rich mudstones.

Additional samples were obtained from a ~7 m outcrop section in an abandoned mining
area near the Shunga village, close to the drill site of core 13A (Fig. 2.1). These samples
were studied by Lepland et al. (2014) and are extremely enriched in organic matter (up to
>50 wt. % TOC) and phosphorus (up to >15 wt. % P50s5). Stratigraphically, the outcrop
roughly corresponds to the uppermost portion of core 12AB (<12 m) and the ~35-50 m
interval in core 13A (Lepland et al., 2014).

2.4 DMethods

2.4.1 Major and trace element concentrations

The abundance of major and trace elements was determined by X-ray fluorescence (XRF)
spectrometry at the Geological Survey of Norway using the Philips PW 1480 and PANanalyt-
ical Axios instruments. For major element analysis, pre-combusted (1000°C) sample powders
were fused to a bead with lithium tetraborate. For trace element analysis, sample powders
were mixed with Hoechst wax in a Spex Mixer and then pressed into a pellet. Detection
limits were <0.01% for major element oxides (AlyO3, FeyO3, PoO5 and TiO,), <10 ppm for
Mo and U, <4 ppm for Th, and <2 ppm for Ni and Cu. The XRF data were also used to
constrain Se concentrations prior to analysis via HG-MC-ICP-MS; the detection limit for Se

via XRF was <5 ppm.
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Enrichment factors (EF) were calculated for P, Ni, Cu, Mo, U and Se following the
approach described by Tribovillard et al. (2006) and Anbar et al. (2007). In all cases, the
enrichment factor represents the abundance of the element of interest relative to a detrital
tracer in the sample, normalized to the ratio of that element and its detrital tracer in the

upper continental crust, such that

Xsample / szample
Xcrust / }/;rust

X(EF) = (2.1)

where X represents the element of interest and Y is its respective detrital tracer.

Following previous work (Anbar et al., 2007; Cole et al., 2017; Tribovillard et al., 2006),
aluminum was used as the detrital tracer for Mo, Cu and Se, titanium (TiO,) was used for
P and Ni, and thorium (Th) was used for U. We used the upper crust composition estimate
of Rudnick and Gao (2003) in all calculations except for two instances. For the crustal
Mo/Al ratio, we followed Anbar et al. (2007) in using the estimate of 0.19 (ppm/wt. %)
from Taylor and McLennan (1995) so that our results would be comparable to previously
published data. Similarly, for the crustal Se/Al ratio we adopted a value of 0.017 (ppm/wt.
%), following recent studies (Koehler et al., 2018; Stiieken et al., 2015a) that used data from
Taylor and McLennan (1995) and Li and Schoonmaker (2003), in order for our data to be

directly comparable with recent work on Se in Precambrian marine sedimentary rocks.

2.4.2  Total organic carbon and total sulfur concentrations

Total organic carbon (TOC) and total sulfur (TS) concentrations were measured at Acme
Analytical Laboratories, Canada using a LECO carbon/sulfur analyzer. De-carbonated pow-
ders were used for TOC measurements; bulk rock powders were used for T'S measurements.
The detection limits were <0.02% for TOC and <0.01% for TS.

Additional total sulfur measurements on select samples were conducted in IsoLab at the
Department of Earth & Space Sciences, University of Washington. Bulk sample powders
were weighed into tin cups along with V,05 as a combustion aid. Samples were analyzed

on a Furovector Elemental Analyzer coupled to a ThermoFinnigan MAT253 continuous flow
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isotope ratio mass spectrometer. The average analytical precision, determined by replicate

analyses of an in-house standard, was £2% (relative error).

2.4.8 Selenium concentrations and isotope ratios

Bulk rock powders were prepared for measurement of Se stable isotope ratios following
published protocols (Stiieken et al., 2013). Rock powders were digested in a combination of
HF, HCIO4 and HNOs3. Thiol cotton fiber was used to isolate Se from the digests. Purified
Se solutions were treated with aqua regia prior to evaporative concentration for analysis.

Selenium stable isotope ratios were measured using a Hydride Generator-Inductively
Coupled Plasma-Mass Spectrometer (Nu Instruments) housed in the Isotope Geochemistry
Laboratory at the Department of Earth & Space Sciences, University of Washington. The
operating environment (torch position, carrier gas flow rate, lens voltage potentials) was
tuned daily to optimize signal strength and stability. All Se isotope data are reported in
delta notation as 8°%/78Se values relative to NIST reference SRM 3149 (cf. Carignan and
Wen, 2007), because under our analytical protocol masses 82 and 78 are least affected by
isobaric interferences (Stiieken et al., 2013).

In-house standard UW-McRae (n = 22) and USGS standard SGR-1 (n = 10) were
analyzed in all analytical sessions. The Se concentrations (3.1 + 0.4 ppm, 3.3 £+ 0.2 ppm)
and 8%2/™Se values (0.76 £ 0.20%o, -0.13 £ 0.26%0) obtained for these materials are in
agreement with previous studies (Kipp et al., 2017; Kurzawa et al., 2017; Mitchell et al.,
2012; Stueken et al., 2013). The average analytical precision of all replicate samples was

+0.24%0 (1o, n = 24).
2.5 Results

The P505 content of samples from cores 12AB and 13A ranges from 0.01% to 1.38% (Figs.
2.3, 2.4). Throughout most of the sedimentary portion of the core, P;O5 remains close
to average Precambrian shale (~0.1%; Reinhard et al., 2017). Horizons of higher P,O5

concentrations are observed in both cores (Figs. 2.3, 2.4) as well as in the correlative outcrop
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Figure 2.3: Chemostratigraphy of FAR-DEEP core 12AB. Grey shaded regions denote
intervals of P enrichment. In 5%2/78Se plot, dashed line denotes crustal composition, dotted red line

denotes modern seawater composition, error bars are 1c.

section (Fig. 2.5), where P2Oj5 exceeds 15% (Lepland et al., 2014).

A correlation is observed between P,O5 and TiOs in both cores (Fig. 6), though both
cores contain a population of samples that plot at distinctly higher P,O5/TiO5 ratios. When
normalizing the stratigraphic P trends to TiO,, the same pattern is observed (Figs. 2.7, 2.8).

The intervals of P enrichment (grey shaded regions in Figs. 2.3, 2.4, 2.7, 2.8), also
feature higher TOC and TS (Figs. 2.3, 2.4) as well as increases in the enrichment of Fe, Mo,
Ni and Se (Figs. 2.3, 2.4). In particular, large P enrichments are shown to begin around an
Fe/Al ratio of ~0.6 in both cores (Fig. 2.9). Positive correlations are observed in both cores

between P (EF) and Ni (EF) as well as P (EF) and Cu (EF) (Fig. 2.10).

The abundance of P;Oj5 is moderately correlated with Fe;O3 in non-P-enriched samples
from both cores (Fig. 2.11A, C); however, the correlation is weaker or absent in P-enriched
samples. In contrast, PoO5 does not strongly correlate with TOC in either core (Fig. 2.11B,
D). The Coyq:P ratios in both cores are typically greater than 1000, which is much higher
than the modern Redfield ratio or the values observed in modern marine sediments (typical

Corg:P of ~250; Ruttenberg, 2003).
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2.6 Discussion

2.6.1 Stratigraphic trends in phosphorus enrichment

Relative to P concentrations in roughly co-eval Precambrian marine sediments, the “back-
ground” conditions during deposition of the ZF are unremarkable. For instance, the intervals
from 205 — 240 m and >270 m in core 12AB (Fig. 2.3), as well as the interval >150 m in
core 13A (Fig. 2.4) have a mean P5,O5 concentration of 0.07%, which is quite similar to the
mean of all Precambrian marginal marine siliciclastic sediments observed in Reinhard et al.
(2017). Thus, despite the unique tectonic setting of the ZF, in some respects background P
burial appears normal.

However, notable exceptions occur in transient episodes of P-rich sedimentation (grey
shaded regions in Figs. 2.3, 2.4). In these intervals, PoO5 reaches ~0.5% and even exceeds
1% in some cases (Figs. 2.3, 2.4). In the outcrop near Shunga village, PoO5 reaches >15%
(Fig. 2.5). In the case of the Shunga outcrop samples, the extremely high P levels and
previously-described phosphatic nodules clearly demonstrate that this enrichment is due to
diagenetic apatite precipitation (Lepland et al., 2014). For the smaller enrichments observed
in the drill cores, we sought to confirm that these are indeed authigenic enrichments (and
not artifacts of differential detrital P delivery) by normalizing the P data to titanium (as
TiO3), which can be used as a detrital tracer with similar geochemical behavior to P (e.g.,
Filippelli et al., 2003; Latimer and Filippelli, 2001).

Across the entire dataset, PoO5 shows a correlation with TiO in a sub-set of samples
(Fig. 2.6), likely defining a trend of varying detrital input. Many samples in fact have lower
P505/TiO, ratios than the upper continental crust (<0.23; Rudnick and Gao, 2003). This
likely does not reflect a change in crustal composition, as estimates of Archean P;O5/TiOs
ratios are not substantially different (~0.18; Greber et al., 2017) and many samples in our
dataset plot below that value as well (Fig. 2.6). Instead, the very low P levels in these
sediments may derive from the fact that P burial is very inefficient in anoxic settings, with

P tending to get recycled back into the water column instead of incorporated in authigenic
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Figure 2.6: P205 vs. TiO2 in core 12AB (A) and core 13A (B). Solid red line denotes
P205/TiO2 ratio of upper continental crust (Rudnick and Gao, 2003); dashed red line denotes
estimated composition of Archean crust (Greber et al., 2017). Grey dotted lines denote contours

of P (EF), with the most enriched samples plotted toward the top left of the plot.

phases (Ingall and Jahnke, 1994). Thus, these data may lend some support to the notion
that limited P burial in the Precambrian ocean is in some way related to inefficient anoxic

P burial (Poulton, 2017).

In contrast, many other samples in our dataset have P,O5/TiO, ratios that substantially
exceed the crustal value. These samples are enriched in P relative to the upper continental
crust by factors of ~10 to >100, suggesting that P transport to the sediments and precipita-
tion of diagenetic apatite were occurring at these times. This quantification of P enrichment
relative to crustal values makes the PoO5/TiOs ratio useful for considering the environmental

controls on P enrichment, which we will explore below.

Lastly, when the drillcore data are normalized for detrital inputs (PyOs5/TiOs), the
stratigraphic trends resemble those of total P;Os concentrations (Fig. 2.7). The most
parsimonious explanation of this similarity is that both parameters are tracking authigenic
P enrichment. We therefore consider the intervals of high P,O5; and high P,0O5/TiOs to

represent deviations from the “background” conditions, during which times the cycling of
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same intervals of P enrichment.

P changed such that sedimentary enrichment became feasible. In the rest of the paper, we
consider what environmental factors could have enabled certain horizons of the ZF to become

enriched in P while others did not.

2.6.2 Relationship between phosphorus enrichment and redox conditions

One possible explanation for transient episodes of sedimentary P enrichment is that redox
conditions shifted in those times to a regime more favorable for phosphogenesis. It is known
that in modern marine sediments, fluctuating redox conditions can favor phosphogenesis
by promoting the activity of sulfur-oxidizing bacteria (e.g., Thiomargarita and Beggiatoa).
These bacteria accumulate phosphate within their cells and occasionally release it to porewa-
ters in times of more reducing conditions, thereby stimulating diagenetic apatite precipitation
(Schulz and Schulz, 2005). These bacteria require porewater sulfide, implicating sulfate re-
duction below a certain level in the sediments, as well as a supply of oxidants, requiring
oxidant penetration to some depth in the sediments.

Such a scenario has previously been invoked to explain phosphogenesis in the ZF on
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the basis of Thiomargarita-sized phosphate nodules as well as large trace metal enrichments
suggestive of fluctuating redox conditions (Lepland et al., 2014). In this model, the back-
ground conditions in the basin are more strongly anoxic, with periods of redox fluctuations
near “suboxic” conditions. Here we explore this hypothesis further using an array of major
and trace element proxies with various redox sensitivities.

First we consider the iron to aluminum (Fe/Al) ratio. In the modern ocean, the Fe/Al
ratio of siliciclastic sediments increases under reducing conditions, particularly in anoxic and
sulfidic (i.e., euxinic) settings, when Fe is efficiently scavenged during pyrite precipitation
(Lyons and Severmann, 2006). In modern euxinic settings, such as the Black Sea, Fe/Al
ratios range from 0.6 — 1.2 (Lyons and Severmann, 2006). Average shales, in contrast, have
an Fe/Al ratio of ~0.5, which is the Fe/Al ratio of the upper continental crust (Rudnick
and Gao, 2003; Taylor and McLennan, 1995), reflecting a trend of detrital input. Thus, if
episodes of P enrichment were associated with the proliferation of sulfur-oxidizing bacteria,
which thrive in settings with sedimentary sulfate reduction, we might expect to see a positive
correlation between P enrichment and Fe/Al ratios.

Across our dataset, large P enrichments seem to initiate around the modern euxinic
Fe/Al values of 0.6 — 1.2 (Fig. 2.8). This is consistent with higher sulfate reduction rates
during episodes of phosphogenesis in the ZF. The fact that some Fe/Al ratios are much higher
than observed in modern sediments (>10) can in part be attributed to low detrital input,
as the samples with the highest Fe/Al ratios tend to have very low Al,O3 concentrations.
Additionally, it is possible that some of the Fe/Al ratios >> 1 in fact reflect progressively
stronger euxinia. In that scenario, the fact that P enrichments peak at moderate Fe/Al
ratios could reflect that fact that phosphogenesis benefits from fluctuating redox conditions
with oxidants meeting hydrogen sulfide in sediment porewaters (Schulz and Schulz, 2005).
Strongly euxinic deposition, on the other hand (i.e., euxinic bottom waters), would tend to
be unfavorable for the sulfur-oxidizing bacteria that are known to mediate phosphogenesis.
In either case, the data from P-enriched samples seem to fit with the redox-fluctuation

mechanism for phosphogenesis, at least when viewed through the lens of the Fe/Al proxy.
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Figure 2.8: Phosphorus enrichment vs. Fe/Al in core 12AB (A) and core 13A (B).
Grey shaded region denotes range of Fe/Al ratios observed in modern euxinic sediments (Lyons
and Severmann, 2006). Dashed line denotes crustal PoO5/TiO9 ratio (0.234; Rudnick and Gao,
2014), which corresponds to P (EF) = 1. Red diamonds denote samples with >0.3 wt. % P30s;
all other samples are shown as blue circles. An increase in P enrichment is seen at Fe/Al ratios

similar to those of modern euxinic sediments.

Another implication of this mechanism — namely, that redox fluctuations supportive
of sulfur-oxidizing bacteria were enabling phosphogenesis in the ZF — is that diagenetic
sulfide minerals should also be more abundant in the P-rich horizons than in the background
intervals. This is precisely the pattern that is observed in the drill cores (Figs. 2.3, 2.4).
Importantly, it is known from sulfur isotope ratios (8**S) in sedimentary sulfides of the ZF
that the basin was sulfate-limited (Paiste et al., 2018; Scott et al., 2014). This means that the
increases in the rate of sulfate reduction and diagenetic sulfide burial during these episodes
were likely driven by growth of the basinal sulfate reservoir, instead of merely a shift in the

redox state of deep waters.

An increase in the size of the basinal sulfate reservoir could have promoted phosphogene-
sis in multiple ways. First, as mentioned above, stimulation of sulfate reduction in sediment

porewaters could have promoted the proliferation of sulfur-oxidizing bacteria, which are
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known to directly mediate phosphogenesis through uptake and release of phosphate (Schulz
and Schulz, 2005). Second, in addition to the direct bacterial role in phosphate supersat-
uration, sulfate reduction can also indirectly promote diagenetic apatite precipitation by
increasing alkalinity in porewaters (Jahnke, 1984). Third, if P burial in the basin was lim-
ited due to high burial efficiency during “background” intervals because of a scarcity of
oxidants (including sulfate, cf. Kipp and Stiieken, 2017), then an increase in sulfate levels
(globally or locally) could have stimulated P recycling and productivity, thereby promoting
phosphogenesis.

The latter scenario is consistent with observed co-incident increases in Ni and Cu in the
P-rich horizons (Figs. 2.3, 2.4). Both Ni and Cu are predominantly sourced to sediments via
organic matter and are efficiently scavenged under euxinic conditions, meaning that increases
in Ni and Cu can reflect higher rates of organic matter export to sediments (Tribovillard
et al., 2006). In both cores, PoO;/TiO, ratios are correlated with Ni (EF) and Cu (EF)
(Fig. 2.9); albeit only weakly in core 12AB. This is consistent with greater organic matter
export to sediments (and perhaps higher rates of primary productivity) during episodes of
phosphogenesis; however, the fact that heightened euxinia can also influence Ni and Cu
scavenging makes it difficult to disentangle the competing role of benthic redox on these
enrichments. In both cases, however, the coincident enrichments of Ni and Cu in the P-rich

horizons support the redox mechanism for phosphogenesis in the ZF.

In addition to Ni and Cu enrichments, molybdenum (Mo) is enriched in the P-rich
horizons, as evidenced by large increases in the Mo/TOC ratio (Figs. 2.3, 2.4). In the
modern ocean, Mo is efficiently scavenged under euxinic conditions (Helz et al., 1996). Across
basins with similarly reducing bottoms waters, differences in sedimentary Mo/TOC ratios
have been shown to correlate with aqueous Mo concentrations (Algeo and Lyons, 2006). The
primary driver of differences in aqueous Mo concentrations is basinal restriction, where more
restricted basins tend to progressively deplete their Mo reservoir, leading to a “reservoir
effect” where sedimentary enrichments become smaller with time (Algeo and Lyons, 2006).

Thus, Mo/TOC can trace either benthic redox and/or the size of the aqueous Mo reservoir.



20

P,05/TiO;
P,05/TiO;

©
—
.

P,0s5/TiO,
P,05/TiO,

Ni (EF) Cu (EF)
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export production during phosphogenic intervals, as well as perhaps stronger euxinia.
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The higher Mo/TOC ratios in times of P-rich deposition have two possible explanations.
First, it is possible that a shift from anoxic to euxinic deposition promoted more efficient
Mo scavenging to sediments. Second, it is possible that the aqueous Mo reservoir grew due
to influx of waters from the open ocean. These two scenarios are not mutually exclusive. As
mentioned above, the fact that the basin was sulfate-limited implies that episodes of greater
sulfate reduction would likely have been stimulated by an influx of sulfate. It is therefore
conceivable that influx of seawater to the basin would have also brought a renewed supply
of Mo. On top of this mechanism, though, it is quite likely that the expansion of euxinia
promoted more efficient Mo scavenging. Thus, we take the Mo/TOC trends to be suggestive

of both seawater influx and increasing benthic sulfate reduction rates.

Lastly, we use the Se data to disambiguate between some of the potential interpretations
presented above. First, we find that Se is also enriched in the intervals of P enrichment (Figs.
2.3, 2.4). As with Mo, this could either derive from an increase in scavenging efficiency
and/or an increase in the aqueous Se concentration. However, as Se is efficiently scavenged
under anoxic (and not just euxinic) conditions (e.g., Cutter, 1982; Rue et al., 1997), and the
background deposition of the ZF is thought to have been anoxic (Asael et al., 2013; Scott
et al., 2014), it is unlikely that merely a shift in redox conditions explains the observed Se
enrichment trend. Thus, we take the Se enrichments as further support for influx of seawater

to the basin during episodes of P enrichment.

Second, we note that Se isotopes are not largely fractionated within most of the P-
rich horizons (Figs. 2.3, 2.4). For the most part, 5%2/™Se values across both cores fall
close to the crustal value (0%o; Stiieken, 2017) and modern seawater composition (+0.3%;
Chang et al., 2017; Stiieken et al., 2015b; Stiieken, 2017). This implies that sequestration
of Se in sediments was proceeding efficiently, without a kinetic isotopic preference. Such
a scenario is consistent with quantitative oxyanion reduction, which is thought to occur in
restricted, anoxic basins in the modern ocean (Stiieken et al., 2015b; Stiieken, 2017) and
recent geological past (Kipp et al., submitted). This would thus seem to be further support

for the inference of basinal restriction, though we note that with a small global Se reservoir
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at this time, in the aftermath of the GOE (Kipp et al., 2017), it is perhaps likely that
quantitative Se oxyanion reduction would have been more feasible in open marine settings
as well.

There are two notable instances where 3%%/78Se values do markedly shift. The first is
around ~150m in core 12AB (red shaded region in Fig. 2.3). This is an anomalous horizon,
since the material in this portion of the core is a massive, organo-siliceous rock thought to
derive from migrated pyrobitumen (i.e., “fossilized oil”). This interval has been interpreted
as an asphalt spill onto the seafloor (Qu et al., 2012), which is further evidence for the
seep-affected environment and active tectonic setting. Interpretation of 8%2/78Se values in
this horizon is thus difficult, as it is unclear what proportion of the Se was sourced from
export production (as typically occurs during marine Se burial) and what proportion derives
from the hydrocarbons, which were subject to extensive diagenetic and catagenic re-working
that could have altered Se isotope signatures. We therefore do not attempt to interpret this
isotopic excursion in the context of water column paleo-redox.

In contrast, another negative 8%/ 78Se excursion occurs near ~40m in core 13A (Fig. 2.4).
In this case, the sedimentological context (organic-rich dolostone and siltstone) does seem
to suggest that the isotopic shift is recording paleo-redox conditions. The fact that 8%2/78Se
is depleted relative to crustal values suggests non-quantitative oxyanion reduction. In the
modern ocean, this primarily occurs in open-marine settings where porewater Se reduction
is coupled to a large Se supply from oxic ocean water (Mitchell et al., 2012; Stiieken et al.,
2015b). Thus, the transition toward lighter Se isotope ratios might reflect a larger aqueous
Se reservoir that was not being quantitatively consumed. It could also reflect less-reducing
conditions, leading to less efficient Se reduction, which is also consistent with the smaller
Se enrichments during the negative isotopic excursion. It is difficult to parse out which of
these mechanisms was the dominant control on Se behavior, but it is possible that both were
occurring to some extent.

To summarize, a variety of paleo-redox indicators provide suggestive evidence that con-

ditions shifted from anoxic (but not euxinic) during background intervals to more variable
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during times of P-enrichment, with higher rates of sulfate reduction and perhaps also periodic
supply of oxidants to sediments. These inferences are consistent with previous hypotheses
about redox conditions during phosphogenic episodes in the ZF (Joosu et al., 2015; Lepland
et al., 2014), but now this array of stratigraphically-constrained geochemical data can be
leveraged to address the underlying drivers of redox variability across the ZF. Below we

explore one such mechanism.

2.6.3 Relationship between phosphorus enrichment and basinal restriction

As noted above, the trends in a number of the paleo-redox indicators could potentially
be explained by prevailing basinal restriction punctuated by intervals of greater seawater
influx to the basin. Higher Fe/Al and TS in P-rich horizons imply that sulfate reduction was
somehow stimulated in these intervals. Given the sulfate-limited nature of the basin, this was
likely stimulated by growth of the basinal sulfate reservoir. While such transient pulses could
potentially be attributed to global waxing and waning of the sulfate reservoir (e.g., Scott et
al., 2014), recent work has established that the global marine sulfate reservoir approached
its modern size during deposition in the Onega Basin (>10 mM; Bléttler et al., 2018).
Such a large reservoir would be well-buffered against rapid, large-magnitude fluctuations in
sulfate concentrations, as evidenced by the 107-10® yr periodicity in reconstructions of large-
magnitude oscillations in the Phanerozoic sulfate reservoir (Algeo et al., 2015; Berner, 2004;
Halevy et al., 2012), consistent with an inferred ~20 Myr marine residence time of sulfate
(Claypool et al., 1980; Holland, 1973). Thus, we favor an alternative interpretation: that
intervals of enhanced communication between the basin and open ocean brought a re-supply
of sulfate from the global marine reservoir, thereby stimulating sulfate reduction and the
observed transient episodes of redox-sensitive trace metal enrichment and P burial.

Along with sulfate, an influx of seawater would likely have also replenished the supply of
macronutrients (i.e., N and P). The existing 5!°N data from the ZF show only slight changes
across the core (Kump et al., 2011), implying consistent aerobic nitrogen cycling in surface

waters of the basin — similar to other roughly coeval organic-rich shales that were deposited
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in open marine settings (Kipp et al., 2018). To a first-order, this suggests that surface waters
remained oxygenated and amenable to nitrate accumulation even in the “more restricted”
intervals. This is unlike the modern Black Sea, for instance, which has depleted its nitrate
reservoir and is dominated by a 3'°N signature of nitrogen-fixation in its sediments (e.g.,
Fulton et al., 2012), and perhaps provides some constraint as to the severity of the basinal
restriction.

Although the 3N data do not clearly point to a change in the macronutrient balance
of the basin during phosphogenic episodes, the enrichment of Ni and Cu in these intervals
may suggest that rates of export production (and thus rates of primary production in surface
waters) were indeed higher at these times. This is further supported by the breakdown of
the PoO5 vs. TiOs correlation in P-rich samples (Fig. 2.6), which implies that another
source of P exceeded the detrital input of P to sediments (which could very likely have been
organic matter exported from the photic zone). Thus, it is possible that in influx of nutrients
stimulated productivity (more likely via P than N) at these times.

Additionally, as noted above, the Mo/TOC and Se data are best explained by growth
of the basinal Mo and Se reservoirs during phosphogenic episodes. This is particularly clear
for Se, which would have been effectively scavenged during the background anoxic depo-
sition, and so likely requires an additional input to explain the large enrichments during
phosphogenic episodes. One possible explanation for such an increase in aqueous Mo and
Se reservoirs is an increase in the intensity of oxidative continental weathering. Such a
mechanism could perhaps explain the increase in sulfate as well. However, as mentioned
before regarding the size of the marine sulfate reservoir — this mechanism would be invok-
ing much larger magnitude global changes, which implies substantial changes in the global
balance of the sulfur and oxygen cycles. We thus posit that the trends observed in these
major and trace element proxies are best explained by changes in basinal hydrography, where
more open-marine-influenced conditions were co-incident with the episodes of sedimentary
P enrichment.

We further explore this hypothesis using molybdenum-uranium (Mo-U) co-variation,
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following Algeo and Tribovillard (2009) who pioneered the technique using Paleozoic black
shales. The logic of this comparison is that the relative enrichment pattern of these elements
can be informative of the redox and hydrographic conditions, since each element has distinct
processes controlling transport to sediments and also a different abundance in seawater.
Specifically, Mo can be transported to sediments via a Mn-oxide “particulate shuttle” when
surface waters are oxic, unlike U (Algeo and Tribovillard, 2009; Crusius et al., 1996; Morford
and Emerson, 1999; Murray, 1975). In weakly restricted basins that deplete some of their
trace metal inventory, Mo can thus become more enriched than U due to continued scavenging
via Mn-oxides at the chemocline. If such settings become strongly restricted, a trend toward
higher U (EF) but constant Mo (EF) is observed, reflecting depletion of the Mo reservoir
under restricted conditions and euxinic bottom waters. In contrast to restricted basins, open
marine settings follow a different trajectory with x-intercepts > 1 U (EF). This is due to
the fact that U can be scavenged under suboxic conditions, whereas Mo is only efficiently
sequestered in the presence of sulfide (Morford and Emerson, 1999; Tribovillard et al., 2006).
As open marine settings transition from suboxic toward anoxic and euxinic conditions, they

follow a trajectory toward equal Mo and U enrichment factors.

While this technique was developed using sediments deposited after oxygenation of the
deep ocean (Algeo and Tribovillard, 2009), and thus has been calibrated to different trace
metal inventories than are likely to have persisted in the Paleoproterozoic, the relative pattern
of Mo-U enrichment is still likely to hold due to the same removal processes dictating their
behavior (i.e., the same redox thresholds).

We find that samples from intervals of background anoxic deposition plot along the
“particulate shuttle, weakly restricted basin” trajectory (Fig. 2.10). This is consistent with
our inference above that the basin had limited exchange with the open ocean during much
of its depositional timeframe. Additionally, the lack of evidence for strong restriction is
consistent with the positive 8'°’N values, as mentioned above. In contrast, the few data
from P-enriched samples perhaps show a different trend that is shifted toward the “open

ocean, redox variation” trajectory (Fig. 2.10). This would be expected if the episodes of
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Figure 2.10: Mo (EF) vs. U (EF) in core 12AB. Red diamonds denote samples with >0.3%
P20s5; all other data shown in blue circles. Solid line denotes the Mo/U ratio of modern seawater;
dashed and dotted lines denote 0.3x and 0.1x the seawater ratio, respectively. The trajectory
of non-P-enriched samples follows that expected for a particulate shuttle operating in a weakly

restricted basin. In contrast, P-enriched samples seem to plot closer to the open-marine trajectory.

Plot modified after Algeo and Tribovillard (2009).

P enrichment indeed occurred during times of greater communication of the basin with the
open ocean, and perhaps also featured variable benthic redox conditions. While the inference
from the P-rich samples is limited by the small number of samples, the more general trend
reflecting a weakly restricted basin is consistent with our inferred role of basinal hydrography

in explaining the geochemical trends observed across the ZF.

To summarize: while no single proxy serves as a “smoking gun” for stark changes in
basinal circulation between phosphogenic and background conditions, the aggregation of
evidence from a diverse array of proxies is readily explained by such a mechanism. We thus

take this to be the most parsimonious provisional explanation for the control of P enrichment

in the ZF.
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2.6.4 Dominant controls on P enrichment: Fe-scavenging, high burial efficiency, or muted

anoxic burial?

Finally, we consider whether the observed trends in P enrichment can tell us anything about
the dominant mechanism causing limited background P burial at this time in the Precam-
brian. Precambrian shales average <0.1 wt. % P50O5 (Reinhard et al., 2017), in contrast
to what is observed in these transient phosphogenic episodes of the ZF, where P becomes
enriched by up to two orders of magnitude. The fact that redox fluctuations and incursions
of open marine waters may have stimulated P enrichment in the ZF can perhaps shed light

on what was limiting P burial more broadly in the Precambrian ocean.

At first glance, the role of basinal restriction provides a ready explanation. Since the
geologic record is biased toward continental sediments (Husson and Peters, 2018), including
restricted epicontinental seaways, it is at least plausible that the limited P burial observed in
the Precambrian is influenced by a lack of data from truly open marine settings. However,
while likely important on some level, this explanation does not provide an answer for why
P burial increased suddenly in the late Neoproterozoic (Reinhard et al., 2017), or why all
sedimentary archives from the Precambrian are characterized by low P, when some are fairly
certainly interpreted as open marine deposits. So we regard this explanation as insufficient,

while perhaps playing some role in the observed secular trends.

The mechanism for Precambrian P limitation that has been favored by most workers on
this topic to-date is that P was scavenged by Fe minerals in the anoxic Precambrian ocean.
Both Fe-oxides (Berner, 1973; Feely et al., 1998) and reduced/mixed-valence Fe minerals
(Hansen and Poulsen, 1999; Zegeye et al., 2012) can scavenge dissolved P from seawater,
and could conceivably have choked-out the P supply to the biosphere in the photic zone by
efficiently transporting Fe-bound P to sediments, namely in the deep ocean. While pelagic
settings are not preserved in the rock record, we still might expect to see some signature of
Fe-scavenging in marginal marine sediments. We searched for such a signature by comparing

P and Fe concentrations in these samples (Fig. 2.11A, C). We found that in background
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intervals, the P/Fe ratio is similar to that of the continental crust (which is consistent with
both the P,O5/TiO5 and Fe/Al ratios being similar to their crustal compositions), suggesting
that this is a result of detrital dominance of both the P and Fe contents of these samples. In
contrast, the most P-enriched samples (here defined as having P,O5/TiO, ratios at least 10
times higher than the upper crust) contain substantially greater P relative to Fe (Fig. 2.11A,
C). This implies that another source, besides detrital material, was contributing P to these
sediments. The weak positive P vs. Fe correlation in the P-rich samples of core 12AB (Fig.
2.11A) allows for the possibility that Fe played some role in P transport to sediments at
these times, but no such correlation is seen in core 13A (Fig. 2.11C). Thus, in sum, despite
observing correlations between P,O5 and Fe;O3, we find no compelling evidence for strong
scavenging of P from the water column via Fe minerals. In the phosphogenic intervals, in

particular, another source must have been transporting P to sediments.

The other viable route of P transport to sediments is with organic matter. It has been
proposed that high burial efficiency of organic carbon (and associated P) could have been
the dominant throttle on low Precambrian P levels (Kipp and Stiieken, 2017; Laakso and
Schrag, 2018), rather than Fe-scavenging. In such a model, P would be expected to occur
in stoichiometric proportions with organic matter. While the molar C:P ratio of primary
producers in the Precambrian is highly uncertain (Planavsky, 2014), we can consider a range
of values that spans the modern (C:P = 106) to extremely high (C:P = 1000) to get a sense of
the plausibility of this mechanism. In both cores, there is no significant correlation between
P,05 and TOC (Fig. 2.11B, D). To a first order, this would seem to suggest that organic
matter was not the dominant P source to sediments, in background intervals or in times
of phosphogenesis. However, there are multiple complicating factors precluding this simple
interpretation.

First, the remineralization of organic matter can variably increase the C:P ratio (Clark
et al., 1998; Ruttenberg, 2003), thus obfuscating the stoichiometric relationship between
TOC and P50s5 in sediments. Tracers for original organic matter content, such as Ni and

Cu, should allow stronger inferences about the relationship between P levels and exported
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Figure 2.11: P205 vs. Fez03 (A, C) and P205 vs. TOC (B, D) in core 12AB (A, B)
and core 13A (C, D). Red band in panels A and C denotes crustal P2O5/Fe2O3 ratio (0.167;
Rudnick and Gao, 2014). Contours in panels B and D denote molar C:P ratios of 106, 400 and 1000.
Red diamonds denote samples with PoO5/TiO4 ratios that are 10x or more enriched relative to the
crustal ratio (0.234; Rudnick and Gao, 2014); blue circles denote all other samples. Non-P-enriched
samples tend to have PoO5/FeaO3 ratios near the crustal value, while P-enriched samples have more
P relative to Fe. The C/P ratios of all samples are much higher than observed in typical modern
marine sediments or biomass, suggesting either extensive remineralization of organic-bound P or

dilution via addition of migrated bitumen.
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organic matter. As shown above, the correlation of P enrichment with both Ni and Cu
is suggestive of such a mechanism (Fig. 2.10). However, this alone is not conclusive of
organic matter dominating the P flux to sediments. In phosphogenic episodes, it is likely
that greater organic matter export brought more P to sediments; however, in background
intervals, detrital P seems to dominate the signal. Second, the migration of hydrocarbons
during and after deposition of the ZF likely played a role in elevating the TOC content of
these rocks. Thus, it is unclear to what extent the sedimentary C,,4:P ratios reflect processes
akin to what is observed in typical modern settings.

While observed co-variation (or lack thereof) of PoOs with FeoO3 and TOC does not
clearly implicate either the Fe-scavenging or limited recycling mechanism for low Precambrian
P levels, this dataset can perhaps be used to assess the third model: inefficient anoxic P burial
(Ingall and Jahnke, 1994) leading to high marine P levels and high Precambrian productivity
(Lenton et al., 2014). The fact that Ni and Cu pulses are stratigraphically-constrained to
the same horizons that feature P enrichment (Figs. 2.3, 2.4) is suggestive of an increase in
export production at these times. If productivity were in fact high even during background
intervals, we might expect to see greater enrichments of Ni and Cu in those intervals than are
observed. This doesn’t mean that anoxia does not play a role in setting the efficiency of P
burial — if anything, the fact that many P,O5/TiO, ratios plot below the crustal ratio could
be suggesting that background P burial is indeed plagued by recycling of P out of sediments
(cf. Ingall and Jahnke, 1994). Rather, our interpretation is that such a mechanism must be
co-occurring with one or both of the other mechanisms described above, such that episodes of
sedimentary P enrichment are the result of both heightened export production and permissive

benthic redox conditions.
2.7 Conclusion

We have shown that sedimentary P enrichment in the ~2.0 Ga Zaonega Formation was
influenced by variable redox conditions as well as basinal restriction. One the one hand,

this finding suggests that the low P levels observed in Precambrian shales could in some
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instances be an artifact of deposition in a restricted basin. On the other hand, the fact that
communication with the open ocean stimulated phosphogenesis seems at odds with the gen-
erally low P concentrations in shales of this age. One explanation for this discrepancy is that
transient, global pulses of oxygenation spurred sporadic phosphogenesis throughout the Pa-
leoproterozoic. Another, perhaps more parsimonious, interpretation is that semi-restricted
basins are in some ways favorable for phosphogenesis, which is supported by the occurrence
of other phosphorites in epicontinental seaways (Sheldon, 1981). Overall, this work sug-
gests that the record of low P concentrations in marginal marine siliciclastic sedimentary
rocks misses some of the dynamic behavior of the P cycle that was occurring during the
Precambrian. Importantly, the fact that a global episode of phosphogenesis is restricted to
the early-to-mid Paleoproterozoic likely tells us something about a change in sedimentary P
burial at this time. Future work can help to disentangle whether the Paleoproterozoic phos-
phogenic episode was a result of a global increase in oxygenated seawater, a larger seawater
sulfate reservoir, favorable tectonic conditions for deposition in epicontinental sea, or any

combination of these and other effects.
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Chapter 3

BASINAL HYDROGRAPHIC AND REDOX CONTROLS ON
SELENIUM ENRICHMENT AND ISOTOPIC COMPOSITION
IN PALEOZOIC BLACK SHALES

This manuscript has been submitted to Geochimica et Cosmochimica Acta. Co-authors are

Thomas Algeo and Roger Buick.

3.1 Abstract

Mass-dependent variations in selenium stable isotope ratios have recently been developed as
a paleo-redox proxy. Since the reduction of selenium oxyanions occurs at a relatively high re-
dox potential, this system holds promise for probing conditions relevant to the evolution and
diversification of eukaryotic and animal life, which required substantial dissolved oxygen lev-
els. Although several studies have identified selenium isotopic variability during oxygenation
events in Earth’s distant past, we still have only a coarse understanding of the mechanisms
controlling this isotopic variability. This currently limits the robust interpretation of sele-
nium isotope variability to first-order mechanisms driving large-magnitude changes. Here,
we explore selenium isotope variability within and among Paleozoic black shales deposited
on the North American continent that have been well-studied using a variety of other paleo-
environmental proxies. Using this combined dataset, we attempt to unravel the controls on
selenium enrichments and isotope ratios in organic-rich ancient marine sedimentary rocks.
We find that in the Late Pennsylvanian units, an estuarine nutrient trap on the Midcontinent
Shelf enabled vigorous selenium recycling, leading to very high concentrations in sediments
and progressive isotopic enrichment of the aqueous selenium reservoir. In contrast, we find

that among the Late Devonian units, differences in local basinal hydrography led to a gra-
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dient in selenium enrichment and isotopic fractionation, with the more restricted basins
depleting their selenium reservoirs and causing isotopic enrichment. In both of these case
studies, the additional context provided by complementary paleo-environmental proxies was
critical for distinguishing between possible drivers of selenium isotopic variability. Extend-
ing these findings more broadly to other paleo-environmental settings, we suggest that the
continued use of complementary datasets will enable the most robust use of the selenium
paleo-redox proxy. Furthermore, the continued development of techniques for high-precision
and phase-specific selenium isotope measurement will greatly improve the ability to deduce

subtle redox fluctuations with this proxy.
3.2 Introduction

Evaluating the redox state of ancient seawater is a key aspect of studying Earth’s environmen-
tal evolution. This task is critical to the study of rising oxygen levels throughout geologic
history, environmental triggers of early animal evolution, kill mechanisms of mass extinc-
tion events, and even oceanographic mechanisms of carbon storage on glacial-interglacial
timescales. As such, the paleoceanographic toolkit is always being refined to include novel
paleo-redox proxies with ever-more precise informative power.

Over the last two decades there has been a surge of interest in trace-element proxies for
paleo-redox conditions (Tribovillard et al., 2006; Anbar and Gordon, 2008; Algeo et al., 2012;
Little et al., 2015). Studies of redox-sensitive trace-metal enrichment have proven greatly
informative of first-order secular trends in Earth’s stepwise oxygenation (Scott et al., 2008;
Partin et al., 2013) and transient anoxic events in the more recent past (Brumsack, 2006).
Taking this a step further, the field of “non-traditional” stable isotope geochemistry has
recently grown into a discipline of its own (e.g., Teng et al., 2017), creating a potentially richer
source of information about oxidation-reduction reactions in a variety of paleo-environmental
settings.

Some redox-sensitive trace-element isotopic systems have already yielded a wealth of in-

formation about modern and ancient redox processes in seawater. For instance, molybdenum
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(Mo) isotopes in sulfidic black shales have become a well-established proxy for the global
extent of anoxic and sulfidic seawater (Kendall et al., 2017) and have allowed inferences
about the secular oxygenation of the Earth’s ocean over billion-year timescales (Arnold et
al., 2004; Dahl et al., 2010; Kendall et al., 2011; Chen et al., 2015; Kendall et al., 2015).
Uranium (U) isotopes in carbonates have recently joined Mo as a quantitatively powerful
global-ocean redox proxy, with sensitivity to the areal extent of anoxic sediments (cf. Tissot
and Dauphas, 2015), and they have been used to study a wide range of events in deep time
(Lau et al., 2016; Lau et al., 2017; Clarkson et al., 2018; Zhang et al., 2018; Tostevin et al.,
2019). In addition to inferences about redox conditions in the global ocean, more localized
redox assessments have been enabled by proxies such as the iodine content of carbonates
(Lu et al., 2010; Lu et al., 2018). As iodate (I0j37) is quickly reduced to iodide (I") in sub-
oxic water (e.g., Rue et al., 1997), iodate incorporation in carbonates is only possible under
fairly well-oxygenated waters. This high redox potential of the iodine system allows inter-
rogation of redox fluctuations close to thresholds that are relevant to eukaryotic — including
animal — life. However, without multiple stable isotopes the iodine system is less amenable

to quantitative flux reconstructions than its aforementioned counterparts.

Although the above proxies all have demonstrable power in evaluating redox conditions
in ancient seawater, there are gaps in their spatial, temporal and redox sensitivities that
might be filled by other trace-element systems. The selenium (Se) system is particularly
promising in this respect, since the high redox potential of Se oxyanion reduction is similar
to that of iodate and nitrate (e.g., Rue et al., 1997; Fig. 3.1). Furthermore, the marine
residence time of Se (103-10? yr) is of a similar order of magnitude to the ocean mixing time
(Broecker and Peng, 1982), meaning that it should yield more localized redox information
than the Mo and U systems and respond to global perturbations on shorter timescales. With
six stable isotopes, and an ability to shift between the -II, 0, +IV and +VI oxidation states
in seawater, the Se system could conceivably encode a wealth of information about redox
reactions in the marine environment. Despite this potential, Se isotopes remain much less

studied than the aforementioned proxies.
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Figure 3.1: Redox potentials of redox couplets commonly utilized in paleo-redox stud-
ies. Data generated for a pH range of 7-8. Dashed lines denote stability field of liquid water.
Reduction of selenium oxyanions begins at relatively high redox potentials, similar to the range for

iodate and nitrate reduction (Rue et al., 1997).

There are several factors that conspire to make Se a difficult system to investigate.
First, the measurement of Se isotope ratios is analytically and chemically challenging. Se
volatilization during wet chemical sample preparation can alter Se concentrations and iso-
topic compositions, requiring vigilance during digestion and evaporation. Furthermore, the
high ionization energy of Se requires sample introduction to the MC-ICP-MS via a hydride
generator (HG-MC-ICP-MS), which can be a source of signal instability. Even following
successful introduction to the plasma stream, Se measurement is complicated by substantial
isobaric interferences from germanium, arsenic, krypton and — most insidiously — argon (Ar),
which confounds analysis of the most abundant Se isotope (*°Se) through interference with
Ar dimers. Beyond these analytical challenges, Se is generally present at very low abundance
in geological materials, requiring digestion of large amounts of sample to obtain sufficient
Se for precise analysis. Despite all of these complications, however, recent methodological

developments in both the chemical preparation and analytical environment of Se isotope



75

analysis have successively pushed this isotopic system toward the realm of routine analysis
(e.g., Stiieken et al., 2013; von Strandmann et al., 2014; Kurzawa et al., 2017), opening up
the possibility that Se isotope geochemistry can soon enter the standard toolkit of chemical
oceanographers and paleoceanographers.

Although these advances have enabled the study of Se isotopic variability in a wide
range of modern and ancient marine sediments, large gaps remain in our understanding of
the behavior of Se and its isotopes across redox gradients in the modern ocean and during
(de-)oxygenation events in Earth’s past. Here, we attempt to leverage a wealth of data from
other redox-sensitive elements to better evaluate the similarities and differences between the
Se system and other proxies. Specifically, we focus on two sample sets of well-characterized
black shales deposited on the North American continent during the late Paleozoic Era in
two intervals: (a) the Late Pennsylvanian and (b) the Late Devonian. We measured Se
concentrations and isotopic ratios in 65 samples from these units and compared the data to a
variety of paleo-environmental indicators. In particular, we sought to determine the effects of
watermass restriction and local redox conditions on Se enrichment and isotopic fractionation
in these two settings. In doing so, we aimed to elucidate the mechanisms responsible for the
observed variability in Se isotope ratios and enrichment factors among the study units, with

broader implications for the further development of Se as a paleoceanographic proxy.

3.3 Selenium geochemistry

3.3.1 The selenium cycle

Selenium is a trace constituent of the upper continental crust, with a mean concentration
of 60 ppb (Stiieken, 2017). Crustal Se is predominantly found in sulfide minerals, with Se
substituting for sulfur. The Se isotopic composition (here and throughout the text reported
in delta notation as 5%%/78Se relative to Se NIST SRM 3149; Carignan and Wen, 2007) of
the upper continental crust is estimated to be ~0.0 4+ 0.5%¢ (Stiieken, 2017). The range of

582/78Se values observed in bulk marine sediments deposited across all of Earth’s history is



76

approximately —3%o to +3%o (Stiieken et al., 2015b; Mitchell et al., 2016), indicating that
substantial isotopic fractionation of Se occurs during biogeochemical cycling.

The dominant input of Se to the modern ocean is oxidative continental weathering,
whereby Se-II in crustal sulfides is oxidized to Se!V or SeV!, which form highly soluble oxyan-
ions. The process of oxidative weathering typically induces rather small isotopic fraction-
ations (<0.5%o; Johnson et al., 1999; Schilling et al., 2011). Weathering of exceptionally
Se-rich shales (up ~2 wt. % Se) has been shown to enable larger fractionations (Zhu et
al., 2014), though this is neither thought to be representative of most weathering environ-
ments nor of net global inputs. Given generally small fractionations during weathering and
transport, the riverine supply of Se to the ocean is thought to have an isotopic composi-
tion similar to the upper continental crust (~0%o). Additional Se input from volcanic gases
(which can contain HySe) plays a minor role in the global Se budget today (Stiieken, 2017),
but could conceivably have been more important early in Earth’s history prior to the onset of
significant oxidative continental weathering in the late Archean (Stiieken et al., 2012). The
isotopic composition of volcanic Se has not been directly constrained, and so it is assumed
that this flux generally matches the isotopic composition of the upper crust and does not

substantially alter the marine Se isotope mass balance.

Upon reaching the marine environment, Se is scavenged in the photic zone as an essential
micronutrient, yielding nutrient-type vertical profiles in the ocean (Measures et al., 1980;
Measures and Burton, 1980). The biological pump is the dominant vector of Se transport
from surface waters to the deep ocean and marine sediments. Se has a short residence time
(~2-3 yr) as Se oxyanions in surface waters (Cutter and Bruland, 1984) and an intermediate
residence time (10%-10* yr, similar to oceanic mixing times) as regenerated Se oxyanions in
the deep ocean (Broecker and Peng, 1982; Cutter and Bruland, 1984). The bioassimilation
of Se by phytoplankton generally imparts a small isotopic fractionation (<0.6%o; Clark and
Johnson, 2010), which may be negligible in natural systems if uptake is quantitative. The
isotopic composition of Se in planktonic biomass should therefore approximate the isotopic

composition of dissolved Se in seawater.
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Owing to its low concentration (~1-2 nM), there are very few direct measurements of Se
isotope ratios in seawater. A recently developed method for determining the concentration
and isotopic composition of Se in seawater yielded 5%2/7®Se values (scaled from 3%%/76Se as-
suming mass-dependent fractionation) of +0.27%o for deep waters of the NW Pacific Ocean
(Chang et al., 2017). This closely agrees (within a 1o analytical precision of +0.1-0.2%o; cf.
Mitchell et al., 2012; Stiieken et al., 2015b, 2015¢; this study) with a single measurement of
phytoplankton biomass (40.27%0; Mitchell et al., 2012), a single measurement of a deep-sea
Fe-Mn nodule (4+0.32%0; Rouxel et al., 2004), and mass balance calculations estimating the
Se-isotopic composition of seawater as ~+0.3%o (Stiieken, 2017).

Marine sediments are commonly enriched in Se. Sediments deposited in oxic, open-
ocean settings over the last ~500 kyr have an average (geometric mean) Se concentration of
0.68 ppm (95% confidence interval of 0.55 to 0.83, n = 100), whereas sediments deposited
in restricted, anoxic settings have systematically higher Se concentrations (geom. mean =
2.18 ppm; 95% confidence interval of 1.46 to 3.27 ppm, n = 38) (data compiled in Stiieken
et al., 2015b). For this reason, the study of Se isotopes as a paleo-redox proxy has thus far
focused predominantly on marine sediments with moderate to high Se concentrations. Our
understanding of the processes controlling Se enrichment and isotopic fractionation in these

settings is reviewed below.

3.3.2  The selenium isotope paleo-redox proxy

Removal of Se to marine sediments and fractionation of Se isotopes occur in conjunction
with various biogeochemical processes. Remineralization of organic matter in sediments
results in the release of some bio-assimilated Se, the fate of which is redox dependent. In
oxic facies, adsorption of selenite onto Fe-Mn-oxides can be significant (cf. Balistrieri and
Chao, 1990; Rovira et al., 2008). In reducing facies (i.e., the targets of the present study),
seawater Se removal follows two main pathways: (a) the burial of biologically-assimilated
Se in organic matter, and (b) the sequestration of Se as reduced oxyanions. The relative

importance of these two burial pathways is poorly constrained, though limited phase-specific
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Se measurements in modern settings suggest that the resulting Se pools can comprise roughly
similar proportions of total sedimentary Se (Velinsky and Cutter, 1990).

The first route is likely dominated by organic matter exported from the photic zone,
where primary productivity is highest and phytoplankton have a nutritional demand for Se.
The second route chiefly involves reductive immobilization of Se oxyanions liberated from
biomass in deep waters or sediment porewaters. At reduction potentials similar to that
of nitrate reduction (Fig. 1), Se oxyanions are reduced first to Se’ and then potentially
further to Se™ (Oremland et al., 1989). Fully reduced Se™ can substitute for sulfur in
diagenetic sulfide minerals (e.g., pyrite), which provide a stable host phase for Se on geological
timescales due to the stoichiometric incorporation of Se in the mineral structure (Large et
al., 2014, and references therein). Processes surrounding the burial of Se’ are less well
constrained. Reduction to Se’ generates nanoparticles that can sink out of the water column
and accumulate in sediments (Oremland et al., 1989; Velinsky and Cutter, 1990). It is unclear
to what extent these particles withstand diagenetic and metamorphic conditions, but some
amount of elemental Se appears to be recoverable from ancient marine sedimentary rocks
(Kulp and Pratt, 2004). It is likely, though, that subsequent reduction to Se! on diagenetic
timescales enables a considerable degree of Se incorporation into sulfides, as the Se content of
pyrite in ancient marine sedimentary rocks (Kulp and Pratt, 2004) far exceeds the amounts

detected in modern sediments (Velinsky and Cutter, 1990).

The bulk Se isotopic composition of reducing marine sediments is a function of both
the biogenic (i.e., organic-bound) fraction and the reductively immobilized (i.e., elemental
and sulfide-bound) fraction. Due to the generally small isotopic fractionations associated
with biological uptake and remineralization, the Se isotopic composition of biomass in ma-
rine sediments is thought to fairly closely match that of dissolved Se in the surface ocean
(~+40.3%0; Mitchell et al., 2012; Stiieken et al., 2015b). In contrast, Se sequestered through
oxyanion reduction can become substantially isotopically lighter than seawater if the process
is non-quantitative, as Se reduction exerts a large kinetic isotopic preference for lighter iso-

topes (as much as —11%o; Johnson and Bullen, 2004). Non-quantitative reduction is thought
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to be prevalent in sediments with suboxic porewaters or bottom waters that are connected
to a large, oxic reservoir of Se oxyanions, thereby allowing renewed Se supply and precluding
complete consumption of the dissolved Se pool.

Modern environments that likely harbor non-quantitative Se reduction include open-
marine settings such as the mid-Atlantic (Johnson and Bullen, 2004), the Bermuda Rise
(Shore, 2011), and the Arabian Sea (Mitchell et al., 2012). Bulk marine sediments from
these open-marine settings over the last ~500 kyr are slightly isotopically depleted relative to
seawater (852/78Se = —0.10 + 0.21%0, n = 100; data compiled in Stiieken et al., 2015b), likely
reflecting a small degree of kinetic isotopic fractionation during non-quantitative reduction.
The fact that only slight isotopic depletion is observed in these bulk marine sediments —
in contrast to the large isotopic effects (up to several per mille) seen in laboratory settings
(Johnson and Bullen, 2004) — may partly derive from dilution of the isotopically depleted
signal (which is likely retained in the elemental and/or sulfide phase) by unfractionated
Se in the organic phase (Stiieken et al., 2015b; Mitchell et al., 2016). Phase-specific Se
recovery has been explored in a number of studies (Martens and Suarez, 1997; Kulp and
Pratt, 2004; Clark and Johnson, 2010; Fan et al., 2011; Schilling et al., 2011; Schilling et al.,
2014; Stiieken et al., 2015¢), but isotopic data on specific phases in marine sedimentary rocks
are limited to a single sample from a study of end-Permian shales (Stiicken et al., 2015c¢)
and three measurements of a weathered outcrop of the Cretaceous Mancos Shale (Clark and
Johnson, 2010). These data show that elemental and sulfide-hosted Se are indeed typically
isotopically depleted relative to bulk-rock values, and that Se associated with recalcitrant
organic matter comprises the dominant host-phase, with an isotopic composition similar
to that of the bulk-rock (Clark and Johnson, 2010; Stiieken et al., 2015c). Other phase-
specific concentration measurements (Kulp and Pratt, 2004) also show that organic matter
is typically the dominant Se host phase in ancient marine sediments, which suggests that
it could conceivably dilute larger isotopic fractionations that are preserved in the elemental

and pyrite phases.

In contrast to settings with non-quantitative reduction, strongly anoxic and/or restricted
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basins with complete reduction of dissolved Se oxyanions will not fractionate Se isotopes
during burial. This causes the underlying bulk marine sediments to approximately record
the isotopic composition of aqueous Se in that basin, allowing black shales deposited in
these settings to be used to infer the Se isotopic composition of overlying waters. This is
conceptually analogous to the use of strongly euxinic facies characterized by quantitative Mo
scavenging for the purpose of estimating the Mo-isotopic composition of contemporaneous
seawater. However, in the case of Se, (a) quantitative reduction is thought to be possible
under anoxic — and not strictly euxinic — conditions (Oremland et al., 1989; Rue et al., 1997),
and (b) the recorded isotopic ratio may not be representative of the global ocean due to the
shorter marine residence time of Se (103-10* yr) than Mo (>10° yr; Morford and Emerson,
1999). Black Sea sediments yielded a 8%%/7Se composition (avg. +0.2 £+ 0.1%0, n = 12;
Mitchell et al., 2012) that is thought to record quantitative scavenging of aqueous Se from
the overlying watermass, whose 8%2/7Se composition is therefore not substantially offset from
that of the open ocean. However, the effects of basinal restriction and hydrography on Se
isotope signatures remain unexplored in ancient settings. In the present study, we evaluate

these effects using proxies for watermass exchange with the open ocean.

3.3.83  FEwvolution of the global selenium cycle

Although modern marine Se cycling involves a large, oxic reservoir of Se oxyanions with re-
ductive immobilization limited to porewaters or volumetrically-limited anoxic water columns,
this does not describe the operation of the Se cycle in deep time prior to the oxygenation
of the atmosphere and ocean. In Archean sediments deposited prior to the Great Oxidation
Event (GOE), Se enrichments and isotopic fractionation are typically small — likely owing
to limited oxidative weathering and efficient, quantitative oxyanion reduction in strongly
anoxic oceans (Stiieken et al., 2015b). Notable exceptions occur during transient pulses of
oceanic and atmospheric oxygenation wherein Se was evidently mobilized at higher rates and
accumulated to higher concentrations in mildly oxic surface waters (Stiieken et al., 2015a;

Koehler et al., 2018). The Se cycle was substantially perturbed by the GOE, with a sig-
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nificant increase in Se enrichment in marine sediments and marked isotopic fractionation
suggesting non-quantitative reduction in suboxic shallow waters (Kipp et al., 2017). The
hypothesized mid-Proterozoic interval of reduced atmospheric pO, is marked by muted Se
enrichment and isotopic variability (Stiieken et al., 2015b), followed by large isotopic ex-
cursions associated with the Neoproterozoic “Snowball Earth” glaciations that are thought
to indicate progressive ocean oxygenation (von Strandmann et al., 2015). Following their
first appearance in the Neoproterozoic, isotopically depleted marine sediments became more
common in the Phanerozoic as well-oxygenated oceans with a large Se oxyanion reservoir
and non-quantitative reduction became established (Stiieken et al., 2015b).

The units considered in the present study were deposited after deep-ocean oxygenation is
thought to have occurred (Dahl et al., 2010; Chen et al., 2015; see review in Qie et al., 2019).
This implies that a sizable Se oxyanion reservoir would have been available in open-marine
settings, with any deviations from this signal likely attributable to local basinal restriction
and redox chemistry rather than global secular changes in the marine oxygen inventory. We
used a variety of major and trace elemental proxies to account for these potential local effects
on Se enrichment and isotopic fractionation in a range of black shales deposited in the late

Paleozoic.

3.4 DMaterials

3.4.1 Late Pennsylvanian: North American Midcontinent Sea
Paleogeoraphic context

The samples utilized in this study come from two intervals of deposition on the North Amer-
ican continent in the late Paleozoic Era. The first interval is the Late Pennsylvanian, during
which time the North American Midcontinent Sea (NAMS) spread across the Laurentian
Craton (Fig. 3.2A) at times of glacioeustatic highstand (Heckel, 1977, 1994; Algeo and
Heckel, 2008). Marine waters were supplied at depth to the NAMS from oxygen-depleted
intermediate depths of the eastern tropical Panthalassic Ocean (ETPO) (Algeo et al., 2008a,
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2008b), which, in combination with terrestrial freshwater influx from surrounding mountains
(indicated by depletion in carbonate 580 values; Joachimski and Lambert, 2015; Roark
et al., 2017; Jimenez et al., 2019), led to a “superestuarine” circulation pattern in which
oxygen-depleted marine waters underlay a reduced-salinity (probably brackish) surface layer
(Algeo et al., 2008a, 2008b; Turner et al., 2019). Thick and laterally extensive organic-rich
shales were deposited beneath these anoxic deep waters and are preserved across much of
the midcontinent United States (Heckel, 1977, 1994; Algeo and Heckel, 2008).

The NAMS was separated into distinct basins by submarine structural highs, which
prevented exchange of bottom waters (Heckel, 1977). The largest of these was the Missis-
sippi River Arch, which divided the Midcontinent Shelf from the Illinois Basin (Fig. 3.2A)
(Algeo and Herrmann, 2018). Spatial variation in sediment geochemistry across the NAMS
has been used to identify lateral gradients in watermass chemistry (Herrmann et al., 2015,
2019) and sources of detrital siliciclastic material from the Laurentian Craton, Alleghenian
Mountains, and Ouachita Mountains (Turner et al., 2019). The influx of terrigenous material
and freshwater from these regions led to a counter-clockwise gyral surface circulation pattern
(Turner et al., 2019), moving surface waters toward the Panhandle Strait, i.e., the narrow
corridor that connected the southwestern corner of the NAMS to the Midland Basin and
Hovey Channel and thence to the ETPO (Algeo et al., 2008a, 2008b; Fig. 3.2A).

Stratigraphic context of drillcores

In this study, we utilized four organic-rich black shale units from three drillcores from the
NAMS (Fig. 3.2A; Table 3.1). The Tacket Shale (lateral equivalent of the Hushpuckney
Shale; cf. Algeo and Maynard, 2004; Cruse and Lyons, 2004) was investigated in drillcore
C-TW-1 from the Oklahoma Geological Survey (cf. Cruse and Lyons, 2004; Algeo and
Herrmann, 2018). The Stark and Muncie Creek shales of the Kansas City Group were
investigated in the Edmonds #1A core from the Kansas Geological Survey (cf. Algeo and
Maynard, 2004, 2008). The Teutopolis Shale of the Mattoon Formation (lateral equivalent

of the Heebner Shale; cf. Turner et al., 2019) was investigated in the Englebart core from
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Figure 3.2: Paleogeographic reconstruction of North America in the (A) Late Penn-
sylvanian and (B) Late Devonian. All sample sites are denoted with labeled points. Grey
bands denote submarine topographic highs separating basins. Maps were modified from Turner et

al. (2019) and Algeo et al. (2007), respectively.
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the Illinois Geological Survey. The Tacket, Stark, and Muncie Creek shales belong to the
Missourian Stage, and the Teutopolis Shale to the Virgilian Stage of the North American
Upper Pennsylvanian.

The three study sites represent a gradient in their proximity to marine source waters.
The Tacket Shale was deposited nearest to the influx of marine waters through the Panhan-
dle Strait, whereas the Stark and Muncie Creek shales were deposited toward the center of
the Midcontinent Shelf (see Algeo et al., 2008a, their figure 5). The Teutopolis Shale was
deposited in the Illinois Basin and so is likely to have experienced different bottom-water
conditions due to lack of deep-water communication between the Illinois Basin and Mid-
continent Shelf (Algeo and Herrmann, 2018). This hydrographic separation figures into our

interpretation of controls on Se enrichment and isotopic variability between these units.

3.4.2 Late Devonian: North American Seaway
Paleogeographic context

The second interval considered in this study is the Late Devonian (and earliest Carboniferous
at one locality; see below), when organic-rich black shales were widely deposited in multiple
basins across the North American continent (Fig. 3.2B) in what is referred to as the North
American Seaway (NAS) (Algeo et al., 2007). The basins within the NAS were typically
silled and thus had limited bottom-water exchange with adjacent basins or the open ocean,
although the degree of restriction was variable from basin to basin (Algeo et al., 2007).
This variation in watermass restriction provides a basis for interpretation of variability in Se
enrichment levels and isotopic compositions in the study units.

The easternmost of the black shale successions is from the Appalachian Basin. The old-
est strata are found in the northern part of the basin, dating to the Middle Devonian with
deposition of the Esopus and Needmore shales, followed by the Marcellus Group, Hamilton
Group, and Geneseo through Dunkirk shales of early Late Devonian age (Werne et al., 2002;
Sageman et al., 2003; Lash, 2017). The central and southern portions of the Appalachian
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Basin host younger black shale successions, with deposition commencing in the Late De-
vonian, including the Ohio and Sunbury shales in the central Appalachian Basin and the
Chattanooga Shale further south (Algeo et al., 2007). To the west, the Illinois Basin hosts
Middle and Upper Devonian shales broadly assigned to the New Albany Shale (or New Al-
bany Group) (e.g., Lineback, 1970). There, deposition commenced in the Middle Devonian
with the Portwood and lower Blocher members, followed by the upper Blocher, Selmier, Mor-
gan Trail, Camp Run and Clegg Creek members in the Late Devonian (Algeo et al., 2007).
Still further west, widespread black shales across the central to southern Midcontinent re-
gion are assigned to the Woodford Formation (Over, 1992, 2002), which is up to ~200 m
thick in places and of Late Devonian age. To the north, uppermost Devonian and lowermost
Carboniferous black shales of the Bakken Formation were deposited in the Williston Basin
of North Dakota, Montana, and southern Alberta, and its lateral equivalent, the Exshaw

Formation, was deposited in the Elk Point Basin of central and northern Alberta.

Stratigraphic context of drillcores

In this study, we analyzed black shale samples from eight sites representing multiple for-
mations in several basins of the NAS (Table 3.1). This approach allowed us to evaluate Se
concentrations and isotopic compositions in basins showing varying degrees of watermass
restriction, from relatively weaker restriction along the southern margin of the NAS (e.g.,
Oklahoma Basin) to relatively stronger restriction in craton-interior areas (e.g., Illinois and
Williston basins). The large Appalachian Basin, which extended from its silled southern
margin in Tennessee >1000 km northward to the Catskill Delta complex in New York, is
known to have exhibited internal lateral gradients in sediment chemistry and watermass
properties (Algeo et al., 2007; Algeo and Tribovillard, 2009). These environmental condi-
tions contributed to development of pervasive fine-scale (dm-thick) compositional cyclicity
throughout this black shale succession (Liu et al., 2019).

In the northern Appalachian Basin, we analyzed the black shale succession of the

Hanover and Dunkirk Formations in the West Valley core from western New York state
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(cf. Sageman et al., 2003; Ver Straeten et al., 2011). In the central Appalachian Basin, we
analyzed the Cleveland Member of the Ohio Shale in the OHLO-2 core from northern Ohio
and the KEP-3 core from northern Kentucky (cf. Jaminski, 1997; Jaminski et al., 1998).
In the southern Appalachian Basin, we sampled the Chattanooga Shale in the Dupont HGS
drillcore from northern Tennessee (cf. Over et al., 2019; Song et al., 2019). In the Oklahoma
Basin, we analyzed the Woodford Formation at three sites: the Ryan Shale Pit (RSP) and
Classen Lake area YMCA (CLY) outcrops in south-central Oklahoma (cf. Over, 1992, 2002)
and the Amoco A.J. Davis #9 (AJD) drillcore from Yoakum County, Texas. In the Williston
Basin, we sampled the Upper Bakken Shale in the Texaco Thompson #5-1 core from Billings
County, North Dakota (cf. Hartwell, 1998). We additionally compiled published Se concen-
tration and isotopic data from the Camp Run member of the New Albany Shale (Mitchell
et al., 2012). All of the sampled units listed above date to the Late Devonian (Frasnian-
Famennian stages), with the exception of the Upper Bakken Shale, which was deposited in

the earliest Mississippian.

3.5 DMethods

3.5.1 Selenium measurements

Samples were prepared for Se isotope analysis following published protocols (Stiieken et
al., 2013). Homogenized rock powders were dissolved in a mixture of concentrated HF,
concentrated HC10,4, and 8 M HNOj3; at 130°C. Digests were then evaporated to incipient
dryness and additional HCIO, was added to ensure complete oxidation of recalcitrant organic
matter. The final digests were evaporated to incipient dryness, 6 M HCIl was added, and
beakers were placed in a boiling water bath for at least 30 minutes in order to reduce all Se¥!
to Se!V. Solutions were then diluted to 0.6 M HCI and run through thiol cotton fiber (TCF)
columns for isolation of Se. Following column chemistry, Se was liberated from the TCF by
adding concentrated HNO3 to the resin in test tubes, which were then placed in a boiling

water bath for 20 minutes. Selenium was recovered from the solution in weak HNOj3 via
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87

Section Unit Location Curation
C-TW-1 Tacket Tulsa Co., OK: T22N, Oklahoma GS
R13E, Sec. 6
SE-NE-NE-SW-SE;
36.416°N, 95.957°W
KGS Edmonds #1A (ED) Stark Leavenworth Co., KS: Kansas GS
T9S, R22E, Sec. 35
SE-SE-NW-SW; 39.220°N,
94.933°W
KGS Edmonds #1A (ED) Muncie Creek Leavenworth Co., KS: Kansas GS
T9S, R22E, Sec. 35
SE-SE-NW-SW; 39.220°N,
94.933°W
ISGS #1 Englebart (EB) Teutopolis Jasper Co., IL: 40’ FSL, Illinois GS
340’ FEL, Sec. 9, T8N,
R8E; 39.146°N, 88.318°W,
elev. 575’
Western New York Hanover-Dunkirk Cattaraugus County, NY New York GS
Nuclear Fuel Service #1 (42.4457°N, 78.6344°W)
[NX-1], also “West Valley
core” (WVCQC)
OHLO-2 Cleveland Member, Ohio Loraine County, OH Ohio GS
Shale (41.4001°N, 82.2438°W,
elev. 683 ft)
KEP-3 Cleveland Member, Ohio Lewis County, KY Kentucky GS

Shale (38.409°N, 83.437°W)
Dupont HGS (DHGS) Chattanooga Humphreys County, TN Tennessee GS
(36.075°N, 87.495°W)
Ryan Shale Pit (RSP) Woodford Pontotoc County, OK outcrop
(34.674°N, 96.641°W)
Classen Lake YMCA Woodford Murray County, OK outcrop
(CLY) (34.46°N, 97.15°W)
Amoco A.J. Davis #9 Woodford Yoakum County, TX Texas BEG
(AJD) (33.14°N, 102.89°W) Block
D, Sec. 514, 2173 FSL,
1430 FEL; elev. 37107
J.H. Gibson survey
Thompson Upper Bakken Billings County, ND North Dakota GS

(47.229 °N, 103.263 °W)
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centrifugation. The weak HNOj3 solution was evaporated down to 0.5 mL at 55°C, at which
point aqua regia (3:1 HCI:HNO3) was added to the sample to remove germanium (Stiieken
et al., 2013). The aqua regia solution was also evaporated down to 0.5 mL, at which point
the sample was brought up in 6 M HCI and boiled in a water bath for 30 minutes to ensure
quantitative reduction to Se!V. The final sample solution was diluted to 0.6 M HCI for
analysis.

The measurement of Se concentrations and isotope ratios was conducted on a Nu Plasma
Multicollector Inductively Coupled Plasma Mass Spectrometer (MC-ICP-MS) in the Isotope
Geochemistry Laboratory at University of Washington following analytical protocols de-
scribed by Stiieken et al. (2013). Sample solutions were introduced to the MC-ICP-MS via
a hydride generator (HG). Sample solutions were mixed in the HG with a NaBH, solution to
catalyze the reduction of Se!V to Se (in the form of HySe), which was then carried across
a teflon membrane and into the MC-ICP-MS via argon (Ar) carrier gas.

Lens voltage potentials, position of the plasma torch, and carrier gas flow rate were
tuned daily to optimize signal strength and stability. Measurements were normalized us-
ing standard-sample bracketing with the Se NIST SRM 3149 solution (cf. Carignan and
Wen, 2007) as the bracketing standard. Isobaric interferences deriving from Ar species were
corrected following the method of Stiieken et al. (2013); other isobaric interferences were
negligible within analytical precision and so were not corrected. All isotopic data are re-
ported in delta notation relative to NIST reference SRM 3149. We report isotopic data as
582/78Se values because this isotopic pair is the least affected by isobaric interferences under
our analytical protocol.

Samples were analyzed in replicate whenever possible; the average analytical precision
for all samples (1o) was £0.22%0 for 5%%/™Se and £7% for Se concentrations (relative error).
Isotopic data obtained for in-house standard UW-McRae and USGS standard SGR-1 were
+0.91 + 0.18%0 (n = 11, separate digests) and —0.14 + 0.28%0 (n = 4, separate digests),
respectively, which are in agreement with previous studies (Mitchell et al., 2012; Stiieken et

al., 2013, 2015b; Kurzawa et al., 2017; Kipp et al., 2017).
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3.5.2  Published data compilation

Additional major and trace element data were compiled from published studies to supplement
the Se data generated in this study. Where additional data had not been published, we
made measurements following the protocols described below. All data that form the basis of
conclusions drawn in this paper are reported in Tables 3.2-4 with corresponding references

to original studies in the cases of compiled data.

3.5.8  Organic carbon and nitrogen measurements

The concentration and isotopic composition of total nitrogen and organic carbon were mea-
sured on de-carbonated powders following published protocols (Kipp et al., 2018). Bulk rock
powders were treated with two overnight iterations of 6 M HCI to dissolve all carbonate
phases. De-carbonated powders were then rinsed with 18 MQ DI-H20 and dried in an oven
at 60°C. The dried powders were weighed into tin cups for analysis. Total nitrogen (TN), to-
tal organic carbon (TOC), and the isotopic composition of bulk nitrogen (3'°N) and organic
carbon (8'3C) were measured on single aliquots of decarbonated powder on a Costech ECS
4010 Elemental Analyzer coupled to a ThermoFinnigan MAT253 continuous flow isotope
ratio mass spectrometer housed in IsoLab at the Department of Earth and Space Sciences,
University of Washington. Combustion was carried out at 1000°C. The sample gases were
carried through a reduced copper column to reduce NOy species to Ny and scrub excess O,
from the gas stream. A magnesium perchlorate trap was then used to remove water from
the gas stream. Raw data were corrected using a two-point calibration (Coplen et al., 2006)
with three in-house standards: two glutamic acids (GA1, TOC = 40.8%, TN = 9.5%, 5!3C
= -28.3%0, 8N = -4.6%0; GA2, TOC = 40.8%, TN = 9.5%, 513C = -13.7%0, >N = -5.7%0)
and dried salmon (SA, TOC = 45.7%, TN = 11.8%, 33C = -21.3%0, 8"°N = +11.3%0),
which are calibrated to international reference materials USGS-40 and USGS-41 and were
analyzed four times each per analytical session. Isotopic data are reported in delta notation

relative to air for nitrogen and Vienna Pee Dee Belemnite (VPDB) for carbon. Analytical
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blanks resulting from combustion were measured and subtracted from nitrogen data; ana-
lytical blanks were below detection limits for carbon. The average analytical precision (1o)
of isotopic measurements across all runs, as determined by replicate analyses of in-house
standard UW-McRae (8'°N = +5.6%0, 8" Copg = -37.4%0), was +0.3%0 for 5'°N and 40.1%0
for 3'3C. Average precision (relative error) of concentration measurements was +2% for TN

and +0.5% for TOC.

3.5.4 Total sulfur measurements

For total sulfur (TS) analysis, bulk rock powders were weighed into tin cups along with V505
as a combustion aid. Measurements were conducted using a Eurovector Elemental Analyzer
coupled to a ThermoFinnigan MAT253 continuous flow isotope ratio mass spectrometer
housed in IsoLab at the Department of Earth and Space Sciences, University of Washington.
Combustion was carried out at 1050°C. The combustion products were carried through a
magnesium perchlorate trap to remove oxygen from the gas stream, followed by an 850°C
quartz chip column to allow complete equilibration of oxygen isotopes in the resulting SO,
with oxygen in the quartz chips (Fry et al., 2002). Raw data were corrected using a two-
point calibration with three in-house standards: zinc sulfide (ZnS, TS = 32.9%) silver sulfide
(AgoS, TS = 12.9%) and barium sulfate (BaSO,, TS = 13.7%), which are calibrated to
international reference material IAEA-S-1 and were analyzed three times each per analytical
session. The average precision of TS measurements, as determined by replicate analyses of

in-house standard BaSOy, was +2% (relative error).
3.6 Results

All new and compiled data for the Upper Pennsylvanian black shales of the NAMS are pre-
sented in Table 3.2. Selenium isotope ratios in this dataset range from —1.15%0 to +0.77%o,
with unit averages showing >1%q variation, i.e., Muncie Creek = 4+0.50 + 0.23%0 (n = 5),
Tacket = —0.01 £ 0.37%0 (n = 7), Stark = -0.13 £ 0.47%0 (n = 6), and Teutopolis = —0.55 +

0.32%0 (n = 7). Selenium concentrations range from 0.3 to 135.5 ppm. Selenium enrichment
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factors (EF), calculated following the approach of Tribovillard et al. (2006), and with the
same crustal Se/Al ratio (Se/Al = 1.74 x 10 g/g) that has been used in recent deep-time
Se studies (Stiieken et al., 2015a; Koehler et al., 2018), range from 1.7 to 1465. Across all
NAMS samples, 5%2/78Se values positively correlate with TOC/TS (wt. %/wt. %) (p < 0.01;
R? = 0.58, logarithmic regression) as well as Se (EF) (p < 0.01; R* = 0.41, linear regression)
(Fig. 3.3).

No statistically significant correlations are observed between unit-average 5%%/7Se values
and proxies for redox or hydrographic conditions for the four Upper Pennsylvanian study
units (Fig. 3.3). Nitrogen isotope ratios are nearly invariant (unit means range from +5.5%o
to +7.2%0) and do not correlate with 8%/78Se values (p = 0.89). Fe/Al ratios do not correlate
with 5%%/7Se values (p = 0.89) and are similar in all units except the Tacket Shale, which is
relatively more Fe-rich. Similarly, DOPt (the degree of pyritization as estimated from total
S and Fe contents; Algeo et al., 2008b) is highest in the Tacket Shale, and across all units
DOPr is not correlated with 3%2/7Se values (p = 0.78). Moderate differences are observed in
unit-average Mo/TOC ratios (ppm/wt. %), which range from ~3 to 10, but this variability is
not correlated with 352/78Se values (p = 0.55). Mean Sr/Ba (ppm/ppm) ratios of individual
units range from 0.5 to 1.0 and do not correlate with 5%2/7Se values (p = 0.88).

In contrast to the lack of relationships with unit-average values, individual data points
within certain units show significant correlations between Se concentrations (ppm) and en-
richment factors (EF) and other geochemical proxies. For example, Mo/TOC correlates
positively with Se concentrations (p < 0.01, R* = 0.31, logarithmic regression) and Se (EF)
(p = 0.02, R® = 0.24, logarithmic regression) for the units deposited on the Midcontinent
Shelf (Tacket, Stark, Muncie Creek). Within these units, 5%2/7Se values are also strongly
correlated with Se (ppm) (p < 0.01, R® = 0.48). Note that this excludes the Teutopolis Shale,
which was deposited in the Illinois Basin (Fig. 3.4) and thus was isolated from bottom-water
exchange with the Midcontinent Shelf (Algeo and Herrmann, 2018).

All new and compiled data from the eight study units of the Late Devonian NAS are
presented in Table 3. Compiled unit-average Mo/TOC and Sr/Ba ratios are presented in
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Table 3.4. Selenium isotope ratios in these units range from —1.0%0 to +1.55%0, with unit
averages showing ~1.4%o variation: Bakken = —0.31 + 0.50%0 (n = 4), Woodford = —0.27
+ 0.56%0 (n = 9), Hanover-Dunkirk = —0.16 £+ 0.28%0 (n = 4), Ohio Shale (KEP-3 core)
= —0.16 £ 0.56%0 (n = 6), Chattanooga = +0.29 + 0.83%0¢ (n = 6), New Albany (oxic) =
+0.45 + 0.16%0 (n = 5), Ohio Shale (OHLO-2 core) = +0.72 + 0.33%0 (n = 7), and New
Albany (anoxic) = +1.14 + 0.25%0 (n = 5) (Fig. 5). Se concentrations range from 0.3 to
37.0 ppm (Fig. 3.5). Unlike in the NAMS shales, 5%2/78Se values are only weakly correlated
with TOC/TS (p j 0.01, R2 = 0.17, logarithmic regression; Fig. 3.6A). Also unlike the
NAMS shales, 3%2/78Se values in the NAS samples are negatively correlated with 3'°N values
(p < 0.01, R® = 0.30, linear regression; Fig. 3.6B). Se concentrations are also correlated
with 8'°N values in the NAS samples (p < 0.01, R® = 0.47, logarithmic regression; Fig. 6C).
Unit-average 5%2/7®Se values show a significant negative correlation with Mo/TOC (p = 0.01,
R? = 0.77, logarithmic regression) (Fig. 3.7) for the NAS samples.

Across both datasets as a whole, Se concentrations are significantly higher in the Upper
Pennsylvanian NAMS black shales than those from the Upper Devonian NAS (p i 0.01; Fig.
8). The NAMS shales also have higher Sr/Ba ratios (p | 0.01) and 3'N values (p j 0.01)
than those from the NAS, but there is no significant difference in TOC (p = 0.18) or TS (p
= 0.48) between the two datasets (Fig. 3.8).

3.7 Discussion

3.7.1 Late Pennsylvanian: Potential causes of isotopic variability among units

The large range of 5%/78Se values (Fig. 3.3A) observed in black shales of the NAMS (-1.15%
to +0.77%o0) spans much of the range of known Se isotopic variability from the geologic record.
Furthermore, Se enrichment factors in the same samples span nearly 3 orders of magnitude
(Fig. 3.3B). Together these data suggest a diversity of Se cycling regimes across these sites.
The most positive 3%2/78Se values co-occur with the largest Se enrichments (Fig. 3.3A, B),

suggesting that a similar set of mechanisms controlled this covariation.
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Figure 3.3: Boxplot of (A) 3%%2/78Se, (B) Se (EF), (C) TOC (wt. %), (D) TS. (wt.
%), (E) TOC/TS (wt. %/wt. %), (F) 85N, (G) Fe/Al (ppm/wt. %), (H) degree of
pyritization (DOPr), (I) Mo/TOC (ppm/wt. %), and (J) Sr/Ba (ppm/ppm) for Late
Pennsylvanian units. In panel A, upper crust composition is denoted with black dashed line;
modern seawater composition is noted with red dotted line. The Sr/Ba values for Stark shale were
calculated from 11 samples sitting 0-40 cm above the samples measured for Se isotopes. In this
and subsequent boxplots, boxes are drawn as the limits of the first and third quartiles, whiskers

comprise the 95% confidence interval, and black lines denote the median.
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This wide range of Se enrichments and isotopic ratios conceivably could have arisen
from variable redox conditions between the study sites. Specifically, sites with the most
reducing bottom waters might be expected to have scavenged Se most efficiently, thereby
leading to large Se enrichments and positive 552/78Se values due to quantitative oxyanion
reduction. In contrast, sites with bottomwaters that were suboxic or only transiently anoxic
might have experienced non-quantitative Se reduction, thus yielding smaller Se enrichments
and more negative 3%%/78Se values. However, we do not see compelling evidence for such
redox differences between sites.

Bulk-sediment 3'5N values are nearly constant across the study sites (Fig. 3.3F), sug-
gesting that photic zone redox conditions were roughly similar in the different settings. The
fact that 5'°N values are somewhat positive (+4 to +7%o; similar to modern marine sedi-
ments, cf. Tesdal et al., 2013) suggests that aerobic nitrogen cycling was occurring and a
surface-water nitrate reservoir was present. As nitrate is reduced to Ny via denitrification
at a redox potential similar to that of Se oxyanion reduction (Fig. 3.1), this would seem to
suggest that the upper water column was similarly favorable for Se oxyanion accumulation
at each site. We therefore cannot invoke different surface-water redox conditions as a means
to explain the variable Se enrichment and isotopic fractionation across the NAMS.

Bottom-water redox conditions also can be evaluated using Fe geochemistry. The simi-
larities in Fe/Al (Fig. 3.3G) and DOPr (Fig. 3.3H) across study sites — with the exception
of the Tacket Shale, which has elevated values likely due to local euxinia (Cruse and Lyons,
2004; Algeo and Herrmann, 2018) — suggest that variable bottom-water redox conditions
were not responsible for the observed variations in 3%%78Se or Se (EF). All Fe/Al and DOP
values are consistent with anoxic deposition across the NAMS, as inferred in earlier studies
(Algeo and Maynard, 2004; Algeo and Heckel, 2008).

If redox was not the dominant control on Se enrichment and isotopic fractionation across
the NAMS, another possible mechanism for generating the observed variability in Se cycling
is that basinal restriction influenced the size and isotopic composition of the aqueous Se

reservoir. In modern anoxic, silled basins, rapid removal of redox-sensitive elements to the
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sediment without sufficient resupply is known to diminish aqueous Mo concentrations (Algeo
and Lyons, 2006), leading to lower sediment Mo/TOC ratios in more strongly restricted
settings. We do observe some variability in Mo/TOC ratios across our dataset (Fig. 3.3I),
but not in a fashion that clearly explains the Se trends observed in the NAMS samples.
We also compiled Sr/Ba ratios from these samples, as this has recently been proposed as
a paleosalinity proxy in shales (Wei et al., 2018; Wei and Algeo, 2019, this issue). Higher
Sr/Ba ratios imply greater seawater influence (due to greater Sr concentrations relative to
Ba, the latter being effectively scavenged in estuarine settings), but we do not observe much
variability in Sr/Ba across the study sites. This suggests that variable seawater /freshwater

mixing cannot account for the observed changes in Se cycling.

The lack of strong redox and salinity gradients across the NAMS is consistent with
the recent findings of Algeo and Herrmann (2018). Notably, that study identified a large
gradient in redox-sensitive trace metal enrichment across the NAMS, with strong enrichments
of Mo, U and Zn limited to the most proximal areas of the Midcontinent Shelf. They
inferred that this pattern was the result of a nutrient trap akin to that observed in modern
estuaries (Shiller, 1996; Audry et al., 2006). In these settings, nutrients and trace metals
are scavenged by organic matter and Fe-Mn-oxides and sink into bottom waters, where
they are released through reductive dissolution of the host phases. Because bottom waters
flow in the landward direction in estuarine circulation systems, this mechanism leads to a
progressive concentration of nutrients and trace metals across the most proximal part of the
deep watermass, i.e., the “salt wedge” (Algeo and Herrmann, 2018). This process can lead
to extreme local enrichments of nutrients and trace metals in sediments. In the case of the
NAMS, a sharp drop in trace-metal enrichments between the Midcontinent Shelf and the
[linois Basin to its east was interpreted to represent a lack of deep-water exchange between
those areas owing to the physical barrier of the Mississippi River Arch (Algeo and Herrmann,
2018).

Our Se data also seem to be best explained by the nutrient-trap mechanism. Se concen-

trations in Midcontinent Shelf samples correlate with Mo/TOC ratios (Fig. 3.4A), suggesting



96

a shared control on the enrichment of these elements. The Teutopolis Shale samples from
the Illinois Basin also show a different trajectory with smaller Se enrichments (Fig. 3.4A),
consistent with the isolation of deep waters of the Illinois Basin from the Midcontinent Shelf.
The nutrient-trap mechanism also seems to account for the observed gradient in 8%%/78Se val-
ues, with more positive 3%2/78Se values occurring in the most trace-metal-enriched samples
(Fig. 3.4A). One possible explanation for this trend is that non-quantitative Se sequestra-
tion in distal areas of the Midcontinent Shelf preferentially drew lighter Se isotopes into the
sediments, enriching the residual aqueous Se in heavier isotopes, which were then captured
via quantitative reduction in the more proximal shelf areas where nutrient trapping was
operative. The lighter 8%%/7®Se values in the Teutopolis Shale are indicative of a separate
deepwater Se reservoir that was not affected by the enrichment process operating in deep
waters of the Midcontinent Shelf.

In this scenario of a nutrient-trap control on Se cycling on the Midcontinent Shelf,
organic matter was likely the dominant shuttle for transfer of Se to deep waters. This is
indicated by the similar trajectories of Se (EF) and TOC between study units (Fig. 3.3B,
C). In contrast, Se enrichments do not correlate with TS (Fig. 3.3D), suggesting that Se
transfer to the sediment was not controlled by rates of microbial sulfate reduction or pyrite
formation. These observations are notable for two reasons. First, it may help to explain
why Se is more strongly enriched than Mo in the Midcontinent Shelf samples (Fig. 3.4B). If
substantial organic matter recycling was occurring in the NAMS water column, then Se may
have been regenerated more efficiently than Mo, which was likely being recycled via Mn-oxide
dissolution in sediment porewaters (and thus was prone to some degree of sequestration via
co-precipitation with sulfide minerals). Second, dominance of total Se by the organic-bound
fraction has important implications for bulk-rock Se isotopic compositions. As described
above, enrichment of proximal bottom waters of the Midcontinent Shelf in heavy Se isotopes

could explain the observed trend in 5%%/78Se values.

An alternative possibility is that Se-isotopic variability reflects two-component mixing,

in which organic Se and sulfide Se fractions have different 5%%/78Se compositions. The limited
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Figure 3.4: Relationship between Se and Mo in Late Pennsylvanian units. (A) Se (ppm)
vs. Mo/TOC and (B) Se (EF) vs. Mo (EF). Coloration of data points denotes 5%2/78Se values, with
darker shading indicative of higher values. The positive correlation between Se enrichment and
Mo/TOC in units within the Midcontinent Shelf environment suggests that the same mechanism
was concentrating both trace metals. This is consistent with the nutrient-trap mechanism proposed
by Algeo and Herrmann (2018). Furthermore, Se was being enriched relative to Mo by the nutrient
trap, as evidenced by higher enrichment factors (EF) across the Midcontinent Shelf. The bottom
waters that overlay the Teutopolis Shale in the Illinois Basin were isolated from exchange with the
Midcontinent Shelf, thus giving distinct Se (ppm) vs. Mo/TOC and Se (EF) vs. Mo (EF) trends

with smaller Se enrichments.
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phase-specific data available suggest that Se can be present in subequal quantities in organic
matter and sulfide minerals (Stiieken et al., 2015¢), and this is also supported by Se data
from phytoplankton biomass (Mitchell et al., 2012) and sedimentary pyrite (Large et al.,
2014). Given plausible isotopic compositions for the organic and sulfidic components (e.g.,
3827886 organic = +0.3%0 to +1.0%0, and 8%/ 78Segade = —2.0%0 to —1.0%), it would be possible
to generate the range of observed bulk-rock 8%%/78Se compositions in the NAMS black shales.
In this case, as TOC levels increase, the organic Se fraction would become dominant over
the sulfide fraction, leading to higher bulk-rock 8%2/7Se values (i.e., approaching that of
the organic-bound Se). We cannot disprove this possibility, but we regard it as secondary
to the nutrient-trapping mechanism. The relationship of Se isotopes (Fig. 3A) to TOC
(Fig. 3.3C) is strong, but not to TOC/TS (Fig. 3.3E). These observations suggest that
the organic Se fraction exerts the dominant influence on the bulk-rock 3%%/7®Se composition,
which is consistent with the nutrient-trap hypothesis and a progressive isotopic enrichment

of aqueous Se in the salt wedge toward the landward portion of the basin.

3.7.2 Late Devonian: Effect of watermass restriction on Se isotope ratios

The deposition of black shales in the Late Devonian NAS provides another case study of Se
burial and isotopic fractionation in basins with variable redox and hydrographic conditions
(Algeo et al., 2007). As in the Late Pennsylvanian NAMS, considerable Se isotopic variability
is observed between units (Fig. 3.5), with 88%/7Se values spanning much of the range observed
in the geologic record. As in the NAMS dataset, the 3%%/78Se of NAS black shales correlates
only weakly with TOC/TS ratios (Fig. 3.6A), suggesting that variable mixing of organic- and
sulfide-bound Se fractions is not the dominant control on bulk-rock 3%%/78Se compositions.
For the NAS dataset, 8%/™Se shows significant negative covariation with 3'°N (Fig.
3.6B). One possible explanation for this relationship is that watermasses with near-zero 3'°N
values — which reflect systems scarce in nitrate and dominated by nitrogen fixation (Ader
et al., 2016; Stiieken et al., 2016) — are also depleted in Se oxyanions, since Se reduction is

initiated at redox potentials similar to denitrification (Fig. 3.1). This may be typical of more
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Figure 3.5: Boxplot of (A) 582/78Se values, (B) Sr/Ba, (C) unit-averaged Mo/TOC, (D)
TOC/TS (wt. %/wt. %), (E) Se (ppm) and (F) 8'°N in Late Devonian units. In panel
A, upper crust composition is denoted with black dashed line; modern seawater composition is noted
with red dotted line. Unlike in the NAMS black shales, 382/78Se values do not closely correlate with
TOC/TS. On the contrary, Mo/TOC and 5'°N show similar trajectories to the 3%2/78Se values.

restricted settings in which nitrate is not readily replenished from a seawater source. Over
time, such basins would tend to deplete their nitrate reservoirs, leading to strong nitrogen
fixation as observed in the modern Black Sea (Fulton et al., 2012). A concurrent depletion of
the Se oxyanion reservoir would result in progressive Se-isotopic enrichment. This inference is
supported by the positive correlation between Se concentrations and 8'°N values in the NAS
black shales (Fig. 3.6C). Units with near-zero 3'N values indicative of a limited aqueous
nitrate reservoir also tend to have low Se contents (~1 ppm or less). The only samples with
Se concentrations >10 ppm also have 3'°N close to that of modern seawater nitrate (~+5%o),
which is consistent with a close linkage between N and Se cycling. As redox conditions were
more-or-less uniformly anoxic across all of the NAS basins (Algeo et al., 2007), we infer that
differences in 5%%/78Se between study units in different basins were due to variable degrees of
basinal restriction and seawater renewal times.

Another way to test this hypothesis is to look for evidence of basinal restriction in other
geochemical proxies. Basinal restriction commonly results in development of non-marine

salinities, and paleosalinity variation in shale facies can be inferred from Sr/Ba ratios (Wei
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Figure 3.6: Correlation between (A) 3%2/78Se and TOC/TS, (B) 3%2/78Se and 3'°N, and
(C) Se (ppm) and 3'°N in Late Devonian units. The relatively weak correlation between
582/78Se and TOC /TS suggests that other factors altered the isotopic composition of the organic-
and/or sulfide-bound Se fractions. The moderate negative correlation between 582/78Se and 8'°N
suggests that some portion of the Se oxyanion pool was being removed at high redox potentials
similar to that of nitrate reduction. The muted Se concentrations in settings with near-zero 3'°N
values suggest that depletion of the nitrate and Se oxyanion reservoirs was indeed concurrent.
In contrast, the higher Se concentrations are found in samples with more positive 3!°N values,

consistent with the presence of nitrate (and Se oxyanions) in the water column.
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et al., 2018; Wei and Algeo, 2019, this issue). Across the NAS units sampled here, average
Sr/Ba ratios range from 0.16 to 0.45 (Fig. 3.5; Table 3.4), which is consistent with mostly
brackish (0.2-0.5) rather than marine salinity conditions (>0.5, as defined by Wei and Algeo,
2019, this issue). Thus, all of the interior NAS basins show a degree of watermass restriction,
promoting mixing of seawater with freshwater runoff from the Laurentian Craton (cf. Liu et
al., 2019; Song et al., 2019). However, unit-average Sr/Ba does not correlate strongly with
3%2/78Se (R? = 0.07), perhaps because salinity and seawater renewal times are not strongly
coupled in restricted-basinal settings (cf. Algeo and Lyons, 2006). Mo/TOC ratios can also
reflect the degree of basinal restriction if bottom-water redox conditions are uniform (Algeo
and Lyons, 2006), which is approximately true of NAS black shales (Algeo et al., 2007; note
that the bioturbated gray shale horizons of the New Albany Shale were excluded from this
analysis). In contrast to Sr/Ba, unit-average Mo/TOC exhibits a strong negative correlation
with 8%2/78Se (Fig. 3.7), which may indicate a hydrographic control on 8%/7Se in the NAS.
Specifically, more restricted basins in which aqueous Mo is strongly depleted also tend to
become more enriched in heavy Se isotopes as their Se reservoir is drawn down. We note
that the 5%2/7Se vs. Mo/TOC relationship is based on relatively few data (6 units), but it is
supported by the Se-3'°N relationships discussed above and by Sr/Ba evidence of generally
brackish conditions, all of which are consistent with basinal restriction imparting a strong

influence on Se isotopic compositions in the Late Devonian NAS.

The implication for controls on 3%2/7®Se compositions is that deepwater renewal in less
restricted basins can replenish Se oxyanions, providing a larger Se reservoir that is less prone
to quantitative reduction. This process can account for lower 8%2/78Se in the Woodford
Shale of the relatively open Oklahoma Basin relative to the more-restricted Appalachian
and Illinois basin black shales. These data demonstrate the influence of basin hydrogra-
phy on 8%%/78Se values in reducing marine sediments, as previously inferred based on more
limited evidence (Stiieken et al., 2015b). The implication for the use of 3%/7®Se values as
a paleo-redox proxy is that strongly restricted basins may not record signals that are rep-

resentative of Se cycling in the open ocean. The marked Se-isotopic enrichment in anoxic
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Figure 3.7: Negative correlation between unit-averaged 582/78Se and Mo/TOC in Late
Devonian units. More negative 3%%/78Se values are found in units with higher Mo/TOC ratios,
suggesting faster seawater replenishment, which may have enabled non-quantitative Se oxyanion

reduction.
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horizons of the New Albany Shale provides no evidence of non-quantitative oxyanion reduc-
tion, which could be interpreted as evidence of anoxic deep oceans. However, the Woodford
Shale, which was accumulating at the same time and in closer proximity to the open ocean,
recorded modern-seawater-like 5%%/7Se values, which may be more representative of global
Se cycling during the late Devonian. We therefore recommend that, when employing the
Se isotope proxy in deep time, complementary datasets such as 8'°N, Sr/Ba and Mo/TOC
be generated and evaluated across differing formations of similar age and setting. Although
each paleoenvironmental proxy faces its own limitations, a combined approach allows the
strongest possible inferences about ancient watermass chemistry. This will be particularly
important for application of Se isotopes in the Precambrian, where comparatively little is

known about the paleogeographic context of black shale basins.

3.7.3  Comparing controls on Se in Upper Pennsylvanian and Upper Devonian black shales

We close by comparing and contrasting the dominant controls on Se enrichment and isotopic
fractionation between shales deposited in the Late Pennsylvanian NAMS and the Late De-
vonian NAS. The most pronounced difference between these two ancient seaways is that Se
concentrations reach far higher levels in the NAMS (particularly on the Midcontinent Shelf)
than in any of the Late Devonian NAS basins (Fig. 3.8). Several factors are likely to have
contributed to this difference.

First, as noted in Section 3.7.2, the Late Devonian NAS basins appear to have been more
restricted (as evidenced by lower Sr/Ba ratios; Fig. 3.8) than the Midcontinent Shelf and
[llinois Basin in the Late Pennsylvanian. Due to slower seawater renewal times, the waters
overlying the NAS shales became depleted in nitrate (as evidenced by lower 3'°N values)
and likely also Se oxyanions (as evidenced by lower Se enrichment; Fig. 3.8). Importantly,
these differences do not correspond to variations in TOC or TS content (Fig. 3.8), suggesting
that the capacity for Se enrichment was limited in the NAS basins despite similarly anoxic
bottom water conditions and a similar capacity for shuttling trace metals to deep waters.

These considerations highlight the importance of basinal hydrography in controlling the
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Figure 3.8: Differences in redox, hydrography and Se cycling between the Late Pennsyl-
vanian NAMS and the Late Devonian NAS. Low Se concentrations in the NAS are likely the
result of basinal restriction (evidenced by low Sr/Ba ratios) and Se oxyanion depletion (suggested
by low 8'°N values, which imply nitrate depletion). The difference in Se concentrations between the
NAMS and NAS is not due to differing TOC or TS contents, suggesting that the controls have to do

with watermass circulation and seawater renewal instead of local bottom-water redox conditions.

degree of Se enrichment in restricted marine basins.

Second, the processes by which Se became enriched in the sediment differed between the
Late Pennsylvanian and Late Devonian seaways. As described in Section 3.7.1, Se enrichment
on the Midcontinent Shelf of the NAMS was likely due to a nutrient-trapping mechanism
linked to its quasi-estuarine circulation pattern (Algeo et al., 2008a, 2008b; Algeo and Her-
rmann, 2018). These conditions not only promoted strong Se uptake by the sediment but led
to significantly greater Se enrichment relative to other redox-sensitive trace metals, including
Mo, U and V (Fig. 3.9). This pattern was probably due to Se being shuttled to deep waters
mainly via sinking organic matter, which was more efficiently recycled in the water column
than the Fe-Mn-oxides that transported trace metals such as Mo to the sediment-water inter-
face. In contrast, the Late Devonian NAS basins, which were not characterized by the same
sort of nutrient trap, show Se enrichments that are on par with other redox-sensitive trace
metals such as U and V (Fig. 3.9B, C), and Mo is actually more enriched than Se in some
Upper Devonian shales (Fig. 3.9A). As noted in Section 3.7.2, depletion of the Se oxyanion
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Figure 3.9: Selenium enrichment factors relative to molybdenum (A), uranium (B) and
vanadium (C). The greater enrichment of Se relative to other redox-sensitive trace metals in the
NAMS shales suggests that Se was more effectively recycled by the estuarine nutrient trap. In
contrast, Se is not preferentially enriched relative to U and V in the NAS black shales, which did
not feature a nutrient trap. The higher Mo enrichment relative to Se in the NAS samples may
reflect depletion of the aqueous Se reservoir faster than the Mo reservoir at redox potentials higher

than that required for Mo scavenging (i.e., euxinic conditions).

reservoirs in the more restricted NAS basins occurred alongside nitrate depletion, but to a
lesser degree than Mo depletion. This suggests that Se was being reductively immobilized at
relatively high redox potentials, similar to nitrate reduction but above the redox potential
at which Mo is efficiently scavenged (cf. Helz et al., 1996), impeding quantitative removal
of aqueous Mo to the sediment. Thus, including Se in paleo-redox studies can provide addi-
tional insights into water column redox thresholds by adding a high-redox-potential species

to the arsenal of trace-metal-enrichment proxies (cf. Tribovillard et al., 2006).

An important implication of both datasets is that bulk-rock 8%2/7®Se values in restricted
basins can substantially diverge from open-ocean signatures. For deep-time applications of
the 8%2/78Se proxy, it is therefore imperative to constrain the degree of open-ocean exchange
when interpreting 8%%/78Se data in the context of global redox evolution. In the present

study, we found that combining 8%2/78Se data with proxies for basinal restriction (Sr/Ba,
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Mo/TOC) and redox chemistry (5'°N, Fe/Al, DOP) provided a useful context for evaluating
the significance of Se isotopic variations. Such an integrated approach will be critical in
order to make the most effective use of 3%2/™Se as a proxy for Earth’s secular oxygenation

history.
3.8 Conclusion

We have analyzed Se concentrations and isotope ratios in a range of black shales deposited
in epicontinental seas in the late Paleozoic. When viewed within the context provided by
other major and trace elemental data, the Se data seem to reflect differences in both local
redox conditions and basinal hydrography. On the Midcontinent Shelf of the Late Pennsylva-
nian NAMS, a quasi-estuarine nutrient trap concentrated Se and other trace metals in saline
deep waters that became progressively isotopically enriched through successive recycling of
organic-bound Se. In contrast, isotopic variability among basins in the Late Devonian NAS
appears to have been controlled by differing hydrographic conditions, where more restricted
settings featured Se oxyanion reduction alongside nitrate reduction with limited re-supply
from the open marine reservoir. This caused the more restricted basins to record smaller
Se enrichments and greater isotopic enrichment, in contrast to settings that received greater
seawater influx. In both the NAMS and NAS datasets, the additional context provided by
TOC, TS, Mo/TOC, Sr/Ba, Fe/Al, DOP, and 5'°N greatly helped in resolving the environ-
mental drivers of variability in Se enrichment and isotopic composition. Extending these
findings to other paleo-environmental settings, our results suggest that restricted basins are
prone to record Se isotopic enrichment if not regularly replenished with a seawater source
of Se oxyanions, which can make these settings unsuitable for assessing global redox condi-
tions. The future utilization of Se isotopes as a paleo-redox proxy will greatly benefit from
a concerted effort to make high-precision, phase-specific measurements, as well as from the
use of complementary datasets to resolve aspects of basinal redox and hydrography that can

provide critical context for Se isotopic interpretations.



107

870 7961 S 74 G9°L ¢'9 0S°¢C 87 9T°0 8G°0- 9CI 16 srfodognag,
LV°0 v9'vC €09 0¥'8 89 LT°¢ 68°6 ¢a'0 6¢°0- 90T S. srfodognag,
09 L0°C 9Tl [4N0] qI'1- ¢'C qq sijodognag,
670 707 90'¥ 99°8 Lq 1¢'¢C 99°0 [4N0] 69°0- 0T a¥ srjodogna,
470 797 16°¢ 09’8 g'g LS'T Lv0 10 ¢1°0- 0T Ge srjodogna,
t47a0] 6¢°C 86°¢ 8L°8 0'g 06'T av'o Gg'0- L0 aT srjodogna,
8C'0 Sv'1 86°¢ [4{] 0'g 0€'T ST'T 020 970~ 90 q srjodojna,
LV0 629 16°¢ 16°L g9 68T LL9 60°0 L0°0- 6°CC LS JO3OE],
{L°0 ¢V'ST 68°¢ ST'9 gL 97'e 10°T L0°0 89°0- 99 G'L8-G'T8 Jo3dE],
68°0 68°981 0LV 1€°9 vl 6LV TL']T L1°0 970 q'agl Gve1-0'cel Jo¥dE],
00T 68°99 899 00°G 8°G L8'8 TG'8T 020 €€0 8°0TT €9LT-0'VLT Jo¥dR],
00T 96'1¢C €e’L L6°C 9°G ¢6°0T 1661 0T°0 qT'0- 9°€¢ 0°60¢-5'2¢0C Jo¥dR],
L6°0 OT'v1 LL9 Lv'9 9 8L'8 av'6 ST°0 €00 61V ¢CC91C JoOE],
€00 ¢l'l 669 876 Ly cc0 16°0 €00 ¢0 ¢'GLT JONOE],
€70 €9°¢ vey 9L'8 9 GC'C 60°C 020 8L°0- L°0T eEX-Ad-S Jrels
LE°0 92°¢ &0V 0L'8 L'q €L'T 807 ¢&0 V0 701 ceEX-dd-S Arels
L€°0 €69 LEV 848 Lgq LS'T or'v 12°0 L0°0- q'er 1E€X-AdH-S q1e3}s
€¢°0 189 98°¢ 848 09 Lv'T 179 L0°0 €0°0- €91 8¢X-AH-S rels
T1¢°0 68°L 98°¢ 948 9°G 68T 7499 €0 T1°0- C¢'8T 9CX-dH-S re3s
Si7a0] TL'G99 6C°¢ ¢29 89 0Lt S8T'€T 0€'0 290 698 ¥X-dd-S re3s
LV°0 L8'TE v'e 89'8 97 06°C 92°6 ¥0°0 620 L'V9 €L-dINA }oaIy) smunjy
620 96°0¢ G6°¢ G0'8 vy ce'l 7481 920 ¢c0 8'8¢ 09-dINA oI °IUnNjN
120 90°0¥% L9°¢ 769 ¢S 68°0 €261 020 L6870 [ 47 0S-dINd o4y SIUNjA
920 G8'C8 86°¢ 90°L g9 LT°T L1891 80°0 79°0 T'18 0T-dINd }oaIy) snunn
920 9¢°T1L ¥8'¢ 9L L9 9T'1T T0OV1 L2°0 LL°0 9°L9 6-LC INAH }oaIy snuniy
Igoa (wdd)omw (%)ad (%) 1V (°%) Ngi@ (%) ST (%) DOL  °1  (°%) 9Sg,/z8Q (wdd) og srdures Jun

*SO[RYS URIUBAJASUUDJ 9)eT] WOJJ BIepP [BIIWOYI09Y) 7 ¢ d[(R],



Table 3.3: Geochemical data from Late Devonian shales.

unit sample Se (ppm) 882/78Se (%o) 1c TOC (%) TS (%) 8N (%o0)
Dunkirk WVCT754-14 0.7 -0.24 0.54 1.89 2.20 0.6
Dunkirk WVC754-2-5 0.4 -0.52 0.65 2.69 0.9
Hanover WVC785-13 0.4 0.02 2.26 2.00 0.2
Hanover WVC785-8 0.4 0.10 2.64 1.82 -0.5
Woodford RSP-22 2.6 -0.30 0.25 0.44
Woodford RSP-40 8.2 -0.87 0.62 0.79
Woodford AJD-507 0.6 -0.36 0.52
Woodford AJD-513 1.1 -0.14 0.65
Woodford CLY-12 1.5 -1.00 1.05 0.27
Woodford CLY-24 4.9 0.24 0.43 2.22
‘Woodford CLY-26 3.2 0.84 0.16 15.21
Woodford CLY-30 1.9 -0.25 1.53
Woodford CLY-33 2.4 -0.63 0.05 1.92
Ohio Shale OHLO-2 540°0” 1.1 1.00 7.94 3.67 0.0
Ohio Shale OHLO-2 530°0” 0.8 0.60 7.02 2.68 -0.4
Ohio Shale OHLO-2 519’97 1.2 0.81 0.13 7.00 2.11 0.0
Ohio Shale OHLO-2 510’07 1.2 0.57 0.13 5.24 2.63 0.3
Ohio Shale OHLO-2 469’7” 0.6 0.99 7.20 3.71 -0.3
Ohio Shale OHLO-2 460°0” 0.7 0.75 5.72 5.13 -0.1
Ohio Shale OHLO-2 309’3” 0.8 0.14 4.92 1.76 0.7
Chattanooga Dup-75 2.2 0.37 0.59 10.36 5.80 1.9
Chattanooga Dup-64 4.6 -0.38 0.12
Chattanooga Dup-54 2.7 1.55
Chattanooga Dup-60 2.0 0.93 0.15
Chattanooga Dup-33 3.8 -0.66 0.01
Chattanooga Dup-15 4.5 -0.06 0.33
Ohio Shale K3-17-9/2 2.9 0.17 0.18 2.66 2.41 2.0
Ohio Shale K3-17-9/10 2.0 0.50 0.21 6.60 1.35 1.1
Ohio Shale K3-12-8/9 24.3 -0.89 0.15 12.38 8.79 5.0
Ohio Shale K3-12-8/4 37.0 -0.72 0.15 5.57 9.07 4.2
Ohio Shale K3-12-8/3 8.6 0.23 0.10 11.55 1.53 4.6
Ohio Shale K3-12-8/10 17.6 -0.26 0.01 12.84 2.68 5.1
Bakken T2-6 0.5 -0.04 0.96 3.10 1.5
Bakken T2-2 0.4 -0.96 0.92 3.40 1.5
Bakken T2-15 0.3 -0.44 0.60 3.00 1.8
Bakken T1-7 0.6 0.19 1.24 4.50 1.5
New Albany (anoxic) 0.5 0.91 8.60 3.79 0.2
New Albany (anoxic) 1.1 0.92 8.96 3.48
New Albany (anoxic) 0.8 1.20 7.17 3.44 -0.1
New Albany (anoxic) 1.1 1.14 7.24 2.32 0.7
New Albany (anoxic) 1.0 1.52 11.83 3.30 -0.1
New Albany (oxic) 0.5 0.47 0.31 0.56 1.5
New Albany (oxic) 1.0 0.45 0.48 1.63 2.2
New Albany (oxic) 0.8 0.64 0.13 1.19 2.9
New Albany (oxic) 0.6 0.48 0.18 0.42 2.6
New Albany (oxic) 0.4 0.19 0.38 1.39 2.9
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Table 3.4: Unit-average Mo/TOC and Sr/Ba data for Late Devonian units.

section formation Mo/TOC (ppm/wt. %) Sr/Ba (ppm/ppm)
RSP, CLY, AJD Woodford 234 £ 1.7 0.34 £ 0.14
Thompson Upper Bakken 13.2+ 1.5 0.29 £+ 0.08
WVC Hanover-Dunkirk 11.6 £ 6.1 0.26 £ 0.05
KEP-3 Cleveland Member, Ohio Shale 13.9 + 6.9 0.23 4+ 0.02
DHGS Chattanooga 7.0+ 54 0.45 + 0.09
INJK-13 Camp Run Member, New Albany Shale (oxic) N/A 0.24 £+ 0.06
INJK-13 Camp Run Member, New Albany Shale (anoxic) 4.5+ 0.5 0.16 £+ 0.04
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Chapter 4

BIOMASS RECYCLING AND EARTH’S EARLY
PHOSPHORUS CYCLE

This manuscript is published as:
Kipp MA and Stieken EE. (2017). Science Advances. 3(11): eaaod795.
https://doi.org/10.1126/sciadv.aao4795

4.1 Abstract

Phosphorus sets the pace of marine biological productivity on geological timescales. Recent
estimates of Precambrian phosphorus levels suggest a severe deficit of this macronutrient,
with the depletion attributed to scavenging by iron minerals. Here we propose that the size
of the marine phosphorus reservoir was instead constrained by muted liberation of phos-
phorus during the remineralization of biomass. While most biomass-bound phosphorus gets
aerobically recycled in the modern ocean, a dearth of oxidizing power in Earth’s early oceans
would have limited the stoichiometric capacity for remineralization, particularly during the
Archean. The resulting low phosphorus concentrations would have substantially hampered

primary productivity, contributing to the delayed rise of atmospheric oxygen.

4.2 Introduction

Phosphorus (P) availability is thought to dictate the amount of primary productivity that
can be sustained in the oceans on geologic timescales (Broecker and Peng, 1982; Tyrrell,
1999). Estimating P concentrations in the ocean across Earth’s history is thus critical for
understanding the growth of the biosphere and the evolution of major biogeochemical cycles

— namely the rise of atmospheric oxygen, which requires substantial burial of organic carbon
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generated via oxygenic photosynthesis. Multiple proxies have been used to reconstruct P lev-
els, including the P content of iron (Fe)-oxide-rich sedimentary rocks (Bjerrum and Canfield,
2002; Planavsky et al., 2010; Jones et al., 2015) and marginal marine siliciclastic sedimentary
rocks (Reinhard et al., 2016). While deriving quantitative assessments of P levels from these
records has been notoriously difficult (Bjerrum and Canfield, 2002; Konhauser et al., 2007),
recent work is beginning to converge on a low P ocean [<20% modern concentrations; mod-
ern ~2 nM (Broecker and Peng, 1982; Tyrrell, 1999)] persisting in the Archean, and perhaps
through the Proterozoic (Jones et al., 2015; Reinhard et al., 2016). The favored mechanism
for P depletion in the Precambrian ocean is scavenging of P from the water column by in-
corporation into ferrous minerals or by adsorption onto Fe-oxides (Bjerrum and Canfield,
2002; Jones et al., 2015; Reinhard et al., 2016). However, these models have not accounted
for potential “upstream” throttles that could have kept P concentrations low without any
influence of Fe-scavenging. Here we propose a new mechanism for maintaining low P: limited

recycling of P in an oxidant-poor ocean.

The bioavailable P supply of the ocean derives almost entirely from riverine inputs,
making P a scarce nutrient relative to carbon and nitrogen, which can be fixed from at-
mospheric sources (Tyrrell, 1999). The modern riverine flux of bioavailable P is very small
[~2x10'% g/yr (Schlesinger and Bernhardt, 2013)] compared to the amount annually utilized
by the marine biosphere [~1200x10'? g/yr (Schlesinger and Bernhardt, 2013)]. This large
discrepancy between supply and demand is sustained by the efficient recycling of P within
the ocean. After the P in the surface ocean is exhausted during primary production, the
remineralization of sinking biomass releases P back into the marine environment. This re-
cycling increases the residence time of P in the ocean. As water masses mature in the deep
ocean, they accumulate nutrients regenerated through biomass recycling and ultimately de-
liver these nutrients to the continental shelves via upwelling, enabling high rates of biological
productivity. In the modern ocean, ~80-90% of primary productivity gets remineralized in
the photic zone (upper ~200m; Fig. B.1), with most of the remainder being oxidized at
depth or in marine sediments (Emerson and Hedges, 1988; Martin et al., 1987). Ounly a
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very small percentage (<<1%) of net primary productivity (and its associated P) escapes
remineralization and is ultimately buried in marine sediments. Thus the magnitude of the P
recycling flux has probably always dwarfed riverine inputs, even if early Precambrian riverine

fluxes were an order of magnitude higher than today (Hao et al., 2017).

A critical difference between Precambrian and modern oceans is the availability of elec-
tron acceptors needed for the oxidation of biomass. In the oxygenated modern ocean, most
organic matter degradation occurs aerobically (Sarmiento et al., 1988). Even when localized
water masses or sedimentary porewaters become anoxic, there is ample supply of anaerobic
electron acceptors (e.g., sulfate; SO4%) to fuel biomass decomposition (Calvert and Pedersen,
1992). Prior to the establishment of oxidizing conditions at Earth’s surface, it is conceivable
that the recycling of organic matter was limited by a scarcity of electron acceptors. Inhibited
organic remineralization would mean that a greater proportion of sinking organic matter was
preserved in marine sediments (i.e., higher burial efficiency). However, the limited regener-
ation of P in such a system might maintain low steady-state P concentrations in the deep
ocean and upwelling waters, which would ultimately limit net primary productivity, total
organic burial, and oxygenesis. We quantitatively explored this hypothesis by compiling es-
timates of the paleo-concentrations of the major electron acceptors in seawater (Fig. 4.1A)
and stoichiometrically calculating the concentration of P that could have been maintained

throughout Earth’s history.

The rationale for this approach comes from the observation that in the modern ocean
the concentrations of P and oxygen in surface (Ps, O) and deep (Pq, Osq) waters can
be stoichiometrically equated using the chemical equation of aerobic decomposition and
concomitant liberation of P (Sarmiento et al., 1988) (Fig. B.2). This is based on the premise
that all P in deep waters (Pq) derives from either (i) the release of P during the oxidation
of organic matter, or (ii) downwelling of nutrient-rich waters (Ps) from high latitudes that
is driven by thermohaline circulation. Thus, P4 can be calculated as shown in Equation 4.1,

where rgs is the stoichiometric coefficient of the liberation of P from organic matter during
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Figure 4.1: Compilations of (A) electron acceptor availability in seawater and (B)
sedimentary organic carbon isotope record. The prevalence of extremely negative 3'3C
values from ~2.8-2.5 Ga has been interpreted by some as a signal of widespread methanogenesis

[(Krissansen-Totton et al., 2015) and refs. therein].
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aerobic respiration [120-200, average 169 (Sarmiento et al., 1988; Canfield, 1998)]

P, =P, + Ons — O (4.1)
To2

This equation has been validated for the modern ocean (Sarmiento et al., 1988) and has
also been used to constrain Precambrian oxygen levels (Canfield, 1998). It is therefore a
reasonable approach to track first-order trends in ocean chemistry.

We modified this equation in order to explore the possibility of limited P recycling in the
Precambrian (extended methods are available as supplementary materials). First, we added
the contribution of anaerobic respiration pathways, in descending order according to the
thermodynamic favorability of the corresponding metabolic reaction (Froelich et al., 1979).
Stoichiometric coefficients (r;) were taken from Canfield et al. (1993). In order to assess
the contribution of organic disproportionation reactions (i.e., methanogenesis, fermentation),
we derived an upper limit (Pcpy) using modeled methanogenesis rates for the Precambrian.
Scaling the modern rate of methane production in marine sediments [20 Tmol/yr (Reeburgh,
2007)] to rates modeled for the late Archean [96 Tmol/yr (Izon et al., 2017)] — a time that
may have had exceptionally vigorous methanogenesis (Fig. 4.1B) — suggests that dispro-
portionation of organic matter likely never contributed more than 0.1 pM of additional P
recycling (extended methods are available in Appendix B). We conservatively applied this

value to all of our Precambrian calculations. The modified equation becomes

023 — O2d T NOgs - NOgd + MTLOQS — MnOQd n FGOOHS — FGOOH@ + SO4S — S04d
To2 TNO3 T"MnO2 T"FeOOH Tso4

P; =P, +

+Pcua
(4.2)

which can be simplified by combining the total contribution of P recycling into a single term

(P,), such that

P,=P,+P, (4.3)



126

We solved for P, using published estimates for electron acceptor availability in the
surface oceans (Xs; Fig. 4.1A), assuming that all electron acceptors were quantitatively
consumed (i.e., Xq = 0). Our estimates are conservative and likely overestimate total P
regeneration for several reasons. First, if SO,% had been quantitatively consumed at all times,
then net isotopic fractionations in 5*4S as recorded in marine sediments should be minimal as
a result of quantitative mass transfer, counter to what is observed in the Proterozoic [though
not Archean (Canfield, 1998)]. Second, we did not account for other reactions such as CHy
or Hy oxidation that can consume electron acceptors without liberating P. Lastly, unlike
the other electron acceptors in this model, manganese (Mn) and Fe are insoluble in their
oxidized states. Upon reaching the ocean, Mn and Fe oxides tend to settle out of the water
column, restricting their P recycling contributions to localized sedimentary settings, where
liberated P is often trapped by diagenetic P minerals such as carbonate-fluorapatite (CFA).
Additionally, their oxidizing power is limited to particle surfaces, meaning that their true
oxidative capacity is considerably lower than is suggested by simple bulk concentrations.
For these reasons, we are likely over-estimating the contribution of Mn and Fe in these
calculations. Fe3™ and SO4%* can be regenerated during biogeochemical cycling within the
ocean, and thus can be used multiple times to recycle P; however, these re-oxidation pathways
consume another oxidant that then becomes unavailable, hence there is no net change in P
regeneration. Thus, we stress that these calculations are conservative, and, if they err, tend

to over-estimate total P,.

We also considered potential variability of the Redfield C:P ratio through time, since
the stoichiometric coefficient (7;) scales with the C:P ratio of the degraded biomass. While
today there is a fairly conserved C:P ratio of ~106 in marine phytoplankton (Redfield, 1963),
it has been proposed that this ratio was substantially higher in the low-P Precambrian ocean
(Reinhard et al., 2016). Laboratory cultures have demonstrated flexibility in cyanobacterial
C:P ratios from ~106 to >500 as a function of P availability (White et al., 2006). We therefore
explored three cases of constant (106), moderately enriched (400) and highly enriched (1000)
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C:P ratios in order to generate a comprehensive range of outputs.

To constrain Ps, we considered two endmember scenarios: (i) Through thermohaline
circulation and upwelling, the maximum P content of the surface ocean (P;) is equal to
the P contained in deep waters that is initially set by biomass remineralization (Ps; = P,)
(Sarmiento et al., 1988). (ii) Alternatively, thermohaline circulation may be suppressed, in
particular during intervals in the Precambrian that lack geological evidence of glaciations.

In this case, Py = 0.
4.3 Results

Our calculations reveal a significant increase in the capacity for P recycling (P,) as the Earth’s
surface environment evolved from a reduced to an oxidized state, in particular during the
Great Oxidation Event (GOE) at ~2.4 Ga (Bekker et al., 2004), when marine sulfate levels
increased markedly (Fig. 4.2). The modern ocean has a vast excess of oxidizing capacity
that is not exhausted during the recycling of sinking biomass. In other words, the amount
of organic matter remineralization that occurs in the modern ocean is not limited by the
total abundance of electron acceptors, but rather by the kinetics of organic degradation,
sorption of organics onto mineral surfaces, polymerization reactions leading to the formation
of recalcitrant organic matter, and sedimentation rates (Emerson and Hedges, 1988; Calvert
and Pedersen, 1992; Hedges and Keil, 1995). In contrast, our calculations suggest that the
remineralization of organic matter could have been inhibited in the Archean simply due to
the limited availability of electron acceptors (Fig. 4.2).

In the absence of appreciable dissolved oxygen, the recycling of biomass in the Archean
would have relied heavily on respiration of Fe?™ and SO4* (Fig. 4.1). Recent estimates
(Crowe et al., 2014; Zhelezinskaia et al., 2014) place Archean [SO,*] at <10 pM, meaning
that sulfate reduction would have contributed no more than 0.2 pM to P, (Fig. 4.3). Levels
of dissolved Fe3* may have been as high as 1 mM if Fe?* levels were constrained by greenalite
solubility (Tosca et al., 2016) and if all Fe*" underwent oxidation to bioavailable Fe*. In

this scenario, iron reduction could theoretically have contributed up to 1.5 pM to P, (Fig.
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Figure 4.2: Total possible phosphorus recycling through geologic time. Black line indicates
preferred values. Grey shaded area is uncertainty envelope for C:P ratios of 106:1. Blue shaded
region is uncertainty envelope for C:P ratios of 400:1; red shaded region corresponds to C:P of
1000:1. Dotted line shows modern concentration of P in the deep ocean and upwelling water (~2

nM).
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Figure 4.3: Total possible Archean phosphorus recycling as a function of ferric iron
and sulfate availability. Calculations are presented for C:P ratios of 106 (A), 400 (B) and 1000
(C). Diamond shows preferred values; red shaded region shows published range of estimates for
Archean seawater. Ferric iron reduction could have played a large role in phosphorus recycling if
bioavailable Fe3T levels were indeed ~1 mM, but a scenario is very unlikely (discussed in text).

Elevated C:P ratios in primary producers would have severely impeded P recycling in all scenarios.

4.3A). However, this upper limit is unlikely for several reasons. First, a large fraction of
Fe3™ may have settled out of the water column as solid particles without being utilized for
organic remineralization; second, siderite saturation may have kept Fe?* levels below 120pM
(Holland, 2003), which would push P, to <0.4 pM; and lastly, if microbial C:P stoichiometry
indeed shifted to higher levels under pervasive nutrient stress in the Precambrian (Reinhard
et al., 2016), the effect of limited P recycling would become considerably more severe (Fig.
4.3B,C). Furthermore, episodes of high Fe input into the ocean could have exerted a negative
feedback on P availability. When Fe input was high, it may have allowed for a high degree
of P recycling by Fe?" respiration, but at the same time, high levels of Fe?" in the water
column could subsequently have scavenged liberated P. The net burden for sustaining a large
reservoir of dissolved P may thus have rested primarily on microbial sulfate reducers (max.
P, < 0.2 pM). As a conservative estimate, we proceed with a value of <0.4 uM for P, to

allow for some contribution of Fe?" respiration (Fig. 4.3A).
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If we now add our most conservative estimate of P dissolved in surface waters (Pg), our
maximum calculated P4 value is <0.8 pM for the Archean. This is <40% of modern values,
and is likely an over-estimate for the reasons outlined above. Actual concentrations could
have been substantially lower, particularly if bacteria adjusted their C:P ratios to higher
values (Fig. 4.3), or if thermohaline circulation was less effective than today. These upper
limits agree well with recent estimates of Archean P concentrations [0.04-0.38 nM (Jones et
al., 2015; Reinhard et al., 2016)].

However, our model allows for high P levels in the Proterozoic after growth of the
seawater sulfate reservoir (Fig. 4.4) — counter to recent proxy evidence (Reinhard et al.,
2016). There are a few possible solutions to this disagreement: (i) P recycling may have
been operating more effectively in the Proterozoic, but Fe-scavenging depleted this recycled
P and became the most significant sink for P, thus maintaining low P levels until the lat-
est Proterozoic. (ii) Alternatively, P recycling may still have been inhibited if the marine
sulfate reservoir was not quantitatively utilized, such that the full oxidation potential was
not exploited. This would be consistent with an increase in the spread of 8*S values of
Proterozoic sedimentary sulfides, which indicate non-quantitative sulfate reduction in the
marine environment (Canfield, 1998) (iii) Lastly, if C:P ratios were significantly elevated
above modern values, even moderate P recycling could still have kept the P reservoir small
in the Proterozoic (Fig. 4.4). It is therefore conceivable that electron acceptor limitation for

P liberation extended into the Proterozoic eon.
4.4 Discussion

These results carry several important implications. First, oxidant-limited recycling of P
rather than scavenging by Fe-minerals probably exerted the major control on P availability
in the Archean, because secondary P-bearing minerals cannot form if P remains bound to
organic matter. Fe-scavenging could, however, have become the major P sink in the Protero-
zoic if P recycling became more efficient (Figs. 4.2, 4.4). This would require that electron

acceptors were nearly fully exploited, which is not the case today. Importantly, our model
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Figure 4.4: Total possible Proterozoic phosphorus recycling as a function of sulfate
availability. Blue shaded region shows range of published estimates for Proterozoic sulfate con-
centrations. An increase in seawater sulfate levels after the GOE would have considerably increased
the capacity for P recycling, though high C:P ratios could still have kept P levels low at the lower

end of published estimates.
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does not require higher-than-modern organic carbon concentrations in Archean sedimen-
tary rocks but instead a relatively larger proportion of preservation of primary productivity,
which would in turn have been suppressed with a lower P availability. The severity of this P
scarcity imposed by limited biomass recycling increases substantially if bacterial C:P ratios
were higher in the Precambrian (Figs. 4.3, 4.4). In such scenarios, the formation of authi-
genic P-bearing mineral phases (e.g., CFA) may have been inhibited by the lower P input
to marine sediments (Reinhard et al., 2016).

Secondly, our results suggest that in the Archean, microbial iron- and sulfate-reduction
played an essential role in sustaining biological productivity by conducting the vast majority
of P recycling within the ocean system (Fig. 4.3). The contributions of these two pathways
may have been comparable despite a greater abundance of Fe3* than SO,% in Archean
seawater, because sulfate reduction involves a transfer of eight electrons compared to one
electron in iron reduction, meaning more P can be liberated per molecule. Prior to the onset
of significant oxidative continental weathering (Stiieken et al., 2012) the major source of
SO4% to the ocean would have been photolysis of volcanic SOy (Farquhar et al., 2000). Our
results thus highlight the potentially important role of volcanism in sustaining a significant
biosphere on an anoxic planet by sourcing SO4% to the ocean where it could contribute to
biomass recycling. Additionally, the contribution of iron reduction to P recycling may have
been sensitive to secular changes in heat flow and pulses in hydrothermal Fe inputs. These

results thus illustrate another strong linkage between biological and planetary evolution.

Lastly, our proposed mechanism for low Archean P levels may help explain the delay
between the earliest compelling evidence of oxygenic photosynthesis at ~3.0 Ga (Planavsky
et al., 2014) and the accumulation of atmospheric oxygen during the GOE (Bekker et al.,
2004). It has long been recognized (Holland, 1984) that under near-modern rates of pri-
mary productivity, it is difficult to satisfy redox balance at Earth’s surface while keeping
atmospheric oxygen levels extremely low (Kasting, 2013). However, if suppressed recycling
of biomass limited the P supply, then lower rates of primary productivity would alleviate

the troubles with the Archean redox budget, due to diminished biospheric oxygen produc-
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tion. This P-limited state could have been exited as incipient oxidation began on Earth’s
surface, delivering sulfate to the marine environment (Stiieken et al., 2012), thus increasing

productivity and oxygenesis, culminating in the GOE.

4.5 DMethods

We modified the box model approach used in (Sarmiento et al., 1988) in order to calculate
dissolved P concentrations in the Precambrian oceans. This model relates deep (Oz4) and
surface (Og) ocean oxygen concentrations by recognizing that their difference is equivalent
to the amount of oxygen consumed during the oxidation of sinking organic matter, and that
this can be stoichiometrically equated to the difference in surface and deep ocean P levels

(P4 - Ps). This relationship can thus be expressed:

O2d = OQS — T(Pd — PS) (44)

where r is the stoichiometric coefficient of the liberation of P from biomass during aerobic
remineralization (see model schematic, Fig. B.2). If P were not selectively remineralized
during organic degradation, then r would approximately equal the Redfield C:P ratio of pri-
mary producers (7.e., 106) due to the 1:1 O5:C stoichiometry of aerobic respiration. However,
it is known that P is in fact selectively released from organic matter during decomposition
reactions (Clark et al., 1998), meaning that r is greater than the Redfield C:P ratio. The
value of r has typically been estimated at 169 (Canfield, 1998; Sarmiento et al., 1988; Taka-
hashi et al., 1985), although observations range from 120-200 in the modern ocean (Shaffer,
1996). We therefore used 169 as our preferred value, and explored the range from 120-200
to establish our confidence interval.

Equation 4.4 can then be used to predict deep-ocean oxygen concentrations if all other
parameters are known. In order for this model to accurately capture the dynamics of the
modern ocean, however, it is necessary to use Oss and Py values from high-latitude waters,
since these water masses currently feed the deep ocean (Sarmiento et al., 1988). Failure to

do so will generate very low (or negative) O values, because some of the P in the deep
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ocean today in fact derives from these downwelling nutrient-rich waters. Solving the equation
with published P concentrations [Pq = 1.7-2.3 pM (Jones et al., 2015; Levitus et al., 1993;
Sarmiento et al., 1988; Tyrrell, 1999); Py = 0.7-1.24 uM (Levitus et al., 1993; Sarmiento et
al., 1988)] and using an Oy value of 325 1M — representative of high-latitude surface waters
(Sarmiento et al., 1988) — yields an Oqq value of approximately 156 pM (confidence interval
110-185 pM) which is in good agreement with oceanographic observations (Baranova and
others, 2005; Sarmiento et al., 1988).

In order to instead solve for deep ocean P concentrations, the equation can be rearranged:

Pd:Ps—l-M (4.5)
To2

The amount of P in the deep ocean is thus shown to be equivalent to the amount sourced
from nutrient-rich downwelling waters plus the amount liberated during biomass recycling.

We further modified the box model to include additional electron acceptors represent-
ing the most globally significant anaerobic metabolic pathways (Fig. B.2). While these
pathways have a relatively minor role in phosphorus regeneration in the modern ocean, the
reducing oceans of the Precambrian would have featured predominantly anaerobic microbial

metabolisms (see main text for discussion).
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Chapter 5

PERVASIVE AEROBIC NITROGEN CYCLING IN THE
SURFACE OCEAN ACROSS THE PALEOPROTEROZOIC ERA

This manuscript is published as:
Kipp MA, Stueken EE, Yun M, Bekker A, Buick R. (2018). FEarth and Planetary Science
Letters. 500: 117-126. https://doi.org/10.1016/j.epsl.2018.08.007

5.1 Abstract

Nitrogen isotope ratios in marine sedimentary rocks have become a widely used biogeochem-
ical proxy that records information about nutrient cycling and redox conditions in Earth’s
distant past. While the past two decades have seen considerable progress in our under-
standing of the Precambrian sedimentary nitrogen isotope record, it is still compromised by
substantial temporal gaps. Furthermore, quantitative links between nitrogen isotope data,
marine redox conditions, and nutrient availability are largely lacking in a Precambrian con-
text. Here we present new nitrogen isotope data from a suite of marine sedimentary rocks
with ca. 2.4 to 1.8 Ga ages, spanning the Great Oxidation Event in the Paleoproterozoic,
to better constrain the response of the nitrogen cycle to the first major redox transition in
Earth’s history. We further construct a simple box model to describe the major pathways
that influenced the nitrogen isotope mass balance of the Precambrian ocean and use this as
a platform to evaluate the Precambrian nitrogen isotope record. Within this framework, we
find that consistently positive nitrogen isotope values, ranging from +1.1 to +7.7%o, across
the early Paleoproterozoic are strong evidence for an expansion of oxygenated surface wa-
ters. Since the isotopic signature of aerobic nitrogen cycling is recorded in the biomass of

nitrate-assimilating organisms, this implicates widespread nitrate bioavailability in this time
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interval. The decline in offshore nitrogen isotope ratios in the Mesoproterozoic is consistent
with the contraction of oxic waters, which could have inhibited the expansion of nitrate-
fueled ecosystems to pelagic waters until the widespread oxygenation of the ocean in the

latest Neoproterozoic to early Phanerozoic.
5.2 Introduction

At the beginning of the Paleoproterozoic Era, Earth’s atmosphere underwent a permanent
shift from a reducing to an oxidizing state. This transition — termed the “Great Oxidation
Event” (GOE) — began by ca. 2.43 Ga (Gumsley et al., 2017) and was characterized by
oxygen-rich marine and terrestrial settings lasting until ca. 2.06 Ga (Bekker and Holland,
2012). In the aftermath of the GOE, atmospheric oxygen fell to an intermediate level that
was substantially higher than in the Archean, but lower than Phanerozoic concentrations
(Lyons et al., 2014). While the exact timing and mechanism of the GOE remain debated,
the magnitude of its implications is clear: the biogeochemical pathways operating at Earth’s
surface were dramatically and permanently altered (Lyons et al., 2014), and the stage was set
for the emergence of aerobically-respiring organisms, including the first eukaryotes (Javaux
and Lepot, 2018).

Several paleo-redox proxies have been used to characterize the transition toward oxy-
genated surface environments in the Paleoproterozoic. Early evidence from oxidized paleosols
documented the influence of atmospheric oxygen in weathering environments by ca. 2.2 Ga
(e.g., Beukes et al., 2002), and the recognition of a large perturbation in the global carbon
cycle through carbon isotope systematics of carbonates has long been used to support a no-
tion of extreme oxygen production during the GOE (e.g., Karhu and Holland, 1996). More
recently, the disappearance of mass-independent fractionation of sulfur isotopes (MIF-S) has
been used to pinpoint the crossing of a threshold of 107 times the present atmospheric level
of oxygen (PAL) between 2.46 and 2.32 Ga (Farquhar et al., 2000; Gumsley et al., 2017; Luo
et al., 2016; Bekker et al., 2004), which has come to define the onset of the GOE proper.

The redox states of the atmosphere and ocean are coupled on geologic timescales, and so
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the rise of atmospheric oxygen, the “oxygen overshoot,” and the subsequent deoxygenation
should have considerably affected marine redox chemistry. Indeed, enrichments of redox-
sensitive trace elements in organic-rich shales implicate an expansion of oxygenated seawater
during the GOE (Scott et al., 2008; Partin et al., 2013; Kipp et al., 2017), as do sulfur
isotope ratios in marine sedimentary rocks, which suggest a waxing and waning seawater
sulfate reservoir (Planavsky et al., 2012; Scott et al., 2014). Beyond these converging lines
of evidence for widespread ocean oxygenation during the GOE, recent work has begun to
decipher even regional redox gradients. Highly positive selenium isotope ratios in offshore
marine sediments during the GOE imply oxygenated surface oceans, with anoxia prevailing
at depth (Kipp et al., 2017). This finding is corroborated by the record of iodine enrichment
in shallow-marine carbonates deposited at the same time, which requires at least mildly

oxygenated surface waters (Hardisty et al., 2017).

Nitrogen isotope geochemistry can bring additional perspective to bear on the ques-
tion of basinal redox structure, as nitrogen has a high redox potential — similar to that
of selenium and iodine — and is sensitive to redox conditions in the photic zone, where
primary productivity is highest. The nitrogen isotope composition of organic matter in off-
shore marine sediments can thus speak to redox chemistry in the photic zone overlying the
outer shelf and open ocean. Furthermore, as nitrogen is an essential macronutrient, nitro-
gen isotopes in marine sediments also record the balance between nitrogen-fixing organisms
(strictly prokaryotic) and nitrogen-assimilating organisms (which can be either prokaryotic
or eukaryotic). Since nitrate (NOj") is the preferred nitrogenous substrate for eukaryotes in
the modern ocean (e.g., Karl et al., 2001), tracing the prevalence of aerobic nitrogen cycling
during the Paleoproterozoic can both constrain redox conditions and speak directly to the
bioavailability of NOjs~ for eukaryotic organisms. Notably, despite the wealth of evidence
from a variety of well-established paleo-redox proxies, the immediate response of the nitro-
gen cycle to the GOE has only been investigated in a few studies that focused specifically on
the onset, culmination, or aftermath of the GOE (Kump et al., 2011; Luo et al., 2018; Pap-

ineau et al., 2009; Zerkle et al., 2017). While those studies have provided important evidence



141

for the presence of aerobic nitrogen cycling during the GOE, the sparse record through the
Paleoproterozoic hinders reconstructions of global temporal and spatial patterns across the

proposed “oxygen overshoot.”

Here we present nitrogen isotope data from a suite of Paleoproterozoic marine sedimen-
tary rocks that span the GOE in order to better characterize the response of the biogeo-
chemical nitrogen cycle to the first permanent increase in atmospheric and marine oxygen
levels. Taking this a step further, we then construct a simple steady-state isotope box model
and use it as a platform for evaluating secular trends in the Precambrian nitrogen isotope
record. To date, nitrogen isotopes in ancient marine sediments have been used at best as
a semi-quantitative redox proxy. We find that even with this simple view of the nitrogen
cycle, a robust correlation can be drawn between nitrogen isotope ratios in marine sediments
and the extent of oxic surface waters. This new, quantitative framework for interpreting the
nitrogen isotope record enables a direct comparison with results from other proxies, thereby

refining our view of ocean oxygenation during and after the GOE.

5.3 DMaterials

We collected nitrogen and organic carbon isotopic data from a large sample set (n = 144)
of marine, siliciclastic sedimentary rocks with ages spanning ca. 2.4 to 1.8 Ga. We targeted
shales deposited in offshore depositional environments (below wave base) in basins that
were open with respect to exchange with the global ocean. When viewed together, these
lithologies capture a representative view of secular trends in global nitrogen cycling. None
of the units studied here have experienced metamorphism beyond lower greenschist facies.

Detailed descriptions of individual units can be found in the Supplementary Materials.
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5.4 DMethods

5.4.1 Sample preparation for bulk rock analyses

Sample preparation followed published methods (Stiieken, 2013; Koehler et al., 2017). Sam-
ples were crushed into centimeter-sized chips, and equipment was cleaned between samples
with methanol and 18 M2 DI-H,O. Rock chips were sequentially cleaned with ethanol, 2N
HCl, and DI-H;O to remove modern contaminants, then dried in an oven at 60°C. Clean
chips were pulverized using an aluminum oxide puck mill that was cleaned between samples
using methanol, DI-H,O, and pre-combusted (500°C) silica sand. Prior to analysis, powders

were decarbonated using 6N HCI, then rinsed with DI-H,O and dried in an oven at 60°C.

5.4.2  Kerogen extraction

Kerogen was extracted from bulk rock powders following published protocols (Stiieken et
al., 2015). Rock powders were weighed out into teflon bottles and treated with a 50:50
mixture of DI-H20 and concentrated (29N) hydrofluoric acid (HF) in a shaking water bath
at 55°C. Digests were then centrifuged and the supernatant was decanted. A BF3 solution
(62.5g H3BO3, 100 mL DI-H,O, 100 mL 29N HF) was then added, and the samples were
placed in a shaking water bath at 55°C to dissolve remaining fluoride minerals. Samples
were then centrifuged, the supernatant was decanted, and the samples were washed with
three iterations of DI-H5O. The isolated kerogen was transferred to a combusted pyrex vial

in DI-H,O and freeze-dried to remove all moisture prior to analysis.

5.4.3 Isotopic analyses

The isotopic composition (3'°N and 8'®C,,,) of decarbonated powders and kerogen iso-
lates was measured on a CostechTM ECS 4010 Elemental Analyzer coupled to a Thermo
Finnigan™ MAT253 continuous flow isotope-ratio mass spectrometer housed in IsoLab at
the Department of Earth & Space Sciences, University of Washington. Combustion was car-

ried out with 20mL O, at 1000°C. A magnesium perchlorate trap was used to remove water
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from the gas stream. Isotopic measurements were standardized against three in-house stan-
dards (two glutamic acids “GA1” and “GA2”, and dried salmon “SA”), which are calibrated
to international reference materials USGS40 and USGS41. An aliquot of the Neoarchean
Mt. McRae Shale was analyzed as an in-house standard to test long-term precision. Isotopic
data are reported in delta notation relative to air for nitrogen and Vienna PeeDee Belemnite
(V-PDB) for carbon.

Analytical blanks resulting from combustion were monitored and subtracted from ni-
trogen data; blanks were negligible for carbon measurements. Average analytical accuracy
of 3N among individual runs, based on in-house standard “GA1” was -0.03 £ 0.19%0 (10).
Accuracy of 8'3C,,, measurements based on in-house standard “SA” was -0.05 + 0.07%0 (10).
The average analytical precision among all runs based on in-house standard “UW-McRae”
was 0.12%o (1o) for 3N and 0.04%0 (1o) for 8"Cey. All samples were analyzed at least
twice, with an average standard deviation between sample replicates of 0.25%o for 3'°N and
0.17%0 for 3'3Coyq.

Samples from the Sengoma Argillite Formation were analyzed for bulk nitrogen content
and 8Ny, values (without decarbonation) following standard procedures in the Stable
Isotopes for Innovative Research Laboratory at the Department of Geological Sciences, Uni-
versity of Manitoba (cf. Zerkle et al., 2017). Analyses were performed using a CostechTM
4010 Elemental Analyzer coupled to a Thermo FinniganTM Delta V Plus isotope-ratio mass
spectrometer. A magnesium perchlorate-carbosorb trap was placed before ConFlo III to re-
move water and CO,. Temperature in the oxidation column was raised to 1050°C for efficient
sample combustion, and a ‘macro’ O injection loop was utilized. CO4 levels were monitored
during analytical sessions. Sample normalization was performed using two-point calibration
with two international standards (USGS40 and USGS41) at the beginning, middle, and end
of each run. To monitor the quality of analytical performance, two certified standards were
analyzed alongside with samples: B2153, soil, % TN = 0.13 & 0.02%, 8N = +6.70 + 0.15%o
(Elemental Microanalysis); and SDO-1, Devonian Ohio Shale, % TN = 0.36 + 0.01%, 3'°N
= -0.8 & 0.3%0 (USGS). The data obtained were TN (wt. %) = 0.14 + 0.00% and 3'°N
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values of +6.76 + 0.02%0 (n=3) for B2153, and TN (wt. %) = 0.37 + 0.00% and 5'°N values
of -0.32 + 0.02%0 (n=3) for SDO-1.

5.4.4 Isotope boxr model

We constructed a steady-state box model of the nitrogen cycle to track the salient processes
affecting nitrogen isotope mass balance in the ocean system (Fig. 5.1). The major input
of nitrogen to the ocean is biological Ny fixation to NH, ™, which is released during biomass
degradation and oxidized rapidly to NOjz  (nitrification). We assumed that nitrification
occurs instantaneously as soon as NH,T upwells to the surface ocean, because previous
studies have shown that nitrification proceeds even at nanomolar levels of dissolved O,
(e.g., Kalvelage et al., 2011). The major output of nitrogen from the ocean is assumed to
be denitrification (NO3™ reduction to Ny), which occurs in suboxic-to-anoxic parts of the
water column (here defined as <4.5 uM O,; Keeling et al., 2009) and in anoxic sedimentary
porewaters. We did not separately parameterize the anammox pathway (NH4 oxidation to
N, using NOy™) because the isotopic effect is similar to canonical denitrification and thus
a changing balance between anammox and canonical denitrification is unlikely to affect the
nitrogen isotope mass balance of the ocean (Devol, 2015).

We first calibrated our model to reproduce the isotopic mass balance of the modern
ocean (Devol, 2015). Then we adjusted the balance of water column and sedimentary deni-
trification as a function of anoxia in the ocean. The isotopic composition of export production
was calculated for two end-member scenarios: (i) a closed system where nitrate is irreversibly
transformed into either Ny (via denitrification) or biomass (via assimilation) (i.e., resulting
in progressive isotopic distillation of the residual pool at higher yields), and (ii) an open sys-
tem at steady state (i.e., resulting in isotopic offsets between products and reactants that are
nearly identical to the fractionation factor) (cf. Hayes, 2004). Because the residence time of
nitrogen in the modern ocean is ~3 kyrs (Brandes and Devol, 2002), nitrogen is moderately
well-mixed in the modern open ocean, and thus nitrogen isotope mass balance should gen-

erally follow open-system dynamics (as is assumed for carbon isotope mass balance; Hayes,
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Figure 5.1: Schematic of fluxes included in box model. Nitrogen fixation (fgzation) is the
dominant input to the ocean system, with water column (f,.;) and sediment (fs4) denitrifica-
tion constituting the major output fluxes. The dominant input (>99%) of nitrate is nitrification
(fremin-nitrif), With atmospheric deposition (fzeposition) and riverine (frier) inputs comprising only
minor contributions (<1%). Modern flux constants were used to calibrate the model, and then
the balance of fycd, fsd, and fyuriar (including burial of both fixers and assimilators) was adjusted
to simulate changes in ocean redox chemistry. Since remineralization of organic matter produces
a small or negligible N isotope fractionation, ammonium burial with clay minerals is not treated

separately in the model. A detailed description of model architecture can be found in Appendix C.
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2004; Schidlowski, 2001). However, in modern basins with very high rates of water column
denitrification, the isotopic distillation of residual NO3™ can locally approach closed system
dynamics, causing nitrogen isotope ratios in certain regions of the modern ocean to become
substantially elevated above global mean values (Tesdal et al., 2013). In the low-oxygen Pre-
cambrian ocean, closed-system behavior of nitrogen isotopes may have been more prevalent,
particularly prior to the GOE. Thus, we present both calculations, noting that the open-
system scenario more accurately captures the global average value for marine sediments with
predominantly oxic environments, while local environments can be susceptible to closed sys-
tem dynamics. A full description of all parameterizations and equations can be found in the

Supplementary Materials.

5.5 Results

5.5.1 Isotopic results

All of the studied units consistently show bulk-rock 3N values (Fig. 5.2; Table C.1) that
are elevated above the range expected from nitrogen fixation alone (-2%o to +1%o0; Zhang
et al., 2014). The mean 3" Ny, value of all units analyzed is +4.8 + 1.4%o (1o), which
closely resembles the nitrogen isotope composition of modern marine sediments (mode +4%o
to +6%o; Tesdal et al., 2013). Within individual units, 3'*Nyp values are fairly consistent
over several meters in stratigraphy, with an average per-unit standard deviation of 0.6%0
(ranging from 0.2%o to 1.8%). The full range of 3'° Ny, values in the samples analyzed in
this study is +1.1%0 to +7.7%o0, which largely overlaps the range seen in modern marine
sediments (Tesdal et al., 2013). Notably, we find no evidence of extremely enriched 3P Npulk
values (>+10%o) in any of the units studied here (Fig. 5.2), which stands in contrast to
the data from Paleoproterozoic shales of the Aravalli Supergroup in India (Papineau et al.,
2009).

Kerogen isolates were isotopically lighter than their corresponding bulk-rock values by

an average of -2.5%o (Fig. 5.3; Table S1). The isotopic offset increased as a function of
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Figure 5.2: Isotopic data generated in this study. Crosses denote nitrogen isotope data from
units that experienced lower greenschist facies metamorphism, diamonds denote data from units
that remained below greenschist facies. All nitrogen isotope data are enriched above the range
of values expected for nitrogen-fixation dominated systems (-2%o to +1%o; grey shaded region).
Most units contain carbon isotope ratios that are depleted below the normal range for marine
phytoplankton (-26%0 + 7%o; Schidlowski, 2001), perhaps reflecting heterotrophic degradation of

sedimentary organic matter in anoxic seawater and sediments.
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metamorphic grade, with unmetamorphosed samples showing a small positive offset (40.6%o;
n = 4), while samples that reached prehnite-pumpellyite facies (-2.4%0; n = 6) and lower
greenschist facies (-3.2%o0; n = 20) showed a moderate negative offset (Fig. 5.3).

A LOWESS (LOcally WEighted Scatterplot Smoothing) curve was used to describe
variability in the nitrogen isotope record across the GOE (details can be found in Supple-
mentary Materials). Bulk-rock nitrogen isotope data from Precambrian marine sedimentary
rocks were compiled from the literature by updating a published database (Stiieken et al.,
2016). All published data from units spanning 3.3 to 1.3 Ga were included in the LOWESS
calculations. The mean 5'°N value of the LOWESS curve is +3.6 4+ 1.2%0 (10). The curve
shows a secular trend across the GOE, with 8'°N values rising in the late Archean, reaching
a maximum just prior to the GOE, stabilizing across much of the Paleoproterozoic, and
slightly decreasing in the Mesoproterozoic (Fig. 5.9).

The mean 5'%C,,, value of all samples in our dataset is -32.5 &+ 7.3%0 (1o). As with
3N, 813C,yg values for individual units are fairly consistent, with an average per-unit stan-
dard deviation of 1.8%o (ranging from 0.2%0 to 3.9%0). Most studied units contain samples
with 83'C,,y values that are more negative than the range typically generated by marine
phytoplankton (-26%o 4+ 7%o; Schidlowski, 2001), which might reflect heterotrophic activity,
including methanogenesis, occurring in predominantly anoxic sediments, and methanotrophy
either at the sediment-water interface or throughout the overlying water column utilizing dis-
solved oxidants (e.g. Bekker et al., 2008; Luo et al., 2014). A notable exception is an increase
in 8'3C,,, values seen in units deposited during the ca. 2.22-2.06 Ga Lomagundi carbon iso-
tope excursion (Fig. 5.2), with §'°C,,, values rising to -22.6 + 2.2%0 (1o) in the Wewe Slate
and -25.7 £+ 3.0%o (1o) in the Sengoma Argillite Formation (Bekker et al., 2008).

5.5.2  Model outputs

The box model-estimated mean 3'°N value for modern marine sediments (assuming open-
system dynamics) is +4.5%o, with a confidence interval of +2.6%0 to +7.3%0 based on uncer-

tainties in fractionation factors for nitrogen fixation and water column denitrification. The
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Figure 5.3: Comparison of nitrogen isotope ratios in bulk rock samples versus kerogen
extracts. The 55Ny, values show a trend of being consistently isotopically lighter than their
corresponding 8'Nypp values, which is consistent with a previous study (Stiieken et al., 2017).
Furthermore, the isotopic offset tends to be larger at higher metamorphic grade, which corrobo-
rates the suggestion that isotopic re-equilibration occurs between nitrogen phases under progressive
metamorphism. The isotopic offsets observed in the samples are consistent with the metamorphic

grades that have been inferred from mineral assemblages.
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closed system approach yields similar results (mean = +5.5%0, range of +3.5%0 to +8.5%).
Both approaches thus accurately capture the average composition of modern marine sedi-
ments (mode +4-6%0 + 2.5%0; Tesdal et al., 2013).

As the relative proportion of suboxic-to-anoxic ocean water increases beyond modern
values and approaches 100% (i.e., Panisub approaches 100), sedimentary d'N values first
increase due to enhanced water column denitrification, but ultimately decline toward the
“No-fixation window” (-2%o to +1%o) in strongly anoxic oceans (Fig. 5.8) because the rate
of nitrogen removal is so rapid (and nearly quantitative) that nitrogen-fixing rather than
nitrate-assimilating organisms dominate the nitrogen isotope mass-balance (cf. Fennel et al.,
2005). In the closed system model, values do not return to the “Ny-fixation window” even
in fully anoxic oceans (pantsup = 100), because the extremely fractionated nitrate associated
with a totally closed system would still drive sedimentary 8'°N values to become positive
even with a minimal biomass contribution from nitrate-assimilating organisms. However,
such extreme fractionations are unlikely to have occurred, since the ocean cannot be a totally
closed system (i.e., nitrogen is continually being fixed into biomass and made bioavailable
through remineralization and nitrification). Reality for the full range of ocean redox states

thus lies somewhere between the two endmembers captured by the separate calculations.

5.6 Discussion

5.6.1 Preservation of primary isotopic signals

Before using nitrogen isotopes in ancient marine sedimentary rocks to reconstruct paleoen-
vironmental conditions, it must be demonstrated on a case-by-case basis that the observed
isotopic signatures indeed reflect the primary cycling of nitrogen in the ocean at the time
of deposition (Ader et al., 2016). This screening draws first from consideration of nitrogen
cycling in the modern ocean. The nitrogen isotopic composition of modern marine sedi-
ments faithfully records the 3N value of biomass exported from the photic zone (Altabet

and Francois, 1994), which is an admixture of nitrogen-fixing and nitrogen-assimilating or-
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Figure 5.4: Total organic carbon versus total nitrogen values for all bulk-rock measure-
ments in this study. Dotted lines show C/N ratios of 5 and 100, respectively. The average molar
C/N ratio of planktonic biomass in the modern ocean is ~7 (Redfield, 1934). Water-column and
sedimentary diagenesis can increase sedimentary C/N ratios, giving a spread in values similar to
what is observed in most units in this study. Causes for low sedimentary C/N ratios are discussed

in Section 5.5.1.
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ganisms. Planktonic biomass in the modern ocean has an average molar C/N ratio of ~7
(Redfield, 1934), and the remineralization of biomass in the water-column and sediments can
increase the C/N values preserved in marine sediments. The C/N values of our samples pre-
dominantly fall between 5 and 100 (Fig. 5.4), which is consistent with moderate diagenetic
reworking of primary biomass. The Timeball Hill Formation has several samples with C/N
values <5 (Fig. 5.4), which suggests either (a) trapping of nitrogen in clay minerals during
diagenesis, while carbon was oxidized and lost from the system, or (b) post-depositional in-
troduction of non-primary nitrogen (perhaps via hydrothermal fluids). As discussed below,
the fact that kerogen extracts from these samples show expected isotopic offsets is consistent
with a primary biomass origin for the nitrogen in these samples, as was suggested by Luo et
al. (2018).

Diagenesis can modify the 8'°N values of organic matter in marine sediments, but this
effect is typically much smaller than the fractionations imparted during nitrogen cycling
in the water column. In oxic sediments, the remineralization of organic-bound nitrogen
can leave residual biomass isotopically heavier by 1.4-2.3%0 (Lehmann et al., 2002; M&bius,
2013). However, the effect is smaller under anoxic conditions (Lehmann et al., 2002), which
likely prevailed in Precambrian marine sedimentary environments. Thus, while the precise
contribution of diagenesis is difficult to assess, the isotopic effect of diagenesis on the 5!°N
values was probably minor (<1%0) compared to the magnitude of the isotopic enrichment
(>>1%0) seen in these samples.

After diagenesis, nitrogen isotope ratios can be further modified during metamorphism.
This involves two types of isotopic effects: isotopic partitioning between kerogen- and mineral-
bound nitrogen within the bulk rock (Stiieken et al., 2017) and loss of nitrogen out of the
bulk rock (Bebout and Fogel, 1992; Haendel et al., 1986). While the isotopic partitioning
between nitrogen phases within a bulk-rock sample can be significant (3-4%0) at low meta-
morphic grades (Stiieken et al., 2017), the effect of nitrogen loss on bulk-rock 3'°N values is
typically small in units that have remained below greenschist-facies metamorphism (< 1%o)

or even within greenschist facies (1-2%o; Rivera et al., 2015). The finding that 5'°Ny,, values
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are systematically depleted (on average by -2.5%o0) relative to corresponding 5° Ny, values
in this dataset is consistent with previous studies of metamorphic effects on nitrogen isotope
partitioning (Stiieken et al., 2017). Furthermore, the increase in isotopic offset from near-
zero in unmetamorphosed samples to ~3%o in lower greenschist facies samples (Fig. 5.3)
is in good agreement with a systematic survey of metamorphic effects on sedimentary 5N
values (Stiieken et al., 2017). Thus, we follow Stiieken et al. (2017) in taking 5'° Ny, values
as a more robust indicator of primary 5°N values in these samples.

In cases where metamorphism has significantly altered bulk-rock nitrogen isotope ratios,
it has been shown that progressive metamorphism causes preferential loss of nitrogen relative
to carbon, and of N relative to 1°N (Bebout and Fogel, 1992). Thus, a positive correlation
between 3Ny, and C/N ratios can be indicative of metamorphic alteration of bulk-rock
nitrogen isotope ratios, and a positive correlation between 3'° Ny and 613C0rg would suggest
that both nitrogen and carbon isotopes were affected by metamorphism. There are no
such positive correlations observed across our entire dataset (Fig. 5.5) or within individual
units (Figs. C.1 and C.2), including those that reached greenschist facies metamorphism.
The effect of metamorphism on the bulk-rock nitrogen and organic carbon isotope ratios
in these samples was therefore probably minor, meaning that the trends in nitrogen and
carbon isotopes seen across the GOE are primary isotopic signals indicative of environmental

conditions at the time of deposition.

5.0.2 Interpretation of isotopic data
Mechanisms for generating positive 8'°N values

There are multiple ways to generate positive 8'°N values in ancient marine sedimentary rocks
(see Ader et al., 2016; Stiieken et al., 2016). These mechanisms all pertain to the cycling
of nitrogen after biological Ny fixation, which imparts only a small fractionation under most
conditions (-2%o0 to +1%o; Zhang et al., 2014). Under conditions of replete dissolved Fe
supply this fractionation can be slightly larger, generating biomass that is depleted by as
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Figure 5.5: Cross-plot assessment of the preservation of primary nitrogen isotope ratios.
Grey shaded region denotes 55Ny values associated with nitrogen fixation-dominated ecosystems.
The lack of co-variation between 39Ny and 61300rg, C/N, and TOC suggests that the 5'° Ny
values were not strongly affected by diagenetic and metamorphic overprinting. See discussion for

further details and Figs. C.1-C.3 for plots of individual units.

much as -4%o relative to atmospheric nitrogen (Zerkle et al., 2008). However, the lack of
fairly negative 8'°N values in the Precambrian rock record — even in environments that are
thought to have been ferruginous and dominated by Ns fixation — suggests that these extreme
conditions were not representative of global nitrogen cycling (Koehler et al., 2017; Stiieken,
2013; Sttueken et al., 2015).

As discussed in Section 5.5.1, the release of nitrogen during remineralization of organic
matter imparts a negligible fractionation, making it unlikely to explain an isotopic enrichment
of several permil. However, the re-assimilation of ammonium (NH4") generated during
remineralization can impart a large isotopic fractionation (up to -27%o) if the process is non-
quantitative, with biomass becoming isotopically light (Hoch et al., 1992). Such a mechanism
has been proposed to explain the very large spread of 8'°N values seen in shales of the
late Paleoproterozoic Aravalli Supergroup (Papineau et al., 2009). This mechanism would
require that non-quantitative NH, ™ assimilation created a pool of isotopically light biomass

and drove the isotopic composition of residual NH4™* isotopically heavy. The transport of
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the heavy nitrogen to another site and subsequent quantitative assimilation could plausibly
generate elevated 5'°N values in marine sediments. However, the absence of isotopically light
nitrogen in the nine units studied here makes this explanation seem unlikely. Furthermore,
even in modern redox-stratified marine basins, such as the Black Sea, the accumulation of
appreciable dissolved NH, ™ does not correlate with isotopic evidence of partial assimilation
(e.g., Fulton et al., 2012). Sediments underlying these modern anoxic waters have 3N
values near 0%, suggestive of nitrogen fixation in the photic zone followed by quantitative
uptake of liberated NH,*. This can be attributed to the fact that nitrogen is the limiting
nutrient in the ocean on short, kyr-timescales (Tyrrell, 1999), and thus uptake of bioavailable

nitrogen in the photic zone is typically quantitative.

While nitrogen uptake into biomass tends to have no net isotopic effect, partial removal
of bioavailable nitrogen from the ocean through redox processes can result in significant
isotopic fractionations. One such pathway is the nitrification of NH,* into NO3~, which —
if non-quantitative — can create a NO3™ pool that is isotopically light and leave a residual,
heavy pool of NH,* (Casciotti et al., 2003). The resulting biomass could become isotopi-
cally heavy if organisms quantitatively assimilate the heavy NHy", while the light NOj3™ is
quantitatively removed via denitrification to the atmosphere (Thomazo et al., 2011). How-
ever, it is unlikely that this sort of system would have been stable on geological timescales.
Today, partial nitrification is only observed in regions of the modern ocean where seasonal
redox-stratification occurs (e.g., Granger et al., 2011). This is because nitrification is rapid,
and can even proceed at nanomolar levels of dissolved oxygen (e.g., Kalvelage et al., 2011).
Furthermore, the same conditions that would favor non-quantitative nitrification (seasonally
variable redox-stratification) might be inimical to quantitative denitrification, as the latter
process is not as rapid, and rarely goes to completion in the open ocean (Devol, 2015).

Another explanation for isotopic enrichment in marine settings is non-quantitative den-
itrification occurring in suboxic regions of the open ocean. This process imparts a large
isotopic fractionation (-10 to -30%o; Devol, 2015; Kritee et al., 2012), causing residual dis-

solved NO3~ to become isotopically heavy (3N > 0%o). Importantly, denitrification occur-
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ring in sedimentary porewaters nearly goes to completion, resulting in a flux of isotopically
heavy nitrogen from the ocean back into the atmosphere, counterbalancing the isotopically
light flux from suboxic waters. The quantitative assimilation of the residual heavy NOjs
then records the net isotopic distillation of the reservoir imparted by denitrification, which
ultimately gets preserved in marine sediments. This mechanism is thought to control the
isotopic mass balance of the modern ocean system (Devol, 2015), causing the 8'°N values of
most modern marine sediments to fall between +4%0 and +6%o (Tesdal et al., 2013).
Considering all possible mechanisms listed above, the positive 8'°N values seen in the
Paleoproterozoic units studied here are most compellingly explained by similar processes to
those operating in the modern ocean: rapid nitrification, non-quantitative denitrification in
suboxic regions of the water column, and quantitative assimilation of residual NOj3™ in the
photic zone. In other words, our nitrogen isotope data suggest that an aerobic nitrogen cycle

persisted across continental shelves between about 2.44 and 1.85 Ga.

Aerobic nitrogen cycling in the early Paleoproterozoic

While transient excursions to elevated 8'°N values — indicative of local aerobic nitrogen
cycling — have been observed in Neoarchean shales (Garvin et al., 2009; Koehler et al., 2018),
it remains unclear to what extent these settings are representative of global redox conditions
at that time. The large isotopic variability seen in some Neoarchean facies is consistent
with a small NOj3™ reservoir (Garvin et al., 2009; Koehler et al., 2018), which could promote
substantial inter-basinal variability and closed-system dynamics (discussed further in Section
5.5.3). In contrast, the more stable stratigraphic 5'°N profiles of the Paleoproterozoic (Fig.
5.5) may reflect growth of the NO3™ reservoir, with the ocean residence time of NO3™ becoming
sufficiently long that relatively rapid and large-magnitude isotopic excursions are not seen
within continuous lithostratigraphic units. This was first suggested by Zerkle et al. (2017),
who found evidence of aerobic nitrogen cycling in the early stages of the GOE in the 2.32 Ga
Lower Timeball Hill Formation of the Pretoria Group in South Africa, and further confirmed

by the findings of another recent study of multiple drill cores in the Pretoria Group (Luo
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Figure 5.6: Nitrogen isotope values plotted along stratigraphic profiles. Circles show
bulk-rock data, crosses denote kerogen isolates. All studied units show 8'°Nyp. values that are
consistently above the values expected for a fully anaerobic, fixation-dominated ecosystem (grey
shaded region). Outcrop samples from the Union Island Group are not plotted as they were collected

from multiple outcrops.

et al., 2018). Our dataset corroborates those findings, showing instances of elevated 5'°N
values in the Upper Timeball Hill Formation. Additionally, we find that shales of the ca.
2.44 Ga Turee Creek Group in Western Australia, which were deposited shortly before the
onset of the GOE, have 5'°N values (ranging from +2%o to +3%0) that are consistent with a
minor, but persistent, contribution of aerobic nitrogen cycling to the isotopic composition of
preserved biomass. However, because diagenetic and metamorphic overprinting could have
potentially contributed a post-depositional enrichment of 8Ny values by ~1-2%p, it is
difficult to use the Turee Creek data to precisely gauge the extent of aerobic nitrogen cycling

immediately prior to the GOE.

The state of the nitrogen cycle appears to have been fairly stable across the GOE and
the proposed “oxygen overshoot” during the Lomagundi carbon isotope excursion (ca. 2.22-

2.06 Ga; Bekker and Holland, 2012). Even in the aftermath of the GOE (i.e., after ca. 2.06

Ga), when sulfur and selenium isotope records point to a contraction of oxygenated seawater
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(Planavsky et al., 2012; Scott et al., 2014; Kipp et al., 2017), nitrogen isotopes continue to
record aerobic nitrogen cycling in the surface ocean (Fig. 5.7). This is unlikely to be an
artifact of poor age constraints and low sample density — many of the nitrogen isotope data
are from the same units that were used to argue for waxing and waning marine oxygen levels
across the GOE based on molybdenum (Scott et al., 2008) and uranium (Partin et al., 2013)
enrichments, multiple sulfur isotopes (Scott et al., 2014), and selenium enrichments and
isotope ratios (Kipp et al., 2017). Instead, the differential response of these redox proxies
may be indicative of the mechanism by which the Earth transitioned from the “oxygen
overshoot” interval to the apparently oxygen-limited mid-Proterozoic.

The record of sedimentary enrichments of redox-sensitive elements is influenced by both
the rate of continental oxidative weathering, which supplies them to the ocean, and the areal
extent of anoxic and euxinic marine sediments, which efficiently scavenge redox-sensitive ele-
ments from the water column. The sharp peak in redox-sensitive trace element enrichments
between 2.32 Ga and 2.06 Ga is thus suggestive of both vigorous oxidative weathering and an
expansion of at least mildly oxygenated waters at the expense of anoxic and euxinic settings
(Partin et al., 2013; Kipp et al., 2017). The size of the marine sulfate reservoir is sensitive
to the same conditions, and correspondingly shows a similar trend, as inferred from both
carbonate-associated sulfate (Planavsky et al., 2012) and multiple sulfur isotope data from
sedimentary sulfides (Scott et al., 2014). In contrast, sedimentary nitrogen isotope ratios
reflect the balance between nitrogen fixation and assimilation of dissolved NOj™ (the isotopic
composition of the latter being predominantly set by rates of denitrification) in the part of
the water column where primary productivity is the highest, i.e. the photic zone. Unlike sul-
fur and trace metals, NOj™ is largely produced within the ocean via nitrification and thus to
a first order is independent from oxidative weathering. The persistence of isotopic evidence
for NO3™ uptake after the proposed “oxygen overshoot” interval therefore suggests that the
photic zone on continental shelves remained at least mildly oxygenated in the aftermath of

the GOE, while the areal extent of anoxic marine sediments increased.

This aerobic state of the nitrogen cycle has not persisted uninterrupted since the GOE.
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Figure 5.7: Bulk-rock 3'°N values of marine sedimentary rocks through geologic time.

Consistently positive 8'°N values in Paleoproterozoic shales imply that oxic conditions were preva-

lent in surface waters for hundreds of millions of years after the onset of the Great Oxidation Event.

Published data and references can be found in Appendix C.
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In the Mesoproterozoic, basinal gradients in 3'°N values have been observed, with near-shore
facies recording aerobic nitrogen cycling, while offshore facies reflect quantitative assimila-
tion and nitrogen fixation (Stiieken, 2013; Koehler et al., 2017). Our dataset samples only
relatively deep-water environments, so we cannot speak to basinal 8'°N gradients within any
of the units studied here. However, the persistence of elevated 55N values in these settings
during and after the GOE demonstrates that aerobic nitrogen cycling prevailed even on the
outer shelf. With the available data we are unable to precisely constrain the time at which
basinal gradients became representative of the global nitrogen cycle. However, some insight
into this matter is offered by the youngest unit in our dataset, the ca. 1.85 Ga Menihek
Formation of the Superior Craton in Canada. The positive 3'°N values (+3.9 to +5.0%0)
and small isotopic variability (1o = 0.3%o0) in this unit are both consistent with a significant
contribution of aerobic nitrogen cycling and a large bioavailable NOj3™ reservoir in offshore
environments in this basin. Thus, this unit might provide a maximum age for the transition

to the basinal stratification observed in the Mesoproterozoic nitrogen isotope record.

5.6.3  Quantifying the relationship between ocean oxygenation and nitrogen cycling

While a qualitative interpretation of this dataset yields a compelling story about the oxy-
genation of the surface ocean in the early Paleoproterozoic, more information can be gleaned
by considering these data in a quantitative framework. Our model outputs (Fig. 5.8) show
that under pervasive anoxia (pansupy approaching 100), sedimentary 5'°N values approach
the “Ny fixation window” (-2%o0 to +1%o), which indicates that assimilation of NO3™ into
biomass becomes negligible due to increasing denitrification rates. Under these conditions,
the majority of marine biomass is comprised of either Ny-fixing organisms or NH, ™ assim-
ilating organisms (which were not explicitly tracked in the model). In either case, NOj3",
which is the preferred nitrogenous compound utilized by eukaryotes in the modern ocean
(Karl et al., 2001), is rapidly removed via water column denitrification in strongly anoxic
oceans, preventing NOj3™ assimilators from contributing substantially to sedimentary export

production (cf. Fennel et al., 2005).
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Figure 5.8: Modeled bulk-rock sedimentary 3!°N values under closed (left) and open
(right) system dynamics, as a function of anoxia-to-suboxia extent (pgn-sup) in the upper
ocean. Anoxia-to-suboxia is defined here as seawater with <4.5 pM of dissolved O2 (see Appendix
C for discussion), where pgy_sup = 100 corresponds to a globally anoxic ocean, and the modern ocean
has a pgn-sup value of ~0.3. The mode in the 3'°N values of modern marine sediments is shown with
a dark-blue bar (Tesdal et al., 2013); the lighter-blue bar corresponds to the 1o range. Red-shaded
region shows uncertainty interval derived from the range of isotopic fractionations associated with
biological No-fixation. Black dashed lines show cumulative uncertainty interval including upper
and lower limits on net isotopic effect of water column denitrification. Grey band denotes isotopic

range of nitrogen fixation-dominated ecosystems.
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These results suggest that the persistence of a stable, isotopically recordable NOj3™ reser-
voir requires perhaps as much as ~90% of the surface ocean to be at least mildly oxygenated
(Fig. 8). Precisely what concentration of dissolved Oy defines “mildly oxygenated” is unre-
solved by this model; for the purpose of this discussion, we are referring to the O, level at
which nitrification outpaces denitrification, thereby allowing the accumulation of a bioavail-
able nitrate reservoir. In our model scenarios we dictated that the switch to denitrifying
conditions occurs when dissolved Oy falls below 4.5 pM (meaning that higher levels would
constitute “mildly oxygenated” waters) because the majority of water column denitrification
occurs in these settings in the modern ocean (Codispoti et al., 2001; Keeling et al., 2009;
Paulmier and Ruiz-Pino, 2009). However, it is known that denitrification can occur at dis-
solved Oy levels of >20 pM (Kalvelage et al., 2011) and previous modeling has suggested
that denitrification outpaces nitrification until dissolved Oy exceeds 11 nM (Fennel et al.,
2005). Regardless of precisely where this threshold lies, the persistence of aerobic nitrogen
cycling across much of the Paleoproterozoic suggests that the threshold was exceeded in the

surface waters of most basins for a few hundred million years following the GOE.

This is a particularly important consideration when addressing the meaning of elevated
3!°N values in Neoarchean versus Paleoproterozoic marine sedimentary rocks. In studies of
Neoarchean units, large deviations from the “Ny fixation window” towards elevated values
have been interpreted as indicating transient oxygenation in the water column prior to the
GOE (Garvin et al., 2009; Koehler et al., 2018). The Neoarchean basins in which these trends
were observed most likely conformed to closed system dynamics rather than the open-system
dynamics that characterize nitrogen isotope mass balance in the modern ocean, because the
NOj3™ was sourced locally in the upper water column and was unlikely to become well-mixed
in such a strongly anoxic ocean. With this being the case, further studies that increase
spatial resolution of the nitrogen isotope record in the potentially heterogeneous Neoarchean
ocean could help determine whether the positive 3'°N values in those strata record local or

global redox fluctuations.
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5.6.4 Implications for primary productivity and the emergence of eukaryotic ecosystems

Before the GOE, it is thought that a scarcity of phosphorus restricted rates of primary
productivity (Bekker and Holland, 2012; Kipp and Stiieken, 2017; Reinhard et al., 2016).
The lack of sufficient oxidizing power may have inhibited the recycling of organic-bound
phosphorus within the ocean until marine dissolved oxygen and sulfate levels rose in the
Paleoproterozoic (Planavsky et al., 2012; Scott et al., 2014), implying that the total rate
of carbon recycling and net primary productivity could have increased in tandem with the
oxygenation of the Earth’s surface environments (cf. Bekker and Holland, 2012). It is
conceivable that an increase in phosphorus availability during the GOE (cf. Bekker and
Holland, 2012) could have caused nitrogen to become the limiting nutrient in the marine
environment. However, the data presented here, as well as those presented in previous
studies of nitrogen isotopes in Paleoproterozoic marine sedimentary rocks (Godfrey et al.,
2013; Kump et al., 2011; Luo et al., 2018; Papineau et al., 2009; Zerkle et al., 2017),
show no evidence of persistent nitrogen limitation on geological timescales after the onset
of the GOE. Quite to the contrary, the persistence of elevated nitrogen isotope ratios in
Paleoproterozoic shales suggests that fixed nitrogen was sufficiently available to fuel primary
production (discussed in Section 5.2.1). Still, while nitrogen was likely not limiting, it
is not entirely clear whether it was phosphorus, trace metals, or some other factor that
controlled the rate of primary productivity during the Lomagundi carbon isotope excursion
and associated “oxygen overshoot” interval, which is thought to have been a time of extreme

organic carbon burial (Bekker and Holland, 2012; Karhu and Holland, 1996).

A further question is whether these more productive, nitrate-fueled ecosystems contained
eukaryotic organisms. Considerable controversy surrounds the oldest evidence of eukaryotes;
it is generally accepted that the eukaryotic lineage had emerged by ca. 1.7 Ga (see Javaux
and Lepot, 2018), though arguments for an earlier arrival of eukaryotes are not lacking (e.g.
Bengtson et al., 2017; El Albani et al., 2010). Notably, a recent genomic effort to resolve

the origin of sterol biosynthesis has suggested that this metabolic capacity — a hallmark
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of eukaryotic organisms — evolved nearly contemporaneously with the onset of the GOE
(Gold et al., 2017). However, the record of organic biomarkers in Proterozoic sedimentary
successions implies that eukaryotes were not significant contributors to bulk organic matter
until the late Neoproterozoic (Brocks et al., 2017). While efforts to confidently constrain
when the eukaryotes first evolved and reached abundance in the sedimentary record will
carry on, geochemical constraints will be critical to answering fundamental questions about
the interplay between environmental changes and biological responses.

The data presented here have two implications for early eukaryotic evolution. First,
the prevalence of elevated 3'°N values in the early Paleoproterozoic (Figs. 5.7, 5.9) is direct
evidence of abundant nitrate-assimilating organisms. Whether a substantial portion of this
biomass was comprised of eukaryotes is unclear from the nitrogen isotope data alone, but this
trend in nitrogen isotopes confirms that NO3™ was sufficiently bioavailable across continental
shelves to alleviate any fixed-nitrogen limitation on eukaryotic proliferation at this time
(Fig. 9). Second, the magnitude of nitrogen isotope enrichment and consistency of values,
when viewed in the context of our model outputs, imply that much of the photic zone
overlying continental shelves was at least mildly oxygenated for hundreds of millions of years
in the Paleoproterozoic. Thus, if they had already evolved, eukaryotes with oxygen-requiring
metabolic processes should have been able to persist in the upper part of the water column
without severe oxygen-limitation. Still, it remains plausible that periodic incursions of anoxic
waters and redox fluctuations at low dissolved O, levels could have restricted the proliferation
and diversification of eukaryotes at this time (cf. Johnston et al., 2012). In any case, the
data presented here allow for an earlier emergence of eukaryotes than is deemed likely under

recent interpretations of the fossil and biomarker records (Fig. 5.9).
5.7 Conclusion

We have presented new nitrogen isotope data spanning the Paleoproterozoic Era that doc-
ument persistent aerobic nitrogen cycling on continental shelves from ca. 2.44 to 1.85 Ga.

The observation that nitrogen isotope ratios remain elevated when trace metal and sulfur-
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Figure 5.9: Archean and Paleoproterozoic nitrogen isotope record and constraints on
early eukaryotic evolution. Points are mean 3N values for individual formations with 1o
error bars. Black line is LOWESS curve, with 1o confidence interval shown in red shaded region.
LOWESS calculations utilized a d value of 1 (local fits via linear regression) and an f value of 0.3

in order to investigate long-term (~108 yr) trends. References for evolutionary events are discussed

in Section 5.5.4.
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based proxies point to a decrease in the extent of oxic settings following the ca. 2.32-2.06 Ga
“oxygen overshoot” may derive from the fact that the latter proxies are sensitive to redox
conditions at the sediment-water interface, while nitrogen isotope values record redox con-
ditions in the photic zone. When viewed in light of our model outputs, these data implicate
oxygenated surface seawater and substantial bioavailable NOj3™ lasting from the onset of the
GOE until at least ca. 1.85 Ga. This may suggest that the upper ocean was already hos-
pitable to eukaryotic organisms hundreds of millions of years before the fossil record firmly

indicates their presence.
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Chapter 6

PROCESSES CONTROLLING THE Cogrg/Ntor RATIO IN
ANCIENT MARINE SEDIMENTARY ROCKS

This manuscript is being revised for re-submission to Geochimica et Cosmochimica Acta.

Co-authors are Matthew Koehler, Andrey Bekker and Roger Buick.

6.1 Abstract

The carbon to nitrogen (C/N) ratio of marine phytoplankton has long been known to exert
the dominant control on the major nutrient stoichiometry of the surface ocean. However,
it is also known that the C/N ratio of planktonic biomass not always faithfully recorded
in marine sediments. A number of processes can alter the bulk C/N ratio (Corg/Niot) of
ancient marine sediments and sedimentary rocks, including influx of terrestrial organic ma-
terial (since the mid-Paleozoic), anaerobic remineralization of marine biomass, and thermal
maturation of organic matter during diagenesis and metamorphism. Despite these compli-
cations, there remains some potential to use Coyg/Nio ratios in ancient marine sedimentary
rocks to reconstruct paleo-environmental conditions. Here we present a synthesis and anal-
ysis of Corg/Nior data from a large database of recent marine sediments and ancient marine
sedimentary rocks, and consider the utility of Coy/Niot as a paleo-environmental proxy. We
find that (i) Corg/Niot variations across a stratigraphic profile within a single unit can of-
ten be explained by a mixing relationship between kerogen- and silicate-bound nitrogen,
(ii) thermal maturation can cause extreme enrichment in Copg/Nioy and (C/N)kerogen values
starting in prehnite-pumpellyite facies metamorphism, and (iii) after screening for thermal
maturity, early diagenetic redox effects on sedimentary (C/N)kerogen can be resolved, with

high (C/N)kerogen ratios in immature marine sedimentary rocks apparently attributable to an
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increased proportion of anaerobic remineralization. This demonstrates the potential utility
of C/N ratios as a paleo-redox proxy, perhaps even with quantitative sensitivity to the extent
of water-column anoxia, but warrants substantial caution and rigorous inter-comparison with

other proxies before applying this tool to a wide range of settings in deep time.
6.2 Introduction

Phytoplankton have long been known to exert a strong control on the macronutrient stoi-
chiometry (e.g., C/N) of the surface ocean (Redfield, 1934; Redfield, 1958). The character-
istic phytoplankton C/N ratio of 5-8 (here and throughout the paper expressed as a molar
ratio) is distinct from terrestrial biomass (C/N > 15) due to the protein-rich nature of marine
phytoplankton (Parsons et al., 1961; Fagerbakke et al., 1996; Geider and La Roche, 2002),
which contain little structural material such as cellulose. With this as a constraint, many
studies have used Cope/Niot ratios in marine sediments to identify the input of terrestrial
organic matter to marine settings (e.g., Premuzic et al., 1982; Meyers, 1994). However,
there are numerous occurrences of high Cg,/Nyot ratios (>8) in marine sediments that show
geochemical signatures inconsistent with terrestrial input (e.g., high hydrogen content of
organic matter; Meyers et al., 2006).

In these instances, it is clear that the primary C/N ratio of biomass has not been faith-
fully transmitted to marine sediments, but rather has been altered at some point during
the deposition and early diagenesis of organic matter. One factor that can affect the C/N
ratio of sinking and deposited organic matter is remineralization. While aerobic remineral-
ization — which is the predominant pathway operating in the open ocean today — tends to
uniformly degrade organic material without substantially altering C/N ratios (Anderson and
Sarmiento, 1994), anaerobic remineralization has been shown to cause preferential degrada-
tion of nitrogen-rich components (i.e., proteins and nucleic acids) relative to nitrogen-poor
molecules (i.e., lipids) (Van Mooy et al., 2002). As a result, the C/N ratio of residual biomass
after anaerobic degradation can be substantially elevated relative to the original value (Van

Mooy et al., 2002), causing marine sediments to have high Co,e /Nt ratios.
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An additional complication is that the retention of nitrogen as ammonium (NH4T) in
clay minerals (substituted for K*) during progressive organic matter degradation during
diagenesis can decrease the Coye/Nior ratio of bulk marine sediments, potentially yielding
ratios that are lower than the original C/N ratio of the sinking biomass. This is particularly
prevalent in argillaceous sediments with low organic matter content (Miiller, 1977; Meyers
et al., 1996; Prahl et al., 2003), where remineralization of organic carbon is nearly complete
but some nitrogen is retained in the mineral phase. Thus, for the reasons outlined above,
Corg/Niot ratios in marine sediments can vary widely relative to primary algal biomass,

deviating toward both higher and lower values.

Despite these complications, sedimentary Copg/Nioy values have been shown to record
coherent environmental signals in some marine settings. For instance, Twichell et al. (2002)
showed that short-lived excursions to high Coe/Niot ratios (up to ~15) correlate with pe-
riods of greater export production under the Benguela Current upwelling system. Their
interpretation was that the increased productivity caused oxygen consumption in the water
column during remineralization, initiating anaerobic respiration (particularly denitrification),
thereby causing an increase in the C/N ratios of residual sinking biomass (Twichell et al.,
2002). A similar argument was put forward by Walsh et al. (1981) to explain the spatial
Corg/Niot variability in sediments on the Peru Margin, where values up to ~10 were found
under the most oxygen-depleted waters, while values close to ~6 prevailed elsewhere. These
findings suggest that Cos/Nyor ratios of marine sediments can potentially be used to as-
sess the extent of aerobic versus anaerobic diagenesis, with higher values corresponding to a

greater contribution of anaerobic pathways during organic remineralization.

This could make Coy/Niot a particularly useful redox proxy to employ in studies of deep
time, when marine oxygen levels are thought to have been substantially lower (Fig. 6.1a;
Lyons et al., 2014). It has been proposed that the majority of organic matter remineralization
occurred through anaerobic pathways in the Precambrian (e.g., Bekker and Holland, 2012;
Knoll et al., 2016; Kipp and Stiieken, 2017), but evaluating this hypothesis is difficult, with

some organic geochemical proxies leading to inferences of aerobic remineralization in the
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Proterozoic (Zhang et al., 2017; Wang et al., 2018), while other geochemical and geological
proxies point to fluctuating diagenetic redox conditions in shallow marine environments
(Joosu et al., 2015; Papineau et al., 2017). Importantly, most available proxies are unable to
quantitatively assess the contribution of anaerobic versus aerobic remineralization; rather,
each proxy can typically only qualitatively or semi-quantitatively identify the presence of
a given pathway of organic remineralization, but not rule out the contribution of other
pathways. For instance, sedimentary 8'°N values can indicate the occurrence of organic
remineralization via nitrate reduction (i.e., “canonical” denitrification) somewhere in the
water column when values are elevated (>41%o), but this is a qualitative to semi-quantitative
proxy for denitrification (Ader et al., 2016; Stiieken et al., 2016). As such, the 3'°N proxy
broadly tracks the secular oxygenation of Earth’s surface environment (Fig. 6.1b), but lacks
the resolution to distinguish between basins with subtle differences in redox profiles. The
Corg/Niot, proxy may therefore be a useful tool for integrating the net effect of aerobic versus
anaerobic metabolism in re-working organic matter as it sinks through the water column
and gets buried in marine sediments, with implications for evaluating the redox structure of
ancient marine water columns and corresponding implications for nutrient cycling.

However, an additional complication that must be considered when applying this proxy
to deep-time settings is that the thermal maturation of organic matter during burial and
metamorphism (and potentially hydrothermally-mediated metasomatism) can mimic the di-
agenetic increase in C/N ratios. It has been shown that as thermal maturation progresses,
both nitrogen (as Ny or NHj3) and carbon (as CO4 or CHy) are lost from sedimentary rocks,
with nitrogen ultimately escaping faster than carbon, yielding elevated C/N ratios at high
thermal maturity (Bebout and Fogel, 1992; Stiieken et al., 2017). This potential confounding
effect therefore warrants further attention before extending the Cgpy/Nioy proxy to ancient
marine sedimentary rocks.

Here we explore the potential utility of sedimentary Coyy/Niot ratios as a proxy for aero-
bic versus anaerobic remineralization in deep time. To do so, we assembled a large database

of carbon and nitrogen concentrations in modern marine sediments and from marine sedimen-
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Figure 6.1: Secular trends in (a) atmospheric oxygen, (b) 3'°N, (¢) Corg/Ntot, and (d)
(C/N)kerogen in marine sedimentary rocks. Oxygen curve adapted from (Lyons et al., 2014);
PAL = present atmospheric level. Data points represent per-unit averages (error bars = 1o) for all
units in the database. The 5!°N record roughly tracks the oxygenation of Earth’s atmosphere and
ocean. However, it is unclear to what degree Corg/Niot and (C/N)kerogen record environmental or

metamorphic signatures.
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tary rocks spanning all of Earth’s history. We additionally analyzed H/C ratios of extracted
kerogen from a variety of units in order to assess the effect of thermal maturity on C/N
ratios, and supplemented these measurements with published data from the literature. We
then considered the relationship between C/N ratios and known modern and ancient water-
column redox conditions to determine whether sedimentary C/N ratios retain information

about water-column redox conditions in ancient marine sedimentary rocks.

6.3 DMaterials and Methods

6.3.1 Database compilation

A recently published database of organic carbon and nitrogen isotope data (Kipp et al., 2018)
was updated to include recent publications as well as data from several studies that present
organic carbon and nitrogen concentrations, but not isotopic ratios. We also assembled
organic carbon and total nitrogen concentration data from recent marine sediments in the
EarthChem database (https://www.earthchem.org). Both of these data files are available as
part of the Supplementary Materials.

6.3.2  Sample selection

For H/C analysis, we targeted samples that had been analyzed in previous studies for organic
carbon and nitrogen isotope ratios in both bulk-rock powders and kerogen extracts. We also
sought out units that span a range of thermal maturities, depositional ages, and paleo-redox
conditions.

The oldest of these units is the ~2.66 Ga Jeerinah Formation of Western Australia.
The samples utilized in this study were obtained as part of the Agouron Institute Drilling
Project (AIDP) in 2012. These samples have recently been shown to record evidence for
transient surface ocean oxygenation prior to the Great Oxidation Event (GOE), and come
from two drill cores (AIDP-2 and AIDP-3) that span a depth and redox gradient (Koehler
et al., 2018). Detailed lithological descriptions of these samples can be found in French et
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al. (2015) and Koehler et al. (2018).

The next oldest units span the Paleoproterozoic Era (2.5 — 1.6 Ga), and were described
in Kipp et al. (2018). These comprise offshore siliciclastic marine sedimentary rocks with
a range of thermal maturities from unmetamorphosed to greenschist facies metamorphism.
Elevated 8'°N in these units were taken as evidence for pervasive aerobic nitrogen cycling in
oxic-to-suboxic surface waters of the Paleoproterozoic ocean (Kipp et al., 2018).

The youngest samples analyzed for H/C ratios come from the mid-Permian Phosphoria
Formation (~260 Ma) of the western United States. These comprise both outcrop (Asto-
ria Hot Springs; 43.301518°N, 110.780609°W) and drill core (Lakeridge Well No. 43-19-G;
42.48818°N, 110.46597°W: Sheldon, 1963; Perkins et al., 2003) samples. Analyses were fo-

cused on the organic-rich intervals of the Meade Peak Member.

6.3.3 Sample preparation

Prior to geochemical analysis, bulk rock samples from outcrops and drill cores were cut
with a rock saw to remove weathered surfaces. Clean rock samples were crushed to cm-sized
chips and successively rinsed with methanol, 2N HCI, and DI-H,O to remove modern organic
contaminants. Clean and dry rock chips were then pulverized in an aluminum oxide puck mill
that was cleaned with methanol, DI-H,O and pre-combusted silica sand between samples.
Inorganic carbon was removed from samples prior to analysis by treating powders with
two overnight iterations of 6N HCI at 60°C, followed by rinsing with DI-H,O and drying in
an oven at 60°C. Acidified powders were weighed into tin cups for bulk-rock analysis.
Kerogen was extracted from bulk-rock powders as described in Koehler et al. (2018) and
Kipp et al. (2018). Bulk-rock powders were weighed into Teflon bottles and treated with a
1:1 mixture of DI-H,O and concentrated (29N) hydrofluoric acid (HF). Following digestion,
solutions were centrifuged and the supernatant was decanted. A BF3 solution (62.5g H3BOs3,
100 mL DI-H,O, 100 mL concentrated HF) was then added to dissolve residual fluoride
minerals. After another round of centrifugation and decanting, samples were washed with

three iterations of DI-H,O. The rinsed, extracted kerogen was then desiccated in a freeze-
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drier prior to analysis.

6.3.4 Analytical protocol

The carbon and nitrogen contents of bulk rocks and kerogen extracts were analyzed on a
Costech ECS 4010 Elemental Analyzer coupled to a Thermo Finnigan MAT253 continuous
flow isotope-ratio mass spectrometer housed in IsoLab at the Department of Earth & Space
Sciences, University of Washington. Combustion was carried out with 20 mL Oy at 1000°C.
A magnesium perchlorate trap was used to remove water from the gas stream. An aliquot
of the Neoarchean Mt. McRae Shale was analyzed as an in-house standard to test long-term
precision. Analytical blanks were measured and subtracted from nitrogen data; blanks were

negligible for carbon measurements.
The fraction of bulk-rock nitrogen (Nio) residing in kerogen (fierogen) Was calculated
according to mass balance, following the approach of Stiieken et al. (2017), using the equation

COT‘g

N,
erogen — e 6.1
fk g (C/N)k‘erogen ( )

where (C/N)kerogen and Corg/Nior are molar ratios, as reported in Table 6.1. The fraction
of bulk-rock nitrogen residing in the silicate phase can then be calculated by mass balance

using the equation

fsilz'cate =1- fke'rogen (62)

Kerogen extracts were analyzed for H/C ratios in the Marine Science Institute Analytical
Lab at University of California, Santa Barbara. Analyses were conducted on an organic
elemental analyzer (CEC 440HA) with high-precision thermal conductivity detectors. The

average standard deviation of H/C ratios in replicate analyses was 0.03 (n = 9).



181

6.4 Results

6.4.1 Database analysis

The average Corg/Niot value of all marine sediments from Neogene to present is 7.3 + 4.6
(n = 5928), which closely matches the canonical “Redfield” C/N ratio (6.6; Redfield, 1958).
The average Corg/Nior value in sediments deposited under the oxygen-deficient waters of the
Black Sea, Arabian Sea and Peru Margin is 9.0 + 2.0 (n = 200). Bootstrap resampling (n =
10,000) of these datasets confirms that the modern oxygen deficient settings indeed exhibit
on average higher Co,e /N0 values than typical marine sediments deposited over the last ~23
Myrs (Fig. 6.2).

Sediments from the Black Sea, Arabian Sea, and Peru Margin display a positive corre-
lation between Copy/Nior and TOC (R? = 0.67; Fig. 6.3). Several organic-rich shales in our
database also show logarithmic relationships between Cg./Nyor and TOC, including cores
recovered from ODP site 1258 at Demerera Rise that span the Cenomanian-Turonian ocean
anoxic event 2 (OAE-2) (Meyers et al., 2006) (R* = 0.54), mudrocks from the Kheu River
locality that span the Paleocene-Eocene Thermal Maximum (PETM) (Junium et al., 2018)
(R? = 0.54), the Devonian New Albany Shale of the Illinois Basin (Ingall et al., 1993) (R?
= 0.95), and the Cambrian Shiyantou Formation of China (Cremonese et al., 2013) (R* =
0.88) (Fig. 6.9).

6.4.2 H/C and C/N analyses

The Corg/Nior values of samples analyzed in this study range from 8.1 to 237; (C/N)kerogen
values range from 38 to 464 (Table 6.1). The H/C molar ratios of kerogen extracts analyzed
in this study range from 0.11 to 1.20 (Table 6.1). In all cases where samples have been
described in previous studies, the metamorphic grade determined by H/C analysis (following
the demarcations in Hayes et al., 1983) is consistent with published estimates of thermal
maturity (described in Kipp et al., 2018; Koehler et al., 2018). For the Phosphoria Formation,

the H/C values of 0.41 to 0.54 suggest prehnite-pumpellyite facies metamorphism in the
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Figure 6.2: Distribution of Corg/Niot in recent marine sediments. Red denotes all sed-
iments included in the data compilation that were deposited since the beginning of the Neogene
(~23 Ma); blue denotes sediments deposited under modern oxygen-deficient waters (i.e., Black
Sea, Arabian Sea, and Peru Margin). Top panel shows distribution of all data; bottom panel shows
bootstrap resampled (n = 10,000) means. The mean Cory/Nior value of all recent marine sedi-
ments (7.3 = 4.6) is close to the canonical “Redfield” C/N ratio of 6.6, while sediments underlying

oxygen-deficient waters on average have higher Corg /Niot ratios (9.0 £ 2.0).
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studied sections, which is consistent with previous work (Claypool et al., 1978).

6.5 Discussion

6.5.1 The relationship between C/N and TOC in marine sediments

The typically low (<10) Corg/Niotratios in modern marine sediments roughly track the C/N
ratio of primary planktonic biomass (Anderson and Sarmiento, 1994). However, notable de-
viations from this value are observed — particularly in sediments underlying oxygen-deficient
waters. Specifically, sediments from the Black Sea, Arabian Sea and Peru Margin show
high Core/Niot values (Fig. 6.2) and a positive correlation between Coye/Niot and TOC (Fig.
6.3). To a first-order, the occurrence of elevated (>10) Cy,q/Nyot ratios in sediments beneath
low-oxygen waters is consistent with the trend noted by Twichell et al. (2002), where the
prevalence of anaerobic respiration in the water column leads to higher sedimentary Coyg/Nio,
ratios due to preferential degradation of nitrogenous biomass (cf. Van Mooy et al., 2002).
Moreover, the higher Co,e/Nio values associated with higher TOC content could conceivably
reflect higher productivity, where greater oxygen demand advances anaerobic respiration and
enhances organic matter burial. However, higher TOC does not necessarily imply higher ex-
port production — for example, sedimentation rates often exert a larger control on organic
matter burial (Emerson and Hedges, 1988; Betts and Holland, 1991; Hedges and Keil, 1995) —
and therefore this mechanism may not necessarily explain the observed coupling of Copg/Niot
and TOC. Further insight into the origin of this correlation can be obtained by considering
other occurrences of Copg /N0t~ TOC coupling found in the marine sediment and sedimentary
rock database.

For instance, the Devonian New Albany Shale of the Illinois Basin shows a very strong
correlation between Coye/Nio, and TOC (Fig. 6.4). This relationship could similarly derive
from elevated productivity and anaerobic remineralization when sediments with high TOC
were deposited. However, this mechanism alone cannot explain Co/Niot ratios below ~5,

which are lower than the C/N ratio of marine planktonic biomass (Redfield, 1958). By
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Figure 6.3: Co-variation of Cgrg/Ntot and total organic carbon (TOC) in modern ma-
rine sediments deposited under oxygen-deficient waters. Red trendline denotes logarithmic
regression. High Coyg/Niot ratios in these settings might reflect preferential degradation of nitrogen-

rich biomass during anaerobic remineralization.
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Figure 6.4: Co-variation of Corg/Niot and TOC in the ~375 Ma New Albany Shale.
Black trendline denotes logarithmic regression. High Cgpg /Niot in this setting might reflect a large

degree of anaerobic remineralization during deposition and early diagenesis.

analogy to modern settings, it would seem most likely that those samples from the New
Albany Shale are proportionally more dominated by mineral-bound nitrogen that was ei-
ther trapped during the respiration of organic matter in the sediments during diagenesis,
or perhaps transported from the continents as detrital silicate-bound nitrogen. Because a
continuous relationship between Cope/Niot and TOC is observed at values both higher and
lower than the C/N ratio of primary biomass, it would be most parsimonious if the same
mechanism could explain the deviations toward both high and low values (instead of one
process that increases C/N and another that diminishes). We therefore consider one such

scenario below.

6.5.2 A two-component mizring model

One way to explain the observed coupling of Cyy/Nior and TOC (cf. Calvert, 2004) is

via two-component mixing between two nitrogen-bearing pools: an organic phase that we
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refer to as kerogen (which contains both nitrogen and organic carbon, existing primarily as
highly polymerized organic compounds, but potentially also including some bitumen in rocks
within the oil window) and a clay mineral phase that we refer to as silicate (which may
contain nitrogen if K-rich, because of NH,* substitution for K*, but lacks organic carbon).
In such a scenario, samples with low Cg,y/Nyor would be expected at low TOC contents (i.e.,
mineral-bound nitrogen being the dominant pool), whereas Coyg/Nio, would increase with
higher TOC, as kerogen comes to be the dominant nitrogen pool. We explore this possibility
by calculating Coyy/Niot ratios with a two-component mixing model that is derived from the

mass balance equation

Corg TOC (1401,
Ntot B TNsilicate + TNkerogen 12.01

(6.3)

where 14.01 and 12.01 correspond to the molar masses of nitrogen and carbon, respectively,
TNiiticate and TNyerogenare the nitrogen concentrations (in weight percent) of each nitrogen
pool, and TOC is the organic carbon concentration (in weight percent) of the bulk rock,
which derives from the kerogen phase alone. The nitrogen content of the kerogen phase

(TNkerogen) can be calculated as a function of TOC using the equation

TOC )(14.01
12.01

T Nierogen = ( ) (6.4)

1o
N kerogen

if (C/N)erogen 1S known or estimated. Equation 6.4 can be combined with Equation 6.3 to
give

Corg TOC (o1

o TOC)(14.
Niot TNSZ.MH(Q()—“(H%) 12.01

) (6.5)

N kerogen

which allows Coye/Niot ratios to be calculated for a range of TOC values if the parameters
TNsiticate a11d (C/N)gerogen are either known or estimated.

We follow Calvert (2004) in using the New Albany Shale as a case study. The mean
TNsilicate value can be determined by computing the y-intercept in a linear regression of

Niot vs. TOC (y-intercept = 0.0892, R® = 0.99). The modeled Cyy/Nioy values of the
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Figure 6.5: A two-component mixing model reproduces the co-variation of Corg/Niot
and TOC in the New Albany Shale. End-member compositions comprise (C/N)gerogen values
of 32 and 43, which closely match the measurements of Boudou et al. (2008). Calculations are

described in Section 6.5.2.

New Albany Shale can then be computed by using the determined average TNgjicate value,
estimating the (C/N)kerogen value, and solving the equation for a range of TOC values from
0 to 13% (i.e., the range observed in the data). Using (C/N)gerogen values of 32 and 43 as
lower and upper limits, the Coy/Niot versus TOC trend observed in the New Albany Shale
can be closely reproduced with the mixing model (Fig. 6.5). These (C/N)kerogen values fit
well with measurements of six kerogen extracts performed by Boudou et al. (2008), which
had (C/N)gerogen values ranging from 32 to 41. This suggests that the Coye/Nioy variability
in the New Albany Shale is in fact due to differing amounts of kerogen relative to a constant

silicate-bound nitrogen fraction, as was previously suggested by Calvert (2004).

We can then take this a step further and return to the modern marine sediments de-
posited under oxygen-deficient waters. While these data are compiled from separate basins,

and thus do not have the same sources of kerogen and silicate-bound nitrogen, the same
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Figure 6.6: A two-component mixing model also reproduces the co-variation of
Corg/Niot and TOC in modern oxygen-deficient settings. In this case, a similarity in
the (C/N)ierogen composition of end-members in each setting likely causes the sediments to show

similar relationships.

logic might broadly explain the observed trend. For instance, by again computing the av-
erage TNijicate Value using a linear regression of Ny versus TOC (y-intercept = 0.0448, R?
= 0.99), Corg/Niot ratios can be calculated by estimating the range of (C/N)kerogen values.
Using (C/N)kerogen values of 10 to 13 — similar to those observed under the Benguela Current
upwelling system (Twichell et al., 2002) — the observed trend of modern oxygen-deficient
settings can be reproduced (Fig. 6.6). Again, this would seem to suggest that the coupling
between Coyq/Nyor and TOC typically derives from a mixing relationship between the kerogen

and silicate nitrogen pools.

It is worth noting that the ability of this mixing model to reproduce trends in Copg/Niot
and TOC depends on two key assumptions. First, it is assumed that TNgjjicate i fairly con-
stant in the unit under consideration. The validity of this assumption can either be weighed

by directly calculating TNgijicate (7.€., by extracting kerogen and observing the difference in
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nitrogen content between bulk-rock and kerogen extract) or by assessing the strength of
the Ny versus TOC correlation — at higher R? values, the assumption is likely to be well
founded. Where there is not a strong correlation between total nitrogen and organic carbon,
the intercept is likely a poorer indicator of average TNgjjicate across the section (i.e., there
is more variability). In this case, the model can be adapted by including an uncertainty
envelope derived from the standard error of the linear regression. Second, the mixing model
works best if (C/N)gerogen is also fairly constant across the section of interest. While the
calculations can encompass some range of values, the accuracy of the reconstructed trend is
highest when (C/N)yerogen is least variable.

The latter point suggests that many units in fact have fairly constant (C/N)yerogen values,
reflecting relatively constant depositional, diagenetic, and metamorphic conditions within
individual units. To assess the validity of that inference, we closely examined a few units
where (C/N)yerogen Values have been directly measured. In these instances, a linear correlation
between Corg/Niot and fierogen is observed (Fig. 6.7). Moreover, the linear trend fits within a
calculated range of Coyg/Niot values determined by plugging the mean (C/N)kerogen Of €ach
unit into Equation 6.1 and solving for Cy,y/Niot as a function of fyerogen. This further confirms
that the mixing relationship does indeed drive the Coyg/Nyot trends.

The finding that (C/N)kerogen is fairly constant within many units raises the question:
what determines variability in (C/N)kerogen between units? In other words, why is there a
vertical separation of units in Fig. 6.77 Since Corg/Niot equals (C/N)kerogen When fierogen = 1,
moving upward along the y-axis in Fig. 7 corresponds to a higher mean (C/N)kerogen value for
a given unit. The Twichell et al. (2002) model would seem to suggest that higher (C/N)kerogen
should be found under more reducing water-column conditions. This inference does poten-
tially fit the observed trend, where the highest (C/N)kerogen value in Fig. 6.7 corresponds to
the Mesoarchean Soanesville Group, which is thought to have been deposited under a strongly
anoxic water column (Stiieken et al., 2015). Similarly, the lowest (C/N)ierogen Values corre-
spond to the Paleoproterozoic Sengoma Argillite Formation and Francevillian Series, both

of which are thought to have been deposited under more oxygen-rich conditions during the
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Figure 6.7: Linear relationships between Cgrg/Niot and frerogen. Lines denote Corg/Niot
values calculated using mixing model described in Section 6.5.2 (1o confidence interval is shown by
shaded regions). The fact that analyzed samples plot along mixing model outputs confirms that the
mixing of kerogen and silicate nitrogen pools does indeed cause the observed Corg/Nyot variability
in these units. The Cog/Niot ratio where firerogen = 1 is equal to the mean (C/N)kerogen value of

the unit, meaning that the vertical separation of these units is due to differences in (C/N)gerogen-
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proposed “oxygen overshoot” event from ~2.3 to 2.1 Ga (Bekker and Holland, 2012; Kipp
et al., 2017). However, an additional consideration that must be weighed is the potential
effect of thermal maturation on (C/N)kerogen i these units. Since progressive metamorphism
tends to increase (C/N)ierogen Values (Bebout and Fogel, 1992; Stiieken et al., 2017), this
confounding factor must be assessed before using (C/N)kerogen as a paleo-redox proxy in deep

time.

6.5.3 Assessing metamorphic effects on C/N

We used H/C ratios to assess the effect of metamorphism on (C/N)yerogen ratios in an-
cient marine sedimentary rocks. It is well-established that the H/C ratio of residual or-
ganic matter steadily decreases during hydrocarbon generation (catagenesis) and progressive
metamorphism (metagenesis) (Baskin, 1997). Therefore, the effect of thermal maturation
on (C/N)erogen should be evident as an inverse correlation with H/C ratios. This can be
seen in our (C/N)kerogen versus H/C compilation (Fig. 8a); at higher metamorphic grades,
(C/N)gerogen values become extremely elevated (often with C/N > 100) relative to that of
primary planktonic biomass. Precisely defining the point at which thermal maturation be-
gins to increase (C/N)kerogen ratios is somewhat difficult. In our data compilation, extremely
high (C/N)kerogen values begin around an H/C value of ~0.35 (Fig. 6.8a). This agrees with
previous studies (Ward et al., 2005; Boudou et al., 2008) of organic carbon and nitrogen
maturation in Type III kerogen (i.e., terrestrial organic matter), which show an onset of
increased (C/N)kerogen values around a vitrinite reflectance (Riax) value of ~3.0%, corre-
sponding to H/C ratios of ~0.4 or a hydrogen index near zero (Fig. 6.8b). This corresponds
to prehnite-pumpellyite facies metamorphism (Hayes et al., 1983), or beyond the end of the
“oil window” and catagenesis and after the onset of organic matter metagenesis (Boudou
et al., 2008). The shift in (C/N)kerogen at H/C values of ~0.4 (Ryax of ~3%) may result
from the transition from the phase of dry gas preservation to that of gas destruction (Ruax
~3.2%; Dow, 1977) at which point significant aromatization of heterocycles and aromatic

group condensation and enlargement (Huang et al., 2018) should eject non-amine nitrogen
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atoms from the residual kerogen.

The ability of even low-grade metamorphism to alter (C/N)gerogen Values therefore makes
it difficult to use (C/N)kerogen @8 a paleo-environmental proxy in rocks that have reached
upper prehnite-pumpellyite facies metamorphism or above. This unfortunately includes
many marine sedimentary rocks of Precambrian age, raising a serious hurdle for the use
of C/N as a deep-time paleo-environmental proxy. However, there is still potential for paleo-
environmental information to be recorded in (C/N)kerogen values in units that have not been
substantially metamorphosed (i.e., have not exceeded the stage of dry gas preservation and
gas destruction, corresponding to Ryax of ~3 or H/C of ~0.4). We explore this possibility

below.

6.5.4 Case studies: C/N vs. TOC in unmetamorphosed marine sedimentary rocks

Returning to the New Albany Shale, both Ry, values (0.45-1.45%; Boudou et al., 2008) and
organic matter hydrogen content (mean HI = 390 £ 235, approx. H/C = 0.6-1.2; Ingall et
al., 1993) indicate that this unit has not reached prehnite-pumpellyite facies metamorphism.
Therefore, the effect of thermal maturation on (C/N)kerogen it the New Albany Shale should
be minor. The fact that (C/N)kerogen values fall between 32 and 43 may therefore derive
from diagenetic effects. In particular, the preferential degradation of nitrogenous biomass
during anaerobic remineralization (cf. Twichell et al., 2002; Van Mooy et al., 2002) seems
to be a plausible explanation for the New Albany Shale data. This unit frequently displays
laminations, indicative of anoxic bottom waters that inhibited bioturbation (Ingall et al.,
1993; Calvert et al., 1996). Additionally, near-zero 8'°N values (Calvert et al., 1996) suggest
that the system was dominated by nitrogen fixation, or in other words lacks the isotopic
signal of non-quantitative denitrification that is typically expressed under oxic-to-suboxic
surface waters (cf. Ader et al., 2016; Stiieken et al., 2016). This setting may therefore
have comprised a productive environment where high rates of export production generated
a significant oxygen demand in the water column, depleting oxygen, and perhaps initiating

anaerobic organic matter respiration.
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Figure 6.8: The relationship between (C/N)kerogen and (H/C)yerogen in (a) marine sed-
imentary rocks analyzed in this study and compiled from the literature, and (b) the
studies of Ward et al. (2005) and Boudou et al. (2008). Dashed lines mark transitions
between metamorphic facies (cf. Hayes et al., 1983), with prehnite-pumpellyite facies starting at
H/C = 0.63, greenschist facies at 0.2, and amphibolite facies at 0.1. Note that the Ward et al.
(2005) and Boudou et al. (2008) studies primarily focused on Type III kerogen (i.e., terrestrial
organic matter) and measured vitrinite reflectance (Rmax), which has been translated to H/C ratios
following Burnham and Sweeney (1989). A sharp increase in (C/N)kerogen ratios is seen at H/C
values <0.35 (red shaded band) in the left plot, or around ~0.4 in the right plot. This transition
falls within prehnite-pumpellyite facies metamorphism, and may correspond to the end of dry gas

preservation and the onset of dry gas destruction (discussed in Section 6.5.3).
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If this is indeed the cause of the elevated (C/N)kerogen values in the New Albany Shale,
then the fact that the observed (C/N)yerogen values (32-43) are substantially higher than those
in sediments deposited beneath the Benguela Current upwelling system (10-15; Twichell et
al., 2002) suggests that the degree of water-column anoxia was greater in the former setting.
This is plausible, but should be supported by additional instances of elevated (C/N)kerogen
values from other oxygen-deficient paleo-environments.

One interval that likely featured such conditions is OAE-2 (~94 Ma), during which
time widespread deposition of organic-rich shales occurred (Arthur et al., 1987), perhaps
related to a global expansion of anoxic waters (Clarkson et al., 2018). ODP 1257-1261
cores drilled on the Demerera Rise capture the transition into and out of this event in
one marine setting. Meyers et al. (2006) analyzed the organic carbon and total nitrogen
contents of these cores, in addition to other geochemical data. While (C/N)kerogen Values
were not measured for these samples, the mixing model discussed in Section 6.5.2 suggests
that Corg/Niot, versus TOC plots can illustrate differences in (C/N)erogen between siliciclastic
units (when TNgjjicate 1S approximated as the y-intercept in an Ny, vs. TOC linear regression,
cf. Section 6.4.2). Using this approach, the Coye/Nior data from core 1258, which spans the
Cenomanian-Turonian boundary, show a trend similar to that of the New Albany Shale (Fig.
6.9). Furthermore, nitrogen isotope analyses of sediments from these cores also showed near-
zero 0'°N values that are indicative of an anaerobic nitrogen cycle dominated by nitrogen-
fixation and quantitative denitrification (Junium and Arthur, 2007) as opposed to oxic-
suboxic nitrogen cycling (including non-quantitative denitrification) that occurs on modern
continental margins. These data would therefore seem to support the inference that elevated
(C/N)kerogen ratios in these settings are derived from anaerobic recycling of organic matter
in the water column and/or sediment porewaters.

Junium & Arthur (2007) noted that anaerobic remineralization could have contributed
to the elevated Coyg/Niot, ratios at the Demerera Rise across OAE-2. However, using a simple
stoichiometric calculation, they argued that this effect could not fully explain the observed

Corg/Niot values of >40. Moreover, they surmised that due to a nitrogen isotopic offset of
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Figure 6.9: Vertical separation in Corg /Niot versus TOC space of modern and ancient
oxygen-deficient settings. All trendlines denote logarithmic regression. In siliciclastic sediments
that are well-described by the mixing model, spatial separation in Core/Nior versus TOC space
corresponds to differences in (C/N)gerogen, With minor contributions from differences in TNgjjicate-
Thus, units showing steeper curves in this plot may have undergone a greater degree of anaerobic

remineralization during deposition and early diagenesis.
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protein relative to bulk cellular biomass — where amino acids are enriched on average by ~3%o
relative to bulk biomass (Macko et al., 1987) — enhanced protein degradation would give rise
to an anti-correlation between 8'°N and Corg/Niot, which is in fact observed in multiple cores
at the Demerera Rise (Junium and Arthur, 2007). Their stoichiometric calculation suggested
that the observed isotopic deviations could be explained with an increase in Coye/Nior up
to values of no more than ~20. However, there are two additional issues to consider with
respect to this interpretation. The first is that the two-component cellular composition model
is an over-simplification for the purpose intended here. For instance, in such a model with
a protein C/N ratio of 3.8 and a bulk cellular C/N value of 6.6, complete degradation of
all protein leaves a residual (C/N)kerogen ratio of 17.8 if protein comprises 80% of cellular
biomass. However, there are several components that comprise the non-protein portion of
cellular biomass — including nucleic acids, chlorophyll, carotenoids, lipids and carbohydrates
— each with different C/N ratios. By slightly expanding this stoichiometric calculation, we
show (detailed description of calculations in Appendix D) that preferential degradation of
labile, nitrogen-rich biomass (amino acids and nucleic acids) can conceivably generate C/N
ratios in residual biomass in excess of 100 (Fig. 6.10). While this model is also only an
approximation of average phytoplankton stoichiometry, it illustrates the plausibility of very

high C/N ratios in buried biomass deriving from anaerobic remineralization alone.

As for the nitrogen isotopic effect of this preferential degradation, this more detailed
model also shows that the simple ~3%o0 5'°N offset between protein and bulk cellular biomass
does not capture the 3'°N offsets of other cellular components. Moreover, even if an isotopic
offset between nitrogen-rich and nitrogen-poor biomass is manifest, the preservation of such
a signal during diagenesis might be unlikely since the degradation of nitrogen-rich biomass
tends to have an opposite effect, removing isotopically light nitrogen during deamination and
leaving residual biomass isotopically heavier (Macko and Estep, 1984). Disentangling these

two competing effects is therefore difficult.

To evaluate these effects, we begin with the published data discussed above. Returning

to the New Albany Shale, we find a similar anti-correlation of 8'°N and Cpy/Nior (R = 0.81),
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Figure 6.10: Stoichiometric model calculation of increasing (C/N)yerogen ratios due
to preferential degradation of nitrogen-rich biomass. As anaerobic remineralization pref-
erentially oxidizes amino acids and nucleic acids relative to lipids, substantial increases in the
(C/N)kerogen ratio of residual biomass (i.e., (C/N)esidual) can be obtained at high degrees of com-
pleteness (dark grey band). Lesser degrees of anaerobic remineralization may have a smaller effect,

such as in modern oxygen-deficient settings (light blue band). A detailed description of calculations

can be found in Appendix D.
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possibly indicative of enhanced degradation of protein. However, if we use 5'*Cq,, and 5'°N
values to guide our interpretation, and amend the mixing model described in Section 6.5.2
to include a minor contribution of recalcitrant, detrital organic matter (detailed description
of calculations in Appendix D), we find that this anticorrelation could perhaps be explained
by mixing alone (Fig. 6.11). Using this mixing model set-up, we can calculate a predicted
813 Corg, "N and Cope/Nioy chemostratigraphy across the New Albany Shale as a function of
TOC. Doing so very closely reproduces the observed data (Fig. 6.12), suggesting that the
819N-Copg/Nior anticorrelation in the New Albany Shale (and in other similar units) could
conceivably arise from three-component mixing between a planktonic organic matter phase,
a silicate-bound nitrogen phase and a detrital phase comprised of recalcitrant terrestrial or-
ganic matter. However, the fit of a mixing model alone does not prove that this mechanism
is indeed the underlying cause of the observed co-variation. For instance, primary changes
in the isotopic compositions of end-members (i.e., the “kerogen” and “silicate” phases) could
give rise to the same trend. The only way to distinguish between these two scenarios (con-
stant end-member composition and mixing versus changing end-member compositions) is
to directly measure end-member compositions via kerogen extraction and analysis. This
was in fact undertaken for the New Albany Shale (Calvert et al., 1996) and the data reveal
that the nitrogen isotopic composition of the kerogen endmember is indeed higher (+2 to
+3%0) in the low-TOC (bioturbated) layers than in the high-TOC (laminated) layers (-1 to
0%o). The cause for this primary isotopic change cannot be readily proven — it could be that
preferential degradation of nitrogen-rich and isotopically-enriched biomass occurred in the
high-TOC layers (cf. Junium & Arthur 2007), or that the planktonic community was more
dominated by nitrogen-fixation during deposition of the high-TOC layers. In either case, we
use the mixing model here to outline a protocol for distinguishing primary isotopic changes
from mixing artifacts that is closely tied to the interrogation of Coe/Nior and (C/N)kerogen

trends.

As for the 3'C,, trends (Fig. 6.12) — the existence of small amounts of detrital, refrac-

tory organic carbon in the New Albany Shale is potentially consistent with the observation
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Figure 6.11: Three-component mixing model for 3N, 81300rg, Corg/Ntot, and TN
versus TOC in the New Albany Shale. By including a trace amount of detrital organic carbon,
and ascribing isotopic compositions to the end-members, the trends in all above parameters can be

closely reproduced by the mixing model. A detailed description of the calculations can be found in

Appendix D.
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Figure 6.12: Chemostratigraphy of the New Albany Shale. The grey shaded region repre-
sents values calculated as a function of TOC using the mixing model described in Section 6.5.2.
The strong anti-correlation of 31N and 81300rg with Corg/Niot are thus shown to potentially arise

from mixing of two components with different isotopic compositions.
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Figure 6.13: Comparison of 8'*Cgypg and TOC with RockEval parameters. HI = hydrogen

index, OI = oxygen index. The occurrence of more positive 613Corg and lower TOC in samples with
low HI and high OI values is consistent with either dominance of terrestrial material in samples with
low TOC or extensive oxidative degradation of organic matter during deposition of the low-TOC

horizons. Data are from Ingall et al., (1993) and Calvert et al., (1996).

of high O/C and low H/C ratios in the organic-lean horizons (Ingall et al., 1993; Fig. 6.13),
typical of a terrestrial organic matter component. However, a similar trend could conceiv-
ably arise from extensive oxidative degradation of organic matter during deposition of the
organic-lean horizons (Fig. 6.13). Analysis of 8'3C,,, in kerogen extracts would not resolve
this issue, because (i) 8'C,yy enrichment of residual biomass arising from extensive oxida-
tion could mimic the composition of a terrestrial end-member, and (ii) the extracted kerogen
would contain both the “kerogen” and “detrital” organic carbon phases as defined in our
mixing model. Compound-specific isotopic analyses could perhaps present one avenue for

distinguishing between these scenarios.

Given all of the above considerations, we conclude that:

o Anti-correlation of 5'°N and 8'3C,,, with Cye/Niet in the New Albany Shale and the
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black shales at the Demerera Rise — as well as in other units — can arise from mixing
relationships and/or primary changes in end-member isotopic composition. Careful

scrutiny can distinguish between these scenarios, at least for 3'°N.

o Enrichment of (C/N)kerogen to values >40 is plausible via selective degradation of
nitrogen-rich biomass, potentially with a minor nitrogen isotopic effect on the residual

organic matter.

With this in mind, we further explore the potential of elevated C/N values as paleo-redox
indicators by considering units that were deposited under different water-column redox con-
ditions than the two units discussed above.

One such example is a black shale sequence near the Kheu River in Russia that has
recently been studied (Junium et al., 2018) to reconstruct changes in nitrogen cycling dur-
ing an expansion of water-column anoxia across the Paleocene-Eocene Thermal Maximum
(PETM). These analyses revealed a negative 8'°N excursion (Junium et al., 2018) — reminis-
cent of values seen during OAE-2 at the Demerera Rise (Junium and Arthur, 2007) — which,
together with the observation of elevated TOC, suggests that the water column became more
anoxic at that locality during an episode of rapid global warming. The Coye/Niot data from
the Kheu River site plot at higher values relative to TOC than sediments underlying modern
oxygen-deficient waters, but below the New Albany Shale and the OAE-2 black shales from
the Demerera Rise (Fig. 6.9). Organic geochemical analyses have been used to suggest that
the Kheu River shales are fairly immature (Kodina et al., 1995), meaning that thermal mat-
uration is unlikely to explain the slight increase in Coyg/Nioy values. Under the preferential
degradation model, this would suggest that the degree of water-column oxygen depletion
(or, more specifically, of anaerobic relative to aerobic remineralization) in this environment
was less pronounced than during OAE-2, but greater than in modern oxygen-deficient wa-
ters under upwelling zones (e.g., the Peru Margin), generating moderately high C/N values
in buried organic matter. To a qualitative degree, this is consistent with the paleo-redox

interpretation of Junium et al. (2018).
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For an example of potentially stronger anoxia, we consider the mid-Cambrian Shiyan-
tou Formation of South China (Cambrian Stage 2, ~521-529 Ma; Cremonese et al., 2013).
Organic-rich shales of the Shiyantou Formation have 8'N values ranging from 0 to 3%o
(mean +1.6 + 0.8%0), consistent with water-column anoxia as in the aforementioned units
(Cremonese et al., 2013). However, the Cg,/Niot values of the Shiyantou Formation samples
plot much higher relative to TOC than the previously discussed units, reaching a maximum
of 68 (Fig. 6.9). These rocks are thought to be unmetamorphosed, meaning that thermal
maturation should not be responsible for the high C/N ratios. These high Co /Nyt ratios are
therefore likely to derive from organic matter remineralization. While it is difficult to exclude
late diagenetic nitrogen loss, the preferential degradation calculations (Fig. 6.10) show that
such high values could plausibly derive from a redox-mediated preferential degradation of
nitrogen-rich cellular components. Since continental shelf environments are thought to have
been more strongly anoxic in the Cambrian than in the later Paleozoic (Dahl et al., 2010; Gill
et al., 2011; Sperling et al., 2015; Lenton et al., 2016; Wallace et al., 2017), the Shiyantou
Formation may therefore represent a more anoxic end-member, with higher Cg,/Nyot values

than the New Albany Shale and Demerera Rise shales.

6.5.5 The utility of C/N as a paleo-redox prozy

As outlined above, the preferential degradation of nitrogen-rich biomass during anaerobic
remineralization may cause sediments underlying anoxic waters to display higher Coyg/Nyot
and (C/N)kerogen values than those in sediments deposited under more oxygen-rich conditions.
This proxy could potentially be of great utility in paleoenvironmental studies that aim to
characterize water-column redox conditions and nutrient cycling dynamics. However, as has
been stressed throughout this discussion, there are several limitations to this proxy that must
be acknowledged and further studied before this geochemical tool can be widely applied. We

briefly summarize these below:

e The organic matter must be predominantly marine in origin, with only a negligible
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contribution of terrestrial material. A terrestrial component can potentially be iden-
tified using three-component mixing calculations, or ideally using organic geochemical

indicators (e.g., H/C and O/C ratios, compound-specific isotopes).

The rocks in consideration must not have experienced thermal alteration beyond the
window of dry gas preservation — i.e. well into prehnite-pumpellyite facies metamor-
phism. While extremely high C/N values were not observed in our dataset until an
H/C value of ~0.35, which is past the early stages of the prehnite-pumpellyite facies
metamorphism, the potential for minor thermal alteration to mimic small environ-
mental signals renders any interpretations near this level fairly uncertain. Thus, we
recommend that an H/C value of 0.4 be used as an upper limit on thermal maturity
when considering C/N ratios as a paleo-redox proxy, while H/C values >0.6 (i.e., un-
metamorphosed rocks) provide a very conservative limit that should be entirely safe

from thermal enrichment.

The rocks should also have moderate to high TOC levels. Our amended three-component
mixing model (Section 6.5.2, Appendix D) suggests that detrital organic matter can
potentially dominate the signal at very low TOC levels. Since this material can have
variable 8N, 3!3C,,q, and C/N compositions — and moreover, because the material
is by definition allogenic and thus not representative of conditions at the locus of de-
position — such samples should be avoided when using Corg/Niot 0 (C/N)kerogen as a

paleo-redox proxy.

With these caveats in mind, one interval of Earth’s history that is particularly amenable

to investigation using this new paleo-redox proxy is also one of the most interesting and

poorly constrained: the transition from a low-oxygen world to a fully-oxygenated world in

the latest Proterozoic and early Paleozoic (Lyons et al., 2014). During this interval ter-

restrial vegetation was negligible, many sedimentary successions have undergone only mild

metamorphism, and marine oxygen levels were lower than at present, facilitating accumula-
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tion of organic-rich marine sediments. Moreover, evolving marine oxygen levels could have
caused substantial fluctuations in diagenetic redox conditions, which should be recorded in
Corg/Niot OF (C/N)kerogen i marine sedimentary rocks spanning the late Precambrian pulses
of ocean oxygenation (e.g., Sahoo et al., 2012; von Strandmann et al., 2015; Thomson et
al., 2015; Kendall et al., 2015; Sahoo et al., 2016; Turner and Bekker, 2016) or the delayed
oxygenation of the deep ocean in the Paleozoic (e.g., Dahl et al., 2010; Sperling et al., 2015).
Lastly, this proxy may also prove informative in some instances before and after the interval
described above, for example in post-Devonian offshore marine settings with minimal terres-
trial input, in more ancient metamorphic lacunae with well-preserved organic material, and
in more recent high-productivity regions of the ocean. Thus, though currently only qualita-
tive or semi-quantitative, this new paleo-redox proxy could potentially illuminate some of the
uncertain aspects of our planet’s oxygenation history and should provide a useful supplement

to other existing geochemical tools.
6.6 Conclusion

We have presented here a new framework for interpreting Coyg/Niot and (C/N)erogen ratios
in ancient marine sedimentary rocks. Within individual lithostratigraphic units, variations
in Corg/Nyor can often be attributed to mixing between an authigenic kerogen component, a
“silicate” phase containing some nitrogen, and in some cases traces of recalcitrant detrital
organic carbon. By assessing the relationship between Coyg /Nyt and TOC in a given unit, the
uniformity of (C/N)kerogen and the amount of nitrogen in the silicate phase can be assessed.
Furthermore, the average (C/N)kerogen Value can be estimated using Coyg /Ny and TOC data.
Since lithological variability can give rise to large Copg/Niot, fluctuations within a single unit,
(C/N)kerogen is the datum that informs paleo-redox evaluation. We find that (C/N)yerogen 18
often fairly uniform within individual units, and that differences between units are consistent
with previously determined qualitative water-column redox constraints. To develop C/N into
a more precise — and ultimately, quantitative — paleo-redox proxy, future studies should seek

to couple C/N measurements, organic geochemical indicators of diagenetic and metamorphic
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conditions, and independent paleo-redox proxies.
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Chapter 7

EXPLORING CYCAD FOLIAGE AS AN ARCHIVE OF THE
ISOTOPIC COMPOSITION OF ATMOSPHERIC NITROGEN

This manuscript is under review at Geobiology. Co-authors are Eva Stiieken, Michelle

Gehringer, Kim Sterelny, John Scott, Paul Forster, Caroline Stromberg and Roger Buick.

7.1 Abstract

Molecular nitrogen (N3) constitutes the majority of Earth’s modern atmosphere, contributing
~0.79 bar of partial pressure (pNy). However, fluctuations in pNy may have occurred on 107-
10? year timescales in Earth’s past, perhaps altering the isotopic composition of atmospheric
nitrogen. While modeling work has outlined various plausible trajectories for the evolution of
pN,, empirical constraints are difficult to derive due to the paucity of geological materials that
record precise information about atmospheric pressure or Ny abundance. Here we target an
archive that may record the isotopic composition of atmospheric Ny in deep time: the foliage
of cycads. Cycads are ancient gymnosperms that host symbiotic No-fixing cyanobacteria in
modified root structures known as coralloid roots. All extant species of cycads are known to
host symbionts, suggesting that this No-fixing capacity is perhaps ancestral, reaching back
to the early history of cycads in the late Paleozoic. Therefore, if the process of microbial Ny
fixation records the 3'°N value of atmospheric N, in cycad foliage, the fossil record of cycads
may provide an archive of atmospheric 8'°N values, which could help constrain changes in
pNy over the last 200-300 Myrs. To explore this potential proxy we conducted a survey of
wild cycads growing in a range of modern environments to determine whether cycad foliage
reliably records the isotopic composition of atmospheric No. We find that neither biological

nor environmental factors significantly influence the 3'°N values of cycad foliage, suggesting
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that they provide a reasonably robust record of the 8'°N of atmospheric Ny. Application of
this proxy to the record of carbonaceous cycad fossils may not only help to constrain changes
in pNy since the late Paleozoic, but also could shed light on the antiquity of the Ns-fixing

symbiosis between cycads and cyanobacteria.
7.2 Introduction

Molecular nitrogen (Nj) is the most abundant gas in Earth’s modern atmosphere, with a
partial pressure of ~0.79 bar. However, little is known about whether the partial pressure
of Ny (pN2) has fluctuated over the course of Earth’s ~4.5 billion-year history. Modeling
work has demonstrated that large pN, fluctuations are plausible on >107 year timescales
under reasonable estimates of biogeochemical fluxes (Goldblatt et al., 2009; Busigny et al.,
2011; Sttieken et al., 2016b; Johnson & Goldblatt, 2018; Mallik et al., 2018); however, these
models have so far been unable to agree on a pN trajectory across Earth’s history (Zerkle &
Mikhail, 2017). What is clear, though, is that any large change in pN, would carry important
implications for global climate due to the effect of pressure broadening on the absorption of
infrared radiation by greenhouse gases in the troposphere (Goldblatt et al., 2009; Stiieken et
al., 2016b). Hence the development of proxies that can record changes in total atmospheric
pressure and/or pNy has become a topic of interest in paleobiogeochemistry.

To date, many of the best-studied archives of information about ancient atmospheric
pressure are geological materials with pressure-dependent characteristics. For instance, the
size distribution of fossilized raindrop imprints in ~2.7 Ga volcanic ash has been used to
place an upper limit on atmospheric pressure of ~1.1 bar (Som et al., 2012) and the size
distribution of basalt vesicles in similarly ancient lava flows has been used to derive an es-
timate of ~0.25 bar of total atmospheric pressure (Som et al., 2016). More recently, the
distribution of grain sizes in ancient aeolian deposits has been explored as a quantitative
paleo-barometry proxy (Goosmann et al., 2018), with models suggesting that the average
grain size of aeolianites should decrease at lower atmospheric pressure. However, each of

these proxies faces shortcomings: the precision of constraints derived from fossilized rain-
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drops has been questioned (Kavanagh & Goldblatt, 2015; but see Goosmann et al., 2018 for
an alternative view), grain size distributions in Precambrian aeolianites can be difficult to
quantify due to recrystallization and deformation (Goosmann et al., 2018) and none of these
records has yet been able to produce a consistent time-series dataset of atmospheric pressure
—in large part due to the sparse availability and generally poor preservation of the ancient
rock record. While further development on these fronts is surely worth pursuit, geochemical

records may also prove useful in contributing information about changes in pNs in deep time.

Geochemical proxies have an advantage in that they can potentially be measured in
a broader range of materials than those required in the special cases for geological paleo-
barometric work (e.g., fossilized raindrop imprints, basaltic lava flows erupted at sea level).
Additionally, individual geochemical measurements can potentially be more quantitatively
informative about pNs, for example by using isotopic ratios to “invert” for a budget in a mass
balance model. For instance, if changes in pN, are driven by substantial burial of biological
nitrogen — which models suggest is a likely mechanism (Stiieken et al., 2016b; Johnson &
Goldblatt, 2018) — then the isotopic composition of atmospheric Ny will be shifted propor-
tionally to the amount and isotopic composition of buried nitrogen to maintain mass balance
(similar to what is observed during glacial-interglacial changes in pCOy; Leuenberger et al.,
1992; Marino et al., 1992). If a suitable archive were to exist of the 5!°N of atmospheric No,
then it could be equated to changes in pN, if assumptions are made about the 3'°N of the
buried or released nitrogen. Furthermore, such an archive would also provide a critical test
of the constancy of atmospheric 5!°N values on geological timescales, which is a foundational
premise in deep-time studies of nitrogen isotope systematics (Ader et al., 2016; Stiieken et
al., 2016a).

There has been limited work constraining the 3'°N of atmospheric Ny in deep time.
Marty et al. (2013) used Ny/Ar ratios and 5'°N values of fluid inclusions in ~3.5 Ga hy-
drothermal quartz to calculate that pN, was between 0.5 and 1.1 bar and that the 3'°N of
atmospheric Ny was within ~3%o of the modern value. They used these data to speculate

that pNy has not markedly changed across Earth’s history. However, fluid inclusions con-
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taining trapped air are scarce in the geologic record and present a considerable analytical
and interpretative challenge, making it difficult to extend this technique to large sample sets
on broader timescales. More recently, Silverman et al. (2019) showed that the nitrogen
isotopic fractionation during N, fixation changes as a function of pNs in some species of
cyanobacteria. As microbial Ny fixation is thought to have arisen early in Earth’s history
(Stiieken et al., 2015; Weiss et al., 2016) and cyanobacteria may have dominated primary
productivity through much of the Precambrian (Brocks et al., 2017; Gueneli et al., 2018),
they could perhaps provide a long-term record of both pN, and the 8N of atmospheric
N,. However, because 8'°N values of bulk marine sediments can be altered by a few permil
during diagenesis (Robinson et al., 2012) and represent a mixture of biomass from Na-fixing
and non-N»-fixing organisms, this would require the nitrogen isotopic analysis of discrete
cyanobacterial fossils instead of bulk marine sediments. While such fossilized remains have
been reported throughout much of the Proterozoic (Awramik & Barghoorn, 1977; Golubic et
al., 1995; Pang et al., 2018), the preservation of sufficient organic material in these minute

fossils would make analysis extremely challenging, and again temporally-limited.

Here we investigate a possible macroscopic archive of the 3°N value of atmospheric No:
the foliage of plants with No-fixing cyanobacteria. Several plant lineages are known to form
symbioses with bacteria that fix atmospheric Ny into a bioavailable form and supply it to
their host (Vessey et al., 2005); most notable are the legumes, which host No-fixing bacteria
(rhizobia) in their root nodules. The use of foliar 3'°N values for recognizing N, fixation
in these plant-microbial symbioses has long been established (e.g., Shearer & Kohl, 1986;
Handley & Raven, 1992) and in many cases 3'°N values in the foliage of plants with N,-fixing
symbioses have been shown to closely approximate that of atmospheric Ny (Shearer et al.,
1983; Yoneyama et al., 1993; Pate & Unkovich, 1999). This suggests that the measurement
of 8N in fossilized leaves of such plants could perhaps provide an archive of atmospheric
3'°N values. However, most plants with No-fixing symbionts do not have a long enough fossil
record to encompass a sufficient stretch of geologic time to detect possible fluctuations in

pNy (and therefore in 3'°N of atmospheric Ny).
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The cycads (Division: Cycadophyta) are an exceptional case: these gymnosperms have
been deemed “living fossils” due to their morphological similarity to their ancestors, which
originated in the late Paleozoic (Zhifeng & Thomas, 1989) and reached substantial diversity
by the Mesozoic (Taylor et al., 2009). All extant species of cycads are known to host sym-
biotic, No-fixing cyanobacteria (primarily of the genera Nostoc and Calothriz; Rasmussen &
Nilsson, 2002) in modified, subaerial to shallow subterranean, apogeotrophic roots known as
coralloid roots (Costa & Lindblad, 2002). The occurrence of active symbionts in all extant
cycad species is consistent with an ancestral nature of Ny fixation in this lineage (Raven,
2002), meaning that fossilized cycad foliage may indeed provide an archive of atmospheric
3'°N values. As cycads were quite abundant in the past — particularly during the Mesozoic —
it may be possible to leverage their organic remains as a comprehensive record of foliar 3'°N

values across the last 200-300 Myrs.

While all of these factors make cycads compelling study organisms for recording at-
mospheric 5°N values in deep time, a validation of this proxy is first needed in modern
ecosystems. This is particularly important because there are multiple confounding factors
that can interfere with a plant’s ability to record the 8N value of atmospheric Ny, even
in the presence of active symbiotic No-fixing bacteria. These include isotopic fractionation
during microbial Ny fixation, isotopic fractionation during nitrogen transport within plant
tissues, and facultative uptake of soil nitrogen pools with variable 3N (Handley & Raven,
1992; Boddey et al., 2000; Unkovich & Pate, 2000; Chalk et al., 2016). Furthermore, while
such processes have been studied in detail in other plants with Ns-fixing symbioses, such as
legumes, nitrogen isotopic studies of the cycad-cyanobacterial symbiosis are comparatively
rare and often restricted to individual sites (e.g., Pate & Unkovich, 1999; Alvarez—Yépiz et
al., 2014).

Here we explore the nitrogen isotope systematics of the cycad-cyanobacterial symbiosis
on a larger geographic scale. We present new data from a nitrogen isotopic survey of cycad fo-
liage growing in three different environments across Australia. We further compile published

data from the literature in order to evaluate the significance of the observed trends in a global
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context. Using this combined dataset, we consider whether factors such as mean annual tem-
perature (MAT), mean annual precipitation (MAP), leaf age, plant sex, micro-habitat and
taxonomic affinity correlate with nitrogen isotopic variability in cycads. We also investigate
the nitrogen isotopic composition of cyanobacteria isolated from the coralloid roots of wild
cycads and isotopic variability across individual cycad fronds in order to quantify the iso-
topic effect of Ny fixation and its preservation at multiple levels within this symbiosis. We
use organic carbon concentrations and isotope ratios alongside nitrogen in order to aid in
interpretations of isotopic variability, since these parameters can help track changes in leaf
stoichiometry. We consider all of these datasets together to determine whether cycad foliage
reliably records atmospheric 8'°N values on the modern Earth, and whether cycads present

a suitable archive for exploration as a deep-time proxy.

7.2.1 Nitrogen isotope systematics: Global N cycling to intra-plant fractionation

The use of nitrogen isotopes as a biogeochemical proxy in modern and ancient systems has
been extensively reviewed elsewhere (e.g., Hogberg, 1997; Ader et al., 2016; Stiieken et al.,
2016a); a brief summary is given here as it relates to the development of this proxy. The
isotopic composition of atmospheric Ny on the modern Earth is globally homogenous, and
has come to be used as the international reference material for nitrogen isotopic analyses
(Mariotti, 1983). Modern atmospheric Ny therefore has a defined 5N value of 0%o.

The dominant flux of nitrogen into the biosphere is the fixation of atmospheric Ny into
biomass (shorthand: R-NH,) by specialized groups of prokaryotes (Dos Santos et al., 2012).
This process is typically characterized by a small isotopic fractionation (-2 to +1%0) when
the most common nitrogenase enzyme (which contains molybdenum in the catalytic site) is
utilized (Minagawa & Wada, 1986; Carpenter et al., 1997; Zerkle et al., 2008). The release
of this organic-bound nitrogen during remineralization of biomass accounts for the domi-
nant flux of nitrogen to the rest of the biosphere. This nitrogen is liberated as ammonium
(NH4 "), but in the presence of oxygen this ammonium is typically rapidly converted to ni-

trate (NOjz) in the microbially-mediated process of nitrification. In both the marine and
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terrestrial biosphere, the uptake of these dissolved, bioavailable nitrogen pools (ammonium
and nitrate) constitutes the dominant influx of nitrogen into biomass (with nitrate dominat-
ing over ammonium in typical marine and terrestrial environments on the well-oxygenated
modern Earth). The process of remineralization is typically associated with small nitrogen
isotopic effects (Freudenthal et al., 2001), and nitrification — although capable of generating
large kinetic isotopic effects in culture (Casciotti, 2009) — is known to proceed rapidly even
at very low dissolved oxygen levels (Kalvelage et al., 2011) and therefore is thought to be
essentially complete in most natural environments, causing no expressed isotopic fractiona-
tion (Brandes & Devol, 2002; Devol, 2015). Thus, the initial supply of bioavailable nitrogen

to the biosphere has an isotopic composition similar to that of atmospheric Ns.

In both the marine and terrestrial biospheres, the process that exerts the dominant
control on the isotopic composition of the dissolved nitrogen pool is the removal of isotopically
light nitrogen in the gas phase in low oxygen environments (Amundson et al., 2003; Devol,
2015). This can occur either through the process of “canonical” denitrification, wherein
nitrate is progressively reduced to Ny gas through a series of microbially-mediated reactions,
or through anaerobic ammonium oxidation (anammox) by planctomycete bacteria where
ammonium is reacted with nitrite to form Ny gas. In both cases, kinetic isotopic effects cause
preferential removal of 1N in the gas phase (Kritee et al., 2012; Brunner et al., 2013; Devol,
2015), leaving the residual pool of dissolved nitrogen enriched in *N (i.e., with positive 5°N
values). In the modern ocean, this gives dissolved nitrate an average 8N value of +5%o
(Sigman et al., 2000; Brandes & Devol, 2002); on land, this causes bulk soil '°N values in
most regions to be more positive than atmospheric Ny (Amundson et al., 2003; Craine et al.,
2015) — though ammonia volatilization can also contribute to N enrichment in some soils
(Evans, 2007).

Importantly, plants with No-fixing symbioses are able to circumvent the soil nitrogen
pool and obtain nitrogen directly from atmospheric Ny via their microbial symbionts. This
means that even in the presence of >N-enriched soil nitrogen, plants with N,-fixing symbioses

can have foliar 3'°N values that fall near 0% (Shearer & Kohl, 1986), thereby making them
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faithful recorders of atmospheric nitrogen isotope ratios. However, several processes can
obscure this signature.

First, it is known that the isotopic effect of microbial Ny fixation can vary under cer-
tain conditions. Culture work has shown that even molybdenum-nitrogenase is capable of
generating more ®N-depleted biomass (down to -4%o; Zerkle et al., 2008) under iron-replete
conditions. Moreover, “alternative” nitrogenases that utilize vanadium or iron co-factors are
known to yield biomass that is '°N-depleted by several permil in vitro (Zhang et al., 2014),
and this is thought to be relevant in some terrestrial environments (Bellenger et al., 2014).
Thus, for a plant-microbial symbiosis to make a good archive of the 8'°N of atmospheric
Ny, it must be known whether alternative nitrogenases are significantly expressed in the
symbionts.

Second, the transport of nitrogen within plants can cause certain tissues to become
enriched or depleted in ®N relative to bulk biomass (Werner & Schmidt, 2002). For instance,
it has been shown that actively N-fixing legume root nodules tend to become enriched in
15N, causing an isotopic offset to develop between roots and shoots (Wanek & Arndt, 2002).
It is therefore imperative that sub-sampling of a plant be conducted to determine which
tissues yield suitable estimates of the whole-plant nitrogen isotopic composition.

Lastly, it is known that many Ns-fixing symbioses are opportunistic and only persist
when nitrogen is not readily available in the soil (Vessey et al., 2005). This means that the
simple identification of Na-fixing potential in a plant-microbial symbiosis is not sufficient to
demonstrate that Ny fixation is indeed accounting for the plant’s entire nitrogen demand;
rather, plants may obtain their nitrogen through a mixture of soil and atmospheric sources.
The balance between these supply pathways can be influenced by local environmental con-
ditions (e.g., soil moisture, temperature, nutrient availability) or potentially even biological
factors (e.g., leaf or plant age, sex). With this being the case, studies that aim to generate
robust, quantitative estimates of a plant’s reliance on microbial Ns-fixation typically measure
the 3'°N of foliage in non-N,-fixing “reference plants” growing in the same habitat (Shearer

& Kohl, 1986). These plants serve as integrators of the 3'°N of bioavailable nitrogen in
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soil and can provide added assurance that an No-fixing plant is indeed receiving most of its
nitrogen through symbiotic Ny fixation rather than from the soil.

We consider each of these potential complications below. To address the isotopic effect
of microbial N, fixation, we cultured isolated cyanobacteria from the coralloid roots of wild
cycad populations and observed their isotopic fractionation in wvitro. We also conducted a
sampling transect of a single frond in order to observe the intra-plant isotopic partitioning
of nitrogen in cycad foliage. We then turn to our larger dataset and consider whether
any environmental or biological factors influence the nitrogen isotopic composition of cycad
foliage. We close by considering cycad foliage in comparison to non-Ns-fixing reference plants,
and we discuss problems and prospects for employing this proxy in deep time through the

isotopic study of carbonaceous cycad fossils.

7.3 DMaterials and Methods

7.3.1 Collection of plant samples

Cycad leaves were collected in spring and early summer (late October — January) from
natural populations growing at three different localities in Australia: University of Western
Australia Jandakot Reserve (32.17°S, 115.83°E), Tilba Tilba, New South Wales (36.32°S,
150.04°E), and D’Aguilar National Park, Queensland (27.44°S, 152.83°E; 27.44°S, 152.82°E;
27.28°S, 152.76°E). Samples from New South Wales and Western Australia were classified
as “young,” “old,” or “dead” according to their maturity, where “young” leaves were fronds
recently sprouted from the shoot apical meristem on mature plants, “old” leaves were the
larger fronds at the periphery on their respective plants, and “dead” leaves were found on the
ground beneath living plants. The Western Australia samples were further subdivided into
male and female specimens to look for sex-specific isotopic differences. Non-cycad leaves
were also collected at the New South Wales and Queensland sample sites to assess the
nitrogen isotopic composition of non-Na-fixing plants. All plant samples were freeze-dried

for two days to ensure that all biomass was entirely devoid of water. Leaf samples were then
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ground to a homogenous powder in a metal ball mill (WIG-L-BUG) that was cleaned with
methanol between samples. The resulting powders were analyzed for carbon and nitrogen
concentrations and isotopic ratios.

Climate data for each site were obtained from stations operated by the Australian Bu-
reau of Meteorology (Table 7.1). For each locality, the mean annual precipitation (mm) and

mean annual temperature (°C) were compiled from the stations nearest to the sample site.

Table 7.1: Location and climate data of each sample site.

Site Species Latitude MAT (°C) MAP (mm)
D’Aguilar L. peroffskyana 27°S 19.8 1130
National Park, (n=3), M.
QLD lucida (n = 6),
M. macleayi (n
= 3)
UWA Jandakot M. riedlei (n = 32°S 18.2 791
Reserve, WA 41)
Tilba Tilba, M. communis (n 36°S 15.7 997
NSW = 47)

7.3.2  Collection of cyanobacterial samples

Studies of cycads and their symbionts have often focused on plant specimens from green-
houses and botanical gardens, which may reflect a mixture of endogenous and locally-acquired
symbionts. Additionally, isotopic studies based on such samples may be unintentionally
affected by increased external fixed nitrogen availability. The cyanobacterial cycad sym-
bionts analyzed in this study were previously isolated and characterized from coralloid roots
of cycads growing in their natural habitats, without influence of agricultural fertilization
(Gehringer et al., 2010). The eight isolates used in this study (Table 7.2) were kept in a

nitrogen-free medium from isolation onwards to ensure the maintenance of their No-fixing
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abilities. Stationary-phase liquid cultures were inoculated in duplicate into 120 mL N-free,
BG110 medium in T175 (Sarstedt, Germany) culture flasks (Gehringer et al., 2010). Cul-
tures were grown at 24°C with a 16:8 hour day:night cycle at 60 pmols photons m? s
under a daylight plant fluorescent growth lamp. One-month old cultures in late stationary
phase were harvested by centrifugation in weighed, sterile 50 mL reagent tubes (Sarstedt,

Germany) and washed twice with sterile distilled water. The pellets were freeze-dried and

the dry weight was determined prior to isotopic analysis of the biomass.

Table 7.2: Diazotrophic cyanobacterial symbiont strains isolated from coralloid roots of their

respective host cycad species, taken from Gehringer et al., (2010).

Symbiont # of cultures Cycad Location Voucher no.
Nostoc sp. 40.5 2 M. communis Currambene MZ40
Calothriz sp. 61.4 2 M. parcifolia Seaview Range PIF3107
Nostoc sp. 62.1 2 M. mountperiensis Brooweena PIF9343
Nostoc sp. 65.1 2 M. riedlei NW Narrogin PIF30395
Nostoc sp. 73.1 3 M. serpentina Mt. Slopeway PIF12273A
Nostoc sp. 74.5 1 M. macleayi Mt. Colosseum PIF12248
Nostoc sp. B1.3 2 B. serrulata Byfield PIF32324
Nostoc sp. C1.8 1 C. media Botanic Gardens C1

7.3.8  Isotopic analyses

Isotopic analyses (3'°N, 8'3C) of plant material were carried out following published protocols
(e.g., Stiieken et al., 2015; Kipp et al., 2018) in IsoLab at the Department of Earth & Space
Sciences, University of Washington with a Costech ECS 4010 Elemental Analyzer (EA)
coupled with a Conflo III to a ThermoFinnigan MAT253 isotope-ratio mass spectrometer
(IRMS). Combustion was carried out with 10 mL O, at 1000°C and the resulting gases
were then passed through a reduced copper column to consume excess O, and to reduce

NOy species to No. A magnesium perchlorate trap was used to remove water from the
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gas stream. Isotopic measurements were calibrated against three in-house standards (two
glutamic acids “GA1” and “GA2,” and dried salmon “SA”) that have been calibrated to
international reference materials USGS-40 and USGS-41. An aliquot of the Neoarchean Mt.
McRae shale (“UW-McRae”) was also analyzed as a test for long-term precision. All isotopic

data are reported in delta notation relative to air for nitrogen and Vienna Pee Dee Belemnite

(V-PDB) for carbon.

Analytical blanks were monitored and subtracted from nitrogen data; blanks were neg-
ligible for carbon measurements. Average analytical accuracy of 3'°N among individual runs
based on in-house standard “GA1” was -0.02 £ 0.04%o. Accuracy of 3'3C measurements
based on in-house standard “SA” was -0.02 £+ 0.10%o. The average analytical precision (1o)
among all runs based on in-house standard “UW-McRae” was 0.3%o for 3'°N and 0.4%o for
313C. Most cycad samples were analyzed at least twice, with an average standard deviation

between sample replicates of 0.2%o for 8N and 0.1%o for 5!3C.

[sotopic analyses of cultured cyanobacteria were carried out at the University of St
Andrews, Scotland. Dry biomass was weighed into 8x5 mm tin capsules (ThermoFisher)
and analyzed by flash combustion with an Isolink EA coupled with a Conflo IV to a MAT253
IRMS (ThermoFinnigan). The combustion reactor was packed with tungstic oxide as an
additional combustion aid, followed by copper wire to consume excess O, and to convert NO,
species to Ny. The temperature was set to 1020°C and pure O, gas was injected at a flow
rate of 250 mL/min for 5 seconds from the drop of the sample. Water generated during the
combustion was trapped with magnesium perchlorate at room temperature. The measured
isotopic ratios were calibrated to the air scale with USGS-40 and USGS-41, which were
analyzed four times during the run. Analytical accuracy was monitored with the international
reference material SGR-1 (untreated), for which a value of 17.4 + 0.3%¢ was obtained for

5N in good agreement with previous studies (Dennen et al., 2006).
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7.3.4 Statistical analyses

Paired comparisons between sample groups were performed using either t-tests (when data
adhered to a normal distribution as determined by p > 0.05 in a Shapiro-Wilk normality
test) or the Mann-Whitney test. Levene’s test was used to assess the difference in variance of
35N between cycads and non-cycads growing in the same habitats. Linear and logarithmic
regression were used to explore correlations between variables. All statistical analyses were

conducted in the R Statistical Computing Environment (R Core Team, 2013).

7.4 Results

We considered leaves individually for statistical analyses instead of averaging 5'°N values for
whole plants (except where noted otherwise) because this captures more isotopic variability,
and therefore should be more conservative in our attempt to demonstrate the isotopic consis-
tency of cycad foliage. Furthermore, this approach is a more directly applicable calibration
for analysis of fossilized cycad foliage, which will rely on sub-sampling of disarticulated fronds
(which may be sparsely preserved) and where whole-plant averages are unlikely to be obtain-
able. In any case, we found that this treatment does not influence the observed statistical
relationships; all statistical tests yield the same inference when binning data per-plant versus
per-leaf.

The average d3'°N value of all cycad leaves analyzed in this study is -0.9 + 0.8%0 (n =
128; here and throughout the text mean values are reported at +1c). The mean 3'°N value
of all living cycad foliage (i.e., excluding dead leaves) is -0.8 & 0.8%0 (n = 105), with a range
from -2.2%0 to +0.9%0. The mean 5'°N value of living foliage from New South Wales (-1.1
+ 0.7%0, n = 34) is statistically indistinguishable from that of Queensland specimens (-1.0
+ 0.8%0, n = 30), but both localities are slightly lighter than the specimens from Western
Australia (-0.5 & 0.8%0, n = 51) (p = 0.01, p = 6e-5, two-tailed t-tests). The average 5'°N
values of all foliage from individual species are as follows: Macrozamia communis (-1.1 £

0.7%0, n = 47), M. riedlei (-0.5 £ 0.8%o0, n = 51), M. macleayi (-0.4 £+ 0.4%0, n = 10),
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M. lucida (-2.0 £ 0.3%0, n = 10), Lepidozamia peroffskyana (-0.7 £ 0.5%0, n = 10). In the
Western Australia samples, male plants have an average 5'°N value of -0.6 4= 0.7%0 (n = 35),
which is statistically indistinguishable (p = 0.2, two-tailed t-test) from female counterparts
with a mean of -0.3 £ 0.9%0 (n = 16).

Intra-plant 3'°N values from a single sub-sampled frond range from -2.2%¢ to 0.1%o (n =
19; Fig. 7.1). Nitrogen isotope ratios within this frond inversely correlate with 8'3C values (p
= 8e-6, R* = 0.69, linear regression) and C/N ratios (p = 5e-7, R = (.77, linear regression).
A sampling transect of a single leaf on the same frond revealed a strong correlation between
distance from the stem and 5°N (p = 9e-6, R® = 0.86, logarithmic regression), 3'3C (p =
5e-9, R = 0.97, logarithmic regression), C/N (p = 9e-7, R? = 0.91, logarithmic regression)
and TN (p = 7e-7, R* = 0.92, logarithmic regression) (Fig. 7.2).

Across the Western Australia and New South Wales samples, young leaves have an
average 0'°N value of -0.5 + 0.8%o¢ (n = 30), which is slightly heavier than old leaves (-0.9
+ 0.6%0, n = 45) and dead leaves (-1.0 &+ 0.9%0, n = 23) (p = 0.03, two-tailed t-test and
Mann-Whitney test, respectively). In young leaves, 8'°N values do not correlate with C/N
ratios (p = 0.1, R* = 0.05) whereas old leaves (p = 2e-6, R® = 0.42) and dead leaves (p =
0.03, R* = 0.19) show weak, negative correlations (Fig. 7.3). Among the Australian sites,
foliar 3'°N values do not correlate with mean annual temperature (MAT) (p = 0.2) or mean
annual precipitation (MAP) (p = 0.6).

The average 3'C value of all cycad leaves analyzed in this study is -26.3 + 1.8%0 (n =
128). The mean 5'3C values of living foliage at each site are -25.2 4 1.1%qo, -26.0 4+ 0.9%o,
and -28.6 + 1.6%o for New South Wales, Western Australia, and Queensland, respectively.
Among individual species, 5'3C values are: Macrozamia communis (-25.2 + 1.1%0, n = 47),
M. riedlei (-26.0 £+ 0.9%0, n = 51), M. macleayi (-28.9 + 1.7%0, n = 10), M. lucida (-29.2 £+
1.8%0, n = 10), Lepidozamia peroffskyana (-27.9 £+ 1.0%o0, n = 10). Male (-26.1 + 0.9%0, n
= 35) and female (-25.9 + 0.8%0, n = 16) plants from Western Australia (M. riedlei) do not
significantly differ in 3'*C values (p = 0.2, Mann-Whitney test). The mean 3'*C value of
old leaves from Western Australia and New South Wales (-26.1 £ 0.9%0; n = 45) is slightly
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lighter than that of young leaves (-25.2 + 1.1%0, n = 30) and dead leaves (-25.3 + 1.0%o,
n = 23) (p = 0.003, Mann-Whitney test). C/N ratios do not correlate with leaf maturity,
with young (C/N = 38.0 &+ 6.6, n = 30), old (C/N = 38.6 £ 9.5, n = 45) and dead (C/N
= 37.8 £ 8.3, n = 23) leaves all statistically indistinguishable from each other (p = 0.5,
Mann-Whitney test).

The average 3'°N value of all cultures of isolated cyanobacteria in this study is -0.8 +
1.5%0 (n = 15), with no significant difference (p = 0.6) between Nostoc (-0.8 + 1.6%0, n =
13) and Calothriz (-0.5 4+ 0.5%0, n = 2) symbionts. The mean 5'°N values of reference plant
leaves at individual sites are -0.9 + 2.6%0 (n = 40, range -4.9%0 to +5.3%0) in New South
Wales and -0.8 £+ 1.8%0 (n = 63, range -4.3%0 to +3.3%0) in Queensland. At both sites, the
mean 5'°N value of cycads does not significantly differ from non-cycads (p = 0.4, p = 0.5,
Mann-Whitney tests). However, the 3'°N values of non-cycads show a larger variance than
those of cycads at both New South Wales (p = 2e-7; Levene’s test) and Queensland (p =
0.002, Levene’s test).

7.5 Discussion

7.5.1 Isotopic effect of Ny fixation by symbiotic cyanobacteria

We analyzed isolated cyanobacteria from various species of natural cycad populations (Table
7.2). These isolated cyanobionts were cultured in nitrogen-free media to observe the isotopic
fractionation during N, fixation. The cultures had a mean 3'N value of -0.8 4+ 1.5%0¢ (n
= 15), with no statistical difference (p = 0.6) between Nostoc (-0.8 + 1.6%0, n = 13) and
Calothriz (-0.5 & 0.5%0, n = 2) cyanobionts. This range of 3'°N values is best explained by
reliance on molybdenum-nitrogenase for Ny fixation by the cyanobionts (Zhang et al., 2014);
growth in nitrogen-free media should have enabled the expression of alternative nitrogenases
as Ny fixation proceeded.

We take these data to indicate that alternative nitrogenases do not play a significant

role in Ny fixation by cyanobionts in cycads. While a more detailed characterization of
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the molecular mechanism of N, fixation by cyanobionts in coralloid roots in the field would
support this inference, for the purposes of this investigation we are mainly concerned with the
net isotopic effect of symbiotic Ny fixation. By measuring this value in vitro and observing a
similar range of 8'°N values to that seen in other laboratory studies of No-fixing cyanobacteria
using molybdenum-nitrogenase (e.g., Carpenter et al., 1997; Zerkle et al., 2008; Zhang et al.,
2014), we show that the supply of nitrogen from symbiont to host is likely within 1-2%o of the
atmospheric 8'°N value. This range thus imposes a limit on the precision of reconstructions
of atmospheric 3N in deep time using cycad foliage, as changes of <1%o in the 5'°N value

of atmospheric Ny would be difficult to resolve.

7.5.2  Isotopic fractionation during intra-plant nitrogen transport

Next we consider the detailed sub-sampling of a mature frond on a M. riedlei specimen from
the WA sample site (Fig. 7.1) to determine whether point-sampling of foliage provides a
reasonable estimate of the bulk-frond 3'°N value. We found moderate variation (~2%o) in
55N across the entire frond, which followed coherent trends when plotted alongside 3'3C,
C/N and total nitrogen (TN) as a function of distance from attachment to the stem (Fig.
7.2). Since the 35N variability closely follows a change in C/N ratio, we hypothesize that the
isotopic offset is due to different stoichiometry in foliage distal to versus adjacent to stems.
Namely, a higher protein content in leaves (which is expected due to the high concentration
of photosynthetic enzymes; Sterner & Elser, 2002) than in stems (which are relatively more
enriched in structural compounds, namely cellulose and lignin) would explain lower C/N
ratios and higher TN in the distal portions of the leaves, as we observed (Fig. 7.2). Fur-
thermore, protein is typically slightly enriched in N relative to bulk biomass (Macko et al.,
1987), meaning that this increase in protein abundance could also explain the 5!°N trend.
Regardless of the precise mechanisms underlying the isotopic variability, the relevant
question for our proxy calibration is whether sampling of foliage generates a reliable estimate
of whole-plant 5'°N. We addressed this question by calculating a weighted-mean 5'°N, 3'3C

and C/N value for the sub-sampled frond and evaluating whether each point-sample fell
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Figure 7.1: Intra-plant variability in 3°N, 313C and C/N ratios. Relative to leaves, stems

are slightly isotopically depleted in carbon and nitrogen and have higher C/N ratios. However,

all point-samples on the frond have 39N values within the range observed during Ny fixation by

isolated cyanobionts, suggesting minor isotopic fractionation during transport of nitrogen within

the plant.
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within the 1o uncertainty interval of the weighted-mean value. We found that while sampling
directly at the stem, or potentially at the very distal terminus of the leaf, could yield 3'°N
values that are not representative of the bulk-frond (Fig. 7.2), it is easily achievable to collect
foliage samples that have representative 5!°N values. This can be done by either targeting
the middle of the leaves, or more thoroughly, by homogenizing 5-10 cm of leaf material
(as was done for the rest of our dataset). We favor the latter option, and conclude that
homogenization of leaf material provides an accurate assessment of the 3'°N value of cycad
fronds. With regard to nitrogen isotopic measurements on fossilized cycad foliage, sampling
of multiple discrete leaves should provide a fairly accurate assessment of the bulk-frond 5N

value.

The last component of intra-plant isotopic fractionation is the offset due to transport
from symbiont to host. We did not directly constrain this value in our study, since we
conducted a separate microbial incubation and intra-plant sampling regime. However, given
that the isotopic fractionation during N fixation in vitro by the isolated cyanobacteria (-0.8
+ 1.5%0) entirely overlaps with the observed data for whole-frond 3'°N values, we estimate
that there is minimal isotopic fractionation during transport of nitrogen from symbiont to

host.

A possible reason for this lack of fractionation is that the cyanobionts in coralloid roots
have glutamine synthetase (GS) activity similar to free-living cyanobacteria (Lindblad &
Bergman, 1986). This marks the cycads as unique among plants with microbial N-fixing
symbioses (Vessey et al., 2005), as others suppress the GS activity of their symbionts, causing
nitrogen to be transported from symbiont to host as NHs. Loss of NH3 from root nodules
could potentially explain the observed isotopic enrichment of legume roots relative to shoots
(e.g., Wanek & Arndt, 2002). In contrast, since cycads receive nitrogen in the form of
glutamine or citrulline (Pate et al., 1988), the transmission of nitrogen from symbiont to host
may be more efficient, or less prone to isotopic fractionation. Additionally, the persistence
of cyanobionts in the interstitial tissue of the coralloid root structures could enable efficient

nitrogen transport to neighboring cycad tissue, perhaps also leading to a smaller isotopic
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Figure 7.2: Trends in (a) 8'°N, (b) 8'3C, (c) C/N and (d) TN along a transect of
a single leaf. Leaf sampling transect is pictured on the bottom right of the frond in Fig. 7.1.
Fitted curves denote logarithmic regression. Dotted lines denote the leaf-averaged value for the
parameter being plotted; grey shaded region denotes loconfidence interval. The higher nitrogen
content and isotopic depletion away from stems may reflect an increasing proportion of protein

relative to structural material.
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fractionation than that observed between root nodules and shoots in legumes.

In any case, we take the cyanobacterial culture data and intra-plant data as evidence that
nitrogen isotopic fractionation within the cycad-cyanobacteria symbiosis is fairly small. If
accounted for by proper sampling of foliage, intra-plant isotopic variability should introduce
less uncertainty into reconstructions of atmospheric 5N than the small isotopic fractionation

imparted during microbial Ny fixation.

7.5.83 Effects of life stage, sex and environment on foliar 6'°N

We considered leaves of different ages (young vs. old vs. dead) to determine whether
ontogeny or early degradational processes could influence 5!°N in cycad foliage. We found
that 8N values were slightly higher in young leaves than in old and dead leaves. This
would be consistent with the stoichiometric control on intra-plant 3N variability if young
leaves have proportionally more protein than structural material, with a greater investment
in vascular tissue coming with leaf maturation. This inference is further supported by the
relationship between 3'°N and C/N, where young leaves show no correlation but old and
dead leaves show negative correlations between foliar 5'°N values and C/N ratios (Fig. 7.3).
Regardless of the precise mechanism, the isotopic offsets across these groups are small (<1%o)
and all fall within the range of 5!°N values observed during N, fixation by the cyanobionts
in vitro, suggesting that these effects should not interfere with cycads’ ability to record the
3'°N of atmospheric Ny in their foliage, even after early decomposition of leaf material.
Next, we considered whether sex-specific differences in nutrient utilization could influ-
ence foliar 3N values. This was motivated by the findings of Krieg et al. (2017), who
studied cycads grown in a botanical garden to investigate differences in nutrient acquisition
between male and female plants. Across their entire dataset, they found that males on av-
erage had slightly higher 3'°N values (+0.9%0) than females (+0.4%¢) (Krieg et al., 2017).
This difference was attributed to a greater reliance on cyanobacterial Ny fixation in female
cycads than in males. However, the trend was only found to be significant within the species

Cycas micronesica; no other species (from the genera Cycas and Zamia) differed in foliar
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Figure 7.3: Relationship between 85N and C/N ratios in modern cycad leaves. Note
log scale on x-axis. Includes samples from New South Wales and Western Australia from this study.
Young leaves show no significant correlation between log(C/N) and 85N values (p > 0.1). Old and
dead leaves show weak, negative correlations (p < 10; p < 0.01). The grey band marks the typical

range of 8'°N values generated via Na-fixation in free-living cyanobacteria (Zhang et al., 2014).
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315N values between sexes. The M. riedlei samples in this study did not differ in foliar 3'°N
values between sexes, similar to most of the species previously explored for sex-specific dif-
ferences. This suggests that sex-specific differences in nutrient acquisition are not prevalent
in wild populations of Macrozamia, and the similarity to many botanical garden specimens
might indicate that this is a broader trend among cycads. Furthermore, even in the botanical
garden specimens, the observed 3'°N values of both males and females fall within the range
expected for Ny fixation by cyanobionts. We therefore conclude that sex does not interfere

with the ability of cycads to record the 8'°N of atmospheric N5 in their foliage.

Beyond biological factors, we considered whether environmental conditions could influ-
ence cycad 8'°N values. For instance, environmental parameters such as MAT and MAP
correlate with foliar 8'°N values in recent global compilations of broad plant populations
(Amundson et al., 2003; Craine et al., 2009), with foliar 3'°N values increasing at higher
MAT and lower MAP (Craine et al., 2009). These trends are thought to be related to
changes in the isotopic composition of nitrogen in soils and therefore should not be observed
in plants that always rely on a supply of nitrogen from symbiotic o-fixing bacteria. Thus,
to a first order it is notable that cycads display no correlation between foliar 8'°N values
and MAT (p = 0.2) or MAP (p = 0.6). However, with only three sample sites this inference
is necessarily based on limited climatic coverage. More importantly, while slight isotopic
differences are observed among sites (Western Australia is slightly heavier than New South
Wales and Queensland), foliar 3'°N values of cycads at all sites are tightly clustered within
the range seen during Ny fixation by the isolated cyanobionts. Interestingly, the global foliar
5'°N compilation by Craine et al. (2009) showed that N,-fixing plants have a larger range
in 83N values at higher MAT. This was not observed in our dataset, although our sites only
spanned a limited range of MAT (15-20°C). Put most simply, our initial survey suggests that
climatic gradients (as manifest in the observed differences in MAT and MAP) do not seem

to influence the foliar 3'°N values of these wild cycad populations.
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7.5.4  Foliar 6° N values of cycads and non-Ns-fiving plants

Taking into account the findings described above, we then consider the foliar 5'°N values
of cycads and non-N,-fixing reference plants from our different sites. The early work of
Yoneyama et al. (1993) and Pate & Unkovich (1999) demonstrated that foliar 5N values
can effectively identify N, fixation in wild cycads at field sites in Thailand and Western
Australia, respectively, through comparison of cycad foliage with non-Ns-fixing reference
plants. They found that cycads consistently had near-zero foliar 5!°N values while other
plants had more elevated 5'°N values. More recently, Alvarez-Yépiz et al. (2014) showed
that cycads (Dioon sonorense) in the Sonora region of Mexico also have foliar 3'°N values that
are consistent with Ny fixation; however, they did not measure 5'°N values in non-Ny-fixing
reference plants. We sought to extend these findings to other sites and with larger datasets.
First considering our cycad data from the UWA Jandakot Reserve in Western Australia, the
5'°N values obtained in this study (-0.5 4= 0.8%0) agree well with previous work in the region
(Pate & Unkovich, 1999) and are thus consistent with a substantial reliance of these cycads

on N, fixation.

We then consider the Queensland and New South Wales sites, which differ in that they
have more nutrient-rich soils (~10% organic carbon by dry weight instead of 1-2% typical
of Banksia woodland and <1% typical of sandplain heath in Western Australia; Foulds,
1993; Bui & Henderson, 2013). At both of these localities, foliar 3'°N values in cycads
(-1.3 £ 0.7%0 QLD; -1.1 + 0.7%0 NSW) also fall near-zero and within the range seen in
pure cultures of the isolated cyanobionts, suggesting a consistent reliance on microbial Ny
fixation across these different habitats. However, a survey of a wide variety of non-Nj-
fixing reference plants at each site showed similar mean foliar 5'°N values (-0.8 + 1.8%o
QLD; -0.9 £+ 2.6%0 NSW) albeit with a significantly larger variance in both cases (Fig.
7.4). In contrast to field studies of legumes, which can target non-Ny-fixing reference plants
of close taxonomic affinity (occasionally even non-nodulating legume species), the paucity

of gymnosperms makes selection of reference plants for cycads a bit more difficult. Two
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coniferous gymnosperms (Araucaria cunninghamii and Podocarpus elatus) present at the
Queensland site had foliar 55N values of +1.4%0 and +2.3%qo, respectively, which are >2%o
heavier than co-occurring cycads. With only two specimens, though, a statistical comparison
to the cycad population is not feasible. We therefore considered a wide variety of non-No-
fixing plants, within which we did not observe any systematic bias in foliar 3'°N values. At
both sites, monocots and dicots had statistically indistinguishable 3'Nvalues (p = 0.5 QLD;
p = 0.9 NSW) and many of the sampled leaves had 8'°N values that overlapped with the

range seen in cycads.

The similarity in mean 3'°N values between cycads and non-N,-fixing reference plants
precludes a quantitative assessment of Ny fixation by cycads at these sites. However, this
does not mean that cycads are not strongly reliant on symbiotic Ny fixation in these settings.
If anything, the greater variance in foliar 3'°N values of reference plants seems indicative of
isotopically variable soil pools, which cycads are not accessing. Furthermore, the narrow
range of foliar 8'°N values in cycads at all of our sites — as well as all other sites studied to
date (e.g., Yoneyama et al., 1993; Pate & Unkovich, 1999; Alvarez—Yépiz et al., 2014) — is
suggestive of a consistently high reliance on symbiotic N5 fixation for their nitrogen demand.
The occurrence of similar 5N values in non-N,-fixing plants at these sites could even be
related to Ny fixation in the cycad-cyanobacterial symbiosis, since it has been determined
that cycads can constitute a substantial input of nitrogen to their habitat (e.g., Halliday &
Pate, 1976). Additionally, surveys of cyanobacterial diversity in the rhizosphere in cycad
habitats have found that No-fixing cyanobacteria are often present and active (Cuddy et
al., 2012), suggesting that plants without explicit No-fixing symbioses could receive some
nitrogen with an atmospheric 5!°N value. The relative impact of these mechanisms could be
assessed with further study of 8'°N values in the roots, symbionts and leaves of cycads and
non-N,-fixing plants in a broader range of sites and species worldwide.

In any case, our results highlight a limitation of foliar 8'°N values as an Ny fixation
proxy. Distinct distributions of foliar 5!°N values in Ny-fixing versus non-N,-fixing plants

can provide strong evidence of microbial N, fixation, but absence of a difference does not
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Figure 7.4: Density distribution of 8'°NN values in cycads and non-cycads from (a) New
South Wales and (b) Queensland sampling sites, and (c) from Thailand (Yoneyama et
al., 1993). Grey shaded regions denote the typical range of !N values generated via N fixation
in free-living cyanobacteria (Zhang et al., 2014). Dotted line denotes atmospheric 3'°N value.
Circles mark mean 8'N values +1c. Cycad foliage in all three settings has 3!°N values consistent
with reliance on Ny fixation. The similarity in mean 3'°N values between cycads and non-No-fixing
reference plants in the Australian sites highlights a potential difficulty in unambiguously inferring
N» fixation in ancient cycads; however, the larger variance in non-Ns-fixers is perhaps suggestive

of assimilation of isotopically variable soil nitrogen.
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provide evidence for absence of symbiosis. This limitation must be held in mind when

applying the cycad 3'°N proxy to fossil assemblages in deep time.

7.5.5  Outlook for foliar 6'°N wvalues as a proxy for 6!°N of atmospheric Ny in deep time

Based on the data presented here, we consider that cycad foliage provides a reasonably robust
archive of the nitrogen isotopic composition of atmospheric Ny in modern environments. The
isotopic fractionation associated with cyanobacterial Ny fixation is small and the isotopic
effect of nitrogen transport within cycads seems to even smaller. Sampling of homogenized
leaf material provides adequate assessments of whole-frond 5'°N, and foliar 5!°N values do
not appear to vary across biological or environmental gradients.

This suggests that the nitrogen isotopic composition of carbonaceous cycad fossils —
which are quite abundant through the Mesozoic and into the late Paleozoic (Taylor et al.,
2009) — could provide a record of the 3!°N of atmospheric Ny over the last 200-300 Myrs (Fig.
7.5). Some have proposed that pN, has remained quite constant throughout the last ~600
Myrs (Berner, 2006), and so under such a model we would expect the 3'°N of atmospheric Ny
to be fairly stable (Fig. 7.5). However, if the atmosphere has been steadily losing nitrogen
through the Phanerozoic (Johnson & Goldblatt, 2018), a monotonic trend would be expected
(Fig. 7.5).

In addition to providing insight into these differing models of pNy through time, the
application of this proxy to the fossil record would ground future deep-time applications of
the 3°N proxy by constraining the 3'°N of atmospheric Ny. Fixation of atmospheric Ny is
the initial input to the biogeochemical nitrogen cycle and widely assumed in isotope mass
balance models (e.g., Algeo et al., 2014; Kipp et al., 2018) to have maintained a constant
isotopic ratio through geologic time.

Lastly, in addition to answering questions about the evolution of atmospheric Ny, the
application of this proxy to the fossil record could provide insight into the longevity of
the cycad-cyanobacterial symbiosis. Many Ns-fixing symbioses are thought to have fairly

ancient origins (Sprent & Raven, 1992), but empirical evidence for their establishment in
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Figure 7.5: Modeled evolution of pN3 over the last 500 Myrs. PAN = present atmospheric
nitrogen, which is 0.79 bar. The model output of Johnson and Goldblatt (2018) has been increased
by 0.02 PAN so that all models finish at exactly 1 PAN. Blue dotted line denotes base model of
Stiieken et al. (2016b); red dotted line denotes model including variable mantle outgassing. Models
disagree on whether pNsy has increased, decreased, or remained constant over the Phanerozoic.
Reconstructing the isotopic composition of Ny over the last ~300 Myrs with fossilized cycad foliage

could perhaps constrain the magnitude of changes during that interval.
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antiquity is typically difficult to derive. While the occurrence of cyanobacterial symbiosis
in all extant species of cycads is consistent with an ancestral origin, the current diversity
of cycad species (within already existing genera) may have been largely generated in the
last ~12 Myrs (Nagalingum et al., 2011). Thus, it is perhaps the case that Ny fixation has
become an obligatory feature of cycad physiology only recently and was not prevalent early
in cycad evolution. This would be evident if fossilized cycad leaves showed highly variable
3'°N values, in contrast to the narrow range observed in all modern environments studied
to date. Therefore, in many ways, the nitrogen isotopic study of carbonaceous cycad fossils

holds promise as a means to learn about nitrogen cycling in ancient environments.
7.6 Conclusions

We have conducted a survey of cycads in three environments across Australia to determine
whether symbiotic Ny fixation allows their foliage to accurately and consistently record the
isotopic composition of atmospheric Ny. Cultured isolates of cyanobionts show fairly small
and consistent isotopic offsets during Ny fixation in vitro (-0.8 + 1.5%0), and isotopic frac-
tionations during transport within cycad tissues appear to be of smaller magnitude, with
homogenized leaves providing accurate assessments of whole-frond 3'N. Furthermore, no
biological or environmental factors caused foliar 3'°N values to fall outside of the range ex-
pected for cyanobacterial Ny fixation. Therefore, cycad foliage seems to provide a robust
archive of atmospheric 55N values. Application of this proxy to the fossil record should note
that the measurement of 3'°N values in non-N,-fixing reference plants can potentially corrob-
orate the inference of N, fixation, but is unable to refute it. Thus, assembly of large datasets
from various units will likely prove critical in generating a robust record of atmospheric 3'°N

values over the last 200-300 Myrs.
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Chapter 8

NITROGEN ISOTOPES IN FOSSIL CYCADS RECORD A
LATE ONSET OF NITROGEN-FIXING SYMBIOSIS

This manuscript is in preparation for submission to Nature Ecology and Fvolution. Co-

authors are Eva Stiieken, Caroline Stromberg and Roger Buick.

8.1 Introductory text

The cycads are an ancient clade of gymnosperms, sometimes referred to as “living fossils”
due to their morphological similarity to their Mesozoic ancestors. While the cycads were
dominant understory flora in the Mesozoic (Taylor et al., 2009), their abundance declined
drastically in the Cenozoic, with extant cycads relegated to a narrow range of tropical and
subtropical habitats. In addition to a decline in abundance, the cycads are also thought
to have undergone rapid speciation in the later Cenozoic (Nagalingum et al., 2011). Many
questions plague our understanding of this transition, including the role of a hallmark of
cycad physiology: Ny fixation. All extant cycads exist in symbiosis with Ns-fixing cyanobac-
teria, which reside in modified root structures and supply nitrogen to the cycads (Costa and
Lindblad, 2002; Lindblad and Bergman, 1990). The universal occurrence of this symbiosis
across the cycads is consistent with an ancient origin in the clade (Raven, 2002); however,
the recognition of recent speciation (Nagalingum et al., 2011) and habitat contraction in the
cycads may point instead to a recent population bottleneck as the explanation for this distri-
bution of Ny-fixing capacity. Here we use nitrogen isotope ratios — a well-established proxy
for studying Ny fixation in modern plant systems (Robinson, 2001; Shearer and Kohl, 1986)
— to probe the antiquity of the cycad-cyanobacterial symbiosis. We find that the organic leaf

residues from ~50 million-year-old cycads in the Eocene Chuckanut Formation show a nar-
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row distribution of nitrogen isotope ratios that is consistent with cyanobacterial Ny fixation,
in contrast to other plants growing in the same habitat. However, older cycad assemblages
show more positive and variable nitrogen isotope ratios, similar to other plants growing in
their midst, suggesting that cycads did not obtain nitrogen via cyanobacterial symbionts in
those settings. These results suggest that No-fixing symbiosis was not prevalent in cycads
during the Mesozoic, but perhaps arose later due to their diminishing ecological role as an-
giosperms came to dominate understory settings and cycads were ousted to nutrient-poor

habitats.
8.2 Main text

Nitrogen is an essential nutrient for all organisms. It can therefore play an important role in
regulating the productivity of both marine and terrestrial ecosystems (Gruber and Galloway,
2008). However, despite its abundance at Earth’s surface as atmospheric Ny, nitrogen is
scarce in many habitats. This is because only relatively few prokaryotes (~15% of phyla;
Dos Santos et al., 2012) — and no eukaryotes — possess the metabolic capacity for splitting the
N molecule and forming bioavailable nitrogen (i.e., “Ny fixation”). Thus, nearly the entire
supply of bioavailable nitrogen to the biosphere flows through these Ns-fixing prokaryotes.

Most plants obtain their nitrogen as nitrate (NO3") or ammonium (NH,™) that is avail-
able for uptake from soil via roots due to the activity of prokaryotes that either fixed atmo-
spheric Ny into bioavailable form or liberated biomass-bound nitrogen for re-use. However,
certain plants have forged direct symbiotic associations with bacteria that are capable of
Ny fixation. These include the nodulating legumes, actinorhizal plants, liverworts and horn-
worts, and the cycads, among others (Rai et al., 2000; Vessey et al., 2005). The ability of
these plants to obtain nitrogen from atmospheric Ny allows them to persist in low-nutrient
soils (Halliday and Pate, 1976) or in the midst of other species that out-compete them for
nitrogen in soil (Bond, 1989).

Given the ability of nitrogen to regulate biological productivity and set the ecological

balance of terrestrial ecosystems, it follows that access to bioavailable nitrogen may have
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played an important role in major evolutionary or ecological events in Earth’s history. A
case study of such a dynamic may be found in the cycads (Division: Cycadophyta), which
are a far more ancient lineage than other plants with N,-fixing symbioses and physiologically

distinct in many respects.

First, cycads harbor cyanobacteria (primarily of the genera Nostoc and Calothriz; Ras-
mussen and Nilsson, 2002) as their symbionts, as opposed to the rhizobia hosted by legumes
or Frankia hosted by actinorhizal plants (Vessey et al., 2005). Additionally, the symbiotic
cyanobacteria reside directly within the cycads’ modified subaerial to shallow subterranean
root structures, known as coralloid roots (Costa and Lindblad, 2002), in contrast to the root
nodules present in other symbioses (Vessey et al., 2005). Further, nitrogen is transported
from cyanobacterial symbionts to cycad hosts in the form of amino acids (glutamine and
citrulline; Pate et al., 1988), in contrast to ammonia (NHj) that is the nitrogen transport
substrate in other symbioses (Vessey et al., 2005). Lastly, active symbiosis with No-fixing
cyanobacteria is observed in all extant cycad species (Costa and Lindblad, 2002; Lindblad
and Bergman, 1990; Raven, 2002), unlike the patchy distributions in other clades, such as
the legumes (Vessey et al., 2005).

For all of these reasons, it seems that N, fixation played an important role in the
evolutionary ecology of the cycad lineage. Specifically, the occurrence of extant cycads in
nutrient-poor soils, where their capacity for Ny fixation enables their persistence (Halliday
and Pate, 1976), stands in stark contrast to their dominance as understory flora in rich fossil
assemblages from the Mesozoic (Taylor et al., 2009). This begs the question: did the cycad-
cyanobacterial No-fixing symbiosis exist during the Mesozoic? The universal occurrence of
N,-fixing symbioses in extant cycads may imply such a scenario (Raven, 2002); however, this
would contradict the observation in modern systems that No-fixation is a costly process only
undertaken when necessary for survival in nutrient-scarce habitats (Rai et al., 2000; Vessey
et al., 2005). On the other hand, if cycads did not forge symbioses with cyanobacteria in the
Mesozoic, when did the symbiosis arise? Further, what environmental or ecological changes

could have promoted such a strategy to be first adopted by cycads, and eventually become
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universally distributed across the clade?

We set out to investigate the role of Ny fixation in cycad evolution by utilizing a proxy
that is well-studied in the modern environment: foliar nitrogen isotope ratios (8'°N). This
proxy is derived from the observation that the foliage of plants obtaining nitrogen directly
from N»-fixing symbionts tends to be distinct from that of plants assimilating nitrogen from
soil (Shearer and Kohl, 1986). Specifically, plants with No-fixing symbionts tend to have
foliar 8'°N values near 0%o, which is the value of atmospheric N,. Since the process of
microbial N fixation only slightly fractionates nitrogen isotopes (typically <2%q relative to
the No source; Wada, 1980; Minagawa and Wada, 1986; Carpenter et al., 1997), plants with
Ny-fixing symbionts tend to have foliar 3'°N values close to the atmospheric value (0%o). In
contrast, bioavailable nitrogen (NO3™ and NH,™) in soils tends to be isotopically variable, and
often enriched relative to atmospheric Ny by several permil (Craine et al., 2015; Shearer and
Kohl, 1986) (3'N >> 0%o). Thus, in a given habitat, No-fixing plants can be distinguished
from non-N,-fixing plants if the former have foliar 5'°N values near 0%o, while the latter
have 8'°N values >> 0%o (Shearer and Kohl, 1986).

While built on straightforward and sound logic, this proxy faces some limitations. First,
isotopic fractionation during transport of nitrogen from symbiont to host can lead to elevated
foliar 35N values in spite of active Ny fixation (Evans, 2001). However, such a process has
not been observed in cycads (Kipp et al., in review), perhaps due to the transport of nitrogen
as amino acids instead of ammonia, the latter of which is more volatile and prone to leakage
from the system with an accompanying isotopic fractionation.

Second, the facultative nature of microbial Ny fixation means that plants may only
periodically receive nitrogen from their symbionts, whereas at other times they assimilate
nitrogen from the soil (Rai et al., 2000). Such oscillations would cause foliar 3'°N values
to integrate the isotopic composition of the two pools (soil and atmospheric Ny), perhaps
leading to elevated 8'°N values in spite of active Ny fixation. All modern cycads studied
to-date have 8'°N values that fall firmly within the range generated by microbial N, fixation
(Kipp et al., in review; Alvarez—Yépiz et al., 2014; Pate and Unkovich, 1999; Yoneyama et al.,
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1993), consistent with cycads in fact receiving most of their nitrogen from their symbionts.
However, if aiming to identify Ny fixation in deep time (as in the present study), it must be
borne in mind that the 8'°N proxy is specifically tracking the physiological and ecological
significance of Ny fixation, not merely the capacity for Ny fixation.

Lastly, in habitats with soil 8'°N values that are close to the atmospheric value (0%o),
plants assimilating nitrogen from the soil will tend to have similar 3'°N values to plants
that are receiving nitrogen from Na-fixing symbionts (Shearer et al., 1983). Such data does
not preclude the possibility that N, fixation is active, but rather makes the 8N proxy
inconclusive in those cases (Kipp et al., in review).

With these limitations in mind, we applied this proxy to a large compilation (n = 121) of
carbonaceous cycad fossils from a variety of localities worldwide spanning the late Paleozoic
through Cenozoic. At four sites where specimens were available, we also analyzed fossilized
foliage from other plants to constrain the integrated 5°N value of plants receiving nitrogen
from the soil.

The data reveal a large range of 3'5N values in ancient cycads (Fig. 8.1), often reaching
higher values than are observed in modern cycads (-2.6 to +1.2%; Alvarez—Yépiz et al., 2014;
Kipp et al., in review; Pate and Unkovich, 1999; Yoneyama et al., 1993). To a first order, this
suggests that cycads were not obtaining appreciable nitrogen from cyanobacterial symbionts
in these settings, particularly throughout the Mesozoic, when they attained their maximum
abundance and diversity. Furthermore, 5N values in fossilized cycads and other non-Ny-
fixing plants from the same Mesozoic units are statistically unresolvable (Fig. 8.2A-C). This
likely reflects the fact that cycads were obtaining nitrogen from the same soil pool(s) as other
plants growing in their midst.

In contrast to the Mesozoic data, cycads (genus: Dioon) from the ~50 Ma Chuckanut
Formation have foliar 3'°N values (mean +0.3 & 0.7, n = 20; Fig. 8.2D) similar to that
of modern cycads. Moreover, non-No-fixing plants growing in the same habitat have signif-
icantly higher (p < 107'%) foliar 3'°N values (mean +2.7 + 1.9%0, n = 18; Fig. 8.2D) that

are reminiscent of nitrogen assimilation from isotopically-enriched soil nitrogen pools. Im-
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recent cycad radiation
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Figure 8.1: 85N values in modern cycads and fossilized cycad leaves over the last ~300
Myrs. Grey band denotes range of values observed in modern cycad leaves. Red band denotes

proposed timing of recent cycad speciation.

portantly, the two populations do not have significantly different foliar C/N ratios (p = 0.74;
Fig. 8.2D), suggesting that the isotopic trend is not an artifact of differential preservation,
but rather is likely primary. This suggests that the cycads in this habitat were receiving a
significant portion of their nitrogen from Ns-fixing symbionts.

The near-zero 5'°N values in the foliage of cycads from the Chuckanut Formation sug-
gest that an Ny-fixing symbiosis was active by ~50 Ma in at least some cycad lineages.
Whether the onset of the symbiosis significantly pre-dates the Chuckanut Formation cannot
be determined using 5'°N data, but notably the fact that most Mesozoic cycad foliage has
elevated 5'°N values suggests that the symbiosis — even if in existence in some cycad linages
— was not widespread at that time. The fact that nitrogen isotopic evidence for No-fixing
symbiosis first appears in cycads in the early Cenozoic may therefore reflect the shift from the
gymnosperm-dominated understory of the Mesozoic (Taylor et al., 2009) to the angiosperm-

dominated world in which gymnosperms were driven into subdued ecological roles (Bond,
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Figure 8.2: 8'°N, 813C and C/N data from cycad
end-Triassic Kap Stewart Fm., (B-C) the late Cretaceous Comox Fm., and (D) the

and non-cycad foliage in (A) the

Eocene Chuckanut Fm. Grey bands denote range of values observed in modern cycad for each

parameter. The disparity in 3'°N values between cycad and non-cycad foliage in the Chuckaunt

Fm. is best explained by significant Ns-fixing symbiosis in the cycads at that time.
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1989), if not to extinction (Knoll, 1986).

The paucity of Cenozoic cycad fossils renders it difficult to assess the timescale on
which Ny-fixing symbiosis became a universal feature of the clade. However, our limited
data from early Miocene cycads show elevated 5'°N values (Fig. 8.1), suggesting a lack
of symbiosis in at least one lineage (genus: Pseudodioon) at that time. The data presented
here are therefore consistent with recent cycad speciation since the late Miocene (Nagalingum
et al., 2011) acting as a bottleneck that gave rise to the universal occurrence of No-fixing
symbiosis in extant cycads. It thus appears that as modern biomes and seasonality became
established, cycads were relegated to semi-arid, nutrient-poor settings where their capacity
for No-fixation has become critical for their survival. This marks a profound ecological shift

since the Mesozoic “Age of Cycads” when they once flourished across Earth’s surface.

8.3 DMethods

8.3.1 Sample collection and preparation

Carbonaceous compressions of cycads and, in some cases, non-cycads growing in their midst,
were obtained from museum collections. All cycad specimens utilized in the study were
previously characterized to the genus level; non-cycads were identified to varying taxonomic
levels as allowed by specimen morphology.

Organic residues were removed from the background rock matrix using one of two meth-
ods. In the majority of cases, the carbonaceous film was separated from the matrix via
abrasion with a razor blade. The blades were wiped with methanol between all samples and
air-dried to avoid cross-contamination. In some samples that were not amenable to handling
with a razor blade, an ultra-fine drill was used to remove a thin layer of organic matter from
the fossil.

Under both protocols, the same method was applied to a portion of the rock matrix
adjacent to the fossil in which no carbonaceous fossil remains were evident. This allowed

a quantification of the background signal that could have potentially be contaminating the
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signal obtained from the isolated fossil material. The concentration of nitrogen (TN, total
nitrogen) in the isolated fossil material was higher than in the background matrix for all
measurements, on average by a factor of 8.6. Similarly, carbon concentrations (TC, total
carbon) were higher in isolated fossil material than the matrix by a factor of 16.8 on average.
These observations lead us to conclude that the methods used for isolating fossilized organic
matter were indeed predominantly capturing the signature of the discrete fossilized specimens

and not disseminated organic matter in the matrix or nitrogen bound in clay minerals.

8.3.2  Analytical protocols

The concentration and isotopic composition of carbon and nitrogen in powders isolated from
fossil and matrix material were measured on a Costech™ ECS 4010 Elemental Analyzer
coupled to a Thermo Finnigan™ MAT?253 continuous flow isotope ratio mass spectrometer
in IsoLab at University of Washington following published protocols (Kipp et al., 2018).
Combustion was carried out at 1000°C with a 20 mL pulse of O,. The resulting gases
were then passed through a reduced copper column held at 700°C to reduce NO, species
to No and scrub excess O, from the gas stream. A magnesium perchlorate trap was then
used to remove water from the gas stream, after which the gases were separated via gas
chromatography and fed into the mass spectrometer via a Thermo Finnigan Conflo III. Raw
isotopic data were corrected using a two-point calibration (Coplen et al., 2006) with three in-
house standards: two glutamic acids (GA1, TC = 40.8%, TN = 9.5%, 5'3C = -28.3%, 5'°N
= -4.6%0; GA2, TC = 40.8%, TN = 9.5%, 8'3C = -13.7%0, 8'°N = -5.7%0) and dried salmon
(SA, TC = 45.7%, TN = 11.8%, d3'3C = -21.3%0, 8'N = +11.3%0), which are calibrated
against international reference materials USGS-40 and USGS-41. Each in-house standard
was analyzed four times per analytical session. Analytical blanks resulting from combustion
were measured and subtracted from nitrogen data; analytical blanks were below detection
limits for carbon. All isotopic data are reported in delta notation relative to air for nitrogen
and Vienna Pee Dee Belemnite (V-PDB) for carbon. The average analytical precision (1o)

of isotopic measurements across all runs, as determined by replicate analyses of in-house
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standard UW-McRae (3'°N = +5.6%0, 5!3C = -37.4%0), was +£0.2%0 for 3N and +0.1%0
for 3'3C. Average precision (relative error) of concentration measurements was +1.7% for

TN and +1.4% for TC.
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CONCLUSIONS

The projects contained in this thesis have each contributed a small piece to our broader
understanding of the co-evolution of life and its environment across Earth’s history. The
studies in Part I all used the selenium paleo-redox proxy in a slightly different context to
understand aspects of Earth’s oxygenation. Chapter 1 showed that selenium was mobile
in surface environments during the GOE, implicating dissolved oxygen levels above critical
eukaryotic thresholds. Chapter 2 showed that selenium mobility was limited in the aftermath
of the GOE, at least in one semi-restricted basin. Intervals of selenium enrichment coincided
with episodes of phosphogenesis, demonstrating a link between redox conditions and the
cycling of macronutrients. Chapter 3 showed that intense basinal restriction can lead to
selenium enrichment and isotopic fractionation patterns that are not representative of global
conditions; such processes can be identified by using supporting major and trace element

datasets along with selenium.

Chapters 4 and 5 each demonstrated how the cycling of major nutrients changed in
tandem with the oxygenation of Earth’s surface environment. Chapter 4 presented a new
model for Precambrian phosphorus limitation that can be tested in future studies of organic-
rich shales. Chapter 5 corroborated inferences drawn from selenium geochemsitry in Chapter
1, and further demonstrated that the surface ocean could have been hospitable to eukaryotes

long before their appearance in the fossil record.

Chapter 6 highlighted a potentially novel way of reconstructing redox conditions in deep
time using C/N ratios; future work to generate coupled datasets with C/N and other redox

proxies will help to determine its sensitivity and utility in various paleoceanographic settings.

Chapters 7 and 8 highlighted a new use of nitrogen isotope ratios to identify nitrogen-

fixing symbiosis in deep time. This not only led to a novel inference about the evolutionary
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ecology of the cycad lineage, but also has opened the door for future work to employ nitrogen
isotope ratios as a tool in the study of fossil plants.

In sum, these projects outline various ways of studying the co-evolution of life and its
environment across a range of temporal and spatial scales. The continued development of
geochemical tools for such invesitgations will surely lead to a richer understanding of this
complex narrative, particularly when multiple approaches are employed in a complementary
fashion. Ultimately, these studies will have served their purpose if they can shed light on our
place in the Cosmos, inform our inferences about the distribution of life on other planets, and
provide examples of past environmental change that both educate us and stir us to action

to carefully manage our species’ impact on its own habitat.



262

Appendix A
CHAPTER 1 - SUPPLEMENTARY MATERIALS

A.1 Geologic Context

A.1.1 Menihek Formation, Upper Labrador Trough (ca. 1.85 Ga)

The Menihek Formation of the Labrador Trough in eastern Canada is the youngest division
of the Knob Lake Group and overlies the ca. 1.88 Ga Sokoman Iron Formation (Findlay et
al., 1995; Machado et al., 1997). It was deposited in a deep-water setting along the eastern
margin of the Superior craton. Hoffman (Hoffman, 1987) regarded this unit as foreland
basin fill; however, correlative units along the southern margin of the Superior craton in
the Animikie basin are considered to have been deposited in a back-arc basin (Schulz and
Cannon, 2007). Regardless of the exact tectonic setting, this formation was deposited in
a deep-water, open-marine environment. The Menihek Formation consists of organic-rich,
sulfidic, thinly laminated, fissile shales, slates and siltstones more than 300 m in thickness
(Dimroth, 1972, 1970; Zajac, 1974). The contact with the underlying granular iron formation
is sharp with locally developed conglomerates. The sampled drill-core, 12-HR-1322D, is from
the Howse River area. The age of ca. 1.85 Ga places deposition of the Menihek Formation

>200 Myrs after the end of the Lomagundi carbon isotope excursion (Bekker, 2014).

A.1.2  Union Island Group, Canada (ca. 2.1-2.0 Ga)

The Union Island Group in the southwestern region of the Fast Arm basin in the Great
Slave Lake area is now considered to be the lowermost unit of the Paleoproterozoic cover
succession deposited on the margin of the Slave craton (Sheen et al., 2016), in contrast to

previous interpretations (Hoffman, 1988, 1968; Hoffman et al., 1977; Kjarsgaard et al., 2013).
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The age of the group is poorly constrained, but is younger than the 2217 + 4 Ma Simpson
Islands dikes that intrude the Archean basement but not the Union Island Group (Hoffman,
1988; Thorstad, 1976; Mumford et al., 2012), and older than the unconformably overlying
ca. 1.86 Ga Sosan Group (Hoffman, 1988; Kjarsgaard et al., 2013). The group has been sub-
divided (Goft, 1984; Hoffman et al., 1977; Thorstad, 1976) into the following from the base
to the top: 1) a lower massive dolostone, locally underlain by quartzite and/or quartz peb-
ble conglomerate, which rests on Archean granitic basement and a well-developed regolith;
2) organic-rich and sulfidic mudstone with decimeter-thick carbonate beds; 3) alkaline to
sub-alkaline, asthenosphere-derived and crustally uncontaminated basalts with flows, flow
breccia, pillows, and pillow breccia; 4) well-bedded and laminated upper dolostone with thin
red mudstone beds at the top and locally developed, sub-alkaline pillow basalts; and 5) red
and green laminated mudstone with soft-sediment deformation structures. Deposition was
below the wave- and storm-base and possibly the photic zone for the most of the succession
with the exception of the upper part of the unit 4 and unit 5. Carbonates of the first and
second units have highly positive carbon isotope values, comparable to carbonates deposited
during the Lomagundi carbon isotope excursion, whereas carbonates of the fourth unit have
carbon isotope values close to 0%0 V-PDB. We therefore consider that the black shales an-
alyzed in this study — collected from the second unit — were deposited in the aftermath of
the Lomagundi carbon isotope excursion, after ca. 2.11-2.06 Ga (Karhu and Holland, 1996).

Samples were collected from outcrops on Union Island.

A.1.3 Zaonega Formation, Karelia, Russia (ca. 2.1-2.0 Ga)

The Zaonega Formation of Karelia, Russia comprises a 1500 m thick sequence of basaltic
tuffs, siltstones, mudstones, and cherts. The Upper Zaonega sub-formation contains the
majority of the organic-rich shales in the Zaonega Formation (Medvedev et al., 2001). It is
from these horizons that samples were selected for Se analysis.

The minimum age of the Zaonega Formation is constrained by dolerite sills that are

thought to be co-magmatic with volcanics of the overlying Suisar Formation, and yield U-Pb
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ages of 1983 + 6.5 and 1984 + 8 Ma (Filippov et al., 2007). In the Onega Basin, the Zaonega
Formation lies disconformably above the Tulomozero Formation, which contains isotopically
heavy carbonates (>+410%0 613C) — consistent with deposition during the Lomagundi car-
bon isotope excursion (Bekker, 2014). A carbonate Pb-Pb age of 2090 + 70 Ma for the
Tulomozero Formation (Ovchinnikova et al., 2007) suggests that the Zaonega Formation was
deposited during the latest stages of the GOE/LE (ca. 2.11-2.06 Ga(Karhu and Holland,
1996). This is further supported by smaller carbon isotope enrichments seen in carbonates
of the Lower Zaonega sub-formation than in the Tulomozero Formation (up to +7.9%0 8'3C;
refs. 4, 5).

Samples analyzed in this study come from three drill cores: 13A, 5190 and 175. Core
13A was drilled in the Onega Basin as part of the Fennoscandia Arctic Russia-Drilling Early
Earth Program (FAR-DEEP). These cores have been studied for C, N, Mo and U isotopes
as well as Fe speciation (Asael et al., 2013; Kump et al., 2011). The C isotope trends were
used to identify the Shunga-Francevillian anomaly (Kump et al., 2011), and were argued
to reflect a widespread decrease in environmental oxygen levels in the wake of the GOE.
While post-depositional alteration rendered the Fe speciation data difficult to interpret, Mo
isotopes corroborated the story of deoxygenation (Asael et al., 2013), suggesting deposition
in a euxinic environment connected to a largely anoxic global ocean.

Cores 5190 and 175 have been studied for C, S and Mo isotopes, as well as Fe speci-
ation. Multiple S isotope systematics have been interpreted as reflecting a smaller marine
sulfate reservoir during deposition of the Zaonega Formation than during the Lomagundi
excursion (Scott et al., 2014). Fe speciation data suggest that these units were deposited in

an environment that was transiently euxinic (Scott et al., 2014).

A.1.4 FC Member, Francevillian Series, Gabon (ca. 2.1 Ga)

The unmetamorphosed Paleoproterozoic Francevillian Basin developed on the Archean
Chaillu Block (Congo craton). Its tectonic setting is still debated with interpretations rang-
ing from intracratonic basin (Weber, 1968) to foreland basin (Thieblemont et al., 2009).
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Regardless of the tectonic setting, the basin was open to the global ocean. The Francevillian
Series hosts carbonates recording the Lomagundi carbon isotope excursion and organic-rich
shales with highly negative carbon isotope values linked to the Shunga-Francevillian anomaly
(Gauthier-Lafaye and Weber, 2003; Préat et al., 2011). The age of the Francevillian Series
is best constrained by a U-Pb SHRIMP age for the welded tuff at the top of the FD member
of 2083 + 6 Ma (Gauthier-Lafaye, 2006; Horie et al., 2005). Black shales suggest deposition
under anoxic and even euxinic conditions based on Fe speciation and Mo concentrations and
isotope ratios (Canfield et al., 2013; El Albani et al., 2010; Scott et al., 2008); whereas sulfur
and iron isotope values of diagenetic pyrites indicate access to large sulfate and dissolved Fe
reservoirs (El Albani et al., 2014, 2010). The sampled interval in the drillcore LST-12 col-
lared in the Lastoursville sub-basin belongs to the FC Member and straddles the end of the
Lomagundi carbon isotope excursion. The FC Member in this drillcore contains organic-rich
and sulfidic shales, grey massive carbonates, and cherts. Deposition was likely below wave-
base and the photic zone. Sediments passed through the oil and gas windows and migrated,

solidified pyrobitumen is present in the drillcore.

A.1.5 Hautes Chutes Formation, Lower Labrador Trough (ca. 2.1 Ga)

The Hautes Chutes Formation is the lowermost unit of the Swampy Bay Subgroup, and
immediately overlies carbonates of the Pistolet Subgroup (Uve and Alder formations) that
have highly positive carbon isotope values recording the Lomagundi carbon isotope excursion
(Melezhik et al., 1997). The age of this unit is between 2169 4+ 2 Ma, an age of the granophyre
dike that intrudes the underlying Seward Subgroup but not the Swampy Bay Subgroup
(Rohon et al., 1993), and ca. 1.88 Ga, the age of the overlying Sokoman Iron Formation
(Findlay et al., 1995; Machado et al., 1997). It was deposited on the passive margin along the
eastern boundary of the Superior craton and consists of up to 100 m of graphitic, pyritiferous,
thinly laminated slate (Dimroth, 1978). The samples were collected from the drillcore 12-
LR-1036D that was collared in 2012 in the Lake Raitche area.
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A.1.6 Sengoma Argillite Formation, Bushveld Basin, S.E. Botswana (ca. 2.2-2.1 Ga)

The Sengoma Argillite Formation (SAF) was deposited in an offshore, open-marine environ-
ment on the Kaapvaal craton (Rouxel et al., 2005). Deposition evidently occurred during
the Lomagundi carbon isotope excursion (Bekker, 2014), as evidenced by highly *C-enriched
carbonates occurring above and below the SAF (Bekker et al., 2008; Schidlowski et al., 1976).
While there are no direct geochronologic constraints on the timing of SAF deposition, the
2.05-2.06 Ga age of the unconformably overlying Rooiberg Group and intruding Bushveld
Complex confirm the inference that deposition occurred before the termination of the LE
(Olsson et al., 2010; Walraven, 1997). Thus, a depositional age of 2.2-2.1 Ga has previously
been inferred for the SAF (Bekker et al., 2008; Scott et al., 2014). Studies of organic carbon
isotopes in the SAF have shown a large offset between 8'*Ccarb and 5!3Corg, implying a
redox-stratified ocean that supported vigorous secondary production below the chemocline
(Bekker et al., 2008). Fe speciation data suggest that the SAF was deposited under mostly
euxinic conditions (Scott et al., 2014), but S isotope systematics indicate that the marine
sulfate reservoir had expanded considerably (Scott et al., 2014), consistent with studies of S

isotopes in carbonate-associated sulfate (Planavsky et al., 2012).

A.1.7 Wewe Slate, Chocolay Group, Marquette Range Supergroup (ca. 2.2-2.1 Ga)

The Wewe Slate is in the uppermost Chocolay Group, and is unconformably overlain by the
1874 + 9 Ma Menominee Group (Fralick et al., 2002). The Kona Dolomite conformably
underlies the Wewe Slate, and contains isotopically enriched carbonates (up to +9.5%0 8'3C)
associated with the Lomagundi carbon isotope excursion (Bekker, 2014; Bekker et al., 2006).
In the Marquette Range of Michigan, the Kona Dolomite lies in unconformable contact
with the Menominee Group, indicating the limited geographic extent of the Wewe Slate
and suggesting that it was deposited during an episode of basin-deepening (Bekker et al.,
2006). A maximum age is derived from detrital zircon U-Pb ages of 2288 + 15 Ma for the

Enchantment Lake Formation in the lowermost Chocolay Group (Vallini et al., 2006). The
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lack of tight chronological constraints allows for a wide range of possible ages for the Wewe
Slate; however, conformable contact with the underlying Kona Dolomite and cross-basinal
correlations with other portions of the Marquette Range Supergroup suggest that an age of
ca. 2.2-2.1 Ga seems most likely (Bekker et al., 2006). The Bear Creek Hole 35, drilled by
Cleveland Cliffs Iron Co., was sampled for this study.

The Wewe Slate was predominantly deposited below normal wave base, but starved rip-
ples suggest occasional sediment delivery by strong currents resulting in erosion overwhelming
sediment supply. Additionally, the conformably underlying stromatolitic Kona Dolomite and
mature Mesnard Quartzite indicate their deposition in a tidally-influenced shallow-marine
environment (Larue, 1981). Thus, it seems possible that the Wewe Slate was deposited in a
nearer-shore environment than the other shales analyzed in this study. This interpretation
is supported by the lower TOC and TSe contents of the Wewe Slate compared to the other
formations studied here (Table A.1). Deposition in a near-shore environment could have
allowed the Wewe Slate to capture a different Se isotope signal than the outer shelf environ-
ments that were sampled in the other formations studied here. Accordingly, both extremely
negative and extremely positive 5%%/78Se values are seen in a relatively short section of the
Wewe Slate core profile (Fig. A.1). The lack of a trend across the core profile suggests that
these different values do not reflect secular evolution of the depositional environment (see

main text for discussion).
A.2 DMass-dependent fractionation of selenium isotopes

Due to the geochemical similarity of selenium and sulfur, it was once hypothesized that
selenium compounds might have been subject to significant mass-independent fractionation
early in Earth’s history (Stiieken, 2017; Stiieken et al., 2015). Subsequent work has found
no evidence for significant mass-independent fractionation of selenium isotopes (Stiieken et
al., 2015). This dataset also displays no mass independent fractionation (Fig. A.2). All
deviations from the mass-dependent fractionation lines can likely be explained via residual

isobaric interferences (Stiieken et al., 2013).
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Figure A.1: Core profile of Wewe slate. Solid points represent averages of multiple measure-
ments on a single sample; crosses are samples that had insufficient Se for isotopic analysis. Error
bars in Se, Se/TOC and TOC plots are omitted because they are smaller than points. No trend is
seen in either 3%2/78Se or TSe, suggesting that no secular change in redox or depositional environ-
ment caused the spread of values. Rather, a depositional environment that straddled a chemocline
with fluctuating depth could have experienced both non-quantitative and quantitative Se oxyanion
reduction, causing the occurrence of very negative and very positive 352/78Se values in <100 m of

core. See text for discussion.
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Figure A.2: Three-isotope diagrams of 5%2/7%Se vs. 582/78Se (left) and 582/77Se vs.
582/78Se (right). Error bars are lo; trend lines are plotted for mass-dependent fractionation
(MDF). All samples display mass-dependent fractionation, with any deviations from the MDF lines

likely deriving from residual interferences (see Stiieken et al., 2013 for discussion of method and

corrections for isobaric interferences).
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Appendix B
CHAPTER 4 - SUPPLEMENTARY MATERIALS

B.1 Electron acceptor compilation

B.1.1  Ozygen

Dissolved oxygen levels were constrained either by proxies that are sensitive to particular
levels of dissolved oxygen, or by scaling estimates of atmospheric oxygen levels to dissolved
oxygen according to Henry’s Law (where pOy = 0.21 bar gives an equilibrium concentration
of 325 nM).

Atmospheric oxygen levels prior to the Great Oxidation Event (GOE) are constrained
by the record of mass-independent fractionation of sulfur isotopes (MIF-S) (Farquhar et
al., 2000). Modeling of this signal imposes an upper limit on pO, of less than 10 PAL
(present atmospheric level, i.e. ~0.21 bar) (Pavlov and Kasting, 2002), which equates to
3.25 nM dissolved oxygen in the surface ocean. Oxygen oases containing up to 1-10 pM
dissolved oxygen have been proposed for the late Archean (Olson et al., 2013), however,
these oases are thought to have been limited in spatial extent and thus the persistence of the
MIF-S signature through the Archean can be taken as more representative of global oxygen
levels. Even if surface ocean oxygen levels were persistently enriched above equilibrium with
atmospheric levels, these concentrations would contribute minimally to global P regeneration
(see below).

During the proposed “oxygen overshoot” associated with the GOE (Bekker and Holland,
2012), evidence from iodate concentrations in carbonates (Hardisty et al., 2014) and selenium
isotope fractionations (Kipp et al., 2017) suggest that surface ocean oxygen concentrations
were at least ~1 pnM. While it has been suggested that atmospheric oxygen levels perhaps
approached modern values during the “oxygen overshoot” (Bekker and Holland, 2012), there
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is so far no compelling evidence for such an extreme increase in ambient oxygen. We adopted
5 nM as a conservative estimate of dissolved oxygen from 2.3-2.1 Ga.

After the “oxygen overshoot”, pO, is thought to have dropped to below 10-* PAL on the
basis of unfractionated chromium isotopes in iron formations (Planavsky et al., 2014) and
shales (Cole et al., 2016). This estimate has been challenged by a study that found vanadium
depletion in organic-rich shales deposited at 1.4 Ga (Zhang et al., 2016), and argued that
this reflects suboxic bottom waters under atmospheric oxygen levels of ~4% PAL. In spite
of the disagreement about precisely how much oxygen was in the atmosphere and surface
ocean during the mid-Proterozoic, the range of values being proposed (0.1-4% PAL) yields
minor phosphorus liberation at both the lowest and highest estimates (0.002-0.075 uM P).
We adopted the chromium constraint for our preferred model, but note that new evidence
for higher mid-Proterozoic oxygen could slightly shift these values. However, it is unlikely
that new constraints would significantly change the model output, which consistently shows
a small contribution of aerobic respiration to phosphorus recycling (<0.1 pM) before the
latest Proterozoic.

It was not until the late Neoproterozoic that atmospheric oxygen began to approach
modern levels, and this transition may have been protracted across the early Paleozoic (Sper-
ling et al., 2015). We estimated Phanerozoic oxygen levels following the GEOCARBSULF
model (Berner, 2006). While there remains some dispute as to which model most accurately
captures the dynamics of pOs over the Phanerozoic, the discrepancies between models do

not change our major conclusions.

B.1.2 Nitrate

Marine nitrate concentrations are related to water column redox state, however, the limiting
nature of nitrogen as a macronutrient in the marine environment (Tyrrell, 1999) prevents
nitrate from building up to substantial levels, even in the oxygen-rich world of the Phanero-
zoic. Nitrate concentrations in the modern ocean approach ~30 pM (Levitus et al., 1993)

in regions of nutrient regeneration (i.e., nutrient-rich deep waters and upwelling zones), and
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we therefore consider this as an upper limit on surface ocean nitrate levels from the onset of
persistent aerobic nitrogen cycling during the GOE (Sttieken et al., 2016). Nitrogen isotope
data suggest that nitrate did not accumulate in appreciable levels in the oceans during the
early- and mid-Archean (Stiieken et al., 2015), and only transiently during the late Archean
(Garvin et al., 2009; Godfrey and Falkowski, 2009). We therefore considered nitrate to
be absent from the oceans prior to 2.7 Ga, at which point it increased to perhaps ~1 pM
(globally averaged). Our preferred nitrate abundance curve reaches modern levels during the
GOE, after which it diminishes to 10 pM during the mid-Proterozoic, when there is isotopic
evidence for nitrate limitation in offshore environments (Koehler et al., 2017; Stiieken, 2013),
and returns to modern levels in the Neoproterozoic. While these estimates remain only qual-
itatively constrained, the contribution of nitrate respiration to phosphorus liberation is small
compared to aerobic respiration and sulfate reduction, and therefore changing between our

upper and lower limits does not impact our ultimate conclusions.

B.1.3  Manganese

Manganese (Mn) has multiple oxidation states, and can serve as a strong oxidizing agent in
the natural environment. In aqueous environments, Mn typically occupies the +II or +1V
oxidation state, the latter of which is insoluble. As such, the secular increase in oxygen
content of Earth’s surface environment has likely been accompanied by a decline in the Mn
content of the ocean (Saito et al., 2003).

Dissolved Mn™! is present at a concentration of ~1 nM in modern seawater (Chester
and Stoner, 1974; Klinkhammer and Bender, 1980), and the dominant oxidized Mn species
(particulate MnOs) has a correspondingly short residence time in seawater due to its rela-
tively rapid settling out of the water column (Landing and Bruland, 1987). As such, Mn
does not significantly impact organic remineralization or P liberation on a global scale [al-
though in local environments it can play a substantial role (Canfield et al., 1993)]. While
empirical constraints on Precambrian Mn concentrations are lacking, modeling work (Saito

et al., 2003) has estimated that concentrations were slightly higher than modern in the more
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reducing oceans of the Archean and Proterozoic. We therefore adopted the estimate of 1-10
nM (Saito et al., 2003) for Precambrian levels, with 10 nM as our preferred value. At these

levels, Mn remains a negligible contributor to global P liberation.

B.1.4 Iron

The concentration of dissolved iron and persistence of ferruginous conditions in the Pre-
cambrian has long been the subject of geochemical scrutiny; however, precise empirical con-
straints on iron concentrations remain difficult to obtain. Holland estimated that Archean
and early Paleoproterozoic ferrous iron concentrations were 40-120 pM (Holland, 1984, 2003;
Canfield, 2005). This range corresponds to the concentration of ferrous iron at saturation
with respect to siderite and calcite, assuming a range of calcium concentrations similar to
Phanerozoic values. The absence of considerable siderite in Archean carbonates would seem
to suggest that ferrous iron concentrations were well below this value. If calcium concen-
trations were in fact higher in the Archean, as recent models have considered (Jones et al.,
2015), and atmospheric COs levels were considerably higher than modern (Haqq-Misra et
al., 2008), then the corresponding iron concentrations at siderite and calcite saturation could
have been even lower. Still, we adopted the higher end of this range as our preferred value
in order to remain conservative in our calculations.

Recent work has introduced additional complexity to the picture of Archean seawater
Fe levels. Some have challenged these constraints on the basis that precipitation kinetics
are much slower for siderite than for calcite (Derry, 2015); in order to achieve similar pre-
cipitation rates for calcite and siderite, some experiments have shown that the saturation
state of siderite needed to be ~3 orders of magnitude higher than calcite (Jimenez-Lopez
and Romanek, 2004). The threshold for ferrous iron concentrations imposed by the lack of
considerable siderite in Archean carbonates may thus be much higher than estimated above.
However, siderite precipitation may still have played a role in determining dissolved iron con-
centrations. The abiotic precipitation of calcite from seawater tends to occur when the degree

of supersaturation exceeds ~20 (Lee and Morse, 2010), whereas siderite tends to require ~50
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times supersaturation (Bruno et al., 1992). Recent workers have compared the upper lim-
its on ferrous iron concentrations imposed by kinetically-inhibited siderite precipitation to
upper limits imposed by reduced iron-silicate minerals (Halevy et al., 2017; Tosca et al.,
2016). This work has shown that requiring ~60 times supersaturation for siderite formation
generates approximately the same upper limit as would be imposed by the precipitation of
greenalite from seawater, which is ~1 mM (Tosca et al., 2016). However, more recent model-
ing has suggested that “green rust” — a metastable, ferrous-ferric mineral — could have been
precipitated more efficiently from Archean seawater than greenalite (Halevy et al., 2017),
perhaps implying that ferrous iron concentrations could have been well below the 1 mM
upper limit proposed based on greenalite solubility. In either case, the reported discovery of
primary iron-silicate phases in BIFs would seem to support the notion that ferrous minerals
did in fact precipitate from seawater in the Archean and contribute to BIF deposition in
at least some environments (Rasmussen et al., 2013, 2015). The emerging view now holds
that there may have been differences in primary mineralogy among BIFs deposited in deeper
versus shallower environments (Konhauser et al., 2017). In order to allow for all possibilities
in our model scenarios, we have generated our Archean model outputs as a function of iron
availability ranging up to the 1 mM greenalite constraint.

Assuming that all of this ferrous iron could be upwelled onto continental shelves and
quantitatively oxidized to ferric iron, this can be used as an upper limit on ferric iron con-
centrations (Canfield et al., 2006). It is important to note that phototrophic oxidation of
ferrous iron does not add to the net supply of oxidants for P recycling, because phototrophic
organisms consume P at first instance. In principle, the same is true for chemotrophic Fe?"
oxidation with Oy or NO3™. However, the O, and NOj3™ concentrations that we used in our
model (Section 4.2.1) are equilibrium values after reaction with Fe?*. The Fe*" generated
in those reactions can therefore enter the equation. Our approach of allowing all dissolved
Fe?* to convert to Fe3t is highly conservative. Abiotic photochemical Fe?* oxidation is
presumably of minor importance (Konhauser et al., 2007a), though again this pathway is

accounted for in the equilibrium concentrations used in our calculations. To constrain ferric
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iron concentrations after the cessation of substantial BIF deposition at 1.8 Ga, we follow the
model of Saito et al. (2003), which estimated ~100 nM levels for the mid-Proterozoic and
~1 nM levels for the Phanerozoic, which is consistent with observations in the modern ocean

(Chester and Stoner, 1974).

B.1.5 Sulfate

Sulfate is a major ion in modern seawater, with a concentration of ~28 mM. Paleo-
concentrations of sulfate in the surface ocean are estimated primarily using sulfur isotope
geochemistry, including multiple sulfur isotope systematics and the rate of change of sulfur
isotope values along stratigraphic profiles. These studies have generated a record of Phanero-
zoic sulfate concentrations that fluctuate in the mM range (Algeo et al., 2015), as well as
several constraints from the Precambrian.

Early constraints on Archean sulfate concentrations were derived from the observation
of minimal sulfur isotope fractionation during sulfate reduction in cultures with sulfate con-
centrations <200 nM (Habicht and Canfield, 2001). The muted isotopic variability of sulfur
in sedimentary sulfides prior to the GOE is thus compelling evidence for surface ocean sul-
fate concentrations below this threshold (Habicht et al., 2002). However, new insights into
sulfur isotope systematics have successively pushed this limit lower. Data from Neoarchean
volcanogenic massive sulfides were used to generate an estimate of ~80 pM sulfate at this
time, with a probability distribution encompassing 0 uM to 175 pM (Jamieson et al., 2013).
More recently, studies of modern analog environments and new Neoarchean sulfur isotope
stratigraphy have established an upper limit of <10 pM and a maximum likelihood esti-
mate of 2.5 pM (Crowe et al., 2014; Zhelezinskaia et al., 2014) which we adopted for our
calculations.

During the GOE, it has been argued that the marine sulfate reservoir expanded coin-
cident with the proposed “oxygen overshoot” event (Planavsky et al., 2012; Schroder et al.,
2008; Scott et al., 2014), perhaps reaching near-modern levels (5-20 mM) before contracting
in the aftermath of the GOE. In the mid-Proterozoic, estimates range from 100-350 pM
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(Luo et al., 2015) to 1-4 mM (Kah et al., 2004). We adopted a value of 10 mM during the
GOE, and subsequent return to 350 pM in the mid-Proterozoic. From the mid-Proterozoic
onward, sulfate levels steadily increase to ~2 mM in the later Proterozoic, and higher in the
Phanerozoic. While there is not yet a clear consensus regarding a preferred secular trend, we

considered the entire range of the most recent estimates to derive our uncertainty interval.
B.2 Soluble vs. insoluble electron acceptors

Unlike the other electron acceptors in our calculation, both Mn and Fe are less soluble in
their oxidized states than reduced states (Stumm and Morgan, 1981). For this reason, their
cycling within the ocean system is considerably different. Both Mn and Fe are transported
to the ocean by fluvial, aeolian, and hydrothermal processes (Landing and Bruland, 1987;
Klinkhammer et al., 1977, 1985), with fluvial inputs dominating the modern flux (Canfield,
1998; Landing and Bruland, 1987). Upon reaching the ocean, Mn and Fe oxides have a short
residence time. It is estimated that ~95% of riverine Fe and ~25-45% of riverine Mn are
oxidized into reactive particulates during fluvial transport and estuarine mixing (Sholkovitz,
1976, 1978). Abundance profiles moving offshore show relatively quick removal of Fe and
Mn from the water column and settling into sediments (Landing and Bruland, 1987). Thus,
while these oxidized particulates are highly reactive toward organic matter, their oxidative
capacity is spatially limited to sediments near riverine sources. Furthermore, as the dissolved
phases tend to flocculate upon oxidation (Sholkovitz, 1978), the oxidizing potential becomes
restricted to particle surfaces, meaning that the net oxidative capacity is lower than would
be predicted by bulk concentrations. In the Precambrian, the hydrothermal Fe and Mn
sources may have dominated (Kump and Seyfried, 2005), and oxidation may have occurred
primarily in upwelling zones, perhaps represented by banded iron formations on continental
shelves (Bekker et al., 2010). But in any case, the observations from modern rivers illustrate
the short reach of iron oxides as biomass oxidants.

In our calculations, we have treated insoluble and soluble electron acceptors equally

for the sake of simplicity and in order to generate a conservative upper limit on potential P
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recycling. In reality, an accurate consideration of net organic remineralization achieved by Fe
and Mn would require more detailed chemical modeling than is the goal of this calculation.
However, because we have operated on the conservative assumption that all dissolved Fe
and Mn in the ocean system could be oxidized, and quantitatively used to oxidize organic
matter, the net amount of P recycling we are attributed to these electron acceptors is likely
an over-estimate of the real amount. Thus, we find this treatment of insoluble electron
acceptors to be sufficient for the purposes of our calculations (which is to demonstrate the
maximum possible amount of P recycling in the Precambrian oceans), despite being an

over-simplification of the operating chemistry.
B.3 Constraining the contribution of organic disproportionation reactions

When the supply of electron acceptors becomes depleted, biomass can continue to be de-
graded through organic disproportionation reactions that do not utilize dissolved electron
acceptors. Instead, these reactions can split organic molecules with no net change in oxida-

tion state. A common example is heterotrophic methanogenesis, with the net reaction:

Additionally, fermentative reactions can split organic matter and produce hydrogen in the

process:

2C Hy0 + 2H,0 — 200, + 4H, (B.2)

which can then be utilized to fuel autotrophic methanogenesis:

All of these reactions can contribute to P liberation, and are hereafter referred to simply as
“methanogenesis” since the net outcome of the proliferation of these metabolic pathways is

the production of biogenic methane.
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In the modern ocean, methanogenesis is not thermodynamically favorable in the water
column (Reeburgh, 2007), but can become significant at depth in sediments, particularly
where settling rates of organic material are high. However, its spatial restriction and limited
supply of substrate make methanogenesis a minor player in the recycling of P within the
modern ocean. Canfield estimated that the net contribution of methanogenesis to organic
remineralization is 5-10 times less than that of sulfate reduction, which itself sustains only
8-14% of total biomass recycling (Canfield, 1993). Scaling this output to modern P recycling
rates generates a modern methanogenic P recycling flux of 0.008-0.028 pM, with a mean of
0.018 uM.

In order to scale this value for the Precambrian, we compare modern methanogenesis
rates in marine sediments [20 Tmol/yr (Reeburgh, 2007)] to proposed values for the late
Archean [96 Tmoly/yr (Izon et al., 2017)], which is thought to have been a time of vigorous
methanogenesis on the basis of extreme depletion in the carbon isotopic composition of
organic matter in late Archean sedimentary rocks (Fig. 4.1B). Thus, by scaling to this
interval, we are making the most conservative assumption regarding the possible impact
of methanogenesis on P recycling. Multiplying the modern value (0.018 pM) by a scaling
factor of 4.8 (96/20) gives a P regeneration flux of 0.086 pM. This is our upper limit on
Precambrian P recycling by methanogenesis, and we conservatively apply this value to the
entirety of the Precambrian, even though the late Archean was likely a time of exceptionally
vigorous methane production. Furthermore, if the higher biogenic methane flux in the late
Archean in fact came predominantly from autotrophic methanogenesis that utilized a higher
Hy flux than is present on the modern Earth, we would be considerably over-estimating the
methanogenic contribution since most autotrophic methanogenesis on the modern Earth is
fueled by fermentation-derived Hy (Reaction B.2), which requires biomass degradation for
its production. In light of this assessment, it seems that methanogenesis could have had a
non-negligible impact on P recycling in the Archean, but likely could not have overcome the

inhibition of P recycling at this time.
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B.4 Interpreting the proxy record

Testing the limited-recycling model will require careful interrogation of the sedimentary
record. To date, most empirical studies of P in ancient marine sedimentary rocks have
focused on iron-oxide rich sedimentary rocks (Bjerrum and Canfield, 2002; Jones et al., 2015;
Planavsky et al., 2010); more recently siliciclastic sedimentary rocks have been targeted as
well (Reinhard et al., 2017). These records have both been used to argue for low P levels
in the Precambrian (Bjerrum and Canfield, 2002; Jones et al., 2015; Reinhard et al., 2017),
though extracting quantitative estimates of P levels has remained contentious (Konhauser
et al., 2007b; Poulton, 2017). Here we consider the Fe-oxide and shale records through the
lens of the limited-recycling model.

By carefully considering the environmental chemistry in the depositional sites, P/Fe ra-
tios in iron-rich sedimentary rocks can be used to generate estimates of dissolved P levels at
the time of deposition (Feely et al., 1998; Poulton and Canfield, 2006). The first such work
in a Precambrian context focused on Archean and late Paleoproterozoic banded iron forma-
tions (BIFs), with results implying significantly lower marine P levels (Bjerrum and Canfield,
2002). While this interpretation hinges on several assumptions about paleo-seawater compo-
sition (Konhauser et al., 2007b), the latest modeling and experimental work has suggested
that the original interpretation of low P remains valid (Jones et al., 2015).

Unfortunately, the record of BIFs is discontinuous, and is tied to the very chemical
conditions that are thought to be conducive to low P levels (anoxic oceans with possibly
limited biomass recycling, as well as potentially vigorous Fe-scavenging). Thus, it may be
unsurprising that these archives persistently generate estimates of low marine P levels. The
BIF record compellingly shows that P was fairly low in the late Archean and in the aftermath
of the “oxygen overshoot” of the Paleoproterozoic [after ~2.06 Ga]. Our model is entirely
consistent with these observations, and in fact invokes higher P in the gaps of the BIF record,
i.e. during oxygen overshoot [~2.32-2.06 Ga (Bekker and Holland, 2012)] and in the later

Proterozoic. Thus, the BIF record may not be a suitable place to test the limited-recycling
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model.

In search of a more ubiquitous lithology, Reinhard et al. (2017) assembled a database
of P abundances in marginal marine siliciclastic sedimentary rocks (Fig. B.3). The record
of these sediments is much more continuous, even despite the generally sparse nature of
the Precambrian rock record. The interpretation of this dataset favored by Reinhard et
al. (Reinhard et al., 2017) was that the significant increase in P concentrations in these
sedimentary archives in the latest Proterozoic coincided with the termination of effective
Fe-scavenging, which was limiting the size of the P reservoir throughout most of the Pre-
cambrian. Alternatively, it is possible that at times, the limited P enrichment in these rocks
is a result of limited recycling of biomass-bound P. There is a small, but statistically signif-
icant spike in the P content of marine sediments during the GOE (Fig. B.3), as well as a
decrease in C:P ratios (Fig. B.3). This could be a result of more oxidizing conditions in the
oceans, with greater rates of P recycling, a larger P reservoir, and thus greater contribution
of authigenic P to the total P content of marine sedimentary rocks, causing C:P ratios to
be lower than “Redfield” values. The return to lower P levels and higher C:P ratios in the
aftermath of the GOE may be signal of a return to low-P conditions, although whether this is
due to Fe-scavenging or limited recycling is not discernible with these data alone. Given the
available data, though, the changes seen across the GOE seem indicative of an over-arching

redox control of P cycle behavior.
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Figure B.1: Estimated annual fluxes of C, N and P and O2 consumption as a function
of depth. Modified after Figure 6 in Martin et al. (1987). C and N curves were derived from
normalized power functions used to fit data obtained in Martin et al. (1987). P curve was generated
by stoichiometrically converting the C curve based on published estimate of preferential release
coefficient (Sarmiento et al., 1988). Og curve was generated assuming 1:1 O9:C net stoichiometry

of aerobic respiration (Canfield et al., 1993).
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Figure B.2: Box model schematic. (A) shows Os-only model, from (Sarmiento et al., 1988);

(B) shows modified Precambrian model including anaerobic oxidation pathways.
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Figure B.3: Phosphorus concentrations (top) and organic carbon:phosphorus ratios
(bottom) in marginal marine siliciclastic sedimentary rocks (Reinhard et al., 2016).
Black bars in top panel show average values within age bins (pre-GOE, >2.45 Ga; GOE, 2.45-
2.06 Ga; post-GOE, 2.06-1.4 Ga; late Proterozoic, 1.4-0.72 Ga; modern, <0.72 Ga). Grey shaded
regions mark the “oxygen overshoot”, where our model predicts higher marine P levels. Dotted line

in bottom panel shows modern Redfield C:P ratio.
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Appendix C
CHAPTER 5 - SUPPLEMENTARY MATERIALS

C.1 Unit descriptions

C.1.1  Turee Creek Group (ca. 2.45-2.42 Ga)

The Turee Creek Group is located on the Pilbara Craton of Western Australia and formed in
a retroarc basin located in front of a magmatic fold-thrust belt on the southwestern margin
of the Pilbara craton (Krapez et al., 2017). Tt is deposited conformably on top of the 2.45 Ga
banded iron formations and volcanics of the Hamersley Group and contains the Meteorite
Bore Member Diamictite, which is considered to be the second-oldest Paleoproterozoic glacial
event (Caquineau et al., 2018). A minimum age of 2.21 Ga is inferred from intruding dolerite
sills (Miller et al., 2005). The youngest mode of detrital zircon ages from the Turee Creek
Group is ca. 2.442 Ma, which is considered close to the depositional age (Krapez et al., 2017)
. The metamorphic grade ranges from prehnite-actinolite to lower greenschist facies (Shibuya
et al., 2010; Smith et al., 1982). The samples are from the Rio Tinto drill core DD04 and

above the Meteorite Bore Member glacial interval, with an estimated age of around 2.44 Ga.

C.1.2  Timeball Hill Formation (ca. 2.32-2.26 Ga)

The Timeball Hill Formation (THF) sits in the Lower Pretoria Group, which is part of the
Transvaal Supergroup in the Kaapvaal Craton of South Africa. The THF consists of four
upward-shallowing cycles of organic-rich and pyritiferous siltstones and mudstones, with oc-
casional sandstones, and was deposited in a deltaic setting of the open-marine Transvaal
Basin between the second and third glacial events of the early Paleoproterozoic (Bekker,

2014a; Gumsley et al., 2017). The formation experienced lower greenschist facies metamor-
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phism (Coetzee, 2001). Recent age constraints for the THF come from a 2316 + 7 Ma Re-Os
isochron pyrite age (Hanh et al., 2004) as well as ages of 2310 £ 9 Ma and 2256 + 6 Ma
for welded tuffs within the unit (Rasmussen et al., 2013). The latter age constraint implies
a major hiatus in the middle of the Timeball Hill Formation, across the sequence boundary
(cf. Gumsley et al., 2017; Rasmussen et al., 2013).

The Rooihoogte and Timeball Hill formations record the disappearance of the mass-
independent fractionation of sulfur isotopes, signaling the onset of the Great Oxidation
Event (Bekker et al., 2004; Gumsley et al., 2017). Recent work has documented evidence of
aerobic nitrogen cycling in the immediate aftermath of this transition (Zerkle et al., 2017),
which was interpreted as the onset of a persistently aerobic nitrogen cycle in the marine
environment. We analyzed samples from the drill core EBA-1, collared in the Potchefstroom
area through the THF, which predominantly come from the Upper Timeball Hill Formation
with an age of ca. 2.26 Ga. Two exceptions are a sample of the ca. 2.32 Ga Lower Timeball
Hill Formation from a depth of 1037.6 m and another sample at the boundary of the Upper
Timeball Hill Formation and the overlying Boshoek Formation from a depth of 560.5 m. Our
data supports the inferences of Zerkle et al. (2017) regarding nitrogen cycling at the early
stage of the GOE, which were based on analyses of samples from the basal part of the Lower

Timeball Hill Formation in the drill core EBA-2.

C.1.3 Wewe Slate (ca. 2.2 Ga)

The Wewe Slate sits in the uppermost Chocolay Group of the Marquette Range Supergroup.
The age is constrained by the unconformably overlying 1874 + 9 Ma Menominee Group (Fral-
ick et al., 2002) and a 2288 + 15 Ma U-Pb age on detrital zircon from the underlying glacially
influenced Enchantment Lake Formation (Vallini et al., 2006). The Kona Dolomite directly
underlies the Wewe Slate, and contains carbonates with highly positive carbon isotope val-
ues corresponding to the Lomagundi carbon isotope excursion (Bekker et al., 2006; Bekker,
2014b). In the Marquette Range of Michigan, the Wewe Slate has limited geographic extent

due to a protracted period of erosion before deposition of the Menominee Group started.
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The Wewe Slate was deposited during an episode of basin-deepening and experienced lower
greenschist (chlorite-biotite) metamorphism during the Penokean Orogeny (Bekker et al.,
2006; James, 1955). The samples analyzed in this study come from Bear Creek Hole 35,
drilled by Cliffs Natural Resources.

The Wewe Slate was deposited below fair-weather wave base, but starved ripples suggest
occasional sediment delivery by strong currents resulting in erosion sometimes overwhelming
sediment supply (Larue, 1981). In contrast, the conformably underlying stromatolitic Kona
Dolomite and mature Mesnard Quartzite indicate deposition in a tidally-influenced shallow-
marine environment. Extremely elevated selenium isotope ratios in the Wewe Slate have

been used to argue for mildly oxygenated surface waters during deposition (Kipp et al.,

2017).

C.1.4 Sengoma Argillite Formation (ca. 2.15 Ga)

The Sengoma Argillite Formation (SAF) belongs to the Paleoproterozoic Pretoria Series
in Botswana and was deposited along the northern margin of the Kaapvaal Craton in an
offshore, open-marine environment (Bekker et al., 2008). It is likely correlative with the
Silverton Formation in the Transvaal basin of South Africa. Carbonates both underlying
and overlying the SAF contain highly positive carbon isotope values, suggesting that the
SAF was deposited in the midst of the Lomagundi carbon isotope excursion. This infer-
ence is supported by age constraints imposed by the underlying ca. 2.22 Ga Hekpoort Lava
and overlying 2.05-2.06 Ga Rooiberg Group and intruding Bushveld Complex, which sug-
gest that deposition occurred before the termination of the Lomagundi excursion (Dorland,
2004; Olsson et al., 2010; Walraven, 1997). The unit experienced lower greenschist facies
metamorphism (Bekker et al., 2008).

The predominance of organic-rich shales is suggestive of deposition below wave base. Previ-
ous studies have shown that on the basis of Fe-speciation (Scott et al., 2014), and organic
carbon isotopes (Bekker et al., 2008), the SAF was deposited in a redox-stratified ocean

under locally euxinic conditions. Elevated selenium isotope ratios in the SAF suggest oxy-
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genated surface waters in the basin at this time (Kipp et al., 2017), while high trace metal
enrichments (e.g. Partin et al., 2013) are consistent with a global expansion of oxic shallow
sea-water and local deep sea-water anoxia at that time. The samples were collected from the

drill core Start 2 that was collared near Lobatse, Botswana (Key, 1983).

C.1.5 Hautes Chutes Formation (ca. 2.1 Ga)

The Hautes Chutes Formation is the lowermost unit of the Swampy Bay Subgroup in the
Labrador Trough of Canada, and overlies carbonates of the Pistolet Subgroup that have
highly positive carbon isotope values, associated with the Lomagundi carbon isotope excur-
sion (Melezhik et al., 1997). The age is constrained by a 2169 + 2 Ma granophyre dike
that intrudes the underlying Seward Subgroup but not the Swampy Bay Subgroup (Rohon
et al., 1993), and by the overlying 1.88 Ga Sokoman Iron Formation (Findlay et al., 1995;
Machado et al., 1997). In the western part of the Labrador Trough, from which samples were
taken for this study, parautochtonous regions experienced only prehnite-pumpellyite facies
metamorphism (Klein, 1978; Klein and Fink, 1976).

The sampled unit was deposited on a passive margin along the eastern boundary of the Su-
perior carton, and consists of ~100 m of graphitic, sulfidic, thinly laminated slate (Dimroth,
1978). The samples analyzed in this study come from the 12-LR-1036D drill core, which was

collared in the Lake Raitche area.

C.1.6 Francevillian Series (ca. 2.08 Ga)

The unmetamorphosed Paleoproterozoic Francevillian Basin developed on the Archean
Chaillu Block (Congo Craton). The tectonic setting is debated, with interpretations ranging
from intracratonic (Weber, 1968) to foreland or back-arc basin (Bankole et al., in revision;
Thieblemont et al., 2009). The Francevillian Series records the Lomagundi carbon isotope
excursion, as well the extremely negative carbon isotope excursion known as the Shunga-

Francevilian anomaly (Gauthier-Lafaye and Weber, 2003; Kump et al., 2011; Préat et al.,
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2011). The age is best constrained by a U-Pb SHRIMP age of 2083 + 6 Ma for the welded
tuff at the top of the FD member (Horie et al., 2005; Gauthier-Lafaye, 2006).

Deposition was evidently below wave base, with organic-rich and sulfidic shales showing
Fe-speciation and Mo-isotopic evidence for anoxic and even euxinic conditions (Scott et al.,
2008; El Albani et al., 2010; Canfield et al., 2013). Iron and sulfur isotope systematics in
diagenetic pyrites suggest access to large dissolved sulfate and Fe reservoirs (El Albani et
al., 2010, 2014).

We analyzed samples from the LST-12 drill core, collared in the Lastoursville sub-basin. The
samples included in this study come from the FC member, which straddles the end of the
Lomagundi carbon isotope excursion. In addition to black shale, the FC member in this
core contains grey massive carbonates and cherts. The shale horizons sampled here occur
between thick carbonate beds, which could imply a degree a restriction during deposition of
the shales. However, sulfur isotope ratios in diagenetic pyrites are inconsistent with severe

restriction to the extent that the sulfate supply became limited (Albani et al., 2010, 2014).

C.1.7 Union Island (ca. 2.04 Ga)

The Union Island Group in the East Arm basin of the Great Slave Lake region is the lower-
most unit of the Paleoproterozoic cover deposited on the margin of the Slave Craton (Sheen,
2017). The maximum age is constrained by the 2217 + 4 Ma Simpson Island dikes that
intrude Archean basement but not the Union Island Group (Hoffman, 1988; Mumford et
al., 2012; Thorstad, 1976) and a lower age limit is provided by the unconformably overlying
~1.86 Ga Sosan Group (Hoffman, 1988; Kjarsgaard et al., 2013). Sheen (2017) recently
dated baddeleyite from a dike that intrudes the upper part of the Union Island Group using
the U-Pb ID-TIMS method and considered it to be a feeder for volcanic rocks in this group,
thus providing a direct age of deposition.

The group has been divided into 5 units (Hoffman et al., 1977; Goff, 1984; Thorstad, 1976),
from bottom to top: (1) massive dolostone, locally underlain by quartzite and/or quartz peb-

ble conglomerate, which rests on Archean granitic basement and a well-developed regolith;
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(2) organic-rich and sulfidic mudstone with decimeter-thick carbonate beds; (3) alkaline to
sub-alkaline, asthenosphere-derived and crustally uncontaminated basalts with flows, flow
breccia, pillows, and pillow breccias; (4) well-bedded and laminated upper dolostone with
thin red mudstone beds at the top and locally developed, sub-alkaline pillow basalts; (5) red
and green laminated mudstone with soft-sediments deformation structures.

Deposition was below wave- and storm-base and possibly the photic zone for most of the
succession, with the exception of the upper part of unit 4 and unit 5. Carbonates of units 1
and 2 have highly positive carbon isotope values, comparable to carbonates deposited during
the Lomagundi carbon isotope excursion, whereas carbonates from unit 4 have isotopic
values near 0%o. The Union Island Group was metamorphosed to lower-greenschist facies
based on actinolite-chlorite-epidote-titanite mineralogy of mafic units and experienced mild
hydrothermal alteration recorded by carbonate veins (Sheen, 2017).

We analyzed black shales from unit 2, which is inferred to have been deposited at the end of
the Lomagundi carbon isotope excursion, i.e. after 2.11-2.06 Ga (Karhu and Holland, 1996;

Kipp et al., 2017). Samples were collected from lake outcrops near Union Island.

C.1.8 Maraloou Formation (ca. 2.0 Ga)

The Maraloou Formation is part of the Mooloogool Subgroup in the Yerrida Group of West-
ern Australia (Olierook et al., 2018; Pirajno et al., 1998). The Yerrida Group was deposited
in a back-arc (strike-slip) basin (Krapez and Martin, 1999), with lithologies including basalts,
stromatolitic dolostone, sulfate evaporites, graphitic shale, carbonaceous siltstone and sand-
stone, and conglomerate/breccia. It was deposited in near-shore to offshore depositional en-
vironments in a deepening basin, with the stromatolitic and evaporitic horizons suggesting
restricted circulation between the basin and open ocean at those times. The Yerrida Group
is considered to be unmetamorphosed except near tectonic boundaries where lower green-
schist facies metamorphism is developed (Pirajno et al., 2004). The age of the Mooloogool
Subgroup is broadly constrained by a 2173 + 64 Ma Pb-Pb age on stromatolitic carbonate of
the Bubble Well Member of the Windplain Subgroup (Woodhead and Hergt, 1997) that also
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record the ca. 2.22-2.06 Ga Lomagundi carbon isotope excursion (Bekker, 2014b) and by the
1954 4+ 5 Ma U-Pb SHRIMP zircon ages of micro-tuffs in the unconformably overlying Yelma
Formation of the Tooloo Group (Sheppard et al., 2016). We use a conservative estimate of
ca. 2.0 Ga for the age of the Maraloou Formation.

The Maraloou Formation consists of ~1000 m of finely lamited, organic-rich and sulfidic
argillite, marl, dolostone, and minor chert, and thus marks a trend toward deeper deposition
than the underlying intercalated Thadu (arkosic and lithic sandstones, quartz wacke, mi-
nor conglomerate, siltstone, mudstone, and laminated quartz sandstone with locally present
basaltic scoria) and Killara (tholeitic basalt, lithic sandstone and chert breccia) formations,
which comprise mostly shallow-water facies (Pirajno et al., 1998, 2004; Olierook et al., 2018).
Monazite from the base of the Maraloou Formation yielded a U-Pb age of 1843 + 10 Ma
(Rasmussen and Fletcher, 2002), but this has recently been re-interpreted as a signature of
a low-grade metamorphic overprint (Olierook et al., 2018). The samples analyzed in this

study were collected from the drill-core KDD1.

C.1.9 Menihek Formation (ca. 1.85 Ga)

The Menihek Formation is the youngest unit of the Knob Lake Group in eastern Canada,
and overlies the 1.88 Ga Sokoman Iron Formation (Findlay et al., 1995; Machado et al.,
1997). The tectonic setting is somewhat contentious; Hoffman regarded this unit to be a
part of foreland basin fill (Hoffman, 1987), while correlative units along the southern margin
of the Superior craton are thought to have been deposited in a back-arc basin (Schulz and
Cannon, 2007). In either case, the Menihek Formation was deposited in a deep-water, open-
marine environment on the eastern margin of the Superior craton. The Menihek Formation
stratigraphy consists of >300 m of organic-rich, sulfidic, thinly laminated, fissile shales, slate,
and siltstones (Dimroth, 1970, 1972; Zajac, 1974). The persistence of near-crustal selenium
isotope ratios in the Menihek Formation has been interpreted as a sign of deposition in a
less-oxygenated ocean than that during the Paleoproterozoic “oxygen overshoot” event (Kipp

et al., 2017). The contact with the underlying granular iron formation is sharp, with locally
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developed conglomerates. In the western part of the Labrador Trough, parautochtonous
regions experienced only metamorphism up to prehnite-pumpellyite facies (Klein, 1978; Klein
and Fink, 1976). We analyzed samples from the 12-HR-1322D drill core, which was collared

in the Howells River area, in the western part of the Labrador Trough.
C.2 Box model setup

C.2.1 Box model architecture

We assembled a steady-state box model (Fig. 5.1) to track nitrogen isotope mass balance,
using previously developed Earth system nitrogen box models as a starting point (Algeo
et al., 2014; Stiieken et al., 2016). Unlike previous studies, however, this model separately
tracks No-fixing (Ngyers) and nitrate-assimilating (Nagsimilators) Organisms. The only input flux
for the Ngyers is fixation of atmospheric No (ffixation) t0 ammonium in biomass. The dominant
output flux from the Ngyes i remineralization of biogenic ammonium and subsequent nitri-
fication of ammonium to nitrate (freminnitrit)- A minor sink (<1%) is the burial of biogenic
ammonium in marine sediments (ffyer-burial), Which includes both organic-bound and mineral-
bound nitrogen. The Ngimilators are assumed to quantitatively assimilate all available nitrate
dissolved in the surface ocean (Tyrrell, 1999). The dominant input (>99%) of nitrate is ni-
trification (fremin-nitrif), With atmospheric deposition (fdeposition) and riverine inputs (friver)
comprising minor contributions (<1%). There are three output fluxes from the dissolved
nitrate reservoir: water-column denitrification of nitrate to Ny gas (fweq), sedimentary den-
itrification (fgq), and burial of biomass of nitrate-assimilating organisms (fassimilator-burial)-
Burial is a negligible output flux (<1%) compared to denitrification, the latter of which
roughly balances the input of nitrogen to the ocean system (Devol, 2015).

We began by confirming that this model can reproduce modern isotope mass balance. Reser-
voir masses (m;) for the atmosphere (2.87 x 10?*° mol N) and continental crust (1.21 x 10%
mol N) were taken from Johnson and Goldblatt (2015). We adopted flux constants (k;) for
fhixation (Kfixation = 1.3 X 1077), faeposition (Kdeposition = 3-21 x 1071%), and friver (Kriver = 1.27 X
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10") based on previous formulations of nitrogen cycle models for the modern Earth system

(Canfield et al., 2010; Algeo et al., 2014; Stiieken et al., 2016), and calculated these fluxes as

fi = kim; (C.1)

with the mass corresponding to the respective source reservoir. The remaining fluxes were

calculated following the assumption of steady state, such that
ffi:cation = fremin—nitrif + ffixer—burial (02)

where fgyer-burial 1S the fraction of nitrogen in Ns-fixing organisms that escapes remineral-
ization to ammonium in the water column and sedimentary pore-waters, and gets buried
with marine sediments. Since the timescales we are concerned with are on the order of
Myrs, the assumption of a steady-state marine nitrogen cycle is valid (Tyrrell, 1999), despite
the fact that on kyr-timescales the oceans can operate at a potentially significant nitrogen
deficit (Codispoti et al., 2001). The balance of the nitrate reservoir at steady-state can be

represented as

fremmfm'trif + fdeposition + friver = fwcd + fsd + fassimilatorfburial (03)

which can be simplified as

fsurface—inputs - fwcd + fsd + fassimilator—burial (04)

where in the modern ocean fassimilator-burial 15 0.2% 0f feurfaceinputs (Tyrrell, 1999). The ratio
of fsq t0 fwea in the modern ocean is presumed to be 2.4, based on isotope mass balance
(Brandes and Devol, 2002; DeVries et al., 2012; Devol, 2015). These numbers are likely to
have changed over time (see below).

We then assigned isotopic fractionations (g;) to each pathway (Section 5.2.2; Table C.2),

and calculated the isotopic composition of both Ngyers and Naggimilators using both closed
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system

615Nrese7‘voir - 515Ninput + (Ezln(l - fz)) (05)

and open system

515Nreservoir = 515Ninput - (€lfl> <C6)

formulations, where f; is the fraction of the reservoir removed by a given pathway. Since
the residence time of nitrogen in the modern ocean is ~ 3 kyrs (Tyrrell, 1999; Brandes and
Devol, 2002) — slightly longer than the ocean mixing time — nitrogen should be moderately
well mixed in the global ocean today, and thus isotope mass balance should follow open-
system dynamics. However, it is possible for semi-closed system dynamics to apply to modern
basins where denitrification rates are high. We have thus presented calculations for both end-
members, recognizing that the open-system formulation likely best represents the average
value of global marine sediments, while individual basins can follow semi-closed dynamics.
Ultimately, the nitrogen isotopic composition of marine sediments was calculated using

the equation

15 15
515N o (6 Nfime'r—burialffixer—burial) + (6 Nassimilator—burialfassimilator—burial) (C 7)
sed — .

ffimer—burial + fassimilator—burial

which combines the burial fluxes from Ny-fixing and nitrate-assimilating organisms. Solving
the equations using parameterizations based on the modern Earth system yields a range of
B Nyeq values (4+2.6 to +7.3%0, mean +4.5%0) that is in good agreement with observations
from recent marine sediments (mode +4-6%0 £ 2.5%o; Tesdal et al., 2013).

The model was then modified in order to make it applicable to the range of redox
conditions that persisted during the Precambrian Era. First, we considered atmospheric
deposition and riverine input of nitrate to the surface ocean. We performed a sensitivity test
using a range of fluxes for these parameters, spanning modern values to zero. Despite un-

certainties surrounding the role of atmospheric deposition and riverine transport as nitrogen
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sources in the Precambrian, the contribution of these inputs is negligible (<1%) compared
to fixation-remineralization, even at the highest plausible values. Thus, switching between
the highest and lowest plausible values for these fluxes does not impact the response of the
model to increasing ocean anoxia (<<1%o). In our model for the Precambrian, we removed
these minor nitrogen inputs due to uncertainty surrounding their values in deep time.
Next, we considered potential variability in the ratio of water-column to sedimentary
denitrification (fwea/fsa) as a function of marine redox conditions. In the modern ocean,
sedimentary denitrification is a ~2.4x larger flux than water-column denitrification (Devol,
2015). However, the available volume of suitable environments for sedimentary denitrification
(suboxic-to-anoxic sedimentary porewaters; Vo) is greater than the ocean volume in which
water-column denitrification occurs (suboxic-to-anoxic cores of oxygen-minimum zones in
the modern ocean; Va,sup) by a factor of ~200 (Keeling et al., 2009; LaRowe et al., 2017).
Thus, denitrification must be much more rapid in the water column than in diffusion-limited
sediment pore-waters (this is corroborated by the difference in isotopic effects, which are a
result of reaction rates and yields). We defined volumetric flux constants (in units of mol

N/m?/yr) for sedimentary (ksq) and water-column denitrification (ky.q) using the equation
ftotal—denit - fwcd + fsd = (ksd‘/;oore> + (kwcdvan—sub> (CS)

where fiotal.denit 1S the net rate of denitrification in the ocean system (in mol N/yr). Given
that even sediments underlying oxygenated waters often reach the zone of denitrification in
the upper <1 c¢m (Canfield et al., 1993; Wang and Van Cappellen, 1996), we assumed that
today the entirety of the global marine sedimentary pore-water volume is thermodynamically
conducive to denitrification. Regarding water-column denitrification, we adopted 4.5 pM O,
as our cutoff for “suboxic-to-anoxic” waters (Keeling et al., 2009), as most water-column
denitrification occurs in waters that fall below this threshold of oxygen availability (Codispoti
et al., 2001). While both denitrification and anammox have been observed to operate at
higher oxygen levels, up to ~20-25 ptM O, in some instances, the rates of these processes

drop off substantially with increasing oxygen at most sites that have been studied (Kalvelage
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et al., 2011), and furthermore in other settings substantial denitrification does not begin until
closer to ~1 uM Oy (Paulmier and Ruiz-Pino, 2009). Thus, we take the <4.5 pM Oy cutoff
to be representative of waters in the global ocean in which the vast majority of water column
denitrification occurs (Keeling et al., 2009; Paulmier and Ruiz-Pino, 2009).

Equation 8 can be manipulated to solve for kg or kye.q by plugging in literature values
for Vpore, and Vap e (Keeling et al., 2009; LaRowe et al., 2017) and assuming (following
nitrogen isotope mass balance; see above) that today the net sedimentary denitrification flux

is 2.4 times that of water-column denitrification (Devol, 2015), such that

ksd‘/pore = 2-4(kwcdvan—sub> (09)

We then define the term k to be the relative difference in volumetric flux constants of sedi-

mentary and water-column denitrification

(C.10)

and find that under the parameterizations listed above, k is approximately 80. In other words,
denitrification proceeds ~80 times faster in open ocean waters than in diffusion-limited pore-
waters. Expansion of water-column denitrification would therefore lead to faster nitrate loss
from the ocean (cf. Fennel et al., 2005). While this ratio could also be determined by in-situ
rate measurements of sedimentary and water-column denitrification, we find the volumetric
approach to be most appropriate for considering long-term changes in the mass of oxic and
anoxic waters in the global ocean, since it averages contributions across environments that
have variable nutrient supply, temperature, salinity, pH and microbial ecology.

In order to consider the effect of a changing balance of fy.q and fgq, we calculated
corresponding changes in the rate of denitrification for a range of V., values using the
equation

R= ftotalfdenit (Cll)

ftotalfdem'tfmod
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where fiotaldenit-moa 1S the net rate of denitrification in the modern ocean, and R represents
the relative change in denitrification rate. Conceptually, the value £ = 80 implies that an
increase in water-column denitrification due to an expansion of anoxia in the water column
would increase the total denitrification rate. The parameter R captures this change as a
function of water-column anoxia. Since the cores of the major OMZ’s are confined to the
upper 1 km of the ocean (Paulmier and Ruiz-Pino, 2009), we assume that the redox state
of this part of the ocean exerts the major control on the rate of denitrification and the
isotopic composition of residual nitrate. To explore the effect of increasing anoxia, we varied
the volume of suboxic-to-anoxic waters (Vap.sup) from 0% to 100% of the upper 1 km of
the ocean. We held V. constant, such that we are effectively exploring changes in the
ratio of suboxic-to-anoxic water column volume to suboxic-to-anoxic sediment pore-water
volume. While the volume of suboxic-to-anoxic sedimentary pore-waters may have also
changed with time, our modeling reflects the influence of a relative increase in importance of
water column over sedimentary denitrification. As the net rate of nitrogen removal increases
with increasing water-column denitrification, export production from nitrogen-assimilating

organisms (fassimilator-burial) decreases as

1
fassimilator—burial X E (C].Q)

causing nitrogen-fixing organisms to comprise a larger proportion of export production than
nitrogen-assimilators. We maintained a constant total export production across all model
outputs (i.e., assuming that phosphorus, not nitrogen, was the limiting nutrient on geologic
timescales across all of Earth’s history), meaning that Ny-fixers compensate for decreased
productivity by nitrate-assimilators. This was achieved by calculating the burial of nitrogen

fixing organisms as

ffixer—bu'rial - ftotal—burial - fassimilator—bu'rial (C]-S)

while fiotalburial Was held at a constant value of 0.26 Tmol N/yr.
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While it has been proposed that primary productivity was hampered in the Precam-
brian due to phosphorus scarcity (Kipp and Stiieken, 2017; Reinhard et al., 2017), we did
not attempt to scale total productivity as a function of marine redox conditions. The rela-
tionship between ocean oxygen content and export production is not precisely understood,
and so including this parameterization would add uncertainty to our model outputs. By
holding primary productivity and burial efficiency constant, we are isolating the influence of
denitrification rates on 8'°Ng.q values. Furthermore, if limited biomass recycling and resul-
tant phosphorus scarcity in fact limited primary productivity in the Precambrian (cf. Kipp
and Stiieken, 2017), the higher burial efficiency would lead to an even greater contribution of
nitrogen-fixing biomass in our model outputs, thus strengthening our conclusion that 3'°N.q
values would converge toward the “fixation window” in strongly anoxic oceans. Because the
exact evolution of burial efficiency through time is quite uncertain, we have left this term
constant so as not to obscure the trends being investigated in our modeling, while noting
that if anything, the expected changes would only further support the conclusions drawn
here. By plugging the results for fumiatorburial (Equation C.12) and faserpuria (Equation
13) into Equation C.7, the effect of expanding of water-column anoxia on sedimentary 8N
could thus be evaluated. The model outputs are presented as a function of water column
anoxia-to-suboxia (Fig. 5.6) using the parameter pa,.su,, which is defined as the percentage
of the upper 1 km of the ocean that is suboxic-to-anoxic, using the equation

Vanfsu
Pan—sub = v b (014)

ocean—1km

where Vocean-1km 1S the volume of the upper 1 km of the ocean, meaning that a totally anoxic
ocean would have a p., e value of 100%. The modern ocean has a pan.su, value of 0.3%

under our parameterizations.

C.2.2 Isotope fractionation in the nitrogen cycle

Extensive reviews of the processes controlling nitrogen isotope fractionation in the ocean

and marine sediments have recently been published (e.g., Devol, 2015; Stiieken et al., 2016),
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and are discussed in the main text (section 5.2.1). Briefly, the major input of nitrogen to
the oceans, nitrogen fixation, exerts a small isotopic fractionation when the most common
nitrogenase enzyme is used (average -1%o, range -2%o to +1%o). This has been shown in lab-
oratory studies (e.g., Zerkle et al., 2008; Zhang et al., 2014) as well as field measurements of
nitrogen-fixing cyanobacteria (Wada, 1980; Migawa and Wada, 1984, 1986; Carpenter et al.,
1997). On the contrary, the major outgoing flux of nitrogen from the oceans — denitrification
(and anammox) — can impart large kinetic isotopic fractionations, with the lighter nitro-
gen isotope preferentially removed from the ocean (Devol, 2015). However, the expressed
isotopic fractionation associated with these nitrogen removal pathways depends on the envi-
ronment. In the open ocean, where transport of substrates is rapid, observed fractionation
factors typically range from -30%o0 to -22%0 (Cline and Kaplan, 1975; Brandes et al., 1998;
Altabet et al., 1999; Voss et al., 2001), although some recent work has suggested that this
effect may in some cases be as small as -15%0 to -10%0 (e.g., Kritee et al., 2012). In marine
sediments, where limited resupply of substrates leads to nearly-quantitative reaction yields,
isotopic fractionations are typically ~0%o (Brandes and Devol, 1997; Lehmann et al., 2007).
It is important to note that for both of these estimates, the measurements are a community-
scale fractionation, and thus account for the contribution of anammox, which in laboratory
settings has been shown to exert a nitrogen isotopic fractionation of a similar magnitude to
canonical denitrification (Brunner et al., 2013). In our model runs, we explored a wide range
of values for these major fluxes (Table C.1).

Due to the large magnitude of fixation and denitrification fluxes, and the large isotopic
fractionation associated with water-column denitrification (and anammox), these processes
largely set the isotopic mass balance of the ocean system. Minor inputs and outputs, as well
as recycling within the ocean, represent secondary effects that can influence nitrogen isotope
ratios in marine sediments, but do not substantially change the overall picture of nitrogen
isotope balance. This inference is supported by a strong similarity in outputs generated by
simple and complex box models of the nitrogen cycle (Algeo et al., 2014). As noted above,

minor inputs of nitrogen to the marine system (atmospheric deposition and riverine flux)
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were left out of our final model runs, since they had negligible effects on the model outputs
but highly uncertain trajectories across Earth’s history.

After fixation, organically-bound nitrogen can be liberated (remineralized) as NHy"
in the process of ammonification in both the water column and sedimentary porewaters.
Under oxic conditions, this process can enrich residual biomass by 1.4-2.3%0 (Freudenthal et
al., 2001; Lehmann et al., 2002; Mébius, 2013), though the effect is smaller in low-O5 and
high-productivity environments (Lehmann et al., 2002; Robinson et al., 2012; Thunell et al.,
2004). In our model, we assumed that the net isotopic effect of remineralization was negligible
(~0%o) because (1) in the predominantly anoxic Precambrian oceans, which are the focus
of our model, the isotopic effect of remineralization was probably minor, and (2) any small
effect of remineralization on the nitrogen isotope composition would be considerably smaller
than the spread of values occurring due to the range of isotopic fractionations associated with
nitrogen fixation and denitrification (Table C.1). Thus, any real effect of remineralization
would be impossible to distinguish from the major processes controlling nitrogen isotope
mass balance.

Following remineralization, we assumed that all ammonium was quantitatively oxidized
to nitrate during nitrification. This is based on the observation that nitrification is rapid in
the modern ocean, even at very low to undetectable levels of dissolved oxygen (Kalvelage et
al., 2011; Thamdrup, 2012). This assumption renders our model only applicable to marine
nitrogen cycling after the evolution of nitrification, for which there is no clear isotopic evi-
dence until ~2.7 Ga (Godfrey and Falkowski, 2009). However, our modeling suggests that
the isotopic effects of vigorous nitrification-denitrification could be absent from the sedimen-
tary record in strongly anoxic oceans, due to nearly quantitative denitrification. Thus, it
remains possible that nitrification was occurring in the surface oceans as soon as oxygenic
photosynthesis emerged and began generating free O, which may have occurred before 3.0

Ga (e.g., Planavsky et al., 2014).
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Table C.1: Isotopic fractionation factors (g;) associated with nitrogen fluxes.

flux fractionation (&) reference
Jhzation -1%0 (-2%0 to +1%u) Zhang et al., (2014)
Jremin-nitrif 0%o Robinson et al., (2012)
Jourial 0%o Robinson et al., (2012)
Jaeposition -4%0 Algeo et al., (2014)
friver +3%0 Algeo et al., (2014)
Jwed -26%0 (-30%0 to -22%o) Devol (2015)
Jsd 0%o Devol (2015)

C.2.3 LOWESS curve

Secular changes in the nitrogen isotope record were described using locally weighted scatter-
plot smoothing (LOWESS), which is a non-parametric, locally-fitted smoothing algorithm
designed for visualization of trends in irregularly-spaced time series data (Cleveland, 1979).
For each data point, a polynomial of order d is fitted to all data pairs in a moving win-
dow, with each point weighted tricubically as a function of its distance from the center of
the reference frame. We utilized a d value of 1, meaning that the local fits were via linear
regression. The estimated values are then weighted by their residuals and the procedure is
repeated twice, which ensures that outliers (which have low robustness weights) do not play
a large role in determining the shape of the smoothing curve (Cleveland, 1979). The width
of the moving window (f) is a fraction of the entire data range. We utilized an f value of
0.3 in order to minimize variability in the smoothed points while not distorting the trends in
the data (Cleveland, 1979). All LOWESS calculations were performed in the R Statistical
Programming Environment using the loess package (Cleveland et al., 1992; R Core Team,

2013).
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Figure C.1: Cross-plots of 35N vs. 8'3C,,g for individual units.
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Figure C.2: Cross-plots of 3!°N vs. C/N (atomic) for individual units.



8" N (%)

8" N (%)

8" N (%)

313

Francevillian Hautes Chutes Maraloou
8 oo R?=0.0839 879 R2-0012 89 R?-0.105
° o
6 5, 6 6
° > © o
—_ o —
i ° g 4 &\8’ 4
z ° Zz —0\8—0"\0_9_
wn wn
24 o 21 o 2 °
0 [ T T 0 [ T D -
2 2 2
0 5 10 15 20 2 4 6 8 0 12 14 T2 3 4 s 6 7
TOC (wt. %) TOC (wt. %) TOC (wt. %)
Menihek Sengoma Timeball Hill
89 R2-00598 89 R?-00708 89 Rr2-00822
o o0 o
° ° ° o
6 640 © o 8 oo ° 61 o
°o o ° o
o © o © o o ®° ° °
v b o ol o ° < o
4 ° 3 41 o xR 4'\(\0
z z &
wn wn
2 o 21 2 2
o
0 - T .- L
2 24 2
T T T T T T T T T T T T T T T T T T
2 3 4 5 6 7 8 0 5 10 15 20 000 025 050 075 100 125
TOC (wt. %) TOC (wt. %) TOC (wt. %)
Turee Creek Union Island Wewe Slate
87 R?-0226 89 R2-0.0255 89 R2-00109
6 6 ® 6
2 @ ° ° °o®
O — °
. o ° . ° ° 4 °
44 & 44 ° 58 44 °
o = = °
T ., °| z z o o
2 ° < 24 2 24
° %) o R °
0 - T T 0 [ T D 0 [ T
24 -2 -2
009 010 011 012 013 014 0 2 4 6 8 1 2 3 4
TOC (wt. %) TOC (wt. %) TOC (wt. %)

Figure C.3: Cross-plots of 8'°N vs. TOC (wt. %) for individual units.
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Appendix D
CHAPTER 6 - SUPPLEMENTARY MATERIALS

D.1 Stoichiometric model of phytoplankton degradation

Here we describe the stoichiometric model of phytoplankton composition and the effect of
selective degradation on C/N ratios. All calculations conducted using these equations, which
were used to generate Fig. 6.10 in the main text, are available in an R script that is included
as part of the Supplementary Materials.

We used a published compilation of the C/N stoichiometry of cellular components in phy-
toplankton (Geider and La Roche, 2002; see Table D.1 for cellular components and their
chemical compositions) to determine whether it is plausible to generate C/N ratios of >50
in residual biomass that has been degraded via anaerobic remineralization. The bulk C/N

ratio (i.e., (C/N)puy) of cellular biomass was determined as:

Cprotein + C1RNA + C’DNA + Clipid + C’10hos + C(chlor + Ccarot + CATP + C’carb

C/N)pur, =
(C/N ok Nyprotein + Nrnva + Npna + Nphos + Nenior + Narp

(D.1)

where C; and N; are the carbon and nitrogen content (in mol) of each cellular component,

which were calculated as:

Me ) 1
Mec+ My + Mo + My + Mg+ Mp + My,” 12.01

Ci = ( ) fi (D.2)

Mo )( 1
M0+MH+MO+MN+M5+MP+MMg 12.01

Ci = ( )fz (D-?’)

where M; is the mass (in grams) of each respective element in the component of interest

(determined as the stoichiometric coefficient [Table D.1, column 2] multiplied by the molar
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mass), fi is the fraction of cellular biomass comprised by the component of interest [Table D.1,
column 4], and 12.01 and 14.01 are the molar masses of carbon and nitrogen, respectively.
The baseline composition shown in Table D.1 gives a (C/N)pu ratio of 6.64, which closely
matches the canonical Redfield C/N ratio (Redfield, 1934; Redfield, 1958).

We then determined the C/N ratio of residual biomass (i.e., (C/N) esidua) that has expe-
rienced selective degradation of nitrogen-rich components during anaerobic remineralization
(cf. Van Mooy et al., 2002). This was modeled assuming that the degradational process only
removes protein, RNA and DNA, and does so in a fashion that does not change the C/N
stoichiometry of each pool during degradation, but rather removes each component with its
respective C/N ratio. We thus calculated (C/N),esidual as:

(1 = faegraded)(Cprotein + CrnA + Cpona) + Clipia + Cphos + Cenior + Cearot + Carp + Cears

(C/N)residual =
reswaua (1 — fdegraded)(Np’rOtEi’ﬂ + Nrna + NDNA) + Nph,os + Necnior + Narp

(D.4)

where fgegradea denotes the proportion of the nitrogen-rich components that have been de-
graded, ranging 0 (no degradation) to 1 (complete degradation). Under the baseline compo-
sition in Table D.1, (C/N)yesidual is ~11 when fdegraded is 0.6 and ~53 when fieadeq is 0.95
(Figs. 6/9, D.1). To demonstrate the robustness of this calculation, we also explored two
end-member scenarios that correspond to disproportionately high and low (C/N)pu values
resulting from different proportions of cellular components (Table D.2). Even in these cases,
(C/N)esidual can exceed 50 at near-complete degradation of nitrogen-rich components (dot-
ted curves in Fig. D.1). It is therefore plausible that selective degradation of nitrogen-rich
cellular components in strongly anoxic marine environments can generate very high C/N
ratios in residual biomass if the degradation is near-complete. This seems plausible given
that burial efficiency of organic matter in the modern ocean is thought to be much less than
1% (e.g., Hedges and Keil, 1995). While most of the remineralization that keeps burial effi-
ciency so low is done aerobically in the modern ocean, in ancient low-oxygen water columns
the contribution of anaerobic metabolisms may have been much higher, such that selective

degradation of nitrogen-rich biomass was more pronounced (i.e., fiegradea > 0.9).
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Figure D.1: Enrichment of C/N ratios in residual biomass due to selective degradation
of nitrogen-rich components. Solid curve denotes standard phytoplankton stoichiometry (i.e.,
(C/N)piomass = 6.6); dotted curves correspond to higher and lower (C/N)piomass endmembers with

different proportions of cellular components (see Table D.2).
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Table D.1: C/N ratios of cellular components in phytoplankton. Data are from Table 1 in Geider

& La Roche (2002).

component composition C/N (molar) fraction of mass (f;)
protein C4.43H7N1.16S0.019 3.82 0.5 [0.45-0.85]
RNA Co.5H13.7508N3 75P 3.52 0.05 [0.03-0.15]
DNA Co.5H14.2508N3 75P 2.6 0.01 [0.005-0.03]
lipids CaoHr405 N/A 0.1 [0.1-0.5]
phosphoglycerides Cs7.9H72.509 4Ng 43P 88.14 0.05 [0.05-0.15]
chlorophyll C35H2905N4 Mg 8.75 0.005 [0.002-0.05]
carotenoids C39-45H52.6500.5 N/A 0.005 [0.002-0.05]
ATP C10H160135N5Ps P 0.001
carbohydrates CeH12054 N/A 0.279 [0.05-0.45]
TOTAL 6.64 1
Table D.2: Sensitivity test parameters.
component fi - high C/N case fi - low C/N case
protein 0.45 0.7
RNA 0.03 0.1
DNA 0.005 0.03
lipids 0.2 0.1
phosphoglycerides 0.1 0.05
chlorophyll 0.01 0.002
carotenoids 0.01 0.002
ATP 0.001 0.001
carbohydrates 0.194 0.015
TOTAL 1 1
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D.2 Amended mixing model calcualtions

Below is a description of an amended mixing model that tracks three components of marine
sedimentary carbon and nitrogen, as well as their isotopic compositions. All calculations
conducted using these equations, which were used to generate Figs. 6.11 and 6.12 in the main

text, are available in an R script that is included as part of the Supplementary Materials.

D.2.1 A three-component mizxing model

We amended the two-component mixing model described in Section 6.5.2 to account for the
contribution of detrital organic matter to marine sediments. While the goal of the discussion
in this paper is to deduce redox effects on the C/N ratio of marine organic matter, minor
contributions of “detrital” organic matter (here defined as allogenic organic carbon trans-
ported from the continents to marine sediments, which may be derived from either terrestrial
plant / fungal / microbial material, and/or organic matter in exposed sedimentary rocks)
may be present in these settings. Thus, recognizing and accounting for this contribution in
our mixing model calculations can be critical.

We begin by operationally defining three components that comprise the total organic carbon

and total nitrogen content of a marine sediment:

1. The kerogen phase is here defined as marine organic matter that is exported from
the water column to the sediment. This phase contains both carbon and nitrogen.
We opt to use the term “kerogen” in spite of the fact that this phase (as it is here
defined) can also contain bitumen when sediments containing appreciable kerogen are
subjected to thermal maturation within the oil window. However, because kerogen
(organic solvent-insoluble organic matter) is the dominant organic pool in most marine
sedimentary rocks that have either remained below the oil window or exceeded the oil
window (e.g., Durand, 1980), and perhaps even dominant in oil shales, where conversion
yields of kerogen to bitumen can be quite low (Durand, 1980), we simply refer to this

phase as “kerogen.”
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2. The silicate phase is here defined as clay minerals in the marine sediment that contain
nitrogen that derives from either (a) diagenetic release of nitrogen (as ammonium,
NH, ) from the kerogen phase, which can be trapped in clay minerals, or (b) “detrital”
clay-bound nitrogen that has been transported from the continents. It is thought that
the former contribution is dominant in most marine settings (e.g., Miller, 1977). As

defined, this phase contains no carbon.

3. The detrital phase is here defined as organic matter that has been transported from
the continents to marine sediments. This material is typically recalcitrant, as it has
escaped oxidation during transport to the ocean, and is therefore assumed here to
contain no nitrogen. As noted above, this material can derive from either extant

organisms living on land or from organic matter in exposed sedimentary rocks.

Under this framework, the total organic carbon content (TOCy,) of a marine sediment can

be calculated as:

TOCbulk - TOCkerogen + TOCdetrital (D5)

where TOCerogen and TOCgetrital are the respective contributions of carbon from the kerogen
and detrital phases. Similarly, the total nitrogen content (TNyyy) of a marine sediment can

be calculated as:

TNbulk: = TNkerogen + TNsilicate (D6)

where TNyerogen and TNgjicate represent the respective contributions of nitrogen from the
kerogen and silicate phases. The carbon/nitrogen ratio of the bulk sediment (Coy/Niot) can

then be calculated as:

Corg _ TOCbulk (D 7)
Niot TNy, '
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These calculations thus enable a detrital carbon phase to be tracked; if TOCgetritar = 0 then
the outputs of these calculations will be the same as those described in Section 6.5.2 of the

main text.

D.2.2  Tracking 6"°N, 6" Cyry, and Copy/Nioy with the three-component mizing model

This model can be used to assess mixing controls on 3'°N and §'C,,, values in a sedimentary
section if the isotopic compositions of individual components are known or estimated. The

organic carbon isotope composition of the bulk sediment (513Corg_bu1k) can be calculated as:

(613Corg—ke7"ogen X TOCkerogen) + (51300Tg—detrital X TOCdetrital)

D8
TOCkerogen + TOOdetrital ( )

13
0 Cm'g—bulk =

where 8" C g kerogen a1d 83 Corg detrital are the organic carbon isotope compositions of the
kerogen and detrital phases, respectively. Similarly, the nitrogen isotope composition of the

bulk sediment (8'°Ny,.p) can be calculated as:

(615Nkerogen X TNkerogen) + (615Nsilicate X TNsilicate)

6" Ny, =
TNk:erogen + TNsilicate

(D.9)

where 8" Nierogen and 8" Nijicate are the nitrogen isotope compositions of the kerogen and

silicate phases, respectively.
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