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Abstract

Future global warming informed by past emissions and mid-Pliocene climate sensitivity
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Chair of the Supervisory Committee:

Kyle Armour

Oceanography

Warming over the next hundred years is almost certainly expected to di!er from that of

the next few decades, as evolving spatial patterns of sea surface temperatures modify the

global radiative feedback and thus climate sensitivity. On much longer timescales, very slow

feedbacks associated with the reduction of large ice sheets and changes in vegetation and

biomes are expected to enhance the ultimate “Earth system” warming in response to green-

house gas forcing. Present-day radiative feedbacks govern the modern geophysical climate

commitment (i.e., the near-future warming that will occur from only past emissions), while

past climate states, such as the mid-Pliocene, permit an examination of climate feedbacks

operating on much longer timescales.

In Chapter 1, I describe the framework of global mean radiation balance in the climate

system and the separation of forcings and feedbacks central to this thesis. I then introduce

the mechanisms by which spatial patterns of sea surface temperatures alter the global mean

radiative feedback. Lastly, I introduce the mid-Pliocene Warm Period (mPWP) and its

utility as an analogue of future climate.

In Chapter 2, I use the framework of global energy balance to estimate the magnitude

of global mean warming following an abrupt cessation of anthropogenic emissions – a geo-

physical climate commitment – both in the present-day and in the future, following realistic

emissions pathways. I find that the probability of our past emissions committing us to

surpassing 1.5°C of global warming, at least temporarily, is already greater than 40% (as of



2020), and increases to 66% by 2029.

In Chapter 3, I estimate the forcings and feedbacks operating in the mid-Pliocene in a

global climate model hierarchy. I find that the non-CO2 boundary conditions of the mPWP

induce a spatial pattern of warming that results in a more sensitive climate relative to

the modern-day, potentially reducing estimates of modern-day climate sensitivity that are

constrained by mPWP warming. On long timescales, however, these feedbacks imply that

Earth System Sensitivity may be higher than previously recognized.

In Chapter 4, I separate the climate response to the loss of the West Antarctic Ice Sheet

from Northern Hemisphere boundary condition changes on the sea surface temperature

patterns of the mPWP in a coupled climate model. I find that increasing high latitude

ocean heat transport results in gradual Southern Ocean warming in response to a loss of

the West Antarctic Ice Sheet, driving the higher sensitivity of this paleoclimate state. The

results suggest that a loss of the West Antarctic Ice Sheet could produce more future global

warming than previously appreciated.
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Chapter 1

INTRODUCTION

The question of how much more global warming we can expect in the future depends not

only on our emissions, but also on the timescale that we are primarily concerned with, of

which there are many di!erent opinions even in the climate science community. The most

commonly used metric of eventual climate change is the equilibrium climate sensitivity, or

ECS, traditionally defined as the steady-state warming following a hypothetical doubling of

CO2 relative to preindustrial levels. This is a convenient definition for streamlining collabo-

rative modeling e!orts (i.e., Coupled Model Intercomparison Projects, or CMIPs), and has

been shown to be well-correlated with projected 21st century warming within these models,

making it a relevant measure of near-future warming (Sherwood et al., 2020). However, for

oceanographers and geologists, the “E” in ECS is somewhat of a misnomer, as full equi-

libration to a perturbation of atmospheric CO2 concentrations will rather take thousands

of years to realize, as the deep ocean slowly circulates to the surface, and ice sheets and

biomes adjust in size and type – hence a di!erent metric, the “Earth System Sensitivity”

(ESS). Nevertheless, for society, the 21st century is probably the most relevant timeline for

informing immediate policy decisions, while a clearer understanding of the ultimate impli-

cations of our emissions is of relevance to those who concern themselves, or have a curiosity

about, the fate of the Earth’s ecosystems and posterity as a whole.

Generally speaking, the magnitude of global warming expected with any given radiative

forcing (emissions) scenario can be estimated using a simple model of Earth’s energy balance

(Gregory et al., 2004):

#N = #F + ω#T, (1.1)

where #N is the global mean change in the top-of-atmosphere radiation imbalance (approx-

imately equal to total ocean heat content change) for a given radiative forcing (#F ) and
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a radiative response at the surface that is proportional to the surface temperature change

(#T ), where ω is the net radiative feedback. The value of ω determines ECS in the case

where the radiative forcing is that of the aforementioned doubling of CO2 (#F = F2x),

and the climate has reached equilibrium with respect to the net radiative balance at the

top-of-atmosphere (#N = 0):

ECS = →F2x

ω
(1.2)

The satellite record of surface warming, combined with observations of ocean heat content

change (#N) and modeled estimates of radiative forcing (#F ) over the industrial era, can

be used to estimate ω, and thus future warming – assuming no di!erence in ω between the

observed climate, and that of the future.

In Chapter 2 of this thesis, I use equation 1.1 within a probabilistic framework that

combines uncertainty in the best-available estimates of ω, and observed radiative forcing

and heat uptake, to predict the magnitude of warming that can be expected along a variety

of emissions scenarios, were we to abruptly stop emitting all anthropogenic greenhouse gases

(GHGs) and forcing agents. I focus on short timescales: the few decades over which the

climate warms in response to a reduction in short-lived climate forcers, such as aerosols, and

the eventual temperature reached at the end of the century, when only long-lived GHGs

(namely, CO2) remain. Both are measures of “climate commitment” – the magnitude

of temperature change that can be considered as an unavoidable geophysical response to

past anthropogenic emissions, with clear relevance to policy targets and immediate climate

trajectories.

That ω is, however, expected to change over time, and over climate states, is now widely

accepted (e.g., Forster et al., 2021; Armour, 2017; Andrews et al., 2015; Armour et al., 2013;

Caballero and Huber, 2013). This has been shown to largely result from evolving patterns

of sea surface temperatures (SSTs): historically, the Earth has not warmed homogeneously,

but with a trend toward enhanced warming that is collocated with areas of deep atmospheric

convection in the western tropical Pacific (e”ciently communicating that warming to space

via enhanced longwave emission), and slight cooling in areas of atmospheric subsidence over

the eastern tropical Pacific, favoring low-cloud growth in an area where the cloud feedback
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is locally strongly amplifying (Andrews et al., 2018, 2022; Dong et al., 2019). In contrast,

models tend to converge upon a more homogeneous pattern of surface warming in response

to GHG emissions, which, all else being equal, leads to more enhanced warming globally

via the activation of these same feedbacks. And because the warming is greater with this

pattern of warming, per unit forcing, ω is less negative, implying a more sensitive climate –

a phenomenon referred to in recent literature as the “pattern e!ect” (Stevens et al., 2016;

Dong et al., 2019), the correction for which I will refer to as #ω, following Cooper et al.

(2024).

The next several hundreds to thousands of years is more di”cult to model, both due

to the high computational cost of running global climate models (GCMs) to equilibrium,

and to the present lack of dynamical ice sheets within them. Most modeling studies fo-

cused on future projections assume fixed ice sheet mass and biomes for practical reasons.

Past climate states, such as the Last Glacial Maximum and the mid-Pliocene Warm Period

(mPWP), are therefore useful representations of the equilibrated earth system with respect

to these slowly-evolving features. When used to help constrain estimates of modern-day

ECS, it is common practice to treat these changes as forcing anomalies with respect to the

modern-day climate, since they are not expected to be observed in response to GHG emis-

sions on centennial timescales (Sherwood et al., 2020; PALEOSENS, 2012). Observational

and modeling estimates of ice sheet extent and GHG concentrations (#Fnet) and global

temperature change (#T ) enable an estimate of ECS that is informed by a broader range

of known climate states (Sherwood et al., 2020).

But what about the pattern of surface warming, and therefore the global ω, of these

paleoclimate periods? If ice sheet changes (a high latitude forcing) induce a pattern of

warming that is coincident with postively-amplifying feedbacks, then the net pattern e!ect

is toward a more sensitive climate (#ω > 0). And, since these slow forcings are not expected

to occur over the 21st century, this additional sensitivity, or “paleo-pattern e!ect,” should

be accounted for in estimates of ECS that are constrained by our knowledge of past climate

states, with a view toward a less pessimistic prediction of the near-term future.

However, insofar as such ice sheet and vegetation changes are actually the ultimate

response to an initial GHG forcing (either lower than preindustrial, as in the Last Glacial
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Maximum, or higher, as in the mPWP), they should be treated as additional feedbacks on

warming; the equilibrated temperature response, combined with an estimate of the known

GHG forcing of the paleoclimate, then becomes a reasonable metric of climate sensitivity

on very long timescales, or more specifically, ESS. The consequence of this definition being

that a relatively small perturbation in GHGs, such as that which has occurred any number

of times over the last several million years (and which has already occurred over the last

several decades), can have an e!ect on global temperature beyond that which would be

expected with the feedbacks that operate on a centennial timescale.

Given that the mPWP was a warm climate state with GHG concentrations similar to

today’s, it has often been invoked as an analogue of future warming. In Chapter 3, I

show that if the mPWP is to be accurately used in this way, the drivers of warming, and

the timescale on which it occurs, need to be elucidated. Toward that aim, I provide a

quantification of the total forcing and feedbacks that give rise to the global warming of the

mPWP in a GCM, with consequences for estimates of both modern-day ECS and future

ESS.

The forcing-feedback framework described in this introductory chapter makes it clear

that there is a di!erence between warming that is induced by large forcings over areas of

stabilizing feedbacks, and that which is induced by small forcings acting upon de-stabilizing

feedbacks (the latter indicative of a much more sensitive climate). In Chapter 3, I provide

evidence to suggest that the climate of the mPWP may have been highly sensitive overall

due to changes in ocean heat transport and high-latitude warming. In chapter 4, I then

ask, can this be clearly attributed to the small forcing associated with the loss of the West

Antarctic Ice Sheet, a feature relevant to the future climate on timescales of ESS? And, if so,

how? I address this question using a hierarchy of GCM simulations in which the Antarctic

ice sheet and northern hemisphere biomes of the mPWP are imposed separately, and show

that an ocean dynamical response to a complete loss of the ice sheet leads to greater climate

sensitivity.
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Chapter 2

ESTIMATING THE TIMING OF GEOPHYSICAL COMMITMENT
TO 1.5 AND 2.0→C OF GLOBAL WARMING

This chapter is published as: Dvorak, M.T., Armour, K.C., Frierson, D.M.W. et al.

Estimating the timing of geophysical commitment to 1.5 and 2.0°C of global warming.

Nature Climate Change 12, 547–552 (2022). https://doi.org/10.1038/s41558-022-01372-y.

Abstract

Following abrupt cessation of anthropogenic emissions, decreases in short-lived aerosols

would lead to a warming peak within a decade, followed by slow cooling as greenhouse-

gas (GHG) concentrations decline. This implies a geophysical commitment to temporarily

crossing warming levels prior to reaching them. Here we use an emissions-based climate

model (FaIR) to estimate temperature change following cessation of emissions in 2021 and

in every year thereafter until 2080 following eight Shared Socioeconomic Pathways (SSPs).

Assuming a medium-emissions trajectory (SSP2-4.5), we find that we are already committed

to peak warming greater than 1.5°C with 42% probability, increasing to 66% by 2029 (340

GtCO2 relative to 2021). Probability of peak warming greater than 2.0°C is currently 2%,

increasing to 66% by 2057 (1550 GtCO2 relative to 2021). Because climate will cool from

peak warming as GHGs concentrations decline, committed warming of 1.5°C in 2100 won’t

occur with at least 66% probability until 2055.

2.1 Introduction

The Paris Agreement has a”rmed an international goal to hold global warming to well

below 2°C and to pursue e!orts to limit it to 1.5°C relative to pre-industrial temperatures.

However, global warming is projected to exceed 1.5°C within decades, and 2°C by mid-

century in all but the lowest emission scenarios (Lee et al., 2021). That is, there is limited

time and allowable carbon dioxide (CO2) emissions (i.e., a remaining carbon budget) be-
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fore these temperature thresholds are exceeded. Assessing the possibility of avoiding these

global warming levels requires a clear understanding of the unrealized warming that is in-

evitable due to past emissions (a geophysical warming commitment), treated separately

from the warming associated with future, and therefore theoretically avoidable, emissions

(a socioeconomic warming commitment).

Here we provide a quantification of the geophysical warming commitment and its evolu-

tion over time in terms of the zero emissions commitment (ZEC) [°C], a common metric used

to estimate the global temperature change that follows an abrupt cessation of emissions.

The magnitude of the ZEC depends on the evolution of atmospheric greenhouse gas and

aerosol concentrations after emissions cease, along with the multiple timescales of climate

response to changes in radiative forcing. If only CO2 emissions cease, global temperature

is expected to remain relatively constant as both ocean heat uptake and atmospheric CO2

forcing slowly decline by similar, and compensating, amounts (Solomon et al., 2009; Armour

and Roe, 2011; Ehlert and Zickfeld, 2017; Goodwin et al., 2015; Williams et al., 2017). Esti-

mates of the ZEC following a cessation of only CO2 emissions (referred to here as ZECCO2)

range from slight cooling to continued warming (Williams et al., 2017; Frölicher et al., 2014)

over multiple centuries, depending upon model representations of ocean heat uptake, car-

bon cycle, climate feedbacks and historical emissions pathways (Ehlert and Zickfeld, 2017;

Williams et al., 2017; MacDougall et al., 2020; Winton et al., 2010; Zhou et al., 2021). On

average, ZECCO2 is taken to be small throughout the 21st century when estimated from

multi-model simulations (Lee et al., 2021; MacDougall et al., 2020). This suggests that fu-

ture warming is primarily governed by future emissions rather than by past emissions, and

thus society is not geophysically-committed to exceeding key global warming levels prior to

reaching them.

However, the situation becomes more complex when the emissions of short-lived climate

forcers, including non-CO2 greenhouse gases (GHGs) and aerosols, are considered (Hare

and Meinshausen, 2006; Armour and Roe, 2011; Mauritsen and Pincus, 2017). Tropo-

spheric aerosols produced through the combustion of fossil fuels and biomass burning have

atmospheric lifetimes of days to weeks and currently exert a strong net cooling e!ect on

the climate (a negative radiative forcing). Thus, the ZEC associated with the cessation
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of all anthropogenic emissions (referred to here as ZECanthro) would include warming as-

sociated with the rapid reduction of aerosols and consequent ‘unmasking’ of a portion of

GHG forcing. This warming is o!set in small part by the removal of black carbon on snow

(a positive surface albedo forcing) and in larger part by a decrease in tropospheric ozone,

nitrous oxide and methane concentrations over the following weeks to decades, followed by

a slower decline as GHG concentrations decrease until the global temperature stabilizes at

a value determined by the residual forcing associated with the portion of anthropogenic

CO2 that remains in the atmosphere for millennia (Armour and Roe, 2011; Mauritsen and

Pincus, 2017; Smith et al., 2019).

We thus focus on two measures of the climate commitment following a complete cessation

of anthropogenic emissions: the peak temperature reached in the decades following emissions

cessation (ZECpeak
anthro) and the eventual temperature reached in the year 2100 (ZEC2100

anthro).

These two measures represent di!erent aspects of committed warming that may be relevant

to di!erent components of the climate system and impacts thereupon; i.e., systems that

respond quickly to global temperature change would be sensitive to peak warming (e.g., sea

ice, the hydrological cycle, hurricanes, agriculture, and many ecosystems), while those that

respond slowly to global temperature change would be sensitive to long-term warming (e.g.,

glaciers, ice sheets, and sea level).

Both measures of commitment (ZECpeak
anthro and ZEC2100

anthro) depend on the magnitude and

evolution of GHG and aerosol radiative forcing following emissions cessation, the sensitivity

of climate to forcing changes (often characterized in terms of the equilibrium climate sen-

sitivity (ECS) [°C]), and the timescales of climate adjustment associated with the oceans

(Armour and Roe, 2011; Smith et al., 2019). Cessation of emissions from present-day levels

generally results in a ZECpeak
anthro of a few tenths of a degree Celsius above the current tem-

perature, with an overshoot lasting approximately a decade before cooling to near-present

temperatures (Smith et al., 2019; Allen et al., 2018; Matthews and Zickfeld, 2012). However,

a larger ZECpeak
anthro with a more prolonged overshoot is possible if aerosol forcing is strong

and climate sensitivity is high (Armour and Roe, 2011; Matthews and Zickfeld, 2012). Thus,

a full accounting of past emissions suggests that society may be geophysically-committed

to peak warming exceeding key global warming levels many years before those levels are
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reached – absent e!orts to directly remove CO2 from the atmosphere.

Recent research has substantially advanced scientific understanding of the instrumental

record of global warming (Chen et al., 2021), Earth’s energy imbalance (von Schuckmann

et al., 2020; Forster et al., 2021), aerosol radiative forcing (Bellouin et al., 2020; Forster et al.,

2021) and climate sensitivity (Sherwood et al., 2020; Forster et al., 2021). In light of these

advances, the current geophysical climate commitment needs to be revisited. Furthermore,

both ZECpeak
anthro and ZEC2100

anthro will change over time as GHG emissions continue and the

blend of radiative forcing agents in the atmosphere evolves. We ask, when will the world

be geophysically committed to reaching key global warming levels, such as 1.5 and 2.0°C,

either temporarily (overshoot) or at the end-of-century, and how do these estimates depend

upon the emissions trajectory?

2.2 Committed warming as a function of time

We quantify both ZECpeak
anthro and ZEC2100

anthro associated with a cessation of all anthropogenic

emissions using an emissions-based climate model, FaIR (Finite Amplitude Impulse Re-

sponse Model, v1.3) (Smith et al., 2018; Millar et al., 2017) with model parameters con-

strained by observations of global energy budget and temperature trends since the 1800s

(Methods). FaIR produces e!ective radiative forcing from emissions time-series of 39 gases

and short-lived climate forcers, with an intermediate concentration calculation for GHGs and

a four-timescale carbon-cycle representation that is sensitive to changes in uptake e”ciency

with cumulative emissions and temperature. Changes in land-use forcing are excluded from

this analysis because it is unclear how they should be represented in the ZEC framework

(e.g., Jones et al., 2019). Global temperature is calculated using a two-layer ocean model

(Held et al., 2010; Geo!roy et al., 2013) (Methods) which was also used for the global tem-

perature projection assessment in the IPCC’s Sixth Assessment Report (IPCC AR6) (Lee

et al., 2021).

Priors for key model parameters, including the radiative feedback parameter (which

governs ECS), the e”ciency of ocean heat uptake, ocean e!ective heat capacities, the mag-

nitude of GHG and aerosol forcing, and carbon cycle parameters are generated to match

distributions of state-of the-art global climate models (Geo!roy et al., 2013) and IPCC
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Figure 2.1: Constrained FaIR ensemble global temperature projections. a) Global warming
following Shared Socioeconomic Pathways (SSPs) with the historical temperature record
from HadCRUT5 Morice et al. (2012) overlaid in black. b) SSP2-4.5 with no cessation
of emissions (orange line), a cessation of only CO2 emissions (dotted line, ZECCO2) and
of all anthropogenic emissions (dashed line, ZECanthro) in the beginning of 2021. Shading
represents the 66% confidence interval obtained from a 6729 posterior member ensemble
(Methods). Global temperature anomalies are taken relative to the 1850-1900 average.

AR6 estimates (Forster et al., 2021; Smith et al., 2021) (Methods; Extended Data Figs. 2.4

to 2.7). Posterior model parameter distributions are then selected based on fits to obser-

vational records of global surface temperature, global energy accumulation and radiative

forcing since 1850, as well as present-day CO2 levels. These constraints result in a posterior

FaIR model ensemble that accurately fits the historical temperature record to within an es-

timate of internal temperature variability (Extended Data Fig. 2.8), and closely matches the

projections of 21st century warming as assessed by IPCC AR6 (Lee et al., 2021) (Fig. 2.1a).

Posterior estimates of ECS and the transient climate response (TCR) are 2.9°C [1.8-

4.7°C, 5-95% confidence] and 1.7°C [1.2-2.5°C], respectively. Median aerosol forcing is esti-

mated to be -1.2 W m↑2 [-1.8 to -0.6 W m↑2] in 2018 relative to 1765. These values are all

in good agreement with recent assessments based on multiple lines of evidence (Sherwood

et al., 2020; Bellouin et al., 2020) including IPCC AR6 (Forster et al., 2021).
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With the posterior FaIR ensemble, we first evaluate ZECpeak
anthro and ZEC2100

anthro associated

with an abrupt cessation of anthropogenic emissions near the present day (taken as January

2021) (Fig. 2.1b). We find a median ZECpeak
anthro of 0.22°C relative to 2020, with an overshoot

that lasts for approximately 18 years before eventually cooling to several tenths of a degree

Celsius below 2020 temperatures by the end-of-century (Fig. 2.1b, dashed line). Smith et

al. (2019), also using FaIR, estimated a median ZECpeak
anthro of approximately 0.1°C above

2018, while Matthews and Zickfeld (2012), using an intermediate complexity model, found

median peak warming of 0.3 °C following a cessation of all emissions. This di!erence in

results is due in large part to di!erences in aerosol forcing at the time of emissions cessation

between Smith et al. (2019) (-1.4 to -0.2 W m↑2, 90% confidence range), Matthews and

Zickfeld (2012) (-1.9 to -0.8 W m↑2), and this study (-1.8 to -0.6 W m↑2), as well as larger

climate sensitivity in Matthews and Zickfeld (2012).

Similar to Smith et al. (2019), we find net cooling at the end-of-century following emis-

sions cessation (a median ZEC2100
anthro of -0.4°C below the 2020 temperature), which is in

contrast to the end-of-century warming of approximately 0.3°C found in a previous study

(Mauritsen and Pincus, 2017) – a di!erence that may be due to di!erent assumptions about

residual GHG and non-CO2 forcing in the ZEC experiment, and the sensitivity of atmo-

spheric CO2 uptake to global temperatures (Smith et al., 2019).

The 2018 IPCC Special Report on global warming of 1.5°C concluded that past emis-

sions alone are unlikely (less than 33% probability) to raise global temperature above 1.5°C

relative to 1850-1900 (Allen et al., 2018). We find that there is now a 42% probability that

the world is committed to peak global warming (ZECpeak
anthro) of at least 1.5°C based on past

emissions alone, and a 2% probability that ZECpeak
anthro reaches at least 2.0°C (Fig. 2.1b). For

sustained warming of greater than 1.5°C and 2.0°C at the end-of-century (ZEC2100
anthro), the

probabilities are 5% and 0%, respectively, meaning that society is not yet committed to

these levels of long-term warming.

For comparison, we find that a cessation of CO2 emissions (ZECCO2), while holding all

other forcings fixed at present-day levels, results in temperatures remaining within approxi-

mately 0.1°C of the present-day temperature throughout the century (Fig. 2.1b, dotted line),

consistent with previous studies (Armour and Roe, 2011; Mauritsen and Pincus, 2017; Mac-
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Dougall et al., 2020). The end-of-century ZECCO2 is approximately 0°C [-0.02 to 0.12°C,

66% confidence] relative to present-day temperatures, in good agreement with the AR6

assessed likely range of 0°C ±0.19°C.

We next consider how ZECpeak
anthro and ZEC2100

anthro change over time following a range of

emissions pathways prior to cessation, as illustrated by eight Shared Socioeconomic Pathway

(SSP) emission scenarios: SSP1-1.9, SSP1-2.6, SSP4-3.4, SSP2-4.5, SSP4-6.0, SSP3-7.0-

lowNTCF (‘Near Term Climate Forcing’), SSP3-7.0, and SSP5-8.5 (Riahi et al., 2017). We

conduct simulations of the climate response to a cessation of anthropogenic emissions within

FaIR in every year for the period 2021-2080 or until CO2 emissions reach net-zero, following

each of these SSP scenarios, each run with 6,729 posterior ensemble members (Methods).

Fig. 2.2a shows ZECpeak
anthro and ZEC2100

anthro relative to the pre-industrial period 1850-1900 as

a function of the year in which emissions cease along a moderate mitigation scenario (SSP2-

4.5) (solid black and dashed black lines, respectively). A key result is that the time at

which ZECpeak
anthro is reached occurs from four to seven years before that temperature would

be exceeded following SSP2-4.5 (horizontal distance between orange and solid black lines

and shading in Fig. 2.2a); while there is a 66% probability of exceeding 1.5°C by 2035, there

is a 66% probability of being committed to at least 1.5°C of warming by 2029 (ZECpeak
anthro

in Fig. 2.2a; Table 2.1). For 2°C, this becomes 2061 and 2057, respectively (ZECpeak
anthro in

Fig. 2.2a; Table 2.1). The number of years that ZECpeak
anthro is reached before a given warming

level is exceeded depends on the probability threshold considered, with the 17th percentile of

the ensemble (corresponding to high aerosol forcing and high climate sensitivity) producing

a larger di!erence, and the 83rd percentile of the ensemble (corresponding to low aerosol

forcing and low climate sensitivity) producing a smaller di!erence (Table 2.1).

A similar assessment can be made for ZEC2100
anthro, for which temperature thresholds are

surpassed after the thresholds themselves are reached in the emissions scenario. We find

that end-of-century warming commitments of 1.5 and 2.0°C are reached by 2055 and 2061

with 66% probability – 15 and 16 years after those temperatures are reached, respectively,

when following SSP2-4.5 (Fig. 2.2a). Since global temperature in 2100 after a cessation of

emissions is relatively stable compared to peak warming, this implies that society is not

committed to long-term warming of a given magnitude prior to when that temperature is
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Figure 2.2: Committed warming and scenario warming following SSP2-4.5. FaIR ensem-
ble temperature projections assuming no cessation of emissions (orange line) and warming

commitments, ZECpeak
anthro (solid black line) and ZEC2100

anthro (dashed black line), as functions
of emissions cessation year (a) and cumulative anthropogenic CO2 emissions since the be-
ginning of 2021 (b). For SSP2-4.5 in (a), the x-axis is ‘Year’. Shading indicates the 66%
confidence interval. Global temperature anomalies are taken relative to the 1850-1900 av-
erage.

reached following an emissions trajectory.

Considering the seven other emissions scenarios, results show that committed warming

of 1.5 and 2°C (ZECpeak
anthro) occurs roughly half a decade before those temperatures would

actually be exceeded if emissions were never halted (Fig. 2.3a,c,e; Table 2.1). The choice

of emissions pathway becomes increasingly important with time, with high and very high

emissions scenarios (SSP3-7.0, SSP5-8.5) generating a ZECpeak
anthro of 2°C earlier than lower

emissions scenarios. Conversely, only high mitigation (SSP1-1.9, SSP1-2.6) avoids ZECpeak
anthro

of 2°C over this century in the 66th percentile. A ZEC2100
anthro exceeding 1.5°C and 2.0°C

following a cessation of emissions in this century is avoided in low (SSP1-2.6) and in low to

moderate (SSP4-3.4, SSP2-4.5) emissions scenarios, respectively.

The elevated warming following a cessation of emissions in 2021 (temperature overshoot)

lasts 11-48 years (66% confidence range). The length of the temperature overshoot generally

declines with aerosol forcing, and is therefore dependent upon the emissions trajectory; by
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Table 2.1: Year in which a cessation of anthropogenic emissions leads to ZECpeak
anthro and

ZEC2100
anthro of 1.5, 1.7 and 2°C following SSP2-4.5 at the 17th, 50th, 66th, and 83rd percent

confidence levels. ‘No cessation’ refers to the year in which these temperatures are reached
following the emissions scenario without a cessation of emissions. ‘A/R’ indicates that the
temperature commitment has already been reached at that probability level as of the begin-
ning of 2021, while ‘N/R’ indicates that the commitment is not reached at that probability
level within the bounds of the experiment (up to year 2080).

Global warming

since 1850-1900

(°C)

Temperature

metric
Commitment year by ensemble percentile

17th 50th 66th 83rd

1.5

ZECpeak
anthro A/R 2024 2029 2037

ZEC2100
anthro 2031 2046 2055 2065

No cessation 2024 2031 2035 2040

1.7

ZECpeak
anthro A/R 2032 2040 2050

ZEC2100
anthro 2038 2055 2064 2076

No cessation 2031 2039 2044 2052

2.0

ZECpeak
anthro 2032 2047 2057 2074

ZEC2100
anthro 2048 2068 N/R N/R

No cessation 2040 2052 2061 2077

2060, a cessation of all emissions along medium-to-high aerosol forcing scenarios (SSP3-

7.0, SSP4-6.0; Fig. 2.9) results in 6-31 year overshoots, while low aerosol forcing scenarios

(SSP1-1.9, SSP1-2.6), result in 3-10 year overshoots (66% confidence range).

2.3 Committed warming as a function of cumulative emissions

The projected 21st century warming following di!erent SSP emissions scenarios (Fig. 2.3a)

simplifies greatly when cast in terms of the cumulative CO2 emissions (Fig. 2.3b; calculated

as cumulative anthropogenic CO2 emitted since January 2021). Consistent with previous

studies (Allen et al., 2009; Matthews et al., 2009; MacDougall and Friedlingstein, 2015),
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global warming is nearly proportional to cumulative CO2 emissions, with small di!erences

between scenarios arising from the assumed rate of emissions and the fractional contribution

of non-CO2 climate forcing to total forcing. A relevant measure of this proportionality is the

Transient Climate Response to Emissions (TCRE), defined as the global temperature change

per 1000 GtCO2 emitted. We find that the constrained FaIR ensemble has TCRE = 0.44°C

per 1000 GtCO2 [0.33-0.59°C per 1000 GtCO2, 66% confidence range] when calculated for

SSP2-4.5 for the period 2018-2068. These estimates are in line with Matthews et al.’s

(2020) estimate of 0.44°C per 1000 GtCO2 [0.32-0.62 °C per 1000 GtCO2, 90% range] and

the IPCC AR6 (Canadell et al., 2021) estimate of 0.45°C per 1000 GtCO2 [0.27-0.63 °C per

1000 GtCO2, 66% range].

We next evaluate how ZECpeak
anthro and ZEC2100

anthro scale with the cumulative CO2 emitted

until the year emissions cease. The evolution of ZECpeak
anthro is nearly proportional to cu-

mulative CO2 emissions (Fig. 2.3b), despite its dependence on aerosol forcing at the time

emissions cease. This is likely due to the approximately constant fraction of aerosol forcing

relative to total forcing over time for most individual SSP pathways. Exceptions are SSP1-

2.6 and SSP1-1.9, wherein aerosols decrease rapidly during the first half of the 21st century

and decline more slowly thereafter (Extended Data Fig. 2.9), resulting in a non-linear re-

sponse in peak warming as a function of emissions cessation year. The proportionality with

cumulative CO2 emissions is more evident for ZEC2100
anthro, which is independent of the emis-

sions scenario (Fig. 2.3c) because the residual CO2 forcing dominates total forcing by 2100

following a cessation of emissions.

The proportionality of committed warming to cumulative CO2 emissions permits the

quantification of a remaining carbon budget for committed warming of 1.5, 1.7, and 2°C

(Table 2.2). Total cumulative carbon emitted between 1850 and 2019 is approximately

2,290 GtCO2, within the IPCC AR6 estimate of 2,390 +/- 240 GtCO2 for the same period

(Canadell et al., 2021). A median ZECpeak
anthro of 1.5°C is reached after the emission of 120

GtCO2 [0-340 GtCO2, 66% confidence] relative to the beginning of 2021 (Fig. 2.2b); for 2°C

the remaining carbon budget is 1,120 GtCO2 [470-1,550 GtCO2]. At the end-of-century

(ZEC2100
anthro), 1.5°C is reached after the emission of 1,080 GtCO2 [420-1,470 GtCO2]; for 2°C

this remaining carbon budget is 1,980 GtCO2 [1,170-not reached within the experiments].
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Figure 2.3: Committed warming and scenario warming relative to 1850-1900 for all SSPs.
Temperature response following each SSP with no cessation of emissions as a function of
year (a); ZECpeak

anthro (b) and ZEC2100
anthro (c) as a function of shut-o! year until 2080 or when

emissions reach net-zero. d-f are as in a-c, but as functions of cumulative emissions since
the beginning of 2021. Note that a, b, and c correspond to the orange, solid black and
dashed black lines presented in Fig. 2.2, respectively, but for all SSPs. Shading represents
the 66% confidence interval.

Uncertainty in the remaining carbon budgets stems mainly from uncertainties in aerosol

forcing and climate sensitivity. However, the results are consistent across the emissions

scenarios – a key to maintaining consistency in the calculation of carbon budgets (Matthews

et al., 2020).

Remaining carbon budgets estimated using the ZEC can be contrasted to those esti-

mated following emissions pathways without a cessation of emissions (Table 2.2). 1.5°C is

exceeded with 66% probability when cumulative emissions since 2021 reach 600 GtCO2 fol-

lowing SSP2-4.5 (orange line in Fig. 2.2b), a measure of the ‘threshold exceedance budget’
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(Canadell et al., 2021). This is substantially larger than the 66th percentile estimate of 340

GtCO2 using ZECpeak
anthro because it does not account for the additional warming that would

occur as aerosol forcing is reduced upon abrupt cessation of emissions. The smaller carbon

budgets obtained using ZECpeak
anthro would provide an underestimate for emissions pathways

that achieve net-zero CO2 through the implementation of carbon dioxide removal technolo-

gies while maintaining some level of anthropogenic aerosol emissions. However, compared

to scenarios that phase out emissions more slowly and without net-negative CO2, ZEC
peak
anthro

provides the smallest estimate of peak warming over the 21st century, and therefore can be

considered a lower bound on committed warming (Extended Data Fig. 2.10).

Table 2.2: Estimated remaining carbon budget (GtCO2) relative to the beginning of 2021

for ZECpeak
anthro and ZEC2100

anthro of 1.5, 1.7 and 2°C following SSP2-4.5 at the 17th, 50th, 66th,
and 83rd percent confidence levels. ‘No cessation’ and ‘N/R’ are as in Table 2.1.

Global warming

since 1850-1900

(°C)

Temperature

metric
Estimated remaining carbon budget

17th 50th 66th 83rd

1.5

ZECpeak
anthro 0 120 340 680

ZEC2100
anthro 420 1080 1470 1870

No cessation 120 420 600 820

1.7

ZECpeak
anthro 0 470 820 1260

ZEC2100
anthro 730 1470 1830 2250

No cessation 420 770 990 1340

2.0

ZECpeak
anthro 470 1120 1550 2190

ZEC2100
anthro 1170 1980 N/R N/R

No cessation 820 1340 1720 2280

These calculations are relatively pathway-independent across priority SSPs, and are

therefore robust to choice of emissions trajectory. As such, they do not require an examina-
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tion of only a subset of emissions trajectories that are calibrated to avoid 1.5 or 2°C (such as

those presented in IPCC AR6), or that are constrained by socioeconomic feasibility (Allen

et al., 2018; Rogelj et al., 2019). This methodology is appropriate when considering the

possibility of a temperature overshoot that may persist for over a decade, with subsequent

impacts on human and natural systems that respond quickly, and perhaps irreversibly, to

global warming.

Two important insights are that: (i) the world will have a greater than 66% probability

of being committed to peak warming above 1.5°C by 2027-2032 in all emissions scenarios,

and 2°C by 2043-2057 in medium to high emissions scenarios (SSP2-4.5 to SSP5-8.5), and

(ii) these temperature commitments will occur 4 to 6 years before the 1.5 and 2°C warming

levels will actually be exceeded, assuming emissions follow SSP2-4.5. We find that the 1.5

and 2.0°C peak warming commitments (ZECpeak
anthro) correspond to median carbon budgets

of approximately 120 and 1,120 Gt CO2 relative to the beginning of 2021, respectively.

Given that FaIR does not capture the possibility of future destabilizing climate feedbacks

such as decreased ice sheet cover (Goosse et al., 2018), thawing permafrost and methane

hydrate dissociation due to ocean warming (MacDougall, 2021; Ruppel and Kessler, 2017),

or a sea-surface temperature pattern e!ect that allows for a more substantial shift toward

destabilizing cloud feedbacks in the future than modeled here (Andrews et al., 2018; Silvers

et al., 2018; Zhou et al., 2016, 2017, 2021), these estimates of the timing of geophysical

warming commitments may become underestimates as global temperatures rise.

2.4 Methods

Model.

We use FaIR v1.3.6 (Smith et al., 2018) for all historical and future climate simulations. His-

torical simulations are run using the Reduced-Complexity Model Intercomparison Project

(RCMIP)-generated SSP emissions time-series for the period 1765-2016; future scenarios

are run for SSP1-1.9, SSP1-2.6, SSP4-3.4, SSP2-4.5, SSP4-6.0, SSP3-7.0-lowNTCF, SSP3-

7.0, and SSP5-8.5 for the period 2016-2100, with an abrupt cessation of all anthropogenic

emissions in every year along each pathway until 2080 or until CO2 emissions reach net
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zero; CO2 emissions are set to zero while all other emissions are set to pre-industrial (1765)

levels in order to retain background sources. Background emissions of N2O and CH4 for the

historical period and into the future are prescribed using the default time-series in FaIR,

where emissions vary over the historical period but are constant from 2005 onwards as a

proxy for natural sources.

Forcing associated with land-use change is not included over the historical record or in

future projections due to the lack of a dynamic vegetation model and its overestimation

in FaIR relative to AR6 estimates (Forster et al., 2021). Land-use change associated with

the zero emissions commitment was also not modeled in intermediate complexity models

participating in ZECMIP (Jones et al., 2019). Volcanic and solar forcing are not included

in future emissions scenarios in order to isolate anthropogenic warming. Volcanic forcing

for the historical period is scaled by a factor of 0.6 in order to obtain better agreement

with historical aerosol forcing and global temperatures (similar scaling-down of volcanic

e”cacy has previously been performed in the MAGICC simple climate model for better

correspondence to observed temperatures (Meinshausen et al., 2011)).

We modify FaIR to use the Held et al. (Held et al., 2010) two-layer energy balance

model (EBM) to calculate global temperatures from radiative forcing. The equations for

this EBM are:

C
dT

dt
= F + ωT → ϑε(T → T0)

C0
dT0

dt
= ε(T → T0)

where C and C0 are, respectively, the heat capacities of the first layer (representing the

surface components of the climate system including the atmosphere, land, sea ice, and

ocean mixed layer) and second layer (representing the deep ocean); ε is the coe”cient of

heat exchange between the two layers, representing a measure of the ocean heat uptake

e”ciency; ω is the radiative feedback parameter; and ϑ is a deep ocean e”cacy factor that

expresses the time dependence of the global radiative feedback (see Held et al. (2010),

Geo!roy et al. (2013)). The equilibrium climate sensitivity is given by

ECS = →F2x

ω
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where F2x is the forcing for CO2 doubling. Retaining the Held formulation of energy balance

in FaIR allows us to diagnose heat uptake, account for feedback time dependence, and model

feedback parameters estimated from global climate models (GCMs) (Geo!roy et al., 2013).

Ensemble development.

A 300,000 member FaIR ensemble is generated by drawing random values from prior proba-

bility distributions of ECS (uniform from 1 to 6°C), ocean model variables, and carbon cycle

parameters. Normal prior distributions of ε, C and C0 are generated using distributions

from GCMs (Geo!roy et al., 2013), but with standard deviations (ϖ) expanded by 50%; the

distribution in ε is truncated to avoid values less than 0.1, while C0 is truncated to avoid

sampling deep ocean heat capacities less than 10 W m↑2 °C↑1 yr (ε: mean = 0.67 W m↑2

°C↑1, ϖ = 0.225 W m↑2 °C↑1; C: mean = 8.2 W m↑2 °C↑1 yr, ϖ = 1.4 W m↑2 °C↑1 yr; C0:

mean = 124.7 W m↑2 °C↑1 yr, ϖ = 65.8 W m↑2 °C↑1 yr). A lognormal prior distribution

for ϑ is generated using distributions from GCMs (Geo!roy et al., 2013) (mean = 1.28, ϖ =

0.375), with values of ϑ above unity reflecting the fact that the e!ective climate sensitivity

is expected to become larger in the future as the geographic pattern of warming changes

on timescales of multiple centuries (Forster et al., 2021; Andrews et al., 2015; Dong et al.,

2019, 2020).

We scale GHG forcing due to CO2, CH4, and N2O in every year by a constant amount

generated from normal distributions that match the updated IPCC AR6 “very likely” range

(90% confidence interval) of radiative forcing over the industrial period (1750-2018; CO2:

mean = 2.15 W m↑2, ϖ = 0.16 W m↑2; CH4: mean = 0.54 W m↑2, ϖ = 0.07 W m↑2; N2O:

mean = 0.19 W m↑2, ϖ = 0.02 W m↑2). Aerosol forcing is also scaled by a constant amount

by values drawn from a uniform distribution ranging from -2.2 to -0.1 W m↑2 in order to

adequately sample the full range of possible forcing values. All other gases and short-lived

climate forcers (SLCFs) are treated using default parameterizations in FaIR (not scaled).

Uncertainty in FaIR carbon cycle parameters associated with various uptake processes

is treated as in Smith et al. (2018; 2019). Because FaIR has no representation of inter-

nal variablity, ZECpeak
anthro and ZEC2100

anthro are quantified based on annual mean temperature
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values.

Constraining the model.

Following the methods of Armour (2017), a Bayesian framework is used to constrain model

outputs to observational estimates of global mean sea surface temperature (T), ocean heat

uptake (Q), and radiative forcing (F) for the 2006-2019 mean relative to the 1850-1900 base-

line, reducing the model ensemble to 6,729 members. Specifically, only ensemble members

that satisfy the condition:
√(

ϱT

ϖT

)2

+

(
ϱQ

ϖQ

)2

+

(
ϱN

ϖN

)2

< 1.65

are kept, where ϱT , ϱQ and ϱF are the di!erences between the model-derived estimates of

global surface temperature, ocean heat uptake and total radiative forcing anomalies (2006-

2019 mean relative to the 1850-1900 baseline) and observational estimates, with ϖT , ϖQ

and ϖN representing one standard deviation of the mean for each of these values, and 1.65

corresponding to the 90% confidence level. Observational values are taken from the IPCC

AR6: #Tobs = 1.03 ± 0.2°C, #Qobs = 0.59 ± 0.35 W m↑2 and #Nobs = 2.20 ± 0.7 W

m↑2 (Forster et al., 2021). Modeled CO2 concentrations are additionally constrained to be

within ± 2 ppm of the 2006-2018 mean (395.98 ppm) (NOAA, 2020).

This method produces a posterior estimate on the equilibrium climate sensitivity of

2.9°C [1.8-4.7°C], which is consistent with the most recent estimate of 2.3-4.7°C provided by

Sherwood et al. (2020) and 2-5°C as assessed in IPCC AR6. Posterior estimates of aerosol

forcing and the remaining four free parameters in the two-layer ocean model (ε, ϑ, C and

C0) are shown in Extended Data Figs. 2.4 to 2.7). However, the observational record is not

long enough to adequately constrain ϑ owing to the slow adjustment of the deep ocean (the

timescale on which the value of ϑ becomes relevant for surface warming). The posterior

distribution of ϑ used in this study is thus the same as the prior (Extended Data Fig. 2.5c);

however, the choice of prior distribution in ϑ does not significantly a!ect the conclusions

presented here.

2.5 Extended Data
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Figure 2.4: Posterior estimates of ECS (a) and TCR (b) are 2.9°C [1.8-4.7°C, 90% confidence]
and 1.7°C [1.2-2.5°C], respectively.
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Figure 2.5: The global radiative feedback parameter, ω (a), ocean heat exchange coe”cient,
ε (b), and deep ocean e”cacy factor, ϑ (e). Note that neither ε nor ϑ are well constrained
by the observational record.
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Figure 2.6: CO2 (a), CH4 (b), N2O (c), and aerosol (d) forcing in 2018 relative to 1765.
Total ERF (e) is the 2006-2019 mean relative to the 1850-1900 average. Note that the
posterior median total ERF of 2.1 W m↑2 corresponds well with the observational value of
2.2 W m↑2, ϖ = 0.43 W m↑2. Median aerosol forcing agrees well with the AR6 estimate of
-1.1 W m↑2 [-2.0 to -0.4 W m↑2] for the same period.
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Figure 2.7: R0 (a) represents the airborne fraction of CO2 during the preindustrial, and
rt (b) and rc (c) capture the decreasing absorption e”cacy of land and ocean carbon sinks
with rising global temperatures and CO2 concentrations, respectively. Note that rc and rt
are not well-constrained by the observational record. The posterior mean r0 is 33.8 years,
which is between that of Millar et al.’s (2017) value of 32.4 years, and Smith et al.’s (2018)
value of 35 years.



25

Figure 2.8: Prior (300,000 member) (a) and posterior (6,729) (b) modeled global tem-
peratures. The observed temperature (overlaid in black) is the ensemble mean from the
HadCRUT5 blended air and sea surface temperature dataset (Morice et al., 2012). Shading
represents the 90% confidence interval.

Figure 2.9: CO2 (a), Aerosol (b), and total (c) radiative forcing. Shading represents the
90% confidence interval.
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Figure 2.10: Modeled global temperature anomaly relative to 1850-1900 (a) and total radia-
tive forcing relative to 1765 (b) for a phase-out of anthropogenic emissions as compared to
the abrupt cessation shown in the main text (‘abrupt’) following SSP2-4.5. Legend indicates
the number of years over which the phase-out occurred, beginning in 2021, where emissions
of all gases decrease linearly to zero (GHGs) and to 1765 levels (all other gases), with no
net-negative CO2 emissions.
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Chapter 3

MID-PLIOCENE CLIMATE FORCING, SEA SURFACE
TEMPERATURE PATTERNS, AND IMPLICATIONS FOR

MODERN-DAY CLIMATE SENSITIVITY

This chapter is published as: Dvorak, M., Armour, K.C., Feng, R., Cooper, V.T., Zhu,

J., Burls, N. and C. Proistosescu. Mid-Pliocene climate forcing, sea surface temperature

patterns, and implications for modern-day climate sensitivity. Journal of Climate, 38,

3037–3053 (2025). https://doi.org/10.1175/JCLI-D-24-0410.1.

Abstract

Characterized by similar-to-today CO2 levels (↑400ppm) and surface temperatures approx-

imately 3-4°C warmer than the preindustrial, the mid-Pliocene Warm Period (mPWP) has

often been used as an analog for modern CO2-driven climate change, and as a constraint on

the equilibrium climate sensitivity (ECS). However, model intercomparison studies suggest

that non-CO2 boundary conditions – such as changes in ice sheets – contribute substantially

to the higher global mean temperatures and strongly shape the pattern of sea surface warm-

ing during the mPWP. Here, we employ a set of CESM2 simulations to quantify mPWP

e!ective radiative forcings, study the role of ocean circulation changes in shaping the pat-

terns of sea surface temperatures, and calculate radiative feedbacks during the mPWP. We

find that the non-CO2 boundary conditions of the mPWP, enhanced by changes in ocean cir-

culation, contributed to larger high-latitude warming and less-stabilizing feedbacks relative

to those induced by CO2 alone. Accounting for di!erences in feedbacks between the mPWP

and the modern (greenhouse-gas driven) climate provides stronger constraints on the high-

end of modern-day ECS. However, a quantification of the forcing of non-CO2 boundary

condition changes combined with the distinct radiative feedbacks that they induce suggests

that Earth System Sensitivity may be higher than previously estimated.
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3.1 Introduction

The mid-Pliocene warm period (mPWP, ↑3.3–3.0 Mya) – also referred to as the mid-

Piacenzian (Dowsett et al., 2016) – was an interval in Earth’s history characterized by

similar-to-today concentrations of atmospheric CO2 (↑400ppm; Mart́ınez-Bot́ı et al., 2015)

but with global average temperatures approximately 3–4°C warmer than the preindustrial

(Sherwood et al., 2020; Forster et al., 2021; Annan et al., 2024; Tierney et al., 2025). The

potential for anthropogenic greenhouse gas emissions to drive global warming to similar

levels has contributed to the use of this period as an analog for climate change over the

21st century (Burke et al., 2018; Tierney et al., 2020; Burton et al., 2023). It has also been

used as a constraint on the equilibrium climate sensitivity (ECS) – a key metric of the

long-term global temperature response to CO2 forcing (e.g., Sherwood et al., 2020; Forster

et al., 2021).

However, coupled global climate model simulations from the recent Pliocene Model In-

tercomparison Project phase 2 (PlioMIP2; Haywood et al., 2016) suggest that a significant

fraction of the surface warming during the mPWP may have been driven by paleoenviron-

mental boundary conditions rather than CO2 forcing (Lunt et al., 2012; Haywood et al.,

2020; Baatsen et al., 2021; Feng et al., 2020). These include topographic anomalies result-

ing from reduced ice sheet extent over Greenland and Antarctica (the latter resulting in an

ice-free, oceanized West Antarctica) and exposure of the Bering Strait land bridge, Arctic

Archipelagic and Sunda and Sahul continental shelves in Indonesia (Fig. 3.1), along with

major changes in vegetation type and extent (Haywood et al., 2016). In simulations carried

out using the US National Science Foundation National Center for Atmospheric Research’s

(NSF NCAR’s) fully coupled Community Earth System Model, version 2 (CESM2; Danaba-

soglu et al., 2020), this set of paleoenvironmental boundary conditions, with no greenhouse

gas changes relative to the preindustrial, lead to globally-averaged surface warming of 2.9°C

– more than half of the 5.1°C mPWP warming in the model (Feng et al., 2020).

That more than half of the warming of the mPWP was driven by boundary condition

changes implies that care must be taken when using reconstructions of this period as an

analog for greenhouse-gas driven near-term warming. The standard method of inferring
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climate sensitivity to CO2 from these reconstructions is by treating these slow changes

as forcings, rather than as feedbacks (e.g., Sherwood et al., 2020; PALEOSENS, 2012). In

doing so, it has been assumed that the climate’s sensitivity to changes in CO2 and boundary

conditions are similar; i.e., that all forcings produce the same amount of global warming

per unit forcing.

However, recent studies of the Last Glacial Maximum (LGM) have shown that more of

the cooling at the LGM came from non-CO2 forcings (specifically land ice sheet changes)

than previously recognized (Zhu and Poulsen, 2021) and, thus, that ECS and near-future,

greenhouse-gas driven warming can be constrained to be a lower value (Cooper et al. 2024).

The mechanism by which this occurs is known as the pattern e!ect (Armour et al., 2013;

Andrews et al., 2015; Stevens et al., 2016), whereby radiative feedbacks (mainly associated

with cloud responses) depend on the spatial pattern of sea surface temperatures (SSTs) (e.g.,

Dong et al., 2019; Zhou et al., 2017). Because ice sheet changes occur at high latitudes,

the warming or cooling they induce also primarily occurs at high latitudes, where radiative

feedbacks are relatively more positive (amplifying) (Stuecker et al., 2018). This leads to

a larger global temperature response than that induced by an equivalent amount of CO2

forcing, which peaks in the tropics and is more spatially uniform (Smith et al., 2020; Bonan

et al., 2018).

Does a similar SST pattern e!ect on radiative feedbacks need to be accounted for when

constraining ECS and future warming using reconstructions of the mPWP? To answer this

question, we need a quantitative understanding of the drivers of mPWP warmth, and of

the radiative feedbacks induced by CO2 and boundary condition changes in particular.

Previous studies have examined the large-scale e!ects of these boundary conditions on the

mPWP climate with fully coupled simulations in which paleogeography, vegetation, ice

sheets, and CO2 are modified individually (Lunt et al., 2021, 2010; Chandan and Peltier,

2018; Feng et al., 2017; Haywood et al., 2016; Feng et al., 2022). The global climate response

to paleogeographic changes (including continental topography and ocean bathymetry) are

thought to be relatively small (Feng et al., 2017), while changes in vegetation and ice sheets

are thought to contribute substantially to mPWP warmth (Chandan and Peltier, 2017;

Wei!enbach et al., 2023). Here we build on these findings by performing CESM2 simulations
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that allow us to calculate the e!ective radiative forcing (ERF; Forster et al., 2021, 2016)

associated with mPWP CO2 and boundary conditions. With these ERFs quantified, we

are then able to calculate the radiative feedbacks induced by these changes separately,

and determine whether the climate’s sensitivity to mPWP forcings is di!erent from its

sensitivity to CO2 doubling alone (which defines ECS). We also perform mixed-layer (“slab”)

ocean CESM2 simulations with the same set of mPWP forcings to assess the role of ocean

circulation in shaping the SST patterns that give rise to radiative feedback di!erences. The

results have direct implications for how the mPWP can be used to constrain ECS and future

warming.

We use a set of models in the CESM2 family to quantify and understand the forcings

and feedbacks shaping the mPWP climate, similar in spirit to the methodology used by Zhu

and Poulsen (2021) for the LGM. In what follows, we describe the models used (Section

3.2), provide a novel estimate of mPWP ERFs (Section 3.3), investigate the role of ocean

circulation in shaping mPWP SST patterns (Section 3.4), and quantify radiative feedbacks

under mPWP forcings (Section 3.5). Finally, we discuss the implications of our results for

estimates of modern-day ECS – of relevance for near-term warming – and for the Earth

System Sensitivity governing warming in the distant future (Section 3.6).

3.2 Overview of models and approach

We carry out a suite of simulations using CESM2.1 in atmosphere-only, slab ocean, and

fully coupled configurations. CESM2 is a coupled atmosphere-land-ocean-sea ice global cli-

mate model with 32 vertical levels in the atmosphere and 60 vertical levels in the oceans.

In all simulations, the model incorporates the Community Atmosphere Model version 6.0

(CAM6), Community Land Model version 5.0 (CLM5), Community Ice Code (CICE) ver-

sion 5, and the Parallel Ocean Program (POP) version 2. All simulations are carried out

with atmosphere and land models resolved at 0.9° latitude ↓ 1.25° longitude. Fully-coupled

simulations of the preindustrial control and CO2 forcing simulations were performed with

ocean and sea ice components resolved on a 384↓ 320 curvilinear mesh grid; mPWP simu-

lations were performed with an expanded grid of 394↓ 320 to resolve dynamic processes in

the oceanized West Antarctica (Feng et al., 2020).
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Figure 3.1: PRISM4 topographic land-sea mask used as input to CESM2 mPWP simulations
(Dowsett et al., 2016). Ice sheet changes are shown as surface elevation anomalies with
respect to preindustrial ice sheet height. Preindustrial coastlines are shown in green while
mPWP coastlines are shown in black.

All mPWP simulations employ a set of paleoenvironmental boundary conditions devel-

oped through the most recent phase of the Pliocene Research, Interpretation and Synoptic

Mapping project 4 (PRISM4) (Dowsett et al., 2016). These include global reconstructions

of the land-sea mask, vegetation type and extent, soil and lake distributions, continental

topography, ocean bathymetry, and ice sheet height and extent (Fig. 3.1). We refer to this

set of features hereafter as simply “boundary conditions.” CO2 concentrations are set to

400ppm, while all other greenhouse gases and aerosol emissions are set to preindustrial lev-

els, as these are not well constrained by paleoclimate reconstructions. Orbital parameters

are set to those of 3.205 Ma, which is the same as the preindustrial (Haywood et al., 2016).

We make use of existing fully coupled model (FCM) CESM2 simulations that were

performed as part of the PlioMIP2 project (Feng et al., 2020; Table 3.1). These are: a
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preindustrial (PI) control simulation with CO2 at 284.7ppm (FCM-PI, 2000 years long); a

mPWP simulation complete with mPWP-level CO2 at 400ppm and boundary conditions

(FCM-mPWP, 1200 years long); a mPWP boundary condition-only simulation with PI-level

CO2 of 284.7ppm (FCM-BC, 400 years long); and a simulation with PI control boundary

conditions but mPWP-level CO2 of 400 ppm (FCM-CO2, 900 years long) (Table 3.1). These

simulations were run with dynamical phenology while plant functional types were prescribed

separately for mPWP and PI. Simulations using PI boundary conditions were initialized

from the end of the 1200 year PI control simulation performed for the Coupled Model

Intercomparison Project phase 6 (CMIP6; Eyring et al., 2016).

Model initialization from a warm ocean state was used to e”ciently achieve quasi-

equilibrium in FCM-mPWP (Feng et al., 2020). All simulations have a global top-of-

atmosphere radiation imbalance of ↔ 0.25 Wm↑2 by the end of run-time (Table 3.1). The

soil carbon reservoir (relevant for vegetation) was initialized to reach equilibrium by running

standalone CLM5 with mPWP boundary conditions for 600 years (Feng et al., 2020) before

carrying out the FCM-mPWP and FCM-BC simulations.

For comparison with CO2-driven future climate change, we also make use of an existing

150-year-long simulation of CESM2, contributed to CMIP6, wherein CO2 concentrations

were abruptly doubled from PI levels (referred to here as FCM-2xCO2). We extended this

simulation for another 150 years in order to allow the model to come closer to equilibrium,

permitting a more accurate estimate of the model value of ECS (e.g., Rugenstein and

Armour, 2021) (Section 3.5), which is defined by the equilibrium surface warming under

CO2 doubling.

As noted above, within these fully coupled CESM2 simulations, boundary conditions

alone account for over half of the total global mPWP surface warming (compare 2.9°C

in FCM-BC to 5.1°C in FCM-mPWP – see Table 3.1). Meanwhile, mPWP CO2 forcing

alone accounts for less than half of mPWP warming (2.0°C in FCM-CO2). Note that the

simulated responses are relatively linear such that the sum of global temperature changes

in FCM-CO2 and FCM-BC (4.9°C) is nearly equal to the global temperature change in

FCM-mPWP (5.1°C). There is substantial polar amplification of surface warming from

boundary conditions when compared to CO2 changes alone (Fig. 3.2b-c). When normalized
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Table 3.1: Description of simulations used in this study. All values are taken as averages
over the period of analysis unless otherwise noted, and anomalies are taken with respect to
preindustrial control simulations.

Model set-up Simulation long name Simulation

short name

Length

(period of

analysis)

(years)

Global

TOA

radiation

imbalance

anomaly,

!N

(Wm→2)

Average

global

surface

tempera-

ture

anomaly,

!T (°C)

Fully

coupled

Preindustrial control FCM-PI 2000 (100) 0.06 0.

mid-Pliocene FCM-mPWP 1200 (100) 0.25 5.10

mid-Pliocene 284.7ppm CO2 FCM-BC 400 (50) 0.03 2.85

400ppm CO2 only FCM-CO2 900 (90) 0.14 2.01

2xCO2 (569ppm) FCM-2xCO2 300 (250)* 0* 4.07*

Slab ocean

mid-Pliocene SOM-mPWP 126 (50) 0.08 4.46

mid-Pliocene 284.7ppm CO2 SOM-BC 75 (50) 0.02 1.15

400ppm CO2 only SOM-CO2 84 (50) -0.03 2.41

2xCO2 (569ppm) SOM-2xCO2 84 (50) 0.09 5.56

Atmosphere-

only

mid-Pliocene ATM-mPWP 30 (25) 3.40 0.46

mid-Pliocene 284.7ppm CO2 ATM-BC 35 (30) 1.34 0.31

400ppm CO2 only ATM-CO2 33 (28) 2.06 0.11

2xCO2 (569ppm) ATM-2xCO2 33 (28) 4.27 0.26

*Period of analysis here corresponds to a regression of !N on !T over years 100-300, with the equilibrium

temperature extrapolated to !N = 0 Wm→2.

by the global mean sea surface temperature, a pattern of enhanced warming in the Southern

Ocean, North Pacific Ocean, and North Atlantic Ocean is evident, especially in FCM-BC

(Fig. 3.2d-f). These warming patterns also come along with strong reductions in low cloud

cover (Fig. 3.2g-i), suggesting that cloud feedbacks may play a role in how mPWP boundary

conditions influence global temperature.

To further probe the drivers of mPWP warmth within CESM2, we first quantify the

ERF of mPWP boundary condition and CO2 changes using atmosphere-only simulations,

allowing us to determine the extent to which each contributes directly to mPWP warming.

We then consider in greater detail the spatial patterns of warming induced by each forcing,
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Figure 3.2: Surface air temperature (a-c), sea surface temperature normalized by global
mean (d-f), and low cloud fraction (g-i) anomalies from preindustrial diagnosed from fully
coupled CESM2 simulations of mid-Pliocene forcings (FCM-mPWP), changes in bound-
ary conditions only (FCM-BC), and changes in CO2 only (FCM-CO2). All panels show
anomalies relative to FCM-PI.

and quantify the contribution of slow ocean circulation changes to surface warming patterns

by comparing the existing fully coupled model results to new slab ocean model simulations

in which ocean heat transport cannot change. Finally, we use these simulations to quantify

the radiative feedbacks that govern the climate’s sensitivity to the di!erent mPWP forcings

and connect them to di!erences in warming patterns.

3.3 mPWP e!ective radiative forcing (ERF)

To calculate the ERF of mPWP forcings, we follow the now-standard approach (e.g., Hansen

et al., 2005; Pincus et al., 2016) of performing simulations with an atmosphere-only model

(CAM6, the atmospheric component of CESM2) in which SSTs and sea ice concentrations

are prescribed to match the PI climatology while boundary conditions and CO2 forcing are
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imposed. We refer to these as fixed-SST simulations.

We employ a forcing-feedback framework consistent with the standard formulation of

global energy balance:

#N = #F + ω#T, (3.1)

where #N is the global top-of-atmosphere radiation change from PI, #F is e!ective radia-

tive forcing, #T is the global surface air temperature change from PI, and ω is the global

radiative feedback (negative for a stable climate). Given #N , ERF can be estimated us-

ing equation (3.1) in the case where #T ↗ 0; i.e., the average global surface temperature

is unchanged with respect to the PI control. In practice, the simulations show a small

amount of global mean surface warming (ϱT ) even with fixed SSTs and sea ice concentra-

tions. The radiative response to this warming e!ectively reduces #N and biases the ERF

estimate downward. We correct for this e!ect by using the common Hansen et al. (2005)

adjustment:

#F = #FfSST → ϱTfSSTω (3.2)

where ω is the net radiative feedback estimated from the fully coupled, abrupt CO2-doubling

simulation (FCM-2xCO2). Note that equations (3.1)-(3.2) can also be applied to estimate

shortwave (SW) and longwave (LW) components of ERF separately.

We perform five fixed-SST simulations with CAM6, denoted with ATM for atmosphere-

only, corresponding to the five forcing scenarios described above for CESM2 (Table 3.1).

We run each of these simulations for a minimum of 30 years, and exclude the first 6 years

from the ERF analysis to allow for transient adjustment to the imposed forcings. In all

fixed-SST simulations, sea surface temperatures and sea ice concentration are prescribed to

match values derived from the climatology of CESM2’s PI control simulations. In regions

of West Antarctica where the absence of grounded and floating ice shelves in the mPWP

(ATM-mPWP and ATM-BC) requires the introduction of new ocean grid cells (Fig. 3.1),

SSTs are fixed to the freezing point of seawater (→1.8°C) and sea ice concentration is set to

100%. This choice maintains a realistic ocean surface albedo in the high Southern latitudes,

where SSTs are cold enough to support sea ice but no PI sea ice exists (Supplementary

Fig. 3.10).



36

Using our ATM-mPWP simulation and equations (3.1)-(3.2), we calculate a total ERF

of the mPWP of 3.8 Wm↑2. This accounts for changes in CO2, land-sea mask, ice sheets,

vegetation, and topography between the mPWP and the PI. This total forcing can also be

quantified in terms of its SW and LW components (Table 3.2). We find that the ERF of

mPWP boundary conditions alone (ATM-BC) is 1.7 Wm↑2, while that of CO2 (ATM-CO2)

is 2.2 Wm↑2. Once again, the simulated responses are relatively linear such that the sum of

ERFs in ATM-CO2 and ATM-BC (3.9 Wm↑2) is nearly equal to the ERF in ATM-mPWP

(3.8 Wm↑2).

Table 3.2: Global average ERF and their SW and LW components.

#N

(Wm↑2)

#F (after

adjustment)

(Wm↑2)

#F (SW)

(Wm↑2)

#F (LW)

(Wm↑2)

ATM-mPWP 3.40 3.83 2.64 1.19

ATM-BC 1.34 1.65 2.28 →0.63

ATM-CO2 2.06 2.17 0.58 1.59

ATM-2xCO2 4.27 4.53 1.18 3.36

We find significant hemispheric asymmetry in the ERF of the mPWP, with strong, posi-

tive SW forcing in the northern high latitudes due to land surface albedo changes associated

with the reduction of the Greenland ice sheet and increase in vegetation cover, extending

from Siberia across the above-sea-level Bering Strait and North America (Fig. 3.3). The

tropics are characterized by positive SW forcing associated with vegetation changes in sub-

saharan Africa, which is slightly o!set by the enhanced LW emission to space from the

warmer atmosphere.

We also find slight negative SW forcing in Indonesia where the exposure of the Sunda

and Sahul shelves leads to an increase in surface albedo, and negative SW forcing over

the eastern tropical Pacific Ocean in ATM-mPWP and ATM-BC – possibly due to a cloud

response to a change in atmospheric column temperatures and moisture favoring an increase



37

in atmospheric stability. LW forcing is positive everywhere in ATM-CO2 owing to higher

CO2 levels reducing outgoing LW radiation. Altogether, the total mPWP forcing is positive

in most regions of the globe, except over some localized regions of the ocean, such as the

eastern tropical Pacific and North Atlantic, and over Indonesia (Fig. 3.3).

Figure 3.3: Shortwave (a-c), longwave (d-f), and total (g-i) e!ective radiative forcing (ERF)
anomalies diagnosed from top-of-atmosphere radiative imbalances in fixed-SST atmosphere-
only (CAM6) simulations. All figures show ERF after making the global mean Hansen et
al. (2005) adjustment (equation 3.2).

PlioMIP studies have heretofore focused on estimating the global warming contributions

of mPWP forcings through a suite of fully coupled simulations in which boundary conditions

are imposed individually (Burton et al., 2023; Baatsen et al., 2021; Lunt et al., 2012, 2010),

rather than on quantifying the ERF of these individual changes. CO2 forcing of the mPWP

has been estimated using existing CO2-driven simulations (e.g., CO2 doubling) under the

assumption that CO2 forcing scales logarithmically with concentration (Sherwood et al.,

2020; Haywood et al., 2020; Feng et al., 2020). The explicit quantification of mPWP ERF,

and its separation into contributions from boundary condition and CO2 changes, presented
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here, is the first to use fixed-SST simulations, which are necessary for accurate ERF estima-

tion (e.g., Andrews et al., 2021; Zhu and Poulsen, 2021). This approach is consistent with

the CMIP6 protocol for estimating ERF (Smith et al., 2020).

If boundary conditions and greenhouse gases a!ected global temperature in the same

way, then each would induce warming in proportion to their fraction of the total mPWP

ERF. The ERF from boundary condition changes in CESM2 is 1.7 Wm↑2 (around 43% of

the total mPWP forcing of 3.8 Wm↑2), while ERF from greenhouse gas changes in CESM2

is 2.2 Wm↑2 (around 57% of the total mPWP forcing). However, we have shown that

boundary condition changes alone contribute 55% of total mPWP warming in CESM2,

while greenhouse gases contribute only 40% (with a remaining 5% coming from nonlinear

interactions). While previous work has cast such di!erences in terms of varying forcing

“e”cacies” (e.g., Hansen et al., 2005; Zhu and Poulsen, 2020), more recent work has shown

that this is more naturally explained by the di!erent spatial patterns of radiative forcing and

the feedbacks that are induced (e.g., Zhou et al., 2023; Cooper et al., 2024). In particular,

CO2 forcing is relatively spatially uniform with a maximum in the tropics, while boundary

condition forcing is spatially variable with the largest positive forcing at high latitudes and

with some regions of negative forcing in the tropics (Fig. 3.3); these di!erences give rise to

distinct patterns of SST changes and feedbacks, and in turn to distinct global temperature

responses. We examine these SST patterns in greater detail in the following section.

3.4 mPWP SST patterns and the role of ocean circulation changes

To better understand the respective contributions of CO2 and boundary conditions to the

mPWP global temperature response, we perform slab ocean simulations (CAM6 coupled to

an ocean mixed layer of fixed depth) in which SSTs can change but ocean heat transport

is fixed to that of CESM2’s PI control simulation. By comparing the results of these

simulations to the fully coupled CESM2 simulations described above (Fig. 3.2), we can

evaluate the role of ocean heat transport changes in shaping the SST response.

Using the CAM6 slab ocean model (SOM), we perform the same suite of five simulations

as for the fully coupled and atmosphere-only configurations described above (Table 3.1). We

run the SOM simulations for a minimum of 70 years, with the average over the last ↑50
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used for analysis to avoid transient spin-up in the first couple of decades. All simulations

show a TOA radiative imbalance of < 0.1 Wm↑2 at the end of run-time.

In each of these SOM simulations, mixed layer ocean heat flux convergence (Qflx) is

prescribed to match that of the seasonally-varying, fully coupled CESM2 PI control clima-

tology (e.g., Zhu and Poulsen, 2021). Analogous to the fixed-SST simulations described

above, regions of ocean that are retained in the mPWP simulations are given the PI Qflx;

in the region of new ocean grid cells of West Antarctica, where no PI Qflx exists, the Qflx is

set to zero to reflect no ocean heat flux convergence in the PI control climatology (Supple-

mentary Fig. 3.11). Nearest-neighbor interpolation is used to smooth the transition from

zero Qflx to PI control values, and a small residual is distributed across all grid cells in

order to maintain a globally-integrated Qflx of zero.

3.4.1 mPWP warming in the absence of ocean circulation changes

SOM-mPWP gives a globally-averaged surface warming of 4.5°C above the PI control, while

SOM-BC and SOM-CO2 give 1.2°C and 2.4°C of surface warming, respectively (Table 3.1).

SOM-BC shows substantial Northern Hemisphere polar amplification, with warming over

the North Pacific and North Atlantic Oceans and cooling over the tropical oceans; it also

shows cooling over portions of the Southern Ocean (Fig. 3.4b,e). In contrast, SOM-CO2

shows a much more spatially uniform SST response (Fig. 3.4c,f), which is expected from

the more-uniform pattern of radiative forcing (Fig. 3.3i). Boundary conditions alone (SOM-

BC) lead to less global warming per unit of forcing than does CO2 alone (SOM-CO2), and

to much less warming than was seen in the corresponding fully coupled simulation (FCM-

BC) despite identical boundary conditions (Table 3.3). The small amount of warming in

SOM-BC, despite a large ERF, indicates a more-negative (stabilizing) global feedback in

response to boundary conditions than to CO2 forcing. This is consistent with the increase

in low-cloud cover in the eastern tropical Pacific Ocean and lack of low-cloud cover loss

in the Southern Ocean in the SOM-BC simulation (Fig. 3.4h), both of which act to reflect

relatively more SW radiation than in the other simulations, resulting in less global warming.

The cause of these low-cloud cover changes in SOM-BC appears to be the cooling of the
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Figure 3.4: Surface air temperature (a-c), sea surface temperature normalized by global
mean (d-f), and low cloud fraction (g-i) anomalies from preindustrial diagnosed slab ocean
CESM2 simulations of mid-Pliocene forcings (SOM-mPWP), changes in boundary condi-
tions only (SOM-BC), and changes in CO2 only (SOM-CO2).

Southern Ocean in response to West Antarctic ice sheet changes. The atmospheric response

to a lowering of the ice sheet topography is a cyclonic wind anomaly that advects cold polar

air and sea ice northward (Fig. 3.5), resulting in cooling of the Pacific sector of the Southern

Ocean via a sea-ice-albedo feedback. These wind and SST anomaly patterns are consistent

with those seen in a previous study of the response of slab ocean models to a lowering of

West Antarctic topography (Steig et al., 2015).

The prominent surface cooling and low-cloud growth over the tropical east Pacific Ocean

in SOM-BC is consistent with recent work demonstrating a southeast tropical Pacific cooling

response to Southern Ocean cooling via an atmospheric teleconnection (Dong et al., 2022;

Hartmann, 2022; Kim et al., 2022; Kang et al., 2023b), in which advection of Southern

Ocean cold air anomalies toward the equatorial Pacific by climatological winds initiates

cooling in the southeast Pacific, enhanced by a wind-evaporation-SST (WES) feedback
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associated with a strengthening of southeasterly winds; in turn, surface cooling stabilizes

the atmospheric boundary layer aloft, resulting in an increase in subtropical low-cloud cover

that further amplifies surface cooling. We hypothesize that the same mechanism is at play

here. This cooling of the Southern Hemisphere relative to the Northern also results in a

large northward shift of the Intertropical Convergence Zone (ITCZ) in SOM-BC, which may

further act to enhance southeast tropical Pacific cooling via a strengthening of the Hadley

cell and an increase in surface winds. The negative SW ERF over the tropical Pacific Ocean

in SOM-BC (Fig. 3.3b) may also contribute to tropical cooling, though this appears to be

a secondary e!ect given that the same ERF is present in all mPWP boundary condition

simulations (Fig. 3.3b) while tropical cooling only arises when the Southern Ocean cools as

well (i.e., in SOM-BC).

The resulting increase in subtropical low-cloud cover and associated eastern Pacific cool-

ing significantly reduces the global mean temperature response in SOM-BC. Interestingly,

while the boundary condition and CO2-driven ERFs were found to add linearly to the full

mPWP ERF, globally-averaged temperature responses in the slab ocean simulations do

not. This nonlinearity could arise from: (i) Southern Ocean sea ice loss under CO2 forc-

ing precluding a strong sea-ice-albedo feedback (and subsequent Southern Ocean cooling)

in response to West Antarctic ice sheet changes in the absence of anomalous ocean heat

transport; and (ii) asymmetries in the subtropical cloud response that have been shown to

result in (locally) less-negative cloud feedbacks in areas of subtropical cooling as opposed

to warming (Bloch-Johnson et al., 2024).

3.4.2 The role of ocean circulation changes in mPWP warmth

We now return to the fully coupled CESM2 simulations to assess how ocean circulation

changes influence the magnitude and spatial pattern of warming in response to mPWP

forcings. Total warming in FCM-mPWP is approximately 5.1°C, or an increase of 0.6°C

over SOM-mPWP, while FCM-BC and FCM-CO2 produce 1.6°C more, and 0.4°C less,

warming than their SOM equivalents, respectively. This highlights an important role for

ocean circulation changes in enhancing the global temperature response to mPWP boundary
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Figure 3.5: Southern Ocean sea ice fraction anomalies for fully coupled (a-c) and slab ocean
(d-f) simulations, with surface wind anomalies indicated as vectors.

conditions.

We find that the Southern Ocean and eastern tropical Pacific cooling seen in SOM-

BC does not arise in FCM-BC, despite identical boundary conditions (compare Fig. 3.4b

and 3.2b). Instead, FCM-BC shows strong Southern Ocean warming, which then by the

same atmospheric teleconnections discussed above acts to warm the eastern tropical Pa-

cific, resulting in a strong loss of subtropical low-cloud cover and an amplification of the

global warming response. FCM-BC shows only a small northward shift of the ITCZ (Sup-

plementary Fig. 3.12) – in part due to a weak hemispheric warming contrast given strong

Southern Ocean warming, and in part due to anomalous southward cross-equatorial ocean

heat transport reducing the need for the ITCZ to move northward from energy balance

arguments (e.g., Green and Marshall, 2017). Altogether, these di!erences result in much
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Figure 3.6: Southern Ocean heat flux convergence (Qflx) anomalies calculated from fully
coupled simulations as the sum of the total surface heat flux and the internal latent heat of
ice formation/melt into the mixed layer (a-c); zonal-average ocean heat transport anomalies
from the same simulations (positive is northward) (d).

stronger warming of the eastern tropical Pacific in FCM-BC relative to SOM-BC.

Similar widespread warming of the Southern Ocean and tropical Pacific was also found

by Steig et al. (2015) when using fully coupled models in which ocean circulation was

allowed to adjust in response to a lowering of the West Antarctic ice sheet. Steig et al.

(2015) speculated that the relevant changes in Southern Ocean circulation could be a result

of enhanced Ekman upwelling of relatively warm water associated with the cyclonic wind

anomalies present over the eastern Pacific Southern Ocean. However, we find that the

mPWP and boundary condition simulations do not show an increase in wind stress curl

around Antarctica poleward of the Antarctic Circumpolar Current, as would be expected

for enhanced upwelling (Supplementary Fig. 3.13).

Yet, we do find a strong increase in poleward ocean heat transport south of 65°S on

the order of 0.1 PW in FCM-BC and FCM-mPWP (Fig. 3.6a), consistent with an increase
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in ocean heat flux convergence in the West Antarctic, particularly at very high latitudes

(Fig. 3.6b). Note that 0.1 PW corresponds to heat flux convergence of around 4 Wm↑2

averaged over the polar cap poleward of 65°S, which is larger than the average mPWP ERF

values in this region (Fig. 3.3), illustrating why these ocean heat transport changes are such

a substantial driver of southern high latitude warming and, in turn, on tropical and global

warming through low-cloud feedbacks.

Enhanced Southern Ocean warming in FCM-mPWP was found to be common across

models participating in PlioMIP2 (Wei!enbach et al., 2023), and was associated with dra-

matic sea ice loss and a decline in abyssal Southern Ocean overturning due to enhanced

stratification. We also find significant warming of the water column in FCM-mPWP (Sup-

plementary Fig. 3.14), and a decline in sea ice extent that is much more marked in FCM-

mPWP and FCM-BC than FCM-CO2 (Fig. 3.5g-i), indicating a smaller role for CO2 in

driving sea ice loss and surface warming during the mPWP. The change in sign from cool-

ing to warming in the eastern tropical Pacific in FCM-BC relative to SOM-BC provides

evidence that the negative SW ERF there (Fig. 3.3b,h) is not su”cient to drive tropical

Pacific cooling in the presence of Southern Ocean warming.

To better isolate the climatic e!ect of Southern Ocean warming, we perform an additional

slab ocean simulation in which we modify the Qflx field in the Southern Ocean south of

65°S to reproduce FCM-BC ocean heat transport changes in only this region. Specifically,

all ocean grid cells south of this latitude were prescribed to match the ocean heat flux

convergence and mixed layer depth simulated in the last 50 year average of FCM-BC; PI

Qflx is retained elsewhere. The results show strong Southern Ocean warming that extends

to the tropics in all ocean basins, resulting in a reduction in subtropical low-cloud cover and

larger global warming, broadly consistent with FCM-BC (Supplementary Fig. 3.15). This

indicates that Southern Ocean heat transport changes (Supplementary Fig. 3.16) alone are

su”cient to produce the di!erences between fully coupled model and slab ocean model

responses to mPWP boundary condition forcing, and are the main reason for the larger

global warming response in FCM-BC compared to SOM-mPWP. We note that a similarly

important role for ocean dynamics in changing Southern Ocean and equatorial SSTs has

been found in LGM simulations (Zhu and Poulsen, 2021).
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An evaluation of the slab ocean model biases (Supplementary Fig. 3.17) in both the PI

and mPWP simulations suggests that up to 2°C of Southern Ocean temperature increases

in the slab ocean simulations may be due to a methodological bias in this model set-up (e.g.,

resulting from using annual-mean mixed layer depths in the SOM versus seasonally-varying

mixed layer depths in the FCM). However, this is a relatively small fraction (less than 10%)

of the regional warming simulated in FCM-mPWP relative to SOM-mPWP, meaning that

the Southern Ocean warming response in the fully coupled model can be attributed to ocean

heat transport changes.

To what degree do ice sheet changes drive the Southern Ocean warming of the mPWP,

relative to all other boundary conditions? To answer this, we examine an existing fully

coupled CESM2 simulation that uses mPWP continental topography and ocean bathymetry,

including a closed Bering Strait and exposed Sunda and Sahul shelves, but PI control ice

sheet extent, vegetation, and CO2-levels (including PI topography in Antarctica) (Eo280

in Feng et al., 2022; here referred to as FCM-Oro). We find that this simulation shows

no Southern Ocean warming (Supplementary Fig. 3.18) and a global temperature anomaly

of →0.6°C relative to the PI. These results suggest a leading role for West Antarctic ice

sheet loss in driving Southern Ocean warming, in turn resulting in eastern tropical Pacific

warming, a reduction in subtropical low-cloud cover, and an amplification of the global

temperature response to mPWP forcings. Further work would be needed to unambiguously

attribute Southern Ocean heat transport and temperature changes to West Antarctic ice

sheet loss, rather than to other boundary condition changes that could remotely a!ect the

region (namely changes in northern hemisphere vegetation and the Greenland ice sheet).

3.5 mPWP radiative feedbacks

Thus far we have found that boundary conditions – primarily associated with ice sheet loss

– have an outsized influence on global temperature response of the mPWP. Here, we use our

values of ERF and equation (3.1) to quantify the global radiative feedback, ω, for each slab

ocean and fully coupled simulation described above (Table 3.3). We also apply equation

(3.1) to all-sky and clear-sky radiation fields separately to estimate the respective role of

cloud feedbacks – here approximated by the Cloud Radiative E!ect (CRE) per degree of
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warming. We note that a more sophisticated method using radiative kernels or perturbations

would be necessary to account for e!ects such as cloud masking of water vapor, lapse rate,

and surface albedo changes in the calculation of a cloud feedback (Soden et al., 2004); it is,

however, a good approximation where surface albedo changes are small (over open ocean).

As expected, we find that the global feedback associated with mPWP boundary con-

ditions di!ers from that associated with CO2 within both slab ocean and fully coupled

simulations. Within the former, boundary conditions drive a far more negative feedback

(ωBC = →1.42 Wm↑2K↑1 in SOM-BC) than does CO2 (ωCO2 = →0.80 Wm↑2K↑1 in

SOM-CO2), consistent with boundary conditions inducing a subtropical cooling and low-

cloud cover increase not seen under CO2 forcing. However, we find the opposite behavior

within the fully coupled model: boundary conditions drive a far less negative feedback

(ωBC = →0.59 Wm↑2K↑1 in FCM-BC) than does CO2 (ωCO2 = →1.01 Wm↑2K↑1 in FCM-

CO2), consistent with increased poleward ocean heat transport to the southern high lati-

tudes resulting in Southern Ocean warming and a subsequent decrease in subtropical cloud

cover.

Table 3.3: Global radiative feedbacks calculated as in equation (3.1). The period of analysis,
#N, and #T values for each simulation are as noted in Table 3.1.

#N

(Wm↑2)

#F

(Wm↑2)

#T (K) ω

(Wm↑2K↑1)

FCM-mPWP 0.25 3.83 5.10 →0.70

FCM-BC 0.03 1.65 2.85 →0.59

FCM-CO2 0.14 2.17 2.01 →1.01

FCM-2xCO2 0* 4.53 4.07* →1.12*

SOM-mPWP 0.08 3.83 4.46 →0.84

SOM-BC 0.02 1.65 1.15 →1.42

SOM-CO2 →0.03 2.17 2.41 →0.91

SOM-2xCO2 0.09 4.53 5.56 →0.80
*corresponds to a regression of !N on !T over years 100-300, with the equilibrium temperature

extrapolated to !N = 0 Wm→2.
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The spatial patterns of radiative feedbacks (defined as the local top-of-atmosphere ra-

diative response per degree of global surface temperature change), help to explain why the

boundary conditions drive a small global temperature response in the slab ocean model:

a strong negative cloud feedback over areas of surface cooling in the eastern subtropical

Pacific – a pattern that is reversed in the fully coupled model (Fig. 3.7b,e,h). Note that in

all simulations, the subtropical Pacific cloud feedback is locally positive (amplifying local

surface temperature changes); therefore, when quantified in terms of a global temperature

change, the change in sign between model configurations (Figs. 3.7 and 3.8) stems from

the subtropical Pacific cooling in SOM-BC resulting in a local increase in low-cloud cover

despite global warming, and from the subtropical Pacific warming in FCM-BC resulting

in a local decrease in low-cloud cover with global warming. Furthermore, relatively larger

warming in the Southern Ocean, subtropical Pacific Ocean, and North Atlantic Ocean in

FCM-BC and FCM-mPWP corresponds to a more-positive cloud feedback in these regions,

resulting in an overall feedback that is less negative under boundary conditions than CO2.

The global feedback of the mPWP (ωmPWP) can be understood as a weighted sum of

ωBC and ωCO2 separately. This can be seen by applying equation (3.1) to each simula-

tion separately and allowing for di!erent feedbacks; at equilibrium this gives #TmPWP =

→#FmPWP/ωmPWP, #TCO2 = →#FCO2/ωCO2 , and #TBC = →#FBC/ωBC. Assuming global

temperature response (and ERF) sums linearly for these simulations – a good approxima-

tion for the fully coupled model – we can approximate #TmPWP = #TCO2 + #TBC and

#FmPWP = #FCO2 +#FBC. From equation (3.1) applied at equilibrium, the global feed-

back under full mPWP forcing can then be written as

ωmPWP = →#FmPWP

#TmPWP
,

↗ ωCO2

#TCO2

#TmPWP
+ ωBC

#TBC

#TmPWP
.

(3.3)

That is, the mPWP feedback is the sum of the feedbacks under CO2 alone and boundary

conditions alone, weighted by the respective fractional contributions of those scenarios to

total mPWP warming. From values in Table 3.2, equation (3.3) provides an estimate

ωmPWP ↗ →0.73 Wm↑2K↑1, in good agreement with the actual value of ωmPWP = →0.70

Wm↑2K↑1 derived from equation (3.1) applied to the fully coupled mPWP simulation.



48

Figure 3.7: Net (a-c), clear sky (d-f), and cloud (g-i) radiative feedbacks from slab ocean
simulations, calculated using equation (3.1) and normalized by the global mean surface air
temperature response. The cloud feedback is calculated using the di!erence between all-sky
and clear-sky TOA radiative imbalance anomalies (CRE per degree of warming).

equation (3.3) shows why the value of ωmPWP must be between the values of ωCO2 and ωBC,

and why ωmPWP is closer to ωBC in the fully coupled model (because #TBC is larger than

#TCO2). Equation (3.3) does not provide an accurate estimate of ωmPWP in the slab ocean

model, where the assumption of linearity does not hold, but it still provides qualitative

reasoning for why ωmPWP is close to ωCO2 in the slab ocean model (because #TCO2 is much

larger than #TBC).

To what extent do feedbacks operating during the mPWP represent a good analog to

those operating under greenhouse gas forcing today? Some mPWP-like boundary conditions

(e.g., ice sheet and vegetation changes) can be expected to occur slowly over the coming

centuries, while other mPWP-like boundary conditions (e.g., changes in land topography

and ocean bathymetry) are not expected to occur in the same way even in the distant
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Figure 3.8: As in Fig. 3.7, but for fully coupled simulations.

future. It is therefore important to quantify the extent to which ωmPWP di!ers from the

feedback governing near-term warming in the absence of these boundary conditions. To do

so, we calculate the di!erence between ωmPWP and an estimate of the global feedback under

abrupt CO2 doubling (Tables 3.1 and 3.3), ω2xCO2 , as:

#ω = ω2xCO2 → ωmPWP. (3.4)

We interpret #ω as primarily reflecting di!erent patterns of surface warming induced by

the unique boundary conditions of the mPWP (which are not expected to occur in the

near-term future) and induced by modern-day CO2 forcing. We can then infer that #ω

represents a paleoclimate ‘pattern e!ect’, following other recent studies (e.g., Cooper et

al. 2024). #ω has been widely estimated for the historical record, during which greater

warming has been observed in the western tropical Pacific than the eastern tropical Pacific,

enhancing deep convection and increasing tropospheric stability, and thus producing more

negative (stabilizing) cloud feedbacks (Dong et al., 2019; Andrews et al., 2018, 2022) – an
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SST pattern that is expected to reverse with greenhouse-gas driven future warming, driving

less-negative feedbacks (Ceppi and Gregory, 2017; Dong et al., 2019; Forster et al., 2021).

Equation (3.4) provides a quantification of this SST pattern e!ect for the mPWP.

We compare the global feedback under mPWP forcing to the feedback under an abrupt

CO2 doubling, which defines ECS when equilibrium warming is reached. ECS has been

found to be highly correlated with warming over the 21st century within climate models (e.g.,

Sherwood et al., 2020). Although we have extended fully coupled CESM2’s abrupt CO2

doubling simulation (FCM-2xCO2) to a length of 300 years, it is still far from equilibrium

at the end of runtime. We therefore calculate ECS as the equilibrium temperature change

extrapolated from a Gregory regression following Gregory et al., 2004 (producing an ECS

of approximately 4.1°C; see Table 3.3 and footnote therein; Supplementary Fig. 3.19). We

then calculate ω2xCO2 = →F2xCO2/ECS, where F2xCO2 is the ERF quantified using a fixed-

SST simulation as described in Section 3.3 (Table 3.3). For the slab ocean model, we

perform a CO2 doubling simulation (SOM-2xCO2) that reaches equilibrium, allowing us to

quantify ECS directly as the global average temperature anomaly (producing an ECS of

approximately 5.6°C; Tables 3.1 and 3.3).

The di!erence between ECS values in slab ocean and fully coupled versions of CESM2

may reflect di!erences in ocean heat transport between the two configurations. Our estimate

of ECS in the slab ocean version of CESM2 (5.6°C) is slightly higher than the widely-

cited estimate of 5.1-5.3°C, which has been derived from previous 2xCO2 SOM simulations

(Danabasoglu et al., 2020; Gettelman et al., 2019; Zelinka et al., 2020), but identical to

the most recent estimate using the same model configuration (Zhu et al., 2021). On the

other hand, our estimate of ECS in the fully coupled CESM2 (4.1°C) is substantially lower

than widely-cited estimates of ECS estimated from abrupt CO2 quadrupling simulations

with CESM2 (> 5°C) but higher than estimates based on regression over the previously-

available 150 years of abrupt CO2 doubling (e.g., 3.4°C in Poletti et al., 2024). Our 2xCO2

ERF estimate of 4.5 Wm↑2 is greater than 1/2 the value of published estimates of 4xCO2

ERF (6.7 Wm↑2, Poletti et al., 2024; 8.9 Wm↑2, Smith et al., 2020). We can therefore

infer that the di!erence we find in ECS is associated with greater sensitivity of CESM2

at higher global warming levels, rather than non-logarithmic behavior of CO2 forcing with
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concentration (Poletti et al., 2024; Rugenstein and Armour, 2021; Bloch-Johnson et al.,

2021). Our estimate of ECS of 4.1°C, based on a 300 year-long simulation of CO2 doubling,

is consistent with the 900 year FCM-CO2 simulation scaled logarithmically to a higher CO2

level (4.1°C), and likely represents the current most accurate estimate of ECS for CESM2.

We calculate a pattern e!ect, #ω, equal to →0.07 Wm↑2K↑1 in our slab ocean model,

but →0.4 Wm↑2K↑1 in the fully coupled. That is, feedbacks induced by mPWP forcings

are substantially less negative than feedbacks induced by CO2 doubling alone in the fully

coupled model. This large value of #ω in the fully coupled model reflects the fact that

mPWP boundary conditions, hypothesized here to be associated with the response of ocean

circulation to ice sheet loss, induce less-negative feedbacks primarily via the cloud changes

described above (Fig. 3.8). That we find such an important role for subtropical cloud cover

in the warming of the mPWP is consistent with previous work identifying, through energy

balance analysis, a decrease in cloud albedo in the Southern Hemisphere subtropics across

the PlioMIP2 ensemble (Burton et al., 2023); it is also supported by research demonstrating

that subtropical cloud albedo reductions alone can enhance regional surface temperatures

su”cient to reproduce reconstructed tropical Pacific SSTs of the mPWP (Burls and Fedorov,

2014). In the following section, we discuss the implications of these findings for estimates

of the modern-day ECS based on mPWP reconstructions.

3.6 Discussion

E!orts to constrain ECS and future warming from paleoclimate records often make the

implicit assumption that the climate response to paleoclimate forcing is analogous to that

associated with today’s greenhouse gas forcing. Recent research leveraging both models

(Zhu and Poulsen, 2021) and data assimilation approaches (Cooper et al., 2024) suggests

that this may not be a good assumption for the LGM. In particular, the response to LGM

ice sheet forcing was found to be characterized by less-negative radiative feedbacks than

the response to CO2 forcing due to the distinct spatial patterns of temperature change they

induce, referred to in the literature as the “pattern e!ect”. The implication is that more of

the LGM cooling may have come from ice sheet forcing, rather than CO2, than previously

recognized. Thus, high values of ECS (measuring global temperature response to CO2
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forcing alone) are inconsistent with reconstructed LGM cooling (Cooper et al., 2024).

Motivated by these findings, we evaluated the potential for mPWP boundary condition

forcing to produce a di!erent climate response than CO2 forcing. By performing novel

fixed-SST simulations with CESM2, we quantified the ERF of mPWP boundary condition

and CO2 changes. Our estimates can be compared to the mPWP forcing estimates used in

the community ECS assessment of Sherwood et al. (2020) (hereafter SW20). Here, total

greenhouse gas (including methane and nitrous oxide) forcing was found to be 2.2 Wm↑2 –

identical to our mPWP CO2 ERF estimate of 2.2 Wm↑2. As in Haywood et al. (2016), we

interpret our CO2 forcing (corresponding to 400 ppm rather than 375 ppm as in SW20) as

representative of the total greenhouse gas forcing of the mPWP. SW20 represented boundary

condition forcing by applying an additional inflation factor to the greenhouse gas forcing to

arrive at a central estimate of total mPWP of 3.3 Wm↑2, or 0.5 Wm↑2 smaller than our

estimate of 3.8 Wm↑2. Because the greenhouse gas forcing estimates are nearly identical,

the di!erence in total mPWP forcing comes from our value of boundary condition ERF

being 0.5 Wm↑2 larger than the central estimate implied in SW20.

Our higher value of mPWP boundary condition forcing may reflect our use of a single

climate model (CESM2), or our use of the modern ERF definition, which allows for rapid

atmospheric adjustment to forcing (increasing ERF relative to instantaneous radiative forc-

ing, for example). We note that it is unclear how corrections to ERF (to remove the e!ect

of land surface temperature changes on top-of-atmosphere radiation) should be applied for

non-CO2 forcings, such as ice sheet or vegetation changes, that are localized over land and

induce significant local temperature change. Here we have simply followed common practice

(Andrews et al., 2021) via equation (3.2), which results in a slight increase in our estimate

of ERF. Not adjusting for this surface temperature change would decrease our estimate

of total forcing by about 0.3 Wm↑2, bringing it closer to the SW20 forcing estimate but

also increasing our pattern e!ect estimate from →0.4Wm↑2K↑1 to →0.5Wm↑2K↑1. Use of

the adjusted ERF therefore provides a slightly more conservative estimate of the mPWP

pattern e!ect in CESM2.

It would be valuable to perform similar 30-year simulations with fixed-SSTs in other

atmospheric models to inform future mPWP forcing estimates, and to quantify each of
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the various forcings individually. Inclusion of fixed-SST simulations in the next PlioMIP,

for example, would allow for an estimation of intermodel spread in mPWP forcings and

feedbacks.

3.6.1 Implications for estimating ECS

To the extent that mPWP-like boundary condition (i.e., ice sheet and vegetation) changes

will occur in response to modern greenhouse gas warming, they will do so slowly. We can

therefore expect them to have little impact on the climate in the near-term (i.e., over this

century), but a potentially large impact on timescales of multiple centuries to millennia

(PALEOSENS, 2012; Knutti and Rugenstein, 2015) And while there is no strict separation

of timescales allowing one to disregard these slower feedbacks, they are not typically included

in estimates of modern-day ECS. In Section 3.5, we found the di!erence between the global

feedback relevant to future warming (ω2xCO2) and to the mPWP (ωmPWP) to be →0.4

Wm↑2K↑1 within CESM2, due to di!erences in the spatial pattern of warming resulting

in a less-negative feedback under full mPWP forcing. The common assumption that the

feedbacks at the mPWP are similar to those under greenhouse gas forcing today (ω2xCO2 ↗

ωmPWP, or #ω = 0) would therefore bias estimates of ECS upward (toward a too-sensitive

climate). However, this can be corrected for by accounting for these feedback di!erences

(Cooper et al., 2024).

To illustrate this principle, we consider the mPWP-constrained likelihood of ECS fol-

lowing the methods of SW20. In particular, to infer the modern-day ECS from mPWP

evidence, we have

ECS = →#F2xCO2

ω2xCO2

,

= → #F2xCO2

ω↓
mPWP +#ω

,
(3.5)

where ω↓
mPWP is the estimate of the mPWP feedback determined using equation (3.1) applied

to the mPWP at equilibrium. That is,

ω↓
mPWP = →#F ↓

mPWP

#T ↓
mPWP

, (3.6)

where #F ↓
mPWP is an estimate of mPWP forcing and #T ↓

mPWP is the mPWP global tem-

perature change from proxy reconstructions. If we take #F ↓
mPWP and #T ↓

mPWP from SW20
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(Supplementary Information) and set #ω = 0, then the likelihood for ECS reproduces

that in SW20 with a maximum likelihood of 3.2 K and a long tail toward high values

(Fig. 3.9). Updating the SW20 likelihood function to match the latest proxy-based assess-

ment of #T ↓
mPWP = 3.9 K ±1.1 K (one sigma; Annan et al. 2024) increases this estimate of

ECS to 4.2 K (solid black line in Fig. 3.9).

Next, we illustrate the e!ect of also updating the mPWP forcing to match the values

estimated using the ERF in this study. Our results suggest a value of #FmPWP that is

about 0.5 Wm↑2 larger than the central value of #F ↓
mPWP used in SW20 (Section 3.3) due

to a di!erent estimate of mPWP boundary condition forcing. Although our estimate of

#FmPWP is from a single model (CESM2), it represents the first quantification of the ERF

for the mPWP. To illustrate the impact of the larger forcing, we maintain the uncertainty

in the original SW20 value of #F ↓
mPWP, but increase its median value by 0.5 Wm↑2. This

change produces a maximum likelihood for ECS that is slightly lower than the updated

SW20 estimate (green line in Fig. 3.9).

Finally, we revise #F ↓
mPWP to match our CESM2 value while also accounting for our

CESM2-estimated value of #ω (equation 3.5). This produces a maximum likelihood of

2.8K with much smaller likelihood of high values (purple curve in Fig. 3.9). This illustrates

how accounting for feedback di!erences between the mPWP and modern-day CO2-induced

warming, in the absence of slow boundary condition changes, has the potential to produce

estimates of ECS from mPWP evidence that are substantially lower and better constrained.

3.6.2 Implications for estimating ESS

Our results also have consequences for the estimation of Earth System Sensitivity (ESS),

which captures the long-term (multi-centennial to multi-millenial) climate response to a

doubling of CO2. In this framing, large-scale ice sheet and vegetation changes are treated

as additional feedbacks on warming in response to CO2 forcing. Given the small impact

that non-ice sheet related orographic changes (such as ocean gateway closures) and ocean

bathymetric changes were found to have on the modeled mPWP climate in CESM simula-

tions (Feng et al., 2017), the response to boundary condition forcing of the mPWP can be
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Figure 3.9: Inference of modern-day climate sensitivity from the mPWP, reproduced from
Sherwood et al. (2020) (dashed black line), updated based on latest-available proxy evidence
(Annan et al., 2024) (solid black line), and then adjusted to account for enhanced boundary
condition forcing found in this study (green line), as well as the mPWP pattern e!ect
(purple line).

thought of as representing plausible changes that we may eventually see under modern-day

greenhouse forcing (e.g., Haywood et al., 2013), with relevance to future climate on very

long timescales.

From climate model simulations of mPWP warming, ESS can be estimated as ESS

↗ #TmPWP ·F2xCO2/FCO2 , where #TmPWP is the warming from the full mPWP forcing and

the factor F2xCO2/FCO2 is needed to convert to a warming from CO2 doubling given that

mPWP warming arose from a lower CO2 level (e.g., Haywood et al., 2013). Thus, the ratio

of ESS to ECS can be expressed as:

ESS

ECS
↗

#TmPWP

ECS
·
#F2xCO2

#FCO2

(3.7)

which for fully coupled CESM2 gives a value of ESS/ECS = 2.6 (from values in Table 3.3).

That is, as estimated by CESM2, the long-term warming from CO2 doubling would be

amplified by a factor of 2.6 due to boundary conditions, relative to ECS. For example,

given our mPWP-informed central estimate of 2.8 K (Fig. 3.9), this implies an ESS of 7.3

K – occurring on the timescale over which ice sheets and vegetation fully respond to and,

in turn, amplify the warming. While this amplification factor is substantially higher than

previous estimates of 1-2 (Haywood et al., 2013; Lunt et al., 2010, 2012), it is still within

the bounds of the multi-model ensemble of PlioMIP2 (1.1-2.9) (Haywood et al., 2020).
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What explains the high ESS/ECS ratio in CESM2? Using ω2xCO2 ↗ ωCO2 and#TmPWP ↗

#TCO2 +#TBC (good approximations for CESM2), equation (3.7) can be rewritten as:

ESS

ECS
↗ 1 +

#FBC

#FCO2

· ωCO2

ωBC
(3.8)

which gives a value of ESS/ECS = 2.3 – a decent approximation to the factor calculated di-

rectly from equation (3.7). When written this way, we can now interpret the ratio ESS/ECS

in terms of two factors. The first (#FBC/#FCO2) represents the ratio of boundary condi-

tion ERF to CO2 ERF. If #FBC were zero, then ESS would be equal to ECS. However, as

we saw above, boundary condition ERF for the mPWP in CESM2 is larger than previous

estimates (SW20). If we only consider this contribution by setting ωCO2 = ωBC in equation

(3.8), then ESS/ECS would be equal to only 1.8 – substantially smaller than the actual

value of ESS/ECS, and in good agreement with previous estimates that assume a constant

feedback across mPWP forcings (Haywood et al., 2013; Lunt et al., 2010). CESM2’s large

value of ESS/ECS comes from the fact that a large #FBC also induces a less-negative radia-

tive feedback than does #FCO2 such that the second factor (ωCO2/ωBC) is large, altogether

resulting in ESS/ECS well above 2.

It is possible that studies arriving at much lower values of ESS/ECS could have done

so by overestimating ECS by neglecting to account for the pattern e!ect on radiative feed-

backs (Hansen et al., 2023) or by relying on estimates using high CO2 (e.g., quadrupling)

simulations (e.g., Haywood et al., 2020 and citations therein). Generally speaking, where

high latitude forcing results in high latitude temperature change (often referred to as a

reduced meridional temperature gradient in the paleoclimate record (Forster et al., 2021)),

less-negative feedbacks result; correcting for this implies a lower modern ECS when ice sheet

forcing is small.

3.7 Conclusions

In this study, we found that mPWP boundary conditions were responsible for over half of the

mPWP warming despite amounting to less than half of the mPWP ERF (Table 3.3). This

implies that mPWP boundary conditions induce less-negative radiative feedbacks than does

CO2 (Table 3.3), consistent with their distinct spatial patterns of temperature and low-cloud
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responses (Fig. 3.2). We proposed that a primary reason for the less-negative cloud feedback

under mPWP boundary condition forcing is increased poleward ocean heat transport in the

Southern Ocean, resulting from a loss of the West Antarctic ice sheet. Warming of the

Southern Ocean then enhances warming of the eastern tropical Pacific Ocean through an

atmospheric teleconnection pathway that ultimately results in a reduction in subtropical

low clouds, and thus a less-negative global feedback under boundary condition forcing.

It is possible that CESM2 overestimates the climate response to mPWP boundary con-

ditions. This model is known to have a large subtropical cloud feedback, which strengthens

the teleconnection between Southern Ocean warming and tropical Pacific warming (Kang

et al., 2023a). However, CESM2 has been found to compare better than other climate mod-

els to observations of subtropical cloud properties (Kang et al., 2023b; Davis and Medeiros,

2024). While the results shown here are surely model-dependent, they highlight a need to

quantify the mPWP ERF within additional atmosphere-only models and to produce more

robust estimates of ERF and #ω for the mPWP using both additional climate models and

proxy-constrained data assimilation methods.

The results presented here have two important implications for future climate prediction.

On the one hand, that so much of the mPWP warming may have come from non-CO2

boundary conditions (inducing less-negative feedbacks via an SST pattern e!ect) suggests

that near-term warming in the absence of these changes may be smaller than commonly

reported. There exist opportunities to constrain mPWP warming patterns and feedbacks

using proxy data assimilation, for example following similar methods to Cooper et al. (2024).

Our results suggest that those e!orts could lead to stronger constraints on the high end of

ECS. On the other hand, they raise the possibility that ESS may be larger than commonly

estimated, implying substantially higher global warming in the long term response to CO2 as

slow feedbacks (i.e., vegetation and ice sheet changes) materialize. Our results demonstrate

the importance of incorporating these processes in projections of climate change.

3.8 Supplementary Information
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This section contains the following supplementary information:

1. Spatial maps of the preindustrial (PI) sea surface temperature (SST) and sea ice fields

prescribed in all atmosphere-only model simulations (Fig. 3.10); and the PI ocean heat

flux convergence (Qflx) and mixed-layer depth fields prescribed in slab ocean model

simulations (Figs. 3.11 and 3.12).

2. Precipitation anomalies relative to the PI for all slab ocean and fully coupled simula-

tions (Fig. 3.12).

3. Wind stress curl anomalies relative to the PI over the Southern Hemisphere south of

40°S in slab ocean and fully coupled simulations (Fig. 3.13).

4. Depth profiles of Southern Ocean potential temperatures (Fig. 3.14)

5. A sensitivity experiment isolating the e!ect of Southern Ocean Qflx changes on the

global temperature response (Fig. 3.15), with the prescribed Qflx and mixed layer

depths shown as anomalies from the preindustrial (Fig. 3.16). Slab ocean biases

relative to the fully coupled model when using Qflx and mixed layer depths derived

from the mPWP coupled model within the slab ocean model (Fig. 3.17). A sensitivity

test isolating the influence of mPWP ice sheets and vegetation from Feng et al. (2022),

shown here as the di!erence between all mPWP non-CO2 boundary conditions and

mPWP orography (FCM-Oro) (Fig. 3.18). FCM-Oro includes the topographic changes

associated with a closed Bering Strait and Canadian Arctic Archipelago, above-sea-

level height of the Sunda and Sahul shelves of Indonesia, and all other topographic

anomalies unrelated to ice sheet changes.

6. Gregory regression of surface temperature with TOA radiative imbalance used to

estimate ECS in the 2xCO2 simulation (Fig. 3.19) Overview of method for estimating

the sensitivity likelihood from the mPWP.

To generate the sensitivity likelihood functions shown in Fig. 3.9 of the main text, we

follow the Bayesian approach outlined in SW20, where ω is constrained to best reproduce
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Figure 3.10: Preindustrial sea surface temperature (a) and sea ice concentration (b) fields
used in all fixed SST simulations (ATM-mPWP, ATM-BC, ATM-CO2).

observational estimates of the surface temperature change of the mPWP (#T ), which is

given by

#T =
→#FCO2(1 + fCH4)(1 + fESS)

ω

1 + ς

(3.9)

where fCH4 and fESS are inflation factors representing the additional forcing from methane

and N2O, and ice sheets and vegetation, respectively, and 1 + ς represents the transfer

between quasi-equilibrium and regression estimates of the feedback.

Our estimate of mPWP forcing (the numerator in equation 3.9) is updated to match the

ERF found in this study (Table 3.2 in the main text), while retaining the same uncertainty

distributions used in SW20.
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Figure 3.11: Preindustrial ocean heat flux convergence (top row) and mixed layer depth
(bottom row) prescribed in all slab ocean simulations (SOM-mPWP, SOM-BC, SOM-CO2).

Figure 3.12: Large-scale convective precipitation rate anomalies for all slab ocean (a-c) and
fully coupled (d-f) simulations.
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Figure 3.13: Anomalous wind stress curl over the Southern Ocean, calculated from atmo-
spheric and ocean model outputs for slab ocean model (a-c) and fully coupled simulations
(d-f) respectively (negative values indicate an increase in wind stress curl in the Southern
Hemisphere).

Figure 3.14: Zonal mean Southern Ocean potential temperature as a function of depth for
fully coupled PI and mPWP simulations. Potential density is shown as colored contour
lines (units of kgm↑3).
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Figure 3.15: E!ect of Southern Ocean circulation adjustments in response to boundary
conditions on global temperature in the slab ocean model (SOM-SO). Surface temperature
and normalized SST anomalies for SOM-SO relative to SOM-PI (a,c), and FCM-BC relative
to FCM-PI (b,d) for comparison.

Figure 3.16: Qflx (top row) and mixed layer depth (bottom row) anomalies relative to the
preindustrial (Fig. 3.11) prescribed in SOM-SO.
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Figure 3.17: Slab ocean model biases relative to fully coupled simulations. Preindustrial
(a,c) and mPWP (b,d) surface temperature and SST anomalies simulated in slab ocean
simulations where Qflx and mixed layer depth are prescribed from the corresponding fully
coupled simulations.

Figure 3.18: Sensitivity simulations reproduced from Feng et al. (2022). Subtracting the
influence of mPWP orography (FCM-Oro) from FCM-BC allows for an examination of the
e!ect of mPWP ice sheets and vegetation in isolation. Surface temperature anomalies for
FCM-mPWP and FCM-Oro (a,b) and their di!erence (c).
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Figure 3.19: Gregory regression of surface temperature anomalies on the TOA radiative
imbalance for the abrupt CO2 doubling experiment (FCM-2xCO2), after extending the
simulation to 300 years. A regression line for the last 200 years is shown in orange. ECS is
the surface temperature extrapolated to where N = 0 (4.1K).
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Chapter 4

ISOLATING THE CLIMATE RESPONSE TO WEST ANTARCTIC
ICE SHEET LOSS AND NORTHERN HEMISPHERE VEGETATION

CHANGES OF THE MID-PLIOCENE

Abstract

The large marine-grounded West Antarctic Ice Sheet (WAIS) is sensitive to climate changes,

and was thought to have been completely diminished during the mid-Pliocene Warm Period

(mPWP, ↑3.3Mya). Observational evidence suggests that the ice sheet may fully retreat

over the next several centuries to a millenium, making its absence in the mPWP one of

the more relevant features of this paleoclimate for studies of future warming. Modeling

work suggests that the oceanization of West Antarctica – the inundation of ocean into the

highest southern latitudes of this region – may have amplified the overall global warming of

the mPWP, and hence its overall sensitivity. Here, we test this hypothesis through single

forcing experiments in a state-of-the-art global climate model, and find that increasing high

latitude ocean heat transport results in gradual Southern Ocean warming in response to

a loss of WAIS – an e!ect not captured through atmospheric processes alone. Sensitivity

tests with other boundary conditions of the mPWP provide further evidence that this ocean

adjustment drove substantial warming in the mPWP, revealing a potential for enhanced

global warming on very long timescales.

4.1 Introduction

The West Antarctic Ice Sheet (WAIS) is rapidly losing mass, with recent estimates sug-

gesting that the loss of the large Pine Island and Thwaites Glaciers could occur over the

next couple of centuries (Alley et al., 2015; Rignot et al., 2014; van den Akker et al., 2024;

Joughin et al., 2011). Meanwhile, it remains possible that marine ice cli! and ice sheet in-

stabilities could trigger the complete loss of WAIS over multiple centuries to a millennium,

even with substantial reductions in greenhouse gas emissions (Forster et al., 2021; Reese
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et al., 2023; Rignot et al., 2014). In contrast, the East Antarctic Ice Sheet is expected to

persist for much longer (Forster et al., 2021). Many studies have investigated the atmo-

spheric and oceanic drivers of historical WAIS mass loss, with observational and modeling

evidence suggesting that much of the observed loss has been driven by wind trends resulting

in warmer subsurface waters reaching the base of its ice shelves (e.g., Schmidtko et al., 2014;

Pritchard et al., 2012; Alley et al., 2015; O’Connor et al., 2024).

The opposite line of investigation – what the e!ect the retreat of WAIS would have on the

atmosphere, ocean, and global climate – has received much less attention. Research on past

warm climate states, for which the absence of WAIS is a prominent feature, can partially

address this unknown. Indeed, several studies have investigated the climate response to a

retreat of WAIS within the context of the mid-Pliocene Warm Period (mPWP) (Wei!enbach

et al., 2023; Dvorak et al., 2025), or the Last Interglacial (Steig et al., 2015; Holloway et al.,

2016), periods during which paleoclimate reconstructions of sea level indicate an absence

of WAIS at global temperatures only a few degrees above the preindustrial (Dowsett et al.,

2016; Tierney et al., 2025; Lunt et al., 2013). However, studies on the climate response to a

loss of WAIS have been complicated by the presence of other paleoenvironmental boundary

conditions. In the case of the mPWP, these are: the absence of portions of the Greenland Ice

Sheet, di!erences in orography and ocean bathymetry, changes in vegetation over Northern

Hemisphere (NH) land masses, and changes in the East Antarctic Ice Sheet (Dowsett et al.,

2016). Other modeling e!orts have been limited to studying the fast atmospheric response

to an idealized topographic lowering of WAIS (Steig et al., 2015; Pauling et al., 2023; Lunt

et al., 2013; Justino et al., 2015). However, a complete loss of the marine-grounded ice sheet

would result in the inundation and exposure of ocean (Pritchard et al., 2025; Seroussi et al.,

2024), with potential consequences for Southern Ocean circulation and climate beyond what

can be inferred from the atmospheric response to topographic changes alone.

The mPWP has been shown to be an imperfect analogue for near-term, greenhouse gas-

driven climate change because a large fraction (over half) of its global warming, relative to

preindustrial, is thought to have been driven by changes in its paleoenvironmental boundary

conditions (e.g., changes in vegetation and ice sheet extent) that are not expected to occur

this century (Chapter 3). However, the mPWP may become more relevant to climate change
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on longer timescales (multiple centuries to millennia), insofar as these boundary condition

changes emerge as slow feedbacks on greenhouse gas warming. And if such changes do

occur in the future, they will each do so on their own timescale, with their own unique

impacts on global climate. This motivates the need to study the climate response to each

of the mPWP boundary condition changes separately. With relevance to predicting long-

term global climate, we ask, what features of the mPWP climate were driven by a loss of

WAIS versus other paleoenvironmental features, such as those associated with changes in

NH vegetation or the Greenland Ice Sheet?

The Pliocene Model Intercomparison Project (PlioMIP; Haywood et al., 2013, 2016,

2024) is a large-scale, collaborative modeling e!ort that has enabled the study of the cli-

mate’s sensitivity to mPWP paleoenvironmental boundary conditions, treated separately

from its sensitivity to CO2 (e.g., Dvorak et al. 2025; Wei!enbach et al. 2023; Burton et al.

2023; Feng et al. 2022). However, no PlioMIP experiments separate the e!ect of the loss

of the WAIS from that of NH vegetation and ice sheet changes. Moreover, changing the

extent of the WAIS requires an adjustment to the land-sea mask and local bathymetry in

the ocean model, which was done in concert with all other land-sea mask adjustments in

PlioMIP simulations. Another consideration is that some PlioMIP simulations were initial-

ized with warm ocean conditions in order to reduce the time to equilibrium (e.g., as in Feng

et al., 2020), making it challenging to study causal mechanisms that may become more

apparent in the transient response to paleoenvironmental boundary condition changes.

To overcome these limitations, we design and perform a set of simulations with a state-

of-the-art global climate model using a novel set of boundary conditions that allow us to

separate the transient response to the loss of WAIS (including the associated inundation

and exposure of ocean) from the response to changes in NH vegetation and ice sheets. In

one set of simulations, we alter only the height and extent of WAIS (including oceanized

West Antarctica), while holding all other forcings fixed at preindustrial levels; in another set

of simulations, we alter only NH vegetation and Greenland Ice Sheet changes. We further

separate the atmospheric and oceanic responses to each of these boundary conditions by

incorporating them in both fully coupled and mixed layer (slab) ocean models (Table 4.1),

following the methods of Chapter 3. The results presented here shed further light on the
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drivers of mPWP warming, as well as on the particular dynamics of this paleoclimate state

that may occur as anthropogenic global warming continues to unfold.

4.2 Methods

We carry out a suite of simulations using the state-of-the-art Community Earth System

Model 2 (CESM2; Danabasoglu et al., 2020) in fully coupled and slab ocean configurations,

where all components (atmosphere, land, ocean and sea ice) are as described in Chapter

3, Section 3.2. We conduct three sets of simulations: a fully coupled preindustrial control

(PI) simulation (FCM-PI); fully coupled and slab ocean simulations where only the WAIS is

changed to match the mPWP state (FCM-WAIS and SOM-WAIS, respectively); and fully

coupled and slab ocean simulations with only vegetation cover and Northern Hemisphere

(Greenland) ice sheet extent changed to match the mPWP state (FCM-NH and SOM-NH,

respectively) (Table 4.1). As in Chapter 3, we expand the curvilinear ocean grid mesh in

each WAIS simulation to 394 x 320 to resolve dynamic processes in the oceanized West

Antarctic, following Feng et al. (2020).

In all fully coupled simulations, we initialize the ocean model from rest on January 1st

with full-depth temperature and salinity values derived from the average over all December

months of the last 100 years of a 1200-year preindustrial control simulation (CMIP6; Eyring

et al., 2016). We also perform a new, 100-year preindustrial control simulation (FCM-PI)

that is initialized from rest on January 1st with this same temperature and salinity field,

and run with preindustrial greenhouse gas levels and boundary conditions. All anomalies

in FCM-WAIS and FCM-NH are calculated with respect to FCM-PI to account for any

drift that occurs due to model initialization. In regions of new Antarctic ocean grid cells in

FCM-WAIS, temperatures and salinity values at all depths are extrapolated from the zonal

average of the southernmost surface values of the PI (approximately -1.6°C and 33.9 psu,

respectively), following Feng et al. (2020), with a nine-point horizontal smoothing function

then applied at each depth level.

In FCM-WAIS, we simulate an absence of WAIS by replacing the PI topography and

ocean bathymetry from 90S to 65S and 278E to 325E with that of the mPWP dataset

used in PlioMIP2 experiments, PRISM4 (Fig. 4.1; Dowsett et al., 2016; Feng et al., 2020).
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While the mPWP East Antarctic Ice Sheet is slightly reduced compared to the modern

in the PRISM4 dataset, we choose not to include this change because (1) previous work

points to a more significant influence of WAIS changes on climate (Wei!enbach et al.,

2023; Dvorak et al., 2025) and (2) this portion of the ice sheet is thought to be more

resistant to global warming based on geological evidence (Kaplan et al., 2017; Forster et al.,

2021), and thus may reduce the relevancy of the simulation to future projections. Due

to uncertainty in proxy reconstructions, East Antarctic ice sheet changes, along with the

above-sea-level topography changes of PRISM4, have also not been incorporated in some

simulations recommended in the latest phase of PlioMIP (PlioMIP3, Haywood et al., 2024).

Figure 4.1: Topographic height prescribed as boundary conditions in FCM-WAIS (a) and its
anomaly with respect to the boundary conditions of FCM-PI (b). Modeled surface albedo
in response to prescribed vegetation and Greenland ice sheet changes in FCM-NH (c) and
its anomaly with respect to FCM-PI (d). Note that snow cover can compensate albedo
changes in areas of ice sheet retreat.

The land-sea mask used here is then remapped to the 1↓1 degree grid of the atmosphere

and land models. With the exception of the removal of land ice from the remaining land

surface of WAIS, all land surface features (vegetation type and extent, soil properties,
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etc.) of FCM-WAIS are identical to the PI. Greenhouse gas concentrations, atmospheric

composition, and orbital parameters are also identical to the PI. We run the simulation

for 300 years, and calculate anomalies over the first 100 years with respect to the same

set of years in FCM-PI; all anomalies thereafter are calculated with respect to the last 30

years of FCM-PI (years 70-100) because drifts have diminished by that point in all variables

considered.

In FCM-NH, we modify the land surface boundary conditions to simulate mPWP vege-

tation and Northern Hemisphere ice sheet changes by replacing the PI land surface dataset

with that of the mPWP PRISM4 dataset north of 60°S (Feng et al., 2020; Dowsett et al.,

2016) (note that mPWP vegetation and ice sheet changes between 0°N and 60°S are min-

imal in the dataset – hence ‘NH’, for short; Fig. 4.1). The modern-day land-sea mask is

retained, and the land surface type and ice sheet extent of Antarctica is identical to the

PI. As above, greenhouse gas concentrations, atmospheric composition, and orbital param-

eters are also identical to the PI. We therefore simulate mPWP vegetation and ice cover

changes only where they occur on modern-day land, thus excluding vegetation features of

the above-sea-level Bering Strait and Canadian Arctic archipelago in PRISM4. (Fig. 4.1c-

d). The simulation is run for 100 years, and anomalies are calculated with respect to the

same set of years in FCM-PI.

We also perform CAM6 slab ocean simulations that employ the same respective topo-

graphic and vegetation boundary conditions as described for FCM-WAIS and FCM-NH;

however, ocean heat transport (OHT) is held constant in each simulation by prescribing

mixed layer ocean heat flux convergence (Qflx) from the (CMIP6) fully coupled PI con-

trol climatology. Following Chapter 3, Section 3.4, ocean heat flux convergence is set to

zero in the region of new ocean grid cells of West Antarctica in SOM-WAIS. A nine-point

smoothing function is again used to smooth the transition from zero Qflx to PI control

values, and a small residual is distributed across all grid cells to ensure a globally-integrated

Qflx of zero. We run each slab ocean simulation for 50 years, and anomalies are calculated

over an average of the last 30 years with respect to the preindustrial slab ocean simulation

(SOM-PI) completed in Chapter 3 (84 years, with the last 50 used for analysis; Table 4.1).

Fully coupled and slab ocean simulations incorporating the full suite of mPWP non-CO2
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boundary conditions (FCM-BC and SOM-BC) are reproduced from previous work (Chapter

3; Feng et al., 2020; Table 4.1). Relative to our WAIS and NH experiments, FCM-BC and

SOM-BC include additional changes in orography due to above-sea-level continental shelves

and a reduction in the extent of the East Antarctic Ice Sheet. But because the former

features have been shown to have a minimal impact on global climate (Feng et al., 2022),

we expect the linear combination of WAIS and NH experiments to capture most of the

warming in the BC simulations.

Table 4.1: Description of simulations used in this study.

Simulation description
Model type

(CESM2)

Simulation

short name

Run-time

(years)
Citation

WAIS loss only
Fully coupled FCM-WAIS 300

Slab ocean SOM-WAS 50

NH vegetation and

ice sheet changes only

Fully coupled FCM-NH 100

Slab ocean SOM-NH 50

Preindustrial
Fully coupled FCM-PI 100

Slab ocean SOM-PI 84
Dvorak et al.

(2025)

All mPWP boundary

conditions, at preindustrial

CO2 levels

Fully coupled FCM-BC
400 (with warm

ocean init.)

Feng et al.

(2020)

Slab ocean SOM-BC 74
Dvorak et al.

(2025)

Slab ocean SOM-BC-OHT* 64
Dvorak et al.

(2025)

*anomalous OHT is prescribed from the corresponding fully-coupled simulation (FCM-BC) everywhere

south of 60°S.
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4.3 Results and Discussion

4.3.1 Climate response to isolated mPWP boundary conditions

Boundary condition changes of the mPWP elicit di!erent climate responses between fully

coupled and slab ocean modes of CESM2 (Fig. 4.2; see also Chapter 3). FCM-BC shows

global warming everywhere, enhanced high latitude warming, and a reduced zonal SST

gradient in the tropical Pacific. Conversely, SOM-BC features an eastern-equatorial, sub-

tropical, and Pacific-sector Southern Ocean cooling response, with warming localized to

the western ocean basins and very high latitudes. Global temperatures are significantly

lower in SOM-BC relative to FCM-BC (1.1 vs. 2.9°C; Fig. 4.2). To explain this di!erence,

we examine the climate response to the loss of WAIS, hypothesized in Chapter 3 to be a

key driver of Southern Ocean and subtropical warming in FCM-BC. We then consider the

response to NH vegetation and ice sheet changes (SOM-NH and FCM-NH simulations).

Figure 4.2: Fully-coupled (a-c), and slab ocean (d-f) surface temperature anomalies for
WAIS and NH simulations, and their sums. SOM-BC, SOM-BC-OHT and FCM-BC anoma-
lies reproduced from Dvorak et al. (2025) (g-i). Global average surface temperatures are
indicated.
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A complete loss of WAIS in both fully coupled and slab ocean models (FCM- and SOM-

WAIS) results in significant, localized surface warming over areas of reduced topographic

height; sea surface warming of the Atlantic and Indian sectors of the Southern Ocean; and

broad, weak cooling in the equatorial and subtropical Pacific (Fig. 4.2a). This SST pattern

can be attributed to changes in atmospheric circulation. The lowered topography creates

a local cyclonic wind anomaly (Steig et al., 2015), which results in enhanced advection of

warmer air through the Weddell Sea, and southwestward into the western portion of the

Ross Sea (Fig. 4.3c-f). It also creates a broad anticyclonic circulation over the unchanged

East Antarctic ice sheet, leading to an easterly wind anomaly (a decrease in climatological

westerlies), and cooling o!-shore of the continent. Similar atmospheric circulation changes

have been shown in previous work isolating the topographic e!ect of the ice sheet (Steig

et al., 2015; Otto-Bliesner et al., 2013). Surface warming leads to sea ice reduction, which

further enhances Southern Ocean warming; indeed, the pattern and magnitude of warming

in the first 30 years is closely tied to that of sea ice extent (Fig. 4.3c-d).

Further equatorward, strengthening of the climatological westerly winds (Supplemen-

tary Fig. 4.6) is simulated in the subtropical Pacific Ocean, consistent with previous work

(Justino et al., 2015), causing cooling via enhanced evaporation. Westward-propagating

atmospheric Rossby waves in the northern and southern extratropics are excited by the en-

hanced winds and deflected north and south, respectively, leading to a persistent negative

IPO-like pattern of SSTs in the Pacific (Fig. 4.2a; Supp. Figs. 4.6 and 4.7).

FCM-NH shows a similar IPO-like pattern of SSTs, with cooling of the equatorial and

eastern subtropical Pacific, and warming in the western basins (Fig. 4.2b). We surmise that

di!erent mechanisms are responsible for this tropical SST pattern in FCM-WAIS and FCM-

NH. It is widely appreciated in the literature that extratropical forcing can exert an influence

on equatorial temperatures by way of the positioning of the Intertropical Convergence Zone

(ITCZ), and therefore surface winds (Kang et al., 2008; Pausata et al., 2015; Tseng and

Hwang, 2024), or via surface buoyancy changes that a!ect the strength of the subtropical

overturning cells in the ocean (Luongo et al., 2022).

In the case of positive forcing confined to the NH (as in FCM-NH), a top-of-atmosphere

energy surplus in the NH requires net cross-equatorial southward atmospheric energy trans-
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Figure 4.3: Global average surface air temperature anomaly (a) and Southern Ocean (90°S
to 40°S) spatial average surface air temperature anomaly (b) taken with respect to FCM-
PI (Methods) for FCM-WAIS (blue), FCM-NH (green), and the average over the last 100
years of FCM-BC (Feng et al., 2020) (purple squares). Averages of the last 30 years of
SOM-WAIS and SOM-NH are also shown (blue and green squares, respectively). Southern
Ocean SST and sea ice extent anomalies in the first 30 years (c,d) and the last 30 years
(e,f) of FCM-WAIS. Wind anomalies are shown as vectors.

port, which is satisfied by an increase in energy flux at the equator in the upper (diverging)

branch of the Hadley Cells. Because meridional and zonal winds are stronger south of the

equator in the climatological mean, the resulting northward shift of the ITCZ also increases

wind strength at the equator (Supp. Fig. 4.8; Pausata et al., 2015; Tseng and Hwang, 2024),

leading to evaporative cooling, which is then enhanced via the Bjerknes feedback. In the

subtropical Pacific, the joint cloud-WES feedback also acts to enhance cooling. That the

same magnitude of cooling in these regions is captured in SOM-NH relative to FCM-NH

supports the theory that atmospheric processes are su”cient to explain this pattern.

We find that our slab ocean simulations, SOM-WAIS and SOM-NH, together reproduce

the SST pattern of SOM-BC (Fig. 4.2c,h), and sum to a global average sea surface tempera-
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ture anomaly of 1.9°C compared to 1.1°C in SOM-BC. A similar SST pattern is found in the

linear addition of FCM-WAIS (0.3°C globally, years 270-300) and FCM-NH (0.5°C globally,

years 70-100) simulations; however, because those simulations are still far from equilibrium,

the global temperature response is not close to that of the equilibrated FCM-BC (2.9°C),

which shows significantly more tropical, extratropical and Southern Ocean warming.

Southern Ocean SSTs steadily increase over the duration of the FCM-WAIS simulation,

with significant warming in all sectors, including the Pacific (Fig. 4.3b,e). While SOM-

WAIS shows cooling in the Pacific sector of the Southern Ocean (Fig. 4.2a, Supp. Fig. 4.7),

the last 30 years of FCM-WAIS are warmer here. Because the thermodynamic sea-ice

albedo feedback is active in both simulations, the enhanced Pacific sector Southern Ocean

warming in FCM-WAIS is attributable to dynamical changes in OHT. Furthermore, the

global average SST in FCM-WAIS being nearly equal to that of SOM-WAIS (0.4°C) despite

the deep ocean being far from equilibrium with the atmosphere – combined with the warming

trend in the Southern Ocean – suggests that FCM-WAIS will continue to warm as OHT

evolves and the simulation continues to equilibrate.

4.3.2 Ocean heat transport changes

One important feature of FCM-BC noted in Chapter 3 was its anomalous Southern Ocean

heat transport, with an additional ↑0.15 PW (relative to the PI) transported southward

near 65°S and an additional ↑0.15 PW transported northward near 55°S (brown line in

Fig. 4.4d). While FCM-WAIS does not produce a similar magnitude of heat transport

north and south of 60°S, its Southern Ocean heat transport anomalies are near zero for

the first few decades and become more similar to those of FCM-BC by the end of run-time

(Fig. 4.4d), although it is di”cult to know if the same magnitude of OHT will be realized

without running FCM-WAIS to equilibrium (which could take several millenia).

While the OHT anomalies are still relatively small in FCM-WAIS, we noted in Chapter

3 that the addition of ↑0.1 PW of southward OHT near 65°S (as in FCM-BC) amounts

to ↑4 Wm↑2 when averaged over the polar cap south of that latitude – a radiative forcing

su”cient to drive significant Southern high latitude warming. This e!ect can also be seen
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Figure 4.4: Southern Ocean net surface heat flux (Qflx) anomalies for FCM-WAIS and
FCM-NH relative to FCM-PI (a,b), and for FCM-BC relative to the last 100 years of
the CMIP6 preindustrial control from which FCM-PI is initialized (c) (positive out of the
ocean); zonal-average OHT anomalies from the same simulations, where both the first 30
years (light blue) and the last 30 years (dark blue) of FCM-WAIS are shown (d).

in the surface heat budget (Fig. 4.4a-c). The ocean is a significant source of anomalous heat

to the atmosphere in the Pacific sector of the Southern Ocean, and especially in the region

of new ocean grid cells between 75 and 85°S, where the retreat of the ice sheet permits heat

transport into the very highest southern latitudes (Fig. 4.4a).

FCM-NH shows no significant change in OHT south of 30°S, nor significant heat flux

convergence in the Southern Ocean (Fig. 4.4b), suggesting that the NH changes do not con-

tribute to the Southern Ocean heat transport or warming anomalies in FCM-BC (Fig. 4.2i).

However, the NH forcing results in a significant increase in cross-equatorial southward heat

transport, consistent with FCM-BC (Fig. 4.4d). Indeed, FCM-NH approximately repro-

duces the pattern of reduced northward OHT simulated in FCM-BC everywhere north of
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the equator.

To determine if the Southern Ocean heat transport changes alone can explain the large

magnitude of global warming simulated in FCM-BC relative to SOM-BC, we reproduce here

a secondary CESM2 slab ocean simulation where the heat transport anomaly south of 60°S

in FCM-BC was prescribed in a slab ocean model forced only with the boundary conditions

of the Pliocene, but with OHT everywhere else equal to the preindustrial (SOM-BC-OHT,

Fig. 4.2h; Table 4.1; Chapter 3). This produces broad Southern Hemisphere warming, with

an SST pattern that much more closely resembles FCM-BC than SOM-BC, while mean

global temperature is greater than in either simulation (4.4°C). The warming simulated in

SOM-BC-OHT indicates that the OHT change (i.e., a redistribution with no global average

energy input), which FCM-WAIS suggests is initiated by the loss of WAIS, is su”cient to

overwhelm the atmospheric cooling in the subtropical and equatorial Pacific; this leads to

more Southern Ocean and global warming on long timescales.

4.3.3 Mechanisms for ocean heat transport changes in response to a loss of WAIS

We find that Southern Ocean surface warming simulated in FCM-WAIS, amplified by the

sea-ice albedo feedback, eventually penetrates to the depth of the thermocline (filled con-

tours in Fig. 4.5a). This subsurface ocean temperature change largely explains the changes

in OHT seen in the simulation. The climatological overturning circulation, acting on the

anomalous temperature field, produces anomalous northward OHT near 55°S through the

northward transport of anomalously warm waters near the surface and southward transport

of anomalously cold waters at depth (Fig. 4.5a). This is driven by the large contribution of

the Eulerian mean circulation to the northward heat transport anomaly (Supp. Fig. 4.9).

However, at 65°S the climatological counter-clockwise circulation (not shown) acts to bring

anomalously warm waters upward and southward along tilted isopycnals and anomalously

cold waters northward at depth, producing an anomalous southward OHT. The resulting

southward OHT anomaly associated with this Eulerian mean circulation is further increased

by changes in eddy OHT at 65°S (Supp. Fig. 4.9).

We posit that cooling and salinification of the water column closest to the shelf (Fig. 4.5a)
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Figure 4.5: Southern Ocean depth profiles of potential temperature for the first and last 30
years of FCM-WAIS (a-b), and FCM-BC (c), with the preindustrial meridional overturning
streamfunction shown as contours (MOC). (d-f) as in (a-c), but with preindustrial potential
temperatures as filled contours and anomalous MOC as contour lines.

is a result of buoyancy loss from surface heat flux to the atmosphere (Fig. 4.4a) and brine

rejection in the region of new sea ice formation (Fig. 4.3f). This may be responsible for

the invigoration of the abyssal overturning cell (counterclockwise streamlines in Fig. 4.5d,

Supp. Fig. 4.10), which would also enhance the southward heat transport anomaly around

65°S, given warmer subsurface waters at very high southern latitudes in the climatological

mean (Fig. 4.5d-f)

In FCM-NH, a reduction in the strength of the Atlantic Meridional Overturning Cir-

culation (AMOC) (Fig. 4.5e) is consistent with the decline in cross-equatorial northward

heat transport described previously (section 4.3.1). While FCM-BC also shows a reduction

in AMOC strength at depth, an increase nearer the surface is indicative of a shoaling of

the circulation (Fig. 4.5f, Supp. Fig. 4.11; Feng et al., 2020). Therefore, the decline in

AMOC strength in FCM-NH is likely a transient climate response; an eventual recovery of

AMOC, and thus more enhanced high northern latitude warming, may be expected with

longer simulation time. This could also explain the di!erence in cross-equatorial north-
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ward heat transport observed between FCM-NH and FCM-BC; however, it is also possible

that the topography di!erences of FCM-BC that are not captured here – specifically an

above-sea-level Bering Strait and Arctic Archipelago – may exert an influence on AMOC,

and therefore OHT, through changes in sea surface salinity (Wei!enbach et al., 2023; Feng

et al., 2017; Otto-Bliesner et al., 2016).

The linear sum of FCM-WAIS and FCM-NH does not approximate FCM-BC because

the former simulations are far from equilibrium; indeed, our slab ocean simulations are

equilibrated, and we can see a similarity in SST patterns between SOM-WAIS + SOM-NH

and SOM-BC (Fig. 4.2). But FCM-BC is far warmer, both globally and in the Southern

Ocean, than either of those sets of slab ocean simulations (compare time-averaged squares

in Fig. 4.3a-b). This suggests that changes in Southern Ocean heat transport are key to

producing the very warm Southern Ocean temperatures found in FCM-BC. In addition, a

warmer Southern Ocean would lead to warming of the subtropical and equatorial Pacific via

atmospheric teleconnections and locally positive cloud feedbacks, enhancing global tempera-

ture (Dong et al., 2020, 2022; Chapter 3). Our reasoning that the slow Southern Ocean heat

transport adjustment and warming can reproduce the full magnitude of global warming of

the equilibrated FCM-BC is supported by the trend in OHT change shown in FCM-WAIS,

the large magnitude of global warming simulated in SOM-BC-OHT, and the small e!ect

that other topographical changes of the mPWP have been shown to have on the global

climate in previous work (global mean surface temperature anomaly of ↑ →0.5°C; see Supp.

Fig. 4.12; Feng et al. 2022). A recovery of AMOC in response to the NH changes mod-

eled here would further enhance global temperature through greater high northern latitude

warming.

4.4 Conclusions

Here, we isolated the climate response to a loss of WAIS, including an oceanization of

West Antarctica, in a state-of-the-art fully coupled climate model. In so doing, we have

found that, while rapid changes in atmospheric circulation alone produce a small global

temperature change (with cooling in the equatorial and subtropical Pacific Ocean), a slow

ocean adjustment results in gradual Southern Ocean and global warming through changes
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in OHT on timescales of hundreds to thousands of years. While we have modeled an abrupt

removal here, a full retreat of the ice sheet would occur much more slowly, possibly on the

same timescale as that of the OHT changes simulated here. Additional forcing through

freshwater melt may be expected to complicate the response by acting to cool the Southern

Ocean surface (e.g., Li et al., 2024; Golledge et al., 2019; Bronselaer et al., 2018), however

this would be a transient e!ect; on long timescales, we still expect that the loss of WAIS

and associated OHT changes would result in Southern Ocean and global warming.

Our results are consistent with Chapter 3, where we highlighted the role of OHT changes

in driving the warming of the mPWP, absent CO2 changes; and while we do not see a

similar magnitude of warming from our combined WAIS and NH simulations, we are able

to qualitatively reproduce the pattern of high-latitude heat transport changes, supporting

the hypothesis that a slow ocean dynamical adjustment to the loss of WAIS is able to

produce warming beyond what can be expected through atmospheric processes alone.

4.5 Supplementary Information
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This section contains the following supplementary information:

1. A comparison of sea surface temperature and wind anomalies between the first 30

years and the last 30 years of FCM-WAIS (Fig. 4.6), and of normalized sea surface

temperature anomalies across all simulations (Fig. 4.7).

2. Tropical precipitation and wind anomalies in both FCM-WAIS and FCM-NH, showing

a northward shift of the ITCZ in the latter (Fig. 4.8).

3. A decomposition of northward heat transport anomalies into Eulerian mean and eddy

components (Fig. 4.8).

4. Timeseries of Antarctic Bottom Water (AABW) formation rate anomalies for FCM-

WAIS and FCM-NH (Fig. 4.9).
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Figure 4.6: Global sea surface temperature anomalies for the first 30 years (top) and last
30 years (bottom) of FCM-WAIS. Wind anomalies are shown as vectors.
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Figure 4.7: As in Fig. 4.2, but normalized by global mean surface temperature anomaly.

Figure 4.8: Tropical precipitation and wind anomalies for the last 30 years of FCM-WAIS
(top) and FCM-NH (bottom).



84

Figure 4.9: Total northward heat transport anomaly for each simulation as in Fig. 4.4 (a),
and its decomposition into Eulerian mean (b) and eddy components (c).

Figure 4.10: Antarctic Bottom Water (AABW) formation rate (Sv) anomalies for FCM-
WAIS (blue) and FCM-NH (green), with the time-mean formation rate anomaly for FCM-
BC also shown (purple square) (note that the average is taken over the last 50 years of the
400 year FCM-BC simulation). AABW formation rate is defined as the minimum in the
total meridional overturning streamfunction (MOC) found south of 60°S.
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Figure 4.11: AMOC anomalies (filled contours) for the first and last 30 years of FCM-NH,
and the last 50 years of FCM-BC, with preindustrial AMOC overlain (contour lines).

Figure 4.12: Sea surface temperature anomaly associated with orographic changes of the
mPWP (excluding ice sheet changes) (FCM-Oro, shown also in Chapter 3, Fig. 3.18; repro-
duced from Feng et al. (2022)).
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Chapter 5

CONCLUSIONS

In this thesis, I set out to examine multiple timescales of future climate change, from

decades to millenia, within the framework of forcings and feedbacks. In Chapter 2, I used

a simple energy balance model that combined the most up-to-date probability distributions

of historical forcing, energy imbalance, and the global radiative feedback to estimate the

magnitude of future warming expected upon a cessation of emissions. I found that, due to

the cooling e!ect of aerosols in the atmosphere, there exists a geophysical commitment to

additional warming that can persist for decades after emissions cease.

In chapter 3, I turned my attention to longer timescales of climate change, over which

evolving spatial patterns of warming are expected to change the value of the global radiative

feedback, such that the climate is expected to become more sensitive to emissions. I looked

toward the mid-Pliocene Warm Period (mPWP) as an example of a past equilibrated climate

state that has served as an analogue for future warming, and as a constraint on climate

sensitivity. By separating and quantifying the forcings and feedbacks operating in the

mPWP in a state-of-the-art GCM, I found that the spatial pattern of warming in the

mPWP implied a dynamical climate response to paleoenvironmental boundary conditions

that are not relevant to end-of-century warming, but which may be relevant to warming

over hundreds to thousands of years. The implication is that there exists a potential for

a reduction in our estimate of modern-day ECS that is constrained by this paleoclimate –

but an increase in our estimate of ESS.

In chapter 4, I probed the causal mechanisms for the spatial pattern of warming in the

mPWP by investigating the coupled climate response to a key feature of this paleoclimate:

the absence of the West Antarctic Ice Sheet (WAIS). By comparing the response to a loss

of WAIS to that invoked by the vegetation and Greenland Ice Sheet changes of the mPWP,

I found that the removal of the ice sheet, despite exerting minimal radiative forcing on the
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climate, results in continued warming of the Southern Ocean as enhanced high latitude ocean

heat transport drives a positive sea ice-albedo feedback. These single forcing experiments

revealed that high southern latitude ocean heat transport change is a key driver of the

Southern Ocean warming, and enhanced climate sensitivity, of the mPWP. The results

imply a particular sensitivity to the ice sheet, with relevance to future global warming on

millenial timescales.

Some questions, however, remain. It is reasonable to expect that freshwater fluxes

resulting from ice sheet melt would a!ect the transient response to a loss of the WAIS by

cooling, temporarily, the surface ocean. In addition, a complete reduction of the ice sheet

as I have modeled here would realistically occur only with GHG concentrations at least as

high as the present day (↑400ppm), and examining the coupled response to the ice sheet

in both a warmer world, and with freshwater fluxes, would further improve the relevance of

this work to projections of future global warming.
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Frölicher, T. L., M. Winton, and J. L. Sarmiento, 2014: Continued global warming af-

ter CO2 emissions stoppage. Nature Climate Change, 4 (1), 40–44, https://doi.org/

10.1038/nclimate2060.

Geo!roy, O., D. Saint-Martin, D. J. L. Olivié, A. Voldoire, G. Bellon, and S. Tytéca, 2013:
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