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Quaternary grounding-line fluctuations in Antarctica
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Chair of the Supervisory Committee:
Dr. John O.H. Stone
Department of Earth and Space Sciences

The West Antarctic Ice Sheet may be prone to rapid collapse under climates warmer than today
due to a dynamic instability at the grounding line, where the ice sheet goes afloat over seawater.
However, there is to-date no conclusive evidence that the ice sheet has gone away in last few
million years. Thus, characterizing and understanding the transitions between the glacial and
interglacial states of the ice sheet is a fundamental step towards predicting its response to future
warming. Here, I investigate the history of ice sheet fluctuations in the Ross and Weddell Sea
sectors of Antarctica over thousand- to million-year timescales, using cosmogenic nuclide
analysis of glacial deposits and glaciated bedrock surfaces, ice-penetrating radar surveys, and
numerical modeling of radar waveforms and ice flow. I have mapped and dated glacial deposits
from Darwin and Hatherton glaciers, which have been used to constrain the last deglaciation in

the Ross Embayment. I find that these glaciers thinned slowly and steadily through the Holocene,



thousands of years later than other glaciers in the region. I use ice flow models to show (1) that
their thickness changes require changing catchment boundaries upstream, and (2) that ice
thickness changes at the glacier mouth are not a simple proxy for grounding line position. Next, |
present new ice-penetrating radar surveys from Crary Ice Rise, a promontory in the Ross Ice
Shelf that provides stability to portions of the West Antarctic Ice Sheet. I find that the ice rise
contains large amounts of marine ice that accreted in basal crevasses and rifts before or during
ice rise formation. Marine ice could have strengthened the damaged ice shelf, facilitating ice rise
formation. Finally, I use cosmogenic nuclide concentrations in a subglacial bedrock core and a
large ensemble of ice sheet model simulations to investigate the long-term stability of the West
Antarctic Ice Sheet. The concentrations in the core preclude 150 m of ice sheet thinning at the
Pirrit Hills since at least 2 Ma. The ice sheet model results show that continuous burial of the

bedrock core requires a stable Filchner-Ronne ice shelf.
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Figure 2-16: Results from the 48-member PSUICE ice-sheet model ensemble. (a) The
relationship between rate of ice thickness change at the mouth of Darwin Glacier and the
distance to the grounding-line for all ice sheet model runs. The basal sliding parameter
(CSHELF) has by far the largest effect of the parameters we explored in the ensemble. Grey
bars indicate the locations of the features we hypothesized to affect the rate of grounding-
line retreat: Cape Crozier, Minna Bluff, and the Discovery Deep. (b) Grounding-line
migration rate as a function of distance to the grounding line from Darwin Glacier. Negative
values indicate retreat. Migration rate slows after the ice around Cape Crozer goes afloat,
but thinning rates at Darwin Glacier are relatively constant. Ice thinning at the mouth of
Darwin Glacier accelerates significantly in all model runs after the grounding-line has
retreated past Minna Bluff, indicating that this feature provided a powerfully stabilizing
backpressure to the grounded Ross Sea Ice Sheet. Perhaps counterintuitively, the
acceleration of grounding-line retreat into the back-sloping Discovery Deep is not always
accompanied by increased thinning rates at the mouth of Darwin Glacier. This indicates that
there might not be a large thinning signal at the mouth of Darwin Glacier, even for a very
rapid pulse of grounding-line retreat. (c¢) Simplified location map from Figure 2-1, with
nested ice sheet model domain shown in the black box. ........c.ccoceviiiiiiinn 56
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Figure 3-2: Transect A-A’ along the axis of the main ridge of the ice rise, with the 750 MHz
CReSIS radar shown in the top panel and the UW 7MHz radar shown in the bottom panel.
Data have been corrected for surface topography. The most notable features are the strong
bed reflection in both radars, the strong diffractors that often block out the bed echo, and the
layer at ~200 m depth at which many of the diffractors originate..............cccccuene. 63

Figure 3-3: Schematics of the hypothesized processes responsible for the structures observed in
our radar surveys. (a) Ice shelf rift filling with marine ice (modified from Khazendar and
Jenkins, 2003), and seawater percolating into the firn column where it lies below sea level.
(b) Basal melt channels in an ice shelf causing flexure and crevassing (modified from

Vaughan et al., 2012). Black arrows show direction and relative magnitudes of deviatoric
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stresses. Marine ice may have been deposited in basal crevasses caused by the stress pattern.

Figure 3-4: Results of the B-B’ survey, with the CReSIS 750 MHz radar (top panel) and the UW
7 MHz radar (bottom panel). The survey reveals four distinct structural zones of the ice rise,
referred to as B1 to B4 in the text. Compared with zones B2 & B3, the englacial
stratigraphy in upper 200m of zones B3 & B4 is relatively undisturbed.................. 67

Figure 3-5: 750 MHz CReSIS radar profiles across the main ridge of the ice rise, showing the
evolution of the enigmatic basal reflectors and the marine ice-filled rifts on the inner flank
of the ice rise. Top to bottom profiles correspond to top to bottom tracks on the map.
Distance on horizontal axis is relative to the A-A’ profile, shown in black on the map, with
negative distances corresponding to the shelf-proximal (southwest) side of the main ridge,
marked by asterisks on the map. ........ccccoevieriiiiiiiii e 69

Figure 3-6: Diffractor and dip in bed reflection from profile B-B’ (Figure 3-4).............. 71

Figure 3-7: Ice thickness (a), bed elevation (b), height above floatation (c), and fractional error in
Bedmap?2 (d) from our combined 7MHz and 750 MHz radar surveys. For comparison with
Bedmap?2 data (d), our picks were re-gridded into the 1 km Bedmap2 grid and averaged
within grid cells. Imagery and grounding line (black) from MODIS Mosaic of Antarctica
(Haran et al., 2014), plotted using software from (Greene et al., 2017). The Bedmap?2 ice
thickness is on average 12 + 40 m (1o) thinner than our measured ice thickness. Root Mean
Square error in Bedmap2 18 42 M. ....c.cooiiiiiiiieeiieieeieee ettt 75

Figure 3-8. The bright reflector can be modeled as the sum of two surfaces with different spatial
frequencies. a: Depth to the bright reflector, mapped in the 750 MHz CReSIS radar data. b:
Single-mode representation of the bright reflector as a slowly varying surface, containing
68% of the variance in the mapped layer depth. c: The residuals between the data and the
first mode of the proper orthogonal decomposition (data minus model). Note the high-
frequency and high-amplitude deviations from the slowly varying surface in the central
plain of the ice rise. d: Cumulative fraction of the variance in the Layer A depth contained
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Figure 3-9: Waveform model results from simulations using gprMax, comparing the radar
signature of a 10 m-wide pocket of brine-soaked ice (15% brine by volume) 3 m and 10 m
thick (top row) with columns of marine ice 10 m, 100 m, and 150 m high. The 150 m-high
marine ice column is in contact with the bed. In all cases the top interface is 150m above the
bed. Notably, the brine pocket does create a dip in the bed reflection, due to its higher
permittivity and lower wave speed. However, it does not produce a noticeably dimmer bed
return, unlike the marine ice crevasses, under which the amplitude of the bed reflection is
decreased by ~70% compared to the rest of the bed..........ccoooveriiiiiiniiiiiiiii 81

Figure 3-10: Modeled 7 MHz radar returns from the bed beneath the diffractor (blue) for each of
the scenarios depicted in Figure 3-8. Dashed black curves show the bed reflection for a
control run without a diffractor. The bed echo beneath the 10m-thick brine pocket is delayed
because the high permittivity (low wave speed), and there is a ~20% decrease in the
amplitude of the reflection. The bed reflections beneath the taller marine ice columns are
diminished by 50-70%, with no strong delay of the bed return. ..............ccccceeennee. 82

Figure 3-11: Hypothesized sheared basal crevasses in profile B-B’ (Figure 3-3) compared to the
results of the gprMax model. Here we have modeled the crevasses as filled with basal
moraine (center panel), and marine ice (right panel). Based on our modeling, we cannot
distinguish between crevasses that may contain basal moraine material and those that
contain marine ice, unless the timing of the bed return is changed significantly by the

decrease (basal moraine) or increase (marine ice) in permittivity relative to glacier ice.

Figure 3-12: Hypothesized former ice shelf rift healed by marine ice accretion. 7MHz radar data
are shown on the left, with 2D gprMax model output using an idealized geometry shown in
middle (triangular rift) and righthand (rectangular rift) panels. The triangular model better
reproduces the main characteristics of the radargram, including the dimming and dipping of
the bed echo due to attenuation and the slower wavespeed in marine ice, the hyperbola
originating at the top of the rift, and the hyperbola originating at the base of the rift where it
contacts the ice sheet bed. However, the model shows strong returns from the crevasse

walls, which are not seen in the data. The true geometry could be more complex. The
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rectangular rift in the righthand panel is inconsistent with the data because of the twin
hyperbola originating at the top COTNETS. .........cccueeiiiriieiieie et 85
Figure 4-1: (a) Location of the Pirrit Hills (red dot) in the Weddell Sea Sector of Antarctica. Ice
flow speed from (Rignot et al., 2011); grounding line is shown as a thick black curve.
Plotted using Antarctic Mapping Tools for Matlab (Greene et al., 2017b). (b) Closeup of the
white box in (a). WorldView image (copyright DigitalGlobe, Inc.) of the Pirrit Hills, after
Spector et al. (2018). The RB-2 drill site is several km from the main massif of the Pirrit
Hills, on the subglacial flank of Hater Nunatak.............ccccoooeniininiininiinicee, 93
Figure 4-2: Cosmogenic nuclide concentrations in the RB-2 drill core (data points), with
modeled exposure and burial histories for comparison. The measured concentrations rule
out even 1 kyr of exposure followed by 1 Myr of burial. The vertical profiles are consistent

with millions of years of slow accumulation due to muon capture beneath ~200 m of ice.

Figure 4-3. Top Row: Ice sheet volume above floatation (and sea level equivalent) for all model
runs, separated into the whole model domain and individual sectors defined by static
modern boundaries. Middle Row: Pirrit Hills ice thickness in all model runs, by bilinear
interpolation of nearest model nodes. Because the Pirrit Hills themselves are not resolved by
the ice sheet model grid, we down-sample Bedmap?2 ice thickness to the average ice
thickness within Skm of the nearest model grid points to calculate modern ice thickness
(blue curve). The modeled modern ice thickness by bilinear interpolation from the
optimized parameter set of Pollard et al. (2016) is shown in blue. The dashed curves
correspond to 150 m of thinning at the RB-2 Pirrit Hills bedrock core site, which is
precluded by the cosmogenic nuclide data. Therefore, the modeled large-scale ice sheet
drawdown during MIS 31 and MIS 5e contradict the RB-2 core, while many simulations of
the MIS 11 interglacial are consistent with the RB-2 core data. Bottom Row: Boxplots of
the 90 r? values by comparing ice thickness at the Pirrit Hills and WAIS volume above
flotation for each interglacial period. Black lines represent the median 12 value for the 90
runs; boxes represent upper and lower quartiles; whiskers show 1.5x the interquartile range;
black circles denote outliers. Pirrit Hills ice thickness generally represents around 70% of

the variance in total WAIS volume above floatation. ...............eeeeeeeeeeeeeeeeeeeeeeenennnns 104



Figure 4-4: Median of minimum volume ice sheet configurations from all 90 ensemble members.
The location of the Pirrit Hills is denoted by the red dot. The median minimum grounding
line is shown by the heavy dark orange curve. All modeled minimum grounding lines are
shown by the light orange curves. The black curve shows the modern grounding line from
Fretwell et al. (2013), plotted using the code provided by Greene et al. (2017). ... 107

Figure 4-5: Top row: Time-series of grounded ice volume for the WAIS (grey curves) and ice
shelf area (blue curves). MIS 11 is the only of the three interglacial periods that exhibits a
simple relationship between ice shelf area and grounded ice volume above floatation.
Middle row: Time derivative of grounded (grey), ice shelf (blue), and total (black) area for
each interglacial period. The total dA/dt during MIS 11 sums to close to zero at each time,
while the total magnitude of dA/dt for MIS 31 and MIS 5e is often larger than for grounded
or floating ice. This is because the changes are not equal and opposite, revealing a more
complicated relationship than for MIS 11. The nearly net-zero change in area during MIS 11
reflects that grounding-line migration traded grounded ice for floating ice at close to a one-
to-one ratio. Bottom row: Average sub-shelf melt around the WAIS. High average melt
rates of >3 m/yr sustained for several thousand years are needed to cause loss of the ice
shelves and large-scale interglacial ice sheet retreat relative to present. ................ 109

Figure 4-6: Coefficients of determination (r?, where r is Pearson’s correlation coefficient)
between ice thickness at the Pirrit Hills and the variables labeled on the horizontal axis.
Rows correspond to sectors of the ice sheet, and columns are the interglacial periods over
which the model was run. Only variables whose total (i.e., over all three time periods, for
the whole WAIS) upper quartile values are greater than 0.45 are shown. Ice thickness at the
Pirrit Hills is an excellent predictor (r> ~0.8) of the volume of the ice sheet above floatation,
both for the Weddell sector and for the whole WALIS. It is an adequate predictor of the
volume of the Ross sector, and a relatively poor predictor for the Amundsen Sector.111

Figure 4-7: Results from the PISM collapse model, modified from Feldmann and Levermann
(2015). Ice thickness around the Pirrit Hills only decreases by ~30m, while the ice sheet
contributes >3m to global mean sea level. The preservation of the ice shelves in this
simulation keeps the Weddell Sea grounding line from retreating, which is a very strong

predictor of Pirrit Hills ice thickness in our ensemble. ..........cccevvvevieniinieniiniennns 113
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Figure 4-8: Comparison of results from this ensemble (left-hand column) with the experiments of
Tigchelaar et al. (2018) for MIS 11 (top row) and MIS 5e (bottom row). Modern grounding
line is shown in white where appropriate, while minimum modeled grounding line is shown
in orange. The results from this ensemble are the median of ice thicknesses at the time of
minimum ice volume, as in Figure 4-4. The 20-km control experiment from Tigchelaar et al.
(2018) (middle column) does not cause an ice sheet collapse, and most interglacials are
similar to the modern ice sheet. Five-fold amplification of a warm ocean anomaly is
required in the PSU-LOVE experiments to cause WAIS collapse at 40-km resolution (right-
hand COIUMIN). ....c.oiiiiiiiic et et 115

Figure 4-9: Ice sheet volumes, Pirrit Hills Ice thickness, and ice shelf melt rates for MIS 11(left-
hand column) and MIS 5e (right-hand column) from the PSU-LOVE experiment and this
ensemble. The ice sheet in the PSU-LOVE experiment only collapses with a five-fold
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Chapter 1. INTRODUCTION

The West Antarctic Ice Sheet (WAIS) could be susceptible to rapid retreat under climates warmer
than today (Weertman, 1974; Mercer, 1978). The fate of the ice sheet hinges on the stability of the
grounding line, where the ice becomes thin enough to achieve floatation and lose contact with the
bed. Ice flux across the grounding line is strongly dependent on ice thickness, so grounding-line
retreat into an area of thicker ice can lead to a runaway retreat of the ice sheet (Schoof, 2007).
Much of the WAIS lies on a bed far below sea level, which deepens towards the ice sheet interior.
The marine-based sectors of the WAIS contain ~3.3 m of global sea level equivalent (Bamber et
al., 2009). Marine ice sheet retreat could already be underway in one sector of the ice sheet
(Joughin et al., 2014), driven by increased access of warm Circumpolar Deep Water to the ice
shelves and grounding lines of the Amundsen Sea sector (Hellmer et al., 2012). While ice sheet
model projections vary widely, the most drastic scenarios predict total deglaciation of the marine
basins of the WAIS within centuries (DeConto and Pollard, 2016).

Yet, there is still no definitive evidence that the WAIS has collapsed in the past. Global
mean sea level prior to 800 kyr BP is essentially unconstrained (Raymo et al., 2018). Sea level
during the warmest interglacials of the last 800 kyr was likely 6 - 13 m higher than present (Raymo
and Mitrovica, 2012; Dutton et al., 2015; Spratt and Lisiecki, 2016). Cosmogenic nuclide
measurements in subglacial bedrock recovered from beneath the GISP2 ice core in central
Greenland show that the ice sheet has been 90 — 95% smaller than today for a total of ~300 kyr
during the Pleistocene (Schaefer et al., 2016). The Greenland ice sheet contains ~7 m of global
sea-level equivalent and could thus account for all or most of the excess volume of the oceans

during warm interglacial periods of the last 800 kyr. However, estimates of the Greenland Ice
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Sheet contribution to the last interglacial sea level are generally <3.5 m (NEEM community
Members et al., 2013; Stone et al., 2013), which does imply a substantial contribution from the
WALIS. Ice sheet models that simulate WAIS collapse during the last interglacial require ocean
warming of >2°C relative to present day (DeConto and Pollard, 2016; Sutter et al., 2016), but
ocean temperature proxy estimates do not unequivocally pass this threshold, and model-based
estimates are generally lower (Capron et al., 2014).

Recent work has highlighted stabilizing mechanisms that could effectively counteract the
Marine Ice Sheet Instability, and existing geologic constraints and current glaciological
assumptions are now being called into question. Pleistocene marine diatoms and meteoric '°Be
found in subglacial sediments beneath the WAIS were formerly thought to be the best evidence of
large-scale ice sheet collapse (Scherer et al., 1998). Recent '“C analyses of these sediments indicate
that the grounding line has been far upstream of its modern position in the last few kyr, and
subsequently re-advanced due to glacial isostatic adjustment before the ice sheet could collapse
(Kingslake et al., 2018). A rapid solid earth response to the decreasing ice load could also be
stabilizing the Amundsen Sea sector of the ice sheet (Barletta et al., 2018; Larour et al., 2019),
long thought to be the most vulnerable part of the ice sheet to warming ocean temperatures
(Hughes, 1981). It is increasingly apparent that the thresholds of ice sheet collapse are not
understood.

This dissertation comprises three projects motivated by the need to understand past ice
sheet changes in Antarctica. In Chapter 2, Holocene thinning and grounding-line retreat of the
Darwin-Hatherton glacier system, Antarctica 1 present mapping and geochronology of extensive
glacial deposits from the Darwin and Hatherton Glaciers in the Transantarctic Mountains. I

constrain a flowband model of the glacier system with these data to help understand the controls
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on glacier retreat following the last glaciation, and to determine how well the response of these
glaciers represents the larger ice sheet. In Chapter 3, Structure of Crary Ice Rise revealed by HF
and UHF radio-echo sounding, 1 characterize the englacial structures of an important yet
understudied feature at the grounding line of the Ross Ice Shelf. I use a 2D numerical waveform
model to test hypotheses for the properties and origins of the detected structures within the ice. In
Chapter 4, West Antarctic Ice Sheet fluctuations during Pleistocene interglacials, 1 use a large
ensemble of 3D ice sheet model simulations to understand what a point measurement of burial

and/or exposure can tell us about the stability of the whole ice sheet over long timescales.



Chapter 2. HOLOCENE THINNING AND GROUNDING-LINE
RETREAT OF DARWIN AND HATHERTON

GLACIERS, ANTARCTICA

Trevor R. Hillebrand, John O. Stone, Courtney King, Michelle Koutnik, Howard Conway,
Brenda Hall, Brent Goehring, Keir Nichols, Mette K. Gillespie, David Pollard

2.1 ABSTRACT

Exposure ages and radiocarbon ages of glacial deposits at four locations alongside Hatherton and
Darwin glaciers record several hundred meters of late Pleistocene to early Holocene thickening
relative to present. As the grounding-line of the Ross Sea Ice Sheet retreated rapidly southward,
Darwin and Hatherton Glaciers thinned steadily through the Holocene, until about 3 kyr BP. This
contrasts with records from many other glaciers in the Transantarctic Mountains, which
experienced a drawdown of hundreds of meters over roughly a one-thousand-year period in the
early Holocene. We model these glaciers using a 1.5-dimensional flowband model, and find that
our data imply a near doubling of the catchment area at the Last Glacial Maximum relative to
today, followed by a steady decrease in catchment area and slow and steady thinning at the glacier
mouth from 10-3 kyr BP. Results from an ensemble of three-dimensional ice-sheet model runs
suggest that Darwin and Hatherton Glaciers are strongly buttressed by convergent flow with
neighboring Byrd and Mulock glaciers, and by lateral drag past Cape Crozier and Minna Bluff,
which could have led to a pattern of grounding-line retreat distinct from other glaciers throughout

the Transantarctic Mountains. These results highlight the difficulties inherent in constraining the
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timing and pattern of grounding-line retreat from terrestrial records, but also offer insights into
some of the complexities of ice dynamics during the last deglaciation in the Ross Embayment of

Antarctica.

2.2  INTRODUCTION

Quaternary glacial deposits preserved in ice-free regions in the Darwin-Hatherton Glacier system
(DHGS) have been used to infer glacial history of the region (Bockheim et al., 1989; Storey et al.,
2010; Joy et al., 2014; King, 2017). In this paper, we present new glacial geologic maps, new
exposure ages of 95 samples of glacial erratics and bedrock, and 129 new radiocarbon ages of
freeze-dried algae from former ice-marginal ponds (King, 2017). We use these data to constrain a
1.5-D glacier flowband model of the DHGS forced by an ensemble of Pennsylvania State
University (PSU) 3-D ice sheet model simulations (Pollard & DeConto, 2009; 2012), to investigate

the most recent deglaciation of the DHGS and the former Ross Ice Sheet.

2.2.1 The last deglaciation in the Ross Embayment

A thick ice sheet filled the Ross Embayment of Antarctica during Marine Isotope Stage 2 (MIS-2;
29-14 kyr BP), grounded near Coulman Island (Figure 2-1); the grounding-line of the Ross Ice
Sheet retreated more than 1,200 km to its current position from 13 to 2 kyr BP (Anderson et al.,
2014). Conway et al. (1999) proposed that grounding-line recession followed the pattern of a
swinging gate, with its hinge in the eastern Ross Sea. Radiocarbon ages from deposits alongside
Hatherton Glacier (Bockheim et al., 1989) suggested that the glacier had reached its modern
configuration >6.8 kyr BP, which provided one of the key constraints for this model of grounding-

line retreat.
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The ~800 km-long section of the Transantarctic Mountains (TAMs) front between Terra
Nova Bay and Shackleton Glacier may have deglaciated almost simultaneously in the early
Holocene, followed by slow recession into the late Holocene (Spector et al., 2017). Shackleton
and Beardmore Glaciers had reached their modern configurations by 7.4 kyr BP, roughly
contemporaneous with dramatic thinning in McMurdo Sound (Baroni and Hall, 2004; Hall et al.,
2004) and at Mackay Glacier (Jones et al., 2015). The pattern of deglaciation was likely complex,
as the grounding-line temporarily stabilized on pinning points and retreated in deep troughs
(Dowdeswell et al., 2008; Halberstadt et al., 2016). Ice sheet thinning in the southern Ross
Embayment slowed as the grounding-line neared its modern positions between Scott and Reedy

glaciers around 3 kyr BP (Spector et al., 2017).

2.2.2  Physiographic setting of Darwin and Hatherton Glaciers

Darwin Glacier and its major tributary Hatherton Glacier are outlets of the East Antarctic Ice Sheet
that flow through the TAM into the modern Ross Ice Shelf. In contrast to the neighboring fast-
flowing Byrd and Mulock glaciers, ice-flow velocities for the DHGS do not exceed 110 m yr!,
and everywhere the velocity of Hatherton Glacier is <12 m yr'! (Rignot et al., 2011; Gillespie et
al., 2017). The catchment for the DHGS is small (8060 km?) due to both high bedrock topography
preventing flow into their canyons and to the proximity of the much larger Byrd and Mulock
glaciers, whose catchments effectively cut off the Darwin-Hatherton catchment (Swithinbank et
al., 1988; Gillespie et al., 2017). While Byrd and Mulock glaciers currently contribute about 22
and 5 Gt a’! to the Ross Ice Shelf, respectively (Stearns, 2011), Darwin Glacier contributes 0.24 +
0.05 Gt a’! (Gillespie et al., 2017).

The surface mass balance of the DHGS is spatially complex, with persistent blue ice areas

and seasonal surface melt (Brown and Scambos, 2004; Gillespie et al., 2017). The boundary layer
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meteorology is dominated by strong, dry, and cold downslope winds between April and
September, with mean monthly air temperatures around -25°C (Noonan ef al., 2015). In December
and January, relatively humid winds dominate, and mean monthly temperatures rise to -4°C. Blue
ice areas form due to convergence of katabatic winds and due to turbulence as the winds flow over
mountains and nunataks (Bintanja, 1999). Therefore, most ablation likely occurs during the winter
months, due to removal of surface snow by strong downslope winds. Brown and Scambos (2004)
showed that blue ice areas on Darwin Glacier are likely very near their maximum extent, and only
small climate fluctuations are required to greatly reduce their area. Gillespie et al. (2017) noted
that of the available gridded data products that provide estimates of the surface mass balance over
the Darwin-Hatherton glacier system (Arthern et al., 2006; van de Berg et al., 2006; Lenaerts et
al., 2012a; Lenaerts et al., 2012b) only the 5.5 km simulation of Lenaerts et al. (2012a) (hereafter
referred to as RACMO 2.1; Lenaerts et al., 2012b as RACMO 2.3) includes ablation areas;
however, the modeled spatial pattern of ablation does not match observed blue ice extents.
Numerous lakes and ponds are found at the edges of Darwin and Hatherton glaciers,
including large frozen lakes at the glacier margins, seasonal supraglacial ponds at low elevations,
and isolated moraine-dammed ponds around Diamond Hill (Webster-Brown et al., 2010). While
some of the larger lakes could be frozen through to their beds, the ice-shelf dammed Lake Wilson
is capped by floating ice, with a stratified water column ~100 m deep (Hendy, 2000; Webster et
al., 1996). All of these environments host modern blue-green algae (cyanobacterial mats), which
are the living equivalents of the freeze-dried algae material preserved within glacial deposits and

described by Bockheim et al. (1989) and King (2017).
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Figure 2-1: A) The Ross Embayment of Antarctica, with regional and study locations noted. The
modern ice sheet surface is shown in grey, the modern ice shelf is shown in white and exposed
rock is shown in brown. Bathymetry beyond the Ross Ice Shelf front is shown in blues (Fretwell
et al., 2013). Flowlines through the ice shelf from Byrd, Darwin, Mulock, and Skelton glaciers
are shown in green, and calculated using the MATLAB toolbox of Greene et al. (2017). B) Inset
of area outlined with cyan box in panel A, with bathymetry shown in the same colormap as panel
A. The combined Byrd-Darwin-Mulock-Skelton flow path covers Discovery Deep, which is the
deepest part of the seafloor in the Ross Embayment. C) Landsat image of Darwin and Hatherton
Glaciers, with labels for locations mentioned in the text. The modern grounding line is shown by
the thick black line. Note the prominent blue-ice field on the glacier surfaces.

Gillespie et al. (2017) provided the first measurements of ice thickness for Darwin and
Hatherton glaciers and characterized the glacier beds using ground-based and airborne ice-

penetrating radar. The modern grounding-line of Darwin Glacier sits on a forward sloping bed

~925 m below sea level. The bed reflection is weak with numerous hyperbolae, characteristic of a
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frozen and rough bed with basal crevasses. The basal reflection is stronger and smoother beneath
the floating ice shelf downstream from the grounding line. Hydrostatic equilibrium is reached ~2.5
km downstream of the grounding-line (Gillespie et al., 2017).

Farther into the Ross Ice Shelf, ice from the DHGS converges with ice from Byrd and
Mulock glaciers (Figure 2-1). The convergence occurs over ‘Discovery Deep’, the deepest part of
the Ross seafloor on the continental shelf (up to ~1300 m below sea level). On the south side of
the flow path from Byrd Glacier, tensile crevasses and rifts are oriented ~45° to flow; however,
the stress exerted by Darwin and Mulock glaciers causes the crevasses and rifts on the north side
to be angled ~30° to the flow direction (Hughes et al., 2017). Thomas et al. (1984) measured
positive vertical strain rates along this flow path south of Minna Bluff. They suggested that the
convergence of flow from Byrd, Mulock, Darwin, and Skelton glaciers, combined with the
influence of Minna Bluff causes the ice shelf there to thicken. Whillans and Merry (2001) also
identified Minna Bluff and Cape Crozier as obstacles that provide stabilizing backpressure to the
Ross Ice Shelf and cited the presence of rifts at the tip of Minna Bluff as evidence of stress
concentration on the upstream side. Hughes et al. (2017) posited that Byrd Glacier effectively
buttresses ice from West Antarctica by “nailing” the Ross Ice Shelf to the TAM and reducing
extensional strain rates in the ice shelf. If this is correct, the history of ice dynamics in the Byrd-
Darwin-Mulock region may be key to understanding grounding-line retreat of the West Antarctic

Ice Sheet during the last deglaciation.

223 The Darwin-Hatherton Glacier System during Marine Isotope Stage 2 and the

Holocene

Outlet glaciers throughout the TAM thickened first at their mouths during MIS-2 in

response to grounded, thickening ice in the Ross Sea, and later at their heads due to increased



10
accumulation after the LGM (Todd et al., 2010). Lateral moraines of MIS-2 age have been used to

interpret ice thicknesses of both the grounded Ross Ice Sheet and EAIS outlet glaciers (Bockheim
et al., 1989; Denton et al., 1989; Jones et al., 2015; Joy et al., 2014; Spector et al., 2017; Todd et
al., 2010).

Bockheim et al. (1989) mapped lateral moraines and drift sheets in ice-free valleys
alongside Hatherton Glacier, and dated these deposits based on weathering, soil characteristics,
and radiocarbon ages of freeze-dried algae. These algae grew in glacier-dammed ponds and died
when the ponds disappeared as the glacier retreated downslope; the ages provide a proxy for the
glacier margin position through time. Bockheim et al. (1989) tentatively attributed the Britannia II
drift sheet to the LGM and interpreted the less extensive Britannia I drift as a period of re-advance
or stability of the glacier margin in the Holocene. They named the unweathered drift sheet
immediately adjacent to the glacier margin the Hatherton drift. Two much older drifts were termed
the Danum and Isca, and inferred to date to MIS-6 and a much older glaciation, respectively.

The Britannia II drift lies 100 m above the current glacier margin at the head of Hatherton
Glacier, and 450 m above the current margin in the middle of the glacier profile. Bockheim et al.
(1989) extrapolated these elevations to infer up to 1100 m of thickening at the confluence of
Darwin Glacier with the Ross Ice Sheet during MIS-2, although they found no deposits there.
Subsequent numerical modeling experiments by Anderson et al., (2004) yielded a more modest
800 m of thickening, although they had to infer the bed topography by mass conservation.

Storey et al., (2010) revisited the Lake Wellman area, where Bockheim et al. (1989) found
450 m of LGM thickening and used surface exposure dating to determine the age of the Britannia
and Hatherton drift limits. Their exposure ages suffer from significant pre-exposure, resulting in a

random distribution of ages and an overestimate of exposure since the LGM. Our own efforts to



11

use surface exposure dating at Lake Wellman were also thwarted by prior exposure, but King
(2017) was able to date the advance and retreat of Hatherton Glacier in the Lake Wellman valley
using radiocarbon dating of freeze-dried algae. Joy et al. (2014) measured the exposure age of
deposits in Dubris and Bibra Valleys alongside the upper Hatherton Glacier. They showed the
Britannia II drift is in fact of MIS-6 (~125 kyr BP) age, and the Britannia I drift is of Holocene
age.

Bockheim et al.’s (1989) deglaciation chronology of Hatherton Glacier was based on a
small number of bulk radiocarbon ages, which likely resulted in an averaging effect on the ages.
Furthermore, the majority of the samples were more than 50 km upglacier from the modern
grounding line. Anderson et al. (2004) used a numerical model of the DHGS to show that
fluctuations of Hatherton Glacier may have lagged changes at the mouth of Darwin Glacier by as
much as 1100 years. Here we present additional constraints needed to infer the regional

deglaciation history of the DGHS.

2.3 RECORDS OF GLACIER FLUCTUATIONS

2.3.1 Geochronological methods

2.3.1.1 Exposure dating of bedrock and glacial erratics

We selected minimally weathered samples from the Britannia and Hatherton deposits in an
attempt to avoid sampling rocks with prior exposure to cosmic rays. We avoided sampling rocks
near frost cracks or atop thick deposits or moraines, as these could have been disturbed (e.g., rolled
or exhumed by cryoturbation) after deposition, leading to anomalously young exposure ages. We
also noted the relative height of nearby boulders and the dominant orientation of local snowfields

so as to avoid sampling rocks that may have been covered by deep snow. However, significant
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attenuation of the cosmic ray flux requires a large amount of snow; for example, 1 m of dense (400
kg/m?), wind-packed snow would reduce the production rate of cosmogenic isotopes by ~22%. In
these wind-swept areas adjacent to blue ice glacier margins, it is unlikely that such deep snow
cover would persist for long enough to strongly skew the exposure ages. Furthermore, the internal
consistency of the exposure-age datasets (with the exception of the samples from Lake Wellman)
suggest that snow-cover was not an issue for our samples.

We analyzed cosmogenic '*C produced in situ in quartz along an elevation transect of
granitic bedrock from Diamond Hill in order to constrain the ice thickness there at the LGM. We
preferentially sampled very weathered bedrock to ensure minimal erosion over the last glacial
cycle. Because any rock exposed prior to the LGM will contain some amount of inherited 4C, an
apparent '*C exposure age acts as an upper bound on the timing of exposure since the LGM. Within
the range of subaerial erosion rates typical of Antarctic bedrock (<1 m/Myr), *C concentrations
reach secular equilibrium in <30 kyr (Balco et al., 2016). Because of the short half-life of *C, a
few thousand years of ice cover during the LGM will create a detectable signal of burial, while
rock that was not covered with ice in the last 30 kyr will remain at its equilibrium concentration.
Therefore, the LGM ice surface elevation is bracketed between the lowest sample that is saturated
with respect to *C and the highest unsaturated sample.

We crushed and sieved our rock samples to 250-500 um, and isolated quartz aliquots using
heavy liquid density separation, surfactant separation, and dilute HF etching at 69°C (Kohl and
Nishiizumi, 1992). For samples to be analyzed for in-situ '“C, the quartz was treated with a
HF/HNO:s solution to remove any extra organic material left behind by the heavy liquids or
surfactants, as these can cause very high levels of contamination. We isolated Be and Al from

quartz aliquots at the University of Washington Cosmogenic Nuclide Laboratory following the
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standard ion-exchange chromatography method of Ditchburn and Whitehead (1994). 14C cathodes

were prepared at Tulane University using the new fully-automated carbon extraction and
graphitization system (Goehring et al., 2019).

We analyzed samples for in situ 'Be and '*C at the Center for Accelerator Mass
Spectrometry (CAMS) at Lawrence Livermore National Laboratory. Aluminum-26 was analyzed
at the Purdue Rare Isotope Measurement Laboratory (PRIME). The exposure ages presented in
this paper have been calculated using the latitude-altitude scaling scheme of Stone (2000). While
the choice of another scaling scheme changes the individual exposure ages, there is no major
impact on the overall results. We therefore have chosen the simplest and best-established scaling
scheme. If desired, the reader may recalculate the exposure ages using the CRONUS v3 calculator

(hess.ess.washington.edu) using another scaling scheme.

2.3.1.2 Radiocarbon dating of algae

The Britannia I and Hatherton drifts contain abundant freeze-dried algae that grew in ice-
marginal ponds and were preserved within lake pavements and under embedded erratics.
Assuming the topography requires an ice dam to hold a pond or lake, these algae act as a proxy for
the ice margin location through time. We were careful to sample algae only at locations where the
pond would have required the presence of the glacier margin to hold water; however, we
acknowledge that outliers may exist due to the progressive down-wasting of ice-cored topography
after glacier recession. The algae samples were analyzed for “C at the National Ocean Sciences
Accelerator Mass Spectrometry Laboratory at Woods Hole Oceanographic Institution. We
converted isotope ratios to calendar years using CALIB 7.0.2 and the IntCal13 dataset (Reimer et
al., 2013). The dates presented here are in calendar years with a reported 1-sigma error. The data

we use here have been described by King (2017).
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2.3.2  Description of deposits

The Britannia II limit lies ~450m above the modern margin of Hatherton Glacier. It is
composed of weathered dolerite and yellowed sandstone boulders, which are often chipped and
flakey, but very rarely exhibit extensive pitting indicative of very old (>1 Myr) deposits. Unlike
the younger deposits, the Britannia II lacks any ice-cored moraines or hummocky topography. In
general, the Britannia II grades into the older Danum drift without a clear limit, but boulder-rich
moraines do mark the limit in some places.

The Britannia I drift is found up to ~350 m above the modern margin of Hatherton Glacier.
The deposit is similar in composition to the Britannia II deposit, though the sandstone clasts are
often less weathered. This deposit still retains large ice-cored moraines, especially at Lake
Wellman and Magnis Valley. A boulder-rich moraine, sometimes ice-cored, separates the
Britannia I and II deposits. We found numerous relict lake pavements within the Britannia I
deposit. The deposit thickens towards the glacier margin. Bockheim et al. (1989), Storey et al.
(2010), Joy et al. (2014), and King (2017) mapped a boundary between the Britannia I and
Hatherton deposits ~50 — 100 m above the modern glacier margin based on deposit thickness and
weathering.

The Hatherton drift is a minimally weathered deposit found within 50 — 100 m elevation
of the modern margin of Hatherton Glacier. While Bockheim et al. (1989), Storey et al. (2010),
and Joy et al. (2014) agree on the general characteristics of the Hatherton drift, their interpretations
of its significance differ. Bockheim et al. (1989) posited that the Hatherton drift represents the last
pulse of thinning from the high-stand represented by the Britannia deposits (later shown by Joy et
al. (2014) and confirmed here to be of different ages). Storey et al. (2010), however, interpreted

the Hatherton drift to represent the last local advance of Hatherton Glacier, which they dated to
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15-19 kyr BP. In making this interpretation, they discarded several younger ages of <3 kyr BP,

using the argument that these could have been recently exhumed from the deposit.

We found no clearly defined demarcation between the Britannia I and Hatherton drifts. The
Hatherton drift is thick and ice cored nearest the glacier margin, and thins with distance from the
glacier, grading into the Britannia I drift. Based on this gradual transition, and on the radiocarbon
chronology of King (2017), we interpret the Hatherton drift as simply the youngest part of the
recession from the Britannia I limit. There is no indication in the chronologies or the glacial
geology of a significant still-stand or re-advance responsible for depositing the Hatherton drift.

The glacial deposits at Diamond Hill are of two main types: stained, isolated erratics resting
stably atop weathered gneissic bedrock, and a thicker, much more weathered deposit filling the
valley bottom and the high cirque of Diamond Hill. The older deposit often exhibits pitting and
deep brown staining. Near the modern margin of Darwin Glacier, we found stained granite erratics
perched atop deeply weathered and glacially sculpted gneissic bedrock. While these erratics were
more stained than the LGM and Holocene deposits found on Hatherton Glacier, we nonetheless
interpret these to be deposited during the last deglaciation, due to the greater degree of weathering
of deposits elsewhere around Diamond Hill. We attribute this greater degree of surface oxidation
to the climate conditions at lower elevations, which are often inundated in thick coastal fog and
exposed to humid upslope winds from October to February (Noonan et al., 2015). We found no
distinct limit of deposition of these younger erratics; we found a single young erratic 135 m above
the modern glacier margin, and none higher than that. Based on other evidence of LGM ice
thickness hundreds of meters above modern at the mouths of TAM outlet glaciers (Todd et al.,
2010; Bromley et al., 2012; Spector et al., 2017), we consider this unlikely to be representative of

the LGM glacier surface, but rather simply another recessional erratic. Our surface exposure ages
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in Section 2.3 show this to be true. Therefore, it seems that Darwin Glacier left no clearly defined
deposit of fresh erratics in the accessible areas of Diamond Hill at the LGM, and we rely on the

bedrock '*C ages to constrain the maximum ice thickness.

233 Chronology of glacial deposits

2.3.3.1 Dubris and Bibra Valleys

We dated the Britannia II deposit using surface exposure ages of nine glacial erratics
sampled from the drift limit Figure 2-2). We found no algae within the Britannia II deposit, except
that of former ponds that fringed the Britannia I limit. Our exposure age chronology supports the
conclusion of Joy et al. (2014) that the Britannia II deposit is a product of the penultimate
glaciation. While Joy et al. gave a mean '°Be age of 126 + 3.2 kyr BP (n = 5), we find an 2°Al age
of 136 + 3 kyr (n = 9; reduced y* = 1.35) (Figure 2-3). Recalculation of Joy et al.’s ages using an
updated value of the °Be production rate yields an age of 138 + 4 kyr, in close agreement with our
26Al age. Our initial attempt to date the Britannia IT limit using '°Be resulted in a widely spread
dataset. Although the weighted mean age of 137 kyr agrees with the 2°Al ages, these data scatter
far beyond their uncertainties (o = 18 kyr, x%/(n-1) = 57.9). Standard cathodes analyzed in the same
accelerator as these samples also scattered widely, leading us to distrust '°Be data from this run.

We thus rely of the 2°Al data and assign an age of 136 + 3 kyr BP to this deposit.
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Figure 2-2: Simplified map of Dubris and Bibra Valleys, showing sample locations and
elevations shown in 20m contours (100 m contours are in bold). The blue curve represents the
Britannia I limit; erratic samples outboard of that limit are taken from the limit of the older
Britannia II deposit. Contours and satellite imagery from Land Information New Zealand.
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The Britannia I limit across Dubris and Bibra Valleys represents at least 370 m of thickening
relative to the present glacier, and dates to 8-10 kyr BP (Figure 2-4). Slight variations in the age
of the Britannia I limit between different sites is to be expected, as changes in local meteorology

could allow small-scale fluctuations of the ice margin. After 8 kyr BP, the glacier margin began
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to retreat steadily towards its present position.
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Figure 2-3: Surface exposure ages of erratics in the Britannia II deposit. Black curves are
individual ages; red dashed curves are summed probabilities. While our !°Be ages failed to
tightly constrain the age of the deposit, 26Al ages cluster tightly around 136 kyr BP, in good

agreement with the results of Joy et al. (2014).

Only one exposure age exhibits significant prior exposure to cosmic rays (13-HAT-133-

BV; 79 kyr). This sample was the closest to the glacier margin, and thus prevents us from better

constraining the last 150 m of glacier thinning using exposure dating.
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2.3.3.2 Magnis Valley

The Britannia I limit in Magnis Valley (Figure 2-5) predates the limit at Dubris and Bibra
Valleys, with ages spanning 7.8 — 13.9 kyr on the valley walls, and 8.3 — 12.4 kyr on the valley
floor (Figure 2-6). A single pre-exposed sample at the drift limit dates to ~32 kyr BP. Two erratics
from a recessional deposit on the upglacier valley wall record 120 m of glacier thinning by 5.8 kyr
BP. Erratics on the valley floor largely agree with this history, showing 100 m of thinning by 6.1
kyr BP. Two of the erratics in the recessional transect have evidently had prior exposure to cosmic

rays.
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Figure 2-4: Surface exposure ages of glacial erratics from atop bedrock platforms (left panel) and
Dubris and Bibra Valleys (middle and right panels), showing a stable margin until 7-8 kyr BP,
after which the glacier thinned steadily towards its modern configuration. The rightmost panel
shows all surface exposure ages of the Britannia I deposit in Dubris and Bibra Valleys on a
logarithmic scale to include samples with significant inherited nuclides.

The algae radiocarbon chronology at Magnis Valley show a poor relationship between age
and elevation, with ages adjacent to the modern glacier spanning 1.6 — 8.4 kyr. A cluster of algae

samples from the Britannia I limit date to ~8 kyr BP, but ages of samples from the recessional

deposit mostly lie between 7.3 and 8.5 kyr BP. Algae samples dating to 10,500 — 13,100 kyr BP
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at ~1130 m elevation could conceivably be from the glacier advance, but this is unlikely because
they lie within the age range of the LGM limit from the glacial erratics. Based on the lack of
internal consistency in the radiocarbon dataset here, and on the lack of exposure ages of erratics
close to the ice margin, we are unable to date the time at which the glacier margin stabilized at its
present position in Magnis Valley. However, if thinning continued at the same rate of ~5 cm/yr,
the glacier would have established its modern margin position ~2 kyr BP, which is in agreement

with the time at which the glacier margin stabilized at Lake Wellman.
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Figure 2-5: Simplified map and sample locations at Magnis Valley. Blue curves indicated the

mapped Britannia I (LGM) limit. Ages corresponding to these samples are shown in Figure 2-6.



2.3.3.3 Lake Wellman

Our exposure age chronology at Lake Wellman suffers from numerous pre-exposed erratics,
resulting in a wide spread of ages (Figure 2-7; Figure 2-8). However, radiocarbon ages of algae from
lakes and ponds show a strong dependence of age on elevation, with a stable maximum position
from 13 kyr BP until ~8 kyr BP, followed by steady thinning to modern elevations by the late
Holocene. Bockheim et al. (1989) and Storey et al. (2010) were not able to differentiate between
the Britannia I and II drifts at Lake Wellman, but King et al. (2017) mapped the Britannia II limit

slightly outboard of the Britannia I limit. There were no algae present in the Britannia II drift, and

we did not sample it for surface exposure dating.
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Figure 2-7: Simplified map of Lake Wellman and sample locations. Radiocarbon samples

are from King (2017).
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Figure 2-8: Surface exposure ages from Lake Wellman, with algae radiocarbon ages from King
(2017). While the algae dataset tightly constrains the fluctuations of Hatherton Glacier, many of
the surface exposure ages indicate prior exposure to cosmic rays. Although all samples were
from the Britannia I or Hatherton drifts there is only a weak correlation between age and

elevation. The righthand panel shows all exposure ages on a logarithmic scale, in order to
include all outliers.

2.3.3.4 Brown Hills

The Brown Hills lie adjacent to Diamond Glacier—a distributary lobe of Darwin Glacier—
and to the Ross Ice Shelf (Figure 2-9). During glacial periods, Diamond Glacier would very likely
have crossed the Brown Hills and connected with the Ross Ice Sheet. However, because the ice-
free topography here is several hundred meters above sea level, the ice would have been thin and
very quickly cut off from the thick ice sheet during retreat. Therefore, we expect ages from
recessional deposits in the Brown Hills to predate the chronologies of Hatherton or Darwin

Glaciers.
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Figure 2-9: Map of Diamond Hill with bedrock and erratics sample locations. The modern
grounding-line is shown as bold black line. Boxes indicate how samples are grouped into the

panels of Figure 2-10.

We dated five erratics from the Brown Hills, including the Diamond Glacier side of
Diamond Hill (Figure 2-10). The highest of these samples was a fresh-looking granite cobble taken
from a weathered deposit high on Diamond Hill (877 m asl). While it was unweathered compared
with the pre-LGM deposit it was perched on, it yielded a '’Be age of 205 + 5 kyr, and thus it is
either (i) recently exhumed from the older deposit, or (ii) a deposit of the last glaciation, with a

high level of inherited '°Be. A single date from this deposit is not a good age constraint; however,
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based on the weathering characteristics of the pre-LGM deposit on which the rock sits, we
conclude that thick ice covered much of Diamond Hill at least once in the Pleistocene. We did not

find deposits of the last glaciation high on Diamond Hill.
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Figure 2-10: Diamond Hill chronology from °Be and “C exposure dating. Bedrock “C ages
give a maximum time of last exposure because inherited *C from exposure before the LGM
cannot be quantified. The top of Diamond Hill, >900 m above the modern glacier surface, was
covered by ice during the LGM, and was exposed sometime between 11 and 5 kyr BP. However,
the '*C-saturated sample ~500 m above the modern glacier shows that the ice surface geometry
at the LGM was >450 m lower on the down-glacier side of Diamond Hill. Therefore, it is not
straightforward to interpret these chronologies without a glacier flow model. This is addressed in

Section 3.

The exposure ages of erratics from the Brown Hills also provide only circumstantial
constraints on the last glacial advance. One rock was heavily pitted and stained and yielded a 1°Be
age of 196 £ 5 kyr. Of the remaining three, only one gave a Holocene exposure age (7.1 = 0.2 kyr;

390 m asl). The other two dated to 33.7 + 0.9 kyr (385 m asl) and 17.8 + 0.4 kyr (450 m asl). This
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dataset shows no dependence on elevation or distance from the current glacier margin, likely
because of inherited °Be or local scale fluctuations not controlled by regional ice dynamics or
climate. However, this does show that ice had retreated from the Brown Hills, and therefore had

disconnected from the Ross Ice Shelf/Sheet <7 kyr BP.

2.3.3.5 Diamond Hill

The only relatively fresh, unweathered erratics on Diamond Hill were perched on glacially
sculpted bedrock domes overlooking Darwin Glacier, ~10 km upglacier from the modern
grounding-line (Figure 2-9). There was no clear limit of deposition, but we did not find any
geomorphically young erratics higher than 135 m above the modern glacier margin. We dated
eight of these erratics (Figure 2-10), which have '’Be ages spanning the latter half of the Holocene,
from 5.2 + 0.2 kyr BP 135 m above the current glacier margin, to 0.3 £+ 0.03 kyr BP at the current
glacier margin. The rate of thinning appears to have been relatively constant between 5.2 and 3.1
kyr BP, after which it slowed down.

The lack of deposits does not necessarily imply ice-free conditions at the LGM. The ice
above this could have been cold-based and debris-free, and thus did not deposit erratics as it
retreated from the side of Diamond Hill. The steep terrain and sizeable extent of Diamond Hill
prevented us from sampling from all locations, but we did climb to the top of Diamond Hill on the
northern (ice-shelf proximal) side, and descended on the western (Brown Hills proximal) side, and
we did not find evidence of LGM deposits.

The apparent in situ '*C exposure ages do not show a simple relationship between age and
elevation (Figure 2-10). On the flank of Diamond Hill nearest Darwin Glacier, our highest bedrock

sample (14-HAT-026-DH; 472 masl) gives an apparent exposure age of 6.7 + 0.7 kyr BP, 200 m
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above the modern glacier margin. Bedrock sampled <2 m above the current ice margin (14-HAT-
033-DH; 280 masl), and adjacent to the 300-year-old erratic (14-HAT-032-DH) gives an apparent
14C exposure age of 500 + 200 years BP. These ages confirm and extend the thinning chronology
given by the °Be exposure ages of the nearby erratics. The exposure ages in this transect are too
young to record a large early-Holocene deglaciation event, as found at Beardmore and Mackay
glaciers (Jones et al., 2015; Spector et al., 2017). However, those glaciers only thinned by tens of
meters following a large drawdown of several hundred meters in the early Holocene, whereas
Darwin Glacier thinned by 200 m since 6.7 kyr BP. This could be a function of the ice sheet bed
topography near the mouths of these glaciers, which is currently poorly known.

About 500m above the glacier margin on the ice shelf side of Diamond Hill, the bedrock
is at or near the saturation with respect to '*C (14-HAT-006-DH; 593 masl). This sample was either
not covered by ice during the last glaciation, or covered for only a brief period (< lkyr). The
maximum ice thickness at other locations in the Ross Sea lasted for 3-5 kyr (Todd et al., 2010;
Hall et al., 2010; Spector et al., 2017), so we take this sample to be an upper bound on the LGM
ice surface elevation near the modern grounding-line. This is a surprising result, given that the
LGM ice surface at the mouths of other TAM outlet glaciers was often ~700-900 m above the
modern ice surface (Todd et al., 2010; Bromley et al., 2010, 2012; Spector et al., 2017). It is
especially at odds with both Bockheim et al.'s (1989) estimate of an LGM ice surface 1000 m
above present at the mouth of Darwin Glacier, and with Storey et al.'s (2010) assertion that Darwin
Glacier did not thicken during the LGM. Anderson et al.'s (2004) estimate of an LGM ice surface
800 m above the modern is closer to the truth, but still an overestimate.

On the summit and opposite flank of Diamond Hill — above Diamond Glacier — in situ

14C concentrations are well below saturation, decreasing with elevation from 10.8 + 1.4 kyr at the
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summit of Diamond Hill (1287 masl) to 5.3 = 0.5 kyr at 1134 masl and 4.3 + 0.4 kyr at 813 masl.

In contrast to the ages from the other side of Diamond Hill, these ages suggest that the summit was
completely overtopped by ice for a long period during the last glaciation. Today, Diamond Glacier
terminates in a bedrock saddle between Diamond Hill and the Brown Hills below these samples at
~350 masl. While Darwin Glacier had thinned to within 135 m of its modern thickness by ~5.1 kyr
BP, these ages may suggest that Diamond Glacier was still at least 785 m thicker than present at
this time. The ice covering these samples could also have been part of a separate alpine glacier;
however, we found no geomorphological evidence that ice has recently occupied this cirque, and
most alpine glaciers in the Ross Sea region retreated during the last glaciation due to decreased
precipitation (Denton et al., 1989; Higgins et al., 2000; Jackson et al., 2017). Furthermore, the
apparent exposure ages increase with increasing elevation, which is the opposite of what would be
expected from a mountain glacier retreating due to an increase in the equilibrium line altitude. The
most likely explanation is that glacier ice covered the summit and upglacier flank of Diamond Hill,
but did not flow entirely over it. Instead, Diamond Hill was most likely a nunatak at the LGM,
with the downglacier flank exposed much like the modern ice configuration of the nearby Roadend
Nunatak.

We analyzed cosmogenic 2°Al and '°Be in the same bedrock samples in which we measured
in-situ '*C in order to compare recent glacial fluctuations to the long-term history of glacial-
interglacial changes (Figure 2-11). The 2°Al and '°Be concentrations of the bedrock transect
supports our interpretation from in-situ “C that in general, ice covered the upglacier side of
Diamond Hill but not the lee side. The two highest elevation samples (14-HAT-035-DH, 1135
masl; 14-HAT-036-DH, 1297 masl) have only very rarely been covered by ice or snow. The *C-

saturated sample (14-HAT-006-DH; 598 masl) is buried less frequently than the sample above it
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in the elevation transect (14-HAT-039-DH; 813 masl), which precludes interpretation by a simple

ice sheet thickening and thinning scenario. The lowest elevation sample (14-HAT-033-DH; 280
masl) exhibits clear geomorphic signs of glacial erosion and has thus lost much of its inherited
nuclide inventory, making it difficult to interpret in terms of burial and exposure durations.
However, it yields apparent !Be and 26Al exposure ages of 15.8 + 1.3 kyr and 13.9 + 1.5 kyr,
respectively. Compared to its '*C age of 480 + 200 yr, this indicates that glacial erosion over the

last glacial cycle was insufficient to remove evidence of prior exposure.
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Figure 2-11: Long-term exposure-burial history from 2°Al and '’Be measurements of
Diamond Hill bedrock. Sample elevation is listed by each measurement ellipse. 2Al and '’Be
concentrations have been normalized to the local production rate, which allows us to portray
samples from different elevations on the same axes. These measurements show both that the two
highest elevation samples (14-HAT-035-DH: 1135 m, and 14-HAT-036-DH: 1287 m) have
experienced almost no burial by ice, while all the lower elevation samples have considerable
burial signals. Sample 14-HAT-006-DH (593 m) also stands out as having been buried less often
than samples both higher and lower in elevation (14-HAT-039-DH: 813 m; 14-HAT-026-DH:
472 m, respectively). Therefore, while unsaturated '“C concentrations in bedrock at the top of

Diamond Hill show that the LGM was an uncommonly large glaciation, the “C-saturated
bedrock sample at 593 m elevation reveals that the downglacier side of Diamond Hill is rarely

ice-covered. The surprisingly low burial age of the lowest elevation sample (280 m) could be due
to erosion prior to the timescale recorded by 2°Al, resulting in a higher-than-expected isotope

ratio.
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Comparison with the in situ '*C measurements on the same bedrock samples shows that
the mouth of Darwin Glacier was thicker at the LGM than is typical for prior glaciations. The
young exposure ages from high on Diamond Hill indicate a significant period of ice cover during
the last glaciation, while the paired !°Be and 2°Al analyses suggest that ice cover on the summit is
a rare occurrence on 100 kyr to Myr timescales. This is consistent with the Britannia II, Danum,
and Isca deposits from Hatherton Glacier, which show that older glaciations were larger than the
last glaciation (Bockheim et al., 1989; Joy et al., 2014). This could simply reflect different
controlling mechanisms on ice thickness during different glaciations (e.g., increased accumulation
over the TAM or EAIS vs. thickened ice in the Ross Embayment). Alternatively, long-term
shrinkage of the Darwin and Hatherton catchments may have occurred when the Byrd and/or
Mulock catchments grew because of their greater efficiency transporting East Antarctic ice (cf.
modeling results of Arctic fjord development over Myr timescales; Kessler et al., 2008). This
hypothesis is consistent with the observations of pre-LGM (but undated) striations in bedrock near
the head of Hatherton Glacier that indicate ice flow into the Hatherton catchment from what is
currently the catchment of Byrd Glacier (Bockheim et al., 1989). While future data collection and
modeling could shed light on this observation, we currently do not have sufficient data to test this
hypothesis.

The fact that the '*C-saturated sample (14-HAT-006-DH; 598 masl) has been buried by ice
less frequently that the sample above it (14-HAT-039-DH; 813 masl) supports our interpretation
that samples from high on Diamond Hill (>800 masl) are less representative of the fluctuations of
the Ross Sea Ice Sheet than the lower-elevation samples. This is likely a result of which side of
the mountain the samples were taken from; however, we cannot prove this assertion due to the

small number of samples. Ice flowing to the northwest (Diamond Glacier) side of Diamond Hill
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during glacial periods was likely fed by ice flowing over Bastion Bluff. Diamond Glacier would

have thinned rapidly once this connection was cut off, while Darwin Glacier remained thick.

2.4 NUMERICAL MODELING OF GLACIER FLUCTUATIONS

24.1  Model description

We use two numerical models to evaluate possible deglaciation scenarios consistent with
our geochronological data. We model Darwin and Hatherton Glaciers since the LGM using a 1.5-
D shallow ice glacier flow-band model, which solves mass conservation to calculate ice-surface
evolution using the finite volume method of Patankar (1980). This model is computationally
inexpensive and has the added advantage of a reduced number of otherwise poorly constrained
ice-flow parameters and boundary conditions. The model domain starts near Diamond Hill at 10
km upstream from the modern grounding-line where we have geochronological data. We do not
model grounding-line evolution, but we are able to use geochronological data to prescribe surface-
elevation change at a location that is always upstream of the grounding line over the past 20 kyr.

Ice flow in one dimension is described by the time-evolving mass conversation equation

(Cuffey and Paterson, 2010):

OH(x) 1 [dq(x) . 2.1)
o _W(x)< ox >+ b(x)
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where H(x) is the ice thickness, q(x) is the volumetric ice flux, W(x) is the glacier width, and b(x)
is the surface mass balance. The total ice velocity (U)is the sum of contributions from internal
deformation (Uy) and basal sliding (Us) taken to be of this form:

m 2.2
U=Ud+U5=derg+fs% (2.2)

where f; is the deformation factor, f; is the sliding factor, »=3 is the flow-law exponent, 1/3 <m <
4 is the sliding exponent, 7, is the driving stress, and 75 is the basal shear stress. Cross-sectional
area is accounted for at each grid point, and the flux is scaled accordingly compared to a simple
rectangle of area HW. The flux of small tributary glaciers contributing to Darwin and Hatherton
Glaciers are estimated using a flux gate calculation and we make the assumption that tributary flux

contributions are constant through time.
242  Model parameters, tuning, and boundary conditions

Surface mass balance and basal conditions of Darwin and Hatherton glaciers are poorly
known. We use the RACMO2.1 5.5-km resolution model of the modern surface mass balance
(Lenaerts et al., 2012), as this is the only data product to include the significant surface ablation
that is observed. While these ablation areas are not in the same locations observed from satellite
imagery, we argue that this is the best choice of surface mass balance because it matches
reasonably well the overall flux out of the glacier system (Gillespie et al., 2017). Furthermore, the
model is a function of the integral of the surface mass balance and not the specific pattern of
accumulation and ablation at any given location.

We tune a steady-state version of the flowband model to estimate poorly constrained ice-
flow parameter values by minimizing the mismatch between the modeled and observed modern

glacier surface elevation and the modern surface velocity at each model grid point; this is a strategy
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applied in related problems (e.g., Golledge et al., 2014). We vary the basal sliding factor (f;) and

the ice-flow deformation factor (fz) defined at each model grid point within a plausible range of
values. The deformation factor and basal sliding parameter vary spatially over the model grid but
we assume that the spatial patterns that optimize the fit to modern data do not change over the past
20 kyr; this is an assumption, but there is no information available to constrain a different choice
of parameter values in the past. In general, we have limited information available to constrain the
values of the sliding and deformation factors, and while our inferred patterns of these parameters
generate a surface-elevation profile and surface-velocity profile that match modern values within
their uncertainties, it is likely that it is not a unique solution. However, we are using this simple
model to constrain the time evolution of the glacier system that is consistent with our
geochronological observations, and not to interpret inferred values and patters of controls on ice
flow.

The downstream boundary condition for Darwin Glacier is a prescribed surface elevation
through time based on our glacial geologic data. The surface elevation at the most downstream
grid point of the major tributary Hatherton Glacier is prescribed at each timestep by the value at
the adjacent node along the Darwin Glacier flowline where the glaciers intersect. The flux from
Hatherton Glacier is added to Darwin Glacier at that node, the surface of Darwin Glacier is
recalculated, and the surface elevation at the mouth of Hatherton Glacier is reset to match the
updated surface of Darwin Glacier. While the model domains are set up to contain the modern
drainages of Darwin and Hatherton Glaciers, these catchment boundaries may have changed in the
past. Thus, we evaluate the influence of time-varying flux that enters the domain from the upstream

boundary, as required by a flux-balance calculation. We are also able to modulate flux entering the
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glacier through the upstream boundary as a way of investigating the role of catchment geometry

changes (including ice divide migration) on the evolution of the glacier profiles.

243 Model evaluation

In order to score the model output against our chronologies from each location, we must
account for the fact that our geochronology data record the elevation of the glacier margin through
time, rather than the glacier centerline that is calculated in the flowband model. Thus, the exposure
and radiocarbon ages represent a minimum elevation for the glacier centerline through time. While
the glacier centerline generally lies 100 m above its margin today, this would not necessarily have
been the case at the LGM. We can determine the possible range of glacier centerline elevations at
the LGM by calculating a linear best-fit curve to the LGM deposits in the valley floor (far from
the modern glacier) and on the valley walls (close to the modern glacier). By extrapolating this
linear fit out to the center of the glacier, we obtain a maximum constraint on the LGM glacier
centerline elevation because the glacier should not have a concave-up profile in the transverse
direction. We use the elevation of the highest LGM erratics as a minimum constraint for the same
reason. In the absence of further constraints, we use the mean of these elevations as the estimated
LGM centerline elevation, and the span as the 2-sigma uncertainty. Because the age of the LGM
deposit on the valley walls does not necessarily match the age of the corresponding limit on the
valley floor, these are slightly time-transgressive estimates. However, we consider this the best
estimate possible without the use of a higher-dimensional glacier model that requires additional
assumptions. We obtain glacier centerline elevations and 2-sigma uncertainties of 1355 + 67 m at

Lake Wellman, 1402 + 56 m at Magnis Valley, and 1550 + 45 m at Dubris-Bibra Valleys.
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At Diamond Hill, we lack the clear limit LGM deposits necessary to project samples to a
glacier centerline elevation. Instead, we convert the elevations of algae, bedrock, and glacial
erratics samples to a height above the nearest ice margin and use that value as constraints for
glacier fluctuations and for the experiments discussed in Section 3.4. Likewise, we do not have a
reliable means of assigning uncertainty to these elevations, and so we take a conservative approach
and ascribe a + 75 m 2-sigma uncertainty. Each data-point represents a strict minimum elevation
for the glacier centerline at the given age, and the surface profile of the lobe entering the valley is
unknown. Therefore, we convert the age-elevation transects to a percentage of the total LGM-to-
present change. We can then relate the LGM-to-present change to the glacier centerline elevation

using the estimate of LGM elevation described above and the measured modern surface elevation.

2.4.4 Transient experiments

Our glacial geologic data are equivocal about the magnitude and rate of change from the LGM to
present. Data from nearest Darwin Glacier suggest slow and steady thinning of 500 m through the
Holocene, while data at the summit of Diamond Hill suggest a ~900 m of rapid thinning ~ 7 kyr
BP. We used our glacier flowband model to test how these deglaciation scenarios at the mouth of
Darwin Glacier would be reflected in the chronologies from Hatherton Glacier. We also test the
alternative hypothesis that 500 m of LGM-to-present thinning comprised a rapid drawdown of 200
m in the early Holocene, consistent with records from other TAM outlet glaciers (Spector et al.,
2017), followed by flow and steady thinning recorded in the ages of the erratics. The simulations

presented here are tabulated in Table 2-1.
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Figure 2-12: Modern bed and surface topography along the centerlines of Darwin and
Hatherton Glaciers from Gillespie et al. (2017). Mapping and sample locations and our inferred
LGM glacier surface elevation are denoted by circles for Hatherton Glacier (LW — Lake
Wellman; MV — Magnis Valley; DAN — Danum Platorm). The triangles above the mouth of

Darwin Glacier represent the two possible constraints at Diamond Hill (DH).

Experiment 1: 500-m of gradual thinning at glacier mouth
Modern surface mass balance, constant catchment size

Since we have no constraint on changes in accumulation and ablation patterns through time
for the Darwin-Hatherton Glacier System, we first set up a transient run in which the modern
surface mass balance pattern is kept constant in time. The glacier surface at the outlet of Darwin
Glacier is held at 500 m above the modern surface until 9 kyr BP, and then lowered according to
the geochronologic constraints from Diamond Hill (Figure 2-10), using the assumption that the '*C-
saturated bedrock sample represents an upper bound on the LGM ice surface of the main trunk of

Darwin Glacier. This is based on the interpretation that the Holocene '*C exposure ages higher up
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on Diamond Hill represent cover by an ice cap or glacier that drained off of Diamond Hill to feed

into the main trunk glacier (see Section 2.3). The results of this experiment are shown in Figure

2-13 (DH_run_1a).

DH run la
DH run 1b
DH run Ic
DH run 1d
DH run 11

DH run 2a
DH run 2b
DH run 2c
DH run 2d
DH run 21

DH run 3a
DH run 3c
DH run 3i

Modern
SMB

RACMO2.1
RACMO2.1
RACMO2.1
RACMO2.1
RACMO2.1
RACMO2.1
RACMO2.1
RACMO2.1
RACMO2.1
RACMO2.1
RACMO2.1
RACMO2.1
RACMO2.1

Table 2-1: Inputs for flowband model runs

LGM SMB

RACMO2.1

60% RACMO?2.3
RACMO2.3
200% RACMO2.3
60% RACMO?2.3
RACMO2.1

60% RACMO?2.3
RACMO2.3
200% RACMO2.3
60% RACMO?2.3
RACMO2.1

60% RACMO?2.1

44% RACMO2.1 (scaled to
Taylor Dome record)

External Flux
Darwin (m?®/yr)

2x 108

2x 108

OO IO O OO~ Ooloc o O

-1.4x 108

External Flux
Hatherton
(m3/yr)

There is essentially no lag time between the application of the elevation-change at the

mouth of Darwin and the response of Hatherton Glacier in this scenario. Thus, the onset of thinning

at each location along the profile of Hatherton Glacier occurs almost simultaneously with the onset

of thinning at Diamond Hill. This is consistent with our chronologies from the valleys alongside

Hatherton Glacier, each of which indicates that retreat began ~8-9 kyr BP. However, using the

modern surface mass balance at the LGM leads to a thinner modeled Hatherton Glacier than is

indicated by the glacial deposits. This discrepancy gets more pronounced further upglacier: at Lake

Wellman (close to the confluence of Darwin and Hatherton), the model predicts an LGM ice

surface ~75 m below the LGM erratics at the entrance to the valley; at Magnis Valley, the model
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underpredicts LGM thickness by ~100 m; at Dubris and Bibra Valleys, the modeled glacier is ~170

m too thin.

There are three possible explanations for the underprediction of LGM ice thickness in this
experiment. First, it is possible that the current size of the glacier catchments is smaller than it was
during the LGM. Observations of striated bedrock near the head of Hatherton Glacier indicate that
at some unknown time in the past, ice likely flowed over into the Hatherton valley from what is
now the catchment of Byrd Glacier (Bockheim et al., 1989). Likewise, there are no constraints on
the former size of the Darwin Glacier catchment. It is thus entirely possible that at the LGM, more
ice fed into the DHGS due to larger catchment size. Second, our assumption of a constant pattern
of surface mass balance through time is too simple. The large ablation areas found on both glaciers
today are near their likely maximum extent, and a small climate perturbation would decrease their
size, leading to a more positive surface mass balance (Brown and Scambos, 2004). However,
Hatherton Glacier must have had ablation areas (both wind scouring and surface melt) at its
margins during the local LGM in order to provide the meltwater necessary to create the ponds that
hosted our algae samples, and in order to deposit erratics in the valleys. Furthermore, accumulation
rates tend to increase as the atmosphere warms during a glacial termination; the Taylor Dome ice
core record shows a roughly 100% increase in accumulation rate between 12 kyr BP and 0.7 kyr
BP (Monnin et al., 2004). The presence of blue ice areas due to scouring by katabatic winds would
likely lead to a more complicated change in surface mass balance, but the reduction in snow
accumulation during glacial periods would likely have been a common feature throughout the
Transantarctic Mountains. Third, our records at the mouth of Darwin Glacier (Diamond Hill) are
somewhat equivocal (Figure 2-10). The fact that the algae record at Diamond Hill seems to disagree

with the record from glacial erratics, and that the complicated and spatially sparse bedrock '“C
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record is difficult to interpret leaves open the possibility that the average LGM ice thickness at

Diamond Hill was higher than we have tentatively concluded (see Section 2.3.5). We explore the
effects of time-evolving surface mass balance, variable flux into the glacier canyons, and different

LGM ice thickness at the mouth of Darwin Glacier in the following model experiments.
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Figure 2-13: Flow-band model results from Experiment 1 (described in Section 3.4). The two

best-fitting scenarios require either a larger catchment for both glaciers at the LGM (green curve;

DH run_11), or an accumulation rate far higher than modern (purple curve; DH _run_1d). The

black curve in the Diamond Hill panel represents the prescribed ice surface history at the

downstream boundary.
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Time-evolving surface mass balance

We first examined the effect of scaling the modern surface mass balance to the normalized
accumulation rate history recorded in the Taylor Dome ice core (Steig et al., 2000; Monnin et al.,
2004). As expected, this also leads to a modeled Hatherton Glacier that is too thin at the LGM,
with 150-250 m of thickening relative to modern. This gives in a very poor fit to all of our glacial
geologic data, and can is not a plausible history of the glacier system.

Next, we tried a simpler time-varying surface mass balance pattern in an attempt to
determine the magnitude of glacial-interglacial change needed to match the records from
Hatherton Glacier using only variations in SMB. The modern surface mass balance is taken from
RACMO 2.3. We defined the LGM surface mass balance by multiplying a scaling factor by the
RACMO 2.3 surface mass balance, which does not include ablation arecas. We use values of 60%,
100%, and 200%. The choice of 60% is made to match the accumulation rate change in the Vostok
ice core between the LGM and present (Petit et al., 1999). This is of course a crude estimation, but
results in reasonable LGM accumulation rates of 2-10 cm/yr, with no blue ice areas. The surface
mass balance is varied linearly in time between the modern and LGM states. After a 5 kyr spin-up
to allow the model to equilibrate with LGM climate, the LGM SMB is held constant until 15 kyr,
and then varied linearly to the modern SMB.

In this scenario, 60% scaling leads to underprediction of LGM ice thickness by about 100
m at all three Hatherton Glacier sites (DH_run_1b in Figure 2-13). Using a 200% scaling of modern
SMB at the LGM leads to excellent agreement between the glacier model and most of the records

from Hatherton Glacier (DH_run_1d in Figure 2-13). LGM surface elevations are matched to within
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a few tens of meters at all three locations, the timing and rate of thinning agree very well, and the
modern surface elevations are reproduced to within 40 m at all three locations.

While 200% scaling results in a reasonable match between the model and surface-exposure
age data, it is an unlikely surface mass balance history. This requires LGM accumulation rates of
7-30 cm/yr, compared to ~3 cm/yr accumulation at Taylor Dome during the same time period. The
fact that at least some surface ablation had to occur to create ice-marginal ponds means
precipitation rates may have been even higher than this. This scenario also requires the overall
surface mass balance to decrease during the termination of the glacial period, which is unlikely.

Although this scenario fits our data quite well, we search for a more reasonable explanation.

Added flux to account for changing catchment area

As noted above, there are no constraints on the size of the glacier catchments at the LGM.
While the modern glacier catchments are kept small by their proximity to Byrd and Mulock
Glaciers, they could have been larger at the LGM. Due to the low surface slopes of the EAIS, just
a moderate amount of thickening or thinning could drastically increase or decrease drainage area.
To account for this uncertainty, we take the simple approach of adding ice flux to the upstream
boundary of the Darwin and Hatherton Glacier model domains. A challenge of this approach is to
define a time series of flux change across the upstream boundaries. Because this value would have
varied in time and would not necessarily have been the same for both glaciers, any solution is
likely to be non-unique. However, the goal of this exercise is not to calculate the magnitude of the
flux entering the glaciers at the LGM, but rather to determine whether changing catchment areas

could be a reasonable means of achieving the LGM ice thickness of Hatherton Glacier.
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When additional flux is added only to Hatherton Glacier, the glacier profile tends to
steepen, leading to overprediction of ice thickness by >100 m at Dubris-Bibra and Magnis valleys,
while ice thickness is still ~75 m too low at Lake Wellman. Conversely, when a proportional
amount of flux is added to the upstream boundary of the Darwin Glacier domain, LGM ice
thickness is underpredicted at all locations on Hatherton Glacier by 75-100 m, while the head of
Darwin Glacier is ~200 m thicker than Bockheim et al. (1989) found at Darwin Nunatak. However,
by adding a more modest amount of flux to both Darwin and Hatherton Glaciers, and by using the
scaled SMB of 60% modern for the LGM, we achieve a better fit to the LGM limits and retreat
histories at all three locations along Hatherton Glacier, without unduly thickening the head of
Darwin Glacier (DH run 11 in Figure 2-13). Given the uncertainties in bed properties,
accumulation rate, and tributary fluxes through time we consider this to be a satisfactory fit to the
data. If the catchment boundaries stabilized before the grounding-line of Darwin Glacier stopped
retreating, this could also explain the slowdown of thinning at Dubris-Bibra Valleys several kyr
prior to the slowdown of thinning at Lake Wellman, ~30 km closer to the grounding-line.

We now consider whether the amount of additional incoming flux required to match the
LGM limits is a physically reasonable quantity. For the additional 6.4 x 107 m*/yr added to
Hatherton and the additional 1.2 x 10 m*/yr added to Darwin and a reasonable LGM accumulation
rate of 3 cm/yr over the East Antarctic Plateau, this would require 2,100 km? and 4,100 km? of
additional LGM catchment area for Hatherton and Darwin, respectively. This represents a ~75%
increase over the modern catchment area (Gillespie et al., 2017), but only a 5% decrease in the
Mulock Glacier catchment or a 0.5% decrease in the Byrd Glacier catchment areas based on the
calculations in Stearns (2011). Because this total areal change is roughly equivalent to the reported

uncertainty in the Mulock Glacier catchment area, and only about 11% of the uncertainty in the
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Byrd Glacier catchment area, we consider this amount of divide migration over a glacial-

interglacial cycle to be reasonable.

Experiment 2: Rapid early-Holocene thinning near grounding-line

The LGM limit inferred from '*C-saturated bedrock and the 6.7 kyr-old bedrock exposure
age below it are separated by 300 vertical meters. Other records from the western Ross Embayment
show a rapid drawdown event 9-8 kyr BP, presumably indicating widespread deglaciation of the
region in the early Holocene (Spector et al., 2017). There is no record of such abrupt thinning at
sites upglacier, but such an event could have occurred in the data gap between the LGM and 6.7
kyr BP. We explore this possibility by imposing a rapid thinning event of 275 m from 9-8 kyr BP,
followed by gradual thinning consistent with the glacial geologic constraints. Surface mass balance
and additional flux are the same as the best-fit scenario from Experiment 1 (i.e., 75% larger
catchment, SMB varies linearly through time). The results of this experiment are shown Figure
2-14.

The rapid thinning imposed at the mouth of Darwin Glacier propagates upglacier in the
model with no significant lag. While the amplitude of the signal decays with distance upglacier, it
is still readily detectable in the modeled glacier changes at Dubris-Bibra Valleys. This leads to a
much poorer fit to the data than the situation with gradual thinning at the grounding line in
Experiment 1. This shows that the records from Hatherton Glacier do not agree with a pulse of
rapid thinning at the mouth of Darwin Glacier. This response is different compared to the rapid
and dramatic records of thinning at the mouths of other TAM outlet glaciers (Todd et al., 2010;
Jones et al., 2015; Spector et al., 2017) and supports our assertion that the DHGS did not respond

to the last deglaciation in the same way as other outlet glaciers to the north and south.
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Figure 2-14: Flow-band model results for Experiment 2. All inputs are the same as for
Experiment 1, except for the downstream boundary condition, which contains a period of rapid
deglaciation 9-8 kyr BP. It is evident that this event would have been recorded in the deposits at

Hatherton Glacier, but there is no clear evidence of this in our chronologies. Thus, the case of

slow thinning in Experiment 1 provides a better fit to the data.
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Experiment 3: 900-m of thinning near the grounding-line in the mid-Holocene

As shown in Figure 2-10, the bedrock high on Diamond Hill has Holocene exposure ages,
while a *C-saturated sample lies hundreds of meters below. While we have argued that the higher-
elevation ages are not as representative of the surface of Darwin Glacier as they are of more local
ice configuration, we do not have enough data to prove this assertion outright (see Section 2.3.5
for a more thorough discussion). Thus, in this experiment we evaluate a scenario in which a very
thick Darwin Glacier covered the top of Diamond Hill at the LGM, and then thinned by ~800 m
from 6-4 kyr BP. This thinning history is defined by the bedrock samples in Figure 2-10b. Results
are shown in Figure 2-15.

For modern accumulation rates and catchment boundaries, this deglaciation scenario leads
to a modeled Hatherton Glacier that is ~160 - 200 m too thick at all locations (DH_run_3a in Figure
2-13). Scaling the accumulation rate to the Taylor Dome record, which is our lowest LGM
accumulation rate, produces essentially no change in the glacier profiles, while scaling the
RACMO 2.3 SMB by 60% leads to a worse fit due to the lack of ablation zones (DH_run_3c in
Fig 13). The fit to Hatherton Glacier LGM ice thickness can be improved by moving the Darwin
Glacier catchment boundary ~25 km into the model domain (DH_run_3i in Figure 2-15). There is
no geologic evidence for this, but it may not be an unreasonable amount of change, given the
enormous catchment areas of Byrd and Mulock glaciers. However, the rapid thinning during
deglaciation propagates upglacier, and such thinning is not observed in our records of Hatherton
Glacier fluctuations. Thus, the pattern of thinning cannot be matched using simple assumptions
about catchment size or surface mass balance, and thus we conclude that this is an unlikely

scenario. This supports our earlier conclusion that the elevation transect near the modern margin
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of Darwin Glacier at Diamond Hill most closely represents the major ice thickness fluctuations

since the LGM.

245 Ice sheet model ensemble

Our flowband model is only applied to the grounded Darwin and Hatherton Glaciers, and
thus cannot be used to directly examine the effect of grounding-line distance on the ice thickness
of Darwin and Hatherton Gaciers. We use the Pennsylvania State University 3-D ice sheet model
(PSUICE) (Pollard and DeConto, 2012a) to examine the retreat ice from Byrd, Darwin-Hatherton,
and Mulock glaciers. PSUICE uses a combination of the Shallow Ice and Shallow Shelf
approximations (SIA and SSA, respectively) along with a parameterization of grounding-line flux
(Schoof, 2007) to allow for full continent-scale simulations on kyr to Myr timescales, as well as
an optimized model-parameter set that is tuned to match glacial geologic data from around the
continent since 20 kyr BP (Pollard et al., 2016). However, this parameter set was optimized to
available constraints for the entire WAIS, and because we are only interested here in the ice sheet
in the Ross Sea, that parameter set may not be the most suitable. Therefore, we run the model first
at 20-km resolution over the whole continent from 25 kyr BP to present, and use this to establish
boundary conditions for an ensemble of 48 nested model simulations at 10 km resolution since 20
kyr BP. While this resolution is likely not sufficient to accurately represent the dynamics of Darwin
and Hatherton glaciers, the modern ice discharge from those glaciers (~0.2 Gt/yr at present;
Gillespie et al., 2017) is small compared to that from Byrd and Mulock glaciers (~27.5 Gt/yr at
present; Stearns, 2011), so it can be neglected for the purposes of large-scale modeling of the Ross
Sea Ice Sheet. We are interested in the relationship between ice thickness at the TAM front and
the position of the grounding-line, and thus do not need to resolve the individual glaciers. The 10-

km resolution was chosen as a trade-off between computing time and the ability to resolve pinning
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points that may have a large effect on grounding-line migration. We vary four model parameters
over a reasonable set of values determined by the large ensemble analysis of Pollard et al. (2016):
basal slipperiness on the modern seafloor, isostatic rebound rate, ice shelf melt sensitivity to ocean
temperatures, and a calving rate factor. We also use two different sea-level curves to explore the
dependence of the model on time resolution in proxy records (Lisiecki and Raymo, 2005; Spratt
and Lisiecki, 2016). Because our results show more gradual and recent deglaciation of the DHGS
than at other locations in the TAM, our choice of parameter values is intended to slow down
grounding-line retreat relative to the optimized parameter set of Pollard et al. (2016). Parameter
values are tabulated in Table 2-2.

Table 2-2: Parameter choices for ice sheet model ensemble

Parameter Values Optimal value from Pollard et
al. (2016)
Asthenospheric rebound time 1000, 2000 yrs 2000 yrs
Sub-shelf melting factor 05,1 1,3
Basal sliding coefficient on 107, 10, 107 107
seafloor
Calving factor 0.7,1 1
Sea-level curve Lisiecki and Raymo, 2005; N.A. (only used LR04)
Spratt and Lisiecki, 2016

Scoring the runs against all available geologic data is beyond the scope of this paper.
Instead, we focus on the pattern and timing of grounding-line retreat to the mouth of Darwin
Glacier. By establishing a relationship between the ice thickness at the mouth of Darwin Glacier
and the distance to the grounding-line, we can draw conclusions about grounding-line position
based on glacial geologic data. Ideally, we seek a combination of model parameters that enables

the grounding-line to slowly approach the mouth of Darwin Glacier, despite the steeply back-
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sloping bed topography south of Minna Bluff, while still leading to early Holocene deglaciation

of much of the western Ross Embayment (Spector et al., 2017). However, we also recognize that
the parameters could vary in space and time, so this optimal solution could be non-unique.
Furthermore, higher-order ice physics and adaptive mesh refinement to resolve grounding-line
migration may be required to fully capture the processes involved in the retreat but require too
much computational expense to be included in an ensemble of model runs over timescales of tens
of thousands of years.

Results from our ice sheet model ensemble are shown in Figure 2-16, and we find that no
combination of the parameters we explored reproduces the slow and steady drawdown through the
Holocene that we observe in the glacial geologic data at Diamond Hill or on Hatherton Glacier.
The basal sliding coefficient, the only parameter that strongly effects the thickness of the ice sheet
downstream of Darwin Glacier, leads to a difference of ~600 m ice thickness between the fastest
sliding value (10°) and the slowest (10-7). While the ice at the mouth of Darwin Glacier begins
thinning ~1 kyr earlier for the faster sliding scenarios, modern ice thickness is achieved by 5-6 kyr
BP in all model runs.

While none of the model runs in this ensemble achieve what we consider to be a good fit
to our data from Diamond Hill, the three clusters of runs defined by the three basal sliding
coefficients display internally consistent qualities that are worth examining in order to better
understand the sensitivity of the Ross Sea Ice Sheet near the mouth of Darwin Glacier. Figure 2-16
shows the relationship between ice thickness at the mouth of Darwin Glacier and the distance to
the grounding-line. After an initial spin-up period during which the modeled ice sheet reaches a
quasi-equilibrium thickness, each group shows a distinct relationship between these two variables.

All three groups of models undergo slow, almost linear thinning as the grounding line retreats from



51

its LGM position to Cape Crozier. Once the grounding-line is upstream of Cape Crozier, ice
thinning at the mouth of Darwin Glacier accelerates in the two groups of models with more basal
sliding. Another increase in grounding-line retreat rate is noticeable in all three groups after the
grounding-line retreats past a Minna Bluff. These two features are apparently important for
resisting ice sheet retreat.

Ice thinning at the mouth of Darwin Glacier is less sensitive to grounding-line position
when the grounding line retreats into Discovery Deep, the deepest part of the seafloor beneath the
Ross Ice Shelf. This is surprising because the rate of grounding-line retreat increases as it reaches
the back-sloping edge of Discovery Deep. This suggests that some pulses of retreat at the
grounding line of the Ross Ice Sheet may not have left a strong signal of thinning at the mouths of
TAM outlet glaciers, requiring a very low surface slope between the mouth of Darwin Glacier and

the grounding line, hundreds of km away.

2.5 DISCUSSION

Darwin and Hatherton glaciers continued to adjust to regional deglaciation until ~3 kyr BP,
which means that the grounding-line likely did not arrive at its present location until about that
time. Darwin and Hatherton Glaciers lie roughly halfway between McMurdo Sound and
Beardmore Glacier, which both deglaciated in the early Holocene (Spector et al., 2017), yet the
timing of grounding-line arrival at Darwin Glacier is much more recent. This could imply that a
large region extending across Byrd, Darwin, Mulock, and Skelton glaciers remained grounded for
about 4 kyr after the grounding-line in the central Ross Embayment had retreated further south. It
remains an open question how far along the TAM front this grounded ice persisted, and if it

comprised a single, grounded ice mass or local piedmont lobes (Lee et al., 2017).
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Steady thinning of Hatherton Glacier through the Holocene also supports a later arrival of
the grounding line relative to glaciers to the north and south (Hall et al., 2015; Jones et al., 2015;
Spector et al., 2017). Thinning at the modeled LGM grounding-line is accompanied by thinning at
the mouth of Darwin Glacier, which would have propagated rapidly upglacier and been recorded
in deposits alongside Hatherton Glacier. Our model experiments show that ice at the mouth of
Darwin Glacier stops thinning once the grounding line stops retreating, although the timing and
magnitude of these changes do not necessarily correspond to our data. There is no record of an
exceptionally fast period of thinning at Hatherton Glacier, in agreement with our interpretation of
the sparse data near the modern grounding line. However, our ice sheet model ensemble analysis
suggests that periods of exceptionally fast grounding-line retreat — such as across the Discovery
Deep region — would not necessarily correspond to noticeably faster ice thinning rates at the
mouth of Darwin Glacier. A two- to four-fold increase in the modeled rate of grounding-line retreat
as ice in Discovery Deep goes afloat does not cause faster drawdown at Darwin Glacier for most
parameter choices. In the scenarios with the fastest basal sliding, there is an increase in the rate of
thinning when the grounding-line retreats into Discovery Deep. However, this lags the change in
the grounding-line migration rate and reaches a maximum thinning rate after the grounding line
has already slowed. This suggests that the time at which grounding-line retreat starts and stops
may be deducible from geologic data, but that there are significant complications in drawing
conclusions about even relative rates of grounding-line migration from ice-elevation proxies.

While we are not able to determine the rate of grounding-line retreat, we can make a first-
order estimate of the sensitivity of Darwin and Hatherton glaciers to grounding-line position using
records from elsewhere in the Ross Sea. The grounding-line retreated past Ross Island >8.6 kyr

BP (McKay et al., 2016), and McMurdo Sound became free of grounded ice between 7.5 and 9
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kyr BP (Jones et al., 2015; Anderson et al., 2017). This is similar to the time at which Hatherton

Glacier began to retreat from its last high-stand (8 — 9 kyr BP), and our glacier modeling suggests
Darwin likely began thinning around this same time as well. If this is true, Darwin and Hatherton
glaciers may be strongly dependent on the ice configuration near Ross Island. This conflicts with
the results from the ice sheet model ensemble that predict high thinning rates at Darwin Glacier
even as the grounding-line retreat slows down south of Ross Island, presumably due to increased
ice shelf buttressing (Whillans and Merry, 2001). This discrepancy should be addressed with
further modeling studies of outlet glacier response to grounding-line retreat and/or more data from

near the modern grounding line of Darwin Glacier.
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Figure 2-15: Flow-band model results for Experiment 3, in which we assume that the
Holocene exposure ages high on Diamond Hill represent thinning of the main trunk of Darwin
Glacier. Fitting the LGM thickness of Hatherton Glacier requires a much smaller Darwin Glacier
catchment at the LGM, but we cannot fit the shape of the chronologies with any combination of
simple assumptions about surface mass balance or catchment area. Thus, we rule out this
scenario as unlikely, and conclude that the young exposure ages at high elevation on Diamond

Hill reflect more local ice fluctuations.
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Darwin and Hatherton Glaciers thinned at rates comparable to Scott Glacier near the
modern grounding-line in the southern Ross Embayment (Spector et al., 2017). More rapid
thinning of Mackay and Beardmore glaciers could be due to the steeply back-sloping bed
topography in the immediate vicinity of the glacier mouths (Jones et al., 2015; Spector et al., 2017).
The rapid collapse of grounded ice in and around McMurdo Sound ~7-9 kyr BP (Jones et al., 2015;
McKay et al., 2016; Spector et al., 2017) may have been contemporaneous with the onset of
thinning at the mouth of Darwin Glacier.

We suggest that the relatively recent and slow deglaciation of the DHGS is likely due to
the convergence of Byrd and Mulock Glaciers near the mouth of Darwin Glacier, which led to
dynamic ice thickening and lateral drag past Minna Bluff and Cape Crozier. Numerical
investigations of grounding-line dynamics have shown that in general convergent flow can
counteract the acceleration of dynamic thinning as the grounding line retreats down a reverse bed
slope (Gudmundsson, 2013); positive strain rates measured south of Minna Bluff show that
convergent flow and compression are causing dynamic thickening of the ice shelf in this region
today (Thomas et al., 1984). Whillans and Merry (2001) identified Cape Crozier and Minna Bluff
as controlling obstacles to the flow of the Ross Ice Shelf today, and we expect they would have
had a similar effect during the last deglaciation. Together, the effects of convergent flow and lateral
drag could have created a sheltered embayment that resisted grounding-line retreat for longer than

glaciers farther to the south, even given the steeply back-sloping bed topography.
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Figure 2-16: Results from the 48-member PSUICE ice-sheet model ensemble. (a) The

relationship between rate of ice thickness change at the mouth of Darwin Glacier and the

distance to the grounding-line for all ice sheet model runs. The basal sliding parameter

(CSHELF) has by far the largest effect of the parameters we explored in the ensemble. Grey bars

indicate the locations of the features we hypothesized to affect the rate of grounding-line retreat:

Cape Crozier, Minna Bluff, and the Discovery Deep. (b) Grounding-line migration rate as a

function of distance to the grounding line from Darwin Glacier. Negative values indicate retreat.

Migration rate slows after the ice around Cape Crozer goes afloat, but thinning rates at Darwin

Glacier are relatively constant. Ice thinning at the mouth of Darwin Glacier accelerates

significantly in all model runs after the grounding-line has retreated past Minna Bluff, indicating

that this feature provided a powerfully stabilizing backpressure to the grounded Ross Sea Ice

Sheet. Perhaps counterintuitively, the acceleration of grounding-line retreat into the back-sloping

Discovery Deep is not always accompanied by increased thinning rates at the mouth of Darwin

Glacier. This indicates that there might not be a large thinning signal at the mouth of Darwin

Glacier, even for a very rapid pulse of grounding-line retreat. (¢) Simplified location map from

Figure 2-1, with nested ice sheet model domain shown in the black box.
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2.6 CONCLUSIONS

We have dated deposits of the DHGS in order to help constrain the timing and pattern of
grounding-line retreat in the Ross Embayment since the Last Glacial Maximum. While the data
suggest a later and slower deglaciation than that experienced by glaciers farther south (e.g. Spector
et al., 2017), the scarcity of glacial deposits near the modern grounding-line of Darwin Glacier
make direct interpretation difficult. We used a 3-D ice sheet model and a 1.5-D glacier flowband
model to evaluate possible deglaciation scenarios consistent with our new data, and with
assumptions about poorly known boundary conditions. Our key findings are:

e Glacial deposits in ice-free valleys alongside Hatherton Glacier record up to 450 m of
thickening relative to present at Lake Wellman, 350 m at Magnis Valley, and 300 m at
Dubris Valley. The glacier margin extended several kilometers into each valley during its
maximum, and held a steady position for several thousand years before receding slowly
and steadily through the Holocene. It did not reach its present thickness until <2.8 kyr BP.

e Erratics perched stably on granitic bedrock at Diamond Hill 10 km upstream of the modern
grounding-line record 135 m of thinning between 5.1 kyr BP and 300 yr BP.

e Maximum bedrock *C exposure ages constrain the LGM ice surface near the modern
grounding-line of Darwin Glacier to >190m but <500 m above the modern glacier.

e Ice covered the summit of Diamond Hill at the LGM, but did not cover the down-glacier
flank closest to the modern Ross Ice Shelf. The summit was exposed <11 kyr BP, likely
due to loss of ice flow over Bastion Bluff as Darwin Glacier thinned. Subsequent rapid
thinning led to eventual detachment from the Ross Sea Ice Sheet.

¢ Flowband model results show that rapid deglaciation at the mouth of Darwin Glacier ~9

kyr BP predicted by the 3-D ice sheet model are not consistent with our geochronologic
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data. Instead, our data are most consistent with slow and steady thinning at the mouth of
Darwin Glacier between ~10 kyr BP and ~2 kyr BP, accompanied by a large decrease in
catchment area through the Holocene.

e An ensemble of 48 runs using a 3-D ice-sheet model indicates that using glacial geologic
data to constrain relative rates of grounding-line retreat is not straightforward. Periods of
more rapid grounding-line migration may correspond to relatively constant thinning at
outlet glacier mouths. The presence of pinning points such as Cape Crozier reduces the rate
of modeled grounding-line retreat, but not the rate of thinning at Darwin Glacier.

e We suggest that the slow thinning of Darwin and Hatherton Glaciers through the Holocene
could be the result of convergent flow with Byrd, Mulock, and Skelton glaciers, along with
compression due to the flow past Minna Bluff. During the last deglaciation this effect may
have acted to resist rapid grounding-line retreat to reach the modern position at these

glaciers.
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Chapter 3. STRUCTURE OF CRARY ICE RISE REVEALED BY HF
AND UHF RADIO-ECHO SOUNDING

Trevor R. Hillebrand, Howard Conway, Carlos Martin, John Paden, Michelle Koutnik, J. Paul
Winberry, L. Jade Cooley, Richard C.A. Hindmarsh

3.1 ABSTRACT

Crary Ice Rise formed as the Ross Ice Shelf re-grounded on a topographic high ~1 kyr BP, but
little is known about how it evolved. We present new radio echo sounding data from two ice-
penetrating radar systems operating at 7 MHz and 750 MHz center frequencies, respectively. Our
data confirm that Crary Ice Rise contains relict shelf ice and reveal complex englacial structures
that hold clues to the evolution of the ice rise. We map a bright reflector that records strong
deformation in the central plain of the ice rise, and little deformation on the southwest flank. This
reflector is frequently coincident with strong diffractors, many of which completely obscure the
bed reflection beneath them. We interpret these to be former rifts and/or basal crevasses within the
ice shelf that were filled with marine ice. Their contact with the bright reflector suggests that it is
caused by saline ice deposited by seawater flooding the permeable firn. Marine ice deposition
within rifts could have helped the ice rise incorporate neighboring shelf ice by providing a

dynamical link between the grounded ice rise and floating ice.
3.2 INTRODUCTION

Ice rises are locally grounded regions within ice shelves that provide stabilizing
backpressure against ice-sheet flow (Matsuoka et al., 2015). Ice rises potentially have a large effect

on ice-sheet stability, as model experiments have shown them to cause grounding-line advance in
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geometries that would otherwise lead to grounding-line retreat (Goldberg et al., 2009). The
importance of including ice rises in ice-sheet models has recently been emphasized by the
inference of a widespread late-Holocene re-advance of the grounding-line to its current position in
both the Ross and Weddell Sea sectors, driven by isostatic rebound (Kingslake et al., 2018).
Because ice rises generally rest on bathymetric highs beneath the ice shelf, these would have been
the first features on which the ice shelf grounded during such a re-advance at the end of
deglaciation. However, many Antarctic ice rises are smaller than the resolution of continent-scale
ice-sheet models, and are thus difficult to incorporate into simulations, even though they have a
strong influence on ice flow. Therefore, without better parameterizations of ice-rise dynamics,
estimates of past and future ice-sheet retreat based on long-term (100 kyr to Myr) continent-scale
model investigations could poorly reconstruct past behavior and poorly predict future ice-sheet
retreat.

Crary Ice Rise is a peninsula of grounded ice at the mouth of Whillans Ice Stream in West
Antarctica (Figure 3-1), surrounded by the Ross Ice Shelf. Temperature profiles measured through
Crary Ice Rise have revealed that it likely grounded ~1 kyr BP (Bindschadler et al., 1990), either
as the result of isostatic rebound (Kingslake et al., 2018) or by increased discharge from the Siple
Coast ice streams establishing contact with the seafloor (Bindschadler, 1993). The ice rise
currently provides approximately half of the resistance to the flow of Whillans Ice Stream
(MacAyeal et al., 1987), but streaklines on the surface of the Ross Ice Shelf show a history of
complex coupling between the ice rise and the ice shelf (Fahnestock et al., 2000). While the Siple
Coast ice streams have stagnated and reactivated multiple times over the last thousand years
(Catania et al., 2012), the formation of Crary Ice Rise has been generally characterized as only a

two-stage event (Bindschadler, 1993). Regional scale models have included the ice rise, but as a
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static feature that does not dynamically evolve (Hulbe and Fahnestock, 2004; 2007). To better
understand how the formation of Crary Ice Rise affected the Ross Ice Shelf and West Antarctic ice
streams, we investigate possible processes and the sequence of events that contributed to the
regrounding of the ice rise.

In this paper, we present new radio-echo sounding data that reveal new information about
the history of the ice rise. We map englacial structures, bed topography, and internal reflectors
across the ice rise in an effort to understand its evolution and present-day dynamics. The sequence
of events recorded in the ice involves large stress gradients, ice fracture, and marine ice deposition
— all of these are processes that defy simple modeling. Our results add to the literature on the
englacial structure and evolution of Antarctic ice rises, which contribute necessary boundary

conditions, validation criteria, and development of parameterizations for numerical models.

3.3 ICE-PENETRATING RADAR SURVEYS

3.3.1  HF and UHF radar systems

We used two ground-based ice-penetrating radar systems in order to map the internal
structure of Crary Ice Rise. For wide-range radio-echo sounding, we used the University of
Washington high frequency (HF) mono-pulse ice-penetrating radar operated at 7 MHz with a
wavelength of 24m in glacier ice. Vertical resolution is equivalent to a quarter-wavelength, or 6
m. This radar system has been used widely in ground-based mapping of ice streams and ice rises
across the Siple Coast of Antarctica (e.g., Conway et al., 2002; Ng and Conway, 2004; Catania et
al., 2010). At this frequency, internal reflections are primarily caused by changes in electrical

conductivity due to changes in the impurity content of snow through time (Fujita et al., 1999). The
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portability and robustness of this system allowed for reconnaissance-style mapping of the entire

1ce rise.

Figure 3-1 Location of Crary Ice Rise in the Ross Embayment of Antarctica. The tracks of
the two main radar surveys are shown in 1b. Figure generated using the Antarctic Mapping

Toolbox for MATLAB (Greene et al., 2017).

The ultra-wideband ultra-high-frequency (UHF; 600-900 MHz — center-frequency 750
Mhz) pulsed-chirp radar from the Center for the Remote Sensing of Ice Sheets (CReSIS) provided
detailed bed topography and internal stratigraphy (e.g., Lewis et al., 2015). The 600-900 MHz
range is divided into 16 sub-bands with some overlap; 16 1-us pulses are repeated at 50 kHz, and
the 16 antennae are switched between transitting and receiving modes (Rodriguez-Morales et al.,
2014). The wavelength in glacier ice is ~22 cm. The 1pus pulse duration caused signal saturation

of the upper layers, but enabled us to image deep layers and the ice-bed interface. However, the
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higher frequency of this system makes it more sensitive to scattering of the signal due to impurities
in the ice relative to the 7MHz system, and thus some deep layers are less visible than in the HF
data. As seen in Figure 3-2, however, the bed reflection is very strong almost everywhere in our
data when not blocked by englacial structures. This system is heavier and more susceptible to
damage in this terrain than our HF radar. Due to widespread ~0.5m high sastrugi and constant
drifting snow conditions endangering the radar, we used this system to investigate target areas in
great detail, but we avoided using it far from camp except under particularly good conditions. Data
were migrated using a Fourier transform method (Stolt, 1978) and the standard CReSIS processing

tools.
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Figure 3-2: Transect A-A’ along the axis of the main ridge of the ice rise, with the 750 MHz
CReSIS radar shown in the top panel and the UW 7MHz radar shown in the bottom panel. Data
have been corrected for surface topography. The most notable features are the strong bed
reflection in both radars, the strong diffractors that often block out the bed echo, and the layer at
~200 m depth at which many of the diffractors originate.
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3.3.2  Radar survey results
3.3.2.1 Radar profile A-A’ along main ridge axis

The A-A’ survey down the axis of the main ridge of the ice rise (Figure 3-1) reveals a
strongly reflecting layer at ~200 m depth that is nearly continuous in all data except where
punctuated by diffractors (Figure 3-2); hereafter this reflector is referred to as “Layer A”. This
layer is apparent in both the 750 MHz and the 7 MHz datasets. In the 7MHz data, internal reflection
horizons are detectable below Layer A. Detection of internal reflections is inconsistent in the 750
MHz. The loss of internal reflectors below Layer A often coincides with an increase in the local
dip angle of that reflector, and thus is likely an effect of the sensitivity of UHF systems to dipping
reflectors (Holschuh et al., 2014).

The bed echo is often missing beneath strong diffractors that originate from Layer A. Three
of the four strong diffractors that intersect the layer in A-A’ block the bed echo. Numerous other
strong diffractors that also block the bed echo occur lower in the ice column. The internal reflecting
horizons warp downwards towards these diffractors, forming arcs with amplitudes of up to ~40-
50 m (Figure 3-2). Such intense and localized drawdown of internal reflection horizons is most
likely caused by basal melting (Catania et al., 2006), which likely occurred while this ice was
contained in the Ross Ice Shelf. The strong diffractors and bed echo loss in the trough between
these arcs leads us to hypothesize that basal melting caused flexure of the ice shelf, leading to
concentrated extensional stresses and basal crevassing above melt channels (Vaughan et al., 2012).
Marine is the only material we know of that is likely to both exist within the ice-rise ice and
completely absorb the transmitted energy. We thus hypothesize that the strong diffractors within
the ice at Crary Ice Rise are the result of marine ice formation in former basal crevasses or rifts in

the Ross Ice Shelf, a process that has been documented in modern rifts (Khazendar and Jenkins,
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2003), and could act to strengthen ice shelves (Rignot and MacAyeal, 1998). This is represented

schematically in Figure 3-3.
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Figure 3-3: Schematics of the hypothesized processes responsible for the structures observed
in our radar surveys. (a) Ice shelf rift filling with marine ice (modified from Khazendar and
Jenkins, 2003), and seawater percolating into the firn column where it lies below sea level. (b)
Basal melt channels in an ice shelf causing flexure and crevassing (modified from Vaughan et
al., 2012). Black arrows show direction and relative magnitudes of deviatoric stresses. Marine

ice may have been deposited in basal crevasses caused by the stress pattern.
3.3.2.2 Radar profile B-B’ across the ice rise
The B-B’ profile across the ice rise reveals four separate zones of ice rise structure, which
will here be referred to as zones B1 through B4 (Figure 3-4). Zone B1 — from 0 to 5 km along B-
B’— crosses the lower NE ridge of the ice rise, which is located above the shallowest portion of

the bed. Layer A cannot be distinguished from the rest of the ice column in this zone. Point
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diffractors are found ~100 m off the bed, but they generally do not occlude the bed echo in this

zone. A single strong diffractor in this zone occurs at a depth of ~100 m.

Zone B2 — from 5 to ~12 km along B-B’ — is a zone of disturbed ice, with diffractors
extending up to 300m above the bed that obscure the bed echo. Layer A is sometimes found in this
zone, but is often discontinuous and strongly deformed. Small-scale internal reflectors are
generally not detectable in the CReSIS data for ~100 m above Layer A in this zone. However, a
second, shallower reflector occurs consistently 50-100 m above Layer A and is detected by both
systems. Conformal, meteoric ice layers can be identified at the top of the ice column. The ice rise
bed in Zone B2 is only partially visible in our data, but it seems to be rougher than in Zone B1.
This could be due sediment being squeezed up into basal crevasses, or simply to the pre-existing
bed topography. The bed in Zone B2 generally slopes downward towards the crest of the main ice
rise divide.

Zone B3 — from 12 to 17 km along B-B’, including the crest of the main ridge — is
characterized by a stronger expression of Layer A that is less deformed than in Zone B2. Relatively
uniform internal reflectors overlay Layer A in Zone B3. The shallower bright reflector is not
observed above Layer A. The lowest 100 m of the ice column in Zone B3 exhibits structures spaced
at roughly regular 1-km intervals. These enigmatic reflectors dip ~10° downwards towards the
main crest of the ice rise and intersect the bed. Like in Zone B1, the crest of the main ice rise divide
occurs over a sloping bed. The diffractor at the divide observed in the 7MHz data is a reflection

from a seismic shot hole that we drilled.
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Figure 3-4: Results of the B-B’ survey, with the CReSIS 750 MHz radar (top panel) and the
UW 7 MHz radar (bottom panel). The survey reveals four distinct structural zones of the ice rise,
referred to as B1 to B4 in the text. Compared with zones B2 & B3, the englacial stratigraphy in
upper 200m of zones B3 & B4 is relatively undisturbed.

In Zone B4 — from 17 to 22 km along B-B” — Layer A is present and mostly free of
diffractors. The ice column in this section is generally undisturbed, and the meteoric ice column

above Layer A is 30-60 m thicker than in Zone B3. This zone is notable for the relatively
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undisturbed nature of the ice. While there is one strong diffractor that blocks out the bed echo at
~17.5 km along B-B’, the remainder of Zone B4 is relatively homogeneous.

The lines we surveyed parallel to B-B’ show the same general features as B-B’ (Figure
3-5). Most striking in these profiles is the relatively high amount of basal crevassing and
deformation on the central plain of the ice rise compared to the SE flank of the main ridge (Zone
B4). The obscured bed reflection beneath the diffractors and steeply dipping deep reflectors is a
characteristic feature in Zone B3. The largest of all echo-free areas is found near the tip of the ice
rise, where the bed reflection and all returns below Layer A are missing for > 1km along our profile
(bottom panel in Figure 3-5). None of these profiles shows evidence of a Raymond bump beneath
the ice divide (Raymond, 1983), likely because the ice rise is still too young.

A linear feature visible in the 125-m resolution MODIS imagery (Haran et al., 2014)
intersects the modern grounding-line near the rifted zone of the ice rise, and trends parallel with
the main ridge crest (shown in Figure 3-1 and Figure 3-5). This lineation manifests as a break in
slope in the References Elevation Map of Antarctica (REMA) DEM (Howat et al., 2019) and
broadly coincides spatially with (i) a down-warping trend of the bright reflector, (ii) a large
increase in the amount of spatially high-frequency deformation of the reflector, (iii) a very strong
diffractor that completely obscures the bed reflection for >1 km, and (iv) a number of inclined

features in the ice beneath Layer A.
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Figure 3-5: 750 MHz CReSIS radar profiles across the main ridge of the ice rise, showing the
evolution of the enigmatic basal reflectors and the marine ice-filled rifts on the inner flank of the
ice rise. Top to bottom profiles correspond to top to bottom tracks on the map. Distance on
horizontal axis is relative to the A-A’ profile, shown in black on the map, with negative distances
corresponding to the shelf-proximal (southwest) side of the main ridge, marked by asterisks on

the map.
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3.3.2.3 Material filling basal crevasses

The bed reflection appears depressed beneath many of the hyperbolae within the ice
column. This suggests that the diffractor is associated with a change in permittivity, which causes
a change in the wave speed and thus a change in travel time to the bed. Figure 3-6 shows an isolated
hyperbola within the ice column, and the associated depression in the bed reflection beneath. It is
possible to use the magnitude of the increased travel time beneath the diffractor to estimate the
relative permittivity of the material in the ice column beneath it. Assuming the difference in actual

ice thickness is very small compared to the average ice thickness over the span of the depression,

tp

\/E_i’

we can formulate the distance to the bed as z;, = where ty is the two-way travel time of the

EM wave to the bed, and ¢; is the relative permittivity of glacier ice (~3.2 at 7 MHz). This distance

is equivalent to the distance travelled by the wave that passes through the diffractor and the ice

column beneath: z;, = La 4 Lz td, where, t;1s the two-way travel time to the diffractor, ¢ is the
two-way travel time to the bed beneath the diffractor, and &. is the permittivity of the ice column

beneath the diffractor. Setting these two expressions equal to each other and solving for the

permittivity beneath the diffractor, we obtain €, = ¢; (—? — id) .
b~ td

For the configuration shown in Figure 3-6 (i.e., & = 3.2, t,=4.3 ps, t4=1.80 ps, and t. =
4.35 ps), this results in a value of e. = 3.3, which is between that of glacier ice and marine ice.
Thus, the origin of the hyperbola can likely be attributed to a former basal crevasse in the ice shelf

that partially filled with marine ice before creeping shut.
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Figure 3-6: Diffractor and dip in bed reflection from profile B-B’ (Figure 3-4).

3.3.2.4 Ice thickness and Bed Topography

We have compiled our radar data from the 7 MHz and 750 MHz systems into
comprehensive maps of ice thickness and bed topography across the ice rise (Figure 3-7). We use
the ice thickness and bed topography to compute the height of the ice surface above floatation. The
main ridge of the ice rise is ~100 m above floatation thickness; the central plain is 50-60 m above
floatation; and the shallow ridge is ~75 m above floatation. By contrast, the neck of the ice rise
where it connects to Whillans Ice Plain is ~20-30 m above floatation.

In Figure 3-7d, we compare our measured ice thickness with the Bedmap2 compilation
(Fretwell et al., 2013). The Bedmap2 product across Crary Ice Rise only includes data from five
profiles from airborne surveys in the 1980s (Shabtaie and Bentley, 1987). The root mean square
misfit between our data and the Bedmap?2 product is 42 m, while the ice thickness in the Bedmap2

product is on average too thin by 12 + 40 m (2 + 8% ice thickness; 15). Errors near the connection
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of the ice rise to Whillans Ice Plane are relatively low, while Bedmap?2 reports ice thicknesses in
the central plain that are more than 50 m too high, and on the main ridge that are > 50 m too low.

The maximum error in the Bedmap2 data within our surveyed area is 28%.

3.3.2.5 Deformation of Layer A

The abrupt transition in stratigraphy beneath Layer A (Figure 3-2; Figure 3-4) suggests that
it represents a period when dynamical conditions changed on the ice rise. We mapped the layer
across the ice rise in the 750 MHz data using the picking software from the CReSIS MATLAB
toolbox, modified to pick internal stratigraphy. Because the depth of Layer A is sometimes difficult
to define due to scattering within the ice column, we picked the top of the layer. Layer A is more
easily detected in the 750 MHz data than in the 7MHz, so for now we exclude that dataset. A map
of the depth to this layer is shown in Figure 3-8.

The depth to Layer A is strongly heterogeneous across the ice rise and it is not significantly
correlated with either bed topography (r =0.003) or surface topography (r = -0.17). Because the
deeper portion of Crary Ice Rise is likely former shelf ice, we do not expect a strong correlation
between the depth of the layer and the bed or with the present surface topography, partly because
of the irregular topography at the base of ice shelves (Gourmelen et al., 2017) and also post-
grounding processes and accumulation. The large undulations in the structure of Layer A
compared with the bed and surface topography of the ice rise indicate that multiple stages and/or
processes were likely involved in the evolution and deformation of the layer. A single ice
dynamical mechanism (e.g., vertical shear, longitudinal compression, basal sliding, etc.) is
unlikely to produce low relief in one area and high relief in another. Indeed, Crary Ice Rise has

undergone major changes over the last ~1000 years, including at least two separate episodes of
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ice-shelf grounding and the transition from a sliding to a frozen bed (Bindschadler et al., 1990;
Hulbe and Fahnestock, 2007).

We use proper orthogonal decomposition (POD) to deconstruct the layer into a series of
additive surfaces. POD reduces high-dimensional data into a series of low dimensional basis
functions, known as modes. Each mode explains a certain percentage of the variance of the dataset.
POD is widely used to understand high-dimensional dynamic systems, such as fluid flow, when
the underlying equations are not known (e.g., Chatterjee, 2000). Each mode does not necessarily
have a physical significance, but rather reflects the requirements and definition of the POD as well
the underlying dynamics of the system (Monahan et al., 2009), and so attribution of a single
process to each mode should be avoided. However, given some a priori knowledge of the possible
dynamics of the system, and caution in interpreting the mechanistic significance of each mode, the
POD is a powerful tool for revealing the structures in a dataset. Here we use it primarily to detrend
the data and to compute the amount of variance contained in that trend.

Results of the POD indicate that 68% of the variance in the geometry of the bright reflector
is explained by a single mode that describes a (spatially) low-frequency surface (Figure 3-8). The
remaining 32% of the variance is due to the sum of higher-order modes, none of which individually
explain more than 2.5% of the total variance. The sum of the first 17 modes explains 95% of the
variance. Because the first mode contains much more of the variance than any other mode, we
accept that the layer is best described by the sum of a slowly varying surface (mode 1) and a rapidly
varying surface (the other modes).

While each mode does not necessarily hold its own physical significance, interpreting the
reflector as the sum of a low-frequency surface and a high-frequency surface is reasonable.

Assuming the layer is isochronous and was initially almost flat when it was deposited, we can seek
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a physical explanation for each style of deformation. Physical mechanisms that would produce
low-frequency spatial variations include divide flow and ice shelf flow. Possible mechanisms for
high-frequency spatial variations are found in the vicinity of the ice rise today, including, (i) local
ice shelf sliding over topographic highs (ice rumples), (ii) uplift and/or tilting of rift-bounded
bergs, (iii) intense and localized basal melting, (iv) lateral shearing at the ice rise boundary, (v)
compression upstream of grounded ice, and (vi) acceleration and flotation at the grounding-line.
The fact that the slowly varying surface contains 68% of the variance in the layer geometry
indicates an overall control of relatively simple ice flow processes on the shape of Layer A. The
high-frequency surface is likely the combined product of many of these processes, which may have
taken place before, after, or concurrent with the broader-scale deformation represented by the low-

frequency surface.
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Figure 3-7: Ice thickness (a), bed elevation (b), height above floatation (c), and fractional
error in Bedmap2 (d) from our combined 7MHz and 750 MHz radar surveys. For comparison
with Bedmap?2 data (d), our picks were re-gridded into the 1 km Bedmap2 grid and averaged

within grid cells. Imagery and grounding line (black) from MODIS Mosaic of Antarctica (Haran
et al., 2014), plotted using software from (Greene et al., 2017). The Bedmap? ice thickness is on
average 12 =40 m (1o) thinner than our measured ice thickness. Root Mean Square error in

Bedmap?2 is 42 m.
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Figure 3-8. The bright reflector can be modeled as the sum of two surfaces with different
spatial frequencies. a: Depth to the bright reflector, mapped in the 750 MHz CReSIS radar data.
b: Single-mode representation of the bright reflector as a slowly varying surface, containing 68%
of the variance in the mapped layer depth. c: The residuals between the data and the first mode of
the proper orthogonal decomposition (data minus model). Note the high-frequency and high-
amplitude deviations from the slowly varying surface in the central plain of the ice rise. d:
Cumulative fraction of the variance in the Layer A depth contained in POD modes. The first
mode contains 68% of the variance, while the sum of the first 20 modes contains ~95% of the

variance.
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3.4 WAVEFORM MODELING

We use the open-source waveform modeling software gprMax (Warren et al., 2016) to test
hypotheses for the origins of the englacial and basal reflections we observe across Crary Ice
Rise. gprMax solves Maxwell’s equations in two or three dimensions using the Finite-Difference
Time Domain method. We model our 7MHzwaveforms in 2D. The ultra-high frequencies of the
750MHz system requires high model resolution, which for now is computationally impractical
for such large model domains. Dielectric properties used in the following experiments are shown
in Table 3-1.

We test two hypotheses for the strong diffractors that block out the bed echo. Because these
often originate at Layer A, we consider it possible that these represent either (Hypothesis 1; H1)
pockets of brine trapped within glacier ice, or (Hypothesis 2; H2) accreted marine ice in former
basal crevasses or rifts. To test H1, we need to estimate the dielectric properties of isolated brine
pocket; studies of brine percolation layers have been conducted in places where the brine is still
actively entering an ice shelf (e.g., Campbell et al., 2017; Grima et al., 2016), or recharging from
groundwater into the englacial system (Badgeley et al., 2017). Thus, here we model two brine
pockets, 3m and 10 m thick, and both 10-m wide, which could have formed from a dense firn
layer in which pore spaces were filled by isolated pockets of seawater. We obtain an effective
dielectric constant of 6.85 using the Looyenga mixing formula (Looyenga, 1965) for glacier ice
with 15% seawater by volume. This is a maximum estimate (Thomas, 1975), but we use it
because we are seeking a plausible explanation for the loss of the bed echo. We assume that the
brine is composed of a series of non-connected spheres, and thus that changes in bulk
conductivity from glacier ice are negligible (Lux, 1993). This assumption should be tested with

more rigorous modeling and laboratory experiments. We do not have constraints on the thickness
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of the layer. It would be possible to estimate the layer-thickness using the power drop across it,
but given the given the uncertainties in the dielectric properties this is not justified.

To test H2, we model wave propagation through a column of marine ice, which is our
preferred hypothesis because of the down-warping of internal reflectors towards the diffractors
(e.g., in Figure 3-2). Because marine ice fills fractures from the top down, we model three different
heights (10 m, 100m, and 150m) of marine ice columns extending downward from the same point
150 m off the bed. Model results are shown in Figure 3-9 and Figure 3-10, for whole-domain
echograms and comparison of the bed reflection beneath the diffractors, respectively. The
differences between the effect of marine ice columns and brine pockets on the radar return can be
seen in the bed return. Because the brine pockets have a much higher permittivity than marine ice,
the bed reflection is noticeably delayed beneath the 10m-thick brine pocket, but not beneath the
10m-thick marine ice column. The 100m- and 150m-thick marine ice columns cause a strongly
attenuated bed return, representing a decrease of 50-60% relative to the amplitude of the bed
reflection away from the diffractor. This strong decrease in the amplitude of the bed return is
consistent with our observations, and thus we conclude that the strong diffractors are caused by
marine ice that filled basal crevasses and rifts.

We also seek an explanation for the dipping reflectors in Zone B3. The simplest hypothesis
is that these are caused by shearing of the same marine ice-filled crevasses shown in Figure 3-9
and Figure 3-10. An alternate hypothesis is that these are areas with bands of debris-rich ice, such
as those found on the surface near the north-western edge of the ice rise (Gaylord and Robertson,
1975). We model both scenarios for marine ice- and debris-filled crevasses dipping at 10°, using
a relative permittivity of 3.1 and a conductivity of 8.0 x 10> S m! for debris-rich ice with 15%

sand (Christianson et al., 2016). The results of this experiment are shown in Figure 3-11. Both
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scenarios fit the observations reasonably well, and result in a dipping reflector that does not
strongly diminish the bed echo, with a faint hyperbola originating at the intersection of the dipping
feature with the bed. Based on model results, both of these are equally likely possibilities.
However, we see no reason to invoke a new mechanism for these features, and thus we interpret
them as marine ice-filled crevasses that have been sheared by ice flow.

Finally, we investigate the total loss of bed echo for hundreds of meters beneath strong
diffractors, like that at 7.5 km in profile A-A’. Because the narrow marine ice column in Figure
3-9 results in a 50-70% reduction in the bed reflection amplitude, it is reasonable to hypothesize
that a rift totally filled with marine ice could completely block out the bed echo. We model this
scenario in Figure 3-12, using both a triangle and a rectangle of marine ice of the dimensions
defined by the strong diffractor at 7.5 km in profile A-A’: 300 m high, 700 m wide. The modeled
rift reproduces the down-warping and complete attenuation of the bed echo in the center, as well
as the hyperbola originating at the triple-junction between bed, glacier ice, and marine ice. While
this is a significant amount of marine ice, it is reasonable by comparison with the thick packages
of marine ice accreted to the bases of modern ice shelves. For instance, a single continuous band
of marine ice 200 m thick extends 200 km downstream of a promontory in the Amery Ice Shelf
(Craven et al., 2009), and a 50-350 m thick marine ice layer is continuous for hundreds of km

beneath the Ronne Ice Shelf (Thyssen et al., 1993).



Table 3-1:
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Dielectric properties of the different materials used in waveform modeling. Values

are from Christianson et al. (2016) for a 5 MHz radar.

Material Relative permittivity Conductivity (S m™)
Glacier ice 3.2 7.0x 103
Marine ice 3.4 5.7x10%

Debris-rich ice (15% 3.1 8.0x 1073
sand)
Frozen till (40% 2.9 3.4x10*
groundwater ice)
Unfrozen bedrock 12 0.0048
Seawater 77 2.9




81

3m thick brine pocket 10m thick brine pocket0 1
I :

g g 005 E
2 —_ >
E 200 E £
53 £ 3 o 2
o = ()
5 B 13008 3 2
<4 o = o
5 2 0.05 i
= 400 = 0050
5
6 500 6 -0.1
200 400 200 400
Distance (m) Distance (m)

10m marine ice  100m marine ice 150m marine ice
I ]

—

N

Two-travel time (us)
S w

(]

6 6
200 400 200 400 200 400
Distance (m) Distance (m) Distance (m)

Figure 3-9: Waveform model results from simulations using gprMax, comparing the radar
signature of a 10 m-wide pocket of brine-soaked ice (15% brine by volume) 3 m and 10 m thick
(top row) with columns of marine ice 10 m, 100 m, and 150 m high. The 150 m-high marine ice
column is in contact with the bed. In all cases the top interface is 150m above the bed. Notably,
the brine pocket does create a dip in the bed reflection, due to its higher permittivity and lower

wave speed. However, it does not produce a noticeably dimmer bed return, unlike the marine ice
crevasses, under which the amplitude of the bed reflection is decreased by ~70% compared to the

rest of the bed.
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Figure 3-10: Modeled 7 MHz radar returns from the bed beneath the diffractor (blue) for
each of the scenarios depicted in Figure 3-8. Dashed black curves show the bed reflection for a
control run without a diffractor. The bed echo beneath the 10m-thick brine pocket is delayed
because the high permittivity (low wave speed), and there is a ~20% decrease in the amplitude of
the reflection. The bed reflections beneath the taller marine ice columns are diminished by 50-

70%, with no strong delay of the bed return.

3.5 DISCUSSION

3.5.1 Origin of the bright reflector (Layer A)

We can make inferences about the origin of Layer A based on the fact that Layer A is a
strong reflector compared to other internal reflection horizons, but dim compared to the bed

reflection and the diffraction hyperbolae. Marine sediments and rock fragments recovered from
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beneath the ice, along with temperatures measured at the ice-bed interface suggest the basal
material is frozen till (Bindschadler et al., 1990; Scherer, 1988). Frozen tills likely have a wide
array of dielectric constants based on ice content, further complicated here by the fact that these
sediments were saturated with seawater before freezing. The salinity of the ice that would be
formed by freezing of these sediments is not known, and thus it is difficult to compute a dielectric
constant. However, a frozen till with 40% groundwater by volume has a relative permittivity €
=2.9 (Christianson et al., 2016). Thus, because the reflection from Layer A is weaker than from

the bed, its relative permittivity is likely within about 10% of that of glacier ice (€i=3.2).

We interpret the Layer A to be a chemically distinct layer caused by flooding of the firn
layer with seawater during the ice-shelf flow stage. The coincidence of the layer with the strong
diffractors caused by former basal crevasses or rifts filled with marine ice supports this
interpretation. The basal crevasses that were high enough to reach the firn-ice transition allowed
horizontal percolation of seawater through the firn. Horizontally extensive brine layers are well-
documented in ice shelves, including the Ross and adjacent McMurdo ice shelves (Dubrovin,
1960; Clough, 1973; Thomas, 1975; Neal, 1979; Campbell et al., 2017). In some cases, the brine
layer reflects or absorbs the transmitted power completely and precludes mapping of the ice-shelf
base. In other cases, the brine layer does not completely attenuate the signal, likely due to the brine
freezing in pockets rather than as a continuous layer. Spatial variations in firn-layer permeability
— and thus in the connectivity of the brine layer — could be the reason why Campbell et al. (2017)
were able to image the base of the McMurdo ice shelf through some parts of the active brine layer

and not others.
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Figure 3-11: Hypothesized sheared basal crevasses in profile B-B’ (Figure 3-3) compared to
the results of the gprMax model. Here we have modeled the crevasses as filled with basal
moraine (center panel), and marine ice (right panel). Based on our modeling, we cannot
distinguish between crevasses that may contain basal moraine material and those that contain
marine ice, unless the timing of the bed return is changed significantly by the decrease (basal

moraine) or increase (marine ice) in permittivity relative to glacier ice.

3.5.2  Marine ice deposition in former ice shelf factures

Our RES surveys reveal that Crary Ice Rise contains abundant marine ice, which
presumably accreted within rifts and basal crevasses in the Ross Ice Shelf. The tops of ice shelf
rifts fill with snow, sea ice, and icebergs, while marine ice accretion within rifts occurs from the
top downwards as melting of the rift walls drives convection (Khazendar and Jenkins, 2003). The
freezing-point dependence on pressure causes supercooled water to refreeze at shallower depths
(Lewis and Perkin, 1986). The down-warping of internal reflectors towards the marine ice columns
in our radar profiles suggests that significant melt occurred in the same vertical column as marine
ice accretion. In some cases, this may have been along the lower portions of rift walls, as in the
model of Khazendar and Jenkins (2003). However, our data show many instances where marine
ice deep in the ice column is overlain by continuous reflectors below Layer A (e.g., at 5 km in
Figure 3-2). These must be due to accretion of marine ice within basal crevasses that did not

penetrate the whole ice thickness, rather than in rifts. Because these features are also accompanied
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by downward deformation of the reflectors above them, the fractures may have been caused by

large deviatoric stresses at the apex of melt channels in the base of the ice shelf (Vaughan et al.,

2012).

Triangular rift Rectangular rift

—_

N

[ o Q
E3 E3 £3
° ° ¥o)
3 4 g 4 s 4
I o ey
= = =
=5 =5 e 5
6 6 6
7 7 : 7
6.5 7 7.5 8 8.5 6.5 7 7.5 8 8.5 6.5 7 7.5 8
Distance (km) Distance (km) Distance (km)

Figure 3-12: Hypothesized former ice shelf rift healed by marine ice accretion. 7MHz radar
data are shown on the left, with 2D gprMax model output using an idealized geometry shown in
middle (triangular rift) and righthand (rectangular rift) panels. The triangular model better
reproduces the main characteristics of the radargram, including the dimming and dipping of the
bed echo due to attenuation and the slower wavespeed in marine ice, the hyperbola originating at
the top of the rift, and the hyperbola originating at the base of the rift where it contacts the ice
sheet bed. However, the model shows strong returns from the crevasse walls, which are not seen
in the data. The true geometry could be more complex. The rectangular rift in the righthand panel

is inconsistent with the data because of the twin hyperbola originating at the top corners.

Thick layers of marine ice accrete at the bottom of ice shelves, with maximum thicknesses
of up to 190 m beneath the Amery, 140 m beneath the Filchner, and 350 m beneath the Ronne
(Fricker et al., 2001). However, accreted marine ice is <10 m thick at the base of the modern Ross
Ice Shelf (Neal, 1979; Zotikov et al., 1980), and we do not detect a continuous basal layer in our
data. Stripes of marine ice accreted in former basal crevasses have been documented in icebergs

calved from the Amery Ice Shelf in East Antarctica (Warren et al., 1993; 2019). The marine ice in
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these icebergs was found to be rich in organic matter and iron, indicating active biology beneath
the ice shelf. The ancient marine ice within Crary Ice Rise could thus hold clues to biological
conditions below the Ross Ice Shelf a millennium ago.

The marine ice that formed in ancient rifts and basal crevasses at Crary Ice Rise may have
played an active role in the evolution of the ice rise by binding the grounded ice to the ruptured
shelf. Marine-ice accretion within rifts can bind together either side of the rupture, which
strengthens and consolidates the ice shelf (Rignot and MacAyeal, 1998). The role of marine ice in
strengthening ice shelves has been documented at the Brunt/Stancolm-Wills and Larsen C ice
shelves (Khazendar et al., 2009; Holland et al., 2009; Jansen et al., 2013). Marine ice in rifts has
likely prevented the Larsen C ice shelf from disintegrating in the same fashion as the Larsen B
(Kulessa et al., 2014). At Crary Ice Rise, it would have connected the grounded ice rise with the
ice shelf across shear and rift zones without inducing more fracturing (Jansen et al., 2013). Marine
ice binding the ice shelf to the ice rise could have prevented rift propagation, protecting the
integrity of the ice shelf (Larour et al., 2004). This could have prevented the overturning of rift-
bounded blocks that would have further damaged the ice shelf, though it is apparent from the
exposure of sediment-rich ice (presumably formerly basal ice) on the surface that some block

overturning has occurred near the ice rise (Gaylord and Robertson, 1975).

3.5.3  Evolution of Crary ice Rise

The structure of Crary Ice Rise revealed by our radio echo sounding is consistent with close
coupling between the ice rise and the Siple Coast ice streams. Here we describe the evolution of
the ice rise in the context of ice stream fluctuations presented by Catania et al. (2012). Prior to the
formation of the ice rise, the Whillans Ice Stream grounding line upstream of the ice rise, and the

Ross Ice Shelf extended over what is now Crary Ice Rise. Prior to 1 kyr BP, the ice shelf grounded
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over Crary Ice Rise and began to freeze to the bed, producing a shear margin between grounded
and floating ice in what is now the central plain of the ice rise. This increased buttressing against
Whillans and Mercer Ice Streams, which could have contributed to eventual stagnation of the
Whillans Ice Stream about ~860 yr BP. The streaming ice at the boundary of Crary Ice Rise
consequently slowed and froze to the bed, allowing the deactivated shear margin to be buried by
conformable layers of meteoric ice. At this point the grounding line of Whillans Ice Stream was
still far upstream of Crary Ice Rise. When Whillans Ice Stream reactivated ~450 yr BP, the
grounding-line advanced to join up with Crary Ice Rise, forming the Whillans Ice Plain.

The surface lineation in the MODIS imagery resembles others on the Siple Coast that are
taken as demarcations between ice of different origins (Catania et al., 2005). Radar profiles across
a similar lineation on the flank of Engelhardt Ice Ridge suggest that the ice there was once afloat,
or nearly so (Catania et al., 2006). Thus, it is possible that the surface lineation is an expression of
a former grounding line. The increase in the spatial density of marine ice-filled crevasses
downslope of the lineation supports this hypothesis (Figure 3-5). This would imply that the ice
shelf grounded over the deep southwestern ridge first (as proposed by Bindschadler et al., 1990),
and afterwards the stress regime in the ice that remained floating would have changed
considerably. This would have superimposed a new basal crevasse pattern over the existing
pattern, which is a likely explanation for the high spatial density and irregularity of the basal
crevasses in the central plain of the ice rise. However, the ice in this area is only 50-60 m above
floatation (Figure 3-7). Assuming no major isostatic changes in the bed or changes in local sea
level over the past millennium, this represents 400-500 years of accumulation at the estimated
local rate of 12 cm/yr ice equivalent (Bindschadler et al., 1989). This timescale is slightly younger

than the grounding event at the shallow northeastern ridge ~600 years ago calculated from
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modeling of borehole temperature profiles (Bindschadler et al., 1990). However, because of the
uncertainty in the modeled age, the surface mass balance, and ice velocity and strain rates through
time, we cannot distinguish which direction the grounding line migrated across the ice rise during
the second grounding event. Because the bed topography is highest under the shallow ridge, it
seems likely that the ice shelf grounded there before contacting the bed in the central plain of the
ice rise. But there are no discernible clues in the englacial stratigraphy to inform about this process.

Height above floatation could be a good indication of the timing at which the ice re-
grounded in these areas. A straightforward series of events based on this reasoning would be: (1)
the ice shelf grounds at the main ridge, (2) the ice shelf freezes to the shallower ridge, causing (3)
the central plain to stagnate and ground. Finally, (4) the increased buttressing from the grounding
of Crary Ice Rise causes the Siple Coast grounding line to advance, creating the neck between the
Whillans Ice Plain and Crary Ice Rise. Of course, many factors could complicate this
interpretation, but this sequence of events is consistent with our observations.

Bindschadler et al. (1990) were unable to match one of their measured temperature profiles
with their model without assuming the persistence of liquid water at the bed after the grounding
event. The large volume of marine ice within the ice shelf that we have found here could be another
explanation. An ice shelf with a large amount of recently frozen marine ice will be warmer
throughout the region penetrated by these basal crevasses. Because marine ice seems to have been
accreted up to several hundred meters from the bed at Crary Ice Rise, a thick region of basal ice
may have been warmer than the steady-state ice shelf profile used as an initial condition for the

temperature modeling by Bindschadler et al. (1990).
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3.6 CONCLUSIONS

We have mapped englacial structures and bed topography across Crary Ice Rise using two
ice-penetrating radar systems operated at 7 MHz and 750 MHz center frequencies, respectively.
We mapped a bright reflector that is present at ~200 m depth across parts of the ice rise. The origin
of this bright reflector remains uncertain, but it is possible that it is caused by seawater that
percolated horizontally into the firn column during ice shelf flow. Strong diffractors frequently
originate at this layer, many of which attenuate radar waves and completely mask the bed
reflection. Waveform modeling confirms that basal crevasses filled with frozen marine ice
extending hundreds of meters above the bed are consistent with the features detected in our radar
data.

We have confirmed that Crary Ice Rise formed as the Ross Ice Shelf grounded over a
bathymetric high. This is consistent with the histories inferred by Bindschadler et al. (1990),
Fahnestock et al. (2000), and Hulbe & Fahnestock (2004; 2007). Marine ice formation within rifts
may have acted as a binding agent (Khazendar et al., 2009) to increase dynamic coupling between
the ice rise and the surrounding shelf. This could have linked the evolution of the ice rise, ice shelf,

and the ice streams in the Ross Embayment.
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Chapter 4. WEST ANTARCTIC ICE SHEET FLUCTUATIONS

DURING PLEISTOCENE INTERGLACIALS

Trevor Hillebrand, Perry Spector, John Stone, David Pollard, Joel Gombiner
4.1  ABSTRACT

Cosmogenic nuclide concentrations in the first deep subglacial bedrock core taken from beneath
the West Antarctic Ice Sheet at the Pirrit Hills reveal that local ice has not thinned > 150 m relative
to present for at least the last 2 million years. This result is potentially a significant constraint on
minimum ice sheet volume during the Pleistocene epoch, but its significance for the whole ice
sheet must be examined with an ice flow model. We present a large ensemble of 270 separate ice
sheet model runs of West Antarctica that simulate the three strongest interglacials of the
Pleistocene using 90 different parameter combinations. We find that all parameter combinations
predict significant exposure of the subglacial bedrock core during at least one interglacial period,
which is inconsistent with the long burial history inferred from nuclide measurements. Continuous
burial of the core requires that the large ice shelves do not fully collapse during interglacial periods
in the model. This single point measurement is consistent with multiple modeling frameworks that
predict 0 to 3 m of West Antarctic Ice Sheet contribution to interglacial sea level rise, provided the

Filchner-Ronne Ice Shelf remains stable.

4.2 INTRODUCTION

The West Antarctic Ice Sheet (WAIS) could drastically retreat under future climate
warming scenarios, leading to up to 1 m of global mean sea level rise by 2100 (DeConto and

Pollard, 2016). However, the West Antarctic contribution to past sea level fluctuations is poorly
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constrained (Dutton et al., 2015). Recent analyses of bedrock recovered from a depth of 150 m
beneath the modern WALIS at the Pirrit Hills (Figure 4-1, Figure 4-2) preclude exposure of the site
during past interglacial periods for at least the last 2 Myr (Stone et al., 2017). We model the WAIS
through three “super-interglacial” periods that are likely candidates for ice sheet collapse and
possible analogues for future climates: Marine Isotope Stages (MIS) 31, 11, and 5Se. We take a
large ensemble modeling approach to this problem, as few direct constraints on WAIS volume and
geometry exist for these periods.

The results from the subglacial RB-2 core at the Pirrit Hills suggest that the WAIS could
be less sensitive to interglacial climates than previously suggested (cf. Scherer et al., 1998; Pollard
and DeConto, 2009; DeConto et al., 2012). However, point measurements of ice thickness history
are currently too sparse to rule out grounding-line retreat into marine basins. The fundamental
challenge presented by such geological measurements are that areas most directly affected by
marine ice sheet collapse would either be (a) under water during interglacial periods, and thus
show no cosmogenic or optical evidence of exposure, or (b) be eroded by thick, warm-based ice.
Thus, it is necessary to sample rock in locations above sea-level where the ice sheet would have
thinned during WAIS collapse, but where the ice sheet has likely been cold-based and non-erosive
for at least the entire Pleistocene (Spector et al., 2018). The goal of this paper is to establish the
relationship between ice thickness at the Pirrit Hills and the stability of marine basins of West
Antarctica. We seek to understand what can be stated with confidence on the scale of the WAIS

from such high-precision, low spatial resolution measurements.
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RB-2 drill site

Flow speed (m/yr)

Figure 4-1: (a) Location of the Pirrit Hills (red dot) in the Weddell Sea Sector of Antarctica.
Ice flow speed from (Rignot et al., 2011); grounding line is shown as a thick black curve. Plotted
using Antarctic Mapping Tools for Matlab (Greene et al., 2017b). (b) Closeup of the white box
in (a). WorldView image (copyright DigitalGlobe, Inc.) of the Pirrit Hills, after Spector et al.
(2018). The RB-2 drill site is several km from the main massif of the Pirrit Hills, on the
subglacial flank of Hater Nunatak.

Below we briefly review the paleoclimate evidence for ice sheet collapse during each of

the interglacial periods examined here. Table 4-1 summarizes the main characteristics of each

period.

4.2.1 MIS 31

MIS 31 (1.08 — 1.06 Myr BP) may have been among the longest and warmest of the
Pleistocene (DeConto et al., 2012), but climate and ice-sheet behavior are poorly characterized.
Low 8'80 values in the LR04 benthic record (Lisiecki and Raymo, 2005) and the very strong
insolation maxima (Laskar et al., 2004) suggest it is a prime candidate for collapse of the WAIS
due to warm ocean temperatures, but few of studies have aimed to resolve this period in the

Antarctic. Eustatic sea level during MIS 31 is essentially unconstrainted, and the model few



94

estimates that exist range from changes of 0 — 20 m relative to present (Bintanja and Van de Wal,
2008; Raymo et al., 2006). There are no geologic constraints on these model estimates due to poor
preservation and challenges in radiometric dating of sea-level indicators prior to MIS 11 (~400 kyr
BP) (Siddall et al., 2007). Marine geologic evidence from the Antarctic margin suggests surface
waters 3-5 °C warmer than present, with little to no summer sea ice in the Ross Embayment and a
smaller-than-present or absent Ross Ice Shelf (Scherer et al., 2008; McKay et al., 2012). Ice sheet
modeling using parameterized climate has simulated large-scale collapse of the WAIS during MIS
31, with an open seaway connecting the Ross, Amundsen, and Weddell Seas through the center of

West Antarctica (DeConto et al., 2012).
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Figure 4-2: Cosmogenic nuclide concentrations in the RB-2 drill core (data points), with
modeled exposure and burial histories for comparison. The measured concentrations rule out
even 1 kyr of exposure followed by 1 Myr of burial. The vertical profiles are consistent with

millions of years of slow accumulation due to muon capture beneath ~200 m of ice.
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422  MIS1I
Benthic 8'%0 values and climate models suggest a prolonged period of minimal continental
ice cover during MIS 11 (~410 kyr BP) when insolation values were very close to those calculated
for the late Holocene and the future (5 kyr BP — 60 kyr AP) (Loutre and Berger, 2003; Laskar et
al., 2004; Lisiecki and Raymo, 2005). This 28 kyr-long period is the longest interglacial of the past
800 kyr (EPICA Community Members, 2004), and peak eustatic sea level may have been 6-13 m
higher than present day (Raymo and Mitrovica, 2012), of which 4.5-6 m may have come from the
Greenland Ice Sheet (Reyes et al., 2014). This leaves the contribution of the WAIS to MIS 11 sea
level poorly constrained. Antarctic temperatures inferred from ice cores were 2-3 °C warmer than
present (Jouzel et al., 2007). However, marine sediments from the Ross Embayment suggest that

the Ross Ice Shelf was at least as large as present during this period (McKay et al., 2012).

423  MIS Se

Global mean sea level was 6-9 m higher during MIS 5e (~125 kyr BP) (Dutton and
Lambeck, 2012; Dutton et al., 2015), with 0.6 — 3.5 m sourced from the Greenland Ice Sheet
(NEEM community Members et al., 2013; Stone et al., 2013). These estimates require almost
complete deglaciation of the marine basins of West Antarctica, but there is to-date no definitive
evidence from Antarctica that the MIS 5e WAIS was smaller than the modern. There is evidence
that the Ross Ice Shelf was close to its modern size or larger during MIS 5e (McKay et al., 2012).
Antarctic and Arctic surface temperatures were 4-5°C and 4-8°C warmer than preindustrial,
respectively (Capron et al., 2014), while global mean temperatures were < 1°C warmer (Dutton et
al., 2015). Results from multiple ice sheet models suggest that an ocean temperature increase of 2-
3°C could have led to complete deglaciation of the marine basins of West Antarctica (DeConto

and Pollard, 2016; Sutter et al., 2016). However, ocean temperatures during MIS 5e are highly
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uncertain: modeled sea surface temperatures are generally close to modern, while proxy data

suggest warming of 3.9 + 2.8 °C relative to modern (Capron et al., 2014). Thus, while the sea level

record suggests WAIS collapse during MISS5e, it is unknown whether the ocean was warm enough

to cause substantial retreat of the WAIS relative to present.

Table 4-1: Summary of the main characteristics of three interglacial periods examined in our

model ensemble.

Interglacial Time range pCO: (ppmv) Eustatic sea level above modern
(m)
MIS 31 1.08 — 1.06 Ma ~300 (Honisch et al., Unconstrained; model estimates
(DeConto et al., 2009) range from 0 to 20 (Bintanja and
2012) Van de Wal, 2008; Raymo et al.,
20006)
MIS 11 424-395 ka 286 (Liithi et al., 6-13 m (Raymo and Mitrovica,
(Raymo and 2008) 2012)
Mitrovica, 2012)
MIS 5e 130-115 ka 287 (Liithi et al., 6-9 m (Dutton et al., 2015)
(NEEM 2008)
community
Members et al.,
2013)

4.3 METHODS

Here we approach the problem of past WAIS deglaciations using a large ensemble of ice

sheet model runs, similar to that of Pollard et al. (2016). We explore the sensitivity of the WAIS

to unknown glaciological parameters as prescribed in the ice-sheet model by varying their values

over as wide a range as can be reasonably justified. However, unlike the work of Pollard et al.

(2016), we lack constraints on ice-sheet geometry for the time periods examined. Furthermore,

because we focus on times that the ice sheet may have been smaller than present, all evidence of

such geometries either lies beneath the modern ice sheet, or must be inferred from indirect evidence
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such as sea level fingerprinting (Hay et al., 2014), ice core records, geochemical tracers, and
marine stratigraphy (McKay et al., 2012).

We use the hybrid Pennsylvania State University (PSU) ice sheet-ice shelf model to
simulate the Antarctic Ice Sheet. The model uses scaled equations for ice sheet and ice shelf flow
in three dimensions, along with offline climate and ocean forcings that allow for long-term
transient runs (Pollard and DeConto, 2012a). Coupled ice sheet model forcing using global or
regional climate models (GCMs; RCMs) is reserved for future work due to computational expense.
Basal sliding coefficients are determined by a simple inverse method that minimizes the misfit to
modern ice thicknesses and velocities (Pollard and DeConto, 2012b); these values vary in space
but are held constant through time. Because the basal sliding estimation only works for the portions
of the ice sheet that are currently in contact with the ice sheet bed, we must prescribe this parameter
on the continental shelves to be applied when the ice sheet advances during glacial periods (David
Pollard et al., 2016). In reality, this value is unlikely to be constant in time or space, but the simplest
assumption given the lack of constraints is to hold it constant.

As in previous work (Gomez et al., 2013; Pollard et al., 2016), ocean temperatures are from
a 20 kyr BP-to-present run of the National Center for Atmospheric Research Community Climate
System Model version 3 (NCAR CCSM3) coupled atmosphere-ocean general circulation model
(Liu et al., 2009). Modeled ocean temperatures are mapped linearly onto the contemporaneous
LR04 3'30 value and are applied as forcing to the ice sheet model based on the §'%0 value at each
timestep. We use the modeled temperature at 400 m depth, in order to account for the incursion of
Circumpolar Deep Water beneath ice shelves, which is responsible for most sub-ice shelf melt
(Hellmer et al., 2012). We acknowledge that this could over-estimate ice shelf melt, as the base of

the ice shelf is not always 400 m below sea level. Ice shelf melt is calculated using a quadratic
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function of the difference between the ocean temperature and the pressure-melting point at the
bottom of the ice shelf (Holland et al., 2008).

Sea level, surface temperature, and accumulation are treated as described in Pollard and
DeConto (2012b), and are summarized here. Eustatic sea level is taken to be proportional to the
benthic oxygen isotope stack of (Lisiecki and Raymo, 2005), with modern &0 values
corresponding to modern sea level and Last Glacial Maximum &§'30 values set to -125 m relative
to present (Pollard and DeConto, 2012a). An updated sea-level curve exists (Spratt and Lisiecki,
2016), but does not include MIS 31, and so we use the LR04 stack for consistency between our
model runs. Modern surface temperatures and accumulation rates are taken from the ALBMAP
compilation (Le Brocq et al., 2010) and prescribed to change over time using climate variations
based on the LR04 stack and insolation from Laskar et al. (2004).

We first ran the model over the last 1.2 Myr at a coarse resolution of 40 km for the whole
Antarctic continent (i.e., both East and West Antarctic Ice Sheets) using the optimized ice-sheet
model parameter set from Pollard et al. (2016), which covered only the last deglaciation. We then
used this run to initialize 40-km resolution runs over the time-periods in question for each
combination of model parameters, with a 100-200 kyr spin-up period to avoid effects of hysteresis
from the default run. These runs establish initial conditions and time-varying boundary conditions
(velocity, temperature, bed topography, ice thickness) for subsequent nested simulations at 20-km
resolution over a domain that includes the entire WAIS, as well as the Ross and Filchner-Ronne
ice shelves and a part of the EAIS (model domain shown in Figure 4-4). While the 40 km resolution
provides a crude representation of ice dynamics, it only affects ice entering the WAIS domain from

the EAIS, which is much less dynamic than West Antarctic ice because it is grounded above sea
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level. We include the entire WAIS grounding-line in our nested domain to avoid numerical
instabilities arising from the low-resolution model at the boundaries.

We vary five parameters in order to gauge the sensitivity of the ice sheet at the Pirrit Hills
to deglaciation of marine basins, in the absence of sufficient physical or proxy constraints.

Justifications of parameter choices are given below, and the parameters and their values are listed

in Table 4-2.

Table 4-2: Parameter values chosen for the large ensemble. All combinations were used, with
the exception of combining zero and non-zero values of CLIFFV and CALVL, which have been

shown to have little effect when included separately (Pollard et al., 2015).

Parameter | Explanation Values
Name

TAU Lithospheric rebound timescale (yrs) 1,500; 3,000
OCFAC Sub-shelf melt factor 0.5;1;2

CRHSHELF | Basal traction on continental shelf 4,5,6

CLIFFV Maximum cliff backwasting velocity | 0, 3, 10
(km/yr)
CALVL Ice shelf hydrofracture coefficient 0, 50, 100

4.3.1  Lithospheric rebound timescale

In the absence of a 3D earth model, we apply an elastic response e-folding timescale to
treat isostatic adjustment due to changing ice loads. The elastic response timescale of the
lithosphere does not significantly affect the behavior of a model ensemble of the last deglaciation
of the WAIS (Pollard et al., 2016); however, that analysis did not involve the i