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The research described in the dissertation addresses what controls the variability of ocean 

circulation and meridional heat transport (MHT) in the Atlantic Ocean on different timescales. 

Chapter 2 focuses on the contribution of surface heating and wind forcing with/without 

topography to the seasonal and interannual-to-decadal variations of large-scale sea surface height 

(SSH) using simplified models. On the seasonal timescale thermosteric height explains most of 

the SSH variance north of 18°N and first mode linear long Rossby wave explains the SSH 

between 10°N-15°N and east of Greenland. On interannual-to-decadal timescales, a topographic 

Sverdrup response explains interannual-to-decadal SSH between 53°N and 63°N east of 

Greenland, suggesting the important role of topography in the subpolar region. Farther south, the 

linear Rossby wave model explains SSH variations on interannual-to-decadal timescales between 

30°N and 50°N from mid-basin to the eastern boundary. In Chapter 3, perturbation experiments 

and a 1000-year control simulation in the GFDL coupled model CM2.1 are used to investigate 

the evolution of the Atlantic meridional overturning circulation (AMOC) and its related upper 

ocean heat content (UOHC) on the decadal timescale. A slow southward propagation of positive 

AMOC anomaly in northern high latitudes leads to a convergence (divergence) of the Atlantic 



 

MHT anomaly in the subpolar (Gulf Stream) region, thus warming (cooling) in the subpolar 

(Gulf Stream) region after several years. The study presented in Chapter 4 examines the 

coherence structure of the interannual MHT variability in the Atlantic tropics and subtropics 

using seven simulations in the CMIP5 (Coupled Model Intercomparison Project Phase 5) archive 

as well as a hindcast simulation in the isopycnal ocean model GOLD (Generalized Ocean 

Layered Dynamics) from 1971 to 2009. The spatial pattern for the leading mode of the 

interannual MHT anomaly from all the model simulations has the same sign from 20°S-30°N, 

with a peak near the equator. Ekman heat transport anomalies between 7°S-20°N and the 

geostrophic transport beneath the Ekman layer from 13°S-27°N (except the equator) contribute 

to this MHT leading mode, while the contribution of the deep ocean is negligible. The 

connection between the hemispheres results from diapycnal transport of the northward 

geostrophic transport beneath the Ekman layer in the southern tropics; after this water reaches 

the upper ocean, it then moves northward where Ekman transport takes over. The wind is the 

main external forcing for the MHT coherence structure. The work in this thesis enhances the 

understanding of the contributions of heating, winds and topography on sea level changes on 

seasonal and interannual-to-decadal timescales, as well as the decadal and interannual variability 

of the AMOC and MHT in the Atlantic Ocean. It could be used to understand the effect of 

topography on the ocean circulation in the high latitude, improve the decadal prediction of the 

UOHC in the North Atlantic Ocean, and advance the knowledge of the tropical Atlantic heat 

transport and ocean-atmosphere coupling system. 
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Chapter 1. INTRODUCTION  

 

The large-scale ocean circulation plays an important role in the overall heat budget of the 

planet. It transports and stores heat, and exchanges heat, freshwater and momentum with the 

atmosphere (Hartmann, 1994). For instance, the Atlantic Ocean transports up to 1.3PW heat to 

the north in the northern subtropics, and then releases a large amount of that heat to the 

atmosphere in the midlatitudes. Understanding variability of ocean circulation and associated 

impacts on heat transport, heat storage, and heat exchange with the atmosphere is crucial for the 

study of the Earth’s climate system.  

Ocean circulation is driven by the surface wind stress and buoyancy forcing, freshwater and 

heat flux (Talley et al., 2011). The surface ocean circulation is mainly driven by the wind via 

Ekman transport and geostrophic flows from the convergences/divergences of Ekman transport 

via the Sverdrup balance. The Sverdrup balance connects the ocean meridional velocity with the 

wind stress curl (Sverdrup, 1947). For instance, the southward transport in the subtropical North 

Atlantic results from the negative wind stress curl. The deep ocean circulation generally has 

weaker velocities when compared to the surface ocean circulation; ultimately, it is driven by 

mixing that drives the deep ocean flow back to the surface. It is also linked to the differences in 

seawater density that result from buoyancy forcing, and as such is often called the thermohaline 

circulation (THC) (Rahmstorf, 2002). In addition, the effect of the interaction of the ocean flow 

with bottom topography should also be taken into account where the ocean has a barotropic 

structure and in the high latitudes (Marshall, 1995; Wunsch and Roemmich, 1985).  
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Figure 1.1 Schematic of the ocean circulation (from Kuhlbrodt et al., 2007) associated with the 

global Meridional Overturning Circulation (MOC), with special focus on the Atlantic section of 

the flow (AMOC).  

 

The meridional overturning circulation (MOC) defined by a streamfunction from vertically 

and zonally integrated meridional velocity is composed of both THC and wind-driven 

circulation. The Atlantic MOC (AMOC) is composed of a northward flow of warm water in 

upper ocean, sinking water in localized regions in the high latitude North Atlantic, and a 

southward flow of cold water at depth (Figure 1.1) (e.g. Broecker 1991; Lumpkin and Speer 2007; 

Kuhlbrodt et al. 2007). AMOC is traditionally defined as the maximum of the meridional 

transport streamfunction across the whole basin. It represents the total amount of water moving 

meridionally above that depth with the same amount of water moving below that depth in a 

reverse direction. 

The oceanic meridional heat transport (MHT) that is linked to the AMOC helps to move heat 

from the tropics to the poles. The global MHT moves heat poleward, symmetric about the 
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equator, but the MHT in the Atlantic Ocean is consistently northward from the Southern Ocean 

(SO) to the northern subpolar region owing to the presence of deep circulation (Trenberth and 

Solomon, 1994; Trenberth and Caron, 2001). In the tropics and subtropics, the ocean carries a 

significant fraction of the total heat transport (the sum of the atmospheric and oceanic heat 

transport). It reaches a maximum near 30°N and then drops rapidly near the latitude of the Gulf 

Stream (Trenberth and Caron, 2001; Wunsch, 2005), where the ocean released a large amount of 

heat to the atmosphere. The atmospheric heat transport dominates further to the north. Oceanic 

MHT in the Atlantic Ocean is highly associated with the AMOC; Dong et al. (2009) and Msadek 

et al. (2013) estimated the MHT corresponding to each Sv  volume transport to be 0.05PW / Sv  

at 34°S and 0.079PW / Sv  at 26.5°N, respectively.  

Previous studies have suggested that changes of AMOC and MHT could impact the extent of 

Arctic Sea Ice (Rind and Chandler, 1991), atmospheric circulation (Cohen-Solal and Le Treut, 

1997), sea surface temperature (SST) over the North Atlantic and tropical South Atlantic (Dong 

and Sutton, 2002), tropical Atlantic Variability (TAV) (Wen et al., 2011), and the location of the 

Intertropical Convergence Zone (ITCZ) (Frierson et al., 2013), as well as the Atlantic 

Multidecadal Oscillation (AMO) (Knight et al., 2005; Ting et al., 2009; Zhang and Wang, 2013; 

Ba et al., 2014). Understanding what controls variability in AMOC and MHT remains an 

important issue in climate sciences.   

In recent years, continuous satellite and in-situ observations along with readily available 

modeling results have allowed progress in understanding variability in Atlantic ocean circulation. 

Satellite altimetric sea surface height (SSH) began to be available October 1992 and has allowed 

a continuous representation of the surface geostrophic flow anomalies (Ducet et al., 2000). The 

subpolar gyre (SPG) shows an increase in SSH during the 1990s, and this has been interpreted as 
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a decline of SPG strength (Häkkinen and Rhines, 2004, 2009; Lohmann et al., 2009; Böning et 

al., 2006). The collaborative RAPID-MOCHA (Rapid Climate Change - Meridional Overturning 

Circulation and Heatflux Array) mooring array has been continuously measuring the AMOC and 

MHT at 26.5°N in the North Atlantic Ocean since 2004 (Cunningham et al., 2007) and shows 

variations in AMOC and MHT including a large drop of AMOC in 2009. The CMIP5 (Coupled 

Model Intercomparison Project Phase 5) provides a framework for coordinated climate change 

experiments and make it possible to compare model results across divergent coupled models 

(Taylor et al., 2012), and the results of these modeling experiments are available to the 

community.   

The overall objective of this thesis is to examine the variability of large-scale ocean 

circulation and the MHT in the Atlantic, especially in the North Atlantic Ocean using 

observations and models. We aim to investigate the following questions: (1) What are the 

characteristics of the variability of the ocean circulation and MHT on different timescales? (2) 

What external forcing controls these characteristics? We address these questions from different 

perspectives in each chapter of this thesis.  

In Chapter 2, we take advantage of the twenty-year altimetric SSH records and examine what 

portion of the observed SSH changes are from the surface heat flux and winds with/without 

bottom topography in the North Atlantic on seasonal and interannual-to-decadal timescales. On 

the seasonal timescale, we concentrate on the contributions of thermosteric height and Rossby 

wave to SSH in different locations. On interannual-to-decadal timescale, the focus is on the role 

of the Rossby wave and topography that influences the response of the SSH to changes in the 

wind. This study helps understanding the effect of topography on the ocean circulation in the 
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high latitude. Chapter 2 is identical to Zhang et al., written with co-authors K. A. Kelly and L. 

Thompson.  

In Chapter 3, on decadal timescale perturbed experiments and 1000-year control simulation 

in GFDL coupled model CM2.1 are used to investigate the evolution of AMOC and its related 

upper ocean heat content (UOHC), when external buoyancy forcing is added to the high latitude 

of the North Atlantic. The mechanism responsible for the leading mode of UOHC in the extra-

tropical North Atlantic is explored. This analysis suggests that the slow southward advection of 

the AMOC anomaly and related convergence of the MHT anomaly is crucial for the evolution of 

UOHC. This study provides the physical mechanism for potential decadal prediction of 

temperature in the extra-topical North Atlantic. Chapter 3 is identical to Zhang and Zhang 

(resubmitted to GRL). 

In Chapter 4 the interannual MHT anomaly in the Atlantic tropic and subtropics is studied. 

Seven historical simulations from climate models in the CMIP5 and one hindcast simulation 

from the isopycnal ocean model GOLD (Generalized Ocean Layer Dynamics) from 1971 to 

2009 are used. All of them show that the leading mode of the interannual MHT anomaly has 

same sign from the southern subtropics to northern subtropics with a maximum in the tropics. 

We investigate the contributions of Ekman and geostrophic heat transport to this MHT coherence 

structure, the key for interhemispheric transport and the relationship between wind forcing and 

MHT variability. This work explores what controls the interannual MHT coherence structure 

based on the current knowledge of characteristics of the interannual MHT. By comparing the 

results in an ocean-only simulation along with analysis of CMIP5 coupled models, we can 

strengthen our conclusions about the linkages between wind driven circulation changes and 

MHT variability. Chapter 4 is written with co-authors L. Thompson and K. A. Kelly.



Chapter 2. THE ROLE OF HEATING, WINDS AND TOPOGRAPHY 

ON SEA LEVEL CHANGES IN THE NORTH ATLANTIC  

2.1 Introduction 

Sea surface height (SSH) variations in the open ocean are owing to both a dynamic response 

to changes in winds and a thermodynamic response to buoyancy forcing. Using a simplified 

framework on seasonal-to-interannual timescales Vivier et al. (1999) showed that the 

contributions from local heating, local heave from Ekman pumping, Rossby waves, and 

topographic Sverdrup response are all important in the North Pacific, although their relative 

contributions vary with latitude.   

In the North Atlantic changes in subpolar gyre circulation have been inferred from changes in 

satellite observation of SSH. During the 1990s, SSH in the subpolar gyre (SPG) increased during 

the 1990s. This has been interpreted as a decline of SPG strength (Häkkinen and Rhines, 2004, 

2009; Lohmann et al., 2009; Böning et al., 2006). Häkkinen and Rhines (2004) suggest that the 

weakening SPG in 1990s might be due to the lack of deep convection from local buoyancy 

forcing that then drives changes in the SPG strength. However, using an ocean general 

circulation model, Böning et al. (2006) show that the decline in the SPG could be caused by 

decadal variability of both heat flux and wind stress linked to the North Atlantic Oscillation 

(NAO) (Hurrell, 1995). Esselborn and Eden (2001) interpret the SSH changes from 1992 to 

1998 using an ocean model, and argued that the NAO related wind-stress driven changes 

dominate those driven by changes in buoyancy forcing. Lohmann et al. (2009) also demonstrate 

that the SPG weakening in mid-1990s is a joint effect of a sudden NAO drop in 1995-96 and the 

ocean response to the strong persistent positive NAO from 1989 to 1995. Li et al. (2012) show 
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that low frequency variations of the SSH anomaly in the subpolar North Atlantic are negatively 

correlated with the time-integrated NAO, while Cromwell (2006) shows that there is no 

significant correlation between the instantaneous low frequency NAO and leading principal 

components of SSH. These divergent results suggest that more study of the causes of the 

observed changes in SSH is needed. 

The Sverdrup relation (Sverdrup, 1947) describes the large-scale ocean circulation response 

to the wind, connecting the wind stress curl and meridional transport in the ocean interior. Over 

half of the 30  ( ) of meridional transport in the Florida Current at 24°N in the 

North Atlantic can be explained by the return flow of the Sverdrup transport (Schmitz et al., 

1992), with the remainder coming from the thermohaline circulation. This suggests that the 

response of SSH to winds via the Sverdrup balance could explain some of the low frequency 

changes in large-scale sea level. However, the simplest Sverdrup balance does not hold where 

there is significant vertical velocity at the base of the thermocline that results from either large-

scale upwelling or from the interaction of the barotropic flow with bottom topography (Marshall, 

1995; Wunsch and Roemmich, 1985). When topography is important, the barotropic flow is 

controlled by the background potential vorticity  (where is the Coriolis parameter and 

 is the topography). Topography becomes important for regions outside the tropics 

where stratification is weak and  is large (Koblinsky, 1990). Using absolute geostrophic 

velocity from Argo (Gray and Riser, 2014) showed that the Sverdrup balance agrees with 

observations primarily in the tropics and subtropics of the Pacific and Atlantic. Vivier et al. 

(1999) used a barotropic topographic Sverdrup model to explain SSH variability in the North 

Pacific and found that the topographic Sverdrup balance dominates the SSH variability north of 

40°N in the Pacific Ocean on seasonal-to-interannual timescales. Both of these studies are 

Sv 1 Sv = 106m3s−1

f /H f

H (x, y)

f
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consistent with the results of Koblinsky (1990). Basin-scale Rossby wave adjustment also plays a 

significant role in ocean circulation and SSH variations. Zhang and Wu (2010) showed that a 

linear first-mode baroclinic Rossby wave model explained up to 64% of the SSH variance in the 

tropical and eastern subtropical North Atlantic. Cabanes et al. (2006) also noted that Rossby 

waves explain 70% of the interannual sea level variations between 18°N and 20°N.  

The goal of the present study is to use simplified models to provide a quantitative description 

of the roles of surface heating and winds in controlling seasonal and interannual-to-decadal SSH 

variability in the North Atlantic and to examine the role of topography in controlling the ocean 

response. This paper is organized as follows. The data processing and model configurations are 

presented in sections 2 and 3. Section 4 gives the comparison between modeled and observed sea 

level changes on seasonal and interannual-to-decadal timescales and the role of the NAO in 

controlling the SSH variability. We present our conclusions in section 5. 

2.2 Data 

SSH from satellite altimetry (from TOPEX/Poseidon and Jason-1, 2 altimeters) was mapped 

by the Archiving, Validation and Interpretation of Satellite Oceanographic data (AVISO) onto a 

1/3 degree, weekly grid from 1993 to 2012 (Ducet et al., 2000). For the comparison to the 

models described in Section 3, which do not produce mesoscale eddies, we applied a Gaussian 

spatial filter (400 km full-width at half maximum) to the gridded SSH. We used 12-hourly ERA-

Interim net surface heat flux with 1.5° grids from 1993 to 2012 (Berrisford et al., 2011) to 

evaluate the contribution of heating/cooling to sea level changes. In Section 5, we compared the 

thermosteric results from ERA-Interim product with those from another net surface heat flux, 

which is a combination of 0.5° daily turbulent flux in the OAFlux (Objectively Analyzed Air-sea 
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Fluxes) project (Yu et al., 2008) and 1° monthly radiative fluxes from the NASA GEWEX SRB 

(Surface Radiation Budget) project (Zhang et al., 2015) and from the CERES/EBAF product 

(Kato et al., 2013). The SRB radiative flux goes until 2007, so we merged it with the 

CERES/EBAF radiative flux to get a longer period until 2012. High-resolution surface wind 

stress from 1993 to 2012 was obtained from the European Centre for Medium-Range Weather 

Forecasts (ECMWF) operational model with a grid of about 1.125° and 6 hours. Wind stress curl 

maps were computed using Stokes' theorem as in Vivier et al. (1999). For ocean depth we used 

the one-minute Smith and Sandwell Global Topography Dataset v17.1 from satellite altimetry 

and ship depth soundings (Smith and Sandwell, 1997). The topography was smoothed by a 

running average box of 4°  ×  4°, consistent with Cummins (1991). 

The domain in all the models in this study is the North Atlantic (10°N-65°N, 0-80°W). All 

the data sets were interpolated onto a 1°×1° model grid and monthly time intervals from 1993 to 

2012 unless otherwise noted. We forced the Rossby wave model with daily wind stress curl at a 

daily time step to satisfy the model Courant–Friedrichs–Lewy condition, and then the model 

results were monthly averaged.  

2.3 Model configurations 

Four separate models were constructed to examine the SSH response to local heat flux and 

wind forcing in the presence of topography. 

2.3.1 Thermosteric height model 

Surface buoyancy flux has a role in controlling SSH variability through steric height changes, 

the expansion or contraction of the water from density changes. In this model we only considered 

local thermal effects, that is, the thermosteric height changes forced by net surface heat fluxes. 
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We neglect the local steric height changes from salinity variability due to its small regional 

contribution throughout the tropics and subtropics (Chambers et al, 1997; Gill and Niller, 1973; 

Willis et al., 2004) and non-local steric height changes from advection and the mixing of water 

from other regions. 

The thermosteric response  to surface heating (Vivier et al., 1999; Kelly and Thompson, 

2002) is given by 

∂ηsteric

∂t
= αQnet

ρcp
                                                    (2.1) 

where is the coefficient of thermal expansion, calculated from monthly temperature and 

salinity fields from Levitus et al. (1994) (details in Vivier et al. (1999)), is the net surface 

heat flux,  is the density of seawater and  is the specific heat of seawater.  We assume that 

 and  are constant. 

Estimates of thermosteric height in (2.1) are obtained by integrating monthly net surface heat 

flux in time from 1993 to 2012 at every point. We remove a linear trend in  at each point 

after integration to account for mean biases in the fluxes as well as compensation by mean 

advection. We refer to the altimetric SSH after removing the thermosteric component as 

nonsteric SSH.  

2.3.2 Sverdrup models 

In the quasi-geostrophic limit and when the timescale is long relative to the time it takes for 

Rossby waves to propagate across the basin, the steady state linear barotropic vorticity equation 

can be used to find the sea level distribution. Following Vivier et al. (1999) the change in sea 

level following the path s  is governed by 

ηsteric

α

Qnet

ρ cp

ρ cp

ηsteric
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                                                   (2.2) 

where  represents the sea level,  is the wind stress,  is gravity and  is the ocean depth. 

Here  represents the curvilinear coordinate along constant contours  from east to west 

and J(s,q) = ± || q ||  is the Jacobian matrix determinant.  

Cabanes et al. (2006) argued that the contribution of Rossby waves driven by the eastern 

boundary condition is limited to the vicinity of the eastern boundary. The currents and associated 

SSH near the coast might be controlled by shallow topography, coastally trapped waves, mixing 

and alongshore winds, whose character and dynamics are different from the large-scale ocean 

dynamics. Therefore, we used the altimetric SSH a few degrees away from the coast as the 

eastern boundary condition for (2.2). The eastern boundary is along 21°W for 10°N-24°N and 

along 12°W for 30°N-65°N (Figure 2.1, brown line in the eastern basin).  

We outline two Sverdrup models with different versions of  in (2.2), representing different 

dynamics.  

a) Constant-depth Sverdrup (CS) model. Using a constant depth  in (2.2) this model 

becomes the classic Sverdrup balance (Sverdrup, 1947). With a depth  of 1000m, consistent 

with the choice of  in Wunsch and Roemmich (1985), it represents the ocean layer above the 

thermocline, assuming a motionless lower layer. We will also discuss the effective thermocline 

depths of best fit to the SSH observations later. The integration of wind stress curl from the 

eastern boundary is along fixed latitudes. With  (2.2) becomes 

                                                       (2.3) 
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b) Topographic Sverdrup (TS) model. With a spatially varying depth  in (2.2) the model 

includes the influence of topography on the barotropic flow and (2.2) is integrated along 

contours. Topography causes a large-scale deviation of the contours from zonal 

uniformity, particularly over the Mid-Atlantic Ridge and near the Labrador Sea (Figure 2.1). 

Over the shallowest part of the Mid-Atlantic Ridge near 40°N and 30°W, the  contours 

close, making the integral in (2.2) undefined. We interpolate the model results from contours that 

do not close into this small region; the interpolation does not qualitatively change the final result. 

We also ignored and masked regions that have depths less than 2000 m, such as the shallow area 

near the east coast of North America and near the Mid-Atlantic Ridge. 

2.3.3 Rossby wave model 

The Rossby wave model used here is the 1.5-layer reduced gravity model with a motionless 

lower layer (Meyers, 1979), which allows for time dependence of the solution, in contrast to the 

steady state Sverdrup models. The linear vorticity equation under the long wave assumption can 

be derived in terms of the sea level changes  as  

                                               (2.4) 

 
as used in Kelly and Thompson (2002). The theoretical westward phase speed of long Rossby 

wave is , where Rd  is the Rossby radius of deformation and  is the reduced gravity. 

The Rossby wave equation (2.4) and the CS equation (2.3) are similar except that the Rossby 

wave equation includes wave propagation.  

Qiu (2002) pointed out that a damping term helps to improve the prediction of the SSH in the 

North Pacific. Here we also added a damping term in (2.4) to give 

H

q = f /H

f /H

η
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                                         (2.5) 

where  is the damping coefficient with units of . Schneider et al. (2002) used a value of ¼ 

 for this coefficient in the North Pacific Ocean. We tried several values for  in our Rossby 

wave model and found that the results are not particularly sensitive to the damping coefficient, 

consistent with Zhang and Wu (2010). We find that  equal to 1/20 of  gives a solution 

that best matches the observed propagating SSH signal.    

Chelton and Schlax (1996) showed that there are large discrepancies between observed and 

theoretical Rossby wave phase speeds. They derived an empirical Rossby wave speed by fitting 

the slope of propagating SSH anomalies on a Hovmöller diagram. Following their method we 

derived an initial guess of the phase speed at each latitude. In addition to the phase speed and 

the damping coefficient, the reduced gravity g '  is a parameter that can be optimized. Using our 

first guess of the phase speed we allow  to vary between 0.02 and 0.06  and  to vary 

within 0.05  around the first guess. We run the Rossby wave model with different 

combinations of  and  to find values that give the best match with altimetric SSH 

anomalies at each latitude. The best match (Figure 2.2) gives the smallest error (distance) on a 

Taylor diagram (Taylor, 2001), which takes into account both correlations and relative 

magnitudes of model and observations. For simplicity, we only considered  (not shown) and 

 as functions of latitudes.  

Table 2.1 summarizes the characteristics of all the wind-driven models used in this study. 

Optimizing  and  in the Rossby wave model is analogous to tuning the only adjustable 

parameter  in the CS model. 
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Table 2.1 Summary of models 

Model Parameter 
parameter    
parameters 

Integration  

Constant-depth Sverdrup (CS) H (1000m) Along latitudes NO 
Topographic Sverdrup (TS) None Along  NO 

Rossby Wave and  Along latitudes YES 

2.4 Results 

We examined the predicted sea level response to heating and winds using the models 

described in Section 3 and then compared these modeled sea level changes with observations of 

altimetric SSH on seasonal and interannual-to-decadal timescales, respectively.  

2.4.1 Seasonal SSH variations 

We first investigated the seasonal SSH variability in the North Atlantic and only consider the 

thermosteric height (2.1) and Rossby wave propagation (2.5), as we do not expect the Sverdrup 

models to hold at these times scales (Table 2.1) 

The spatially smoothed altimetric SSH anomalies (Figure 2.3a, 2.4a, 2.5a) have strong 

seasonal variability, which overwhelms low-frequency signals and is nearly zonally uniform at 

all latitudes. At 61.5°N, both the Rossby wave model (Figure 2.3b) and thermosteric height 

model (Figure 2.3d) explain part of the seasonal SSH signals. At 36.5°N the Rossby wave model 

has weak seasonal variability (Figure 2.4b) and a large fraction of seasonal SSH signals can be 

explained by the thermosteric height (Figure 2.4d). Nonsteric height anomalies are relatively 

large (Figure 2.4e), but are primarily interannual. The smoothed SSH at 12.5°N (Figure 2.5a) has 

both a zonally uniform component as well as a strong westward propagating component. 

However, the zonally uniform thermosteric height (Figure 2.5d) is out of phase with the observed 

∂η / ∂t

f /H

g ' CR
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SSH, which results in nonsteric seasonal SSH variability that is stronger than the observed SSH 

(compare Figure 2.5a and e). We find that the Rossby wave model (Figure 2.5b) does well in 

representing the seasonal SSH variability at this latitude. After the Rossby waves are removed 

from observed SSH, the residuals (Figure 2.5c) have a fairly weak seasonal cycle and little 

westward propagation, indicating that the wind-driven Rossby waves make an important 

contribution to the seasonal cycle of altimetric SSH at 12.5°N.  

To further quantitatively investigate the contributions of the models to the variance of 

altimetric SSH, we used the skill defined as  

                                                (2.6) 

where  and  are observed altimetric SSH anomalies and predicted (modeled) sea level 

changes, respectively. Angle brackets represent time averaging. Skill is close to 100% for a good 

match between observations and model outputs in both phase and magnitude, but is low or even 

negative for a poor match. On this seasonal timescale we applied a 0.5-1.5 year bandpass filter to 

both SSH and model results. The skill for bandpassed thermosteric height directly compared with 

bandpassed SSH shows that the seasonal SSH in most of the North Atlantic can be explained by 

the seasonal thermosteric height changes north of 18°N, especially for the basin north of 40°N 

and between 18°N-22°N (Figure 2.6a). This is consistent with Ferry et al. (2000) who use a 

general ocean circulation model and show a balance between heat flux induced changes in steric 

height and seasonal SSH north of 20°N. The contribution of bandpassed Rossby waves to 

bandpassed SSH is high between 10°N and 15°N, which may be owing to seasonal wind stress 

patterns associated with the migration of the Intertropical Convergence Zone (ITCZ) (Kelly and 

Thompson, 2002). East of Greenland the high skill of the Rossby wave model is owing to a local 

S = (1−
< (ηo −ηp )
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Ekman pumping response with a balance between the time-dependent term on the left-hand side 

and the wind forcing term on the right-hand side in (2.5). The influence of the eastern boundary 

is limited to a few degrees away from the boundary on the seasonal timescale. 

The relative contributions to the seasonal cycle of SSH depend on location. At 61.5°N, 

35.5°W the seasonal thermosteric height (Figure 2.7a, dashed red, for location see Figure 2.6) 

and seasonal Rossby wave (Figure 2.7a, dotted magenta) are both in phase with the variations in 

observed seasonal SSH (Figure 2.7a, solid black). At 36.5°N, 39.5°W the SSH has a larger 

seasonal cycle than that at 61.5°N and 12.5°N; the seasonal thermosteric signal is partially in 

phase with SSH and has a skill of about 55%, while the Rossby wave has a small contribution 

(Figure 2.7b). At 12.5°N, 39.5°W the Rossby wave skill is about 85%; in contrast the seasonal 

cycle of thermosteric height is completely out of phase (negative skill) with SSH (Figure 2.7c).  

2.4.2 Interannual-to-decadal SSH variations 

To evaluate the sources of interannual-to-decadal variability of SSH anomalies we applied a 

1.5 year lowpass filter to model results and removed the long-term linear trend. Using Empirical 

Orthogonal Function analysis (EOF), we compare the dominant patterns of variability that each 

model predicts with that of the observed SSH (Figure 2.8), which has not been done previously. 

The spatial pattern of the leading mode (EOF1) of observed interannual-to-decadal SSH (Figure 

2.8a) displays a tripole structure with opposite signs between the Gulf Stream (GS)/North 

Atlantic Current (NAC) regions and the subpolar/subtropical gyres, with 27% fraction of 

variance explained. This pattern has also been found by previous studies (Häkkinen and Rhines, 

2001; Esselborn and Eden, 2001; Lorbacher et al, 2010). The first principal component (PC1) of 

the EOF analysis for SSH (Figure 2.8f, black) together with its EOF1 (Figure 2.8a) shows 

minima in subpolar SSH in 1995, 2000 and 2009, while maxima occur in 1998, 2003 and 2010.  
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The first EOF for the interannual-to-decadal thermosteric height model (2.1) (Figure 2.8b), 

the Rossby wave model (2.5) (Figure 2.8c) and the CS model (2.3) (Figure 2.8d) have similar 

large-scale spatial structures as that of the observed SSH with the fraction of variance explained 

at 42%, 29% and 41%, respectively. However, PC1 of thermosteric height (Figure 2.8f, red 

dashed line) is not significantly correlated with PC1 of the observed SSH. The EOF1 of the CS 

model (Figure 2.8d) has a similar pattern to that of the observed SSH (Figure 2.8a), but with a 

larger magnitude, especially in the subpolar region; the correlation for PC1s of SSH and CS is 

0.49 (95% significance level is 0.32). The TS model (Figure 2.8e) does not reproduce the 

dominant spatial pattern and amplitude of the observed SSH. Despite this the correlation between 

PC1s of TS and SSH is 0.48 (95% significance level is 0.42). The relatively strong correlations 

for both the CS and TS PC1 with the observed SSH PC1 occur because both depend on the large-

scale low frequency wind-stress curl changes. Differences in amplitude result from differences in 

the dependence of the solution on the thickness of the layer over which the wind-driven 

circulation occurs. In TS the circulation is distributed throughout the water column resulting in a 

smaller SSH anomaly; in the CS model the layer depth was set at 1000m. Finally the Rossby 

wave model EOF1 is similar to that of SSH with a PC1 correlation of 0.79 (95% significance 

level is 0.39), reproducing the interannual-to-decadal basin-scale SSH variability best among the 

models from both the spatial and temporal perspectives. The wave propagation takes longer to 

cross the North Atlantic basin at middle and high latitudes, which makes the steady assumption 

in the Sverdrup models less appropriate and which explains why the Rossby wave model 

performs better at higher latitudes. 

To further quantitatively evaluate the models against the observations we also calculated the 

skill for each model (Figure 2.9) as a function of location. The thermosteric height does well in 
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reproducing the interannual-to-decadal altimetric SSH variations east of Greenland, in mid-basin 

between 40°N and 50°N and in the eastern basin between 25°N and 35°N (Figure 2.9a). The 

skills for the Rossby wave, CS and TS models (Figure 2.9b, c and d) are all high in the eastern 

half of the basin south of 30°N. In this region the eastern boundary condition dominates the 

modeled sea level variability and models are less sensitive to either local wind anomalies or 

topography. However the Rossby wave model is the only wind-driven model that reproduces the 

interannual-to-decadal SSH between 30°N and 50°N (Figure 2.9b). Furthermore, the Rossby 

wave also works in the subpolar region between 20°W-40°W, which may be related to the 

interannual Ekman pumping (Cabanes et al., 2006). The TS model performs well in the SPG 

with skill up to 90% east of Greenland (Figure 2.9d), where the  contours are closely 

spaced and the water column is less stratified. The magnitudes from the CS model are too large 

in the SPG (not shown), owing to its assumption of flow being confined to the upper ocean. 

A comparison of the interannual-to-decadal model results with SSH in 2005 (Figure 2.10) is 

consistent with the EOF and skill analysis. Note that the TS model in 2005 (Figure 2.10e) 

reproduces the spatial SSH pattern well, including the deviation from zonal symmetry near 40°N 

due to the Mid-Atlantic Ridge, a feature that is not explained by any other models. It is likely due 

to the distortion of potential vorticity (PV) contours in the TS model. However, this 

topographically induced deviation does not occur every year. 

We can obtain an effective thermocline depth for the CS model as a function of latitude 

(Figure 2.11, solid dot) by tuning H to match the model and observed variance. Here we only 

show the effective thermocline depths north of 30°N because the eastern boundary condition 

dominates the solution south of 30°N. This depth is compared with zonally averaged actual 

ocean depth (Figure 2.11 dashed line). The effective thermocline depth increases from 1200m at 

f /H



 

 

19 

30°N to several thousand meters at higher latitudes, consistent with the more barotropic flows 

there; however, the ocean depth actually decreases from 4000-5000m in the subtropics to less 

than 3200m north of 53°N, so that effective thermocline depth is greater than the actual ocean 

depth north of 53°N. The inability to tune the CS model sensibly to improve its skill shows that 

the increased skill of the TS model is not from the larger value of H , but is instead from the 

deviation of the background PV contours from zonal lines, consistent with previous results from 

Koblinsky (1990) and Vivier et al. (1999). It also agrees well with Koblinsky (1990) and 

Marshall (1995) that stronger stratification and stronger β  isolates the wind-driven circulation 

from the topographic distortion of PV at lower latitudes. 

2.4.3 Model results from NAO-regressed heat flux and winds 

To further understand the low frequency SSH variability we investigated the role of the 

NAO-related forcing. We modeled the thermosteric height using heat flux regressed onto the 

NAO index and forced the wind-driven models with winds also regressed onto the NAO index. 

Monthly heat fluxes or winds are used for all but the Rossby wave model, for which we used 

daily winds and then smoothed the results to monthly to satisfy the Courant-Friedrichs-Lewy 

condition.  

On the seasonal timescale the skill for the thermosteric height derived from NAO-regressed 

surface heat flux (not shown) is dramatically decreased (from above 60% to below 30% for most 

of the basin) compared with that from the full surface heat flux (Figure 2.6a). The skill for the 

Rossby wave model from NAO-regressed winds (not shown) also declines, from about 55% to 

below 30% east of Greenland and from about 70% to below 50% between 10°N and 15°N 

compared with the full winds (Figure 2.6b). These results imply that the NAO plays a minor role 

on seasonal SSH signals. 
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On interannual-to-decadal timescales both the thermosteric height and the Rossby wave 

models using NAO-regressed forcing have substantially reduced skills in most of the basin (not 

shown), implying a minor influence of NAO on SSH. However, the skill for NAO-regressed 

winds increases in the subpolar region (e.g. 55°N-59°N, 25°W-40°W, Table 2.2, box shown in 

Figure 2.9c) from negative values to 38% for the CS model and from 63% to 68% for the TS 

model. This result indicates that the NAO likely plays a role in controlling SSH in high latitudes 

through winds on longer timescales (Zhai and Wunsch, 2013; Eden and Willebrand, 2001;  

Esselborn and Eden, 2001).  

Table 2.2 Model Skills (%) in Subpolar Box (55°N-59°N, 25°W-40°W) 

Model Full heat 
flux/winds    

NAO heat 
flux/winds 

Thermosteric Height  23.4 7.3 
Constant-depth Sverdrup (CS) negative 38.2 

Topographic Sverdrup (TS) 63.3 68.2 
Rossby Wave 23.7 13.9 

 

2.5 Discussion and Conclusion 

Using simplified models, the contributions of heating and winds to SSH were examined in 

the North Atlantic for 1993-2012. On seasonal timescales surface heating contributes most to 

altimetric SSH changes north of 18°N, while Rossby waves play an important role between 

10°N-15°N and east of Greenland. On interannual-to-decadal timescales an EOF analysis shows 

that the Rossby wave model reproduces the basin-scale SSH signals best among the models with 

a significant correlation of 0.79 between the PC1s of the Rossby wave model and SSH. The 

thermosteric height reproduces interannual-to-decadal altimetric SSH variations at several 

regions outside the tropics. The eastern boundary condition dominates the modeled sea level 
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forced by winds south of 30°N, where the model results are not sensitive to wind or topography. 

The Rossby wave model reproduces interannual-to-decadal SSH well in the mid-latitudes (30°N-

50°N). The TS model performs well in the subpolar gyre with skill up to 90% east of Greenland, 

demonstrating the importance of topography in controlling the SSH response to winds there. 

Furthermore, the TS model suggests some influence of Mid-Atlantic Ridge on interannual-to-

decadal SSH. The depth H  of the CS model cannot sensibly be tuned to match the TS model, 

which shows that the spatially varying topography (not the model layer depth) is critical to the 

ocean response to winds in the subpolar region.  

The impact of NAO variability on SSH has been investigated before, but mostly over a 

shorter time period, 1992 to 1998 in Esselborn and Eden (2001) and October 1992 to January 

2004 for Cromwell (2006). Cromwell (2006) showed no significant correlation between the low 

frequency NAO and basin-scale SSH. Spectral analysis of the NAO index showed strong 

interannual-to-decadal variability throughout the 20th century (Hurrell and van Loon, 1997; 

Higuchi et al., 1999). Li et al. (2012) show that low frequency variations of the SSH anomaly in 

the subpolar North Atlantic are negatively correlated with the time-integrated NAO. Here our 

models reveal that on interannual-to-decadal timescales both the CS and TS models show 

increased skill in high latitudes with NAO-regressed winds.  

The leading EOF mode of the spatially smoothed SSH explains 27% of the variance; in 

contrast, the EOF1 of unsmoothed SSH explains only 8% of the variance (not shown). SSH 

variability has a large contribution from mesoscale processes (Chelton et. al., 2011). 

Furthermore, except the mesoscale eddies, many other physical processes cannot be explained by 

the simple models described above. Comprehensive ocean models can include other factors such 

as more complex vertical structure and changes in stratification and advection (Wang et. al., 
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2013 and Ferry et al., 2000), halosteric response (Ivchenko et. al., 2008) and SSH changes 

driven by changes in the meridional overturning circulation (Ivchenko et. al., 2011).   

Ferry et al. (200) shows that the relationship between heat flux and sea level changes is 

sensitive to different heat flux products. Here we compared the thermosteric response to two 

different flux products, one is ERA-Interim net surface heat flux, the other one is the net surface 

flux combined from OAFlux turbulent flux and radiative flux by merging SRB and CERES 

products during 1993-2012. From the comparison of thermosteric height skill patterns for ERA-

Interim and OAFlux/SRB/CERES products, we found that those skills are quite similar between 

products on both seasonal and interannual-to-decadal timescales (not shown). The ERA-Interim 

data is a reanalysis product from ECMWF, while OAFlux includes ECMWF, but is more heavily 

weighted toward satellite observations, thus relatively independent. The comparison shows that 

our analysis of thermosteric height on both seasonal and interannual-to-decadal timescales is 

robust among heat flux products. 

The assumptions and limitations of these simplified models add extra uncertainties to the 

results. One of the uncertainties is the choice of thermocline depth, which determines the 

amplitude of the CS model SSH. Leetmaa et al. (1977) and Wunsch and Roemmich (1985) used 

1000m in their calculations of meridional transport in the Atlantic; Rhines and Young (1982) 

suggested that the wind-driven circulation reaches a depth determined by the regions of potential 

vorticity homogenization; a depth based on an isopycnal could also be used, as in Hautala et al. 

(1994) to examine Sverdrup balance in the subtropical Pacific. Moreover, the Sverdrup balance 

only holds in the interior ocean where the Rossby number is small. We do not expect it to work 

near the Gulf Stream or in the western basin. 
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Figure 2.1 Smoothed topography in North Atlantic. The topography shallower than 2000m is not 

shown. The gray lines are f /H contours. Units are meters. The brown line in the eastern basin is 

the eastern boundary for the Sverdrup models. 
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Figure 2.2 Phase speeds for the Rossby wave model at different latitudes. Units are ms−1 . 
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Figure 2.3 (a) altimetric smoothed SSH, (b) Rossby wave, (c) SSH minus Rossby wave, (d) 

thermosteric height and (e) nonsteric SSH at 61.5°N. Units: m. 
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Figure 2.4 Same as Figure 2.3, but for 36.5°N. 

 
 



 

 

27 

 
Figure 2.5 Same as Figure 2.3 and 2.4, but for 12.5°N. 
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Figure 2.6 Skills (higher than 10%) for (a) thermosteric model and (b) Rossby wave model 

compared with seasonal SSH. All the signals are band passed for 0.5-1.5 years. Asterisks at 

(12.5°N, 39.5°W), (36.5°N, 39.5°W) and (61.5°N, 35.5°W) denote locations of time series in 

Figure 2.7.   
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Figure 2.7 Seasonal cycles for SSH (solid black), thermosteric height (dashed red) and Rossby 

wave propagation (dotted magenta) at different latitudes. (a) for (61.5°N, 35.5°W), (b) for 

(36.5°N, 39.5°W), and (c) for (12.5°N, 39.5°W). 
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Figure 2.8 EOF1 and PC1 for interannual-to-decadal SSH and model results. EOF1 for (a) 

smoothed SSH, (b) thermosteric height, (c) Rossby wave, (d) CS model and (e) TS model. Bold 

black lines in (a)-(e) are the zero contours. The variances explained by these dominant EOFs are 

27%, 42%, 29%, 41% and 39%, respectively. Normalized PC1 for SSH (solid black), 

thermosteric height (dotted red), Rossby wave (magenta), CS (cyan) and TS (dotted grey) are 

shown in (f). All the fields are 1.5-year lowpass filtered and a linear trend is removed before 

performing EOF analysis.  
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Figure 2.9 Skill (higher than 10%) for models compared with interannual-to-decadal SSH 

anomalies. Skill for (a) thermosteric height, (b) Rossby wave, (c) CS and (d) TS models. The 

subpolar box is (55°N-59°N, 25°W-40°W). 
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Figure 2.10 Interannual-to-decadal SSH and models in 2005. (a) altimetric SSH, (b) thermosteric 

height, (c) Rossby wave, (d) CS and (e) TS models. Units are meters.  
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Figure 2.11 Effective thermocline depths (solid dot) and zonally averaged ocean full depths 

(dashed) at different latitudes. Unites are meters. 
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Chapter 3. ON THE EVOLUTION OF ATLANTIC MERIDIONAL 

OVERTURNING CIRCULATION (AMOC) FINGERPRINT AND 

IMPLICATIONS FOR DECADAL PREDICTABILITY IN THE 

NORTH ATLANTIC 

 

3.1 Introduction 

It has been suggested that AMOC variability is associated with the multidecadal variability in 

the North Atlantic basin averaged sea surface temperature (SST), the so-called Atlantic 

Multidecadal Oscillation (AMO) (Knight et al., 2005; Ting et al., 2009; Zhang and Wang, 2013; 

Ba et al., 2014). The AMO has been found to be associated with many regional and global scale 

climate phenomena at multidecadal timescales, such as the Atlantic Hurricane activity 

(Goldenberg et al., 2001; Zhang and Delworth, 2006; Knight et al., 2006), summer climate over 

both North America and western Europe (Sutton and Hodson, 2005), and Arctic sea ice 

(Mahajan et al., 2011). AMOC variability is also found to be important for the variability of the 

upper ocean heat content (UOHC) in the extra-tropical North Atlantic, i.e. a positive AMOC 

anomaly can induce a warming in the subpolar gyre (SPG) and a cooling in the Gulf Stream (GS) 

region, and this dipole UOHC anomaly is referred to as the AMOC fingerprint (Zhang, 2008). 

Recent decadal prediction studies using different climate models successfully predicted the rapid 

rise in the UOHC in the North Atlantic SPG during the mid 1990s with initialized ocean state, 

and suggested that initializing a stronger AMOC at northern high latitudes is the key for such 

successful predictions of the warm shift in the SPG; meanwhile hindcasts that only consider 

changes in external radiative forcing and no initialization in the ocean state are not able to predict 
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the rapid warming (Robson et al., 2012; Yeager et al., 2012; Yang et al., 2013; Msadek et al., 

2014).  

The physical mechanism behind the enhanced decadal prediction skill in the UOHC in the 

North Atlantic SPG, as well as the linkage between AMOC variability and North Atlantic Ocean 

temperature, deserve further investigations. In this study, we aim to address the following 

specific questions: 

• Why does a positive AMOC anomaly at northern high latitudes induce a warming in the 

SPG and a cooling in the GS region after several years, and vice versa?  

• Why is the dipole UOHC anomaly (AMOC fingerprint) confined to north of 34°N in the 

North Atlantic? 

• What is the role of the meridional coherence of AMOC variability in the evolution of the 

AMOC fingerprint? 

• Why is there an enhanced decadal predictability in the North Atlantic UOHC (especially 

in the SPG)? 

In a previous study, Zhang (2010) found that the AMOC anomaly associated with changes in 

the North Atlantic Deep Water (NADW) formation exhibits meridional coherence in density 

space and propagates southward with a slow tracer advection speed between 34°N-55°N due to 

the existence of interior pathways of NADW in this region (Bower et al., 2009; Gary et al., 

2011; van Sebille et al., 2011). Because a substantial portion of the anomalous NADW is 

advected by the climatological mean North Atlantic deep flow along the interior pathways north 

of 34°N with the tracer advection speed, the deep branch of the anomalous AMOC propagates 

with this speed (Zhang, 2010), resulting in a several-year time lag in which the subtropical 

AMOC lags the subpolar AMOC variation. The time lag is consistent with the observed tracer 
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advection time scale in this region (Smethie, 1993), and may provide a more useful 

predictability. In this study, we found that the southward propagation of the AMOC anomaly 

with the slow tracer advection speed north of 34°N is crucial for the evolution and the enhanced 

decadal predictability of the AMOC fingerprint - the dipole UOHC anomaly in the extra-tropical 

North Atlantic. 

3.2 Descriptions of Model and Experiments  

To investigate the evolution of the AMOC fingerprint, we conducted two sets of experiments 

using a fully coupled ocean-atmosphere model GFDL CM2.1 (Delworth et al., 2006). The first 

set of experiments includes an ensemble of 10-member “Control” experiments and an ensemble 

of 10-member “Perturbed” experiments; both are integrated for 15 years. Each ensemble member 

of the “control” experiments employs a constant radiative forcing corresponding to the level of 

year 1860 and has a different initial condition 50 years apart from each other in CM2.1 control 

simulation. Each ensemble member of the “perturbed” experiments has the same constant 

radiative forcing and the same initial condition as the corresponding member of the control 

experiments, except that a positive salinity anomaly (0.5 PSU) is added to the upper 500m of the 

northern North Atlantic and the Nordic Sea in its initial ocean condition.  

The second set of experiments is exactly the same as the first set, except that the temperature 

and salinity below 2200m in a subdomain of the subpolar North Atlantic (50°N – 60°N, 50°W – 

30°W, blue box in Figure 3.1) are fixed as the initial values in all experiments. This prevents the 

AMOC anomaly from propagating southward in the deep ocean. In this set, the control and 

perturbed experiments are referred to as “Control_F” and “Perturbed_F”, respectively. The 

anomaly for each of the two sets of experiments is defined as the ensemble mean difference 
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between the perturbed and the control experiments, i.e. “Perturbed - Control” and “Perturbed_F - 

Control_F”, respectively. Here the AMOC index at each latitude is defined as the maximum of 

the zonally integrated Atlantic meridional overturning streamfunction in density space. The 

AMOC fingerprint in this paper refers to the leading Empirical Orthogonal Function (EOF) of 

the extra-tropical North Atlantic UOHC (0-700m), similar to that shown in Zhang (2008). To 

compare with the results obtained from the above two sets of experiments, we also performed 

similar analyses from a 1000-year segment of GFDL CM2.1 control simulation that employs a 

constant radiative forcing at the level of year 1860 (Delworth et al., 2006). 

3.3 Evolution of the AMOC Fingerprint  

For the first set of experiments, the initial positive salinity anomaly triggers an abrupt 

increase in the mixed layer depth (MLD) in the Labrador Sea and the Nordic Sea, and a positive 

AMOC anomaly at northern high latitudes which propagates southward (Figure 3.2a). It takes 

about 4 years for the AMOC anomaly to propagate from 55°N to 34°N with the slow advection 

speed along interior pathway of NADW, as shown in Zhang (2010). South of 34°N, the AMOC 

anomaly propagates southward confined to the coast with a rapid coastal Kelvin wave speed. 

Figure 3.3 shows the anomalous deep transport propagates from 34oN to the equator along the 

western boundary within 1 year, a typical signature of the fast coastal Kelvin wave response 

(Kawase, 1987; Johnson and Marshall, 2002; Zhang, 2010). 

The positive AMOC anomaly induces a positive anomaly in the zonally integrated Atlantic 

meridional heat transport (MHT) (Figure 3.2c) which propagates southward in a similar way as 

the AMOC anomaly. The tilt of the positive MHT anomaly with respect to time due to the slow 

advection speed north of 34°N implies the time lag of the MHT between different latitudes, 
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which leads to a meridional convergence of the MHT anomaly (−∇⋅MHT ' > 0 ) in the subpolar 

region and a meridional divergence of the MHT anomaly (−∇⋅MHT ' < 0 ) in the lower latitudes 

around 40°N, which reach their maxima at around year 5 (Figure 3.2e). The convergence of the 

MHT anomaly in the subpolar region propagates southward, gradually replacing the divergence 

of the MHT anomaly in the lower latitudes around 40°N (Figure 3.2e). Such convergence and 

divergence of the MHT induce a positive anomaly in the UOHC (warming) in the subpolar 

region and a negative anomaly in the UOHC (cooling) in the lower latitudes around 40°N 

(Figure 3.2g), so that the UOHC anomalies peak at about year 7 - 8. The meridional 

convergence/divergence of the MHT anomaly and the associated UOHC anomaly are much 

weaker south of 34°N due to the rapid coastal wave speed of the AMOC and MHT (Figure 3.2e, 

g).  

For the second set of experiments, the initial positive salinity anomaly triggers a similar 

abrupt increase in the MLD in the Labrador Sea and the Nordic Sea and a positive AMOC 

anomaly at northern high latitudes initially. However, the positive AMOC anomaly at northern 

high latitudes cannot propagate southward due to the fixed deep ocean temperature and salinity 

in the subdomain (Figure 3.2b). Consequently, there is no southward propagation of the MHT 

anomaly from 55°N to 34°N, no obvious convergence (divergence) of the MHT anomaly and no 

associated warming (cooling) anomaly in the subpolar region (lower latitudes) (Figure 3.2d, f, h).  

The anomaly in the Atlantic UOHC found in the first set of experiments (Figure 3.2g) 

corresponds to a distinctive spatial dipole pattern in the leading mode (EOF1) of the extra-

tropical North Atlantic UOHC anomaly (perturbed - control), with warming in the SPG and 

cooling in the GS region around 40°N (Figure 3.4a). Previous studies (Zhang, 2007; Wang and 

Zhang, 2013) showed that a positive AMOC anomaly can induce surface warming and anti-
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correlated subsurface cooling, especially in the subtropical/tropical North Atlantic. The negative 

UOHC anomaly in the GS region is associated with a southward shift of the GS path and is 

subducted southward along the isopycnals contributing to the subsurface cooling in the 

subtropical/tropical North Atlantic. Figure 3.4c shows the time evolution of this AMOC 

fingerprint, i.e. the principle component of this leading mode (PC1) in the UOHC anomaly starts 

to increase around year 2 until it reaches a maximum around year 8, and then decreases 

afterwards. There is no such dipole pattern in the EOF1 of the extra-tropical North Atlantic 

UOHC anomaly (Figure 3.4b, d) in the second set of experiments (perturbed_F - control_F), 

since the AMOC anomaly southward propagation is blocked by the fixed deep ocean 

temperature and salinity in the subpolar region.  

3.4 Decadal Predictability of the Dipole UOHC Anomaly in the SPG/GS region 

To study the decadal predictability of the dipole UOHC anomaly in the SPG and in the GS 

region, we look into the ensemble mean UOHC anomalies averaged over the SPG and over the 

GS region (black boxes in Figure 3.4a, b) respectively in the two sets of experiments. The 

ensemble mean UOHC anomalies averaged over the SPG and over the GS region (thick red/blue 

lines) are predictable if they are distinguishable from the 95% t-test range (i.e. outside of the gray 

shading areas) in Figure 3.4 e, f, g, h, following the method used in previous studies (Hermanson 

and Sutton, 2009; Haines et al., 2009).  

For the first set of experiments, the ensemble mean UOHC anomaly averaged over the SPG 

exhibits a predictable warming signal from year 4 to year 13, for about 9 years with a peak 

around year 8 (Figure 3.4e); meanwhile the ensemble mean UOHC anomaly averaged over the 

GS region shows a predictable cooling from year 4 to year 12, for about 8 years with a peak 
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around year 7 (Figure 3.4g). The period of predictability is slightly shorter for the GS region, 

because the MHT divergence there is replaced by the convergence anomaly that propagates 

southward from the SPG (Figure 3.2e).  

For the second set of experiments, the ensemble mean UOHC anomalies averaged over the 

SPG and over the GS region are not predictable for nearly the entire period (Figure 3.4f, h), 

because the initial AMOC anomaly at northern high latitudes cannot propagate southward. This 

experiment confirms that the decadal predictability of the UOHC anomalies in the SPG and in 

the GS region is owing to the slow southward propagation of the AMOC anomaly from 55°N to 

34°N. 

3.5 Mechanism for the Evolution of the AMOC Fingerprint  

Figure 3.5 illustrates the physical mechanism for the evolution of the AMOC fingerprint. The 

positive MHT anomaly (solid red line) induced by a positive AMOC anomaly slowly propagates 

southward along with interior pathways from 55°N to 34°N and then continues with a fast 

coastal wave speed south of 34°N. The zero contours of the MHT anomaly are indicated by the 

dotted grey lines. From 55°N to 34°N, the slow propagation of the positive MHT anomaly leads 

to an anomalous heat convergence ( −∇⋅MHT ' > 0 ) north of the MHT anomaly and an 

anomalous heat divergence ( −∇⋅MHT ' < 0 ) south of it. The time integral of the heat 

convergence/divergence pattern gives rise to the dipole UOHC anomaly, warming in the SPG 

and cooling in the GS region several years later. The divergence of the MHT anomaly is 

confined within a narrower latitude range from around 43°N to 34°N than that of the 

convergence from 55°N to 43°N. For a weakening AMOC, we would expect an anomalous heat 

divergence in the north and an anomalous heat convergence in the south, cooling in the SPG and 
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warming in the GS region. South of 34°N, the more rapid propagation speed inhibits the 

convergence and divergence patterns and therefore the UOHC anomalies. 

To confirm that the AMOC travels from the SPG to the GS region along an interior pathway, 

we examined oxygen concentration as a sensitive tracer for deep circulation changes (Brennan et 

al., 2008) since the oxygen concentration in the deep ocean is barely affected by biological 

processes. The ocean component in the GFDL ESM2M earth system model has similar dynamics 

to the GFDL CM 2.1 model. In a 500-year control simulation from GFDL ESM2M we 

calculated the correlation of the AMOC anomaly at 50°N with the AMOC anomaly at different 

latitudes (Figure 3.6a), as well as with the zonally integrated oxygen concentration anomaly 

(2000m-3000m) (Figure 3.6b). The correlation of the AMOC anomaly in this 500-year control 

simulation shows a similar propagation pattern to that in the first set of experiments (perturbed – 

control) in GFDL CM2.1 (Figure 3.2a). The oxygen propagation (Figure 3.6b) suggests that the 

southward advection of deep water from the SPG to the GS region takes 4-5 years. This is 

consistent with the travel time for the AMOC from SPG to the GS. 

The correlation analyses from the 1000-year segment of GFDL CM2.1 control simulation 

(Figure 3.7) also show similar propagation patterns to those in the first set of experiments 

(perturbed - control) in Figure 3.2. Linkages are enhanced in 10-year low-pass filtered anomalies 

(Figure 3.8), suggesting that the mechanism occurs primarily at the decadal time scale and 

beyond. The spatial dipole anomaly in the SPG/GS region in EOF1 of the extra-tropical North 

Atlantic UOHC anomaly in GFDL CM2.1 control simulation (Figure 3.9a) is similar to that in 

Figure 3.4a. Figure 3.10b and c show the averaged UOHC anomalies in the SPG/GS box 

explained by EOF1 of UOHC anomaly, which are exactly in-phase/anti-phase with PC1 of 

UOHC anomaly (Figure 3.10a) and have standard deviations as twice as those of the noise 
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(signals other than the EOF1), implying that the EOF1 for the box-averaged UOHC anomalies is 

dominant in the total box-averaged UOHC anomalies.  

The AMOC amplitude in the 1000-year control simulation is smaller than that in our 

perturbed-control experiments, therefore it is necessary to demonstrate that the PC1 and box 

averaged UOHC in this 1000-year control simulation stand out of the noise. We sampled two 

ensembles (“positive AMOC” ensemble and “negative AMOC” ensemble) from the 1000-year 

segment of the control simulation. The AMOC anomaly at 50°N in the control simulation has a 

standard deviation (σ) of 2.4Sv. Whenever a peak (trough) AMOC anomaly at 50°N falls within 

plus (minus) 1.7~2.2σ (for the extreme events), we labeled the corresponding year as year 0 and 

sampled 4 years before and 10 years after year 0 as one member for the “positive AMOC” 

(“negative AMOC”) ensemble. Over the 1000-year segment, we were able to sample a maximum 

of 18 members for both ensembles and defined the “anomaly” as the differences between the two 

ensembles. Time evolution of AMOC anomaly, MHT anomaly, convergence of MHT anomaly, 

and zonally integrated UOHC anomaly in the North Atlantic sampled from the control 

simulation (Figure 3.11) have similar patterns to those in the first set of experiments (perturbed – 

control) (Figure 3.2, left), but with weaker amplitudes. Moreover, the EOF1 and PC1 of the 

ensemble mean UOHC anomaly sampled from the control simulation (Figure 3.12a,b) also 

shows a similar dipole pattern and time evolution of the AMOC fingerprint as the first set of 

experiments (Figure 3.4a,c). The ensemble mean UOHC anomaly averaged over the SPG/GS 

box exhibits a predictable (i.e. outside the 95% t-test range) warming/cooling signal from year 0 

to year 6 (Figure12c,d),  similar to the first set of experiments (Figure 3.4e,g) except that the 

amplitudes of anomalies in the control simulation are smaller. This agreement indicates the 

robustness of the physical mechanism for the evolution of the AMOC fingerprint. 
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In GFDL CM2.1 control simulation, the low-frequency AMOC variability is strongly 

affected by the variability in the MLD in the Labrador Sea, as deeper mixed layer in the 

Labrador Sea is associated with stronger NADW formation (Zhang, 2010). The MLD anomaly in 

the Labrador Sea leads the AMOC anomaly at 50°N by about 2 years and leads the AMOC 

anomalies south of 34°N by about 6-7 years (Figure 3.9b). The AMOC anomaly at 50°N leads 

the PC1 of the UOHC anomaly by about 2-3 years, while the MLD anomaly in the Labrador Sea 

leads the UOHC PC1 by 5 years (Figure 3.9c).  

3.6 Conclusion and Discussion 

The modeling results here suggest that the southward propagation of the AMOC/MHT 

anomaly is the key mechanism that gives rise to the distinctive dipole UOHC anomaly in the 

North Atlantic (i.e. the AMOC fingerprint) and is responsible for the predictability of this dipole 

UOHC anomaly at decadal timescale. The southward propagation of a positive AMOC/MHT 

anomaly from 55°N to 34°N with the slow tracer advection speed leads to a convergence of the 

MHT anomaly in the SPG region and a divergence of the MHT anomaly in the GS region 

respectively, thus causing higher UOHC in the SPG and lower UOHC in the GS region several 

years later. This process is mainly confined to north of 34°N, because south of 34°N the 

AMOC/MHT anomaly moves more rapidly inhibiting the UOHC convergences associated with 

the MHT anomaly.  

The AMOC anomaly at northern high latitudes in both sets of experiments is triggered in the 

models by a salinity anomaly. However, without the southward propagation of the AMOC 

anomaly, such as in the second set of experiments, there is no southward propagation of MHT 

anomaly, thus no convergence/divergence of the MHT anomaly. Two sets of experiments 
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suggested that predictable temperature signals in the SPG and the GS region depend on the 

southward propagation of the AMOC/MHT anomaly. The AMOC anomaly at northern high 

latitudes can also be triggered by factors other than salinity, such as changes in surface buoyancy 

forcing and NADW formation. 	
  

Similar meridional coherence and southward propagation of the AMOC anomalies also 

appear in other climate models, such as in GFDL CM2M (z-coordinate) and CM2G (isopycnal-

coordinate) (Wang et al., 2015), as well as in high resolution global coupled models GFDL 

CM2.5 (Zhang et al., 2011) and UK HiGEM (Matthew Thomas, personal communication). These 

different climate models show similar critical latitudes around 34°N where the two propagation 

regimes differ, probably because the latitude where the interior pathways converge back to the 

western boundary is controlled by the ocean bathymetry. This latitude coincides with the latitude 

of the GS separation near Cape Hatteras, and their linkages deserve more future investigations. 

Our results provide a physical mechanism for the decadal prediction skill in the UOHC in the 

SPG shown in recent studies (Robson et al., 2012; Yeager et al., 2012; Yang et al., 2013; Msadek 

et al., 2014), i.e. initializing a stronger AMOC at northern high latitudes leads to successful 

predictions of the warming of the SPG in the mid 1990s. However, the cooling in the GS region 

is less visible in these prediction experiments, as the warming induced by anthropogenic 

radiative forcing is also included in these experiments and because the UOHC anomaly in the GS 

region has a shorter predictable time scale. The physical mechanism discussed in this paper is 

also consistent with the recent work by Robson et al. (2014) showing that initializing a weaker 

AMOC at northern high latitudes leads to a successful prediction of the cooling in the SPG in the 

1960’s; they also predicted the warming in the GS region. 
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Previous studies show that low frequency AMOC variability is associated with the AMO, an 

SST anomaly spanning the SPG and the subtropical/tropical North Atlantic (Knight et al., 2005; 

Ting et al., 2009; Zhang and Wang, 2013; Ba et al., 2014). Our results suggest that the direct 

effect of the AMOC induced anomalous ocean heat transport convergence/divergence on the 

UOHC anomaly is mainly confined to north of 34°N. Some other mechanisms, other than direct 

changes in the ocean heat transport convergence, must link the AMOC anomaly at northern high 

latitudes with the SST anomaly in the subtropical/tropical North Atlantic. The 

subtropical/tropical SST anomaly is more likely part of a coupled ocean-atmosphere processes, 

such as the AMOC induced intertropical convergence zone (ITCZ) shifts, changes in the Hadley 

circulation and trade wind (Zhang and Delworth, 2005; Kang et al., 2008; Frierson et al., 2013; 

Robson et al., 2014), the wind-evaporation-SST (WES) feedback (Xie and Philander, 1994; 

Mahajan et al., 2011), or changes in the NAO linked large-scale atmospheric response (Hodson 

et al., 2014; Omrani et al., 2014; Robson et al., 2014). In addition, the AMOC induced SST 

anomaly at lower latitudes can be amplified by the cloud feedback (Zhang et al., 2010) and the 

coupled feedback between SST, African dust, and Sahel rainfall (Wang et al., 2012). The 

detailed mechanisms linking the AMOC anomaly at northern high latitudes with the SST 

anomaly in the subtropical/tropical North Atlantic deserve more investigations in future studies. 
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Figure 3.1 North Atlantic Ocean Bathymetry in GFDL CM2.1. The blue box represents the 

subpolar region with temperature and salinity below 2200m fixed as initial values in the second 

set of experiments. 
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Figure 3.2 Time evolution of anomalies as a function of latitude (perturbed - control, left panels; 

perturbed_F - control_F, right panels). (a,b) AMOC anomaly (Sv), (c,d) MHT anomaly (PW), 

(e,f) Convergence of MHT anomaly ( −∇⋅MHT ' , GW/m), (g,h) Zonally integrated UOHC 

anomaly in the North Atlantic (PJ/m). The black solid lines are zero contour lines. 
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Figure 3.3 Deep transport anomaly at potential density level of 1036.9 kg/m3 at year 1 in the first 

set of “perturbed - control” experiments. 
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Figure 3.4 Spatial pattern and time evolution of the AMOC fingerprint (perturbed - control, left 

panels; perturbed_F - control_F, right panels). (a,b)  EOF1 of ensemble mean UOHC anomaly, 

(c,d) PC1 of ensemble mean UOHC anomaly, (e,f,g,h) Averaged UOHC anomaly in the SPG 

box (50°N – 60°N, 50°W – 30°W) and the GS box (35°N – 46°N, 70°W – 40°W) respectively 

(solid red/blue lines). Light red/blue shading areas: spread (one standard deviation) among the 10 

ensemble members. Grey shading area:  95% significance range. 
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Figure 3.5 Schematic diagram for the physical mechanism of the evolution of the AMOC 

fingerprint. 
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Figure	
   3.6 Correlations of (a) AMOC anomaly and (b) zonally integrated O2  concentration 

anomaly between 2000m and 3000m with AMOC anomaly at 50°N in GFDL ESM2M 500-year 

control simulation. The shaded area is above 95% significance level.	
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Figure 3.7 Cross correlations of AMOC anomaly at 50°N with AMOC anomaly (a), MHT 

anomaly (b), convergence of MHT anomaly (−∇⋅MHT ' ) (c), and zonally integrated UOHC 

anomaly (d), respectively. 
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Figure 3.8 Low-pass filtered results from a 1000-year segment of the GFDL CM2.1 control 

simulation. Cross correlations of 10-year low-pass filtered AMOC anomaly at 50°N with 10-year 

low-pass filtered AMOC anomaly (a), MHT anomaly (b), convergence of MHT anomaly (

−∇⋅MHT ' ) (c), and zonally integrated UOHC anomaly (d) at different latitudes. 
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Figure 3.9 The AMOC fingerprint and its linkage with the Labrador Sea (LS) and Mixed Layer 

Depth (MLD) anomaly in the 1000-year segment of GFDL CM2.1 control simulation. (a) EOF1 

of extra-tropical North Atlantic UOHC anomaly (explaining 29% of total variance), (b) Cross 

correlations of AMOC anomaly at different latitudes with the MLD anomaly in the LS, (c) Cross 

correlations of UOHC PC1 with the MLD anomaly in the LS (red) and with the AMOC anomaly 

at 50°N (blue), respectively. The solid black lines in (a) are zero contour lines. 
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Figure 3.10 Box-averaged SPG/GS UOHC anomalies explained by EOF1 of UOHC anomaly in 

the GFDL CM2.1 1000-year control simulation. (a) Time series of the leading mode (PC1) of 

UOHC anomaly. (b) Box-averaged SPG UOHC anomaly explained by EOF1. (c) Box-averaged 

GS UOHC anomaly explained by EOF1. The gray shading areas in (b,c) represent the amplitudes 

(+/- 1 standard deviation) of the noise (i.e. the box-averaged SPG/GS UOHC anomalies not 

explained by EOF1). 
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 Figure 3.11 Time evolution of ensemble mean anomalies from eighteen 15-year ensemble 

members sampled from 1000-year control simulation as a function of latitude. (a) AMOC 

anomaly (Sv), (b) MHT anomaly (PW), (c) Convergence of MHT anomaly ( −∇⋅MHT ' , 

GW/m), (d) Zonally integrated UOHC anomaly in the North Atlantic (PJ/m). The black solid 

lines are zero contour lines. 
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Figure 3.12 (a,b) EOF1 and PC1 of ensemble mean UOHC anomaly from eighteen 15-year 

ensemble members sampled from 1000-year control simulation. Averaged UOHC anomaly from 

the ensemble members in the SPG box (c) and the GS box (d) respectively (solid red/blue lines). 

Light red/blue shading areas: spread (one standard deviation) among the ten sampled ensemble 

members. Grey shading area:  95% significance range. 
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Chapter 4. THE COHERENCE OF ATLANTIC MERIDIONAL HEAT 

TRANSPORT IN CLIMATE MODELS 

4.1 Introduction 

The oceanic meridional overturning circulation and associated meridional heat transport 

(MHT) play an important role in the planetary heat budget. The Atlantic Meridional Overturning 

Circulation (AMOC) is composed of a northward flow of warm water in the upper ocean and a 

southward flow of cold water at depth (e.g. Broecker 1991; Lumpkin and Speer 2007; Kuhlbrodt 

et al. 2007). The Atlantic Ocean transports up to 1.3PW heat to the north, and the heat transport 

is northward throughout the basin (Hastenrath, 1982; Hsiung, 1985; Trenberth and Solomon 

1994; Trenberth and Caron 2001; Wunsch, 2005). In the tropics and subtropics, the ocean carries 

a significant fraction of the total heat transport of the atmosphere and ocean combined. It reaches 

a maximum near 30°N and then drops rapidly near the latitude of the Gulf Stream (Trenberth 

and Caron, 2001; Wunsch, 2005), where the ocean releases a large amount of heat to the 

atmosphere. The atmospheric heat transport dominates further to the North.  Previous studies 

have suggested that changes in AMOC and MHT could impact the extent of Arctic Sea Ice (Rind 

and Chandler, 1991), atmospheric circulation (Cohen-Solal and Le Treut, 1997), sea surface 

temperature (SST) over the North Atlantic and tropical South Atlantic (Dong and Sutton, 2002), 

tropical Atlantic Variability (TAV) (Wen et al., 2011), as well as the location of the Atlantic 

Intertropical Convergence Zone (ITCZ) (Frierson et al., 2013). 

Changes in MHT in the Atlantic have been shown to be closely linked to AMOC. Dong et al. 

(2009) use observations to show that a MHT anomaly of 0.05  ( ) is 

found for each  ( ) of AMOC change at 34°S. Likewise, Msadek et al. (2013) 

PW 1 PW = 1015Watts

Sv 1 Sv = 106m3 / s
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found a linear relationship between observationally derived mass and heat transport at 26.5°N 

with 0.079 PW / Sv . Zheng and Giese (2009) showed that the increases of northward heat 

transport (up to 25% in the midlatitudes) in the Atlantic is coincident with the simultaneous 

increase of the AMOC using the results of the Simple Ocean Data Assimilation (SODA) analysis. 

In a sensitivity study using a coupled climate model in the Chapter 4 of this thesis, a 

strengthening of AMOC in the subpolar gyre leads to a convergence/divergence of the MHT 

anomaly in the subpolar/Gulf Stream region several years later.  

However, the connection between AMOC and MHT may be more nuanced than the studies 

reviewed in the previous paragraph suggested. Boccaletti et al. (2005) derived a heat transport 

stream function to show that the maximum of this streamfunction is 700m or above, with the 

maximum located at less than 200m between the equator and 35°N. In contrast, the maximum of 

the mass transport streamfunction is at about 1000m between 40°N and 60°N. This suggests that 

MHT in the tropics and subtropics is more sensitive to variations in the upper ocean circulation 

than AMOC, while the AMOC is likely more sensitive to changes in deep and intermediate water 

transport, which is controlled by processes in the high latitude upper ocean and is impacted by 

changes in the atmosphere there. Modeling studies suggest that AMOC in the subpolar region 

varies on decadal time scales and responds to low frequency changes in wind or buoyancy 

forcing (e.g. Bingham et al., 2007; Zhang, 2010); the state of the AMOC at high latitudes could 

be used to improve decadal prediction of climate (Persechino et al., 2013; Msadek et al., 2010; 

Tulloch and Marshall, 2012; Latif et al., 2004; Knight et al., 2005; Zhang, 2007, 2008, 2010). 

 Interannual variability of MHT and AMOC prevails equatorward of 40°N (Zheng and Giese, 

2009; Kelly et al., 2014; Jayne and Marotzke, 2001; Bingham et al., 2007; Zhang, 2010). Kelly et 

al. (2014) explored the interannual-to-decadal MHT anomalies inferred from hydrographic data, 
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equivalent water thickness and altimetric sea surface height and showed that the MHT anomalies 

are highly coherent from 35°S to 40°N. Jayne and Marotzke (2001) also showed the strong 

seasonal and interannual MHT coherence within 20° of the equator in a 1/4° ocean model. 

Similar coherence structure has also been seen in AMOC in the North Atlantic from about 20°S 

to 30°N using modeling studies (Bingham et al., 2007; Zhang, 2010). These studies suggest that 

the meridional coherence of both AMOC and MHT at the interannual timescale is a robust 

feature.  

In the present study we use a global ocean-only model (the isopycnal ocean model GOLD, 

Generalized Ocean Layer Dynamics) run with hindcast forcing from 1971 to 2009 and seven 

CMIP5 (Coupled Model Intercomparison Project Phase 5) coupled models from 1971 to 2005 to 

examine the meridional structure of the interannual MHT variability. In addition, we perform 

detailed analysis of the linkage between MHT variability and atmospheric forcing using GOLD. 

This paper is organized as follows. The data and model descriptions are presented in section 2. 

We then discuss the meridional structure of the interannual MHT variability in the 

tropics/subtropics in section 3 and then examine the linkages between the MHT variability, 

atmospheric forcing, circulation, and density fields in section 4. 

4.2 Data and Models 

To diagnose the structure of the interannual MHT, we analyze both an ocean-only simulation 

(GOLD) and the MHT from a suite of coupled model simulations taken from the CMIP5 archive. 

In order to determine the validity of GOLD, two observationally derived estimates of MHT are 

also used for comparison.   
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4.2.1 Data: Estimates of MHT in the North Atlantic 

Observational estimates of MHT are available at 26.5°N and 41°N in the Atlantic from two 

different methods.  

4.2.1.1 RAPID-MOCHA at 26.5°N 

The RAPID-MOCHA (Rapid Climate Change - Meridional Overturning Circulation and 

Heatflux Array) mooring array is a collaborative project between the United Kingdom and the 

United States, to measure the AMOC and MHT in the North Atlantic Ocean (Cunningham et al., 

2007; Kanzow et al., 2007; Kanzow et al., 2008). Twenty-four moorings have been deployed at 

26.5°N since April 2004, where the mean ocean heat transport reaches its maximum at about 1.3

PW  (Johns et al., 2011). Three groups of moorings are concentrated at the western Atlantic 

basin for Western Boundary Current, the eastern side of the Atlantic basin, and the Mid-Atlantic 

Ridge, respectively. These are combined with underwater cable estimates of the Florida Current 

transport. The MHT is derived by combining temperature transports from the Florida Current, 

the western boundary region offshore of the Bahamas, the Ekman transport from wind stresses 

and the interior ocean portion from the geostrophic transport calculated by the difference of 

dynamic heights between moorings (Johns et al., 2011). We compare the MHT from RAPID-

MOCHA during 2004-2009 with the hindcast run in GOLD in the same period. 

4.2.1.2 Sea Surface Height (SSH) and Argo derived AMOC at 41°N 

An alternate estimate of the AMOC at 41°N was calculated from a combination of altimetric 

and Argo data (Willis, 2010; Willis and Fu, 2008; Hobbs and Willis, 2012). To do this, a monthly 

time series of density from the surface to 2000m is derived from Argo data to produce 

geostrophic velocity in the upper 2000 m. The geostrophic velocity estimate combined with 

high-resolution SSH data from altimeters are used to reduce error induced by mesoscale eddies. 
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The AMOC is then calculated by integrating from the surface to 1130m together with the Ekman 

transport computed from wind stress. The SSH data and its relationship to AMOC during the 

Argo time period is used to extend the time series back to 1993. All points in the time series 

represent 3-month running averages. We download both SSH derived AMOC and SSH/Argo 

derived AMOC, but just compare the AMOC from GOLD with the SSH derived AMOC at 41°N 

from 1993 to 2009. 

4.2.2 Methods and Models 

4.2.2.1 GOLD 

GOLD is a generalized Lagrangian-coordinate isopycnal ocean model (Adcroft and Hallberg, 

2006), following in the lineage of the Hallberg Isopycnal Model. It was released in September 

2012. The two mixed layers, two buffer layers, and fifty-nine isopycnal layers with constant 

potential densities referenced to 2000m, are chosen to provide the highest resolution of 

thermocline. It has 1° ×  1° horizontal resolution but with 0.5° in latitudes at tropics. Surface 

winds and buoyancy fluxes are from CORE-II (Coordinated Ocean-ice Reference Experiments 

Version 2) between 1971-2009 (Large and Yeager, 2009). We use a monthly averaged hindcast 

run of GOLD from 1971 to 2009 in this study, started after thousand years of spin-up. 

We calculate the MHT through vertical cross-sections in GOLD. We assume the volume is 

conserved through each cross section at each latitude so that the MHT is given by 

                                                             (4.1) 
 

 
Where , ,  and  are potential density, specific heat capacity of seawater, potential 

temperature and meridional velocity.  represents the integration over a vertical east-

west section. For the Atlantic Ocean, the net transport from Atlantic Ocean to Southern Ocean is 

H = ρcp∫∫ θvdA

ρ cp θ v

dA = dxdz
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less than 1 Sv  (Dong et al., 2011). Since GOLD is not a Boussinesq model, the ocean volume 

changes with additions/loss of fresh water. The maximum mass transport to the South is about 1

Sv  in the subpolar region, decreasing to a fraction of a Sverdrup at the equator, consistent with 

the loss of fresh water via evaporation in the subtropics. We also calculate temperature transport, 

which is equal to the quantity in (4.1) when mass is not conserved (Talley, 2003). 

4.2.2.2 A suite of coupled model simulations via CMIP5 

CMIP5 provides a framework for coordinated climate change experiments (Taylor et al., 

2012). We use the ensemble-mean of northward heat transport in historical simulations from 

seven models in different modeling centers (Table 4.1) during 1971-2005 to examine the 

robustness of the variability of the interannual MHT anomaly. For example, MRI-CGCM3 is a 

coupled atmosphere-ocean global climate model (Yukimoto et al., 2012) with horizontal 

resolutions of 1° ×  0.5° with 50 vertical levels plus a bottom boundary layer, comparable to the 

resolution of GOLD. The surface layer is 4 m thick, and the upper layers above 1000 m are 

resolved by 30 layers. Other models in this set have similar resolution. 

 

Table 4.1 Summary for CMIP5 models used in this study 

Model Institute # Members* 

ACCESS1-0 CSIRO 2 

MRI-CGCM3 MRI 5 

NorESM1-M NCC 3 

INMCM4 INM 1 

GFDL-CM3 NOAA-GFDL 5 

GFDL-ESM2G NOAA-GFDL 1 

GISS-ES-R-CC NASA-GISS 1 
* # Members is the number of ensemble members in the historical run for each model 
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4.3 Coherence structure of interannual MHT 

In this section, we examine the characteristics of meridional structure of the interannual 

MHT in GOLD and in the CMIP5 models. The variability in Atlantic MHT is controlled by a 

variety of processes, including both changes in wind forcing throughout the basin as well as 

changes in buoyancy forcing in the subpolar North Atlantic. Using the monthly averaged fields 

we first remove the annual cycle, then lowpass the remaining variability in the MHT anomaly 

using a 1-year Butterworth lowpass filter, and remove the long-term linear trend. A comparison 

of interannual MHT from GOLD and two climate models, one with strong MHT variability, and 

another with weak variability shows that the MHT has a significant amount of coherence from 

about 20°S to about 30°N (Figure 4.1). Generally at low latitudes south of 40°N, interannual 

variability dominates and is much stronger than the decadal variability; whereas at high latitudes 

north of 40°N the decadal variability is more important, but much weaker than the interannual 

variability at low latitudes, consistent with the results from other studies derived from ocean 

models and observations (Zheng and Giese, 2009; Kelly et al., 2014; Jayne and Marotzke, 2001). 

However, the magnitude of interannual MHT variability varies between models. For example, 

the interannual MHT in GISS-E2-R-CC ranges from -0.4 PW to 0.38 PW with a maximum 

standard deviation of 0.13PW, whereas the MHT in MRI-CGCM3 is in a range between -0.25 

PW and 0.16 PW with a maximum standard deviation of 0.05PW, much smaller than that form 

GISS-E2-R-CC. 

To better quantitatively define the interannual meridional coherence structure of the MHT 

anomaly, we apply empirical orthogonal function (EOF) analysis to all the lowpassed MHT 

anomalies from 30°S to 60°N in the CMIP5 coupled models and GOLD, but we just show the 

EOF results from 30°S-40°N due to near zero spatial pattern of EOF leading mode (EOF1) north 
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of 40°N. We find that the normalized EOF1 for the interannual MHT anomaly are remarkably 

consistent between CMIP5 coupled climate models and the ocean model GOLD; generally the 

MHT EOF1 has the same sign between 20°S - 35°N and with a maximum in the tropics, 

decaying towards the poles (Figure 4.2a). In this study, we use the leading mode of the 

interannual MHT variability as the meridional coherence structure for further investigation; 

EOF1 gives the spatial pattern and the first principal component (PC1) reveals the temporal 

variability. The CMIP5 models are from different institutions, thus they are relatively 

independent. Moreover, the fraction of variance explained by this EOF leading mode in all 

models is larger than 42%, which confirms the robustness of MHT coherence structure among 

the models. However, the meridional extent of the EOF1s depends on the different model 

simulations. For instance, the extent of the EOF1 in GOLD ranges from 20°S to 35°N (Figure 

4.2a, red), while the EOF1 of MRI-CGCM3 (Figure 4.2a, Magenta) extends from 30°S to 35°N. 

The correlations between MHT anomaly on the equator with MHT at others latitudes also show 

that the interannual MHT between 20°S and 20°N is correlated with equatorial MHT for all the 

models (Figure 4.2b). 

4.4 MHT and AMOC in GOLD 

In this study we use GOLD simulation as our main tool to investigate the mechanism of the 

interannual MHT coherence structure. GOLD provides three dimensional spatial and temporal 

details of the ocean in density coordinates.   

4.4.1 MHT and AMOC: comparison to observations 

The total MHT from GOLD at 26.5°N (Figure 4.3a, black) is only 0.5-0.8 PW, about half 

size of that from the RAPID-MOCHA mooring (Figure 4.3a, red). The 1-year lowpassed 
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variability has a correlation of 0.71 with a 95% significant level of 0.45 (Figure 4.3b). The 

AMOC at 41°N derived from SSH alone (Figure 4.4a, red) is similar to that from both SSH and 

Argo floats from 2002 to 2009 at 41°N (Figure 4.4a, cyan), so we extend our comparison to 1993 

using the AMOC derived from SSH alone. The mean AMOC (Figure 4.4a, black) at 41°N in 

GOLD is about 10-18.5Sv , comparable with the SSH derived AMOC (Figure 4.4a, red). The 

correlation between the 1-year lowpassed AMOC anomalies in GOLD and from SSH at 41°N is 

0.46 (95% significance level: 0.35). The mass and heat transports at 41°N are more difficult to 

accurately represent in a low-resolution model since it depends on the representation of the Gulf 

Stream and North Atlantic Current. Overall, GOLD adequately reproduces observed interannual 

MHT variability, allowing us to use it to understand what controls the interannual MHT in the 

tropics and subtropics.   

4.4.2 Mean ocean circulation from GOLD 

To understand interannual variability of the MHT in the Atlantic Ocean, we first consider 

zonally averaged time-mean potential density and temperature, MHT and AMOC between 30°S 

and 50°N for reference. The mixed layer depth ranges from 50 to 70m, while the thermocline 

depth ranges from below 300 m at 30°S and 30°N to 60 m at the equator (Figure 4.5).  

We calculate the AMOC in density coordinates, the native coordinate of GOLD (Figure 

4.6a). It is defined as the maximum of the vertical cumulative integral (starting at the surface) of 

zonally integrated meridional flow. Zhang (2010) argued that the maximum of AMOC in density 

space is shifted poleward to that calculated in depth space; She also argued that since water 

parcels move on density horizontals in the ocean, AMOC in density space more closely 

resembles the pathways of fluid parcels. The cumulative volume transport in the upper ocean 

above the isopycnal  (mean depth 90m) is northward in the northern 1034.2kg /m3
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tropics/subtropics, but southward in the upper South Atlantic Ocean. The opposing volume 

transport of the North Atlantic and South Atlantic are primarily caused by the opposing Ekman 

transport in the surface layer. Some of this Ekman transport is returned by geostrophic flow at 

depth (Roemmich, 1983; Zhang et al., 2003). The volume transport is northward at depth, 

reflecting the northward flow of Antarctic Intermediate Water (AAIW), and southward North 

Atlantic Deep Water (NADW) near potential density 1037 kg /m3 (Roemmich, 1983). The 

AMOC ranges between 10.7-13.6 Svwith the maximum occurring between 35°N and 40°N 

(Figure 4.6b).   

The time-mean vertically cumulative (from the surface) heat transport (Figure 4.7a) has some 

similar features to the cumulative volume transport (Figure 4.6a). In density space, there are two 

maxima with values larger than 1 , one in the northern upper ocean near 15°N-20°N above 

1034 kg /m3 , the other one between 1036.5-1037 kg /m3 near 20°N; the latter one cannot be seen 

significantly when calculated in depth space, as shown by Boccaletti et al. (2005). The latitude-

dependent northward MHT from top to bottom in the Atlantic Ocean (Figure 4.7b) varies from 

0.2  to 0.74 with a maximum near 20°N-30°N, smaller than the 1.3PW  found by the 

RAPID-MOCHA array at 26.5°N. The maximum of MHT occurs significantly south of the 

maximum of AMOC near 40°N. There is a dramatic increase near the equator and a large 

decrease north of 35°N. This is consistent with the large heat gain in the tropics and large heat 

release near the Gulf Stream, consistent with previous studies (Zheng and Giese, 2009; Talley, 

2003; Hall and Bryden, 1982). 

The interannual MHT anomaly is almost symmetric about the equator (Figure 4.2a), while 

the mean MHT is not (Figure 4.7b). This suggests that the dynamics that control the interannual 

PW

PW PW
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MHT variability are likely linked to the processes that control the shallow overturning 

circulation in the tropics.  

4.4.3 Mechanism of MHT coherence in GOLD 

4.4.3.1 Ekman and Geostrophic heat transport 

We first examine the contributions of Ekman and geostrophic heat transports to the MHT 

leading mode in GOLD. The Ekman heat transport responds directly to changes in surface 

winds; it is defined as the zonal integral across a section from coast to coast (Ghirardelli e al., 

1995; Levitus, 1987): 

                                                (4.2) 

where represents Ekman heat transport, is the Coriolis parameter,  is the zonal wind 

stress from CORE-II,  is the potential temperature in the Ekman layer,  is the mean 

potential temperature of the water column in GOLD. The assumption of (4.2) is that the wind-

driven Ekman mass transport is compensated by a barotropic return flow (Ghirardelli e al., 1995; 

Levitus, 1987; Jayne and Marotzke, 2001; Willebrand et al., 1980). Here, we estimate the Ekman 

layer temperature in (4.2) to be that of the upper 50 meters, similar to Dong et al. (2011). The 

Ekman heat transport is strong in the tropics due to strong trade winds, small values of Coriolis 

parameter and large difference between surface and deep ocean temperature, however, (4.2) 

cannot be applied within a few degrees of the equator (i.e. 3° north and south of the equator in 

this study) since  vanishes at the equator. We define the geostrophic heat transport as the 

difference between the total MHT and the Ekman heat transport (Reommich, 1983; Dong et al., 

2011; Zhang et al., 2003). Similar to the interannual MHT anomaly, we also remove the annual 

cycle, lowpass the subannual variability and remove the long-term linear trend for both Ekman 

HEk = −
cpτ x

f∫ (θEk −θ )dx

HEk f τ x

θEk θ

f
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and geostrophic heat transport. We ignore the bottom Ekman layer due to its small contribution 

to the MHT (Perez el al., 2011).  

The interannual MHT in GOLD is well represented with the EOF leading mode between 

15°S and 30°N (compare Figure 4.8 a and b), accounting for 50% of the interannual MHT 

variance. South of 15°S and north of 30°N the coherence structure exists, but is weak. The 

magnitude of the Ekman heat transport dramatically decreases poleward within 10° of the 

equator; because of the vanishing Coriolis parameter toward the equator, both Ekman and 

geostrophic heat transport (Figure 4.8, c and d) are not available within 3° of the equator. For 

much of the times series, Ekman heat transport north of the equator looks similar to the EOF 

leading mode of the MHT (for instance, in 1988-1989, 1995 and 2005), but there are significant 

differences between the two fields south of the equator. The interannual geostrophic heat 

transport has opposite signs to the Ekman heat transport between 3°-10° on both sides of the 

equator. The EOF1s for Ekman and geostrophic heat transport also exhibit opposite signs in the 

tropics, with the first EOF explaining 42%-43% of the variance of each quantity and a 

correlation of 0.89 between their PC1s (Figure 4.9). 

Ekman heat transport (Figure 4.10, blue) is significantly correlated with the MHT PC1 

between 3°N-26°N and between 4°S-10°S with a maximum at around 10°N. The geostrophic 

heat transport (Figure 4.10, red) is highly correlated with MHT PC1 at 4°N-34°N (especially 

between 5°N-23°N) and at 6°S-13°S. 

4.4.3.2 Contributions of heat transports in layers to the coherence structure 

To understand how the Ekman and geostrophic heat transport contribute to the MHT 

variability it is helpful to examine the mean temperature transport in isopycnal layers for a 

reference (Figure 4.11). Layer temperature transport per unit depth (PW /m ) is calculated by the 
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temperature transport referenced to 0°C for each isopycnal layer divided the mean depth of the 

layer to account for unequal spacing of the density coordinates (Figure 4.11). The top two layers 

represent the mixed-layers, while the next two layers are the buffer layers, where each of these 

layers have variable density. We only show the layers with mean thickness larger than 1m. 

Ekman temperature transport in the upper ocean is northward/southward in the northern/southern 

hemisphere, compensated by the return geostrophic flow beneath (Reommich, 1983; Zhang et al., 

2003). The geostrophic temperature transport under the Ekman layer north of 18°N is likely 

owing to the western boundary currents (i.e. Florida Current at 26.5°N, see Johns et al. (2011)). 

The layer temperature transport per unit depth in the deep ocean is small. 

The large interannual layer temperature transport (Figure 4.12) is concentrated in the surface 

ocean and at around the equator above . We apply EOF analysis to the interannual 

temperature transports at different layers of the ocean (Figure 4.13), including the total ocean 

from top to bottom (which is the MHT) (red), the upper ocean above (grey), the 

middle ocean between  (blue) and the deep ocean between 1035-1036.5

(green) (see Figure 4.11 for the location of the three layers). The PC1s of lowpassed 

temperature transports in the upper and middle ocean are significantly correlated with the PC1 of 

the interannual MHT, but PC1 of temperature transport in the deep ocean is not (Figure 4.13b). 

The EOF1 of interannual temperature transport for the upper ocean (grey) has the same sign 

between 10°S to 23°N, especially in the northern hemisphere, similar to the pattern of the MHT 

EOF1 (red); however, it has a peak at around 2°N and then dramatically decreases toward the 

poles, much sharper than that for the MHT EOF1. The EOF1 of interannual temperature 

transport in the middle ocean (blue) has a maximum near the equator at 2°S and has larger values 

in the southern hemisphere than in the northern hemisphere away from the equator. The EOF1 of 

1033.5kg /m3

1030kg /m3

1031−1035kg /m3

kg /m3
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interannual temperature transport at deep ocean (green) is much smaller than those in upper and 

middle oceans.  

To further quantitatively investigate the contributions of different layers to the leading mode 

of the MHT, we calculate the correlations of interannual MHT with itself at each latitude (Figure 

4.14a), as well as with the interannual temperature transports in upper/middle/deep ocean at each 

latitude (Figure 4.14b,c,d). The narrowing of the correlation at around 40°N in Figure 4.14a 

reveals that the MHT has a coherence structure south and north of 40°N, but not at 40°N. The 

MHT at the equator is significantly correlated with the upper ocean temperature transport from 

7°S to 20°N (Figure 4.14b), and is highly correlated to the mid-ocean temperature transport 

between 13°S-1°S and between 2°N-27°N (Figure 4.14c). The deep ocean temperature transport 

plays a minor role on the leading mode of the interannual MHT (Figure 4.14d). These results are 

consistent with the contributions of the Ekman and geostrophic heat transport in Figure 4.10. 

We conclude that the interannual temperature transport at the upper ocean dominated by 

Ekman process contributes most to the leading mode of interannual MHT, the interannual 

temperature transport dominated by geostrophic processes in the middle ocean takes a secondary 

role; whereas the temperature transport in the deep ocean is unimportant in the MHT coherence 

structure. 

4.4.3.3 Interhemispheric transport: diapycnal transport 

Both Reommich (1983) and Zhang et al. (2003) point out that 6Sv  of northward geostrophic 

flow beneath the Ekman layer in the southern hemisphere is transported to the surface and then 

swept northward. Given that the coherence structure of interannual heat transport mainly 

depends on the interannual temperature transport in upper ocean with additional contribution 



 

 

72 

from the mid-ocean in the southern hemisphere, we next examine how diapycnal transport in the 

tropics connects the interhemispheric interannual heat transport.  

Both the diapycnal velocity at the base of the mixed layer as well as the zonally averaged 

diapycnal velocity are highly correlated to MHT PC1, with significant positive correlation 

between 7°S and 2°S, as well as significant negative correlation between 4°N-13°N (Figure 

4.15). These results imply that on interannual timescale the northward middle ocean water is 

transported to the upper ocean in the tropical South Atlantic Ocean, then is carried northward by 

the Ekman flow and joins the westward Northern Equatorial Current (NEC). This diapycnal 

transport occurs where there is large variation of the layer temperature transport above the 

isopycnal  between 10°S and the equator (Figure 4.12), and is linked to the same 

latitudes in the upper ocean. This could also be confirmed by the temperature transport at 2°S in 

Figure 4.14c. The temperature transport in the middle ocean at 2°S is positively correlated with 

the interannual MHT anomaly from almost 20°S to 20°N, implying the contribution of the 

temperature transport in the middle ocean of the South Atlantic tropics to the interannual MHT 

coherence structure. Previous studies show that the temporal variations of this diapycnal 

transport may be associated with TAV (Nobre and Shukla, 1996) and the asymmetric SST about 

the equator where the mean SST in the North Atlantic tropics is about 1°C cooler than that in the 

South Atlantic tropics (Roemmich, 1983). However, whether this diapycnal transport in the 

southern tropics is from upwelling or from the obduction to the upper ocean is still uncertain and 

needs further investigation. 

4.4.3.4 Wind forcing 

In both upper and middle oceans, velocity variation is linked to the wind stress or wind stress 

curl via Sverdrup dynamics (Sverdrup, 1947). Given that the meridional velocity variability in 

1033kg /m3
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the subtropical gyre is more important than the temperature variability for the interannual MHT 

in the Atlantic (Robson et al., 2012; Zheng and Giese, 2009; Jayne and Marotzke, 2001; Seager 

et al., 2001; Schott et al., 2004), we focus on the correlation between wind stress curl and MHT 

PC1 (Figure 4.16). We find significant correlation that originates from 5°S-10°S at 0-10°W, 

extends northwest through the interior ocean, and then gradually merges from the interior ocean 

into North Brazil Current (NBC) and Guiana Current between the equator and 12°N. The 

correlation is not significant between 13°N-17°N. North of 17°N, there is a significant negative 

correlation between 17°N-30°N at 30°W-67°W.  

To determine the link between the oceanic meridional velocity, the wind-stress curl and the 

leading mode of MHT variability, we examine correlations at each grid point between MHT PC1 

and meridional velocity and between MHT PC1 and wind stress curl. The results are shown at 

8.5°S, 5.8°S, and 7.3°N (Figure 4.17-19). At 8.5°S (Figure 4.17), the correlation between wind 

stress curl and MHT PC1 is positive, indicating that a positive wind stress curl increases the 

MHT PC1. We expect that a positive wind stress curl anomaly would give northward anomalous 

flow as determined from the Sverdrup balance, and that the resulting flow would result in 

northward anomalous heat transport. This is also born out in the correlations of meridional 

velocity and MHT PC1 with a positive value in the middle ocean between 0-10°W. At 5.8°S, the 

region of high correlation between meridional velocity and MHT PC1 is westward of that seen at 

8.5°S and occurs between 3°W and 18°W (Figure 4.18). Diapycnal transport into the mixed-

layer is also associated with an increase in MHT PC1 (Figure 4.15). At 7.3°N, both positive 

geostrophic velocity near the western boundary and the Ekman heat transport in the interior of 

the basin are to the north when interannual MHT is to the north (Figure 4.19). The regression 

map of wind velocity on MHT PC1 (Figure 4.20) shows northeast winds in the northern 
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hemisphere between the equator and 30°N and northwest winds between the equator and 10°S 

correspond to the MHT coherence.  

4.5 Conclusion 

Based on the seven historical simulations in CMIP5 coupled models and one hindcast 

simulation from the ocean model GOLD from 1971 to 2009, the characteristics of the interannual 

MHT variability are investigated. Generally at low latitudes south of 40°N, interannual 

variability dominates and is much stronger than the decadal variability; whereas at high latitudes 

north of 40°N the decadal variability prevails, consistent with the results from other studies 

derived from ocean models and observations (Zheng and Giese, 2009; Kelly et al., 2014; Jayne 

and Marotzke, 2001). The first EOFs of the interannual MHT anomaly from all the models show 

the same sign from about 20°S to about 30°N with a maximum in the tropics, decaying toward 

the poles, although the meridional extent of the EOF1s depends on models.  

We use the ocean model GOLD to perform detailed analysis of what components of the flow 

control the interannual MHT variability. The EOF leading mode of the interannual MHT in 

GOLD can capture the interannual MHT variability between 15°S and 30°N, with the EOF 

leading mode accounting for 50% of the interannual MHT variance. This EOF leading mode of 

interannual MHT is controlled by Ekman heat transport anomalies between 7°S and 20°N and 

the geostrophic heat transport beneath the Ekman layer from 13°S to 27°N, excluding the equator. 

The Ekman transport contributes most to the coherence structure of interannual MHT, whereas 

the geostrophic transport takes a secondary role. The deep ocean makes a negligible contribution 

to the MHT coherence structure.  
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The schematic diagram (Figure 4.21) exhibits the key components contributing to the MHT 

coherence structure. The positive wind stress curl in the tropics, northeast winds in the northern 

tropics and northwest winds in the southern tropics are the wind forcing corresponding to MHT 

coherence. The water in northward geostrophic transport is transported to the upper ocean in the 

South Atlantic tropics and then carried to the north by Ekman transport driven by the northwest 

and northeast winds. The positive wind stress curl assures that the transport is northward as a 

combination of Ekman and geostrophic transport in the tropics. The geostrophic heat transport is 

significant for the MHT coherence structure in both hemispheres, while the Ekman heat transport 

plays an more important role in the northern hemisphere than in the southern hemisphere. 

The Atlantic Meridional Mode (AMM) is the dominant physical process of coupled ocean-

atmosphere variability in the Atlantic tropics on interannual to decadal timescales. During a 

positive phase of the AMM, there are warmer SST and weaker winds (Figure 4.22a). After we 

correlate the SST anomaly with minus MHT PC1 and regress the wind velocity on minus MHT 

PC1, we find that the MHT PC1 related SST and wind anomaly pattern (Figure 4.22b) are 

similar to the positive AMM, suggesting that ocean-atmosphere coupling is important for 

explaining the MHT coherence. Richter et al. (2014) reveal that the CMIP5 models can 

reproduce reasonable interannual SST anomalies, despite their mean state biases. All of these 

imply that the AMM on interannual timescale is robust among models and is likely to related to 

MHT coherence. The detailed linkage between AMM and MHT coherence needs further 

investigation. 
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Figure 4.1 The 1-year lowpassed MHT anomaly in the Atlantic Ocean from 1971–2005 in (a) 

GOLD, (b) MRI-CGCM3 and (c) GISS-E2-R-CC. Units: .  
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Figure 4.2 (a) EOF1s of 1-year lowpassed MHT and (b) correlations between 1-year lowpassed 

MHT on the equator and at all latitudes in the Atlantic Ocean for the ensemble-mean from 

different models. The models are ACCESS1-0 (blue), MRI-CGCM3 (magenta), NorESM1-M 

(green), GFDL-CM3 (brown), GFDL-ESM2G (grey), GISS-E2-R-CC （black）, INMCM4 

(yellow) and GOLD (red). The integers in the parentheses of the legend indicate the number of 

ensemble members in models. The percentage in (a) represents the fraction of variance explained 

by the EOF1s. (b) only shows the correlations above 95% significance level.   
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Figure 4.3 Comparison between MHT in GOLD (black) and from RAPID-MOCHA line (red) at 

26.5°N. (a) total MHT and (b) 1-year lowpassed MHT. 
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Figure 4.4 Comparison between AMOC in GOLD and SSH/Argo derived AMOC at 41°N. (a) 

total AMOC and (b) 1-year lowpassed AMOC. Black line is for AMOC in GOLD, redline is for 

SSH derived AMOC, the dashed cyan line is for SSH and Argo derived AMOC. 
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Figure 4.5 Potential temperature (°C, colored shading) and potential density referenced to 2000 

m ( , black contours) for the upper 300m. The contour interval for density is 0.2 . 
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Figure 4.6 (a) Time-mean of zonally integrated and vertically cumulative (from the surface, 

including mixed and buffer layers) volume transport in the Atlantic Ocean in GOLD hindcast, 

the isopycnals heavier than  are shown. (b) AMOC at all latitudes in the Atlantic 

Ocean in GOLD hindcast. The left Y-axis label for (a) is isopycnals ( ) and right label 

is the corresponding zonally averaged depth (m).  
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Figure 4.7 (a) Time-mean of zonally integrated and vertically cumulative (from the surface, 

including mixed and buffer layers) heat transport in the Atlantic Ocean in GOLD hindcast, the 

isopycnals larger than  are shown. (b) MHT at all latitudes in the Atlantic Ocean in 

GOLD hindcast. The left Y-axis label for (a) is isopycnals ( ) and right label is the 

corresponding zonally averaged depth (m). 
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Figure 4.8 Interannual MHT anomaly (a), MHT EOF leading mode (b), Ekman heat transport (c) 

and geostrophic transport (d) in GOLD. 
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Figure 4.9 (a) EOF1 and (b) PC1 of the 1-year lowpassed Ekman (blue) and geostrophic (red) 

heat transport. Units in (a): PW. 
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Figure 4.10 Correlation between MHT PC1 and Ekman heat transport (blue triangle line) 

/geostrophic heat transport (red dot line). 
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Figure 4.11 Layer temperature transport per unit depth (PW/m), which is calculated by the 

temperature transport for each isopycnal layer over the mean depth of the layer. The left Y-axis 

label is isopycnals ( ) and right label is the corresponding zonally averaged depth (m). 

The upper four layers are two mix layers and two buffer layers with no fixed isopycnals labeled. 

The mean isopycnal depth less than 1m is in white blank. 
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Figure 4.12 Standard deviation of the layer temperature transport (PW). The left Y-axis label is 

isopycnals ( ) and right label is the corresponding zonally averaged depth (m).  
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Figure 4.13 The EOF1 (a) and PC1 (b) of the interannual temperature transport for the total 

ocean from top to bottom (red, same as the interannual MHT leading mode), in the upper ocean 

above (grey), in the middle ocean between  (blue), and in the 

deep ocean between 1035-1036.5 (green). The PC1s are normalized. EOF1s show the 

magnitude differences. Units for (a) are PW . 
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Figure 4.14 Significant correlations between interannual MHT at each latitude (a), between the 

interannual MHT and temperature transport in the upper/middle/deep ocean (b,c,d). Only 

correlations above the 95% significance level are shown. 
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Figure 4.15 (a) Correlations between 1-year lowpassed diapycnal velocity at the base of the 

second mix layer and MHT PC1, (b) Correlations between 1-year lowpassed zonally averaged 

diapycnal velocity and MHT PC1. The red lines in (b) represent 95% significance level. 
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Figure 4.16 Correlations between lowpassed wind stress curl and MHT PC1. The white blank 

area represents the correlations below 95% significance level. 



 

 

92 

 
Figure 4.17 (a) Correlations between lowpassed wind stress curl and MHT PC1 at 8.5°S as a 

function of longitude, (b) correlation between lowpassed meridional velocity and MHT PC1 at 

8.5°S as a function of longitude and density. The red line in (a) is the 95% significance level. 
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Figure 4.18 Same as Figure 4.17, but at 5.8°S. 
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Figure 4.19 Same as Figure 4.17 and 4.18, but at 7.3°N. 
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Figure 4.20 Regression map of wind velocity on MHT PC1. 
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Figure 4.21 Schematic diagram for the MHT coherence structure. 
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Figure 4.22 (a) Positive Atlantic meridional mode (AMM) with warmer SST in the northern 

hemisphere, southwest wind anomaly north of the equator and southeast wind anomaly south of 

the equator (Chiang and Vimont, 2004). (b) MHT PC1 related SST and wind velocity. Shading 

area is the correlation between SST and minus MHT PC1. Arrows represent the regression 

coefficient of wind velocity on minus MHT PC1. 
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Chapter 5. CONCLUSIONS 

This dissertation focuses on understanding the variability of ocean circulation and meridional 

heat transport (MHT) in the Atlantic Ocean on different timescales. The main scientific focuses 

are the characteristics of the variability of the ocean circulation and MHT and what controls the 

structure of the variability. Satellite and in-situ observations, simplified models, climate coupled 

models and ocean-only model are used to help quantitatively describe the characteristics and 

explore the mechanisms that control the variability. This work aims to advance our knowledge of 

the role of ocean in our dynamic climate system. 

Chapter 2 focuses on the seasonal and interannual-to-decadal variations of large-scale 

altimetric SSH owing to surface heating and wind forcing in the presence of topography using 

simplified models. On the seasonal timescale locally forced thermosteric height explains most of 

the SSH variance north of 18°N. First mode linear long baroclinic Rossby wave explains most of 

the variance between 10°N-15°N and are also important east of Greenland. On interannual-to-

decadal timescales, local thermosteric height remains important at several locations in the middle 

and high latitudes. A topographic Sverdrup response explains interannual-to-decadal SSH 

between 53°N and 63°N east of Greenland, suggesting the important role of topography in the 

subpolar region. Farther south, the linear Rossby wave model explain SSH variations on 

interannual-to-decadal timescales between 30°N and 50°N from mid-basin to the eastern 

boundary.  

In Chapter 3, we use perturbed experiments and 1000-year control simulation of the GFDL 

coupled model CM2.1 to investigate the evolution of AMOC and its fingerprint on the decadal 

timescale. The AMOC anomaly associated with changes in the North Atlantic Deep Water 

(NADW) formation slowly propagates southward due to the existence of the NADW interior 
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pathway north of 34°N. We show that this slow southward propagation of the AMOC anomaly is 

crucial for the evolution of the AMOC fingerprint - the leading mode of upper ocean heat content 

in the extra-tropical North Atlantic. A positive AMOC anomaly in northern high latitudes driven 

by external buoyancy forcing leads to a convergence/divergence of the Atlantic MHT anomaly in 

the subpolar/Gulf Stream region, thus warming in the subpolar gyre and cooling in the Gulf 

Stream region after several years. Recent decadal prediction studies successfully predicted the 

observed warming in the subpolar region in the mid 1990s. Our results here provide the physical 

mechanism for this enhanced decadal prediction skills in the subpolar region. 

The study presented in Chapter 4 uses seven simulations in the CMIP5 archive as well as a 

hindcast simulation in the isopycnal ocean model GOLD from 1971 to 2009 to investigate the 

interannual variability in the Atlantic MHT. The spatial pattern of the leading EOF mode of the 

interannual MHT anomaly from all of the model simulations peaks near the equator and reaches 

into the subtropics in both hemispheres. A more detailed examination of the circulation and 

velocity of GOLD reveals that Ekman heat transport anomalies between 7°S-20°N and the 

geostrophic transport beneath the Ekman layer from 13°S-27°N (except the equator) contribute 

to this MHT leading mode, while the contribution of the deep ocean is negligible. The 

connection between the hemispheres is completed through diapycnal transport of the northward 

geostrophic transport beneath the Ekman layer in the southern tropics; this water reaches the 

upper ocean and then the northward Ekman transport takes over. Wind in the tropics is the main 

external forcing for this MHT coherence structure.  

In this dissertation, we identify several mechanisms that control ocean circulation variability 

and associated MHT. We show the dominance of the wind-driven topographic Sverdrup in 

interannual-to-decadal SSH observations in the subpolar North Atlantic. We also reveal that slow 
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advection of perturbations from the deep subpolar North Atlantic into the subtropics can lead to 

changes of UOHC and may be useful for predicting heat content and upper ocean temperature 

north of 34°N on decadal timescale. We further reveal that there is a strong wind-driven 

coherence structure of the interannual MHT in low latitudes; diapycnal transport south of the 

equator is key to allow interhemispheric heat transport anomalies. These studies are linked to 

each other. For example, the interannual MHT/AMOC can be explained by the Ekman and 

geostrophic transport in the northern subtropics, which is highly related to the contributions of 

Sverdrup models to the interannual SSH changes in the same area; SSH and in-situ observations 

could be used to infer the AMOC and MHT transport (Willis, 2010). Another one is, the 

topography in the high latitude North Atlantic might affect how the AMOC might respond to 

wind forcing on decadal time scale.  

 While this dissertation has studied the variability of ocean circulation, AMOC and MHT on 

different timescales, many opportunities for extending the scope of this dissertation remain. For 

instance, the influence of the topography on the ocean circulation in the high latitudes should be 

further investigated using analysis of a comprehensive ocean model (i.e. GOLD). The impact of 

slow advection of the AMOC on the heat content north of 34°N should be tested in other climate 

models. The contribution of the wind forcing on the interannual MHT/AMOC in low latitudes 

could be compared or linked to the rapid propagation of AMOC signals from the high latitudes 

via a southward propagating rapid coastal wave. All of these future studies could add advanced 

insights on the ocean circulation and heat transport variability and deserve further investigations. 
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