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Department of Earth and Space Sciences

The ancient Earth atmosphere is our only example for how a microbial biosphere impacts

planetary atmospheres and is therefore a critical asset to the spectroscopic search for life

on exoplanets. Additionally, for a subaerial origin of life, the nature of the earliest Earth

atmosphere determines the environmental conditions under which life began. However, our

understanding of the early Earth is shrouded by deep time; very few clues to its composition,

climate and biosphere have been preserved over billions of years. To complement the sparse

geologic record, this thesis uses thermodynamic, photochemical, and climate models to better

understand the atmospheres of early Earth to inform the search for life on exoplanets and

improve our understanding of the origin of life.

In Part I of this dissertation, I investigate atmospheric chemical disequilibrium anti-

biosignatures, as well as methane and oxygen biosignatures during the Archean (4.0 - 2.5

Ga) and Proterozoic (2.5 - 0.54 Ga) eons. By modeling the change in Earth’s atmospheric

composition when life first began, I argue that the disequilibrium coexistence of atmospheric

H2 and CO2 or CO and water vapor is an anti-biosignature if observed on an exoplanet

because these easily metabolized species should be consumed if life was present. Next, I

estimate the likelihood of volcanism on an exoplanet mimicking the CH4+CO2 biosignature

characteristic of the Archean Earth. I find that significant volcanic methane is unlikely,

but, if possible, could be identified by observations of atmospheric CO because volcanoes



that produce CH4 should also make CO. The final Chapter in Part I argues that atmospheric

oxygen, Earth’s most recognizable biosignature gas, was unstable during the Great Oxidation

Event (∼ 2.4 Ga). I also set a lower limit on O2 levels during the Proterozoic eon, which

improves potential detectability of O2 on an exoplanet if it was like the ancient Earth.

Part II explores how Earth’s Hadean (4.5 - 4.0 Ga) atmosphere may have influenced

the origin of life. Specifically, I use atmospheric models to estimate the HCN and HCCCN

produced in the Hadean atmosphere in the wake of large asteroid impacts. Both HCN

and HCCCN are critical ingredients in “RNA world” origin of life hypotheses. Simulations

show that asteroid impacts make transient H2- and CH4-rich atmospheres that persist for

millions of years, until hydrogen escapes to space. I find that impacts larger than between

5 × 1020 to 4 × 1021 kg (570 to 1330 km diameter) produce sufficient atmospheric CH4 to

cause ample HCN and HCCCN photochemical production and rainout to the surface, while

smaller impacts produce negligible amounts of origin-of-life molecules. The second chapter

of Part II places these results in the context of Earth’s impact history. I estimate when

5×1020 to 4×1021 kg impacts most likely occurred on the early Earth to shed light on when

life began if it did so in an impact-driven scenario.
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Chapter 1

INTRODUCTION

“It has been said that astronomy is a humbling and character-building experience. There is

perhaps no better demonstration of the folly of human conceits than this distant image of our

tiny world.” - Carl Sagan, in the Pale Blue Dot
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Past scientific exploration of the cosmos has delivered us repeated lessons in humility.

Before Copernicus, humans perceived Earth to be at the center of the universe. Today, we

know that rocky planets the size of Earth are common among the hundred-billion stars in

our galaxy (Burke et al., 2015). But science has not yet fully addressed Earth’s apparent

remaining cosmic uniqueness: Earth gave rise to and harbors life. Astrobiology attempts

to complete our lessons in humility by trying to determine life’s prevalence or rarity in the

universe.

Existing and future telescopes will allow for the search for life on planets orbiting other

stars. The James Webb Space Telescope has begun to observe the atmospheres of small

rocky planets and is sensitive enough to detect biogenic waste gases in some circumstances

(Krissansen-Totton et al., 2018b). Additionally, the 2021 Decadal Survey on Astronomy and

Astrophysics has recommended NASA construct the Habitable Worlds Observatory in the

next few decades with a primary goal of characterizing exoplanet atmospheres and detecting

biosignatures.

Even with precise observations of exoplanet atmospheres, confirming the presence or ab-

sence of life will be challenging. Gases that are typically associated with biology, like O2,

could potentially build-up in exoplanet atmospheres without life from geologic or photochem-

ical processes (Krissansen-Totton et al., 2021a; Meadows et al., 2018). Additionally, given

that exoplanets are many light-years away we will not have the opportunity to visit them

with spacecraft to directly confirm or reject the hypothesis of life. Detecting life remotely

will require a deep understanding of how life can influence an atmosphere, and the ways in

which planetary evolution produces false-positive biosignatures.

To aid our understanding for how life might impact an exoplanet atmosphere, we can

look to the co-evolution of Earth and its biosphere for the past 4 billion years. Earth’s

inhabited history has three main chapters with distinct atmospheres: The Archean (4.0 - 2.5

Ga), Proterozoic (2.5 - 0.54), and the modern Earth (0.54 - 0.0 Ga). Each era is an example

atmosphere-biosphere interaction that might manifest on other worlds.

Furthermore, how life began on the early Earth informs the search for life elsewhere.
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If the environmental conditions that led to life’s origin on the early Earth were unique

and uncommon on young exoplanets, then perhaps future telescopes are unlikely to detect

spectral signatures of life. However, if instead life’s emergence is an inevitable side effect of

early planetary evolution, then future campaigns searching for life are much more likely to

be successful.

1.1 Thesis outline

Part I of this thesis studies the interaction between the atmosphere and biosphere on the

early Earth to inform the search for life on exoplanets. First, in Chapter 2, I investigate

atmospheric chemical disequilibrium as a biosignature and anti-biosignature. The relation-

ship between disequilibrium and life was first explored by Lovelock (1965) for the purposes of

detecting microbes on the solar system planets. Since then, Sagan et al. (1993) observed that

the disequilibrium coexistence of CH4 and O2 in Earth’s modern atmosphere is a sign of life.

CH4 and O2 rapidly annihilate each other through photochemical reactions, but the disequi-

librium persists because of biological replenishment. More recently, Krissansen-Totton et al.

(2016) rigorously quantified disequilibrium as the Gibbs free energy in the atmosphere-ocean

system. They used multiphase thermodynamic calculations to show that modern Earth has

an anomalously big biologically produced disequilibrium compared to other solar system

planets.

Chapter 2 argues that disequilibrium is sometimes an anti-biosignature instead of a sign

of life. Life is powered by chemical free energy. Therefore, in some circumstances, life

should reduce the disequilibrium in its environment through its metabolism. I investigate

this possibility by estimating how chemical disequilibrium changed when life first began on

the early Earth. I demonstrate that Earth’s atmosphere-ocean disequilibrium lowered when

microbial life first appeared because such life likely consumed a pre-existing free energy in

the atmosphere caused by volcanic outgassing. This chapter concludes by clarifying when

atmospheric disequilibrium is a sign of life, and when it is instead an anti-biosignature.

In combination with previous research (Krissansen-Totton et al., 2018c), Chapter 2 also
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established that the biogenic disequilibrium between atmospheric CH4 and CO2 was likely

present through the entire Archean eon (4.0 - 2.4 Ga). Carbon dioxide was generated by

volcanism and regulated by the geologic carbon cycle, while CH4 concentrations resulted from

methanogenic microbial life (Catling and Zahnle, 2020). Thus, the disequilibrium between

methane and carbon dioxide might be a compelling biosignature if identified spectroscopically

in an exoplanet atmosphere (Krissansen-Totton et al., 2018c). However, few studies have

explored the possibility of non-biological CH4 and CO2 which might result in a false-positive

detection of life.

Chapter 3 uses a model of volcanic outgassing to determine whether volcanoes on a

terrestrial planet can produce atmospheric CH4 and CO2, thus mimicking Earth’s Archean

biosignature. In general, I find that significant volcanic methane is unlikely, but, if possible,

could be identified by observations of atmospheric CO. Atmospheric CO is a false-positive

diagnostic because volcanoes that produce CH4 should also produce CO. Overall, when

considering known mechanisms for generating abiotic CH4 on rocky planets, I conclude that

observations of atmospheric CH4 with CO2 are difficult to explain without the presence of

biology when the CH4 abundance implies a surface flux into the atmosphere comparable to

modern Earth’s biological CH4 flux.

Chapters 2 and 3 investigate life’s influence on the atmosphere in the late Hadean and

early Archean atmosphere. However, arguably life’s most profound impact on the atmo-

sphere occurred much later, around 2.4 billion years ago, when oxygenic photosynthetic life

(combined with several other factors) caused the Great Oxidation Event (GOE). The GOE

marks the first appearance of the modern Earth’s most identifiable biogenic gas: atmospheric

oxygen.

In Chapter 4, I use a novel time-dependent one-dimensional photochemical model to

simulate the Great Oxidation Event on Earth and find that the transition from an anoxic

to an oxic atmosphere takes only 102 to 105 years. My model also suggests that O2 between

∼ 10−8 and ∼ 10−4 mixing ratio is unstable, and prone to rapid change over geologic time. I

suggest that this instability can explain geologic evidence for fluctuating O2 levels during the
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Great Oxidation Event (Poulton et al., 2021). This result is significant because it challenges

an existing paradigm (Goldblatt et al., 2006) that the first rise of oxygen was a stable

and irreversible event. I also argue that instability requires that the mid-Proterozoic (1.8 -

0.8 Ga) O2 levels were bigger than 10−4 mixing ratio, because smaller O2 levels would be

unstable and ultimately incompatible with the geologic record of sulfur isotopes. Therefore,

these results have implications for the detectability of Earth’s O2 biosignature during the

Proterozoic.

Part II of this thesis addresses the broader question of which conditions lead to an origin

of life on a planet. Understanding life’s beginning on Earth, and whether it is likely to

occur on an exoplanet is a pre-requisite to finding life elsewhere. A remote detection of a

biosignature would be much less credible if the planet did not experience the conditions that

are thought to be important for biopoiesis on the early Earth (Catling et al., 2018).

How life began on Earth is currently unknown, but one leading hypothesis suggests that

strands of RNA were some of the first self-replicating molecules which perhaps ultimately

evolved to become early life. In this scenario, RNA needs to be produced without life on the

early Earth. Chemists have argued for several possible schemes, but all pathways require

nitriles like HCN and HCCCN. Geochemical evidence suggests that volcanoes produced a

CO2- and N2-rich Hadean atmosphere that would not generate essential prebiotic nitriles

(Holland, 1984). Iron-rich asteroid impacts could have solved this problem because they

may have transiently reduced the entire atmosphere, allowing HCN and HCCCN to form

photochemically (Zahnle et al., 2020). Chapter 5 investigates this possibility by using novel

coupled photochemical-climate models to simulate the Hadean atmosphere after massive

impacts thereby quantify prebiotic nitrile production. Overall, I find that atmospheres after

impacts are H2-, CH4- and NH3-rich, and HCN and HCCCN are produced photochemically

for impacts larger than between 5× 1020 to 4× 1021 kg (570 to 1330 km diameter). Smaller

impacts chemically alter the Hadean atmosphere, but not by an amount that allows for the

photochemical formation of both HCN and HCCCN.

The final chapter in this thesis (Chapter 6) combines the results from Chapter 5, with
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Monte Carlo simulations of Earth’s impact history to estimate the likelihood and timing

of life’s emergence in an impact-driven scenario. I use the lunar cratering record, and the

abundance of highly siderophile elements in Earth’s mantle to simulate the many possible

impact histories that could have occurred on the early Earth. A fraction of the modeled

impact histories experience impactors of sufficient mass to produce significant origin of life

molecules, perhaps causing the emergence of life. However, in some cases life would not

persist because the post-impact reducing atmosphere is subsequently followed by an ocean-

vaporizing impact that would sterilize the planet. By considering the fraction of stochastic

impact realizations that successfully initiate or fail to initiate life, I estimate the probability

of life beginning if Earth history was rerun. Additionally, for impact histories where life

is not destroyed by late ocean vaporization, I compute a probability distribution for when

life began in an impact-driven scenario by considering the timing of the last post-impact

reducing atmosphere.
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Part I

ATMOSPHERIC BIOSIGNATURES, AND LIFE’S IMPACT ON
THE EARLY EARTH
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Chapter 2

ATMOSPHERIC CHEMICAL DISEQUILIBRIUM FROM
DEAD TO LIVING WORLDS

“It may be some time before we can try these tests for life on the planets of other stars but

in the meanwhile what started as an exercise in exobiology could become an expedition to

discover the largest living creature on Earth, Gaia.” - Lovelock (1975)
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This chapter was originally published in collaboration with David C. Catling in the Astro-

physical Journal (Wogan and Catling, 2020), and is reproduced below with the permission of

the journal.

Summary

Chemical disequilibrium in exoplanetary atmospheres (detectable with remote spectroscopy)

can indicate life. The modern Earth’s atmosphere-ocean system has a much larger chemical

disequilibrium than other solar system planets with atmospheres because of oxygenic photo-

synthesis. However, no analysis exists comparing disequilibrium on lifeless, prebiotic planets

to disequilibrium on worlds with primitive chemotrophic biospheres that live off chemicals

and not light. Here, we use a photochemical-microbial ecosystem model to calculate the

atmosphere-ocean disequilibria of Earth with no life and with a chemotrophic biosphere. We

show that the prebiotic Earth likely had a relatively large atmosphere-ocean disequilibrium

due to the coexistence of water and volcanic H2, CO2, and CO. Subsequent chemotrophic life

probably destroyed nearly all of the prebiotic disequilibrium through its metabolism, leaving

a likely smaller disequilibrium between N2, CO2, CH4, and liquid water. So, disequilibrium

fell with the rise of chemotrophic life then later rose with atmospheric oxygenation due to

oxygenic photosynthesis. We conclude that big prebiotic disequilibrium between H2 and

CO2 or CO and water is an anti-biosignature because these easily metabolized species can

be eaten due to redox reactions with low activation energy barriers. However, large chemical

disequilibrium can also be a biosignature when the disequilibrium arises from a chemical

mixture with biologically insurmountable activation energy barriers, and clearly identifiable

biogenic gases. Earth’s modern disequilibrium between O2, N2, and liquid water along with

minor CH4 is such a case. Thus, the interpretation of disequilibrium requires context. With

context, disequilibrium can be used to infer dead or living worlds.
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2.1 Introduction

It will soon be possible to look for biosignature gases in exoplanet atmospheres with tele-

scopes. Within several years, the James Webb Space Telescope (JWST) will measure the

composition of exoplanet atmospheres with transit spectroscopy (Fischer et al., 2019; Gaudi

et al., 2019). Ground-based telescopes, such as the Extremely Large Telescope, will also

play a role in the spectroscopic search for life by the mid 2020s (Lopez-Morales et al., 2019;

Snellen et al., 2013).

Much biosignature research suggests that telescopes look for O2 produced by oxygenic

photosynthesis (Meadows, 2017; Meadows et al., 2018; Owen, 1980). Molecular oxygen can be

a relatively easy biogenic gas to detect on an exoplanet (Meadows, 2017), and it is generated

in large quantities by relatively few abiotic processes (Meadows et al., 2018).

However, Earth’s O2 biosignature has been strongly detectable for only the past ∼ 1/8th

of Earth’s inhabited history. Fossil stromatolites show that the origin of life was before ∼ 3.5

Ga (Walter et al., 1980), while geochemical data suggest that oxygenic photosynthesis could

have arisen by ∼ 3 Ga (Planavsky et al., 2014a). Despite the possible early rise of oxygenic

photosynthesis, there was negligible atmospheric O2 in the Archean eon (4.0 to 2.5 Ga)

(Farquhar et al., 2000). Earth had O2 in the Proterozoic Eon (2.5 to 0.541 Ga), but some

atmospheric proxies (Planavsky et al., 2014b) indicate that O2 may not have been plentiful

enough to detect over interstellar distances with upcoming and future space-based telescopes

(Krissansen-Totton et al., 2018b; Reinhard et al., 2017). Also, oxygenic photosynthesis is a

complex metabolism that only evolved once on Earth (Fischer et al., 2016), and it is unknown

whether its origin on an exoplanet is likely.

An alternative to looking for any single biogenic gas (e.g., O2, CH4, or N2O), is to look

for chemical disequilibrium, i.e., the long-term coexistence of two or more chemically incom-

patible species (Lovelock, 1965, 1975). On the modern Earth, different metabolisms produce

different waste gases, which have a thermodynamic drive to react over long periods of time.

Thus, incompatible waste gases, or disequilibria, are maintained in Earth’s environment by
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biogenic fluxes. The persistence of CH4 and O2 (which react through a series of intermedi-

ates) in Earth’s modern atmosphere is an example and indicates continuous replenishment

of these gases by biology.

Lovelock (1965) first proposed searching for life on other planets by looking for disequilib-

rium gases in planetary atmospheres, and subsequently Lovelock (1975) attempted to quan-

tify the disequilibrium of Solar System planets. Unfortunately, knowledge of atmospheric

composition of the Solar System planets, and computational methods for thermodynamic

calculations were insufficient at the time for accurate calculations.

Using modern computational techniques and thermodynamics, Krissansen-Totton et al.

(2016) calculated the atmosphere or atmosphere-ocean disequilibrium of several Solar System

planets, Titan, and Earth. They found that Earth’s atmosphere-ocean system has more than

an order of magnitude disequilibrium (in joules per mole of atmosphere) than any other planet

due to biogenic fluxes. They propose high atmosphere-ocean chemical disequilibrium as a

biosignature for exoplanets similar to the modern Earth, with photosynthetic biospheres.

Subsequently, Krissansen-Totton et al. (2018c) used atmospheric proxy and model-based

estimates of Earth’s Archean and Proterozoic atmosphere and ocean to calculate chemical

disequilibrium over Earth history. They showed that disequilibrium rose to its present value

because of atmospheric oxygen released from oxygenic photosynthesis, and N2 put into the

atmosphere from bacterial denitrification (conversion of NOx to N2) which uses organic

carbon from photosynthesis (for further explanation see Section 4.1 in Krissansen-Totton

et al. (2016)).

Despite this prior work, interpretation of disequilibrium as a sign of life is unclear. A

planet without life might have a large disequilibrium of untapped free energy because life

is not consuming it, so disequilibrium in that case is the very opposite of a sign of life: an

anti-biosignature. If chemotrophic life evolves, its metabolism uses environmental free energy

and tends to push environments toward thermodynamic equilibrium. Thus, we expect no

big disequilibrium on a purely chemotrophic world. Finally, the modern state of high dise-

quilibrium is a biosignature, but depends on the presence of a large, oxygenic photosynthetic
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biosphere.

To elucidate these subtleties quantitatively, we use a photochemical model to calculate

the plausible atmosphere-ocean disequilibrium of the prebiotic Earth and then couple the

model to a simple microbial biosphere to investigate the Earth immediately after the origin

of life. We demonstrate that atmosphere-ocean disequilibrium drops when chemotrophic

life appears because such life destroys volcanically generated atmospheric free energy and

can easily catalyze the reactions. However, the mixture of gases from phototrophs is not

all consumed by chemotrophs because of insurmountable activation energy barriers, so this

disequilibrium persists. Our results build upon previous studies (Krissansen-Totton et al.,

2016, 2018c) to provide conservative estimates of chemical disequilibrium through Earth

history by including the Hadean Earth. With our results, we distinguish the general cases

when disequilibrium indicates life versus when disequilibrium is an anti-biosignature.

2.2 Methods

We model the change in atmosphere-ocean chemical disequilibrium between the prebiotic

Earth, and Earth influenced by a chemotrophic ecosystem in two steps. First, we simulate

atmospheric composition using a photochemical model coupled to a microbial biosphere

(in the biotic case), and second, we calculate the atmosphere-ocean disequilibrium of this

simulated atmosphere with multiphase Gibbs energy minimization. The following sections

briefly describe both of these steps, and the Chapter Appendices 2.6.1 and 2.6.2 contain more

detailed methods. The Python, Fortran and MATLAB source code is available on Github

at https://github.com/Nicholaswogan/Wogan_and_Catling_2020.

2.2.1 Modeling the Hadean Atmosphere

For both the prebiotic and biotic atmospheric compositions, we use the 1-D photochemical-

climate code contained within the open source software package Atmos. Atmos is derived

from a model originally developed by the Kasting group (Pavlov et al., 2001), and versions

of this code have been used to simulate the Archean and Proterozoic Earth atmosphere

https://github.com/Nicholaswogan/Wogan_and_Catling_2020
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(Zahnle et al., 2006), Mars (Sholes et al., 2019; Smith et al., 2014; Zahnle et al., 2008), and

exoplanet atmospheres (Arney et al., 2016; Schwieterman et al., 2019). We use Atmos to

model the prebiotic atmosphere and the atmosphere influenced by a chemotrophic ecosystem

by setting lower boundary conditions appropriate to each scenario. Every model run achieves

redox balance (i.e., conservation of chemical oxidants and reductants in the atmosphere) to

better than approximately 0.01% (for an explanation of redox balance see Chapter 8 in

Catling and Kasting (2017)).

Hadean Volcanic Outgassing

Modeling the atmosphere requires estimates of volcanic outgassing fluxes on the Hadean

Earth. These fluxes depend on the redox state of the mantle, which is quantified by the

mantle’s oxygen fugacity (fO2). A more reduced mantle (lower O2 fugacity) expels more

reduced gases (e.g., H2) relative to oxidized gases (e.g., H2O). Recent oxygen fugacity proxies

indicate that Earth’s mantle was more reduced several billion years ago and slowly oxidized

(Aulbach and Stagno, 2016; Nicklas et al., 2019). We linearly extrapolate O2 fugacity data

obtained by Aulbach and Stagno (2016) backward in time to estimate an O2 fugacity of

log10 (fO2) = FMQ − 1.48 at ∼ 4 Ga (Chapter Appendix 2.6.1) to represent mantle redox

state around the time of the origin of life. Here, FMQ is the fayalite-magnetite-quartz buffer

which is a synthetic reference fO2 value at fixed temperature-pressure conditions. Sensitivity

of calculated disequilibrium to fO2 is relatively small. Changing the oxygen fugacity by

1 log unit changes the calculated atmosphere-ocean chemical disequilibrium by a factor of

∼ 2 (Chapter Appendix 2.6.2), which is small compared to other uncertainties in chemical

disequilibrium for an assumed prebiotic Earth at 4 Ga.

Volcanic outgassing in prebiotic times also depends on the total flux of all volcanic gases.

This total depends on the tectonic regime of the ancient Earth, which is debated (Rosas

and Korenaga, 2018). If Earth lacked plate tectonics and was in a “stagnant lid” regime,

then the average heat flux could have been comparable to the modern flux despite a much

warmer interior (Korenaga, 2009). On the other hand, if plate tectonics was active in the
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Hadean, the heat flux on the 4 Ga Earth could have been 5 times higher than today (Sleep

and Zahnle, 2001).

Volcanic outgassing is proportional to the heat flux to a power between 1 and 2. To be

conservative, we take volcanic outgassing proportional to the square of heat flux (Sleep and

Zahnle, 2001), so lower and upper bounds on heat flux suggest volcanic outgassing rates

between 1 and 25 times the modern outgassing rate. We adopt this range here to estimate

total volcanic outgassing fluxes (Fx) of hydrogen, carbon and sulfur at ∼ 4 Ga with the

formulas

Fhydrogen = CFmod
hydrogen (2.1)

Fcarbon = CFmod
carbon (2.2)

Fsulfur = CFmod
suflur (2.3)

Here, Fmod
x is the modern outgassing flux of species x, and C is an outgassing multiplier that

we vary between 1 and 25. Fluxes are calculated in units of molecules cm−2 s−1.

With estimates of O2 fugacity and total outgassing fluxes, we use equilibrium chemistry

of the mantle to calculate plausible outgassing fluxes of individual gases, H2, H2O, CH4,

CO2, CO, H2S, and SO2 for C between 1 and 25. Details of these calculations are in Chapter

Appendix 2.6.1.

Modeling a Prebiotic Atmosphere

We model the Earth’s prebiotic atmosphere for each volcanic outgassing scenario between 1

and 25 times modern outgassing. We use calculated outgassing fluxes of H2, CO, SO2, and

H2S as lower boundary conditions to the Atmos photochemical model. Additionally, we set

a CO deposition velocity to 10−8 cm s−1 to reflect the abiotic uptake of CO by the ocean

(Kharecha et al., 2005). We assume that the abiotic surface flux of CH4 is negligible. This

assumption is supported by a recent work on the abiotic formation CH4 on the modern Earth
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(Fiebig et al., 2019) but is disputed by other studies (Etiope and Sherwood Lollar, 2013).

All other boundary conditions are specified in Chapter Appendix 2.6.2. Given volcanic

outgassing fluxes and other boundary conditions, Atmos calculates the mixing ratios of all

species when the atmosphere is at photochemical equilibrium.

Modeling an Atmosphere Influenced by a Chemotrophic Ecosystem

For each volcanic outgassing scenario, we also model atmospheric composition influenced by

a marine ecosystem of chemotrophic microbes. Our oceanic ecosystem is composed of four

chemotrophic microorganisms with the following metabolisms:

CO2 + 4H2 → CH4 + 2H2O (2.4)

2CH2O → CH3COOH (2.5)

CH3COOH → CH4 + CO2 (2.6)

4CO + 2H2O → 2CO2 + CH3COOH (2.7)

These equations represent the metabolisms of chemosynthetic methanogens (Equation (2.4)),

acetogenic bacteria (Equation (2.5)), acetotrophic methanogens (Equation (2.6)), and CO-

consuming acetogens (Equation (2.7)). We have chosen this ecosystem to represent Earth’s

biosphere after the origin of life and before the origin of photosynthesis. The actual make-

up Earth’s biosphere at this time is unknown, but all organisms in our chosen ecosystem

are phylogenetically ancient and should have preceded photosynthesis (Adam et al., 2018;

Schönheit et al., 2016; Wolfe and Fournier, 2018), so they are a reasonable representation.

We model the impact of these various organism on atmospheric composition by setting

lower boundary conditions in the photochemical model that reflect their metabolisms. This

technique was used by Kharecha et al. (2005), and our ecosystem model is nearly identical

to their “case 2” atmosphere-ecosystem model. The only difference is that the Atmos pho-

tochemical code is an updated version of the one used by Kharecha et al. (2005). Below,
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we briefly describe how the model works, although a more in-depth account can be found

in Kharecha et al. (2005) p. 58-61. Chapter Appendix 2.6.2 contains all the boundary

conditions that are not listed in the main text.

Ground-level H2 was likely much more plentiful than CH4 on the prebiotic Earth because

H2 was produced by mantle-sourced volcanoes, and CH4 was not because it is not thermo-

dynamically favored compared to CO2. When chemotrophic methanogens originated, they

would have converted some of the prebiotic H2 to CH4 through their metabolism, although

the total amount of hydrogen stored in these molecules would not have changed significantly.

In other words, the weighted sum of the ground-level H2 and CH4 mixing ratios on the pre-

biotic Earth (denoted npre
H2

and npre
CH4

, respectively) would have been approximately equal to

the weighted sum of the ground-level H2 and CH4 mixing ratios on the Earth influenced by

methanogens (denoted neco
H2

and neco
CH4

, respectively):

neco
H2

+ 2neco
CH4

≈ npre
H2

+ 2npre
CH4

(2.8)

Equation (2.8) is only approximately valid because burial of organic carbon, which con-

tains hydrogen, would cause neco
H2

+ 2neco
CH4

to be less than npre
H2

+ 2npre
CH4

by no more than

∼ 1%. The precise difference depends on how efficiently organic carbon was buried in the

past. Since this difference is small, we ignore organic carbon is burial, and assume that

acetogenic bacteria and acetotrophic methanogens living in the ocean convert all organic

carbon to methane and carbon dioxide. Our assumptions implicitly include heterotrophs in

the model.

How much of the prebiotic atmospheric H2 was converted to CH4 by methanogens?

Methanogens lived in the ocean, so their consumption or generation of atmospheric H2 and

CH4 was modulated by gas transfer across the atmosphere-ocean interface. We model gas

exchange using a stagnant boundary layer model (Kharecha et al., 2005; Liss and Slater,

1974). Within the ocean, life was probably energy limited, and not nutrient limited (i.e.,

life was not limited by phosphorus or biologically available nitrogen) on Earth before the
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advent of oxygenic photosynthesis (Canfield et al., 2006; Kharecha et al., 2005; Ward et al.,

2019). Therefore, we assume that methanogens consumed H2 and expelled CH4 in the ocean

until they obtain 30 kJ mol−1 from Equation (2.4), which is the approximate Gibbs energy

required to create 1 mol of ATP.

In practice, we simulate methanogens for each outgassing rate with the following steps.

First, we arbitrarily set the ground-level H2 and CH4 mixing ratios in the photochemical

model such that they satisfy Equation (2.8). Second, we run the photochemical model

to retrieve the surface flux of H2 and CH4. Third, we check whether the calculated H2

and CH4 fluxes reflect energy-limited methanogens in an ocean which exchanges gases with

the atmosphere via a stagnant boundary layer. Fourth, if the fluxes do not satisfy this

requirement, then we select new H2 and CH4 mixing ratios which are closer to satisfying

step 3 (which still satisfy Equation (2.8)). We iterate steps 2 through 4 until step 3 is

satisfied.

To simulate CO-consuming acetogens, we set the CO deposition velocity to its maximum

value of 1.2× 10−4 cm s−1. This maximum deposition velocity assumes that acetogens con-

sume CO as soon as it enters the ocean. This assumption is reasonable because an energy

limited chemotrophic biosphere which contains CO consumers should draw CO concentra-

tions to negligible amounts in the ocean (Kharecha et al., 2005; Schwieterman et al., 2019).

The photochemical code calculates the mixing ratio of CO corresponding to the maximum

deposition velocity.

2.2.2 Quantification of Chemical Disequilibrium

For each prebiotic and biotic atmosphere, we calculate the atmosphere-ocean chemical dis-

equilibrium with Gibbs energy minimization, using code described previously (Krissansen-

Totton et al., 2018c). Given the chemical composition of an atmosphere-ocean system, the

code reacts all molecules and atoms to thermodynamic equilibrium. The chemical disequilib-

rium is then defined by the Gibbs free energy difference between the initial and equilibrium

state:
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Φ = G(T,P ) (ninitial)−G(T,P ) (nfinal) (2.9)

Here, Φ is the available Gibbs energy (J/mol atmosphere). The vector containing the abun-

dance of all atmospheric and ocean species is ninitial, while nfinal contains abundances of the

final equilibrium state. The quantification of chemical disequilibrium, Φ, is the maximum

chemical energy that can be extracted from the atmosphere-ocean system that can be used

to do work.

We determined the initial state of the atmosphere using the surface mixing ratios from

the photochemical model (as described in the previous two sections), while the assumed

initial state of the ocean is given in Table 2.1. Unless stated otherwise in Table 2.1, dis-

solved gas abundances were determined with Henry’s law constants derived from NASA’s

thermodynamic database (Burcat and Ruscic, 2005) and SUPCRT database (Johnson et al.,

1992). Additionally, we assumed atmospheric temperature and pressure to be 25◦C and 1

bar respectively. Chemical disequilibrium is fairly insensitive to ocean composition, atmo-

spheric pressure and temperature (Krissansen-Totton et al., 2018c); consequently, order of

magnitude errors in these assumptions will result in a fairly small error (well within a factor

of ∼ 2) in the available Gibbs energy.

2.3 Results

2.3.1 Chemical disequilibrium on the prebiotic and chemotrophic Earth

The modeled mixing ratios of H2, CH4 and CO for both prebiotic and chemotrophic sim-

ulations are shown in Figure 2.1 as a function of the volcanic outgassing multiplier (from

Equations (2.1) - (2.3)). All mixing ratios increase with increased volcanic outgassing, and

CO in the prebiotic atmosphere increases rapidly. This behavior has been observed in other

photochemical modeling studies and has been termed “CO runaway” (Kasting et al., 1983;

Zahnle, 1986). The CO consumers in the chemotrophic model prevent “CO runaway”. Addi-

tionally, > 95% of the H2 present in the prebiotic model is converted to CH4 by methanogens
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Table 2.1: Assumed initial atmosphere-ocean composi-
tion for the prebiotic and biotic early Earth.

Ocean
Species

Molality (mol/kg) Reference/explanation

Na+ 0.586 Charge balance
Cl− 0.545 Modern value
SO2−

4 0 (Crowe et al., 2014)
NH3 6.40× 10−9 Henry’s law from atmospheric NH3

NH+
4 2.9× 10−6 Equilibrium with NH3 and pH

H2S 0 (Krissansen-Totton et al., 2018c)
pH 6.6 (dimensionless) (Krissansen-Totton et al., 2018a)
HCO−

3 0.02674 Equilibrium with CO2 and pH
CO2−

3 8.03× 10−5 Equilibrium with HCO−
3 and pH

Atmospheric
Species

Mixing Ratio Reference/explanation

NH3 10−10 Wolf and Toon (2010). Negligible, so not in
photochemical model

H2O 0.025 Global average value
CO2 0.2 Nominal value (Kadoya et al., 2020;

Krissansen-Totton et al., 2018a)
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Figure 2.1: The mixing ratio of H2, CH4 and CO in the modeled prebiotic and chemotrophic
early Earth atmospheres as a function of volcanic outgassing, relative to modern. Black
lines represent mixing ratios for the prebiotic case. Red lines represent mixing ratios for
the chemotrophic case where we have assumed an energy-limited ocean ecosystem. For both
simulations, we also assume the mixing ratios of N2 and CO2 are 0.75 and 0.2 respectively.
The presence of a chemotrophic biosphere drastically lowers H2 abundances and increases
CH4 abundances due to methanogenesis, and lowers CO abundances because of acetogenesis.

once we implement the chemotrophic model.

Figure 2.2 shows the modeled atmosphere-ocean thermodynamic disequilibrium for the

prebiotic and chemotrophic atmosphere as a function of the volcanic outgassing multiplier.

For all outgassing scenarios, the chemotrophic atmosphere-ocean disequilibrium is lower than

the prebiotic atmosphere-ocean disequilibrium because the biosphere exploits free energy

for metabolism. Additionally, the atmosphere-only disequilibrium is always lower in the

chemotrophic ecosystem than in the prebiotic ecosystem for the same reason.

The following sections explain which species contribute most to the available Gibbs energy

in both the prebiotic and chemotrophic model.
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Figure 2.2: Chemical disequilibrium, as measured by available Gibbs energy, of the prebi-
otic (black lines) and chemotrophic (red lines) Earth as a function of a volcanic outgassing
multiplier, relative to modern. The dotted lines are atmosphere-only Gibbs energy calcula-
tions, and the solid lines are atmosphere-ocean calculations. The presence of a chemotrophic
ecosystem lowers both the atmosphere-ocean and atmosphere-only chemical disequilibrium
by using the free energy for metabolism.
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2.3.2 The prebiotic disequilibrium and the species that contribute to it

The available Gibbs energy of the prebiotic atmosphere-ocean system for modern volcanic

outgassing rates (C = 1) is 62 J/mol of atmosphere (compared to 2326 J/mol for the modern

biotic Earth (Krissansen-Totton et al., 2016)). The largest source of disequilibrium is due to

the coexistence of CO2 and H2 which accounts for ∼ 40 J/mol (65%) of this total available

Gibbs energy. These molecules should react and form CH4 and water vapor in equilibrium:

4H2 + CO2 ↔ CH4 + 2H2O (2.10)

The coexistence of CO and water vapor contributes ∼ 10 J/mol (16%), which is the

second most important contributor to this available Gibbs energy. At equilibrium, H2 and

CO2 will be replaced by CH4 and CO2 from the reaction

4CO + 2H2O ↔ 3CO2 + CH4 (2.11)

Both the H2-CO2 and CO-H2O disequilibrium ultimately come from volcanic outgassing.

Gases were once in equilibrium with magma but have been emitted into a colder environment

of the atmosphere where they are in disequilibrium. For higher outgassing scenarios, the H2-

CO2 and CO-H2O reactions remain the most import contributors to the available Gibbs

energy. Since these reactions are in the gas phase, the atmosphere-only disequilibrium is

nearly as large (∼ 80%) as the atmosphere-ocean disequilibrium for all outgassing rates. For

a possible Hadean outgassing rate of C = 9, Φ is 1555 J/mol.

2.3.3 The chemotrophic disequilibrium and species that contribute to it

The atmosphere-ocean available Gibbs energy of the chemotrophic Earth for modern volcanic

outgassing rates (C = 1) is 30 J/mol. The coexistence of CO2, CH4, N2, and liquid water

contribute ∼ 24 J/mol (80%) to this available Gibbs energy. These four species should react

and deplete 99.9% of atmospheric methane in equilibrium
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5CO2 + 4N2 + 3CH4 + 14H2O ↔ 8NH+
4 + 8HCO−

3 (2.12)

For volcanic outgassing 25 times modern fluxes (C = 25), this reaction accounts for ∼ 273

J/mol (94%) of the available Gibbs energy (290 J/mol), which shows that these species are the

most important for all modeled chemotrophic systems. The atmosphere-only disequilibrium

is always much smaller than the atmosphere-ocean disequilibrium because Equation (2.12)

involves disequilibrium with the liquid water ocean.

The H2-CO2 and CO-H2O disequilibria, which dominate the prebiotic available Gibbs

energy, contribute only ∼ 0.8 J/mol and ∼ 2.4 J/mol, respectively, for modern volcanic

outgassing (C = 1). The minor contribution of these disequilibria persists for all volcanic

outgassing scenarios.

2.3.4 Disequilibrium though Earth history

Figure 2.3 shows our estimates of the evolution of Earth’s atmosphere-ocean and atmosphere-

only disequilibrium through its history. The prebiotic and chemotrophic disequilibrium

ranges are from this study (i.e., Figure 2.2), and the estimates from the late Archean to

the present are from Krissansen-Totton et al. (2018c). Figure 2.3 has a broken axis between

the chemotrophic ecosystem and the Archean because the advent of anoxygenic photosyn-

thesis would have likely influenced how disequilibrium changed between these two eras. Our

modeling does not capture this transition for reasons discussed below.

Like the chemotrophic Earth, the Archean disequilibrium was dominated by the coexis-

tence of CO2, CH4, N2, and liquid water (Krissansen-Totton et al., 2018c). After the Great

Oxidation Event, the magnitude of the available Gibbs energy rose, and was instead domi-

nated by the coexistence O2, N2 and liquid water, which should react to form nitric acid at

equilibrium:

5O2 + 2N2 + 2H2O ↔ 4H+ + 4NO−
3 (2.13)
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Figure 2.3: The chemical disequilibrium of Earth’s atmosphere-ocean system through time.
The shading indicates plausible ranges of atmosphere-ocean disequilibrium during intervals
of Earth’s history based on modeling (this study), and atmospheric proxies and models
(Krissansen-Totton et al., 2018c). The plot is broken between the “chemotrophic ecosystem”
and “Archean” because the advent of anoxygenic photosynthesis would have likely influenced
how disequilibrium changed between these two eras which is uncertain. The dotted line is
the maximum atmosphere-only disequilibrium. Above the plot are the disequilibria (e.g.,
H2-CO2) that contribute most to the atmosphere-ocean available Gibbs energy. Throughout
Earth’s history, disequilibrium fell with the rise of chemotrophic life, and rose after of the
oxygenation of Earth’s atmosphere from oxygenic photosynthesis.
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The magnitude of the O2-N2-H2O disequilibrium increased with the rise of O2 until the

present available Gibbs energy of 2326 J/mol (Krissansen-Totton et al., 2016).

2.4 Discussion

2.4.1 Life’s impact on disequilibria through Earth’s history

Our results show that life has both generated and destroyed chemical disequilibrium in

Earth’s atmosphere-ocean system (Figure 2.3). Pioneering work by Lovelock (1975), which

proposed using disequilibrium as a sign of life, argued that abiotic worlds would be close to

thermodynamic equilibrium. However, this thinking ignored volcanically active planets. We

showed that disequilibrium was likely high (102 to 103 J/mol) in prebiotic times due to the

volcanically produced H2-CO2 and CO-H2O disequilibria.

Subsequently, if the first life was chemotrophic and metabolized H2, CO2, and CO, then

the atmosphere-ocean disequilibrium would have dropped to ∼ 102 J/mol with the rise of

microbial life. This is an example of chemotrophic life destroying the disequilibrium of its

environment and promoting chemical equilibrium on a global scale.

The invention of anoxygenic photosynthesis, which we did not consider, may have added

to the Atmosphere-ocean disequilibrium in the late Archean. Iron oxidizing photosynthesis

is an example:

4Fe2+ + CO2 + 11H2O+ hν → 4Fe(OH)3 + CH2O+ 8H+ (2.14)

The CH2O produced could have been processed by heterotrophs and methanogens yield-

ing CH4, which would have added to the Archean CO2-N2-CH4-H2O disequilibrium without

the need for additional volcanic outgassing (Krissansen-Totton et al., 2018c). Additionally,

the CH2O would also degrade into CO in the ocean, which would have added a small amount

to the CO-H2O disequilibrium (Schwieterman et al., 2019). Figure 2.3 does not explicitly

capture these effects because the evolutionary history of anoxygenic photosynthesis is uncer-

tain, but Archean disequilibrium estimates allow for such photosynthesis (Krissansen-Totton
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et al., 2018c).

Even though the rise of anoxygenic photosynthesis would have added to the late Archean

disequilibrium, overall disequilibrium may have dropped because a lower flux of reductants

would have been available to the biosphere. Before the rise of oxygenic photosynthesis,

which uses ubiquitous water and sunlight, the biosphere is hypothesized to have been proba-

bly limited by the available reductants such as H2, Fe
2+, and CO (Canfield et al., 2006). For

example, H2-using anoxygenic phototrophs (CO2 + 2H2 + hν → CH2O + H2O) were likely

limited by volcanically outgassed H2. Volcanic outgassing of reductants probably declined

from the Hadean to the late Archean as the Earth’s interior cooled. Fewer available reduc-

tants would have lowered biological CH4 production, resulting in smaller disequilibrium in

the late Archean.

The increase of the available Gibbs energy and the rise of the O2-N2-H2O disequilibrium

after the Great Oxidation Event was primarily caused by oxygenic photosynthesis. Atmo-

spheric O2 comes directly from oxygenic photosynthesis, and N2 is generated, in part, from

denitrifying bacteria that are ultimately powered by organic material from photosynthesis.

Disequilibrium increased again to near modern levels with a rise of O2 to near modern levels

through the Neoproterozoic and Paleozoic (Krause et al., 2018).

2.4.2 Why disequilibrium persists in Earth’s atmosphere-ocean system despite the presence

of biology

Chemotrophs consumed a large fraction of Earth’s prebiotic disequilibrium (Figure 2.2), but

microbes left the CO2-N2-CH4-H2O and O2-N2-H2O disequilibrium uneaten in the Archean

and Proterozoic eons and in modern times. Thus, a pertinent question is: Why didn’t

microbes evolve metabolisms to consume the “free lunch” that has persisted in Earth’s

atmosphere?

We propose that this lack of consumption is due to the kinetic barriers of the CO2-N2-

CH4-H2O and O2-N2-H2O reactions, which we hypothesize are insurmountable by enzymes.

To illustrate this idea, consider the disequilibrium of O2-N2-H2O. These species would react
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slowly in the atmosphere in the absence of life via a number of steps:

N2 + 2O → 2NO + 2N

2N + 2O2 → 2NO + 2O

4NO + 2O2 → 4NO2

4NO2 +O2 + 2H2O → 4HNO3

4HNO3 → 4H+ + 4NO−
3

(2.15)

The first two reactions, which make NO, are Zeldovich’s reactions (Dixon-Lewis, 1984)

and require lightning to heat the air to ∼ 20, 000 K (Chameides et al., 1977). The third

reaction occurs very quickly after the NO is generated (Murray, 2016). The final two reactions

are ultimately (partially) responsible for acid rain (Platt, 1986). The rate limiting step to

the net reaction is the first one, which has an activation energy of 316 kJ/mol (Dixon-Lewis,

1984). We take this to be a lower bound on the uncatalyzed activation energy of reacting

O2, N2 and H2O. This must be a lower bound because the rate limiting step requires the

presence of atomic oxygen, which could only have come from splitting O2 with additional

energy.

Life harnesses the free energy of disequilibria by lowering activation energy barriers with

enzymes. Figure 2.4a is a classic textbook graph of free energy during an exothermic chemical

reaction. Uncatalyzed reactions can only occur if a relatively large activation energy barrier

is overcome. Therefore, many uncatalyzed reactions (between disequilibria) occur extremely

slowly because ambient thermal energy is insufficient. Microbes tap into the free energy

stored in disequilibria by using enzymes to lower activation energy barriers to levels where

thermal energy allows reactions to proceed at appreciable rates.

Figure 2.4b compares the uncatalyzed activation energy of O2-N2-H2O to the uncatalyzed

activation energy (blue bars) of reactions that enzymes lower to ∼ 30 to 60 kJ/mol, which

allow reactions to proceed at normal temperatures. The reaction between O2, N2, and

H2O, which is not performed by life, has an activation energy that is higher than all other
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Figure 2.4: (a) Schematic of free energy during a chemical reaction. (b) The activation energy
of several uncatalyzed reactions (blue), and reactions catalyzed by enzymes (orange). The
lower bound for the uncatalyzed activation energy of O2-N2-H2O (a reaction that life doesn’t
perform) is from Dixon-Lewis (1984), and the activation energy of nitrogen fixation is from
a number of references (Andersen and Shanmugam, 1977; Hageman and Burris, 1980) (see
Chapter Appendix 2.6.3 for a summary of our literature search of nitrogen fixation kinetics).
The rest of the activation energies are from Table 4 in Wolfenden (2006). The uncatalyzed
activation energy of O2-N2-H2O is notably larger than the uncatalyzed activation energy
of reactions that life manages to perform, which we hypothesize explains why no life has
evolved that can exploit the O2-N2-H2O disequilibrium.
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uncatalyzed reactions. This suggests that Reaction (2.13) is not amenable to biological

catalysis. The activation energy of O2-N2-H2O is probably high because it involves breaking

the triple bond in N ≡ N by oxidation. The reaction between CO2, N2, CH4, and H2O

(Equation (2.12)) also involves breaking an N2 bond, so it potentially has an activation

energy comparable to Reaction (2.13) (> 300 kJ/mol).

Nitrogen fixing bacteria are the only organisms that break N ≡ N bonds by chemical re-

duction with the aid of the nitrogenase enzyme. The literature suggests that the uncatalyzed

activation energy of nitrogen fixation by reduction is ∼ 200 kJ/mol (Hageman and Burris,

1980), which is < 63% of the uncatalyzed activation energy of Reaction (2.13). These differ-

ing energy barriers might explain why biology has managed to catalyze nitrogen fixation by

reduction of N2 but not by direct oxidation of N2.

In summary, we speculate that life has not evolved to consume the CO2-N2-CH4-H2O

and O2-N2-H2O disequilibrium because these reactions are kinetically insurmountable for

biology. We hypothesize that these reactions will be biochemically prohibited elsewhere on

Earth-like exoplanets, which is a testable hypothesis (Section 2.4.4).

2.4.3 Chemical disequilibrium as a biosignature or anti-biosignature

Throughout Earth’s history, the available Gibbs energy of the atmosphere-ocean system

varied substantially (Figure 2.3), and there is no one-to-one relationship between the mag-

nitude of Gibbs energy and the presence of life. In both prebiotic and modern times, the

atmosphere-ocean disequilibrium was relatively large (∼ 1000s J/mol), so high disequilib-

rium alone is not a reliable sign of life. Lower disequilibrium (∼ 100s) is also an ambiguous

biosignature on its own because there were large spans of Earth’s inhabited history when dis-

equilibrium was comparable to the available Gibbs energy of Mars’ atmosphere (136 J/mol)

(Krissansen-Totton et al., 2016).

However, disequilibrium is useful to determine the presence or absence of life if you know

which particular species are responsible for the disequilibrium. The species causing the pre-

biotic and modern disequilibrium are different even though the magnitude of disequilibrium
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is similar. Before life appeared, atmospheric disequilibrium was dominated by H2-CO2, and

CO-H2O, while today the most important disequilibrium is O2-N2-H2O.

Thus, biosignatures and anti-biosignatures arise from looking at both the magnitude

of disequilibrium and how “edible” the disequilibrium gas mixture is, where “edibility” is

associated with a low activation energy. An atmosphere-ocean with “edible” disequilibrium

is an anti-biosignature because it is a sign that life is not consuming disequilibria that has

kinetic barriers that are easily biologically surmountable (Table 2.2). One example is the

prebiotic Earth, which likely had large amounts of “edible” free energy from the H2-CO2

and CO-H2O disequilibria. If chemotrophs were present, these “edible” disequilibria would

mostly be destroyed.

A separate example of an anti-biosignature is Mars’ atmosphere, which has a fairly large

available Gibbs energy (∼ 136 J/mol) mostly because of photochemically produced CO and

O2 (Krissansen-Totton et al., 2016). This free energy could be consumed by aerobic carboxy-

dotrophic organisms (Sholes et al., 2019). If a substantial biosphere were present, then it

would consume this “edible” free lunch because a known enzyme (aerobic CO dehydrogenase)

makes CO readily consumable with an activation energy ranging ∼ 20 to 95 kJ/mol (King,

2013; Xie et al., 2009). Strictly speaking, then, an anti-biosignature provides an upper limit

on biomass (Sholes et al., 2019).

An atmosphere-ocean with primarily “inedible” disequilibrium (with an insurmountable

activation energy barrier) is a biosignature (top right of Table 2.2). In this case, chemotrophs

have consumed most of the “edible” free energy produced by geology or photosynthesis (if

present) and have left “inedible” redox couples untouched. Some small amount of “edible”

disequilibrium will always remain, because gas fluxes from the atmosphere into habitable

bodies of water will be limited by the water boundary layer (Liss and Slater, 1974). The

magnitude of the “inedible” disequilibrium should be larger if phototrophs are present. While

life has been present on Earth, the coexistence of “inedible” CO2-N2-CH4-H2O or O2-N2-H2O

has persisted in Earth’s atmosphere-ocean system (Figure 2.3), and “edible” disequilibrium

has been absent because of chemotrophs.
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Table 2.2: Chemical disequilibrium as a biosignature and
anti-biosignature.

Primarily “edible” disequilibria
(low activation energy)

Primarily “inedible” disequilibria
(high activation energy)

Atmosphere-
ocean in

disequilibrium

Anti-biosignature Biosignature
The presence of uneaten ”edible”

food should be consumed by
biology.

Life has consumed most of the
”edible” food produced by

geology and photosynthetic life
(if present) and has left the

”inedible” food untouched. The
magnitude of the ”inedible”

disequilibrium should be larger if
phototrophs are present, and

smaller if only chemotrophs are
present.

Atmosphere-
ocean near
equilibrium

Anti-biosignature
Although chemotrophic life destroys disequilibrium, it is unlikely

to drive a system to complete thermodynamic equilibrium.
Chemotrophic metabolisms produce waste gases that are

”inedible,” so they leave some fraction of a planet’s disequilibrium
unconsumed. Therefore, a planet near equilibrium instead will be

characterized by small abiotic disequilibrium resulting from
photochemistry or small volcanic fluxes, if volcanism is present.
The planet is very likely uninhabited although an extremely

meager, undetectable biosphere cannot be excluded.



32

A planet very near thermodynamic equilibrium most likely does not have life (lower row

of Table 2.2). Although chemotrophs destroy disequilibrium, they did not drive Earth’s

atmosphere-ocean system to complete equilibrium in the Archean. Chemotrophs on Earth

produce waste gas such as CH4 (Equation (2.4)) that ultimately contribute to disequilibria

and therefore life is unable to destroy all atmospheric disequilibrium.

The difference between the upper left and lower row of Table 2.2 is a question of degree.

The upper left represents an anti-biosignature applicable to a large disequilibrium, such as

prebiotic Earth ∼ 103 J/mol or of modern Mars ∼ 102 J/mol. In contrast, the lower row of

Table 2.2 is applicable to a planet such as Venus, where the near-surface temperature drives

the atmosphere very close to equilibrium with a disequilibrium of 0.06 J/mol (Krissansen-

Totton et al., 2016). Also in this category are giant planets, such as Jupiter, where deep

convective mixing produces a gas mixture very near chemical equilibrium (∼ 0.001 and the

small disequilibrium is purely photochemical.)

Some biospheres that are nutrient-limited (e.g., limited by fixed N or P) may not follow

Table 2.2. For example, a nutrient-limited chemotrophic biosphere may not be able to con-

sume all of the “edible” disequilibrium in the atmosphere. In this case, sizable “edible” dise-

quilibrium might coexist with life, which contradicts the upper-left panel of Table 2.2. Most

literature has argued that the pre-photosynthetic Earth was probably energy-limited (not

nutrient-limited) (Canfield et al., 2006; Kharecha et al., 2005; Ward et al., 2019), therefore

it might be reasonable to expect other purely chemotrophic biospheres to be energy-limited.

There are some cases where even a productive biosphere can coexist with edible atmo-

spheric disequilibrium. This is because there are limits to how quickly gases can be trans-

ported from the atmosphere, into the ocean where they can be consumed by life (Kharecha

et al., 2005). For example, consider a planet with a very large volcanic CO flux (e.g. 100×

modern). CO could build up in this planet’s atmosphere even if CO consumers were present

in an ocean, because CO transport from the atmosphere to the ocean would not be sufficient

to maintain low atmospheric CO (Schwieterman et al., 2019). While coexistence of produc-

tive biospheres and edible disequilibrium is conceivable, it might be unlikely on exoplanets,
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given that it probably did not occur during all of Earth’s history (Figure 2.3).

These aforementioned caveats to Table 2.2 highlights the importance of inferring fluxes

of gases to further evaluate disequilibrium biosignatures (Krissansen-Totton et al., 2018c;

Simoncini et al., 2013). The indicator of biology is a surface flux of gases not explained by

geology, although the atmospheric composition resulting from a biological flux depends on

many factors like the host star’s spectrum, or volcanic outgassing rates (Segura et al., 2005).

Therefore, it makes sense to infer surface fluxes of disequilibrium gases and then compare

inferred fluxes to dead processes. Fluxes unexplained by dead processes are evidence for life.

Detailed consideration of fluxes is beyond the scope of this paper.

2.4.4 Detecting the prebiotic Earth disequilibrium anti-biosignature

The prebiotic disequilibrium anti-biosignature is, in principle, remotely detectable on exo-

planets. Strong spectral signatures of atmospheric CO2, CO and H2O exist, and could be

detected with reflectance or transmission spectroscopy (see Table 3 in Catling et al. (2018)).

The presence of prebiotic H2 could be inferred with its spectral feature at 2.12 µm, or its con-

tinuous features in the near-infrared and < 0.08 µm. H2 could also be detected by combining

several spectral methods. Ultraviolet transmission spectroscopy can be used to observe hy-

drogen escape because hydrogen absorbs stellar Lyman-alpha. This has been done for warm

Neptunes (Ehrenreich et al., 2015), and could be done for Earth sized planets with future

telescopes (Fujii et al., 2018). If CH4 and stratospheric H2O were ruled out with transmission

spectroscopy, then the hydrogen escape must result from H2 in the atmosphere.

2.5 Conclusions

Given our current knowledge of photochemistry and Earth’s Hadean atmosphere, we calcu-

late that Earth’s prebiotic atmosphere was in thermodynamic chemical disequilibrium due

primarily to volcanic outgassing, and that the advent of chemosynthetic life destroyed much

of this disequilibrium through its metabolism. Subsequently, disequilibrium rose for the rest

of Earth’s history primarily because oxygenic photosynthesis maintained high O2 and N2
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levels, directly and indirectly, respectively.

In the prebiotic era, volcanically produced H2-CO2 and CO-H2O were the largest contrib-

utors to the atmosphere-ocean available Gibbs energy. After the origin of life, chemotrophs

consumed most of the prebiotic free energy, although the atmosphere-ocean system remained

in disequilibrium because of biological waste gases: CO2, CH4, N2 and liquid water. After the

Great Oxidation Event, the magnitude of the available Gibbs energy rose, and was instead

dominated by O2, N2 and liquid water.

Earth’s history reveals a different relationship between life and atmospheric chemical

disequilibrium than was first proposed by Lovelock (1965). Lovelock (1965) argued that

planets with life should be in disequilibrium and that dead worlds should be near equilibrium,

although we have shown that this was not true and was subtler for the first billion years of

Earth history.

We suggest that chemotrophs never evolved to consume the CO2-N2-CH4-H2O disequi-

librium prior to atmospheric oxygenation and O2-N2-H2O disequilibrium after oxygenation

because the reaction of these groups of species has insurmountable activation energy barriers.

In contrast, the reactions between H2 and CO2 or CO and H2O have activation energy bar-

riers that can be lowered by enzymes, so that these redox couples readily support microbial

metabolisms.

The large prebiotic “edible” disequilibrium between H2 and CO2 or CO and H2O is

therefore an anti-biosignature because these easily metabolized species should be consumed

by chemotrophs. A planet that is dominated by “inedible” disequilibria such as CO2-N2-

CH4-H2O or O2-N2-H2O has signs of biology because these disequilibria show that life has

consumed most the “edible” food produced by abiotic processes and has created “inedible”

disequilibria with continuous fluxes of waste gases.

The mere detection of “edible” or “inedible” disequilibria is not a definitive sign of the

presence or absence of life. A full evaluation of disequilibria would compare inferred surface

fluxes of disequilibrium gases to plausible abiotic surface fluxes, which is further work beyond

the focus of the present paper.
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2.6 Chapter Appendix

2.6.1 Volcanic outgassing fluxes

One input for the model of photochemistry coupled to a microbial ecosystem is the flux of

volcanic outgassing. Here we describe how plausible prebiotic volcanic fluxes are calculated.

We assume that gases emitted by a volcanic melt achieve thermodynamic equilibrium.

The reactions governing equilibrium of volcanic gases are

H2O ↔ H2 +
1

2
O2 (2.16)

CO2 ↔ CO+
1

2
O2 (2.17)

CO2 + 2H2O ↔ CH4 + 2O2 (2.18)

SO2 +H2O ↔ H2S +
3

2
O2 (2.19)

At equilibrium, the ratios of the fugacities of volatile species (denoted fx) are related

to the equilibrium constant corresponding to each chemical reaction. The fugacities of each

species are well approximated by magma chamber partial pressures (denoted Px) because we

consider low pressures and high temperatures (5 bar and 1473 K, following Holland (1984)),

so non-ideal corrections can be ignored.

K1 =
fH2f

0.5
O2

fH2O

=
PH2f

0.5
O2

PH2O

(2.20)

K2 =
fCOf

0.5
O2

fCO2

=
PCOf

0.5
O2

PCO2

(2.21)

K3 =
fCH4f

2
O2

fCO2f
2
H2O

=
PCH4f

2
O2

PCO2P
2
H2O

(2.22)

K4 =
fH2Sf

1.5
O2

fSO2fH2O

=
PH2Sf

1.5
O2

PSO2PH2O

(2.23)
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Figure 2.5: Weighted linear fit of mantle redox proxies from Aulbach and Stagno (2016). At
4 Ga, the linear fit predicts log10 (fO2) = FMQ− 1.48.

We calculate equilibrium constants for temperature T = 1473 K using the NASA thermo-

dynamic database (Burcat and Ruscic, 2005). Additionally, we estimate the oxygen fugacity

(fO2) of prebiotic volcanic gases by a linear regression through data obtained from Aulbach

and Stagno (2016) (Figure 2.5). We take log10 (fO2) = FMQ − 1.48 at 4.0 Ga as a prebi-

otic value. At the temperatures and pressures we consider (T = 1473 K and P = 5 bar),

log10 (FMQ) = −8.47, our Gibbs energy calculations are fairly insensitive to the chosen oxy-

gen fugacity at 4 Ga. Changing the oxygen fugacity by 1 log unit changes our calculated

Gibbs energy results by a factor of ∼ 2 (See Chapter Appendix 2.6.2).

We also assume that the ratio of carbon to hydrogen (χC), and sulfur to hydrogen (χS) in

volcanic gases has remained constant through Earth’s history. This is a reasonable assump-

tion because these ratios depend most on the pressure of degassing (Gaillard and Scaillet,

2014), i.e., the atmospheric pressure into which the gases are released, and atmospheric pres-

sure has probably has not changed by orders of magnitude over Earth’s history (Som et al.,

2012).
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Table 2.3: Modern mantle-sourced volcanic outgassing fluxes and ratios

Modern Volcanic Fluxes (Tmol
yr

) Total Modern Fluxes (Tmol
yr

) Ratios

CO2 H2O SO2 H2 CO CH4 H2S Fmod
hydrogen Fmod

carbon Fmod
sulfur χC χS

8.5 95 1.8 2.0 0.25 0 0.03 97.03 8.75 1.83 0.090 0.019
Note - Fluxes of CO2, H2O, SO2, and H2S are from Catling and Kasting (2017) p. 203 and
p. 212. Fluxes of H2, CO, and CH4 are calculated using equilibrium (e.g., Equation (2.20)
with Equation (2.29)) and assuming T = 1473 K, P = 5 bar, and log10 (fO2) = FMQ. The
total modern fluxes (Fmod

x ), and ratios χC and χS are calculated using the modern
outgassing fluxes. Methods for this calculation are detailed in the text.

PCO2 + PCO + PCH4

PH2 + PH2O + 2PCH4 + PH2S

= χC (2.24)

PH2S + PSO2

PH2 + PH2O + 2PCH4 + PH2S

= χS (2.25)

We calculate χC and χS using modern values of total volcanic outgassing which we take

from Catling and Kasting (2017), Chapter 7 (their Table 7.1). The total fluxes of hydrogen,

carbon and sulfur are given by summing all species weighted by the number of atoms each

species contains (e.g. FH2 + FH2O + 2FCH4 + FH2S = Fmod
hydrogen). The ratios of total fluxes are

then calculated in the following way:

χC =
Fmod
carbon

Fmod
hydrogen

(2.26)

χS =
Fmod
sulfur

Fmod
hydrogen

(2.27)

Modern fluxes, and ratios are given in Table 2.3. We also assume that the partial pressures

sum to the magma chamber total pressure:

PH2 + PH2O + PCH4 + PH2S + PSO2 + PCO2 + PCO = P (2.28)

Equations (2.20) - (2.25) and (2.28) are a system of 7 equations with 7 unknown partial
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pressures (PH2 , PH2O, etc.), which can be solved with some algebraic manipulation.

With the partial pressures in hand, we can calculate plausible prebiotic volcanic out-

gassing fluxes with another system of equations:

FH2

FH2O

=
PH2

PH2O

(2.29)

FCO

FCO2

=
PCO

PCO2

(2.30)

FCH4

FCO2

=
PCH4

PCO2

(2.31)

FH2S

FSO2

=
PH2S

PSO2

(2.32)

FH2 + FH2O + 2FCH4 + FH2S = Fhydrogen (2.33)

FCO2 + FCO + FCH4 = Fcarbon (2.34)

FSO2 + FH2S = Fsulfur (2.35)

The first four equations come from assuming that ratios between volcanic fluxes are equal to

the corresponding ratios of the partial pressures. The final three equations are sums of the

total hydrogen, carbon and sulfur fluxes weighted by the number of atoms in each species.

The total flux of each species (e.g. Fhydrogen) on the prebiotic Earth is uncertain and

depends on the tectonic regime and its association with outgassing. If the Earth lacked plate

tectonics and was in a “stagnant lid” regime, then heat fluxes could have been the same

as modern fluxes despite a much warmer mantle (Korenaga, 2009). On the other hand, if

plate tectonics or some similar precursor was active in the Hadean, heat fluxes on the 4 Ga

Earth could have been 5 times higher than today’s fluxes (Sleep and Zahnle, 2001). Volcanic

outgassing can be related to heat flow with a power law.

Fx = Fmod
x Qn (2.36)

Here, Q is heat flow normalized to present, Fx is the outgassing flux of species x, and n is
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between 1 and 2 (Krissansen-Totton et al., 2018a). Taking 5 and 1 for upper and lower bounds

for heat flow (Q) at 4 Ga, respectively, and conservatively taking n = 2 gives outgassing rates

between 1 and 25 times modern outgassing rates. We adopt this large range here to calculate

Fhydrogen, Fcarbon, and Fsulfur:

Fhydrogen = CFmod
hydrogen (2.37)

Fcarbon = CFmod
carbon (2.38)

Fsulfur = CFmod
sulfur (2.39)

Here, C is the outgassing multiplier, which we vary between 1 and 25 to capture the most

likely outgassing scenarios on the prebiotic Earth. Equations (2.29) - (2.35) are a system of

7 linear equations with 7 unknown volcanic fluxes (e.g. FH2), which can be reorganized and

solved with matrix inversion. We solve this system for outgassing parameters (C) between

1 and 25, which yields a range of outgassing fluxes for each of each of the 7 species.

2.6.2 Photochemical modeling and Gibbs energy minimization

Photochemical modeling

Table 2.4 and Table 2.5 contains most of the boundary conditions used for modeling the pre-

biotic and chemosynthetic atmospheres respectively with the Atmos photochemical model.

All species that are not listed in Table 2.4 and Table 2.5 that are in the Atmos code, have

deposition velocities set to zero.

Photochemistry depends on the temperature and H2O mixing ratio in the atmosphere

(Figure 2.6). We acquire temperature and H2O profiles by coupling the Atmos photochemical

code with the Atmos 1-D radiative-convective climate model. This is done by running the

photochemical code, then using its output as input for the climate model. The temperature

and H2O output of the climate model is then used as input for the photochemical code.
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Table 2.4: Prebiotic boundary conditions.

Chemical
Species

Deposition Velocity
(cm s−1)

Mixing Ratio Flux (molecules
cm−2 s−1)

O 1.0 - -
O2 1.4× 10−4 - -
H2O 0.0 - -
H 1.0 - -
OH 1.0 - -
HO2 1.0 - -
H2O2 2.0× 10−1 - -
H2 0.0 - variable
CO 10−8 - variable
HCO 1.0 - -
H2CO 2.0× 10−1 - -
CH4 0.0 - 0.0
CH3 1.0 - -
C2H6 0.0 - -
NO 3.0× 10−4 - -
NO2 3.0× 10−3 - -
HNO 1.0 - -
O3 7.0× 10−2 - -
HNO3 2.0× 10−1 - -
H2S 2.0× 10−2 - variable
SO3 0.0 - -
S2 0.0 - -
HSO 1.0 - -
H2SO4 1.0 - -
SO2 1.0 - variable
SO 0.0 - -
H2SO4 aerosol 10−2 - -
S8 aerosol 10−2 - -
hydrocarbon
aerosol

10−2 - -

CO2 - 2.0× 10−1 -
Note - Deposition velocities follow those used by Kharecha et al. (2005) and Schwieterman
et al. (2019). All species in the photochemical model not listed here have zero deposition
velocities. We assume that N2 is a filler gas.
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Table 2.5: Boundary conditions for the chemotrophic
ecosystem model.

Chemical
Species

Deposition Velocity
(cm s−1)

Mixing Ratio Flux (molecules
cm−2 s−1)

O 1.0 - -
O2 1.4× 10−4 - -
H2O 0.0 - -
H 1.0 - -
OH 1.0 - -
HO2 1.0 - -
H2O2 2.0× 10−1 - -
H2 - variable -
CO 1.2× 10−4 - variable
HCO 1.0 - -
H2CO 2.0× 10−1 - -
CH4 - variable -
CH3 1.0 - -
C2H6 0.0 - -
NO 3.0× 10−4 - -
NO2 3.0× 10−3 - -
HNO 1.0 - -
O3 7.0× 10−2 - -
HNO3 2.0× 10−1 - -
H2S 2.0× 10−2 - variable
SO3 0.0 - -
S2 0.0 - -
HSO 1.0 - -
H2SO4 1.0 - -
SO2 1.0 - variable
SO 0.0 - -
H2SO4 aerosol 10−2 - -
S8 aerosol 10−2 - -
hydrocarbon
aerosol

10−2 - -

CO2 - 2.0× 10−1 -
Note - Deposition velocities follow those used by Kharecha et al. (2005) and Schwieterman
et al. (2019). All species in the photochemical model not listed here have zero deposition
velocities. We assume that N2 is a filler gas.
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Figure 2.6: (a) Temperature profile and (b) H2O profile used for every simulation in this
study.

This coupling is continued until convergence is reached. We only couple the photochemical-

climate code for the lowest volcanic outgassing scenario (C = 1) in the prebiotic case and

use the resulting H2O and temperature profiles for all simulations. Using the climate code

for each simulation independently did not change the results significantly. The temperature

and H2O profile used in this study is shown in Figure 2.6.

Currently, the open-source version of Atmos has several rate constants which are inappro-

priately “zeroed.” We updated these rate constants to their proper values following Harman

et al. (2015). Table 2.6 shows a list of the updated rate constants.

All of our models include the modern production rate of NO from lightning, although
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Table 2.6: Updated reaction rates for Atmos.

Rx # Reaction Rate (s−1)
61 3CH2 +H2 → CH3 +H 5× 10−14

62 3CH2 + CH4 → CH3 + CH3 6.1× 1012 exp
(−5051

T

)
116 SO + HO2 → SO2 +OH 2.8× 10−11

123 HSO3 +OH → H2O+ SO3 10−11

124 HSO2 +H → H2 + SO3 10−11

125 HSO2 +O → OH+ SO3 10−11

130 HS + O2 → OH+ SO 4× 10−19

143 HS + H2CO → H2S + HCO 1.7× 10−11 exp
(−800

T

)
163 SO2 +HO2 → SO3 +OH 10−18

169 S + CO2 → SO + CO 10−20

170 SO + HO2 → HSO +O2 2.8× 10−11

174 HSO + NO → HNO+ SO 10−15

Note - All updated reaction rates are taken from Harman et al. (2015). Harman et al.
(2015) incorrectly lists the rate for Rx #169. Here, T is temperature in Kelvin.

this does not affect our results significantly. Every simulation uses the Sun’s spectrum at 4

Ga calculated using the “Youngsun” routine (Claire et al., 2012).

Chemical disequilibrium calculation with Gibbs energy minimization

For each modeled prebiotic and biotic atmosphere, we calculate the atmosphere-ocean chem-

ical disequilibrium with Gibbs energy minimization. Figure 2.7 and Figure 2.8 illustrate

this calculation for the lowest volcanic outgassing scenario (outgassing multiplicative factor

C = 1) for the prebiotic and biotic Earth respectively. For both figures, the blue bars are

the initial or observed concentration of the atmosphere that we generated with the Atmos

photochemical code. The red bars are the concentrations for the atmosphere-ocean system

at chemical equilibrium.

The chemical reactions that contribute most to the chemical disequilibrium are apparent

in Figure 2.7 and Figure 2.8. The main disequilibria in the prebiotic atmosphere are H2-CO2

and CO-H2O. Figure 2.7 shows that the atmosphere at equilibrium has much less H2 and
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Figure 2.7: Atmosphere-ocean disequilibrium calculation for the prebiotic Earth (minimum
outgassing scenario). Blue bars show the modeled atmosphere and ocean composition. Red
bars show what happens to the species when thermodynamic equilibrium is imposed. (a)
Shows all gas phase species, whereas (b) shows all aqueous species.

CO than the initial state. Additionally, the chemotrophic Earth’s main disequilibrium was

CO2-N2-CH4-H2O, which can be seen in Figure 2.8 because the equilibrium state has much

less CH4 than the initial state.

Sensitivity of chemical disequilibrium calculations to oxygen fugacity

Figure 2.9 shows that chemical disequilibrium is fairly insensitive to the mantle oxygen

fugacity. Chemical disequilibrium, as measured by Gibbs energy, is plotted for the lowest

volcanic outgassing scenario (C = 1) as a function of oxygen fugacity. Changing the oxygen

fugacity by 1 log unit changes the calculated Gibbs energy results by a factor of ∼ 2 (Figure

2.9). This effect is small compared to the uncertainty in volcanic outgassing rates, so it

seems reasonable to ignore it.
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Figure 2.8: Atmosphere-ocean disequilibrium calculation for the chemotrophic Earth (mini-
mum outgassing scenario). Blue bars show the modeled atmosphere and ocean composition.
Red bars show what happens to the species when thermodynamic equilibrium is imposed.
(a) Shows all gas phase species, whereas (b) shows all aqueous species.
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Figure 2.9: The effect of oxygen fugacity on the calculated available Gibbs energy for a
volcanic outgassing coefficient for prebiotic Earth and after the advent of a chemotrophic
biosphere. A change in 1 log unit in oxygen fugacity changes the calculated available Gibbs
energy by a factor of ∼ 2.

2.6.3 Uncatalyzed activation energy of nitrogen fixation

We suggest that life did not evolve to consume the O2-N2-H2O and CO2-N2-CH4-H2O dis-

equilibria because reactions of gases in these disequilibria have biologically insurmountable

kinetic barriers. To substantiate this argument, we compare the uncatalyzed activation en-

ergy of O2-N2-H2O (> 316 kJ/mol) to the uncatalyzed activation energy of nitrogen fixation

reduction, because nitrogen fixation by reduction is arguably the most kinetically difficult re-

action that biology has managed to catalyze. The net nitrogen fixation by reduction reaction

is

3H2 +H2 → 2NH3 (2.40)

Table 2.7 summarizes literature data on the uncatalyzed activation energy of this reaction.

Estimates range from 150 kJ/mol to 200 kJ/mol, although we plot the 200 kJ/mol value in

Figure 2.4b.
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Table 2.7: Literature values for the activation energy of
nitrogen fixation by chemical reduction.

Catalytic
process

Activation
Energy
(kJ/mol)

Reference Comments

With no
catalyst

200 Gutschick
(1982), p. 137

This is the Gibbs energy difference
between H2 and N2 and the molecule
N2H2 in the gas phase. N2H2 is not a
step in nitrogen fixation, so this may be
artificial.

150 Hageman and
Burris (1980),
p. 281 - 282

This is the Gibbs energy difference
between H2 and N2 and the molecule
N2H2 in the aqueous phase.

150 Ljones (1979) They claim that the activation can be
understood by the reaction of H2 and N2

to N2H2.

With
enzyme

30 Andersen and
Shanmugam
(1977)

Between temperatures 20 and 35 ◦C in
vivo.

60 Hardy et al.
(1968)

Between temperatures 20 and 35 ◦C in
vivo.

61 Burns (1969) Above 21 ◦C
163 Burns (1969) Below 21 ◦C

With non-
biological
catalyst

103 Appl (1999) On an iron surface.
27 - 60 Dahl et al.

(2000)
Activation energy of N2 dissociation on
Ru catalyst.

131 Dahl et al.
(2000)

Calculations of N2 dissociation on Ru
catalyst.

101 Dahl et al.
(2000)

Supersonic molecular beam experiments.

100 - 200 Dahl et al.
(2000)

Ammonia synthesis over stepped Ru
catalyst.
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Chapter 3

THE LIKELIHOOD OF CH4+CO2 BIOSIGNATURE FALSE
POSITIVES FROM VOLCANISM

“Life is the hypothesis of last resort.” - Sagan et al. (1993)
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This chapter was originally published in collaboration with Joshua Krissansen-Totton and

David C. Catling in the Planetary Science Journal (Wogan et al., 2020b), and is reproduced

below with the permission of the journal.

Summary

The disequilibrium combination of abundant methane and carbon dioxide has been proposed

as a promising exoplanet biosignature that is readily detectable with upcoming telescopes

such as the James Webb Space Telescope. However, few studies have explored the possi-

bility of non-biological CH4 and CO2 and related contextual clues. Here, we investigate

whether magmatic volcanic outgassing on terrestrial planets can produce atmospheric CH4

and CO2 with a thermodynamic model. Our model suggests that volcanoes are unlikely

to produce CH4 fluxes comparable to biological fluxes. Improbable cases where volcanoes

produce biological amounts of CH4 also produce ample carbon monoxide. We show, using

a photochemical model, that high abiotic CH4 abundances produced by volcanoes would be

accompanied by high CO abundances, which could be a detectable false positive diagnos-

tic. Overall, when considering known mechanisms for generating abiotic CH4 on terrestrial

planets, we conclude that observations of atmospheric CH4 with CO2 are difficult to explain

without the presence of biology when the CH4 abundance implies a surface flux comparable

to modern Earth’s biological CH4 flux. A small or negligible CO abundance strengthens

the CH4+CO2 biosignature because life readily consumes atmospheric CO, while reducing

volcanic gases likely cause CO to build up in a planet’s atmosphere. Furthermore, the diffi-

culty of volcanically-generated CH4-rich atmospheres suitable for an origin of life may favor

alternatives such as impact-induced reducing atmospheres.

3.1 Introduction

Large telescopes will soon be used to search for biogenic waste gases in exoplanet atmo-

spheres. Oxygen is the most extensively studied biosignature gas (Meadows, 2017; Meadows

et al., 2018). Although many studies have proposed ways of identifying scenarios where
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non-living processes might mimic life by producing oxygen, i.e. false positives (Domagal-

Goldman et al., 2014; Harman et al., 2015; Luger and Barnes, 2015; Schwieterman et al.,

2019; Tian et al., 2014; Wordsworth and Pierrehumbert, 2014), the circumstances are unusual

and contextual clues can distinguish abiotic scenarios (Meadows et al., 2018).

However, even when life is present, oxygen biosignatures may be uncommon. Oxygenic

photosynthesis is a complex metabolism that only evolved once on Earth (Fischer et al.,

2016). Additionally, oxygen was slow to accumulate in the Earth’s atmosphere (Lyons et al.,

2014), and other planets may have low O2 concentrations for billions of years despite having

oxygenic photosynthetic life if there are large oxygen sinks (Claire et al., 2006). Accumulation

of oxygen may be especially challenging on planets orbiting M-dwarf stars due to their low

visible photon flux, which potentially limits primary production (Lehmer et al., 2018).

One alternative to detecting oxygen-rich planets like the modern Earth is to look for

methane on planets like the Archean Earth. Before the rise of oxygen, methanogenic life could

have sustained a methane-rich atmosphere, which could be detected with remote spectroscopy

(Kasting and Catling, 2003; Schindler and Kasting, 2000).

Recently, Krissansen-Totton et al. (2018c) proposed a criterion for methane biosignatures:

finding abundant CH4 in the presence of CO2 (abbreviated CH4+CO2). This combination

is compelling if the CH4 mixing ratio is greater than 0.1% because it is difficult to explain

such an abundance with the short atmospheric lifetime of CH4 in terrestrial atmospheres and

non-biological methane sources such as serpentinization (Krissansen-Totton et al., 2018c).

This 0.1% threshold value is for planets that orbit stars like the Sun and must be adjusted

for different stellar types. For example, planets orbiting M-stars typically receive less near-

UV radiation than planets orbiting Sun-like stars resulting in different photochemistry that

promotes the build up of CH4 (Segura et al., 2005; Grenfell et al., 2007, 2014; Rugheimer

et al., 2015; Rugheimer and Kaltenegger, 2018). Krissansen-Totton et al. (2018c) argued

that the CH4 biosignature is strengthened by a low CO abundance because volcanoes that

produce CH4 should also likely generate CO. Additionally, living planets might have low

CO because microbes consume CO (Kharecha et al., 2005); coupled ecosystem-planetary
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models of the early Earth suggest atmospheric CO/CH4 ratios declined dramatically with

the emergence of chemoautotrophic ecosystems (Sauterey et al., 2020).

Exploring false positives for methane biosignatures is timely. Biogenic O2 or O3 detec-

tions with upcoming telescopes such as the James Webb Space Telescope (JWST) will be

extremely difficult (Barstow and Irwin, 2016; Krissansen-Totton et al., 2018b; Lustig-Yaeger

et al., 2019; Wunderlich et al., 2020; Fauchez et al., 2019), whereas CH4+CO2 biosignatures

are more readily detectable. Indeed, an Archean-Earth like CH4+CO2 biosignature is po-

tentially detectable on the planet TRAPPIST-1e with just 10 transits (Krissansen-Totton

et al., 2018b). Thus, exploration of potential methane biosignature false positives and their

contextual discriminants is needed.

The literature exploring false positives for methane biosignatures has primarily focused

on CH4 generation in deep-sea serpentinizing hydrothermal vents. Guzmán-Marmolejo et al.

(2013) estimated a maximum CH4 surface flux of 0.18 Tmol/yr (6.8×108 molecules cm−2 s−1)

from hydrothermal vents for planets with the same mass as Earth. Additionally, Krissansen-

Totton et al. (2018c) used Monte-Carlo simulations to estimate a probability distribution for

maximum abiotic CH4 production from this process. They suggest that >10 Tmol CH4/yr

is highly unlikely. These estimated maximum fluxes are small compared to modern Earth’s

biological CH4 flux of 30 Tmol/yr.

However, investigations of abiotic CH4 on Earth suggest that these estimates of abiotic

CH4 from hydrothermal vents are potentially unrealistically large. Serpentinization reactions

involving water and ultramafic oceanic crust generate H2 then, purportedly, H2 might react

with inorganic carbon in hydrothermal systems to generate CH4. Krissansen-Totton et al.

(2018c) and Guzmán-Marmolejo et al. (2013) both estimated abiotic CH4 fluxes assuming

efficient reactions between H2 and inorganic carbon. However, laboratory experiments have

shown that, uncatalyzed, this reaction is extremely slow at hydrothermal vent temperatures

and pressures preventing chemical equilibrium on timescales of at least months (Reeves and

Fiebig, 2020). Additionally, various lines of evidence suggest that much of the CH4 observed

in deep-sea hydrothermal vent waters is ultimately from biology (Reeves and Fiebig, 2020).
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Furthermore, lifeless planets without silica-secreting organisms should have high ocean-water

SiO2 concentrations which suppresses the H2, and therefore abiotic CH4, produced from

serpentinization (Tutolo et al., 2020).

Impacts can likely generate abiotic CH4 (Zahnle et al., 2020), although impact-generated

CH4 is only probable early in a solar system’s lifetime. The cratering record on the Moon

shows that Earth’s impact flux decreased dramatically by 3.5 Ga (Marchi et al., 2014). Thus,

extra solar systems that are several billion years old are probably unlikely to have abiotic

CH4 from this source.

Here, we investigate another potential false-positive for the CH4+CO2 biosignature:

magma-sourced volcanic outgassing (i.e., not metamorphic). Negligible CH4 has been ob-

served in gases emitted by magmatic volcanoes on Earth (Reeves and Fiebig, 2020; Catling

and Kasting, 2017), although it has not been investigated whether substantial CH4 is feasible

for volcanoes in vastly different thermodynamic regimes. We simulate outgassing speciation

for a range of magma temperatures, outgassing pressures, oxygen fugacities, volatile compo-

sition, and variable partitioning between subaerial and submarine volcanism. We examine

whether volcanoes can produce CH4 fluxes comparable to biological fluxes. Using a pho-

tochemical model we also investigate atmospheric composition of hypothetical planets with

reducing volcanic gases to see whether volcanic CH4 coincides with large atmospheric CO,

which could be a detectable false positive marker.

3.2 Methods

3.2.1 Model for calculating volcanic outgassing speciation

Below, we describe our model for predicting the gases produced by an erupting mantle-

sourced volcano. We follow Gaillard and Scaillet (2014) and solve for the gas-gas and gas-melt

equilibrium in a C-O-H system. Our model differs from Gaillard and Scaillet (2014) because

we do not consider nitrogen or sulfur species. Despite these differences, we obtain similar

results to calculations made in Gaillard and Scaillet (2014). We have also validated our code
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against the work of Liggins et al. (2020) and Ortenzi et al. (2020), which have independently

constructed similar outgassing models. Our Python code is published as an open-source

software on the Github page https://github.com/Nicholaswogan/VolcGases.

Figure 3.1 shows a highly schematic conceptualization of volcanic degassing typical of

low-viscosity magma. Gas bubbles form in the magma when molecules like H2O and CO2

are exsolved. Within the gas bubbles, reactions drive the system to chemical equilibrium.

The oxygen fugacity (fO2) of the gas bubble is controlled by equilibrium with the oxygen

fugacity of the magma (e.g. Kadoya et al., 2020). Gases bubbles are released from the magma

and enter the overlying atmosphere or ocean.

A mathematical model describes the volatiles in gas bubbles and magma. The amount

of carbon and hydrogen that are exsolved by the magma into bubbles is governed by the

solubility of CO2 and H2O, which we calculate with the solubility relations for mafic magmas

described in Iacono-Marziano et al. (2012):

ln(xCO2) = xH2OdH2O + aCO2 ln(PCO2) + S1 (3.1)

ln(xH2O) = aH2O ln(PH2O) + S1 (3.2)

Here, xCO2 and xH2O are mol fractions of CO2 and H2O in the magma, respectfully. Addi-

tionally, PCO2 and PH2O are the partial pressure of CO2 and H2O in gas bubbles suspended

in the magma. The other terms in Equations (3.1) and (3.2) are solubility parameters with

values shown in Table 3.1 except S1 and S2, which are further described in Chapter Appendix

3.6.1. We use solubility relations appropriate for mafic magmas because rocky planets and

moons in our solar system usually have basaltic crusts which suggests that mafic magma is

common to most terrestrial bodies.

Volatile mol fractions (e.g., xH2O) can be converted to mass fractions with the formula

mi =
xiµi

µmagma

(3.3)

https://github.com/Nicholaswogan/VolcGases
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Figure 3.1: Qualitative sketch of degassing typical of low viscosity magma (e.g., Hawaiian
volcanoes). Here, gas bubble reaches thermal and chemical equilibrium with a melt (no
crystals are present). Note, degassing can occur in many different ways depending on magma
viscosity and volatile content (Gonnermann and Manga, 2013).
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Table 3.1: Model constants and variables

Constant or
Variable

Value Units Definition

Constants

dH2O 2.3 ... Solubility constanta

aCO2 1 ... Solubility constanta

aH2O 0.54 ... Solubility constanta

S1 ... ... Solubility constanta

S2 ... ... Solubility constanta

µmagma 64.52 g magma
mol magma

Molar mass of magmab

µH2O 18.02 g H2O
mol H2O

Molar mass of H2O

µCO2 44.01 g CO2

mol CO2
Molar mass of CO2

K1 e−29755/T+6.55 bar0.5 Equilibrium constantc

K2 e−33979/T+10.42 bar0.5 Equilibrium constantc

K3 e−96444/T+0.22 - Equilibrium constantc

Input

P ... bar Total pressure of
degassing

T ... K Temperature of magma
and gas

fO2 ... bar Oxygen fugacity of the
magma

mtot
CO2

... g CO2

g gas and magma
mass fraction CO2 in

magma before degassing

mtot
H2O

... g H2O
g gas and magma

mass fraction H2O in
magma before degassing

Output

xH2O ... mol H2O
mol magma

mol fraction of H2O in
the magma after

degassing
xCO2 ... mol CO2

mol magma
mol fraction of CO2 in

the magma after
degassing

PH2O ... bar Partial pressure of H2O
PCO2 ... bar Partial pressure of CO2

PH2 ... bar Partial pressure of H2

PCO ... bar Partial pressure of CO
PCH4 ... bar Partial pressure of CH4

αgas ... mol gas
mol gas and magma

mol fraction in gas
phase

aFrom Iacono-Marziano et al. (2012). See Chapter Appendix 3.6.1 to calculate S1 and S2.
bMolar mass of Mt. Etna magma.
cCalculated from the NASA thermodynamic database (Burcat and Ruscic, 2005).
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Here, mi is mass fraction, µi is the volatile’s molar mass, and i can be either H2O or CO2.

Table 3.1 gives the units of each term.

We assume that after the hot gas exsolves from the magma into bubbles, it achieves

thermodynamic equilibrium from the reactions

H2O ↔ H2 +
1

2
O2 (3.4)

CO2 ↔ CO +
1

2
O2 (3.5)

CO2 + 2H2O ↔ CH4 + 2O2 (3.6)

At thermodynamic equilibrium, the ratios of the fugacities of volatile species (denoted fi)

are related to the equilibrium constant corresponding to each chemical reaction. We assume

that we can replace fugacities with partial pressures (denoted Pi). This approximation

is reasonable for the temperatures and pressures involved in volcanic outgassing (Holland,

1984). Thus,

K1 =
fH2f

0.5
O2

fH2O

≈
PH2f

0.5
O2

PH2O

(3.7)

K2 =
fCOf

0.5
O2

fCO2

≈
PCOf

0.5
O2

PCO2

(3.8)

K3 =
fCH4f

2
O2

fCO2f
2
H2O

≈
PCH4f

2
O2

PCO2P
2
H2O

(3.9)

We calculate equilibrium constants (e.g. K1) using the NASA thermodynamic database

(Burcat and Ruscic, 2005). We assume that the gas is thermally and chemically coupled

to the magma so that the oxygen fugacity (fO2) of the gas is set by the oxygen fugacity of

magma, as observed (Symonds, 1994). So far, we have 7 unknowns (xCO2 , xH2O, PCO2 , PH2O,

PCO, PH2 , PCH4) and only 5 equations. To close the system, we add three more equations

and one more unknown. The first equation requires that the partial pressures sum to the

total pressure:

PH2 + PH2O + PCO + PCO2 + PCH4 = P (3.10)
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The final two equations are atom conservation equations for carbon and hydrogen:

mtot
CO2

µmagma

µCO2

=
PCO2 + PCO + PCH4

P
αgas + (1− αgas)xCO2 (3.11)

mtot
H2O

µmagma

µH2O

=
PH2O + PH2 + 2PCH4

P
αgas + (1− αgas)xH2O (3.12)

Equations (3.11) and (3.12) state that the total moles of either carbon or hydrogen should

be equal to the moles of either element in the gas phase plus the moles in the magma. Here,

αgas is the final unknown. It is the total moles in the gas phase divided by the total moles in

the gas and magma combined. See Chapter Appendix 3.6.1 for a full derivation of Equations

(3.11) and (3.12).

Given a gas and magma temperature (T ), pressure (P ), oxygen fugacity (fO2), and the

total mass fraction (or mol fraction) of CO2 and H2O in the magma (mtot
CO2

, and mtot
H2O

),

Equations (3.1), (3.2), (3.7) - (3.12) are a system of 8 equations and 8 unknowns (xCO2 ,

xH2O, PCO2 , PH2O, PCO, PH2 , PCH4 ,αgas). We solve this system of equations numerically with

the Scipy Python package.

The solution to this system of equilibrium equations provides an estimate of amount

of each volatile species in gas bubbles in magma immediately before the gas leaves the

magma. We assume bubbles remain in thermodynamic equilibrium with the surrounding

melt until they are released into the overlying atmosphere or ocean, and volatile speciation

does not continue evolve upon release. This does not exactly reflect real degassing. Observed

outgassing chemistry suggest that volcanic gas re-equilibrates to temperatures slightly lower

than the magma as the gas leaves the magma and is no longer chemically buffered by it

(Moussallam et al., 2019; Kadoya et al., 2020; Oppenheimer et al., 2018). We do not capture

this complexity in the main text, although, in Chapter Appendix 3.6.1 we investigate the

closed system re-equilibration of volcanic gases and show that this process does not change

our conclusions.

Once the unknowns are solved for, they can be used to calculate the gas production, i.e.,
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the moles of gas produced per kilogram of magma erupted:

qi = 103
(

αgas

µmagma(1− αgas)

)
Pi

P
(3.13)

Here, qi is the gas production of species i in mol gas/kg magma. Calculating qi is useful

because it is related to the flux Fi of gas i to the atmosphere by the magma production rate:

Fi = qiQm (3.14)

Here, Qm is the magma production rate in kg magma/yr, and Fi is in mol/yr.

Several authors have shown that degassing can be affected by graphite saturation of

magma (Hirschmann and Withers, 2008) or by the solubility of CO, CH4, and H2 in magma

(Wetzel et al., 2013; Ardia et al., 2013; Hirschmann et al., 2012). The gas speciation model

described above does not account for these processes. However, in Chapter Appendix 3.6.1

we introduce a more complex model that accounts for graphite saturation and CO, CH4, and

H2 solubility, and show that this model produces very similar results to the simplified model

described here.

3.2.2 Monte-Carlo Simulations

We investigate volcanic false positives to the CH4+CO2 biosignature on two types of worlds:

An Earth-like world with subaerial and submarine outgassing (Figure 3.2), and an ocean-

world with only submarine outgassing. For each type of planet, we search for false positive

scenarios by calculating volcanic outgassing speciation with a wide range of input parameters.

To explore volcanism on Earth-like planets, we calculate outgassing speciation 10,000

times. For each calculation, we sample either uniform or log10-uniform distributions (See

Table 3.2) of 10 parameters: Tsubmarine, Psubmarine, m
tot
CO2, submarine, m

tot
H2O, submarine, Tsubaerial,

Psubaerial, m
tot
CO2, subaerial

, mtot
H2O, subaerial, fO2 , and X . The width of each uniform sampling

distribution are given and explained in Table 3.2. We use inputs with subscripts “subaerial”
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Table 3.2: Monte-Carlo sampling distributions

Variable Low High Sampling
method

Justification

Tsubmarine 873 K 1973 K linear
uniform

Range of submarine magma temper-
atures observed on Eartha

Tsubaerial 873 K 1973 K linear
uniform

Range of subaerial magma tempera-
tures observed on Eartha

Psubmarine 100 bar 1000 bar linear
uniform

Degassing pressure at 1 km to 10 km
ocean depthb

Psubaerial 0.001 bar 100 bar log10 uni-
form

Rough range of subaerial degassing
pressure in solar system

mtot
CO2, submarine 10−5 10−2 log10 uni-

form
Approx. CO2 mass fraction range in
Earth magma (Wallace et al., 2015;
Wallace, 2005; Anderson and Poland,
2017; Le Voyer et al., 2019)

mtot
CO2, subaerial

10−5 10−2 log10 uni-
form

Approx. CO2 mass fraction range in
Earth magma (Wallace et al., 2015;
Wallace, 2005; Anderson and Poland,
2017; Le Voyer et al., 2019)

mtot
H2O, submarine 10−5 10−1 log10 uni-

form
H2O mass fraction range for Earth
submarine outgassing (Wallace et al.,
2015)

mtot
H2O, subaerial 10−5 10−1 log10 uni-

form
H2O mass fraction range for Earth
subaerial outgassing (Wallace et al.,
2015)

fO2 FMQ-4 FMQ+5 log10 uni-
form

Oxygen fugacity of most reduc-
ing Martian meteorite (Catling and
Kasting, 2017) to most oxidized
magma on Earth (Stamper et al.,
2014)c

X 0 1 linear
uniform

0% to 100% subaerial volcanism

aColdest rhyolite magma, and hottest komatiites magmas (Huppert et al., 1984)
bAssumes Earth’s gravity. The solubility of H2O in magma does not allow for significant
CH4 degassing at pressures greater than 1000 bar, equivalent to a depth of 10 km.
cFMQ is the fayalite-magnetite-quartz mineral redox buffer. See Chapter 7 in Catling and
Kasting (2017) for a description of mineral redox buffers. We use the parameterization for
the FMQ buffer defined by Wones and Gilbert (1969). This parameterization has only been
experimentally validated to 1400 K (O’Neill, 1987), but we extrapolate using the
parameterization to 1973 K

.
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Figure 3.2: Illustration of the parameters considered in the Monte-Carlo simulations.

to calculate subaerial volcanic speciation and inputs with subscripts “submarine” to calculate

submarine volcanic speciation, and then we combine the results of each calculation with the

formula

ni =
Pi, subaerial

Psubaerial

X +
Pi, submarine

Psubmarine

(1−X) (3.15)

Here, ni is the mixing ratio of averaged outgassed volatiles of species i produced by the com-

bination of subaerial and submarine volcanoes and X is the fraction of subaerial volcanism

(0 < X < 1). Also, Pi, subaerial and Pi, submarine are the partial pressure of species i in subaerial

and submarine outgassing, respectively.

To investigate volcanism on an ocean-world, we also calculate outgassing speciation 10,000

times. For each calculation, we sample either uniform or log10-uniform distributions of inputs

Tsubmarine, Psubmarine , m
tot
CO2, submarine, m

tot
H2O, submarine, and fO2 with ranges defined and justified

in Table 3.2.
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3.2.3 Photochemical modeling: Uninhabited anoxic ocean-world with reducing volcanic gases

We further investigate the CH4+CO2 biosignature by modeling the atmospheric composition

of hypothetical uninhabited ocean-worlds with reducing volcanic gases. We consider planets

orbiting the Sun, and a late M star - the latter because planets orbiting M-dwarfs are the most

feasible targets for near-term telescopes like JWST (Barstow and Irwin, 2016). Additionally,

we simulate ocean-worlds because ocean-bottom degassing is most thermodynamically prone

to produce CH4, as revealed by our Monte-Carlo simulations and previous studies (?French,

1966) (see Section 3.4.1 for further discussion).

To simulate atmospheres on uninhabited planets, we use the 1-D photochemical model

contained within the open source software package Atmos. Atmos is derived from a model

originally developed by the Kasting group (Pavlov et al., 2001), and versions of this code

have been used to simulate the Archean and Proterozoic Earth atmosphere (Zahnle et al.,

2006), Mars (Sholes et al., 2019; Smith et al., 2014; Zahnle et al., 2008), and exoplanet

atmospheres (Harman et al., 2015; Schwieterman et al., 2019).

3.3 Results

3.3.1 Monte-Carlo simulations

Figure 3.3 shows joint distributions of gas ratios CH4/CO and CO2/CO from the Monte-

Carlo simulation described in Section 3.2.2. These results suggest that for most combinations

of parameters volcanoes are most likely to produce more CO2 than CO, and negligible CH4,

which is the case for the modern Earth (Catling and Kasting, 2017). About 7% and 2% of

calculations produce more CH4 than CO for ocean worlds and Earth-like worlds, respectfully.

In the vast majority of cases, either CO or CO2 is the dominant carbon-bearing species.

Figure 3.4a and 3.4b show CH4 production from the Monte-Carlo simulations in terms

of mol CH4/kg magma. To give a sense for the gas fluxes implied by these CH4 productions,

we multiply the distributions in Figure 3.4a and 3.4b by the magma production rate of

modern Earth of 9 × 1013 kg/yr (Crisp, 1984), which gives the gas fluxes shown in Figure
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Figure 3.3: Results of the Monte-Carlo simulation described in Section 2.2. (a) and (b)
show normalized count as a function of log(CH4/CO) and log(CO2/CO) for an ocean world
and Earth-like world, respectively. The white dotted lines indicate where CH4/CO = 1
and CO2/CO = 1. For almost all calculated gas speciations, CO2 and CO are much more
abundant than CH4.

3.4c and 3.4d, respectively. About 0.1% of calculations predict more than 10 Tmol CH4/yr

for both Earth-like worlds and ocean worlds. This small fraction suggests that for modern

Earth magma production rates, volcanoes are unlikely to produce CH4 fluxes comparable to

modern Earth’s biological flux of 30 Tmol/yr (Hauglustaine et al., 2007).

Magma production rates larger than modern Earth’s increase the probability that volcanic

fluxes of CH4 become comparable to biological CH4 fluxes. For example, the early Archean

Earth could have had magma production rates up to about 25 times modern Earth’s (Sleep

and Zahnle, 2001). Such a magma production rate would shift the distributions in Figure

3.4c and 3.4d to larger values by a factor of 25 (or in log10-space, by a factor of 1.4). In this

case, ∼2% of calculations (for either Earth-like world or ocean world) would predict more

than 10 Tmol CH4/yr.

Crucially, large CH4 fluxes should almost always coincide with even larger CO fluxes

(horizontal axis in Figure 3.3). Therefore, the unlikely cases where volcanoes mimic biological
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CH4 fluxes can be identified by detecting abundant CO in a planet’s atmosphere. We further

investigate CO as a CH4+CO2 biosignature discriminant using a photochemical model in the

following section.

3.3.2 Photochemical modeling: Uninhabited anoxic ocean-world with reducing volcanic gases

We use the Atmos photochemical model to simulate the potential observable gas abun-

dances of uninhabited Earth-sized ocean-worlds with reducing volcanic gases. We consider

such planets because they are the most prone to mimic biology by producing volcanic CH4

(see Section 3.4.1 for more details). Our hypothetical planets have 1 bar N2 dominated at-

mospheres, 400 bars of ocean water, magma degassing at 1473 K and mantle redox states

of FMQ-4. Here, FMQ is the fayalite-magnetite-quartz buffer which is a synthetic refer-

ence fO2 value at fixed temperature-pressure conditions. Additionally, we assume that the

magma contains 0.1 wt% CO2, and 1 wt% H2O. Our assumed H2O concentration is com-

parable to those observed in submarine hot-spot magmas (0.2 to 1.5 wt%) (Wallace et al.,

2015), however, the CO2 concentration we assume is slightly lower (Anderson and Poland,

2017). Given these inputs, our speciation model (Section 3.2.1) predicts gas production from

erupted magma of qH2 = 4.36 × 10−2 mol gas/kg magma, qCO = 1.29 × 10−2 mol gas/kg

magma, and qCH4 = 7.39× 10−3 mol gas/kg magma.

The magnitude of gas fluxes to the atmosphere resulting from chemically reducing vol-

canism depends on the magma production rate (Equation (3.14)). We consider magma

production rates between about 10−3 and 102 Earth’s modern magma production rate of

9× 1013 kg magma/yr (Crisp, 1984).

For each magma production rate, we calculate the outgassing flux of CH4, H2, and CO

and set these fluxes as lower boundary conditions to the Atmos photochemical model (the

outgassing model also gives CO2 and H2O fluxes, but we don’t use them in our photochemical

modeling). Atmos only allows fixed CO2 mixing ratios and not CO2 fluxes so we consider

cases with low and high CO2 (100 ppm and 10%). Additionally, we set the deposition

velocity of CO to 10−8 cm s−2 to reflect the abiotic uptake of CO by the ocean (Kharecha
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Figure 3.4: Normalized count of methane production (mol gas/kg magma) for (a) ocean
worlds and (b) Earth-like worlds. Distributions were calculated by sampling the ranges in
Table 3.2. Multiplying Earth’s magma production rate of 9 × 1013 kg magma/yr by (a)
and (b) gives the methane fluxes in (c) and (d), respectively. For modern Earth’s magma
production rate, volcanoes are likely to produce negligible CH4.
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Figure 3.5: Atmospheric mixing ratios of CO and CH4 as a function of magma production
rate relative to modern Earth’s (or CH4 flux) on an anoxic ocean-world with reducing vol-
canic gases orbiting a sun-like star. (a) and (b) are identical model runs, except (a) assumes
a constant atmospheric CO2 mixing ratio of 0.0001, and (b) assumes a constant atmospheric
CO2 mixing ratio of 0.1. Modern Earth’s biological CH4 flux is indicated on the horizontal
axes. Archean Earth-like CH4 fluxes and abundances are only mimicked by volcanoes for
magma production rates >10 times modern Earth’s. Such false-positive cases can be distin-
guished from biology because the CO abundance exceeds the CH4 abundance, which would
likely not be the case for an inhabited planet.
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et al., 2005). All other boundary conditions are specified in Chapter Appendix 3.6.2. Given

volcanic outgassing fluxes and other boundary conditions, Atmos calculates the mixing ratios

of all species when the atmosphere is at photochemical equilibrium.

Figure 3.5 shows the photochemical modeling results of reducing volcanic gases on an

uninhabited Earth-sized ocean-world orbiting the Sun. Figure 3.5a assumes that the at-

mosphere has 100 ppmv CO2 while Figure 3.5b assumes that atmospheric CO2 is 10%.

Carbon monoxide and methane are more abundant in the model with more CO2 because

CO2 shields the lower atmosphere from hydoxyl (OH) production from water photolysis. In

anoxic atmospheres, OH is a significant sink for both CO and CH4 through the reactions

CO2 + OH → CO2 + H and CH4 + OH → CH3 + H2O. OH is generated primarily from

H2O photolysis (H2O + hν[λ < 200 nm] → OH + H), but CO2 shields H2O from photolysis

in model runs with 10% CO2, thus limiting the CH4 and CO destruction from OH. Also,

CH4 is more abundant in atmospheres with more CO2 because CO2 shields CH4 from direct

photolysis in cases when CO2 is >200 times as abundant as CH4. This factor of ∼200 comes

from comparing Lyman-α (λ = 121.6 nm) CO2 and CH4 cross sections. Lyman-α is the

portion of the UV spectrum primarily responsible for photolyzing CH4.

Figure 3.5 suggests that reducing volcanic gases on an ocean world orbiting a sun-like

star will only mimic biological CH4 fluxes and abundances for large magma production rates.

Volcanism can generate Earth’s modern biological CH4 flux when the magma production rate

is ∼50 times modern Earth’s (Figure 3.5). In this case, the photochemical model predicts an

atmospheric CH4 abundance between 0.01% and 0.3%, depending on the CO2 mixing ratio.

Such CH4 abundances are similar to the 0.01% to 1% expected in the early Archean Earth

atmosphere (Catling and Zahnle, 2020). In contrast, magma production rates comparable

to the modern Earth’s result in a CH4 flux of 2.4× 109 molecules cm−2 s−1 (0.64 Tmol/yr)

and CH4 abundances < 30 ppm, which are likely to be considered abiotic levels in an anoxic

atmosphere.

Figure 3.6 shows the CO and CH4 mixing ratios on an Earth-sized ocean-world with

reducing volcanic gases orbiting a cold M star. CO and CH4 are more abundant on the
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Figure 3.6: Identical to Figure 3.5, except for a planet that orbits a M8V star instead of a
sun-like star.

ocean-world orbiting the M star compared to the ocean-world orbiting a Sun-like star (Figure

3.5). This is because M8V stars have a low flux of near-ultraviolet radiation compared to

sun-like stars. The low near-ultraviolet flux reduces OH produce from H2O photolysis, thus

allowing for relatively high CO and CH4 concentrations.

One consequence of M-dwarf photochemistry is a higher likelihood of Archean Earth-

like CH4 abundances on uninhabited planets with reducing gases from volcanism. Figure

3.6 shows that modern Earth magma production rates can result in CH4 abundances up to

0.01% which is comparable to what is expected in the Archean atmosphere.

Potential CH4 biosignature false positives from reducing volcanic gases might be discrim-

inated from inhabited worlds using observations of CO. For planets orbiting Sun-like stars

(Figure 3.5) or M stars (Figure 3.6) the CO abundance is higher than the CH4 abundance

in every case that is a potential outgassing false-positive. Some authors have argued that a

large CO abundance is unlikely on an inhabited planet, because atmospheric CO should be

readily consumed by biology (?). Conversely, Schwieterman et al. (2019) has demonstrated

hypothetical cases where large CO can coincide with with biology in an anoxic atmosphere.
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We further discuss CO as a false-positive discriminant in Section 3.4.2.

3.4 Discussion

3.4.1 The reasons why volcanoes produce little CH4

Our modeling results show that for modern Earth magma production rates, volcanic fluxes

of reducing gases are unlikely to produce more than 1 Tmol CH4/yr even in an extreme case

(Figure 3.4). This flux is relatively small compared to the flux of other volcanic gases on

modern Earth. For example, Earth’s modern volcanoes produce about 7.5 Tmol CO2/yr

and 95 Tmol H2O/yr (Catling and Kasting, 2017, p. 203). There are three main reasons

why the outgassing model predicts little CH4, which we discuss below.

Volcanoes produce little CH4 because of water solubility in magma

One reason for small CH4 outgassing is the high solubility of water in magma at high pres-

sures. Consider Equation (3.9), which can be re-arranged to the following

PCH4

PCO2

=
K3P

2
H2O

f 2
O2

(3.16)

The ratio PCH4/PCO2 in a gas bubble in magma is directly proportional to P 2
H2O

within

that bubble. Generally speaking, PH2O increases as the total pressure of degassing increases

because all partial pressures must sum to the total pressure (Equation (3.10)). For example,

subaerial degassing at ∼1 bar will have a relatively small PH2O, and thus a small PCH4/PCO2

ratio. On the other hand, submarine degassing at ∼400 bar should have a larger H2O partial

pressure, and thus a larger PCH4/PCO2 ratio. Here, the equilibrium constant and oxygen

fugacity have extremely weak pressure dependencies, i.e. they are effectively constant as

degassing pressure changes.

Figure 3.7a shows modeled gas speciation for highly reducing volcanism (fO2 = FMQ-4)

as a function of pressure. For small pressures (< 100 bar), CH4 increases with increasing

pressure and then asymptotes for pressures > 100 bar.
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Figure 3.7: (a) Modeled gases speciation as a function of pressure. (b) Mole fraction of total
hydrogen dissolved in the magma as a function of pressure. Model assumes fO2 = FMQ-4,
T = 1473 K, mtot

H2O
= 0.5 wt%, and mtot

CO2
= 0.1 wt%. Methane becomes more prevalent

in volcanic gases at higher pressures, but asymptotes because hydrogen dissolves into the
magma, reducing the total amount of H-bearing volatiles released from the magma.
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CH4 asymptotes because of the high solubility of water in magma at high pressure. High

pressures dissolve a large fraction of the total available hydrogen as H2O into the magma,

which is shown in Figure 3.7b. Dissolving a large amount of H2O into the magma limits the

amount of hydrogen available in the gas phase for making H-bearing species, like CH4, H2O

and H2.

In summary, high pressure is in some ways thermodynamically favorable for making

methane because PCH4/PCO2 ∝ P 2
H2O

, but also unfavorable because high pressure dissolves a

large fraction of the available hydrogen in the magma as H2O. Limited amounts of hydrogen

in gas bubbles results in small amounts of CH4 produced.

? used Equation (3.16) to argue that ∼1% of the carbon outgassed by submarine vol-

canoes should be CH4 for magma with fO2 = FMQ. They assumed that PH2O ≈ P , the

total pressure. This assumption is valid for oxidized subaerial volcanoes because ∼90% of

the gas exsolved by Earth’s subaerial volcanoes is H2O (Catling and Kasting, 2017, p. 203).

However, PH2O < P for submarine volcanoes because of the high-water solubility in magma

at high pressure. Our outgassing model, which accounts for water’s solubility in magma,

produces negligible methane.

Li and Lee (2004) also predict abundant CH4 produced by subaerial and submarine

volcanoes (their Figure 5). However they calculated equilibrium constants in units of bars,

but then used units of Pascals for equilibrium chemistry calculations. The result was that

they calculated speciation for pressures a factor 10,000 times greater than reported. For

example, we were able to reproduce their subaerial outgassing case (their Figure 5a) by

assuming P = 10, 000 bar and not the P = 1 bar total pressure they intended. Additionally,

like ?, they did not account for the high solubility of H2O in magma at high pressure. Their

methods assume the total hydrogen outgassed for submarine volcanoes is the same as the

total hydrogen outgassed by subaerial volcanoes. This should not be the case because at

high pressure water dissolves in magma and is unavailable for making H-bearing gas species

(Figure 3.7b).

The pressure dependence of volcanic outgassing has implications for planetary atmo-
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spheres generally (Gaillard and Scaillet, 2014). Thin atmospheres will allow substantial

degassing of both carbon and hydrogen bearing species. However, planets with thick atmo-

spheres or large global oceans will have volcanic degassing dominated by CO2 and CO, and

almost no hydrogen bearing species. The overburden pressure where C-bearing species dom-

inate depends primarily on the un-degassed concentrations of H2O and CO2 in the magma.

In Figure 3.7, CO2 and CO overwhelms H-bearing species at ∼1000 bar for initial volatile

concentrations of mtot
CO2

= 0.1%, and mtot
H2O

= 0.5%. In contrast, Figure 8 in Gaillard and

Scaillet (2014) illustrates a case with less volatiles (mtot
CO2

= 0.007% and mtot
H2O

= 0.03%)

where C-bearing species eclipse H-bearing species at ∼1 bar.

Volcanoes produce little CH4 because magma is hot

Relatively little CH4 is produced by volcanoes because CH4 is generally not thermodynam-

ically favorable at typical magma degassing temperatures. Figure 3.8 shows gas speciation

as a function of temperature for a submarine outgassing case. For these chosen inputs, CH4

is the dominant carbon-bearing species for T < 1200 K. Mid-ocean ridge basalts (MORB)

are about 2/3 of total magma produced on Earth (Crisp, 1984). MORB magma erupt at

temperatures between 1473 K and 1650 K (Scheidegger, 1973) and are thus in a temperature

regime where CH4 is unfavorable even from more reducing volcanism.

On the other hand, magma from arc volcanoes is generally much colder than MORB

magma. Moussallam et al. (2019) report magma temperatures for many arc volcanoes (their

Table S3), the coldest of which are 1123 K. Thus, it does seem possible for magma to be

cold enough for CH4 to be the dominant carbon-bearing outgassed species from an extremely

reducing volcano with fO2 = FMQ-4.

Recall that large magma production rates (∼30x modern) are required for volcanoes to

produce CH4 fluxes compared to biological ones (Figure 3.5). It seems unlikely that planets

with large magma production rates will have magma temperatures cold enough to produce

plentiful CH4. For example, the Archean Earth may have had a larger magma production

rate than the modern Earth because the Earth’s mantle was hotter on the distant past
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Figure 3.8: Modeled volcanic outgassing speciation as a function of temperature. Model
assumes fO2 = FMQ-4, P = 400 bar, mtot

H2O
= 0.5 wt%, and mtot

CO2
= 0.1 wt%. CH4 is more

thermodynamically favorable at lower degassing temperatures.

(Sleep and Zahnle, 2001). The hotter Archean mantle resulted in the eruption of ∼1800 K

komatiite magmas (Huppert et al., 1984), or possibly only ∼1600 K (McKenzie, 2020). Such

hot magma degassing is unfavorable for methane (Figure 3.8).

Volcanoes produce little CH4 because very low oxygen fugacity is required

The final reason why volcanic CH4 is unlikely on terrestrial planets is because very low

fO2 is required to make abundant methane. Figure 3.9 shows gas speciation as a function of

oxygen fugacity for submarine volcanism. For these assumed inputs, methane is a substantial

fraction of outgassed species for fO2 < FMQ-3, and at FMQ-5 (roughly equivalent to the

quartz-fayalite-iron buffer) half the carbon is converted to CH4, while the other half is CO.

Most degassing on Earth occurs at approximately fO2 = FMQ (Catling and Kasting, 2017, p.

208), but magma spans FMQ-4 to FMQ+5 (Stamper et al., 2014). Additionally, the oxygen

fugacity of Martian meteorites ranges between FMQ and FMQ-3.7 (Catling and Kasting,

2017, p. 363). Therefore, the fO2 < FMQ-3 required for plentiful CH4 outgassing is at the
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Figure 3.9: Modeled volcanic outgassing speciation as a function of oxygen fugacity. Model
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CO2
= 0.1 wt%. Methane is
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extremes of the oxygen fugacities observed for Earth and Mars.

Astronomical observations and geochemical experiments suggest Earth-sized planets should

generally have relatively oxidized magmas. Doyle et al. (2019) spectroscopically measured

the oxygen fugacity of material polluting the surface of several white dwarfs. Their obser-

vations suggest that rocky exoplanets are likely to have similar oxygen fugacities to Earth

and Mars. Additionally, high pressure experiments suggest that the upper mantles of Earth-

sized planets should self-oxidize by iron oxide disproportionation to roughly FMQ during the

magma-ocean phase, early in a planet’s life (Armstrong et al., 2019).

3.4.2 Carbon monoxide as a methane biosignature discriminant

CO-consuming life evolved very early on Earth (Adam et al., 2018) and is a relatively simple

metabolism. Therefore, it seems possible that life on other planets will evolve to consume

CO. Planets with atmospheric CH4+CO2 produced by life might also have relatively small

amounts of atmospheric CO because of CO consumers. Consequentially, the presence of
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abundant CO along with CH4 can discriminate abiotic situations.

Monte-Carlo simulations shows that volcanoes should almost always produce more CO

than CH4 (Figure 3.3). Additionally, photochemical modeling (Figure 3.5 and 3.6) suggests

that CO should build up in the atmospheres of uninhabited planets with reducing submarine

volcanic gases. Thus, atmospheric CO2+CH4 produced by volcanoes is likely accompanied

by a large CO concentration. This is distinct from an inhabited world, which can have lower

CO concentrations due to CO consuming life.

However, the mere presence of large atmospheric CO is not a definitive sign of an un-

inhabited planet with reducing volcanic gases (Schwieterman et al., 2019). This is because

there are limits to how quickly gases can be transported from the atmosphere, into the ocean

where they can be consumed by life (Kharecha et al., 2005). For example, consider a planet

with a very large volcanic CO flux (e.g., 100x modern). CO could build up in this planet’s

atmosphere even if CO consumers were present in an ocean because CO transport from the

atmosphere to the ocean would not be sufficient to maintain low atmospheric CO.

In summary, the CH4+CO2 biosignature is most compelling when the CO abundance

is low or negligible because lack of CO potentially implies the presence of CO consuming

biology. In comparison, atmospheric CH4+CO2 and large CO is ambiguous, and can either

be explained by reducing volcanic gases or by an inhabited world that is unable to sequester

atmospheric CO.

JWST might be able to put a tentative upper limit on atmospheric CO. ? simulated

JWST retrievals of TRAPPIST-1e with an atmospheric composition similar to the Archean

Earth containing 10 ppbv CO. Their synthetic retrieval suggested CO was below 652 ppmv

with 90% confidence after 10 transits. CO constraints could be improved by co-adding more

transits and positive CO detections may also be possible with JWST (Wunderlich et al.,

2020).

However, even if observational CO constraints are poor, it may still be possible to say

something about the abiotic or biotic origin of atmospheric CH4. Reducing gases from

volcanism are unlikely to mimic the modern biological CH4 flux of 30 Tmol/yr (Section
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3.4.1). Additionally, serpentinization is unlikely to produce 30 Tmol CH4/yr, and impact-

generated CH4 might be distinguished with system age (?). Therefore, JWST observations

of atmospheric CH4+CO2 would be challenging to explain without the presence of biology

regardless of atmospheric CO, as long as the CH4 abundance implies a surface flux similar

to the modern Earth’s.

3.4.3 CH4 levels and implications for the origin on life

Much current origin of life research revolves around the “RNA world” hypothesis (Gilbert,

1986; Joyce and Szostak, 2018; Sasselov et al., 2020). This hypothesis proposes an interval

of time when primitive life consisted of self-replicating, evolving RNA molecules, which, at

some point, were encapsulated in cells. On a rocky world, “RNA world” requires that RNA

is synthesized from early raw materials. Laboratory experiments that have successfully

synthesized nucleobases, which are building blocks of RNA, require the following nitriles:

hydrogen cyanide (HCN), cyanoacetylene (HCCCN), and cyanogen (NCCN) (Sutherland,

2016; Ritson et al., 2018; Benner et al., 2019). In addition, nitriles have also been used to

synthesize amino acids (Miller and Urey, 1959; Sutherland, 2016).

The known natural source of nitriles is photochemistry in a chemically reducing atmo-

sphere containing H2, CH4 and N2 or perhaps NH3. For example, Titan’s photochemistry

produces all the aforementioned nitriles (Strobel et al., 2009). Importantly, to make the

simplest nitrile, HCN, requires abundant CH4 because HCN is formed from photochemical

products of CH4 and nitrogen (Zahnle, 1986; Tian et al., 2011).

Our results show that volcanic gases generally are unlikely to cause high atmospheric CH4

abundances in prebiotic atmospheres. Consequently, the results lend credence to alternative

proposals for making early CH4-rich, reducing atmospheres, such as impacts (Zahnle et al.,

2020). Impacts can make a reducing atmosphere when reactions between iron-rich impact

ejecta and shock-heated water vapor from an ocean generate copious H2, CH4 and NH3.

Subsequent photochemistry would generate HCN and other prebiotic nitriles over thousands

to millions of years (Zahnle et al., 2020).
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3.5 Conclusions

Our modeling of volcanic outgassing speciation suggests that chemically reducing volcanism

on terrestrial planets is unlikely to mimic biological CH4 fluxes. The improbable cases where

volcanoes do produce biological CH4 fluxes also often produce CO. Volcanoes are not prone

to produce CH4 for several reasons. First, the high solubility of H2O in magma limits the

amount of total hydrogen outgassed, thus preventing the production of H-bearing molecules

like CH4. Second, CH4 outgassing requires relatively low magma temperatures compared

to the majority of magma erupted on Earth. Finally, CH4 outgassing requires a very low

magma oxygen fugacity unlike that of most terrestrial planets inferred from astronomical

data (Doyle et al., 2019).

We use a photochemical model to calculate atmospheric composition of planets with vol-

canoes that produce CH4. We find that atmospheric CH4 should coincide with abundant CO.

On the other hand, biogenic CH4 can coincide with a low CO abundance if CO-consuming

microbial life is present.

Therefore, the CH4-CO2 biosignature is most compelling when little or no atmospheric

CO is detected. Atmospheric CH4-CO2 and large CO is ambiguous and can be explained

by an uninhabited planet with highly reducing volcanic gases, or an inhabited planet where

biology is unable to sequester atmospheric CO (Schwieterman et al., 2019).

However, observations of CO are not required to make conclusions about the abiotic or

biotic origin of observed atmospheric CH4. Atmospheric CH4 and CO2 alone would have a

reasonable probability of being biological if the observed CH4 abundance implies a surface

flux similar to modern Earth’s biological CH4 flux (30 Tmol/yr). Such a large CH4 flux is

difficult to explain with reducing volcanic gases or other abiotic processes that generate CH4,

such as serpentenization.

These conclusions should be taken with caution because they are based on what is un-

derstood about processes occurring on the Earth and our Solar System, which may be a very

sparse sampling of what is possible.
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3.6 Chapter Appendix

3.6.1 Details of outgassing speciation model

Solubility constants for of H2O and CO2

Our outgassing model uses solubility equations for H2O and CO2 in mafic magmas from

Iacono-Marziano et al. (2012) (Equations (3.1) and (3.2)). The parameters S1 and S2 in

the solubility equations depend on the chemical make-up of the magma. We found that

different mafic magma compositions did not significantly effect the outputs of our outgassing

speciation model (Section 3.2.1), therefore, for the purposes of calculating melt solubility,

we fixed the chemical make-up of the magma to the magma erupting at Mt. Etna, Italy,

reported by Iacono-Marziano et al. (2012). This reduced the complexity of the model without

sacrificing any significant amount of accuracy.

Table 3.3 shows the chemical make-up of the magma at Mt. Etna, and Table 3.4 shows

several solubility constants from Iacono-Marziano et al. (2012). Together these values define

the solubility parameters S1 and S1:

S1 = ln

(
µmagma

µCO210
6

)
+

CCO2P

T
+BCO2 + bCO2

[
NBO

O

]
+

(
xAl2O3

xCaO + xK2O + xNa2O

)
dAl2O3/(CaO + K2O + Na2O)

+ (xFeO + xMgO)dFeO + MgO + (xNa2O + xK2O)dNa2O + K2O

(3.17)

S2 = ln

(
µmagma

µH2O10
2

)
+

CH2OP

T
+BH2O + bH2O

[
NBO

O

]
(3.18)

[
NBO

O

]
=

2(xK2O + xNa2O + xCaO + xMgO + xFeO − xAl2O3)

2xSiO2 + 2xTiO2 + 3xAl2O3 + xMgO + xFeO + xCaO + xNa2O + xK2O

(3.19)

Here, T is magma temperature, P is the total pressure of degassing, and
[
NBO
O

]
is the amount

of non-bridging oxygen per oxygen in the melt.
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Table 3.3: Mt. Etna magma composition

Magma component Mole fraction
xSiO2 0.516
xTiO2 0.014
xAl2O3 0.110
xFeO 0.091
xMgO 0.092
xCaO 0.126
xNa2O 0.035
xK2O 0.002
xP2O5 0.016
Note. Taken from Iacono-Marziano et al. (2012).

Table 3.4: Solubility constants

Constant Value
CCO2 0.14
BCO2 -5.3
bCO2 15.8
BH2O -2.95
bH2O 1.24
dAl2O3/(CaO+K2O+Na2O) 3.8
dFeO+MgO -16.3
dNa2O+K2O 20.1
Note. “Anhydrous” case from Iacono-Marziano et al. (2012).
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Derivation of Equations (3.11) and (3.12)

Following is the derivation for the atom conservation equation for carbon used in our out-

gassing model (Equation (3.11)). The derivation for the atom conservation equation for

hydrogen follows the exact same procedure, so we do not include it.

Consider some volume of magma with gas bubbles in it which contains a total number

of moles γtot. The total moles is the sum of the moles of magma (γmagma), and the moles of

gas in bubbles suspended in that magma (γgas):

γtot = γgas + γmagma (3.20)

Within this same volume of magma, the total moles of carbon (γtot
C ) is equal to the moles

of carbon in the gas phase (γgas
C ) and the moles of carbon dissolved in the magma (γmagma

C )

combined.

γtot
C = γgas

C + γmagma
C (3.21)

We assume that the only carbon bearing molecule that can dissolve in the magma is CO2,

therefore γmagma
C = γmagma

CO2
. Dividing by γtot and expanding gives

γtot
C

γtot
=

γgas
γtot

γgas
C

γgas
+

γmagma

γtot

γmagma
CO2

γmagma

(3.22)

We can replace γmagma

γtot
with 1− γgas

γtot
using Equation (3.20). This leaves us with

γtot
C

γtot
=

γgas
γtot

γgas
C

γgas
+

(
1− γgas

γtot

)
γmagma
CO2

γmagma

(3.23)

Here,
γmagma
CO2

γmagma
is just xCO2 (the mol fraction of CO2 in the magma, see Table 3.1). Also, we

assume that CO2, CO and CH4 are the only carbon-bearing gas species, so γgas
C = γgas

CO2
+
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γgas
CO + γgas

CH4
. Making substitutions gives

γtot
C

γtot
=

γgas
γtot

γgas
CO2

+ γgas
CO + γgas

CH4

γgas
+

(
1− γgas

γtot

)
xCO2 (3.24)

Assuming the ideal gas law, γgas
i /γgas = Pi/P . Also, to make the equation more manageable,

we substitute αgas =
γgas
γtot

, which is the total mols in the gas phase divided by the moles in

the gas phase and magma combined.

γtot
C

γtot
=

PCO2 + PCO + PCH4

P
αgas + (1− αgas)xCO2 (3.25)

Magma sometimes freezes deep in the Earth as a glass before it releases any volatiles. Mea-

surements of volatiles like CO2, in such glasses are reported in terms of mass fractions

(Wallace et al., 2015). To stay consistent with these unit conventions, we indicate the total

carbon in undegassed magma as a mass fraction of CO2 (mtot
CO2). We can convert the mass

fraction to a mole fraction using Equation (3.3):

mtot
CO2µmagma

µCO2

= xtot
CO2 =

γtot
CO2

γtot
=

γtot
C

γtot
(3.26)

Substituting Equation (3.26) into Equation (3.25) gives

mtot
CO2

µmagma

µCO2

=
PCO2 + PCO + PCH4

P
αgas + (1− αgas)xCO2 (3.27)

Equation (3.27) is identical to Equation (3.11).

Graphite saturation and the solubility of CO, CH4, and H2

Several studies have shown that degassing can be affected by graphite saturation of of magma

(Hirschmann and Withers, 2008) or by the solubility of CO, CH4, and H2 in magma (Wetzel

et al., 2013; Ardia et al., 2013; Hirschmann et al., 2012). Our model for outgassing speciation

used throughout the main text does not account for these complications. Here, we show that
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our assumption is valid because it does not significantly change our results.

Consider the following equilibrium.

C + O2 ↔ CO2 (3.28)

K9 =
fCO2

aCfO2

≈ PCO2

aCfO2

(3.29)

Here, K9 is the equilibrium constant given by exp(47457/T + 0.136), and aC is the activity

of carbon. To incorporate graphite saturation into our model, we first calculate outgassing

speciation using the model described in the main text (Section 3.2.1). Next, we check for

graphite saturate by calculating the activity of carbon using Equation (3.29). If aC < 1, then

we assume the melt is not graphite saturated and that the calculation is valid. If aC > 1,

then we assume graphite is saturated and recalculate outgassing speciation by replacing the

carbon conservation equation (Equation (3.11)), with the graphite saturation equation with

aC = 1 (Equations (3.29)). Here, we are considering graphite saturation in the magma

just before degassing occurs. Our treatment is different than, for example, the methods of

Ortenzi et al. (2020) because they are accounting for graphite saturation much deeper in a

planet during partial melting of the mantle.

Figure 3.10 is identical to Figure 3.3, except Figure 3.10 accounts for graphite saturation.

Graphite saturation appears to have a small effect on the results, therefore it is justified to

ignore it.

To incorporate the solubility of H2, CH4, and CO into our model, we add the following

solubility relationships to or system of original outgassing equations (Section 3.2.1).

exp(−11.403− 0.000076P ) = K5 =
xH2

fH2

≈ xH2

PH2

(3.30)

exp(−7.63− 0.000193P ) = K6 =
xCH4

fCH4

≈ xCH4

PCH4

(3.31)

exp(−41.02− 0.00056P ) = K7 =
xFe(CO)5

aFef 5
CO

≈
xFe(CO)5

aFeP 5
CO

(3.32)
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Figure 3.10: Identical to Figure 3.3, except here we account for graphite saturation in the
melt. Like Figure 3.3 (a) is for ocean worlds and (b) is for Earth-like worlds. Graphite
saturation has a small effect on the results.

Here, pressure dependent equilibrium constants K5, K6 and K7 are from Hirschmann et al.

(2012), Ardia et al. (2013), and Wetzel et al. (2013), respectively. For Equation (3.32), we

take the activity of iron to be aFe = 0.6 based on the experiments in Wetzel et al. (2013).

Also, we only include the Equation (3.32) when the fO2 < IW-0.55 (IW is the Iron-Wustite

mineral buffer) because Wetzel et al. (2013) only observed CO dissolved in magma for these

low oxygen fugacities.

We also alter the carbon and hydrogen atom conservation equations to accommodate for

new molecules in the melt.

mtot
CO2

µmagma

µCO2

=
PCO2 + PCO + PCH4

P
αgas + (1− αgas) (xCO2 + xCO + xCH4) (3.33)

mtot
H2O

µmagma

µH2O

=
PH2O + PH2 + 2PCH4

P
αgas + (1− αgas) (xH2O + xH2 + 2xCH4) (3.34)

Here, xi is the mol fraction of species i in the melt.

Figure 3.11 is identical to Figure 3.3, except Figure 3.11 accounts for H2, CH4 and CO
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Figure 3.11: Identical to Figure 3.3, except here we account for the solubility of H2, CH4

and CO in the melt. Like Figure 3.3 (a) is for ocean worlds and (b) is for Earth-like worlds.
H2, CH4 and CO solubility has a small effect on the results.

solubility in magma. The solubility of these three molecules has a small effect on the results,

therefore they can be ignored.

Closed system cooling and chemical kinetics

Our model for volcanic outgassing is a thermodynamic equilibrium model. We assume that

during magma eruptions gas bubbles chemically and thermally equilibrate with magma, and

then are released to the atmosphere unaltered (Figure 3.1). This does not exactly reflect

real degassing.

In reality, the chemical composition of gas bubbles changes as bubbles leave the magma

and enter the atmosphere (Moussallam et al., 2019; Kadoya et al., 2020). As a bubble leaves

magma, it cools down, and new chemical equilibria are preferred. When the gas bubble

first begins cooling, it is still very hot, so chemical reactions keep the bubble near chemical

equilibrium. Once the bubble is cold enough, chemical reactions slow, and ultimately cease,

quenching or freezing the chemical composition of the gas bubble. Therefore, the cooling
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process alters the chemistry of the gas.

Gas re-equilibration to lower temperatures explains the observed chemistry of volcanic

gases globally (Moussallam et al., 2019), and Oppenheimer et al. (2018) provides a specific

example of this phenomenon at Kilauea volcano, Hawaii. During eruptions at Kilauea, gas

bubbles in the magma would rise to the surface. As the bubbles rose in the magma, they

adiabatically expanded, which cooled the gas below the temperature of the magma. Chemical

reactions during adiabatic expansion changed the chemical make-up of the bubble.

For the purposes of understanding potential CH4 biosignature false positives from vol-

canoes, we need to know if bubble cooling might generate a substantial amount of CH4.

Here, we first consider the kinetics of methane generation and show that reactions are likely

too slow to generate substantial CH4 during gas cooling. Next, we show that our Monte

Carlo simulation results (Figure 3.4) remain qualitatively unchanged even if our kinetics

calculations are wrong, and CH4 can be generated during gas cooling.

CO or CO2 is converted to CH4 through either of the net reactions (Schaefer and Fegley Jr,

2010)

CO + 3H2 ↔ CH4 +H2O (3.35)

CO2 + 4H2 ↔ CH4 + 2H2O (3.36)

The rate limiting step to either CO or CO2 conversion to CH4 is debated in the literature

(Zahnle and Marley, 2014), but following are two good candidates and their corresponding

rate constants:

H2 +H2CO → CH3 +OH (3.37)

k10 = 2.3× 10−10 exp(−36200/T ) (3.38)

H + H2CO → CH3 (3.39)

k12 = 4.0× 10−11 exp(−2068/T ) (3.40)

Here, k10 and k12 are rate constants (cm3 s−1). The lifetime of CO or CO2 conversion to
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CH4 is thus one of the following

τ10(CO) =
NCO

k10NH2NH2CO

(3.41)

τ12(CO) =
NCO

k12NHNH2CO

(3.42)

τ10(CO2) =
NCO2

k10NH2NH2CO

(3.43)

τ12(CO2) =
NCO2

k12NHNH2CO

(3.44)

Here, τ is chemical lifetime in seconds, and Ni is number density of species i in molecules

cm−3.

Figure 3.12 shows timescales of CH4 generation (Equations (3.41)-(3.44)) during the

closed system cooling of submarine volcanic gas. To determine gas chemistry just before a

bubble is released from magma we use our speciation model (section 3.2.1). At 1473 K we

calculate gas speciation assuming P = 400 bar, fO2 = FMQ-4, mtot
CO2

= 0.1%, mtot
H2O

= 0.5%.

We then calculate new chemical equilibrium as the gas cools assuming it is a closed system,

i.e. we assume the gas is thermally and chemically decoupled from the magma (Figure 3.12a).

Figure 3.12b shows the corresponding timescale of CH4 generation (Equations (3.41)-(3.44))

at each temperature.

The “quench” temperature, i.e. the temperature where outgassing chemistry is frozen-in

due to slow kinetics, of CH4 depends on the cooling timescale of volcanic gases (not shown

in Figure 3.12). CH4 should quench where the cooling timescale is about the same as the

timescale of CH4 generation. After gases are released from a submarine volcano, we suspect

they cool from magma temperatures to ocean temperatures on the order of seconds. If this

is the case, then the CH4 quench temperature is probably >1400 K. This would result in a

negligible increase in the CH4 content of the gas (Figure 3.12a).

Suppose that the CH4 quench temperature was instead 1000 K. In this case, the CH4

content of the gas would be increased by about a factor of 5 (Figure 3.12a). There are two
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Figure 3.12: (a) Equilibrium composition as a function of temperature for a submarine
volcanic gas which is cooled as a closed system and (b) timescales of CH4 formation during
closed system cooling. Timescales of volcanic gas cooling are not shown or calculated.

ways that a ∼1000 K CH4 quench is possible. First, gas cooling could occur on timescales

of months rather than seconds. According to Figure 3.12b, month-long gas cooling should

quench CH4 by 1000 K. Second, catalysts could dramatically speed up the reactions creating

CH4, which might allow for quench temperatures near 1000 K for even gas cooling timescales

of seconds. In the following two paragraphs we show that either of these scenario would not

significantly change our results.

To demonstrate that re-equilibration of gases to feasible lower temperatures does not

change our conclusions, assuming low CH4 quench temperatures can be achieved, we perform

another Monte-Carlo simulation identical to the one described in Section 3.2.2 except we

account for closed system cooling of volcanic gases. In the Monte-Carlo simulation we first

calculate gas composition using our outgassing model (Section 3.2.1), then we re-equilibrate

this gas mixture to the uniformly sampled gas equilibrium temperature between 800 and 1500

K. This range of gas equilibrium temperatures is the range observed in Earth’s volcanic gases
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Figure 3.13: The blue histograms in (a) and (b) are identical to Figure 3.4c and 3.4d, and
orange histograms are identical Monte Carlo simulations except they account for the closed
system cooling of volcanic gases to equilibrium temperatures observed on Earth (800 to 1500
K). To calculate CH4 fluxes, we used modern Earth’s magma production rate.

(Moussallam et al., 2019). In cases where the randomly drawn gas equilibrium temperature

is higher than the magma temperature, we assume no closed system cooling occurs.

Figure 3.13 is identical to Figure 3.4c and 3.4d, except Figure 3.13 accounts for closed

system cooling of gases. Closed system cooling allows more CH4 production on average, but

still only 0.3% and 0.1% of calculations for ocean worlds or earth-like worlds respectively pro-

duce more than 10 Tmol CH4/yr. The probability of volcanic CH4 fluxes being comparable

to modern Earth’s biological flux (30 Tmol/yr) is still low.

In summary, changes in gas chemistry during cooling might cause our speciation model

to under-predict the CH4 produced by an amount that does not change our conclusions

significantly. Further consideration of the kinetics of CH4 generation in volcanic gases is

beyond the scope of this paper.
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3.6.2 Photochemical model boundary conditions

Table 3.5 shows boundary conditions used for the Atmos photochemical model. We used the

same H2O and temperature profile as Kharecha et al. (2005) for all simulations. The version

of Atmos that we used has updated rate constants and H2O cross sections following Ranjan

et al. (2020).

Every simulation for planets orbiting the Sun uses a solar spectrum at 2.7 Ga calculated

using methods described in Claire et al. (2012), although our results are not sensitive to age

of the Sun. For planets orbiting a M8V star, we use estimates of TRAPPIST-1’s spectrum

derived by Lincowski et al. (2018), scaled so that the solar constant of the planet is 0.822

relative to modern Earth’s. We use this solar constant because it places the simulated

planet at the same relative distance from the inner edge of the habitable zone as Earth

today (Kopparapu et al., 2013).

All of our models include the modern production rate of NO from lightning.
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Table 3.5: Boundary conditions for photochemical mod-
eling

Chemical Species Deposition Velocity (cm s−1) Mixing Ratio Flux (molecules cm−2 s−1)
O 1 ... ...
O2 1.4× 10−4 ... ...
H2O 0 ... ...
H 1 ... ...
OH 1 ... ...
HO2 1 ... ...
H2O2 2× 10−1 ... ...
H2 0 ... 5.9FCH4

CO 1× 10−8 ... 1.7FCH4

HCO 1 ... ...
H2CO 2× 10−1 ... ...
CH4 0 ... variable
CH3 1 ... ...
C2H6 0 ... ...
NO 3× 10−4 ... ...
NO2 3× 10−3 ... ...
HNO 1 ... ...
O3 7× 10−2 ... ...
HNO3 2× 10−1 ... ...
H2S 2× 10−2 ... 0.1FCH4

SO3 0 ... ...
S2 0 ... ...
HSO 1 ... ...
H2SO4 1 ... ...
SO2 1 ... 0.1FCH4

SO 0 ... ...
SO4 aerosol 1× 10−2 ... ...
S8 aerosol 1× 10−2 ... ...
hydrocarbon aerosol 1× 10−2 ... ...
CO2 ... variable ...
N2 ... 0.8 ...
Notes. Species included in the photochemical scheme with a deposition velocity and flux of
0 include N, C3H2, C3H3, CH3C2H, CH2CCH2, C3H5, C2H5CHO, C3H6, C3H7, C3H8,
C2H4OH, C2H2OH, C2H5, C2H4, CH, CH3O2, CH3O, CH2CO, CH3CO, CH3CHO, C2H2,
(CH2)3, C2H, C2, C2H3, HCS, CS2, CS, OCS, S, and HS. Here, deposition velocities follow
those used by Schwieterman et al. (2019).
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Chapter 4

RAPID TIMESCALE FOR AN OXIC TRANSITION DURING
THE GREAT OXIDATION EVENT AND THE INSTABILITY

OF LOW ATMOSPHERIC O2

“To evaluate fl, the fraction of such planets on which life develops, we perform a simple

series of spectrographic observations. We first search for large amounts of molecular oxygen

- a sure sign that something strange is happening on that planet.” - Owen (1980)
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This chapter was originally published in collaboration with David C. Catling, Kevin J. Zahnle

and Mark W. Claire in the Proceedings of the National Academy of Sciences (Wogan et al.,

2022), and is reproduced below with the permission of the journal.

Summary

The Great Oxidation Event (GOE), arguably the most important event to occur on Earth

since the origin of life, marks the time when an oxygen-rich atmosphere first appeared. How-

ever, it is not known whether the change was abrupt and permanent or fitful and drawn

out over tens or hundreds of millions of years. Here, we developed a 1-D time-dependent

photochemical model to resolve time-dependent behavior of the chemically unstable transi-

tional atmosphere as it responded to changes in biogenic forcing. When forced with step-wise

changes in biogenic fluxes, transitions between anoxic and oxic atmospheres take between

only 102 and 105 years. Results also suggest that O2 between ∼ 10−8 and ∼ 10−4 mixing

ratio is unstable to plausible atmospheric perturbations. For example, when atmospheres

with these O2 concentrations experience fractional variations in the surface CH4 flux com-

parable to those caused by modern Milankovitch cycling, oxygen fluctuates between anoxic

(∼ 10−8) and oxic (∼ 10−4) mixing ratios. Overall, our simulations are consistent with pos-

sible geologic evidence of unstable atmospheric O2, after initial oxygenation, which could

occasionally collapse from changes in biospheric or volcanic fluxes. Additionally, modeling

favors mid-Proterozoic O2 exceeding 10−4 - 10−3 mixing ratio, otherwise O2 would period-

ically fall below 10−7 mixing ratio, which would be inconsistent with post-GOE absence of

sulfur isotope mass-independent fractionation.

4.1 Introduction

Abundant atmospheric O2 at 21% by volume is the most distinctive and consequential feature

of Earth’s atmosphere. Produced by cyanobacteria, algae and plants, O2 is a clear sign of our

biosphere that is detectable across interstellar space by telescopic spectroscopy (Meadows

et al., 2018). Oxygen permits aerobic respiration, the only known metabolism with sufficient
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energy yield that can sustain complex animal life (Catling et al., 2005). However, for about

the first half of Earth’s 4.5-billion-year-old history, the atmosphere had negligible O2 (e.g.

Catling and Zahnle, 2020). This changed ∼2.4 billion years ago.

The timing of the GOE, and magnitude of atmospheric O2 concentrations before and

after the GOE can be constrained by the geologic record of sulfur isotopes in combination

with photochemical models. Archean and earliest Proterozoic sedimentary minerals contain

sulfur isotopes with characteristic mass independent fractionation (MIF) which abruptly

disappears 2.4 billion years ago (Warke et al., 2020). Sulfur MIF in marine sediments likely

requires that atmospheric photochemistry produce elemental sulfur, S8 (for explanation, see

the introduction in Zahnle et al., 2006) (Pavlov and Kasting, 2002; Farquhar et al., 2000).

Zahnle et al. (2006) used a 1-D photochemical model to show that atmospheric S8 production

only occurs when atmospheric O2 is below ∼ 2×10−7 mixing ratio. An often cited threshold

of 2 × 10−6 was from an earlier photochemical model that did not simulate atmospheres

with surface O2 mixing ratios between 2 × 10−6 and ∼ 10−15 (Pavlov and Kasting, 2002).

Therefore, the disappearance of the sulfur isotope MIF signal at 2.4 Ga is strong evidence

that O2 first rose above 2× 10−7 mixing ratio.

Geologic evidence may suggest that the GOE was not a single monotonic rise of oxy-

gen but characterized by oscillations. Using U-Pb dating, Gumsley et al. (2017) updated

the chronology of sulfur isotope MIF in the stratigraphic record, finding evidence for two

oxic-to-anoxic transitions between ∼ 2.4 and ∼ 2.3 Ga. More recently, Poulton et al. (2021)

report 2.3 - 2.2 Ga marine sediments with sulfur isotopes consistent with approximately

five oxic-to-anoxic transitions. Fluctuating O2 levels coincide with three to four widespread

glaciations, indicating extreme climate instability (Rasmussen et al., 2013). Overall, geo-

chemical evidence tentatively suggests that O2 concentrations and climate were unstable

for 200 million years until ∼ 2.2 Ga, which marks the most recent estimated timing of the

permanent oxygenation of the atmosphere (Poulton et al., 2021). However, interpretations

of oscillating O2 have been questioned (Izon et al., 2022). While the geologic evidence for

the O2 oscillations remains equivocal, the data has raised significant questions regarding the
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feasibility and timescales for Earth’s great oxidation. Some have argued that the oxygen-rich

atmosphere is more stable than an oxygen-poor atmosphere (Goldblatt et al., 2006), which

favors a single rise of O2 instead of O2 oscillations.

Evidence for O2 instability and the time-dependent behavior of O2 concentrations have

not been reconciled with atmospheric photochemical models. All previous models treated

the GOE as successive photochemical steady states (Kasting and Donahue, 1980; Segura

et al., 2003; Pavlov et al., 2001; Pavlov and Kasting, 2002; Zahnle et al., 2006; Gregory

et al., 2021; Claire et al., 2014; Izon et al., 2017; Kurzweil et al., 2013). A photochemical

steady state occurs when no atmospheric species changes concentration over time because

their production and loss from reactions and surface sources (e.g. volcanoes or biology) are

balanced. Such steady state calculations have been crucial for understanding the GOE by

contextualizing sulfur isotope MIF observations (Pavlov and Kasting, 2002; Zahnle et al.,

2006), and establishing the relationship between atmospheric O2 concentrations and the

degree to which O3 blocks UV photons from Earth’s surface (i.e. O3 shielding) (Kasting

and Donahue, 1980; Pavlov et al., 2001; Gregory et al., 2021), but they do not evaluate

time-dependent changes and transient imbalances, or characteristic timescales.

Several theories for the rise of O2 suggest that it relied on a global redox titration over 108 -

109 years involving oxidation of the upper mantle and/or crust, plausibly driven by hydrogen

escape, which led to a tipping point where the source flux of O2 exceeded a kinetically rapid

O2 sink from volcanic and metamorphic reductants (Catling et al., 2001; Claire et al., 2006;

Kadoya et al., 2020; Holland, 2002; Kasting et al., 1993). Beyond the tipping point, O2

flooded the atmosphere, reaching a new, long-term balance limited by oxidative weathering.

Here, we developed a novel, time-dependent 1-D photochemical model capable of inves-

tigating changes of O2 at the tipping point itself over timescales 102 - 105 years rather than

the longer-term planetary changes which initiated the GOE. We simulate changing O2 as a

time-dependent evolution, in contrast to the steady-state approach used in previous studies

(e.g. Kasting and Donahue, 1980), because O2 can change on relatively rapid timescales that

are not well characterized by steady-states. With our model, we compute the time required
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for an anoxic-to-oxic atmospheric transition, and the time required for de-oxygenation. Ad-

ditionally, we investigate the stability of O2 concentrations against perturbations to surface

gas fluxes produced by biology. Finally, we use our model results to better constrain O2

levels and stability during the GOE (starting ∼ 2.4 Ga), and during the mid-Proterozoic eon

(1.8 to 0.8 Ga).

4.2 Methods

To investigate the transition between an anoxic and oxygen rich Earth, we use a photochem-

ical model with one spatial dimension of altitude, approximating a global average vertical

profile. One-dimensional photochemical models are typically governed by a simplification of

the continuity equation for molecules:

∂ni

∂t
= − ∂

∂z
Φi + Pi − Li +Ri, rainout +Qi, lightning (4.1)

Table 4.1 defines all the variables and their units. Here, the flux (Φi) is given by

Φi = −Kn
∂

∂z

(ni

n

)
−Dini

(
1

ni

∂ni

∂z
+

1

Hi

+
1 + αTi

T

∂T

∂z

)
(4.2)

The above system of partial differential equations (PDEs) describes how the number density

(ni) of each chemical species i changes over altitude and time.

In our photochemical model, we solve a simplified version of Equation (4.1) which assumes

that the total number density does not change over time (∂n/∂t ≈ 0). This assumption is

valid for atmospheric transitions which maintain approximately constant surface pressure

and atmospheric temperature. The continuity equations can then be written in terms of

mixing ratios (fi) instead of number densities (see Appendix B.1 in Catling and Kasting

(2017) for a derivation):

∂fi
∂t

= − 1

n

∂

∂z
Φi +

Pi

n
− Li

n
− Ri, rainout

n
+

Qi, lightning

n
(4.3)
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Φi = − (K +Di)n
∂fi
∂z

− ζinfi (4.4)

ζi = Di

(
1

Hi

− 1

Ha

+
αTi

T

∂T

∂z

)
(4.5)

To approximate Equation (4.3), the model replaces the spatial derivatives with finite

difference approximations, turning the system of PDEs into a larger system of ordinary

differential equations (ODEs). This is the “method of lines” approach to solving a PDE.

Catling and Kasting (2017), their Appendix B.2, provides a detailed description of how to do

this with Equation (4.3), therefore we will omit a detailed description here, except to point

out a sign error. The first two terms for the equation for B in their equation B.16 should

have minus signs instead of plus signs.

The system of ODEs derived from finite differencing Equation (4.3) can be evolved for-

ward in time with numerical integration. However, the photochemical ODEs are “stiff”,

meaning that some dependent variables (i.e. the mixing ratios) change much more quickly

than others. For example, in the modern atmosphere, OH typically has a chemical lifetime

of about 1 second, while CH4 has a chemical lifetime of ∼10 years. Stiff equations require

special, high stability, “implicit” integration methods. For more details on stiff equations

and the implicit methods used to solve them, see Hairer and Wanner (1996).

Often, we solve for steady states of the photochemical continuity equation (∂fi
∂t

= 0).

To find steady states, we begin with some initial atmospheric composition, then integrate

Equation (4.3) forward in time until the atmosphere ceases to change, i.e. a steady state

is reached. The assumption of photochemical steady state is approximately valid for most

periods of Earth’s history because the atmosphere changes slowly enough to be in a quasi-

steady state.

However, the Paleoproterozoic rise of O2 was a relatively fast atmospheric transition that

is not well modeled as a photochemical steady state process. Therefore, describing it requires

accurately solving the continuity equation over time.



96

Table 4.1: Variables in Equation (4.1)

Variable Definition Units
fi Mixing ratio of species i dimensionless
ni Number density of species i molecules cm-3

z Altitude cm
t Time seconds
n Total number density molecules cm-3

Pi Total chemical production of species
i

molecules cm-3 s-1

Li Total chemical loss of species i molecules cm-3 s-1

Ri, rainout Production and loss of species i from
rainout

molecules cm-3 s-1

Qi, lightning Production and loss of species i from
lightning

molecules cm-3 s-1

Φi Vertical flux of species i molecules cm-2 s-1

K Eddy diffusion coefficient cm2 s-1

Di Molecular diffusion coefficient cm2 s-1

Hi = NakT/µig, The scale heights of
species i

cm

Ha = NakT/µg, The average scale
height.

cm

Na Avogadro’s number molecules mol-1

k Boltzmann’s constant erg K-1

µ Molar mass. µ is mean molar mass of
the atmosphere, and µi is the molar
mass of species i

g mol-1

g Gravitational acceleration cm s-2

αTi Thermal diffusion coefficient of
species i. We neglect this term
(αTi = 0)

dimensionless

T Temperature K
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Table 4.2: Fixed surface flux boundary conditions for
SO2, H2S, H2, and CO used in this study. All fluxes have
units of molecules cm−2 s−1

Model SO2 H2S H2 CO
Archean
Outgassinga

1010 109 3× 1010 3× 109

Modern
Valuesb

3.5× 109 3.5× 108 1.22× 108 2.65× 1011

a The same fluxes as the “Archean High” values from Table 1 in Zahnle et al. (2006).
b Surface flux values required to reproduce the concentration of each gas in the
modern Earth’s atmosphere. These values are also the “Case 1” fluxes described in
Gregory et al. (2021).

To model the photochemistry of the GOE, we modified the photochemical model con-

tained within the Atmos modeling suite (described in Appendix B of Catling and Kasting

(2017)) so that it can accurately solve the time dependent behavior of Equation (4.3). We

call the modified version of the model PhotochemPy. Instead of using a Backward Euler as

in Atmos, we used CVODE BDF ODE solver from Sundials Computing (Hindmarsh et al.,

2005). CVODE BDF is an implementation of the backward differential formulas (BDF) and

is a gold-standard for solving large chemical kinetics problems. For details, see Section 4.6.

PhotochemPy is open source under an MIT license. The version of the code (v0.2.14) used

in this paper and the corresponding Python scripts to reproduce work done in this article is

at https://doi.org/10.5281/zenodo.6824092. However, the most up to date version of

the code can be found at the following Github link: https://github.com/Nicholaswogan/

PhotochemPy.

4.3 Results

To investigate the time-dependent behavior of O2 during the GOE, we first computed

grids of photochemical steady state atmospheres. These steady states establish context for

time-dependent photochemical modeling described in subsequent sections. Figure 1 shows

https://doi.org/10.5281/zenodo.6824092
https://github.com/Nicholaswogan/PhotochemPy
https://github.com/Nicholaswogan/PhotochemPy
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Figure 4.1: Colored contours show photochemical steady states of (a) log10 surface O2 mixing
ratio, and (b) log10 surface CH4 mixing ratio as a function of log10 O2 surface flux and
CH4 flux / O2 flux. Grey shading indicates the magnitude of elemental S8 production in
the atmosphere, which is considered essential for the preservation of sulfur isotope mass
independent fractionation in marine sediments. Peak S8 production is ∼ 107 molecules cm−2

s−1. Grey shading fades to white for S8 production less than 10−10 molecules cm−2 s−1, a
negligibly small value. Arrows labeled “Figure 4.2a” and “Figure 4.2c” indicate start and
endpoints for time-dependent photochemical models of the oxic transition shown in Figures
4.2a and 4.2c. Red, blue and green stars are the initial conditions used in the simulations
shown in Figures 4.4b, 4.4c, and 4.4d, respectfully.
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predicted steady state surface O2 mixing ratio (Figure 4.1a), surface CH4 mixing ratio (Figure

4.1b), and the precipitation of atmospheric S8 (gray shading) as a function of surface O2 flux

between 3 × 109 and 1013 molecules cm−2 s−1, and CH4 flux / O2 flux ratios between 0.27

to 0.49 where gas fluxes are those entering the atmosphere. The surface O2 fluxes reported

here are net emissions into the atmosphere which exclude recycling within the biosphere.

For reference, a comparable model of the modern Earth requires a surface O2 flux of 1012

molecules cm−2 s−1, and a CH4 flux / O2 flux of 0.09 (CH4 flux = ∼ 9×1010 molecules cm−2

s−1) (Gregory et al., 2021). We consider a CH4 flux / O2 flux ratio close to 0.5 to be more

realistic for the late Archean, prior to the GOE, because this ratio is expected if oxygenic

photosynthesis is balanced by methanogenesis. In net (Claire et al., 2006), where “CH2O”

represents organic matter:

CO2 +H2O → CH2O+O2 (Oxygenic Photosynthesis)

2CH2O → CH4 + CO2 (Methanogenesis)

CO2 + 2H2O → CH4 + 2O2 (Net)

(4.6)

The CH4 flux / O2 flux ratio is smaller than 0.5 on the modern Earth largely because of

the microbial anerobic oxidation of methane via SO2−
4 in ocean sediments, a process that

was unimportant in the anoxic mid-Archean ocean with little sulfate (Canfield et al., 2000;

Catling et al., 2007; Olson et al., 2016). We include O2 fluxes several orders of magnitude

smaller than the modern value (∼ 1012 molecules cm−2 s−1) because of evidence for smaller

primary productivity during the Proterozoic eon (Laakso and Schrag, 2019; Kipp et al.,

2021).

Recall that atmospheric S8 deposition is considered necessary to preserve sulfur isotope

MIF in ocean sediments (Pavlov and Kasting, 2002). We find that S8 production is not

possible above ∼ 10−7 O2 mixing ratio (the gray-to-white shading boundary in Figure 4.1),

consistent with previous results (Zahnle et al., 2006).

Figure 4.1 uses Archean outgassing surface fluxes for CO, H2, H2S, and SO2 listed in
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Table 4.2, with the CO2 surface mixing ratio fixed to 1% for all model runs - a reasonable

value for the late Archean according to carbon cycle modeling (Krissansen-Totton et al.,

2018a). Additionally, over the same span of surface O2 fluxes and H2 flux / O2 flux ratios,

we compute photochemical steady states for the modern fluxes for CO, CH4, H2S, and SO2

listed in Table 4.2, again fixing CO2 to 1%. The results are shown in Figure 4.5 in Chapter

Appendix 4.6.1.

In the following sections, we calculate the time required to transition between different

steady state atmospheres shown in Figures 4.1 and 4.5.

4.3.1 The timescale of atmospheric oxygenation

The orange arrow labeled “Figure 4.2a” in Figure 4.1 corresponds to the approximate start

and end states of the time-dependent photochemical model run shown in Figure 4.2a. The

model starts with an atmosphere at a steady state, then at t = 0 years, we impose a stepwise

decrease in the surface methane flux from 4.9 × 1011 to 4.7 × 1011 molecules cm−2 s−1 (we

keep the surface O2 flux constant at 1012 molecules cm−2 s−1). This perturbation causes O2

to rise from 3× 10−8 to 3× 10−5 mixing ratio over ∼ 3500 years, eliminating photochemical

S8 production.

The O2 transition in Figure 4.2a(i) is modulated by O3 shielding of tropospheric H2O

(Kasting and Donahue, 1980). When a stratospheric O3 layer begins to develop, OH produc-

tion from H2O decreases (Figure 4.2a(ii)). Decreasing OH concentrations prevent the mutual

annihilation of O2 and CH4 (by CH4+OH → CH3+H2O followed by CH3+O2 → products),

so O2 levels increase. The mixing ratio of CH4 also rebounds. O3 shielding (protecting life

on the surface from harmful solar UV radiation) is just barely beginning to operate in this

example compared to the modern Earth. After the atmosphere reaches a new steady state,

the atmospheric column has 3 × 1017 O3 molecules cm−2, some 26 times smaller than the

modern value of 8× 1018 molecules cm−2. Note, the extent to which O3 shields tropospheric

H2O can be strongly modulated by 3-D dynamical effects (Cooke et al., 2022), which we do

not account for.
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Figure 4.2: Three models of anoxic to oxic transitions. (a) Shows atmospheric oxygenation
caused by a step-wise decrease in the methane flux from 4.9 × 1011 to 4.7 × 1011 molecules
cm−2 s−1 (orange arrow in Figure 4.1). Panel (i) shows surface O2 and CH4 mixing ratios,
and O3 and S8 column abundance over time; Panel (ii) shows OH surface mixing ratio and
tropospheric H2O photolysis rate. (b) Shows transition caused by step-wise increase in the
O2 flux from 1012 to 1.8 × 1012 molecules cm−2 s−1 and a stepwise increase in the CH4

flux to maintain constant CH4 flux / O2 flux = 0.45 (Figure 4.5 in Chapter Appendix 4.6.1).
Transition in (c) results from a step-wise decrease in the CH4 flux from 4.9×1011 to 4.5×1011

molecules cm−2 s−1 (black arrow in Figure 4.1).
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Like Figure 4.2a, Figure 4.2b also shows a transition between 5× 10−8 and 2× 10−5 O2

mixing ratio, but this model uses the modern outgassing fluxes for CO, H2, H2S, and SO2

listed in Table 4.2 instead of presumptive Archean outgassing values. Also, at t = 0 years,

we impose a stepwise increase of the O2 flux from 1012 to 1.8 × 1012 molecules cm−2 s−1

while keeping the CH4 flux / O2 flux ratio at 0.45 (see Figure 4.5 for context). While the

anxoic-to-oxic transition itself still occurs rapidly, the atmosphere simulated in Figure 4.2b

takes 60,000 years to reach the tipping point, which is much longer than the comparable O2

transition shown in Figure 4.2a.

The time required for O2 to begin to rise in concentration is controlled by the reservoir of

reducing gases, primarily CH4, H2 and CO, in the pre-oxygenated atmosphere. Big reservoirs

of reducing gases slow the timescale of oxygenation because reducing gases must be mostly

removed before O2 can increase. O2 cannot increase while reducing gases are abundant

because large oxygen sinks from reactions with reducing gases prevent it. That is why 3,500

years elapse before O2 begins to rise in Figure 4.2a, and why 60,000 years elapse before

O2 rises in Figure 4.2b. Figure 4.2b starts with more reducing gases, which take longer to

eradicate.

We can roughly estimate the time required for O2 to begin to rise with a back-of-

the-envelope calculation of the rate that reducing gases are eliminated from the anoxic

atmosphere. The total reservoir of reducing gases in the pre-oxygenated atmosphere in

O-equivalent units is

Nreducing =
∑
j

Njαj ≈ −4NCH4 −NCO −NH2 (4.7)

Here, Nreducing is the O-equivalent column abundance of reducing gases (Oequiv molecules

cm−2), which is equal to the sum of all reducing gases in the atmosphere (Nj) multiplied

by αj, the redox state of each gas. Redox state is a relative quantity that requires defining

redox-neutral reference species. Following previous models of the early Earth (Zahnle et al.,

2006), we define H2O, SO2, CO2 and N2 as redox-neutral, with the oxygen redox parameter
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αO = +1. Therefore, αH = −0.5, αS = −2, and αC = −2, from redox stoichiometry of

hydrogen, sulfur and carbon, respectfully. It then becomes straight-forward to calculate the

αj for any molecule. For example, αCH4 = αC + 4αH = −2 − 2 = −4. For a more in-depth

explanation of atmospheric redox, see Section 3 in Harman et al. (2015) or Chapter 8 in

Catling and Catling and Kasting (2017). Nreducing is approximately equal to the weighted

sum of CH4, H2, and CO because these are the main reducing gases in an Archean Earth-like

atmosphere.

The change in column abundance of reducing gases is the difference between the redox

columns at the finial and initial atmospheric states.

∆Nreducing = Nfinal
reducing −N initial

reducing (4.8)

In Figures 4.2a and 4.2b, we initiate the rise of oxygen by changing the surface flux of CH4

and/or O2 flux. We can quantify this flux perturbation in units of Oequiv molecules cm−2 s−1

(∆FOequiv
):

∆FOequiv
=

∑
i

F final
i αi −

∑
i

F initial
i αi

= (2F final
O2

− 4F final
CH4

)− (2F initial
O2

− 4F initial
CH4

)

(4.9)

Therefore, the time required to oxidize the reducing gases in the atmosphere and permit

oxygen to begin rising is approximately

τoxy =

∣∣∣∣∆Nreducing

∆FOequiv

∣∣∣∣ (4.10)

Plugging in values for the O2 transition in Figure 4.2b yields τoxy = 2,900 years, a value

only slightly smaller than the 3,500 years predicted by the time-dependent photochemical

model. For Figure 4.2b, τoxy = 29,000 years, which is about a factor of 2 smaller than the

figure from 1-D photochemistry. Our estimate is too small in this case because the reducing
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column and its destruction rate is not constant prior to the rise of oxygen (see Section

4.6). This calculation illustrates that the time required for oxygen to begin rising, once a

tipping point of fluxes is reached, mostly depends on the quantity of reducing gases in the

pre-oxygenated atmosphere.

Figure 4.2c shows a more substantial anoxic-to-oxic transition compared to simulations

shown thus far. We start with the same steady state atmosphere as in Figure 4.2a, except we

decrease the methane flux by twice as much at t = 0, from 4.9× 1011 to 4.5× 1011 molecules

cm−2 s−1 instead of 4.7× 1011 molecules cm−2 s−1 (we keep the surface O2 flux constant at

1012 molecules cm−2 s−1). O2 begins to rise and eliminates S8 production after ∼ 1500 years,

but O2 will reach higher levels because of the lower CH4 flux. It takes ∼ 300, 000 years for

O2 to reach its final steady state abundance of 4× 10−3 mixing ratio. While the switch from

10−8 to 10−5 O2 mixing ratio remains as rapid as in Figure 4.2a, the predicted increase in

O2 concentrations to 4× 10−3 requires far longer. This timescale is roughly analogous to the

time required to deplete H2 and CH4 reservoirs to allow O2 to initially rise in concentration.

In summary, the timescale for O2 to rise in concentration depends on the reservoir of redox

gases in the atmosphere, and the magnitude of the perturbation to redox surface fluxes. For

O2 to rise from 10−8 to 10−5, reducing gases must first be removed, which can take 1000s

to 10,000s of years (Figures 4.2a and 4.2b). Increasing O2 concentrations beyond 10−5 to

near % levels, requires filling a large O2 reservoir, which occurs on 105 year timescales in our

model run (Figure 4.2c).

4.3.2 The time required for deoxygenation

Here, we use our time-dependent photochemical model to address the controversy of the

reversibility of the oxic transition (Poulton et al., 2021; Izon et al., 2022). Figure 4.3a, 4.3b,

and 4.3c show the reverse of model runs shown in Figure 4.2a, 4.2b, and 4.2c. For each model

run, we start with an atmosphere initially at a steady state at the end of the simulations

shown in Figures 4.2a - 4.2c. Then we impose a stepwise change in the O2 and CH4 flux

at t = 0 years to return the atmosphere to anoxia. The reversal of Figures 4.2a, 4.2b, and
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Figure 4.3: (a), (b) and (c) show simulated reversal of the oxic transitions shown in Figures
4.2a, 4.2b, and 4.2c, respectfully. Each oxic to anoxic transition is caused by a stepwise
change of the CH4 flux and O2 flux at t = 0 years.
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4.2c take approximately 700, 100, and 40,000 years, respectively, in comparison to the 3,500,

60,000, and the 300,000 years required for oxygenation.

Like the timescale for oxygenation, the timescale of de-oxygenation depends on the col-

umn abundance of redox sensitive gases. In the previous section, we established that the

timescale required for O2 to begin to rise is merely the time required to deplete the reservoirs

of CH4 and other reducing gases. Analogously, the timescale of deoxygenation is determined

by the reservoir of O2 and other oxidizing gases in the oxygenated atmosphere. The reversal

shown in Figure 4.3b starts with only 2 × 10−5 O2, which can be depleted very quickly,

allowing the return of an anoxic atmosphere. In contrast, the reversal shown in Figure 4.3c

takes 40,000 years because the atmosphere starts with 4 × 10−3 O2, which takes longer to

deplete.

4.3.3 The stability of post-GOE atmospheric oxygen

In the previous two sections we show that reservoirs of redox gases, primarily methane

and oxygen, give the atmosphere chemical inertia, controlling the timescale of O2 changes.

When reservoirs are big, for similar flux perturbations, the O2 mixing ratio will change

relatively slowly over time; however, when reservoirs are small, photochemistry permits

rapid O2 transitions. Therefore, the abundance of redox gases in an atmosphere is closely

linked to the photochemical stability of oxygen.

Figure 4.4a shows the steady state inertial timescale of redox gases, τinertia, over the

same axes as Figure 4.1, which shows mixing ratios. τinertia is the sum of all redox gases

in the atmospheric column (O-equivalent molecules cm−2), divided by a characteristic flux

perturbation, which we take to be 10% of the O2 flux:

τinertia =
Nredox

Fredox perturb.

=

∑
i |αi|Ni

0.1αO2FO2

(4.11)

We choose the characteristic flux perturbation to be 10% of the O2 flux because it is the

same order of magnitude as natural redox variations that occur on the modern Earth during
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Figure 4.4: The photochemical stability of O2. Shading in (a) shows the steady state inertial
timescale of redox gases (Equation (4.11)), and colored contours are the steady state log10
surface O2 mixing ratio (same as Figure 4.1a). (b), (c), and (d) are time-dependent photo-
chemical simulations with oscillating CH4 surface fluxes, each beginning with steady state
atmospheres indicated in (a). O2 stability is directly proportional to the column abundance
of redox gases in the atmosphere.
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Milankovitch cycling (see the Discussion section). An upper limit for the characteristic flux

perturbation would be 100% of the O2 flux. This would decrease all τinertia values in Figure

4.4a by a factor of 10, which would not change our interpretation. Since CH4, CO, H2, and O2

are the most important redox gases, the numerator in Equation (4.11) is well approximated

by 4NCH4 +NCO +NH2 + 2NO2 . Oxygen is the most prone to change for the smallest τinertia

values, coinciding with O2 mixing ratios between ∼ 10−8 and ∼ 10−5 shown in the whitish

region of Figure 4.4a.

The time-dependent photochemical models shown in Figures 4.4b - 4.4d illustrate the

relationship between τinertia and O2 instability. To produce Figure 4.4b, we started with the

steady state atmosphere indicated on Figure 4.4a, then imposed 17% amplitude oscillations

to the CH4 flux with a period of 10,000 years. This forcing had no perceptible effect on

the 3× 10−9 atmospheric O2. A similar 20% CH4 flux oscillations also did not significantly

perturb an oxic atmosphere starting with 3× 10−4 O2 (Figure 4.4d). However, just 5% CH4

flux oscillations cause ∼ 4 orders-of-magnitude oscillations in surface oxygen concentrations

for an incipiently oxic atmosphere starting with 3 × 10−7 O2 (Figure 4.4c). O2 is most

unstable where the abundance of all redox gases is smallest relative to a characteristic redox

surface flux (the whitish area of Figure 4.4a) between ∼ 10−8 and ∼ 10−5 O2 mixing ratio.

Stability continually increases outside of this range of O2 concentrations.

While O2 was relatively stable in the Figure 4.4b and 4.4d simulations, it does not

mean these atmospheres and initial oxygen concentrations are stable to all atmospheric

perturbations. The stability of any O2 mixing ratio depends on the atmospheric forcings

that are likely in nature. In the discussion section, we argue that the CH4 flux oscillations

used in Figure 4.4 are realistic because comparable fractional changes in the methane flux

have occurred over the past 650,000 years.

Flux oscillations over timescales greater than ∼ 10 years are required to significantly

affect O2 concentrations. Imposing 100% amplitude fluctuations to the CH4 flux with a

period of 1 year, starting with the same atmosphere as Figure 4.4c, did not significantly

alter the atmosphere over time. Atmospheres with between ∼ 10−8 and ∼ 10−5 O2 contain
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some CH4 and O2, which gives the atmosphere inertia against annual to decadal change.

4.4 Discussion

Recently, Gregory et al. (2021) computed photochemical steady state atmospheres for a

wide range of surface O2 and CH4 fluxes and found bistable O2 concentrations. Their model

allows steady state atmospheres for O2 concentrations below 6 × 10−7 and above 2 × 10−3

mixing ratio but admits few steady state solutions in between. They hypothesized that

feedbacks between O2 and O3 shielding eliminate most solutions with these intermediate O2

concentrations. In contrast, our model can yield a steady state solution with intermediate O2

concentrations given the right constant surface flux boundary conditions (e.g. Figure 4.2b;

see also Gregory et al. Figure 8). The difference might be caused by different steady state

convergence criteria, chemical reaction networks, boundary conditions, or a combination of

these factors.

However, a photochemical steady state, e.g., at 10−6 O2 mixing ratio, does not mean that

such an atmosphere is stable and realistic over 105 to 106 year timescales. Gas fluxes from

Earth’s surface can vary during these timescales and significantly change O2 concentrations

(results section).

For example, in the past 650,000 years, the biogenic methane flux has oscillated with

an amplitude of 25% (6 × 109 molecules cm−2 s−1) and a 100,000 year period (Hopcroft

et al., 2018; Spahni et al., 2005). On the modern Earth, methanogens in wetlands are

a major source of atmospheric methane (Canadell et al., 2021). Every 100,000 years, ice

sheets have advanced and retreated, covering and uncovering wetlands, changing the CH4

flux to the atmosphere. These ice ages and methane flux variations are in response to

Milankovitch cycles with characteristic periods between 20,000 and 100,000 years. This exact

same methane oscillation would not have occurred in the late Archean or early Proterozoic

because modern wetlands did not exist then, but a similar process involving microbial mats

is conceivable.

Zhao et al. (2018) modeled cyanobacterial mats on Proterozoic land, finding that they
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could have been a substantial CH4 source to the atmosphere. Ice sheets covering and uncov-

ering microbial mats could have affected global CH4 fluxes. Figure 4.4c illustrates the effect

of 5% methane flux variations over Milankovitch timescales on an atmosphere starting with

3 × 10−7 O2. O2 oscillates nearly four orders of magnitude between ∼ 10−8 (anoxic) and

∼ 10−4 (oxic) (Figure 4.4).

An oscillating methane flux is only one of many possible atmospheric perturbations. The

early Proterozoic geologic record preserves evidence of large igneous provinces (LIPs), or

massive volcanic eruptions (Gumsley et al., 2017). In Section 4.6, we show that the H2 and

CO outgassed from a significant LIP eruption could cause the O2 surface mixing ratio to

drop from 2 × 10−5 to 4 × 10−9 in ∼ 100 years, causing a return to sulfur isotope MIF. In

this simulation, we use the maximum LIP eruption rates reported in the literature (Bryan

et al., 2010). In addition to LIPs, a Snowball Earth event concurrent with the GOE would

have presumably affected gases produced by the biosphere (Rasmussen et al., 2013).

Constant surface gas fluxes from biology and volcanism for millions of years in the after-

math of the initial rise of O2 are unlikely. Additionally, our photochemical modeling shows

that for atmospheres with transitional O2 concentrations, relatively small atmospheric per-

turbations (e.g. a CH4 flux change of 5%) over timescales as short as 100s of years can cause

O2 to change by orders of magnitude (e.g. Figure 4.3b). Therefore, substantial variability

of O2 during the GOE appears possible.

For these reasons, our photochemical modeling results are compatible with recently pub-

lished evidence of fluctuating sulfur isotope MIF (Poulton et al., 2021; Gumsley et al., 2017)

indicating that O2 was unstable between 2.4 and 2.2 Ga. We find that shut-off of S8 aerosol

production, which is required to produce sulfur isotope MIF, occurs at ∼ 10−7 O2 mixing

ratio, a region of the parameter space where O2 is prone to rapid change (Figure 4.4). But,

oxygen surface levels between ∼ 10−8 and ∼ 10−4 mixing ratio were likely unstable. Short

period changes to the biosphere, or volcanic outgassing rates could have caused order of

magnitude O2 changes over 100 to 100,000 year timescales. Occasionally, big perturbations

to the atmosphere, such as a LIP, might have lowered O2 concentrations enough for sulfur
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isotope MIF to reoccur. Note, the above explanation for the cause of O2 oscillations prior to

2.2 Ga is complicated by S-MIF data presented in Izon et al. (2022), which do not suggest

the same O2 variability found by Poulton et al. (2021).

After 2.2 Ga, and during the mid-Proterozoic, sulfur isotope MIF never returned. There-

fore, this time must have had O2 concentrations large enough to prevent O2 collapse. Our

modeling shows that larger O2 concentrations give the atmosphere chemical inertia, slowing

atmospheric deoxygenation (Figure 4.3). It is therefore challenging to reconcile our modeling

results with the interpretation of Planavsky et al. (2014b), who used Proterozoic chromium

isotopes to argue that O2 could not have been larger than 2 × 10−4 mixing ratio. Such

a small O2 reservoir would have been unstable to LIP eruptions, or variations in the CH4

flux from Milankovitch cycles (Figure 4.4), which both have evidence for occurring in the

mid-Proterozoic stratigraphic record (Zhang et al., 2015; Meyers and Malinverno, 2018; Le-

Cheminant and Heaman, 1989). We conclude that for stability, mid-Proterozoic O2 levels

should have exceeded ∼ 10−4. This conclusion is compatible with mid-Proterozoic Fe iso-

topes in ironstones, which suggest O2 levels between approximately 2×10−4 - 2×10−3 mixing

ratio (Wang et al., 2022).

Our results are not sensitive to the changing solar UV photon flux between the GOE

(∼ 2.4 Ga) and the mid-Proterozoic. Re-calculating Figure 4.1 using the solar UV flux at

1.3 Ga (Claire et al., 2012) results in surface O2 and CH4 surface mixing ratios within a

factor of 2 of Figure 4.1.

Our work also has implications for the most likely oxygen levels before the GOE. Johnson

et al. (2021) analyzed molybdenum isotopes in the Archean sedimentary record for signs of

continental oxidative weathering. Their work is compatible with two end-member interpre-

tations: (1) if Archean O2 was evenly distributed over the globe, then the surface O2 mixing

ratio was > 3×10−8 and < 2×10−7, or (2) if O2 accumulation was geographically restricted,

then the O2 surface flux was greater than 0.01 Tmol yr−1 (3× 107 molecules cm−2 s−1). Our

modeling suggests (1) is unlikely because we find that O2 is likely unstable over geologic time

for this range of oxygen levels.
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In our modeling, we do not explicitly consider redox reservoirs in the oceans, sediments,

crust, and mantle for good reason. These reservoirs are coupled to the atmosphere and can

modulate O2 levels. However, the timescale of equilibration between the atmosphere and

other redox reservoirs is often relatively long (e.g. 100 Myr for organic carbon in continental

sediments), so we consider them to be approximately constant over the timescale of O2

transitions (< 105 years).

A caveat is the coupling between redox reservoirs in the atmosphere, crust or sediments

might depend on atmospheric composition. An example is the pyrite oxidation rate, which

depends on the partial pressure of oxygen (Gregory et al., 2021). We do not explicitly

consider such feedbacks, which could affect the timescale of changing O2 levels.

An additional, related caveat is that our model does not consider biological feedbacks.

The rise of O2 would limit habitats for anaerobes, and permit more widespread aerobic

respiration, potentially dropping the CH4 flux / O2 flux ratio further than we have modeled

here. Also, a stronger ozone UV shield would make new habitats for cyanobacteria and

allow the expansion of life on land, promoting chemical and oxidative weathering. All these

changes, which we do not explicitly model, would modulate oxygen levels. In this article, we

impose changes in the CH4 and O2 flux that are suppose to be representative of a changing

biosphere, but a better model would determine more realistic changes in gas fluxes by directly

coupling 1-D photochemistry and biology.

4.5 Conclusions

Our time-dependent photochemical modeling of the Great Oxidation Event suggests that

oxygen can rise and fall over geologically short periods of time. For an anoxic to oxic

transition, once a tipping point of imbalanced redox fluxes is reached, the reservoir of reducing

gases in the atmosphere must be eliminated before O2 can begin to rise. This takes 100s

to 10,000s of years. O2 accumulation to just hundredths or tenths of percent levels requires

filling a large O2 reservoir, which may occur on a 105 year timescales. Atmospheric de-

oxygenation occurs over similar periods of time, mainly controlled by the magnitude of the
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initial O2 abundance.

We also find O2 instability, especially for mixing ratios between ∼ 10−8 and ∼ 10−5.

For these O2 concentrations, photochemistry demands that both CH4 and O2 be relatively

small in concentration. This small reservoir of redox sensitive gases permits rapid changes

to the atmosphere’s redox state. For example, for an atmosphere starting with 3× 10−7 O2,

5% amplitude oscillations to the methane flux with a period of 10,000 years cause oxygen

to fluctuate four orders of magnitude between anoxic and oxic. Additionally, we show that

a LIP eruption could cause the collapse of O2 and the return of sulfur isotope MIF for an

atmosphere starting with 2× 10−5 O2 mixing ratio (Supporting Information).

We emphasize that the short term (102 - 105 year) variability in O2 levels considered here

occurred on the backdrop of the billion year oxidation of the crust and mantle, and long-term

organic burial, which are argued to be the ultimate causes of the rise of oxygen on Earth

(e.g. Catling et al., 2001).

Overall, our modeling is compatible with, but does not prove, proposed geologic evidence

for fluctuating and unstable atmospheric O2 after the initial rise of oxygen 2.4 billion years

ago. A single, uni-directional, oxidation event remains plausible, although would require

strong and perhaps biological feedbacks promoting permanent substantial changes in the

global CH4 flux / O2 flux ratio. While this is evident between the Archean (CH4 flux /

O2 flux ∼ 0.5) and modern (CH4 flux / O2 flux ∼ 0.1) biospheres, the dynamics of the

Proterozoic biosphere remain largely unexplored. Also, our results suggest that a stable,

post-GOE, mid-Proterozoic atmosphere would need an O2 mixing ratio exceeding a value in

the 10−4 - 10−3 range.

4.6 Chapter Appendix

4.6.1 Photochemical modeling details

All Great Oxidation Event (GOE) simulations use the solar spectrum at 2.4 Ga, calculated

with methods described in Claire et al. (2012). We also always include chemical rainout and
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Figure 4.5: Identical to Figure 4.1, except we use the “Modern Values” surface fluxes in
Table 4.2. The time-dependent photochemical simulation shown in Figure 4.2b, is indicated
with a black arrow.

NO production from lightning. 95% of steady state simulations conserve redox to a factor

better than 10−6. 3% of models, all with > 0.1% steady-state O2, conserve redox to a factor

of ∼ 10−3. Figure 4.5 shows results from steady-state photochemical simulations over the

same parameter space as Figure 4.1, except using the “Modern Values” fluxes from Table

4.2. Figure 4.6 shows assumed eddy diffusion and temperature profiles.

4.6.2 Estimating the timescale of the rise of O2

In Section 4.3, we estimated the timescale for the rise of O2 using the following equation:

τoxy =

∣∣∣∣∆Nreducing

∆FOequiv

∣∣∣∣ (4.12)

Applying this equation to the Figure 4.2b simulation:
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Figure 4.6: The temperature and eddy diffusion used for every simulation.

∆FOequiv
= (2F final

O2
− 4F final

CH4
)− (2F initial

O2
− 4F initial

CH4
)

= (2(1.8× 1012)− 4(8.1× 1011))− (2(1.0× 1012)− 4(4.5× 1011))

= 1.6× 1011 molecules cm−2 s−1

(4.13)

τoxy =

∣∣∣∣∆Nreducing

∆FOequiv

∣∣∣∣ = ∣∣∣∣1.47× 1023

1.6× 1011

∣∣∣∣ = 9.8× 1011 s = 29, 000 years (4.14)

This estimation is about a factor of two smaller than the ∼60,000 years predicted by our

time-dependent photochemical model.

Figure 4.7 shows the column of reducing gases and its destruction rate during the Figure

4.2b simulation. Our estimation for the timescale of oxygenation (Equation (4.14)) is off

by a factor of two because the reducing column evolves over time, and our estimation of its

destruction rate (∆FOequiv
) is too large. In the photochemical model, chemistry and transport

does not permit a reducing column destruction rates identical to the imposed change in redox
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Figure 4.7: Reducing gas column and its destruction rate for the simulation shown in Figure
4.2b.

fluxes at the surface (1.6× 1011 O molecules cm−2 s−1).

4.6.3 A Large Igneous Province may have destabilized atmospheric oxygen

Here, we show that the H2 and CO outgassing from large igneous provinces (LIPs), or

massive volcanic eruptions, could have potentially caused the collapse of transitional O2

concentrations (∼ 10−8 to ∼ 10−4 mixing ratio).

To compute H2 and CO outgassing rates from LIPs, we use the outgassing model described

in Wogan et al. (2020b). To briefly summarize, the model estimates the composition of

gas bubbles suspended in magma just prior to release into the overlying atmosphere or

ocean. Gas composition is computed by solving a system of equations including solubility

relationships for H2O and CO2, gas-phase equilibrium relationships, and mass conservation of

hydrogen and carbon. The model has five inputs: Magma oxygen fugacity, temperature, and

overburden pressure, and the H2O and CO2 mass fractions (mtot
H2O

, and mtot
CO2

) in the magma
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before degassing occurs. For LIPs, we assume a magma oxygen fugacity one log-unit below

the fayalite-magnetite-quartz mineral redox buffer (i.e. ∆FMQ-1) following Archean proxies

(Aulbach and Stagno, 2016). See Chapter 7 in Catling and Kasting (2017) for a description

of the fayalite-magnetite-quartz redox buffer. Additionally, we use mtot
H2O

= 0.5 wt% and

mtot
CO2

= 0.05 wt% which agrees with estimates of LIP volatile concentrations (Wallace et al.,

2015). Finally, we take the degassing temperature and pressure to be 1473 K and 1 bar,

respectfully. With these inputs, our outgassing model predicts 1.6× 10−2 mol H2/kg magma

and 1.7× 10−3 mol CO/kg magma.

Converting gas production rates (e.g. mol H2/kg magma) into gas fluxes to the atmo-

sphere requires estimations of magma eruption rates during LIPs. Basaltic LIPs typically

last several million years and cumulatively produce > 3× 1018 kg magma (Self et al., 2015).

This magma is release over 10s to 100s of eruptions each lasting several years to 10s of years

with eruptions rates between 3× 1013 to 3× 1015 kg magma yr−1 (Bryan et al., 2010). Mul-

tiplying these eruption rates by calculated gas production yields H2 fluxes between 1.9× 109

and 1.9× 1011 molecules cm−2 s−1 and CO fluxes between 2.0× 108 and 2.0× 1010 molecules

cm−2 s−1.

The time-dependent photochemical simulation shown in Figure 4.8 shows how atmo-

spheric O2 responds to maximum LIP H2 and CO outgassing scenario. The simulation

starts with an atmosphere initially at equilibrium, then at t = 0 years, we increase the H2

and CO outgassing fluxes by 1.9× 1011 and 2.0× 1010 molecules cm−2 s−1, respectfully. O2

drops from 2 × 10−5 to 4 × 10−9 in 100 years. Basaltic LIP eruptions can last for 10s of

years (Bryan et al., 2010), so a 100 year eruption, which is required to cause O2 to collapse,

is within the realm of possibility. However, the period of anoxia would likely be maintained

for only a few hundred years, until the eruption ceased. Several periods of anoxia, each cor-

responding to a significant eruption, might occur during an entire several-million-year LIP

event.

It is unclear whether a 100 year period of anoxia is detectable in the geologic record of

multiple sulfur isotopes. A single sample from the sedimentary record might represent a
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Figure 4.8: Modeled oxic to anoxic transition caused by H2 and CO outgassing from a
large igneous province eruption. The simulation begins with a photochemical equilibrium
atmosphere, and then is perturbed by a stepwise increase of the H2 and CO flux by 1.9×1011

and 2.0×1010 molecules cm−2 s−1, respectfully. A LIP eruption should able to produce these
outgassing fluxes for the 100 years required to cause O2 to collapse (see text).
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period of time greater than 100 years, thus containing sulfur from both an oxic and anoxic

atmosphere, diluting the S-MIF signal. Evaluating the detectability of short-term anoxia in

the sedimentary record of sulfur isotopes is an interesting target for future work coupling

in-situ and bulk rock measurements (Meyer et al., 2017).

LIPs may have additional effects on the atmosphere that we are not accounting for in

the above calculations. For example, increased Cl outgassing could catalyze O3 and CH4

destruction (e.g. Cl + O3 → ClO + O2 and Cl + CH4 → HCl + CH3), which could have a

non-trivial effect on the O2 concentration.
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Part II

ORIGIN OF LIFE ATMOSPHERIC CHEMISTRY
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Chapter 5

ORIGIN OF LIFE MOLECULES IN THE ATMOSPHERE
AFTER BIG IMPACTS ON THE EARLY EARTH

“At the time such objects were falling on the moon similar objects fell on the Earth... Its

materials would have fallen through the atmosphere in the form of iron and silicate rains

and would have reacted with the atmosphere in the process... Thus it is very difficult to

see how the primitive atmosphere of the Earth contained more than trace amounts of other

compounds of carbon, nitrogen, oxygen and hydrogen than CH4, H2O, NH3 (or N2) and H2.”

- Urey (1952)
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At the time of writing, this chapter is accepted for publication in the Planetary Science

Journal written in collaboration with David C. Catling, Kevin J. Zahnle, and Roxana Lupu.

Summary

The origin of life on Earth would benefit from a prebiotic atmosphere that produced ni-

triles, like HCN, which enable ribonucleotide synthesis. However, geochemical evidence sug-

gests that Hadean air was relatively oxidizing with negligible photochemical production of

prebiotic molecules. These paradoxes are resolved by iron-rich asteroid impacts that tran-

siently reduced the entire atmosphere, allowing nitriles to form in subsequent photochemistry.

Here, we investigate impact-generated reducing atmospheres using new time-dependent, cou-

pled atmospheric chemistry and climate models, which account for gas-phase reactions and

surface-catalysis. The resulting H2-, CH4- and NH3-rich atmospheres persist for millions

of years, until hydrogen escapes to space. HCN and HCCCN production and rainout to

the surface can reach 109 molecules cm−2 s−1 in hazy atmospheres with a mole ratio of

CH4/CO2 > 0.1. Smaller CH4/CO2 ratios produce HCN rainout rates < 105 molecules

cm−2 s−1, and negligible HCCCN. The minimum impactor mass that creates atmospheric

CH4/CO2 > 0.1 is 4 × 1020 to 5 × 1021 kg (570 to 1330 km diameter), depending on how

efficiently iron reacts with a steam atmosphere, the extent of atmospheric equilibration with

an impact-induced melt pond, and the surface area of nickel that catalyzes CH4 production.

Alternatively, if steam permeates and deeply oxidizes crust, impactors ∼ 1020 kg could be

effective. Atmospheres with copious nitriles have > 360 K surface temperatures, perhaps

posing a challenge for RNA longevity, although cloud albedo can produce cooler climates.

Regardless, post-impact cyanide can be stockpiled and used in prebiotic schemes after hy-

drogen has escaped to space.

5.1 Introduction

Two essential aspects of life are a genome and catalytic reactions, so the presence of ri-

bonucleotide molecular “fossils” in modern biochemistry (White, 1976; Goldman and Kacar,
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2021) and the ability of RNAs to store genetic information and catalyze reactions have led

to the hypothesis that RNA-based organisms originated early (Cech, 2012; Gilbert, 1986).

This hypothesis proposes a stage of primitive life with RNA as a self-replicating genetic

molecule that evolved by natural selection, which, at some point, became encapsulated in a

cellular membrane and may have interacted with peptides from the beginning in the mod-

ified hypothesis of the RNA-Peptide World (e.g. Di Giulio, 1997; Muller et al., 2022). In

any case, RNA must be produced abiotically on early Earth for such scenarios. Chemists

have proposed several prebiotic schemes that require nitriles - hydrogen cyanide (HCN),

cyanoacetylene (HCCCN), cyanamide (H2NCN), and cyanogen (NCCN) - to synthesize ri-

bonucleobases, which are building blocks of RNA (Benner et al., 2020; Sutherland, 2016;

Yadav et al., 2020).

Abiotic synthesis of nitriles in nature is known to occur efficiently from photochemistry in

reducing N2-CH4 atmospheres (Zahnle, 1986; Tian et al., 2011). Indeed, Titan’s atmosphere,

composed of mostly N2 and CH4, makes HCN, HCCCN and NCCN (Strobel et al., 2009).

Geochemical evidence does not favor a volcanic source for a CH4-rich prebiotic atmo-

sphere. Redox proxies in old rocks indicate that Earth’s mantle was only somewhat more

reducing 4 billion years ago (Aulbach and Stagno, 2016; Nicklas et al., 2019). Therefore, vol-

canoes would have mostly produced relatively oxidized gases like H2O, CO2 and N2 instead

of highly reduced equivalents, H2, CH4 and NH3 (Holland, 1984; Catling and Kasting, 2017;

Wogan et al., 2020a). Thus, steady-state volcanism would have likely produced Hadean (4.56

- 4.0 Ga) air with CO2 and N2 as bulk constituents, whereas reducing gases, such as CH4,

would have been minor or very minor.

However, Urey (1952) suggested that the prebiotic atmosphere was transiently reduced by

large asteroid impacts. In more detail, Zahnle et al. (2020) argued that iron-rich impact ejecta

could react with an impact-vaporized ocean to generate H2 (Fe+H2O ↔ FeO+H2). As the

H2O- and H2-rich atmosphere cools, their chemical equilibrium modeling with parameterized

quenching finds that H2 can combine with atmospheric CO or CO2 to generate CH4. After

several thousand years of cooling, the steam condenses to an ocean, leaving a H2 dominated
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atmosphere containing CH4. Zahnle et al. (2020) used a photochemical box model to show

that such a reducing atmosphere would have generated prebiotic molecules like HCN. The

reducing atmospheric state terminates when H2 escapes to space after millions of years.

Model simplicity in Zahnle et al. (2020) left critical questions unanswered. Their model

of a cooling steam post-impact atmosphere did not explicitly simulate chemical kinetics per-

tinent to Earth, which may inaccurately estimate the generated CH4. Additionally, their

photochemical box model did not include all relevant reactions or distinguish between dif-

ferent prebiotic nitriles (e.g. HCN and HCCCN). Finally, Zahnle et al. (2020) only crudely

computed the climate of post-impact atmospheres, yet surface temperature is important for

understanding the possible fate of prebiotic feedstock molecules. These molecules are needed

to initiate prebiotic synthesis and must be available in the prebiotic environment.

Here, we improve upon the calculations made in Zahnle et al. (2020) using more so-

phisticated and accurate models of post-impact atmospheres. We estimate post-impact H2

production by considering reactions between the atmosphere and delivered iron, and equili-

bration between the atmosphere and impact-generated melt. Our model explicitly simulates

the 0-D chemical kinetics of a cooling steam atmosphere, considering gas-phase reactions, as

well as reactions occurring on nickel surfaces which catalyze CH4 production given that nickel

is expected to be delivered by big impactors. After post-impact steam condenses to an ocean,

we simulate the long-term evolution of a reducing atmosphere with a 1-D photochemical-

climate model, quantifying HCN and HCCCN production and the climate in which they are

deposited on Earth’s surface. Additionally, we discuss the possible fate and preservation

of prebiotic molecules in ponds or lakes on Hadean land. Finally, we discuss how “lucky”

primitive life was if created by post-impact molecules, given a need to not be subsequently

annihilated by further impactors.

5.2 Methods

We organize our investigation of post-impact Hadean atmospheres in three phases of atmo-

spheric evolution depicted in Figure 5.1. Below, we briefly describe our numerical models
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for each phase and complete descriptions can be found in the Chapter Appendix.

In Phase 1, an impactor collides with Earth, vaporizing the ocean, and H2 is generated

by reactions between the atmosphere and iron-rich impact ejecta, and atmospheric reactions

with an impact-produced melt pond. Our model of this phase (Chapter Appendix 5.6.1)

accounts for H2 generation from impactor iron by assuming each mole of iron delivered to

the atmosphere removes one mole of oxygen. For example, Fe can sequester O atoms from

steam:

Fe + H2O → FeO + H2 (5.1)

Simulations that consider reactions between the atmosphere and impact-melted crust follow

a similar procedure to the one described in Itcovitz et al. (2022). Our model requires that

the atmosphere and melt have the same oxygen fugacity. The oxygen fugacity of the melt is

governed by relative amounts of ferric and ferrous iron (Kress and Carmichael, 1991):

0.5O2 + 2FeO ↔ Fe2O3 (5.2)

We assume that oxygen atoms can flow from the atmosphere into the melt (or visa-versa),

and use an equilibrium constant for Reaction 5.2 from Kress and Carmichael (1991). Finally,

we compute a chemical equilibrium state of the atmosphere (or atmosphere-melt system) at

1900 K using thermodynamic data from NIST for 96 gas-phase species (Chapter Appendix

5.6.3). The result gives the estimated amount of H2 generated by an impact.

In Phase 2 of Figure 5.1, the steam atmosphere cools for thousands of years generating

CH4 and NH3, and eventually, the steam condenses to an ocean. We simulate these events

with the 0-D kinetics-climate box model fully described in Chapter Appendix 5.6.2. The

gas-phase model tracks 96 species connected by 605 reversible reactions (Chapter Appendix

5.6.3), but we do not account for photolysis. The model also optionally accounts for reactions

that occur on nickel surfaces using the chemical network described in Schmider et al. (2021).

As discussed later in Section 5.3.2, nickel is potentially delivered to Earth’s surface by impacts
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which may catalyze methane production. In the model, atmospheric temperature changes as

energy is radiated to space and is modulated by latent heat released from water condensation.

We estimate the net energy radiated to space by using a parameterization of calculations

performed with our radiative transfer code (Chapter Appendix 5.6.4).

Table 5.1: Opacities used in climate modeling

Line absorption Continuum CIA absorption Rayleigh Scattering
H2O, CO2, CH4 CO2-CO2, N2-N2, CH4-CH4, H2-

CH4, H2-H2, H2O-H2O, H2O-N2

N2, CO2, H2O, H2

During Phase 3, photochemistry generates HCN and other prebiotic molecules. Hydrogen

in the H2 dominated atmosphere escapes to space over millions of years, ushering in the re-

turn of a CO2 and N2 atmosphere. We use our time-dependent photochemical-climate model,

Photochem (Chapter Appendix 5.6.3), to simulate this phase of atmospheric evolution. The

model solves a system of partial differential equations approximating molecular transport in

the vertical direction and the effect of chemical reactions, photolysis, condensation, rainout

in droplets of water, and hydrogen atmospheric escape. Specifically, the model rains out

haze particles and HCN among a few other atmospheric species listed in Chapter Appendix

5.6.3. We simulate diffusion-limited and hydrodynamic hydrogen escape using Equation (47)

in Zahnle et al. (2020). Our reaction network (Chapter Appendix 5.6.3) acceptably repro-

duces the steady-state composition of Earth and Titan (Figure 5.20 in Chapter Appendix

5.6.3). When reproducing the chemistry of Earth and Titan we fix the temperature profile

to measured values, rather than self-consistently compute the climate. We evolve the model

equations accurately over time using the CVODE Backward Differential Formula (BDF)

method (Hindmarsh et al., 2005). As the atmosphere evolves, we compute self-consistent

temperature structures using the radiative transfer code described and validated in Chapter

Appendix 5.6.4. Unless otherwise noted in the text, our climate calculations use the opacities

in Table 5.1, which is a subset of the opacities available in our radiative transfer code (Table
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Figure 5.1: The three phases of atmospheric evolution after a large asteroid impact on the
Hadean Earth. In Phase 1, the impactor vaporizes the ocean and heats up the atmosphere.
Iron delivered by the impactor reacts with hot steam to make H2. H2 is also modulated
by equilibration between the atmosphere and an impact-generated melt pond. In Phase 2,
as the steam-rich atmosphere cools for thousands of years, H2 reacts with CO2 to make
atmospheric CH4. Ultimately, the steam condenses to an ocean. Finally, in Phase 3, N2

and CH4 photochemistry generates HCN and other prebiotic nitriles. The H2 dominated
atmosphere escapes to space over millions of years, causing the return of a more oxidizing
N2 and CO2 atmosphere.

5.4 in Chapter Appendix 5.6.4). Climate calculations do not account for the radiative effects

of clouds or hazes. However, our UV radiative transfer for computing photolysis rates do

account for haze absorption and scattering.

5.3 Results

The following sections simulates the three post-impact phases of atmospheric evolution shown

in Figure 5.1 for impactor masses between 1020 and 1022 kg (360 to 1680 km diameter) under

various modeling assumptions.

5.3.1 Phase 1: Reducing the steam-generated atmosphere with impactor iron

Within days, a massive asteroid impact would leave the Hadean Earth with a global ∼2000

K rock and iron vapor atmosphere, the iron derived from the impactor’s core (Itcovitz et al.,
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2022). In the following months to years, energy radiated downward from the silicates would

vaporize a large fraction of the ocean, adding steam to the atmosphere (Sleep et al., 1989).

At this point, steam should rapidly react with iron to generate H2. Eventually, the iron vapor

and then rock would rain out leaving behind a steam-dominated atmosphere containing H2,

as well as CO2 and N2 from the pre-impact atmosphere. The sequence of metal followed by

silicate condensation with falling temperature is loosely analogous to that of the well-known

condensation sequence of the solar nebula.

Furthermore, the massive impact would generate a melt pool on Earth’s surface inside

the impact crater, which may contain reducing impact-derived iron. The atmosphere and

melt pool could react to a redox-equilibrium state. This could add or sequester H2 from the

atmosphere, depending on whether the melt was more or less reducing than the atmosphere

(Itcovitz et al., 2022).

Recently, Itcovitz et al. (2022) used a smoothed-particle hydrodynamics (SPH) code with

0.5×106 - 3×106 particles of 150 - 250 km diameter to estimate the amount of H2 generated as

these processes unfold under several different impact scenarios on the Hadean Earth. In their

fiducial case (i.e. their “Model 1A”), they assume that 100% of iron delivered by an impactor

is available to react and reduce a post-impact steam atmosphere. In another scenario, they

assume that only∼15 - 30% of impactor iron reacts with the steam atmosphere based on their

SPH simulations (their “Model 1B”) (Citron and Stewart, 2022). For both cases, they also

consider equilibration between the atmosphere and a melt pool (their “Model 2”, “Model

3A” and “Model 3B”). In their simulations, the melt pool is extremely reducing or more

oxidizing depending on whether they assume it contains a fraction of the impactor’s iron,

and they use SPH models to predict the amount of iron accreted to the melt pool (Citron and

Stewart, 2022). Overall, they conclude that melt-atmosphere equilibration generates about

as much H2 as their fiducial case as long as the iron delivered to the melt-atmosphere system

can equilibrate. However, if iron delivered to the melt pool sinks into Earth and cannot react

with the atmosphere, then approximately 2 - 10 times less H2 is produced compared to their

fiducial scenario (see the erratum in Itcovitz et al. (2022)).
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Itcovitz et al. (2022) considers impactors between 2× 1021 and 2× 1022 kg, and assumes

the pre-impact Earth has 1.85 oceans of water, 100 bars CO2 and 2 bars of N2. However, we

investigate impacts as small as 1020 kg, and our nominal model (Table 5.2) assumes only 0.5

bars of pre-impact CO2 motivated by models of the Hadean carbonate-silicate cycle (Kadoya

et al., 2020) and assuming little mantle-hosted carbonate is vaporized. Therefore, we use

a similar model (Chapter Appendix 5.6.1) to the one described in Itcovitz et al. (2022) to

predict the post-impact H2 for our alternative model assumptions (Table 5.2) and impactor

sizes. Figure 5.2 shows the results.

Our calculations give two end-member scenarios for impact H2 production which we

consider for subsequent calculations in this article. The more optimistic case assumes that

100% of the impactor’s iron reacts with an atmosphere that is chemically isolated from

a melt pool (“Model 1A” in Figure 5.2). Following Zahnle et al. (2020), we adopt this

scenario as our nominal model throughout the main text. This assumption produces a

similar amount of H2 as an atmosphere-melt system that retains most of the impactor’s iron

(e.g. “Model 2” in Figure 5.2), which is consistent with Itcovitz et al. (2022). The “Model

2” calculation assumes the melt pool has an initial oxygen fugacity of ∆FMQ-2.3 which

is appropriate for a peridotite melt (Itcovitz et al., 2022).1 However, our results are not

sensitive to this assumption because, for “Model 2”, initial melt oxygen fugacities between

∆FMQ and ∆FMQ-4 changes the generated H2 by a factor of at most ∼ 1.3.

The less-optimistic case for H2 production is “Model 1B” in Figure 5.2, which assumes

that only a fraction of the impactor iron reacts with an atmosphere (∼ 15% to ∼ 30%), and

that the latter does not react with a melt pool. We compute the fraction of available iron

by extrapolating SPH simulations of impacts traveling at twice Earth’s escape velocity and

colliding with Earth at a 45◦ angle (Figure 5.12 in the Chapter Appendix), which is the most

probable angle (Citron and Stewart, 2022). Most simulations shown in the main text have

a complementary figure in the Chapter Appendix that makes this alternative pessimistic

1FMQ is the fayalite-magnetite-quartz redox buffer. See Chapter 7 in Catling and Kasting (2017) for a
discussion of redox buffers.
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Model 1A: 100% of impactor iron reacts
with atmosphere. No melt-atmosphere reaction.

Model 1B: 15 - 30% of impactor iron reacts
with atmosphere (Citron and Steward 2022). 
No melt-atmosphere reaction.

Model 2: 100% of impactor iron reacts
with atmosphere. Includes melt-atmosphere
reactions.

Model 3B: 15 - 30% of impactor iron reacts 
with atmosphere (Citron and Steward 2022). 
Includes melt-atmosphere reactions.

Figure 5.2: Post-impact H2 generation as a function of impactor mass under different mod-
eling assumptions. Models 1A, 1B, 2 and 3B are identical to those describe in Figure 1 of
Itcovitz et al. (2022). The simulation’s pre-impact volatile inventories, impact angle, and
impact velocity are listed in Table 5.2. In Model 1A, all iron delivered by an impact reacts
with steam to produce H2. The resulting atmosphere does not equilibrate with a impact-
generated melt pool. Model 1B assumes that a fraction (∼ 15% to ∼ 30%) of impactor iron
reduces the steam atmosphere based on SPH simulations (Citron and Stewart, 2022), and
that the atmosphere is chemically isolated from a melt pool. Model 2 is like Model 1A while
also including post-impact equilibration with a melt pool with a redox state of ∆FMQ-2.3
to represent peridotite (Itcovitz et al., 2022). Model 3B assumes that a fraction (∼ 15% to
∼ 30%) of impactor iron reacts with the steam atmosphere based on SPH simulations, and
includes melt-atmosphere redox equilibration with a pool magma initially at ∆FMQ-2.3. As
stated in Section 5.3.1, we nominally assume Model 1A throughout the main text calcula-
tions. We also include simulations in the Chapter Appendix that instead adopt Model 1B,
which we consider to be a plausible lower bound for post-impact H2 generation.
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assumption regarding post-impact H2 generation.

5.3.2 Phase 2: The cooling post-impact steam atmosphere

After reactions between impact-derived iron and steam produce H2, the atmosphere would

radiate at a rate determined by the optical properties of water vapor (Zahnle et al., 2020).

Chemical reactions would initially be rapid, forcing the whole atmosphere to chemical equi-

librium. Methane is thermodynamically preferred at lower temperatures (e.g., more methane

is prefered in a gas at 1000 K than a gas at 1500 K), so it should become more abundant

as the atmosphere cools. Eventually the atmosphere would reach a temperature where the

reactions producing methane would be extremely sluggish compared to the rate of atmo-

spheric cooling. At this point, the methane abundance would freeze, or quench. Ammonia

would exhibit the same behavior as methane by initially rising in abundance then quenching

when kinetics become slow. After several thousand years, water vapor condenses and rains

out of the atmosphere to form an ocean.

We use the 0-D kinetics-climate box model described in Chapter Appendix 5.6.2 to sim-

ulate these events. By simulating each elementary chemical reaction, the model automati-

cally computes methane and ammonia quenching as the atmosphere cools and temperature-

dependent reactions slow. We first consider gas-phase kinetics, and later we will also consider

nickel-surface kinetics.

Figure 5.3 shows our model applied to a 1.58 × 1021 kg (∼ 900 km diameter) impactor.

As the steam cools, ammonia quenches when the atmosphere is ∼ 1200 K, followed by CH4

quenching at ∼ 950 K. After quenching, nearly half of the total carbon in the atmosphere

exists as CH4. After 4200 years, the steam has largely rained out to form an ocean, leaving

behind a H2-dominated atmosphere containing CH4 and NH3. NH3 is soluble in water, so a

fraction should be removed from the atmosphere by dissolution in the newly formed ocean;

however our simulations (e.g. Figure 5.3) do not account for this effect.

Figure 5.4 shows predicted atmospheric composition at the end of the steam atmosphere

(e.g. at 4200 years in Figure 5.3) as a function of impactor mass. The calculations use gas-
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Table 5.2: Nominal model assumptions

Parameter symbol value
Pre-impact ocean inventory NH2O 1.5 × 104 mol cm−2 (i.e. 1

ocean)a

Pre-impact CO2 inventory NCO2 12.5 mol cm−2 (i.e. “0.5
bars”)b

Pre-impact N2 inventory NN2 36 mol cm−2 (i.e. “1 bar”)c

Impactor mass Mimp 1020 - 1022 kg
Iron mass fraction of the
impactor

mFe,imp 0.33

Fraction of iron that reacts
with atmosphere

XFe,atmos 1.0d

Impact angle - 45◦

Impact velocity relative to
Earth

- 20.7 km s−1

Eddy diffusion coefficiente Kzz 106 cm2 s−1

Aerosol particle radiuse - 0.1 µm
Troposphere relative hu-
midity

ϕ 1

Surface Albedo As 0.2
Temperature of the strato-
sphere

Tstrat 200 K

Rainfall rate Rrain 1.1 × 1017 molecules cm−2

s−1 (Modern Earth’s value)
HCN deposition velocityf vdep,HCN 7× 10−3 cm s−1

HCCCN deposition
velocityg

vdep,HCCCN 7× 10−3 cm s−1

a The source and inventory of surface H2O throughout the Hadean is debated
(Miyazaki and Korenaga, 2022; Korenaga, 2021; Johnson and Wing, 2020) and
even how much water is present on the modern Earth (e.g., Lécuyer et al. (1998)
estimates 0.3-3 oceans in Earth’s mantle). Our nominal case of one modern ocean
is one possibility among several.
b Based on Hadean carbon cycle modeling in Kadoya et al. (2020).
c Based on Figure 5 in Catling and Zahnle (2020).
d This is the “Model 1A” scenario for H2 production described near the end of
Section 5.3.1 and in Figure 5.2.
e Assumed to be constant as a function of altitude.
f Estimated based on the HCN hydrolysis rate in the ocean (Chapter Appendix
5.6.3).
g Assumed to the the same as HCN.
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Figure 5.3: A kinetics-climate simulation of a cooling steam atmosphere caused by a 1.58×
1021 kg impactor. The model uses the Table 5.2 nominal parameters. The top panel is
surface temperature and the bottom panel shows atmospheric composition.

phase reactions, and our nominal model parameters (Table 5.2), including the assumption

that 100% of the iron delivered by the impactor reacts with the steam atmosphere to make

H2. For example, a 1020 kg impactor generates 1.2× 102 H2 moles cm−2 which would have a

partial pressure of 1.2 bars if the atmosphere did not contain water vapor. A 1022 kg impactor

generates 1.1× 104 H2 moles cm−2 which would have a “dry” partial pressure of 23.8 bars.2

We find that most of the CO2 in the atmosphere is converted to CH4 for impactors larger

than 1.6× 1021 kg (∼ 900 km diameter), and that bigger impacts generate more NH3, e.g.,

a 1022 kg impactor makes 0.013 “dry” bars of NH3. Reduced species like CH4 and NH3

are thermodynamically preferred in the thick H2 atmospheres generated by bigger impacts.

2Partial pressures depend on the mean molecular weight of the atmosphere. The 1022 kg simulation in
Figure 5.4 has 65.0 bars H2 before ocean vapor condenses, and would have 23.8 bars H2 if there was no
water vapor in the atmosphere. Both scenarios have the same number of H2 molecules in the atmosphere,
but have different partial pressures because of dissimilar mean molecular weights. To avoid ambiguity, we
occasionally report partial pressures in “dry” bars, which is the partial pressure of a gas if the atmosphere
had no water vapor.



134

1020 1021 1022

Impactor mass (kg)
10 3

10 2

10 1

100

101

102

103

104

Co
lu

m
n 

ab
un

da
nc

e
(m

ol
es

 c
m

2 )

Figure 5.4: Predicted atmospheric composition as a function of impactor mass after steam
has condensed to an ocean. We use our nominal modeling assumptions (Table 5.2), and also
use gas-phase kinetics. Most CO2 is converted to CH4 for impactors larger than 1.6 × 1021

kg.

Large impacts generate big amounts of hydrogen because they deliver more iron which more

thoroughly reduces the atmosphere.

The Figure 5.4 calculations might underestimate the CH4 produced in the post-impact

atmosphere because they ignore reactions occurring on nickel surfaces that can catalyze CH4

generation. If the impactors that struck the Earth during the Hadean resembled enstatite

chondrite or carbonaceous chondrite composition then they would have contained 1% - 2%

nickel (Lewis, 1992, Table 15). This nickel would have coexisted with the rock and iron vapor

atmosphere that lasted months to years following a massive impact (Phase 1 in Figure 5.1).

Metals along with silicates would have rained out as spherules covering the entire planet

(Genda et al., 2017). As the impact-generated steam cooled, chemical reactions catalyzing

CH4 production could have occurred on nickel surfaces in the bed of spherules (Schmider

et al., 2021). These surface reactions could lower the quench temperature of CH4, causing

more of the gas to be produced.
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To estimate the effect of nickel catalysis on CH4 production, we use our kinetics-climate

box model (Chapter Appendix 5.6.2) with the nickel-surface reaction network developed by

Schmider et al. (2021). The network is based on quantum chemistry calculations and about

a dozen experiments from the literature. Our micro-kinetics approach is distinct from the

empirical one taken by, e.g. Kress and McKay (2004), because our model tries to capture

each elementary step of catalysis, rather than use a parameterization that is specific to

certain experimental conditions.

Figure 5.5 shows the quenched methane abundance as a function of impactor mass pre-

dicted by our model that includes nickel catalysts. The amount of CH4 generated depends

strongly on the amount of available nickel surface area. Nickel areas bigger than 0.1 cm2

nickel / cm2 Earth permit more CH4 production compared to our gas-phase only model. As-

suming a nickel area of 1000 cm2 nickel / cm2 Earth, then a Vesta-size impactor (2.6× 1020

kg, 500 km diameter) could convert most CO2 in the pre-impact atmosphere to CH4.

Unfortunately, a precise nickel surface area is hard to estimate. The correct value depends

on how the rock, iron and nickel spherules mix and precipitate to the surface, and further-

more, how effectively the atmosphere can diffuse through and react on exposed nickel. We

do not attempt to compute these effects here, and instead estimate possible upper bounds.

Consider a 2.6× 1020 kg impactor (Vesta-sized) of enstatite chondrite composition, contain-

ing 2% by mass Ni (Lewis, 1992). If all this nickel is gathered into 1 mm spheres, a plausible

droplet size according to Genda et al. (2017), then the total nickel surface area is 3.4× 103

cm2 nickel / cm2 Earth. An impactor ten times more massive would deliver ten times more

nickel resulting in an upper bound Ni area that is one order of magnitude larger. Significantly

smaller nickel particles are conceivable. There is experimental support for the formation of

ultra-fine < 300 nm particles in the wake of impacts colliding with an ocean (Furukawa et al.,

2007). For a Vesta-sized impactor, collecting all nickel into 100 nm particles has a nickel

area six orders of magnitude large than the 1 mm case - 3.4 × 109 cm2 nickel / cm2 Earth.

Overall, the larger nickel areas shown in Figure 5.5 may be within the realm of possibility.

Alternatively, nickel might be buried by rock and iron when these materials condense out of
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Figure 5.5: The effect of nickel catalysts on post-impact methane production. The calcu-
lations use the Table 5.2 model parameters and the Schmider et al. (2021) surface reaction
network. Ni areas larger than 0.1 cm2 nickel / cm2 Earth generates more methane than our
model that uses gas-phase reactions, e.g., Figure 5.4.

the post-impact atmosphere, and that < 0.1 cm2 nickel / cm2 Earth is available for catalysis.

In this case, gas-phase kinetics would determine the conversion of CO2 to CH4.

Figures 5.4 and 5.5 optimistically assume that all iron delivered by the impactor reacts

with steam to make H2, however, this may not be the case (see Section 5.3.1). Therefore, in

the Chapter Appendix we recalculate Figures 5.4 and 5.5, but assume that only a fraction

of the impactor’s iron reduces the steam atmosphere by extrapolating SPH simulations of

impacts (“Model 1B” in Figure 5.2). The resulting H2, CH4, and NH3 production appear

similar, except shifted by a factor of ∼ 5 to larger impactors. The results are shifted by this

amount because SPH simulations suggest approximately ∼ 1/5 of impactor iron is delivered

to the atmosphere, while the rest is either embedded in Earth, or ejected to space. We

consider these supplementary calculations lower-bounds for impactor generated CH4 and

NH3.
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Figure 5.6: Simulated composition and climate of the Hadean atmosphere after a 1.58×1021

kg impactor that produces 7.0 bars of H2 once vaporized ocean water condenses. We use the
Table 5.2 model parameters. The blue shaded region labeled “hot steam atmosphere”, also
called Phase 2 in Figure 5.1, is simulated by the kinetics-climate model described in Chapter
Appendix 5.6.2. After this time-period, during Phase 3 of a post-impact atmosphere, we
evolve the atmosphere with 1-D photochemical-climate model (Chapter Appendix 5.6.3),
which maintains 0.018 bar of CH4 between 4 × 103 and ∼ 106 years. Dashed lines are
referenced to the right-hand axis. “HCN rainout” is HCN molecules raining out in droplets
of water. “HCCCN haze rainout” is the rainout rate of HCCCN incorporated into particles
formed from the reaction C4H+HCCCN → polymer. CH4 and N2 photochemistry generates
HCN and HCCCN for about one million years until H2 escapes to space.

5.3.3 Phase 3: Long-term photochemical-climate evolution

Several thousand years after a massive impact, the steam-dominated atmosphere would con-

dense to an ocean leaving behind a H2-dominated atmosphere containing CH4 and NH3 (e.g.

at 4200 years in Figure 5.3). The reducing atmospheric state should persist for millions of

years until hydrogen escapes (Zahnle et al., 2020).

We simulate the long-term evolution of this hydrogen-rich atmosphere using a coupled

one-dimensional photochemical-climate model (Chapter Appendix 5.6.3). Figure 5.6 shows
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our model applied to the atmosphere following a 1.58 × 1021 kg (∼ 900 km diameter) im-

pactor. We assume a pre-impact atmosphere with 1 bar N2 and 0.5 bars of CO2, and simu-

late the cooling steam atmosphere with our kinetics-climate climate model (Section 5.3.2).

Next, we use the end of the steam atmosphere simulation as initial conditions for our 1-D

photochemical-climate model.

We find that N2 and CH4 photochemistry generates HCN in a hazy Titan-like atmosphere

for about one million years until it is halted by hydrogen escape to space. In this model,

the dominant channel producing HCN is N + 3CH2 → HCN + H where 3CH2 is ground

(triplet) state of the methylene radical derived form methane photolysis. There are two other

important paths. The first is N+CH → CN+H followed by H2 +CN → HCN+H, and the

second is N+CH3 → H+H2CN and H2CN+H → HCN+H2. In all pathways, hydrocarbon

radicals (e.g., 3CH2 and CH3) are sourced from photolyzed CH4 and atomic N is derived from

photolyzed N2, which both occur at high altitudes (p < 10−5 bar, Figure 5.16) in the Chapter

Appendix. The largest chemical loss of HCN is photolysis followed by N + CN → N2 + C.

Other significant losses are paths that form HCCCN haze aerosols. HCN production and loss

is our model is comparable to pathways discussed in similar studies (Zahnle, 1986; Tian et al.,

2011; Rimmer and Rugheimer, 2019). We determined the chemical paths most important

for producing and destroying HCN by studying column integrated reaction rates at 14,200

years in Figure 5.6.

In Figure 5.6, HCN mixes to the surface and rains out in droplets of water at a rate

of ∼ 107 molecules cm−2 s−1. HCN also dissolves into the ocean at a similar rate, where

we assume it is eventually destroyed by hydrolysis (not shown in Figure 5.6). To emulate

HCN dissolution and destruction in the ocean, we assume a 7 × 10−3 cm s−1 deposition

velocity justified in Chapter Appendix 5.6.3. Additionally, a relatively small amount of

HCN polymerizes to haze particles in our model via H2CN + HCN → polymer following

Lavvas et al. (2008a), which falls and rains out in water droplets to the surface.

Our results differ from the simulations of Zahnle et al. (2020), which suggested that the

duration of HCN production after an impact was limited by rapid photolysis of methane.
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The Figure 5.6 simulation finds that the CH4 lifetime is 4.8 million years because, following

photolysis, CH4 efficiently recombines in a hydrogen rich atmosphere from the following

reaction, which is well known in the atmospheres of the giant planets in out solar system

(Figure 5.15 in the Chapter Appendix).

CH3 +H+M → CH4 +M (5.3)

Zahnle et al. (2020) did not account for Reaction 5.3. The lifetime of cyanide production

is therefore instead determined by the timescale of hydrogen escape to space. Significant

hydrogen escape permits the destruction of most atmospheric CH4 because Reaction 5.3

becomes inefficient, which in turn ceases CH4-driven HCN production.

In Figure 5.6, HCCCN is primarily destroyed by photolysis and produced by the following

reaction from acetylene and the cyanide radical,

C2H2 + CN → HCCCN+ H (5.4)

A fraction of produced HCCCN reacts to form aerosols via C4H + HCCCN → polymer

following Lavvas et al. (2008a). These polymers fall and mix toward the surface where they

rainout in droplets of water at a rate of ∼ 108 molecules cm−2 s−1. Most gas-phase HCCCN

is either destroyed by photolysis or incorporated into aerosols, causing vanishingly small

surface HCCCN gas pressures (< 10−16 bar).

Our model approximates haze formation with the following three reactions: C2H +

C4H2 → polymer + H, H2CN + HCN → polymer, and C4H + HCCCN → polymer. At

14,200 years in Figure 5.6, the first pathway dominates, forming ∼ 1.8×1013 g haze yr−1. At

this same point in time the second and third pathways produce 9× 107 g yr−1 and 2.8× 1012

g yr−1, respectively. The total haze production rate (2.1× 1013 g yr−1) is comparable to val-

ues estimated by Trainer et al. (2006) for the early Earth based on laboratory experiments.

Haze particles fall and rainout to the surface where they can hydrolyze and participate in

prebiotic chemistry (Neish et al., 2010; Poch et al., 2012).
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In Figure 5.6, impact-generated ammonia persists for nearly 105 years. NH3 is primarily

destroyed by photolysis, but then recombines from reactions with hydrogen:

NH + H2 +M → NH3 +M (5.5)

NH2 +H+M → NH3 +M (5.6)

Reactions 5.5 and 5.6 are relatively efficient in a hydrogen-rich atmosphere. Ammonia pho-

tolysis primarily occurs at the 10−3 bar altitude, while haze is largely produced above the

10−5 bar altitude. Therefore, haze particles partially shield ammonia from photolysis, ex-

tending the NH3 lifetime (Sagan and Chyba, 1997). Our model assumes the haze particles

are perfect spheres with optical properties governed by Mie theory. Observations of Titan’s

haze have revealed that hydrocarbon haze particles have a fractal structure which absorb

and scatter UV more effectively than Mie spheres (Wolf and Toon, 2010). Therefore, our

model likely overestimates NH3 photolysis in post-impact atmospheres.

Figure 5.6 assumes that all NH3 is in the atmosphere and that it does not rainout, but

the gas is highly soluble in water and should dissolve in the ocean where it hydrolyzes to

ammonium, NH+
4 . Later in Section 5.4.4, we show that for an atmosphere with 0.3 mol cm−2

NH3 and a 371 K ocean at pH = 7, 4% of NH3 would persist in the atmosphere, while the rest

is dissolved in the ocean. For a hotter 505 K atmosphere with 6.8 mol cm−2 NH3, only 20%

of ammonia dissolves in the ocean because solubility decreases with increasing temperature

(Section 5.4.4). Ammonia dissolution in the ocean would protect it from photolysis perhaps

lengthening the lifetime of ammonia in the atmosphere-ocean system. Overall, since our

photochemical-climate model neglects NH3 ocean dissolution and likely overestimates NH3

photolysis, then we probably underestimate the lifetime of NH3 in Figure 5.6.

While HCN and HCCCN are produced in Figure 5.6, the surface temperature would

be ∼ 390 K primarily caused by H2-H2 collision-induced absorption (CIA), which has a

significant greenhouse effect in thick H2 atmospheres like this one of 8.5 bars total pressure.
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Figure 5.7: The state of the Hadean post-impact atmospheres 10,000 years after steam
condenses to an ocean. This time period is within Phase 3 of a post-impact atmosphere
indicated in Figure 5.1. The simulations assume the Table 5.2 parameters and gas-phase
reactions during the cooling steam atmosphere. (a) The surface HCN pressure and timescale
of H2 escape, which can be interpreted as the approximate duration of HCN and HCCCN
production. (b) The HCCCN surface pressure. (c) The surface temperature and pressure.
(d) The HCN deposition rate in the ocean and the rate HCN leaves the atmosphere in
rain drops. “HCN haze rainout” is the rainout rate of a aerosol created via the reaction
H2CN + HCN → polymer. (e) The rainout rate of an aerosol formed from the reaction
C4H + HCCCN → polymer. (f) The < 250 nm photons hitting the surface, and the total
hydrocarbon haze column abundance. Impactors larger than 1021 kg produce haze-rich
atmospheres and a stepwise increase in HCN and HCCCN production.

The atmosphere cools to ∼ 300 K after H2 escapes to space.

Figure 5.7 applies our model to various impactor masses. The results show the Hadean

atmosphere 10,000 years after the post-impact generated steam atmosphere has condensed

to an ocean. We choose 10,000 years after ocean condensation because this is adequate time

for the atmosphere to reach a quasi-photochemical steady-state that does not change signif-

icantly until hydrogen escapes (e.g. Figure 5.6). Figure 5.7d and 5.7e show a sharp increase

in the HCN and HCCCN production for impactors larger than 1021 kg (∼ 780 km). Such

large impacts generate CH4/CO2 > 0.1 (Figure 5.4), which makes a thick Titan-like haze

(Trainer et al., 2006). Haze shielding causes CH4 photolysis to be higher in the atmosphere

and closer to N2 photolysis, therefore the photolysis products of both species can more ef-
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ficiently combine to make cyanides (Figure 5.16 in the Chapter Appendix). Additionally,

HCCCN production requires acetylene (Reaction 5.4), which is a haze precursor that accu-

mulates when CH4/CO2 > 0.1. These Titan-like atmospheres have ∼ 10−9 bar surface HCN,

and HCN ocean deposition and rainout rates between 107 and 109 HCN molecules cm−2 s−1

persisting on hydrogen escape timescales (> 1 million years). HCCCN is incorporated into

aerosols before raining out to the surface at a rate of up to 109 HCCCN molecules cm−2 s−1.

In addition to photochemistry, lightning should also generate HCN (Chameides and

Walker, 1981; Stribling and Miller, 1987). Figure 5.19 in the Chapter Appendix shows

HCN production from lighting for the same time period as the Figure 5.7 simulation using

methods described in Chameides and Walker (1981). Assuming the same lightning dissipa-

tion rate as modern Earth’s, we find that lightning produces up to ∼ 104 HCN molecules

cm−2 s−1. This value is small compared to the 107 - 109 HCN molecules cm−2 s−1 produced

from photochemistry after > 1021 kg impacts.

Larger impacts generate a thicker H2 atmosphere which make the atmosphere warmer

(Figure 5.7c). For impactors > 1021 kg, which generate substantial HCN and HCCCN, the

surface temperature is > 380 K. Figure 5.7f shows that impactors that produce substantial

haze shield the surface from < 250 nm photons, which means that prebiotic schemes that

require high energy UV light (e.g., Patel et al., 2015) would need to rely on stockpiling of

the nitriles for later use.

The Hadean Earth CO2 concentration is uncertain. Models of the Hadean geologic carbon

cycle argue for CO2 levels between ∼ 10−5 and 1 bar at 4 Ga with a median value of ∼ 0.5 bar

and a 95% uncertainty spanning 10−5 to 1 bar (Kadoya et al., 2020). However, these values

might be unrealistically small because a large impact would warm surface rocks possibly

causing carbonates to degass thereby increasing the atmospheric CO2 reservoir. Up to ∼ 80

bars of CO2 may potentially be liberated from surface carbonates (Krissansen-Totton et al.,

2021b).

Figure 5.8 explores the effect of different pre-impact CO2 abundances on HCN and HC-

CCN production in post-impact atmospheres. The simulations are snapshots of the atmo-
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Figure 5.8: The effect of the pre-impact CO2 abundance on HCN and HCCCN production
in post-impact atmospheres. All values are for the atmosphere 10,000 years after the steam
condenses to an ocean, which is within Phase 3 of a post-impact atmosphere (Figure 5.1).
The simulations assume the Table 1 parameters, except vary the pre-impact CO2 inventory
between 0.01 bar (triangles), 0.5 bar (circles), and 10 bars (squares). The calculations use
gas-phase chemistry during the cooling steam atmosphere. Panels (a) - (d) show the surface
HCN abundance and fluxes, while (e) - (g) show HCCCN production. Our model assumes
that HCCCN is not soluble in water and does not rainout, therefore we omit a panel showing
HCCCN rainout. Prebiotic nitrile production is directly correlated with the pre-impact CO2

inventory.
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Figure 5.9: Identical to Figure 5.7, except simulations account for nickel-surface reactions
which catalyze methane production as the steam atmosphere cools (Schmider et al., 2021).
We assume a nickel surface area of 10 cm2 nickel / cm2 Earth (for context, see Figure 5.5).
Nickel catalysts cause more efficient CH4 generation, permitting bigger HCN and HCCCN
production for smaller impactors compared to the gas-phase only scenario (Figure 5.7).

sphere 10,000 years after the impact-vaporized steam has condensed to an ocean. Larger

pre-impact CO2 causes larger HCN and HCCCN production because it allows more CH4

to form in the cooling steam atmosphere. As discussed previously, CH4 is closely tied to

photochemical cyanide generation. Regardless of the pre-impact CO2 concentrations, HCN

and HCCCN production sharply increases for impactors larger than ∼ 1021 kg due to more

efficient haze production (Figure 5.7, and corresponding text).

Figure 5.9 shows the state of the atmosphere after impacts of various size assuming 10 cm2

nickel / cm2 Earth is present in the steam atmosphere to catalyze methane production. The

nickel causes more efficient conversion of CO2 to CH4 compared to the gas-phase only scenario

(Figure 5.7) permitting greater production of HCN and HCCCN for smaller impactors. For

example, a 5 × 1020 kg (∼ 610 km) impactor which accounts for nickel catalysts (Figure

5.9) has comparable HCN and HCCCN production to a 1.6× 1021 kg (∼ 900 km diameter)

impactor if no nickel catalysts are assumed in the cooling steam atmosphere (Figure 5.7).

A critical assumption in this section is that 100% of the iron delivered by impactors
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reacts with steam to generate H2. As discussed in Section 5.3.1, it is possible that the post-

impact atmosphere is less thoroughly reduced by impactor iron. Figures 5.17 and 5.18 in

the Chapter Appendix recalculate main text Figures 5.7 and 5.9, assuming that a fraction

(approximately 15% to 30%) of impactor iron reduces the steam atmosphere based on SPH

simulations (“Model 1B” in Figure 5.2). This alternative assumption requires that impactors

∼ 5 times more massive are required to generate a haze-rich post-impact atmosphere with

copious HCN and HCCCN production. For example, in Figure 5.7, recall that there is a

sharp increase in cyanide production for impactors larger than 1021 kg (∼ 780 km). Figure

5.17 in the Chapter Appendix, which instead assumes a fraction of iron reduces the steam

atmosphere, finds that the sharp increase in cyanide production occurs for impacts larger

than 5 × 1021 kg (∼ 1330 km). However, the presence of nickel catalysts may permit large

prebiotic nitrile production for smaller impactors, even under pessimistic post-impact H2

generation (Figure 5.18 in the Chapter Appendix).

5.4 Discussion

5.4.1 Comparison to previous work

Recently, Zahnle et al. (2020) performed calculations of post-impact atmospheres using sim-

pler models than the ones used in this article. Our results differ in several important ways.

First, we find that our purely gas-phase model of the post-impact steam atmosphere (Section

5.3.2) predicts less CH4 generation than the model used in Zahnle et al. (2020). For example,

Figure 5.4 predicts that most CO2 is converted to CH4 for impactors larger than 1.6× 1021

kg. Figure 2 (top panel) in Zahnle et al. (2020), which is a comparable scenario, suggests a

5×1020 kg impactor is required to convert most of the atmospheric CO2 to CH4. The differ-

ence is likely caused by different approaches to computing CH4 quenching, or freeze-out, as

the atmosphere cools. Our kinetics-climate model automatically computes CH4 quenching

by tracking the elementary reactions producing and destroying CH4 along with many other

atmospheric species. In most of our simulations of cooling post-impact atmospheres, CH4
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quenches when the temperature is between 900 and 1000 K. Zahnle et al. (2020) instead

used equilibrium chemistry modeling with a parameterization for CH4 quenching derived

from kinetics calculations of H2-dominated brown dwarf atmospheres (Zahnle and Marley,

2014). This parameterization predicts ∼ 800 K CH4 quenching temperatures. The different

quenching temperatures between our model and the Zahnle et al. (2020) model suggests

that the Zahnle et al. (2020) kinetics parameterization is likely not suitable for a cooling

steam-rich atmosphere.

The new photochemical model predicts longer post-impact CH4 lifetimes than the Zahnle

et al. (2020) model. As mentioned previously, Zahnle et al. (2020) included CH4 photolysis,

but neglected Reaction 5.3, which efficiently recombine photolysis products in hydrogen-rich

atmospheres. In our model, these recombination reactions allow CH4 to persist in most

post-impact atmospheres until hydrogen escapes to space (∼ millions of years). Zahnle et al.

(2020) instead finds that CH4 is eradicated from the atmosphere before hydrogen escape.

Finally, nitrile production and rainout in our new model depend strongly on the presence

of haze and the CH4/CO2 ratio, which was not the case in Zahnle et al. (2020). Our model

finds that up to ∼ 109 molecules cm−2 s−1 HCN and HCCCN is rained out in hazy post-

impact atmospheres with CH4/CO2 > 0.1 (Figure 5.7). When CH4/CO2 < 0.1, there is

little haze, and HCN production is <∼ 105 molecules cm−2 s−1 and HCCCN production

is negligible. Haze causes CH4 and N2 photolysis products to be close in altitude so that

they efficiently react to make cyanides (Figure 5.16 in the Chapter Appendix). Additionally,

HCCCN generation requires C2H2 in our model (Reaction 5.4), which is only abundant in

hazy atmospheres. In contrast, Zahnle et al. (2020) finds that cyanide production rate in

post-impact atmospheres is 108 to 1010 molecules cm−2 s−1 regardless of the presence of haze

and the CH4/CO2 ratio. Our results differ largely because our model is 1-D (has vertical

transport), while the Zahnle et al. (2020) is a zero dimensional box model. HCN production

depends on the proximity of CH4 and N2 photolysis, but a box model cannot account for

this 1-D effect. Furthermore, Zahnle et al. (2020) does not distinguish between different

prebiotic nitriles (e.g. HCN and HCCCN), or determine their surface concentrations and
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rainout rates. Also, Zahnle et al. (2020) does not have a coupled climate model.

Cometary and lightning sources of HCN are relatively small compared to our estimated

photochemical production rates in haze-rich post-impact atmospheres. Todd and Öberg

(2020) calculated that comets could deliver ∼ 1.8 × 105 HCN molecules cm−2 s−1 to the

Hadean Earth, a value ∼ 4 orders of magnitude smaller than HCN from photochemistry in

our most optimistic models. As discussed in Section 5.3.3, we find that HCN production

from lightning in post-impact atmospheres to be at most ∼ 104 HCN molecules cm−2 s−1

which is also small compared to UV photochemistry in a CH4 rich atmosphere. This result

agrees with Pearce et al. (2022), who also finds that lightning-produced HCN is relatively

insignificant.

Rimmer and Shorttle (2019) suggested that localized ultra-reducing magma rich in car-

bon and nitrogen might outgas HCN and HCCCN. They imagine this gas interacting with

subsurface water causing high concentrations of dissolved prebiotic molecules, and therefore

a setting for origin of life chemistry. While this idea may have merit, their calculations

do not account for graphite saturation in magma, which may inhibit outgassing of reduced

carbon-bearing species, like HCN (Hirschmann and Withers, 2008; Wogan et al., 2020a;

Thompson et al., 2022). Additionally, Rimmer and Shorttle (2019) did not self-consistently

account for the solubility of gases in magma, which has been been hypothesized to prevent

the outgassing of H-bearing gases, like CH4 or HCN (Wogan et al., 2020a). Therefore, we

argue that a hypothesized volcanic source of HCN and HCCCN requires further modeling

and experiments before it can be compared to a photochemical source, but, in general, seems

challenging.

Cerrillo (2022) recently used a climate model to predict the surface temperature of post-

impact atmospheres with compositions predicted by Zahnle et al. (2020). They find surface

temperatures > 600 K in some cases. However, the Cerrillo (2022) calculations do not

include the effects of water vapor on the lapse rate in the troposphere. Latent heat from

water condensation alters convection in the troposphere, greatly reducing the lapse rate

when compared to a dry lapse rate. The result is a much cooler surface. Our climate
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calculations include the effects of water vapor on the lapse rate, which is why we predict

surface temperatures ≲ 500 K, even in the wake of a 7.9× 1021 kg impact in Figure 5.7. All

our climate simulations of post-impact atmospheres allow surface liquid water.

If a post-impact atmosphere of 2000 mol cm−2 H2 is all lost to space (∼ 4 bar pure H2

atmosphere, or ∼ 13% of the H2 in an ocean), that would shift D/H of the ocean heavier by

1.4% by hydrodynamic escape and Rayleigh fractionation (following Equation (16) in Zahnle

et al. (2019) using an escape fractionation factor ∼ 0.9 appropriate for an atmosphere where

H2 dominates over CO2). This may be an underestimate of the D/H shift because the imme-

diate post-impact oxidation of iron by steam probably produce H2 with a lower concentration

of D than the steam that condense into an ocean. Experiments show isotopic fractionation

in reaction of iron powder with steam at low temperatures (Smith and Posey, 1957), but

we are unaware of high temperature experiments corresponding to post-impact conditions.

In any case, cumulative big impacts during the Hadean that created highly reducing atmo-

spheres would be expected to increase oceanic D/H additively, raising the ocean D/H from

starting values that were ten (Piani et al., 2020) to tens of percent (Alexander et al., 2012)

lighter than the modern ocean. Such an evolution with intermittent hydrogen escape in the

Hadean is consistent both with D/H constraints and with the xenon isotope record (Avice

et al., 2018), in which ionic xenon is dragged out to space by early hydrogen escape and the

distribution of xenon isotopes becomes heavier (Zahnle et al., 2019).

5.4.2 Origin of life setting and stockpiling of cyanides

The Hadean Earth may have had less land but was likely speckled with hot-spot volcanic

islands similar to modern-day Hawaii (Bada and Korenaga, 2018), and possibly had conti-

nental land (Korenaga, 2021) where nitriles could accumulate. The majority of HCCCN and

HCN produced in post-impact atmospheres would dissolve or rainout into the ocean where

it would be diluted and gradually removed by hydrolysis reactions (Miyakawa et al., 2002)

or complexation with dissolved ferrous iron (Keefe and Miller, 1996). However, some of the

nitriles would be deposited in lakes or ponds on land. We consider, first, equilibrium with
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atmospheric pHCN and, second, time-integrated deposition.

Nitrile concentrations in waterbodies on land in equilibrium with the atmosphere ac-

cording to Henry’s law would be too small to participate in prebiotic schemes that form

ribonucleotides. Our models predict HCN surface pressures up to 10−9 bar (Figure 5.7). For

a warm 373 K pond, Henry’s law predicts the dissolved HCN concentration is 4× 10−11 mol

L−1. Yet, ∼ 0.01 mol L−1 HCN is required for polymerization (Sanchez et al., 1967) and

published prebiotic schemes can use 1 mol L−1 HCN (Patel et al., 2015).

Additionally, while nitriles are produced in post-impact atmospheres, waterbodies on land

would likely be too warm for prebiotic chemistry. In the Figure 5.6 simulation, substantial

HCN and HCCCN production occurs in the aftermath of big impacts when the surface

temperature is ∼ 390 K caused by a H2-H2 CIA greenhouse. Nickel catalysts permit big

HCN and HCCCN production for surface temperatures as small as ∼ 360 K (Figure 5.9).

Nucleotide building blocks are fragile at such hot temperatures and conditions may not be

conducive to an RNA world (Bada and Lazcano, 2002).

We propose that cyanides produced in hot post-impact atmospheres may instead be

preserved, stockpiled, and concentrated, and used in prebiotic schemes at a later time when

the climate is colder. Cyanide rainout and stockpiling could occur for millions of years until

HCN production is halted by H2 escape to space (Figure 5.6). For example, if HCN rains out

at 109 molecules cm−2 s−1 over one million years (Figure 5.7), then ∼ 1.4 g cm−2 HCN could

be stockpiled assuming all molecules are preserved. Once H2 escapes, the surface temperature

would drop to ∼ 300 K (Figure 5.6), and over longer timescales the carbonate-silicate cycle

might settle on even colder climates because impact ejecta promotes CO2 sequestration

(Kadoya et al., 2020). In this cold climate, cyanide stockpiled into salts could be released as

HCN or CN− into water bodies on land because of rehydration, volcanic or impact heating

(Patel et al., 2015; Sasselov et al., 2020), or UV exposure (Todd et al., 2022). Liberation of

cyanide could enable the prebiotic schemes that make RNA.

Toner and Catling (2019) investigated a mechanism for stockpiling cyanides. Their ther-

modynamic calculations show that HCN can be preserved as ferrocyanide salts in evaporating
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carbonate-rich lakes. However, the Toner and Catling (2019) numerical experiments were

at 273 K and 298 K, which are far colder environments than the > 360 K surface temper-

atures that coincide with large HCN production in post-impact atmospheres (Figure 5.9).

Although, Toner and Catling (2019) did not address stockpiling of HCCCN, cyanoacetylene

can be captured by 4,5-dicyanoimidazole (DCI), a byproduct of adenine synthesis, to make

crystals of 4,5-dicyanoimidazole (CV-DCI) (Ritson et al., 2022) and it is possible that other

capture mechanisms are yet to be discovered. Overall, the feasibility of stockpiling prebiotic

nitriles in post-impact conditions requires further geochemical modeling and experiments.

5.4.3 Impactor size and the likelihood of the origin of life

We hypothesize that CH4/CO2 > 0.1 might be an important threshold required for a post-

impact atmosphere to produce useful concentrations of nitriles for origin of life chemistry.

Figure 5.10 shows HCN and HCCCN haze rainout as a function of the atmospheric CH4/CO2

mole ratio for every post-impact simulation in this article. When CH4/CO2 > 0.1, the

atmosphere is hazy, and HCN and HCCCN are delivered to the surface at a rate of up

to ∼ 109 molecules cm−2 s−1. In contrast, atmospheres with CH4/CO2 < 0.1 rainout less

than 105 HCN molecules cm−2 s−1 and have surface HCN concentrations less than 10−13 bar

(Figure 5.7). Such small HCN concentrations may be challenging to stockpile as ferrocyanides

(Toner and Catling, 2019). Additionally, modeled atmospheres with CH4/CO2 < 0.1 produce

negligible HCCCN, yet the molecule is required in prebiotic schemes to synthesize pyrimidine

(cytosine and uracil) nucleobase precursors to RNA (Powner et al., 2009; Okamura et al.,

2019; Becker et al., 2019).

The impactor mass required to generate an atmosphere with CH4/CO2 > 0.1 is uncertain.

Our optimistic model, which considers the effect of nickel-catalyzed methane production,

requires a > 4 × 1020 kg (> 570 km) impactor (Figure 5.9). The lunar cratering record

and abundance of highly siderophile elements Earth’s mantle imply that between 4 and 7

such impacts occurred during the Hadean (Marchi et al., 2014; Zahnle et al., 2020). Our

least optimistic model needs a > 5 × 1021 kg (> 1330 km) impact to create a post-impact
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atmosphere with CH4/CO2 > 0.1 because it assumes only a fraction of iron delivered to

Earth reacts with the ocean to create atmospheric H2 (Figure 5.17 in the Chapter Appendix).

The Hadean only experienced 0 to 2 collisions this large (Zahnle et al., 2020). The precise

minimum impactor mass to make an atmosphere with CH4/CO2 > 0.1 depends on the

importance of atmospheric equilibration with a melt pond (Section 5.3.1, and Itcovitz et al.

(2022)), the fraction of impactor iron that reduces the atmosphere, and the effect of Nickel

and other surface catalysts on CH4 kinetics.

An additional consideration is that any progress toward the origin of life caused by

an impact could be erased by a subsequent impact that sterilizes the planet. For example,

suppose a > 500 km impact that vaporizes the ocean sterilizes the globe (Citron and Stewart,

2022). With our most pessimistic calculations for post-impact CH4 generation a > 1330

km (> 5 × 1021 kg) impact is required to create an atmosphere that generates significant

HCN and HCCCN. In this scenario, the last > 1330 km impact favorable for prebiotic

chemistry would likely be followed by a 500 to 1330 km impact that would destroy any

primitive life without rekindling it. Alternatively, our optimistic model for post-impact CH4

generation only requires a > 4 × 1020 kg (> 570 km) impact to create an atmosphere with

CH4/CO2 > 0.1. In this case, the final > 570 km impact that might kickstart the origin of

life is unlikely to be followed by a slightly smaller 500 km to 570 km sterilizing impact.

A caveat to the reasoning in the previous paragraph is that ocean-vaporization may

not have sterilized the planet because microbes could have possibly survived in the deep

subsurface (Sleep et al., 1989; Grimm and Marchi, 2018).

In summary, we suggest that CH4/CO2 > 0.1 may be an important threshold for post-

impact atmospheres to be conducive to the origin of life because they generate > 4 orders

of magnitude larger surface HCN concentrations, and are the only modeled atmospheres

capable of generating HCCCN. We find that the minimum impactor mass required to create

a post-impact atmosphere with CH4/CO2 > 0.1 is between 4× 1020 and 5× 1021 kg (570 to

1330 km). The value is uncertain because we do not know how effectively iron delivered by an

impact reduces the atmosphere (Section 5.3.1), the importance of atmospheric equilibration



153

with a melt pond (Section 5.3.1), and because it is hard to estimate a realistic surface area

of nickel catalysts available during the cooling steam atmosphere (Section 5.3.2).

5.4.4 Model caveats and uncertainties

Hydrogen from crust-atmosphere reactions

Perhaps the most significant caveat to the modeling effort described above is that we did

not consider H2 production from reactions between a hot post-impact atmosphere and solid,

non-melted crust. Section 5.3.1 explores impact H2 made by two mechanisms: (1) reduction

of the atmosphere by impact-derived iron and (2) atmospheric equilibration with a melt

pond made by the impact. However, it is also conceivable that while the atmosphere is

hot and steam-rich in the ∼ 103 years following an impact (i.e. Phase 2), water vapor

could permeate through and react with the solid crust to produce H2 by a process like

serpentinization. Specifically, H2O reduction by FeO in the solid crust could make H2:

H2O+ 3FeO → H2 + Fe3O4 (5.7)

In our nominal model (Figure 5.4 and 5.7), we require a post-impact atmosphere has

> 2 × 103 H2 mol cm−2 (i.e. the equivalent of converting 13% of Earth’s ocean to H2)

in order to reach a CH4/CO2 > 0.1 and big nitrile production rates. Assuming a crustal

FeO content of 8 wt% (Takahashi, 1986), then 2 × 103 H2 mol cm−2 could be produced

by reacting water with FeO in the top ∼ 16 km of Earth’s lithosphere. The feasibility of

extensive water-rock H2 generation depends on the permeability of the crust and the pressure

gradients driving subsurface fluid circulation. For example, low permeability rocks with slow

water circulation may not permit serpentinization of the upper crust within ∼ 103 years

while the atmosphere is hot and steam-rich. A comprehensive model is out of the scope

of this article, but if attainable, significant water-rock reactions might produce a thick H2

atmosphere after relatively small impacts (e.g. 1020 kg) which favors a CH4/CO2 > 0.1 and

significant nitrile generation.
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Another possibility, which we do not investigate in detail, is that atmosphere-crust reac-

tions occur in the immediate aftermath of a giant impact (i.e. Phase 1), rather than over

∼ 103 as previously discussed. A large impact could produce a global ejecta blanket several

kilometers thick of mixed hot water and rock. As water was vaporized to form a steam

atmosphere, the water and rock slurry could chemically equilibrate, producing H2.

Zahnle et al. (2020) attempted to account for atmosphere-crust interaction by equilibrat-

ing the post-impact steam atmosphere (Phase 2) to a mineral redox buffer. For example,

their Figure 5 assumes the atmosphere has a fixed oxygen fugacity set by the FMQ buffer

at an assumed 650 K methane quench temperature. The calculation predicts most CO2 is

converted to CH4 for impacts as small as ∼ 5 × 1019 kg, but Zahnle et al. (2020) did not

determine whether such significant atmosphere-crust interaction is physically plausible.

Climate

A shortcoming of this work is that our climate model is relatively simple. Throughout the

Results section, our climate code assumes an isothermal 200 K stratosphere, a saturated

adiabatic troposphere (i.e. relative humidity, ϕ = 1.0), and ignores clouds. However, many

of our simulated post-impact atmospheres contain a hydrocarbon haze which should absorb

sunlight and warm the stratosphere (Arney et al., 2016). Also, in a hydrogen-dominated at-

mosphere, water vapor has a larger molecular weight compared to the background gas which

could inhibit convection (Leconte et al., 2017) and perhaps cause low relative humidities.

Furthermore, low-altitude clouds reflect sunlight and should cool a planet while high clouds

have a greenhouse warming effect (Goldblatt and Zahnle, 2011).

Figure 5.11 attempts to show the uncertainty in our climate calculations as a function of

three free parameters: stratosphere temperature, relative humidity, and low-altitude clouds

which we crudely approximate by varying the surface albedo. The calculation uses the

composition of the atmosphere after a 5×1020 kg impact in Figure 5.9 immediately after the

steam atmosphere has condensed to an ocean. Our nominal climate parameters (Tstrat = 200

K, ϕ = 1, As = 0.2) predict a 361 K surface temperature. A warm stratosphere caused by



155

hydrocarbon UV absorption and high albedo low altitude clouds might cause the surface to

be ∼ 30 K colder than our nominal model, assuming water vapor is saturated. On the other

hand, low relative humidities, which might be favored in convection-inhibited H2 dominated

atmospheres, increase the troposphere lapse rate which warms the surface (Leconte et al.,

2017). While Figure 5.11 gives a sense for the possible uncertainty in our climate calculations,

it does not self-consistently simulate haze, relative humidity and clouds feedbacks. A more

comprehensive model is required to resolve these nuances.

A further caveat is that our climate calculations ignore greenhouse warming from NH3

(Table 5.1). We choose to disregard the influence of NH3 because a substantial fraction

of the gas should dissolve in the ocean (Zahnle et al., 2020), a process that our coupled

photochemical-climate model cannot self-consistently account for. However, our climate

model (Chapter Appendix 5.6.4), when uncoupled to photochemistry, can partition gases

between the atmosphere and ocean according to gas solubility and ocean chemistry. Below,

we use this stand-alone climate model to determine the climate affects of NH3 in a post-

impact atmosphere. NH3 should dissolve into an ocean by henry’s law, then hydrolyze to

NH+
4 :

NH3(g) ↔ NH3(aq) (5.8)

NH3(aq) + H2O ↔ NH+
4 +OH− (5.9)

H2O ↔ OH− +H+ (5.10)

Therefore, the concentration of aqueous NH3 (in mol kg−1) is given by mNH3 = pNH3αNH3 ,

where pNH3 is the surface partial pressure of NH3 in bars and αNH3 is the Henry’s law con-

stant (mol kg−1 bar−1). Reactions 5.9 and 5.10 give the ammonium concentration to be

mNH+
4
= (K9/K10)mNH3mH+ , where K9 and K10 are equilibrium constants for each reaction.

The Henry’s law constant for NH3 (in mol kg−1 bar−1) is αNH3 = 61 exp(4200( 1
T
− 1

298.15
)) (Lin-

strom and Mallard, 1998). The equilibrium constants for Reactions 5.9 and 5.10 are approxi-
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Figure 5.11: Surface temperature of a post-impact atmosphere as a function of stratosphere
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surface albedo (Ab). The atmosphere has 5.9 mol cm−2 CO2, 5.6 mol cm−2 CH4, 35.8 mol
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mately log10(K9) = −84.63 exp(−0.0161T )−4.05 and log10(K10) = −39.96 exp(−0.00639T )−

8.06. We derived both of these parameterizations using the SUPCRT thermodynamic database

(Johnson et al., 1992).

We implement this ocean chemistry into our stand-alone climate model (Chapter Ap-

pendix 5.6.4), and compute the surface temperature after the 5 × 1020 kg impact in Figure

5.9 once the steam atmosphere has condensed to an ocean. The mol cm−2 of each gas are

given in the Figure 5.11 caption. We use our nominal climate parameters (Tstrat = 200 K,

ϕ = 1, As = 0.2), assume the total H2O reservoir is 1 modern ocean (15,000 mol cm−2) with

pH = 7, and account for the radiative affects of NH3 in addition to the Table 5.1 opacities.

The model predicts a 371 K surface temperature, which is 10 K warmer than calculations

that do not include NH3 opacities or ocean dissolution. 96% of the ammonia reservoir is

dissolved in the ocean.

Ammonia has a more substantial effect on climate after larger impactors. Consider the

atmosphere after a 7.9× 1021 kg impact in Figure 5.5 once steam has condensed to an ocean

(0.008 mol cm−2 CO2, 11.5 mol cm−2 CH4, 32.6 mol cm−2 N2, 9122 mol cm−2 H2, 0.002

mol cm−2 CO, and 6.8 mol cm−2 NH3). Our climate model, which includes NH3 opacities

and ocean dissolution, predicts a 505 K surface temperature with only 20% of the NH3

dissolved in the ocean because solubility decreases with increased temperature. This is 42 K

hotter than our model that ignores NH3 greenhouse contributions (Figure 5.7). Overall, our

climate calculations throughout most of this article perhaps underestimate the greenhouse

warming by 10 to ∼ 40 K by ignoring NH3 opacities, but instead may overestimate surface

temperature because do not account for the cooling effects of haze and low altitude clouds

(Figure 5.11). Additional warming from NH3 would only be relevant for a fraction of the

post-impact atmosphere, before ammonia is destroyed by photolysis (Figure 5.6).

Unknown chemical reactions and the effect of ions

While our chemical scheme for HCCCN successfully reproduces the HCCCN abundances

in Titan’s atmosphere (Figure 5.20 in the Chapter Appendix), it may lack many reactions
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relevant to post-impact atmospheres. Our sparse HCCCN network is necessary because

currently few kinetic measurements are published in the literature.

Our photochemical model does not include ion chemistry, which is likely a reasonable

simplification because ions are not important for HCN or HCCCN formation on Titan (Loison

et al., 2015). Only some heavy hydrocarbons, like benzene (C6H6), rely on coupled neutral-

ion chemistry to explain their observed abundances in Titan’s atmosphere (Hörst, 2017).

5.5 Conclusions

We use atmospheric models to investigate the production of prebiotic feedstock molecules in

impact-generated reducing atmospheres on the Hadean Earth, updating simpler calculations

made by Zahnle et al. (2020). We find that massive asteroid impacts can generate temporary

H2-, CH4- and NH3-rich atmospheres, which photochemically generate HCN and HCCCN

for the duration of hydrogen escape to space (105 to 107 years). The production of nitriles

increases dramatically for haze-rich atmospheres that have mole ratios of CH4/CO2 > 0.1. In

these cases, HCN can rain out onto land surfaces at a rate of ∼ 109 molecules cm−2 s−1, and

HCCCN incorporated in haze rains out at a similar rate. Atmospheres with CH4/CO2 < 0.1

produce 3 to 4 orders of magnitude less HCN, and generate negligible HCCCN. The impactor

mass required to create an atmosphere with CH4/CO2 > 0.1 is uncertain and depends on

how efficiently atmosphere-iron, atmosphere-melt and atmosphere-crust reactions generate

H2 and the surface area of nickel catalysts exposed to the cooling steam atmosphere. In an

optimistic modeling scenario a > 4× 1020 kg (> 570 km) impactor is sufficient, while in our

least optimistic scenario a > 5× 1021 kg (> 1330 km) impactor is required.

We find that post-impact atmospheres that generate significant prebiotic molecules have

> 360 K surface temperatures caused by a H2-H2 greenhouse which may be too hot for

prebiotic chemistry, although the temperature may be cooler if reflective clouds occur. An

alternative is that HCN and HCCCN generated in post-impact atmosphere are stockpiled.

Cyanide can plausibly be stockpiled and concentrated in ferrocyanide salts and cyanoacety-

lene could be captured by byproducts of adenine synthesis into imidazole-based crystals
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Figure 5.12: Interpolation and extrapolation of the Citron and Stewart (2022) SPH simula-
tions of impacts that collide with Earth at a 45◦ angle and with a velocity of twice Earth’s
escape velocity. (a) is the mass fraction of iron that reacts with the atmosphere and (b)
is the mass of the melt pool produced by an impact. These interpolations are relevant to
Figure 5.2 in the main text, and Figures 5.13, 5.14, 5.17, and 5.18 in the Chapter Appendix.

(Ritson et al., 2022). HCN and HCCCN can be used to create nucleotide precursors to RNA

millions of years after the impact, once the H2 has escaped to space, and the atmosphere has

cooled to a more temperate state.

Nominally, the Hadean Earth appears to have experienced several impacts that would

have produced an atmosphere that made significant prebiotic feedstock molecules. Like

Earth, all rocky exoplanets accreted from impacts. Consequently, impact-induced reducing

atmospheres may be a common planetary processes that provides windows of opportunity

for the origin of exoplanet life.
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Figure 5.13: Identical to Figure 5.4 in the main text, but instead assumes post-impact H2

generation if governed by “Model 1B” described in Figure 5.2.

1020 1021 1022

Impactor mass (kg)
10 3

10 2

10 1

100

101

CH
4 c

ol
um

n 
ab

un
da

nc
e

(m
ol

es
 c

m
2 )

Ni area = [cm2 Ni / cm2 Earth]

gas-phase
Ni area = 0.1
Ni area = 1
Ni area = 10
Ni area = 1000

Figure 5.14: Identical to Figure 5.5 in the main text, but instead assumes post-impact H2

generation if governed by “Model 1B” described in Figure 5.2.



161

10 10 10 8 10 6 10 4 10 2

Methane mixing ratio
600

700

800

900

1000

1100

1200

1300

Al
tit

ud
e 

(k
m

)

10 kyrs after
steam condenses

CH4 lifetime = 4.8 Myrs

CH4 mixing ratio

101 102 103 104

CH4 production or loss
(molecules cm 3 s 1)

Total chemical production
CH3 + H + M  CH4 + M
Total chemical loss
CH4 + h   products

Figure 5.15: The methane photochemical lifetime in post-impact atmospheres. The plot
shows the CH4 mixing ratio and production and loss as a function of altitude 10,000 years
after the steam atmosphere has condensed to an ocean following the 1.58 × 1021 kg impact
described in Figure 5.6. CH4 is primarily destroyed by photolysis, but reforms efficiently in
the H2 rich atmosphere from CH3 + H + M → CH4 + M. The result is a 4.8 million year
CH4 photochemical lifetime. CH4 only persists in the atmosphere for about one million years
because H2 escapes to space in this amount of time which inhibits CH4 recombination.
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and reaction rates. Panel (b) contains haze aerosols which cause CH4 photolysis to be
higher in the atmosphere compared to panel (a). High altitude CH4 photolysis, closer to N2

photolysis, promotes HCN production because photolysis produced can more readily combine
to make cyanides.
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Figure 5.17: Identical to Figure 5.7 in the main text, but instead assumes post-impact H2

generation if governed by “Model 1B” described in Figure 5.2.
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Figure 5.18: Identical to Figure 5.9 in the main text, but instead assumes post-impact H2

generation if governed by “Model 1B” described in Figure 5.2.
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Figure 5.19: HCN production from lighting for the same simulations and time-period shown
in Figure 5.7. The calculations use methods described in Chameides and Walker (1981)
assuming modern Earth’s lightning dissipation rate (9.8 × 10−9 J cm−2 s−1), and a 2250 K
HCN freeze-out temperature. HCN production from lightning is small compared to what is
achievable with photochemistry.



164

5.6 Chapter Appendix

5.6.1 Hydrogen generation from iron and molten crust

Here, we describe our model for atmospheric H2 generation in the days to months following

a massive asteroid impact (Phase 1 in Figure 5.1). All our simulations assume a pre-impact

atmosphere containing CO2, N2, and ocean water. First, we assume that half of the im-

pactor’s kinetic energy heats the atmosphere and ocean water to ∼ 2000 K. We assume

the atmosphere is heated to ∼ 2000 K because this is roughly the evaporation temperature

of silicates. For our assumed impact velocity of 20.7 km s−1, all impactor masses that we

consider in the main text (1020 to 1022 kg) have kinetic energies > 2× 1028 joules delivering

> 1028 joules to the atmosphere which is larger than the 5× 1027 joules required to vaporize

an ocean (Sleep et al., 1989).

Next, our model assumes each mole of iron delivered reacts with the atmosphere and

removes one mole of oxygen. The moles cm−2 of iron delivered to the atmosphere is

NFe,atmos =
XFe,atmosXFe,impMimp

µFeA⊕
(5.11)

Here, Mimp is the mass of the impact in grams, XFe,imp is the iron mass fraction of the

impact, XFe,atmos is the fraction of the impactor iron that reacts with the atmosphere, µFe is

the molar weight of iron, and A⊕ is the area of Earth in cm2. Following Zahnle et al. (2020)

we take XFe,imp = 0.33. In main text, we assume XFe,atmos = 1 (e.g. “Model 1A” in Figure

5.2), while the Chapter Appendix contains calculations with XFe,atmos = 0.15 to 0.3 based on

extrapolations of the Citron and Stewart (2022) SPH impact simulations for 45◦ impactors

traveling at 20.7 km s−1 (e.g. “Model 1B” in Figure 5.2). To approximate equilibration

between the delivered iron and the atmosphere, we simply remove NFe,atmos of oxygen atoms

from the atmosphere.

Our model also optionally considers reactions between the atmosphere and a melt pond

generated by the impact. Our approach is similar to the one described in Itcovitz et al.
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(2022). We estimate the total mass of the melt pond (Mmelt) by interpolating SPH impact

simulations from Citron and Stewart (2022) for a 45◦ impact angle. The smallest impact

they consider is 7×1021 kg, so we extrapolate their results down to 1020 kg. We additionally

take the melted crust to be basaltic in composition except with variable initial amounts of

ferric and ferrous iron. Effectively, this means that the initial oxygen fugacity of the melted

crust is a free parameter because iron redox state is related to oxygen fugacity through the

equilibrium reaction,

0.5O2 + 2FeO ↔ Fe2O3 (5.12)

We assume the oxygen atoms can flow from the atmosphere into the melt (or vice-versa) in

order to bring Reaction 5.12 to an equilibrium state defined by Kress and Carmichael (1991)

thermodynamic data. Our model also considers H2O gas dissolution in the melt using the

Equation (19) solubility relation in Itcovitz et al. (2022).

Finally, given a heated post-impact atmosphere that has been reduced by impactor iron

and, optionally, in contact with an melt pool, we compute thermodynamic equilibrium of

the atmosphere-melt system at 1900 K. We choose 1900 K because any impact-produced

silicate vapors should have condensed and rained out of the atmosphere, and the melt pool

should have not yet solidified (Itcovitz et al., 2022). To find an equilibrium state, we first

compute an equilibrium composition for the atmosphere alone using the equilibrium solver

in the Cantera chemical engineering package (Goodwin et al., 2022) with our thermody-

namic data (Chapter Appendix 5.6.3). Next, to equilibrate the atmosphere-melt system, we

perform a zero-dimensional kinetics integration for 1000 years at constant temperature and

pressure with our reaction network (Chapter Appendix 5.6.3). All reactions in our network

are reversible thermodynamically, therefore integrating the kinetics forward in time should

ultimately reach a state of thermodynamic equilibrium. Our integration includes additional

reactions representing Reaction 5.12 and H2O dissolution in the melt. We arbitrarily choose

forward reaction rates of 10−10 s−1 for both reactions, then reverse the rates using the Kress
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and Carmichael (1991) equilibrium constant, and the Equation (19) solubility relation in

Itcovitz et al. (2022). Overall, our approach finds a chemical equilibrium state between the

atmosphere and the melt pond, and therefore an estimation of the amount of H2 generated

from atmosphere-iron and atmosphere-melt reactions.

Our code for solving melt-atmosphere equilibrium is available at the following Zenodo

link: https://doi.org/10.5281/zenodo.7802966.

5.6.2 Kinetics model of a cooling steam atmosphere

We simulate the chemistry of a cooling post-impact atmosphere using a zero-dimensional

kinetics-climate model. We assume the atmosphere’s composition, pressure, and temperature

are homogeneous in all directions, and has a vertical extent of one atmospheric scale height

(Ha). For these assumptions, the following system of ordinary differential equations govern

our model:

∂Ni

∂t
=

Ha

Na

(Pi − Li) +
Ac

Na

(Pi,surf − Li,surf) (5.13)

∂Ts

∂t
= − 1

ρcp

(
Fnet

Ha

)
− 1

ρcp

(
dMH2O

dt

lH2O

A⊕Ha

)
(5.14)

All variables and units are in Table 5.3. In Equation (5.13), Ni is the column abundance

of species i in mole cm−2, which changes because of gas-phase chemical reactions (production

rate Pi and loss rate Li) and reactions occurring on surfaces (Pi,surf and Li,surf). In Equation

(5.14), T is surface temperature, which changes because of energy radiated to space (Fnet),

and because of latent heat from H2O condensation (
dMH2O

dt
), where MH2O is the mass of H2O

in the atmosphere. We approximate the energy radiated to space in ergs cm−2 s−1 from a

steam-dominated atmosphere with the following parameterization:

Fnet = 8.3× 104 + 1000max(Ts − 1750, 0) (5.15)

This parameterization fits calculations from our radiative transfer model (see Chapter Ap-

https://doi.org/10.5281/zenodo.7802966
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pendix 5.6.4), which uses the a solar spectrum at 4.0 Ga derived from methods described in

Claire et al. (2012).

We can rewrite Equation (5.14), replacing ρHa using the ideal gas law and the definition

of atmospheric scale height,

ρHa =
pµ̄

NakT

NakT

µ̄g
=

p

g
(5.16)

Here, p is the total atmospheric pressure in dynes cm−2, g is gravitational acceleration in

cm s−2, k is the Boltzmann constant, µ̄ is the mean molecular weight in g mol−1, and Na is

Avogadro’s number. Therefore,

∂Ts

∂t
= − g

pcp
Fnet −

g

pcp

(
dMH2O

dt

lH2O

A⊕

)
(5.17)

Next, we must derive an expression for the steam condensation rate (dMH2O/dt) in terms

of known variables. Working in CGS units, the total pressure of the atmosphere is given by

its gravitational force divided by Earth’s surface area (5.1× 1018 cm2):

p =
Mg

A⊕
(5.18)

Here, M is the mass of the atmosphere in grams. We are considering steam-dominated

atmospheres, therefore, the mass and pressure in the above relation is approximately equal

to the mass of atmospheric H2O and the H2O partial pressure.

pH2O ≈ MH2Og

A⊕
(5.19)

MH2O ≈ pH2OA⊕

g
(5.20)

Taking a time derivative of Equation (5.20) yields
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dMH2O

dt
≈ A⊕

g

dpH2O

dt
(5.21)

We assume that the only processes changing the H2Omass in the atmosphere is condensation,

which occurs in our model when steam becomes saturated. We further assume that the H2O

partial pressure is fixed at saturation once steam condensation begins. We approximate the

saturation vapor pressure of H2O, psatH2O
, using the Clausius-Clapeyron equation, assuming a

temperature-independent latent heat, lH2O,

psatH2O
= p0 exp

(
lH2OµH2O

R

(
1

T0

− 1

T

))
(5.22)

p0 and T0 are reference pressures and temperatures, respectively. Taking a time derivative

of Equation (5.22) yields

dpsatH2O

dt
=

(
lH2OµH2O

RT 2

)
dTs

dt
psatH2O

(5.23)

Substituting Equation (5.23) into Equation (5.21) gives

dMH2O

dt
=

A⊕

g

(
lH2OµH2O

RT 2

)
dTs

dt
psatH2O

(5.24)

Finally, we can substitute Equation (5.24) into Equation (5.17) and rearrange to solve for

dT/dt. The result below gives the rate of change of temperature when the steam is too hot

to condense (pH2O > psatH2O
), and when the steam is condensing (pH2O = psatH2O

).

dTs

dt
=

− g
pcp

Fnet pH2O > psatH2O

− g
pcp

Fnet

(
1 +

l2H2O
µH2O

psatH2O

pcpRT 2

)−1

pH2O = psatH2O

(5.25)

Equations (5.13) and (5.25) are a system of ordinary differential equations, which we

approximately solve over time using the CVODE BDF method developed by Sundials Com-

puting (Hindmarsh et al., 2005). Additionally, for either gas-phase or surface reactions, we
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make use of the Cantera software library (Goodwin et al., 2022) to compute chemical pro-

duction and destruction rates. Our code for solving the equations derived in this section is

available at the following Zenodo link: https://doi.org/10.5281/zenodo.7802966.

Table 5.3: Variables

Variable Definition Units
fi Mixing ratio of species i dimensionless
ni Number density of species i molecules cm−3

n Total number density molecules cm−3

Ni Column abundance of species i mol cm−2

N Total column abundance mol cm−2

ρ Density of the atmosphere g cm−3

cp Specific heat capacity of the atmosphere erg g−1 K−1

Fnet Net radiative energy leaving the atmo-
sphere

erg cm−2 s−1

z Altitude cm
t Time seconds
Pi Total chemical production of species i molecules cm−3 s−1

Li Total chemical loss of species i molecules cm−3 s−1

Pi,surf Total chemical production of species i
from surface reactions

molecules cm−2 s−1

Li,surf Total chemical loss of species i from sur-
face reactions

molecules cm−2 s−1

Ri, rainout Production and loss of species i from rain-
out

molecules cm−3 s−1

Qi, cond Production and loss of species i from con-
densation and evaporation

molecules cm−3 s−1

Φi Vertical flux of species i molecules cm−2 s−1

Kzz Eddy diffusion coefficient cm−2 s−1

Di Molecular diffusion coefficient cm−2 s−1

Hi = NakT/µig, The scale heights of species
i

cm

Ha = NakT/µg, The average scale height. cm
Na Avogadro’s number molecules mol−1

k Boltzmann’s constant erg K−1

R Gas constant erg mol−1 K−1

µ Molar mass. µ is mean molar mass of the
atmosphere, and µi is the molar mass of
species i

g mol−1

https://doi.org/10.5281/zenodo.7802966
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Ac Catalyst surface area per atmospheric col-
umn

cm2 catalyst / cm2 Earth

lH2O Latent heat of H2O condensation erg g−1

A⊕ Area of Earth’s surface cm2

ϕ Relative humidity dimensionless
As Optical surface albedo dimensionless
p Atmospheric pressure. pi is the partial

pressure of species i.
dynes cm−2

M Mass of the atmosphere. Mi is the mass of
species i. Mimp is the mass of an impactor.

g

g Gravitational acceleration cm s−2

αTi Thermal diffusion coefficient of species i.
We neglect this term (αTi = 0)

dimensionless

wi Fall velocity of a particle cm s−1

T Temperature. Ts is the surface tempera-
ture.

K

5.6.3 The Photochem model

To simulate the photochemistry of post-impact reducing atmospheres, we developed a pho-

tochemical model called Photochem. The model is a re-written and vastly updated ver-

sion of PhotochemPy (Wogan et al., 2022). Photochem is written in modern Fortran and

C, with a Python interface made possible by Cython (Behnel et al., 2010). This arti-

cle uses Photochem version v0.3.14 archived in the following Zenodo repository: https:

//doi.org/10.5281/zenodo.7802921.

The following sections briefly describe the fundamental model equations solved by Pho-

tochem, our chemical network, and validates the model against observations of Earth and

Titan.

https://doi.org/10.5281/zenodo.7802921
https://doi.org/10.5281/zenodo.7802921
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Model equations

We begin our derivation of the equations governing Photochem with modified versions of

Equations B.1, B.2 and B.29 in Catling and Kasting (2017):

∂ni

∂t
= − ∂

∂z
Φi + Pi − Li −Ri, rainout +Qi, cond (5.26)

Φi,gas = −Kzzn
∂

∂z

(ni

n

)
− niDi

(
1

ni

∂ni

∂z
+

1

Hi

+
1

T

∂T

∂z
+

αT i

T

∂T

∂z

)
(5.27)

Φi,particle = −Kzzn
∂

∂z

(ni

n

)
− wini (5.28)

Table 5.3 explains the variables and their units. Equation (5.26) states that molecule con-

centration (ni in molecules cm−3) changes over time at a point in space because of vertical

movement of particles ( ∂
∂z
Φi), and chemical reactions, rainout or condensation/evaporation

(Pi, Li, Ri, rainout, and Ci, cond). The equation is 1-D, because it only considers vertical gas

transport and differs from Equation B.1 in Catling and Kasting (2017) because we explicitly

include rainout and condensation. Equation (5.27) states that the flux of gases (Φi,gas) is

determined by eddy and molecular diffusion, and Equation (5.28) assumes that the flux of

particles (Φi,particle) is given by eddy diffusion and the rate particles fall through the atmo-

sphere.

Many 1-D photochemical models further simplify Equation (5.26) by assuming that total

number density does not change over time (∂n/∂t ≈ 0). Using this assumption, Equation

(5.26) is recast in terms of evolving mixing ratios (fi) rather than number densities (see

Appendix B.1 in Catling and Kasting (2017) for a derivation). Such models assume a time-

constant temperature profile. The surface pressure is also prescribed, and pressures above

the surface are computed with the hydrostatic equation. In order to guarantee that all

mixing ratios in the atmosphere sum to 1, models assume a background filler gas with a

mixing ratio fbackground = 1−
∑

i fi. N2, CO2 or H2 are common choices for the background

gas, depending on the atmosphere under investigation. By definition, the background gas
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is not conserved. This approach is valid for steady-state photochemical calculations, and is

also reasonable for atmospheric transitions which maintain approximately constant surface

pressure and atmospheric temperature. The Photochem code contains an implementation of

this traditional approach to photochemical modeling.

Unfortunately, solving a simplified version of Equation (5.26) in terms of mixing ratios

does not work well for post-impact atmospheric modeling. For example, a post-impact

atmosphere can contain 10 bars of H2 which escapes to space over millions of years, lowering

the surface pressure to a 1 bar N2 dominated atmosphere (e.g. Figure 5.6). Traditional

photochemical models fail to simulate this scenario because it is not reasonable to assume

a single background gas and time-constant surface pressure. Additionally, most models

fix atmospheric temperature during any single model integration, but surface temperature

should change significantly as impact-generated H2 escapes to space.

Therefore, Photochem implements a code that solves Equation (5.26) in terms of number

densities (ni) without the assumption of fixed surface pressure or a background gas. This

approach requires slight modifications to Equation (5.27) and (5.28) which we describe below.

Consider the hydrostatic equation and ideal gas law

∂p

∂z
=

−gpµ̄

NakT
(5.29)

p = nkT (5.30)

Substituting the ideal gas law in the hydrostatic equation yields

∂

∂z
(nT ) =

−gnµ̄

Nak
(5.31)

n
∂T

∂z
+ T

∂n

∂z
=

−gnµ̄

Nak
(5.32)

After rearrangement and substituting the definition of scale height,
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1

n

∂n

∂z
= − 1

Ha

− 1

T

∂T

∂z
(5.33)

Now consider the following expansion using the quotient rule

∂

∂z

(ni

n

)
=

1

n

∂ni

∂z
− ni

n2

∂n

∂z
(5.34)

Substituting Equation (5.33) into Equation (5.34) and rearrangement gives

n
∂

∂z

(ni

n

)
=

∂ni

∂z
+

ni

Ha

+
ni

T

∂T

∂z
(5.35)

Finally, we can substitute Equation (5.35) into Equations (5.27) and (5.28) to derive new

equations for the flux of gases and particles

Φi,gas = −Kzzni

(
1

ni

∂ni

∂z
+

1

Ha

+
1

T

∂T

∂z

)
− niDi

(
1

ni

∂ni

∂z
+

1

Hi

+
1

T

∂T

∂z
+

αT i

T

∂T

∂z

)
(5.36)

Φi,particle = −Kzzni

(
1

ni

∂ni

∂z
+

1

Ha

+
1

T

∂T

∂z

)
− wini (5.37)

We then apply a finite-volume approximation to the Equation (5.26) system of particle

differential equations using fluxes for gases and particles given by Equations (5.36) and

(5.37), which results in a system of ordinary differential equations. We use a second-order

centered scheme for all spatial derivatives except falling particles, which use a first-order

upwind scheme for stability. Photochem evolves the finite volume approximate forward in

time using the CVODE BDF method developed by Sundials Computing (Hindmarsh et al.,

2005). The model assumes no background gas, and surface pressure can evolve over time

as, for example, gases escape to space. Additionally, our model computes a self-consistent

temperature structure within each time step using the Clima radiative transfer code (Chapter

Appendix 5.6.4) assuming a pseudo-moist adiabatic troposphere connected to an isothermal

upper atmosphere.



174

An additional challenge of post-impact atmospheres is that the scale height changes

by a factor of ∼ 10 or more when H2 escapes leaving behind a N2 or CO2 dominated

atmosphere (Figure 5.6). Most relevant photochemistry occurs at pressures > 10−7 bar, and

so we choose a model domain which starts at the surface and extends to an altitude that

is approximately this pressure. However, suppose we choose a model domain extending to

∼ 1000 km (i.e. the 10−7 bar level) appropriate for an H2 dominated atmosphere. After

H2 escapes to space, all relevant photochemistry would occur below 100 km, in the bottom

several grid cells of the model. Therefore, the important photochemistry would be poorly

resolved and inaccurate, and the extremely small pressures at the top of the model domain

would likely cause numerical instability. Our solution is to adaptively adjust the model

domain so it is always appropriate for atmospheres scale height. We use the root finding

functionally in CVODE BDF to halt integration whenever the pressure at the top of the

atmosphere falls below 10−7 bar and lower the top of the model domain before continuing

integration. This procedure is done automatically tens to hundreds of times during each

post-impact integration.

Chemical network, photolysis cross sections and thermodynamic data

Our chemical reactions, photolysis cross sections, and thermodynamic data used for all

gas-phase kinetics are archived in the following Zenodo repository: https://doi.org/10.

5281/zenodo.7802962. Chemical reactions and thermodynamic data are in the file “reac-

tion mechanisms/zahnle earth.yaml”, and photolysis cross sections are in the folder “xsec-

tions/”. All thermodynamic data is from the NIST Chemistry WebBook (Linstrom and

Mallard, 1998). The chemical and photolysis reactions are an updated version of rates pre-

sented in Zahnle et al. (2016).

In this article, our model simulates rainout in droplets of water for the following species:

particles, OH, CN, HCN, C2H4, NO, HO2, N2O, H2O2, O3, NO2, NO3, HNO2, HNO3, C2H6,

CH3OH, CH3CHO, C3H6, CH3CN.

https://doi.org/10.5281/zenodo.7802962
https://doi.org/10.5281/zenodo.7802962
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Model validation

Figure 5.20 shows Photochem applied to Earth and Titan compared to observations gathered

from the literature. All boundary conditions and settings for each model are archived in the

“ModernEarth” and “Titan” templates in the following Zenodo repository: https://doi.

org/10.5281/zenodo.7802921. Our model of Titan fixes the surface CH4 mixing ratio

to 0.015 volume mixing ratio, permits H2 escape at the diffusion-limited rate, and allows

aerosols to fall to Titan’s surface, but otherwise has zero-flux boundary conditions. We

ignore the effects of galactic cosmic rays, which causes our model to under-predict the nitrile

haze production in the lower atmosphere (Lavvas et al., 2008b). Additionally, we neglect

ion chemistry which is argued to be important for the formation of large hydrocarbons (e.g.,

C6H6), but inconsequential for smaller molecular weight species. Despite these omissions,

Photochem broadly reproduces the main cyanide chemistry on Titan.

Deposition velocity of HCN

Our photochemical-climate simulations of post-impact atmosphere assume a HCN surface

deposition velocity of 7× 10−3 cm s−1. Here, we describe a simple model of HCN hydrolysis

in the ocean which justifies this value.

Motivated by Appendix 3 in Kharecha et al. (2005), we imagine a two-box ocean model

with a surface ocean of depth ∼ 100 m and a deep ocean (∼ 4 km). We assume HCN

transport into the ocean is governed by a stagnant boundary layer model (see Figure 3 in

Kharecha et al. (2005)), where it is destroyed by hydrolysis reactions. HCN is mixed between

the surface and deep ocean reservoirs by a turnover velocity, vover, which we nominally take

to be 1.2× 10−5 cm s−1 which is appropriate for modern Earth. Under these circumstances,

the following system of ordinary differential equations governs the concentration of HCN in

the surface and deep ocean.

https://doi.org/10.5281/zenodo.7802921
https://doi.org/10.5281/zenodo.7802921
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Figure 5.20: Earth and Titan photochemical model validation. (a) and (b) shows the Pho-
tochem model applied to Earth and Titan, respectively, compared to data from the literature
(Cui et al., 2009; Marten et al., 2002; Adriani et al., 2011; Vuitton et al., 2006; Massie and
Hunten, 1981; Ehhalt et al., 1975).
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dmHCN,s

dt
=

ΦHCN

Czs
− ktotmHCN,s −

(
vover
zs

)
(mHCN,s −mHCN,d) (5.38)

dmHCN,d

dt
= −ktotmHCN,s +

(
vover
zd

)
(mHCN,s −mHCN,d) (5.39)

Here, mHCN,s and mHCN,d are the concentration of HCN in the surface and deep ocean,

respectively, in mol L−1, C is a constant equal to 6.022 × 1020 molecules mol−1 L cm−3, zs

is the depth of the surface ocean, and zd is the depth of the deep ocean. We compute the

temperature and pH dependent hydrolysis rate coefficient, ktot, following Miyakawa et al.

(2002). ΦHCN is the HCN flux into the ocean in molecules cm−2 s−1, which is determined by

a stagnant boundary layer model:

ΦHCN = vp,HCN(αHCN10
−6pHCN −mHCN,s)C (5.40)

We assume the piston velocity of HCN is 5 × 10−3 cm s−1, which is the same as the piston

velocity of CO (Kharecha et al., 2005, Table 1). Also, αHCN is the henry’s law coefficient for

HCN. The flux of a gas can also be parameterized with a deposition velocity (vd,HCN):

ΦHCN = nHCNvd,HCN

=
pHCN

kT
vd,HCN

(5.41)

Assuming a steady state (dmHCN,s/dt = dmHCN,d/dt = 0) and solving for vd,HCN in

Equations (5.38) - (5.41) yields

vd,HCN = 10−6kTαHCNCktotvp,HCN
ktotzdzs + vover(zd + zs)

ktotzd(vp,HCN + ktotzs) + vover(vp,HCN + ktot(zd + zs))
(5.42)

Here, we assume that the temperature and pH of the ocean is uniform, and that the tem-
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Figure 5.21: The deposition velocity of HCN caused by hydrolysis in the ocean. Calculations
use Equation (5.42) assuming vover = 1.2× 10−5 cm s−1, zs = 104 cm, zd = 4× 105 cm.

perature of the surface air is the same as the temperature of the ocean.

Figure 5.21 computes the deposition velocity of HCN using Equation (5.42) over a wide

range of ocean temperatures and pH. Kadoya et al. (2020) used a model of the geologic

carbon cycle to argue that the Hadean ocean was moderately alkaline (pH ≈ 8). Therefore,

we choose a HCN deposition velocity of 7× 10−3 cm s−1 for our nominal model because it a

reasonable approximation of the pH = 8 case over a wide range of temperatures. Additionally,

we assume that HCCCN has the same deposition velocity as HCN, also caused by hydrolysis

reactions in the ocean.

We have re-run our photochemical-climate simulations of post-impact atmospheres with

order-of-magnitude larger and smaller HCN deposition velocities. The results are qualita-

tively unchanged. For example, assuming vd,HCN = 7×10−4 cm s−1 for a 2×1021 kg impactor

in Figure 5.7 causes one order of magnitude smaller HCN ocean deposition. However, the

HCN rainout and HCN surface pressure is unchanged because HCN rainout dominates over

the HCN ocean deposition.
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5.6.4 The Clima radiative transfer and climate model

To simulate the climate of post-impact atmospheres, we developed a new radiative trans-

fer and climate code called Clima. We approximately solve the radiative transfer equation

using standard two-stream methods (Toon et al., 1989). The code includes opacities repre-

senting photolysis, Rayleigh scattering, collision-induced absorption, and approximates line

absorption with k-distributions. All available opacities and citations, except photolysis cross

sections, are listed in Table 5.4. In this article, to account for line absorption of multiple

species, we use the “random overlap with resorting and rebinning” method described in

Amundsen et al. (2017).

Figure 5.22 shows a thermal emission spectra computed with Clima for a two bar pure

CO2 atmosphere on Mars with a 250 K surface temperature. This same benchmark has been

computed by several other radiative transfer codes: SOCRATES (Wolf et al., 2022, Figure

2), ExoRT (Wolf et al., 2022, Figure 2), SMART (Figure 5.22), and the radiative transfer

code used in Kopparapu et al. (2013) (their Figure 1). All codes estimate the total outgoing

thermal energy to be between 86 and 94 W m−2, which is comparable to the value computed

by Clima (92.9 W m−2).

The Clima code also includes an adiabatic climate model which we use in Section 5.4.4.

Given partial pressures of gases at the surface, the code draws a pseudo-adiabat temperature

profile upward using Equation (1) in Graham et al. (2021) until the temperature reaches

an assume isothermal stratosphere. The code is general and can consider any number of

condensing species, but H2O is the only relevant condensible for post-impact atmospheres.

Finally, to find an equilibrium climate, we solve a nonlinear equation for the surface temper-

ature that balances incoming solar and outgoing longwave radiation. Each iteration of the

nonlinear solve involves drawing an adiabat upward then computing the solar and infrared

radiative fluxes.

We have validated the stand-alone climate model in Clima by reproducing the calculations

in Wordsworth et al. (2017) of early Mars with CO2 and H2 atmospheres (left panel of Figure
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2 in Wordsworth et al. (2017)). Furthermore, we predict the runaway greenhouse limit to

be 291 W m−2, which is in acceptable agreement with the literature (e.g., Kopparapu et al.,

2013). Finally, we have also confirmed that our code for drawing pseudo-moist adiabats

reproduces the code used in Graham et al. (2021).

The version of Clima used in this article (v0.3.7) is archived on Zenodo (https://doi.

org/10.5281/zenodo.8060772), while the most up-to-date version can be found on GitHub

(https://github.com/Nicholaswogan/clima).

Table 5.4: Opacities used in the Clima radiative transfer
code

Opacity type Opacity Notes Citation
k-
distributionsa

H2O HITEMP2010 for 0 to 30,000 cm−1

and HITRAN2016 for 30,000 to
42,000 −1. Voigt line shape with
25 cm−1 cutoff. Assumes Earth
air broadening coefficients. Plinth
or base is removed because this
opacity is combined with MT CKD
H2O continuum.

Rothman et al. (2010); Gor-
don et al. (2017)

CO2 HITEMP2010. Sub-Lorentzian
line shape with 500 cm−1 cut-
off. Assumes self-broadening coef-
ficients.

Rothman et al. (2010)

CH4 HITEMP2020. Voigt line shape
with 25 cm−1 cutoff. Assumes
Earth air broadening coefficients.

Hargreaves et al. (2020)

CO HITEMP2019. Voigt line shape
with 25 cm−1 cutoff. Assumes self-
broadening coefficients.

Li et al. (2015)

O2 HITRAN2016. Voigt line shape
with 25 cm−1 cutoff. Assumes
Earth air broadening coefficients.

Gordon et al. (2017)

O3 HITRAN2016. Voigt line shape
with 25 cm−1 cutoff. Assumes
Earth air broadening coefficients.

Gordon et al. (2017)

https://doi.org/10.5281/zenodo.8060772
https://doi.org/10.5281/zenodo.8060772
https://github.com/Nicholaswogan/clima
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NH3 HITRAN2016. Voigt line shape
with 25 cm−1 cutoff. Assumes
Earth air broadening coefficients.

Gordon et al. (2017)

CIA H2-H2 - Mollière et al. (2019)
H2-He - Mollière et al. (2019)
N2-N2 - Mollière et al. (2019)
CH4-
CH4

- Karman et al. (2019)

N2-O2 - Karman et al. (2019)
O2-O2 - Karman et al. (2019)
H2-CH4 - Karman et al. (2019)
CO2-
CO2

- Karman et al. (2019)

CO2-
CH4

- Karman et al. (2019)

CO2-N2 - Karman et al. (2019)
N2-H2 - Karman et al. (2019)

Rayleigh
scatteringb

N2 - Keady and Kilcrease
(2002); Penndorf (1957)

CO2 - Keady and Kilcrease
(2002); Shemansky (1972)

O2 - Keady and Kilcrease
(2002); Penndorf (1957)

H2O - Keady and Kilcrease
(2002); Ranjan and Sas-
selov (2017); Murphy
(1977)

H2 - Keady and Kilcrease (2002)
a All k-distributions are computed using HELIOS-K (Grimm et al., 2021).
b Rayleigh scattering opacities are computed using a parameterization from Vardavas and
Carver (1984).
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Figure 5.22: Outgoing longwave radiation of a 2 bar CO2 atmosphere on Mars with a 250 K
surface temperature, computed with Clima (this work) and SMART (Meadows and Crisp,
1996). The agreement between the two codes validates Clima.
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Chapter 6

TIMING AND LIKELIHOOD OF THE ORIGIN OF LIFE
DERIVED FROM POST-IMPACT HIGHLY REDUCING

ATMOSPHERES

“At some point a particularly remarkable molecule was formed by accident. We will call it

the Replicator. It may not necessarily have been the biggest or the most complex molecule

around, but it had the extraordinary property of being able to create copies of itself. This may

seem a very unlikely sort of accident to happen. So it was. It was exceedingly improbable...

But in our human estimates of what is probable and what is not, we are not used to dealing

in hundreds of millions of years.” - Richard Dawkins in The Selfish Gene



184

This chapter was written in collaboration with David C. Catling and Kevin J. Zahnle, and

will soon be submitted for publication in an academic journal.

Summary

Big impacts on the early Earth would have created highly reducing atmospheres that gen-

erated molecules needed for the origin of life, such as nitriles. However, such impactors can

be followed by collisions that were still sufficiently big to vaporize the ocean and destroy

any pre-existing life. Thus, a post-impact reducing atmosphere that gives rise to life needs

to be followed by a lack of subsequent sterilizing impacts for life to persist. Using statistics

and limits for the impact history on early Earth and the impact mass needed to generate

post-impact highly reducing atmospheres, we show that the median timing of impact-driven

biopoiesis (i.e., the origin of life) is favored early in the Hadean eon. However, uncertainties

are large because impact bombardment is stochastic, so biopoiesis could have occurred in

∼ 0.5 billion year window from 4.45 to 3.9 Ga within 95% uncertainty. Previous claims of a

far narrower window for the origin of life are unsupported. In an optimistic scenario for life

starting from post-impact reducing atmospheres, we find that the origin of life is possible

in ∼ 90% of stochastic impact realizations. In our most pessimistic case, life’s origin is still

fairly likely (∼ 20% chance). This potentially bodes well for life on rocky planets elsewhere

because they will have experienced an early episode of enhanced impact bombardment given

how planets form.

6.1 Introduction

Benner et al. (2020) argued that the most likely time for the origin of life in an RNA-world

scenario would have been 4.36± 0.1 Ga in the wake of a ∼ 2× 1022 kg (∼ 2100 km) asteroid

impact called Moneta. They suggested that iron delivered by Moneta’s core would have

reacted with impact-vaporized ocean water to generate a reducing Hadean atmosphere con-

ducive to the photochemical generation of essential prebiotic nitriles like HCN and HCCCN.

Nitriles are required in prebiotic schemes that synthesize ribonucleotide precursors to RNA
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(Patel et al., 2015; Powner et al., 2009; Becker et al., 2019). A transient period of profuse

nitrile production after a Moneta impact could have been a window of opportunity for the

origin of RNA and, ultimately, life.

A single Moneta impact could also explain the highly-siderophile elements (i.e. iron-

loving, abbreviated HSEs) in the Moon’s and the Earth’s mantles. During the Moon-forming

impact, HSEs should have been sequestered in each planetary core, so over-abundant HSEs in

today’s mantles are commonly interpreted as evidence for late-accretion impactors. Earth’s

mantle has substantially more HSEs than the Moon by an amount that cannot be accounted

for by Earth’s greater gravitational cross section (Day and Walker, 2015). A single massive

Moneta impact could explain the Earth-Moon HSE discrepancy because, by the statistics of

small numbers, Moneta could have missed the Moon and hit the Earth (Sleep et al., 1989;

Bottke et al., 2010).

However, the lunar HSE depletion may be explained without a Moneta impact. Lunar

HSEs could have been lost to space during impact-delivery because of the Moon’s small

gravity (Kraus et al., 2015). Alternatively, HSEs delivered to the Moon during its ∼ 150

million-year magma ocean could have been sequestered in the core due to iron sulfide exso-

lution (Morbidelli et al., 2018; Rubie et al., 2016). Finally, there is some chance that the

Earth’s HSEs do not record late impacts because the Moon-forming impact delivered HSEs

(Sleep, 2016). Another explanation for Earth’s HSEs that does not require impacts is that

HSEs are gradual core contributions over time from mantle plumes (Halliday and Canup,

2023; Mundl-Petermeier et al., 2020). If indeed Earth’s HSEs reflect asteroid bombardment

after the Moon formed, then the HSEs can be explained by multiple ∼ 500 to 2000 km

impacts rather than a single big (∼ 2100 km) collision.

Chapter 5 and Zahnle et al. (2020) used photochemical models of post-impact atmo-

spheres to show that impacts significantly smaller than Moneta can efficiently produce pre-

biotic molecules. In their simulations, impactor iron equilibrates with vaporized ocean water

to generate atmospheric H2, CH4 and NH3 that form thermochemically as the reducing steam

atmosphere cools. Once steam condenses to an ocean, subsequent photochemistry of a Titan-
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like, hazy atmosphere produces prebiotic nitriles. Zahnle et al. (2020) was a preliminary

study that used simple atmospheric models, and Chapter 5 improves upon their calculations

with more sophisticated and accurate simulations. Photochemical modeling in Chapter 5

shows that the production of both HCN and HCCCN only occurs when CH4/CO2 ≳ 0.1

while the atmosphere is hazy. In an optimistic scenario, which includes nickel-catalyzed

methane production, results suggests that CH4/CO2 > 0.1 (i.e. significant nitriles) occurs

for impacts > 4 × 1020 kg (> 570 km diameter). In a pessimistic case, which assumes

only a fraction of impactor iron reacts with the atmosphere (Citron and Stewart, 2022),

a > 5 × 1021 kg (> 1330 km diameter) impactor is required to produce substantial HCN

and HCCCN (Chapter 5). Regardless of uncertainty, atmospheric models suggest that an

impactor much smaller than Moneta could deliver the nitriles needed for an RNA origin of

life.

Here, we use the Chapter 5 results, along with Monte-Carlo simulations of Earth’s impact

history, to make an alternative estimate for when life most likely emerged during an RNA-

first process. Our calculations account for the possibility of planet sterilization by impacts

that vaporize the ocean (Sleep et al., 1989). We assume that a life-starting impact is one

that produces significant prebiotic nitriles and is not subsequently followed by an ocean-

vaporizing impact that destroys the biosphere. By considering the fraction of stochastic

impact realizations that do not have a life-starting impact, we also estimate the probability

of life beginning if Earth history was rerun.

6.2 Methods

The rate impacts hit Earth bigger than mass m at age t can be written

f(t,m) = F0(t)S0(m) (6.1)

Here, S0(m) is the size-frequency distribution of impactors normalized to a reference mass

m0 so that S0(m0) = 1. Also, F0(t) is the number of impacts per billion years with mass
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greater than m0.

We assume that the the majority of the size-frequency distribution of impactors is iden-

tical to the main-belt asteroids (Extended Data Figure 1 in Marchi et al., 2014). Data for

the frequency of main-belt asteroids only extends down to about 1 km diameter (1.3× 1012

kg). To extend the distribution to smaller objects, we use the observed 1400 ratio between

the frequency of > 1 km and > 20 km craters on the Moon following Morbidelli et al.

(2018). Crater scaling relations suggest that 1 km and 20 km craters on the Moon cor-

responds to 50 m and 1 km asteroids, respectively (Morbidelli et al., 2018). The largest

main belt asteroid is ∼ 1000 km, so we must extrapolate to larger impactors. Through

the main text, we use the same extrapolation as Marchi et al. (2014), which extends the

distribution to big impacts with a slope d(lnS0)/d(lnm) = −0.415 (Figure 6.1). In Chapter

Appendix 6.6.1 we show that instead extrapolating with the red dashed line in Figure 6.1a

(with slope d(lnS0)/d(lnm) = −1.0) does not significantly change our overall conclusions.

Finally, we normalize the size-frequency distribution to the impact mass required to make a

1 km crater on the moon (50 m object, m0 = 1.64× 108 kg). Figure 6.1a shows the resulting

size-frequency distribution.

The flux of impactors, F0(t), can be estimated from the lunar cratering record. We adopt

the accretionary tail scenario discussed in Morbidelli et al. (2018). In other words, we assume

that the “late heavy bombardment” did not happen (Cartwright et al., 2022; Hartmann, 2019;

Zellner, 2017), and that the impact flux on Earth was monotonically decreasing throughout

the Hadean eon. Figure 6.1b shows nm, our assumed lunar impact history taken from

Morbidelli et al. (2018) (red line in their Figure 5). We use the parameterization nm =

10ae
bt+c, where a, b, and c are fit parameters given in Figure 6.1b.

Extrapolating the lunar impact history to Earth requires correcting for Earth’s greater

gravitational attraction. Assuming that the approach velocity of impactors far from the

Earth and Moon was on average 18 km/s (Morbidelli et al., 2018), then Earth should receive

s0 = 1.36 times more impacts per surface area than the Moon. Therefore, the number of

impacts on Earth is
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Figure 6.1: Our assumed (a) size-frequency distribution of impactors and (b) lunar cratering
record. Most of the size-frequency distribution is identical to the main-belt asteroids (Ex-
tended Data Figure 1 in Marchi et al., 2014). We extrapolate to objects ≲ 1011 kg using the
observed frequency ratio of > 1 km and > 20 km lunar craters following Morbidelli et al.
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et al. (2014). In Chapter Appendix 6.6.1 we also consider the red dashed extrapolation to
≳ 1021 kg impacts. The lunar cratering record is the red line in Figure 5 of Morbidelli et al.
(2018).
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N0 = A⊕s0nm = A⊕s010
aebt+c (6.2)

Equation (6.2) also accounts for Earth’s surface area (A⊕), making N0 the number of im-

pacts on Earth since age t that would cause a crater > 1 km on the moon. As discussed

previously, Morbidelli et al. (2018) use crater scaling relations to show that a 1 km lunar

crater corresponds to a 50 m object with mass m0 = 1.64× 108 kg.

The time derivative of N0 gives the flux, F0:

F0(t) =
dN0

dt
(6.3)

The average number of impacts on Earth between time t1 and t2 with mass greater than m

is then

N(m, t1, t2) =

∫ t2

t1

f(t,m)dt

= S0(m)

∫ t2

t1

dN0

dt
dt

= S0(m)A⊕s0

(
10ae

bt2+c − 10ae
bt1+c

) (6.4)

To simulate impact histories, we consider a grid of s ∼ 200 impactor masses between 1012

and 1023 kg, and a grid of ∼ 60 times between 4.5 and 3.5 Ga. Indexes j and i indicate the

mass and time grid cells respectively, while, for example, j − 1
2
and j + 1

2
indicate the edges

of the grid cell. We can compute the expected number of impacts within a mass and time

grid cell with the following

N ij = N(mj− 1
2
, ti− 1

2
, ti+ 1

2
)−N(mj+ 1

2
, ti− 1

2
, ti+ 1

2
) (6.5)

Next, we sample a Poisson distribution for each N ij, giving a stochastic number of impacts

in each mass and time grid cell which constitutes an impact history. By modeling impacts
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as a Poisson process, we are assuming that each impact does not change the probability of

the next one (i.e., impacts are independent). Performing this sampling thousands of times

captures many of the possible impact histories. We only keep impact histories that accrete

a total mass of 2× 1022 to 6× 1022 kg because this is approximately the mass implied by the

HSEs in Earth’s mantle, assuming that HSEs were delivered by late accretion. This range

of masses is based on Day and Walker (2015) who used mantle HSEs to suggest that the

Earth was impacted by ∼ 3× 1022 to 4.8× 1022 kg of material, but we choose a wider range

of masses because HSEs could have been lost to Earth’s core or to space during impacts

(Marchi et al., 2018).

Our final step is to assign impact velocities to each collision in the many sampled impact

histories. Figure 6.5 in the Chapter Appendix shows Earth’s impact velocity distribution.

We created this distribution using the JPL database of close approaches to Earth by small

bodies (Park and Chamberlin, 2023), considering all close-approach asteroids within 0.05 AU

to Earth. The database gives the approach velocity of each asteroid far from Earth, so we

compute the impact velocity by accounting for Earth’s gravitational potential energy. Here,

we are assuming that the impact velocity distribution for small bodies (e.g. < 10 km) is

identical to the velocity distribution for bigger asteroids (e.g. > 10km). This may not be

the case because small bodies are more strongly influenced by processes like the Yarkovsky

effect (Bottke Jr et al., 2006), where an asteroid’s orbit is altered by anisotropic thermal

emission.

The final collection of sampled impact histories can then be used to compute impact

statistics that are relevant to the timing and likelihood of the origin of life.

6.3 Results

Figure 6.2 illustrates three of the 5000 impact histories computed with our Monte-Carlo ap-

proach (Section 6.2). In Figure 6.2a, a Moneta-sized impact occurs at ∼ 4.43 Ga delivering

nearly all of Earth’s mantle HSEs. The impact should also reduce the Hadean atmosphere

creating conditions favorable for prebiotic chemistry. However, in this case, Moneta is not a
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The red lines indicate the last impact to vaporize the ocean assuming 10% of an impacts
kinetic energy heats the ocean. (a) gives conversions between impact mass and diameter for
500, 1000 and 2000 km asteroids.
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life-starting impact because Moneta is followed by an ocean-vaporizing collision at ∼ 4.37 Ga

which we assume destroys any existing biosphere. Based on smoothed-particle hydrodynam-

ics impact simulations, we nominally assume that 10% of an impact’s kinetic energy goes into

vaporizing the ocean (Chapter Appendix 6.6.2, Citron and Stewart, 2022). Vaporizing the

ocean requires 5× 1027 J, so a > 5× 1028 J impact should deliver sufficient energy under our

assumptions. Chapter Appendix 6.6.2 considers alternative criteria for ocean-vaporization.

In Figure 6.2a, the last ocean-vaporizing impact is only ∼ 1020 kg (360 km) but has a large

impact velocity of 32 km/s giving it 5.12× 1028 J of kinetic energy.

Moneta also occurs in the Figure 6.2b impact realization. In this scenario, any life created

in the wake of Moneta will not be subsequently impact-exterminated because Moneta is the

last impact to vaporize the ocean.

Figure 6.2c shows an impact history where Moneta does not occur. Instead, Earth’s man-

tle HSEs are delivered by multiple 1021 to 4×1021 kg collisions. Whether this bombardment

history would cause biopoiesis depends on the required minimum impact mass to produce

significant origin-of-life nitriles (e.g. HCN and HCCCN). Chapter 5 uses photochemical mod-

els of post-impact atmospheres to show that, optimistically, an impact > 4× 1020 kg should

give rise to an atmosphere that makes significant HCN and HCCCN. Under this optimistic

requirement, the last ocean-vaporizing impact in Figure 6.2c could successfully start life and

occurs at 4.38 Ga with mass 3× 1021 kg. However, with pessimistic modeling assumptions,

Chapter 5 finds that a > 5 × 1021 kg impactor is instead required for substantial nitrile

delivery to the surface. In this alternative scenario, an origin of life never occurs in Figure

6.2c because there is no impactor larger than 5× 1021 kg.

As illustrated in Figure 6.2, a life-starting impact does not occur in every simulated

impact history. In our impact-driven model for the origin of life, biopoiesis requires (1) an

impact of sufficient mass to make prebiotic nitriles and (2) the lack of a later ocean-vaporizing

collision that destroys the biosphere without rekindling it. Figure 6.3 shows the probability of

both conditions occurring as a function of the minimum impact mass that produces prebiotic

molecules. For example, consider the Chapter 5 optimistic minimum mass of 4 × 1020 kg
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Figure 6.3: The probability of an impact that causes favorable conditions for an origin of life
on Earth. The blue solid line is the probability of an impact occurring at least once. The
orange dashed line is the probability of an impact without a subsequent ocean-vaporizing
collision. Probabilities are shown as a function of the minimum impact mass to produce
significant prebiotic molecules (e.g. HCN). Two plausible minimum masses are the Chapter
5 optimistic and pessimistic scenarios indicated with vertical dotted lines. The shaded region
between 2× 1022 and 6× 1022 kg are Moneta-sized impacts because they deliver most all of
Earth’s mantle HSEs. There is a 92% chance of an impact creating favorable origin of life
conditions in the Chapter 5 optimistic case, and a 41% chance in the pessimistic case.
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indicated in Figure 6.3. All simulated impact histories have at least one impact bigger than

4 × 1020 kg (blue line in Figure 6.3 is 1.0 at the given mass). However, the probability of

the origin of life in this scenario is 92%, because 8% of the time the last 4× 1020 kg collision

is followed by a smaller ocean-vaporizing impact that perhaps sterilizes the planet (orange

dashed line in Figure 6.3 with 0.92 at 4 × 1020 kg). An origin of life is less probable if we

consider the Chapter 5 pessimistic minimum mass (> 5 × 1021 kg) to produce significant

origin-of-life nitriles. A > 5×1021 kg impact without later ocean vaporization occurs 41% of

the time. A life-starting impact was therefore relatively likely on the early Earth, and was

strongly favored (92% probability) under optimistic assumptions.

To estimate the most likely timing for the origin of life, we consider both the optimistic

and pessimistic criteria of Chapter 5. Figure 6.4a is the optimistic case, showing the timing

(Figure 6.4a (i)) and mass (Figure 6.4a (ii)) of the last > 4× 1020 kg impactor for the 92%

of impact histories that do not experience later ocean vaporization. The median timing

of a life-starting impact is 4.34 Ga with 95% uncertainty between 3.89 and 4.46 Ga. The

large uncertainty mostly stems from the stochastic, Poisson nature of asteroid bombardment.

The probability distribution for the mass of the life-starting impact peaks at 4×1020 kg and

decreases with increasing mass because of the size-frequency distribution of asteroids (Figure

6.1a). There is only a 10% chance that the impactor is Moneta-sized (i.e., between 2× 1022

and 6× 1022 kg).

The timing of an origin of life impact is qualitatively unchanged when instead adopting

the Chapter 5 pessimistic case, which requires a > 5 × 1021 kg impact without later ocean

vaporization (Figure 6.4b). In this scenario, the median timing for life’s origin is 4.36 Ga

with a 95% confidence interval spanning 3.94 to 4.49 Ga (Figure 6.4b (i)). Under these

assumptions, the life-starting impact is Moneta-sized 31% of the time (Figure 6.4b (ii)),

which is more probable compared to “optimistic” case (Figure 6.4a (ii)).

In this model for biopoiesis, life would probably start approximately within 10s of millions

of years after a life-starting impact because this is the maximum duration of the H2- and

CH4- rich atmosphere that makes nitriles like HCN (Chapter 5). We ignore the < 10s million
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Figure 6.4: The timing and mass of a life-starting impact on the early Earth. (a) considers
an optimistic minimum impact mass needed to generate the molecules for an RNA origin of
life and (b) examines a pessimistic minimum impact mass Chapter 5. In either (a) or (b),
panels (i) and (ii) show probability distributions for the timing and mass, respectively, of the
last impact the produces prebiotic molecules which does not have a later ocean-vaporizing
collision. The vertical dashed lines on (a) i and (b) i plot are median values, and the vertical
dotted lines are the 95% confidence intervals. In an impact-driven origin of life, biopoiesis
most likely occurred at 4.34 Ga (95% CI: 3.89 to 4.46 Ga) assuming panel (a) and at 4.36
Ga (95% CI: 3.94 to 4.49 Ga) assuming panel (b).
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year span between an impact and life’s origin because it is small compared to our ∼ 500

million-year uncertainty for the timing of a life-starting impact.

6.4 Discussion

Our estimated timing for biopoiesis is compatible with the earliest well-accepted geologic

evidence of life in the form of stromatolites in the 3.5 Ga Pilbara block of western Australia

(Walter et al., 1980; Buick et al., 1981; Van Kranendonk et al., 2018). Older geologic evidence

of life exists, such as a > 3.7 Ga black shale metamorphosed to graphite with negative

δ13C characteristic of biology (Rosing, 1999; Ohtomo et al., 2014). Also, Bell et al. (2015)

discovered graphite inclusions in a 4.1 Ga zircon grain with 13C depletions compatible with

biological activity, but this is a tentative biosignature because there are abiotic mechanisms

for making isotopically light carbon (Javaux, 2019). If the Bell et al. (2015) finding is indeed

a sign of life, then it would be generally compatible with our estimated timing in Figure 6.4,

because we find that there is only a ∼ 10% chance of life starting after 4.1 Ga.

Furthermore, Hadean zircons provide some constraint on Earth’s impact history which we

do not explicitly account for in our calculations. The oldest zircons are from Jack Hills, Aus-

tralia, with U-Pb dates as old as ∼ 4.38 Ga (Valley et al., 2014). Benner et al. (2020) argued

that a Moneta-scale impact (∼ 2× 1022 kg) could not have occurred after this date, because

such a collision would heat the crust enough to potentially reset all U-Pb chronometers.

Benner et al. (2020) makes this claim based on Abramov et al. (2013), who used models of

impact ejecta coupled to simulations of radiogenic Pb-loss in zircons to investigate chronome-

ters resetting during the hypothesized “late-heavy bombardment”. However, Abramov et al.

(2013) considers impacts much smaller than Moneta (e.g. < 1021 kg), and does not clearly

establish a minimum impactor mass that would reset all zircon chronometers globally. Given

this ambiguity, our simulations do not use zircon chronometers as a constraint on Earth’s

impact history.

Even if an impact failed to reset a zircon chronometer, the shock wave produced by

an asteroid collision may create micro- to nano-structural features in zircons that could be



197

preserved over billions of years (Reimink et al., 2023). Therefore, the presence or absence

of shocked Hadean zircons in the geologic record may provide some constraint on Earth’s

impact history. For example, Reimink et al. (2023) estimated the probability of preserved

zircons with shock features assuming Earth experienced a “late-heavy bombardment” at 3.9

Ga. In this scenario, they find that shocked zircons were likely preserved yet find none in

a collection of 4.02 Ga zircons from the Acasta Gneiss Complex. Overall, the absence of

preserved shocked zircons suggests that a “late-heavy bombardment” did not occur at 3.9

Ga. Our Monte-Carlo models of Earth’s impact history do not use zircon shock features as

a constraint. A better model would incorporate this information.

It is temping to extrapolate our results beyond the early Earth to exoplanets, but we must

do so with caution because planets orbiting different stars may have bombardment histories

unlike the Hadean. Planets in the habitable zone of a late M-type star during the stellar

main-sequence phase were interior to the habitable zone for several hundred million years

during the super luminous pre-main-sequence phase (Luger and Barnes, 2015). Lichtenberg

and Clement (2022) use N-body simulations to show that, for planets hosted by late M-

dwarfs, large asteroid impacts are not useful for prebiotic chemistry because big impacts

most likely occur within 100 million years of planet formation during the stellar pre-main-

sequence when the planet is outside of the habitable zone. The pre-main-sequence phase is

not an issue for an impact-induced origin of life on planets orbiting sun-like stars because the

phase only lasts ∼ 3 Myrs, while large asteroid impacts occur for 100s Myrs (Lichtenberg and

Clement, 2022). Therefore, our result that a life-starting impact was likely on the early Earth

(92% chance in an optimistic case) might be best extrapolated to habitable zone exoplanets

orbiting sun-like stars.

A caveat to our results is that ocean-vaporization by an impact is likely a complicated

function of impact mass, velocity, and incident angle, which we do not account for (Chapter

Appendix 6.6.2). Throughout Section 6.3 we have assumed that 10% of an impactor’s kinetic

energy heats the planetary surface (fE,vap = 0.1), leading to a required > 5× 1028 J collision

to vaporize an ocean. Figure 6.8 in the Chapter Appendix uses simulations of impacts from
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Citron and Stewart (2022) to show that fE,vap = 0.1 is a reasonable assumption, but that

values between 2.5% and 25% are also possible and that fE,vap likely also depends on impact

angle.

To determine the sensitivity of our results to fE,vap, we recomputed the likelihood and

timing of an impact that starts life in Chapter Appendix 6.6.2 using fE,vap = 0.025 and

fE,vap = 0.25. We find that the probability of a life-starting impact is somewhat sensitive to

fE,vap, while the timing does not depend strongly on fE,vap. Overall, this uncertainty does

not change our qualitative conclusion that an origin of life impact on the early Earth was not

a fluke. Even in our worst-case scenario (i.e., Chapter 5 pessimistic case with fE,vap = 0.25)

a life-starting impact occurs in 20% of impact realizations (Figure 6.9 in the Chapter Ap-

pendix). Additionally, uncertainty in fE,vap does not change our general conclusion that the

most likely timing for the origin of life was ∼ 4.35 Ga, with 95% uncertainty spanning the

Hadean eon (Figure 6.10 in the Chapter Appendix). However, a more complete understand-

ing of fE,vap as a function of impact angle and other similar parameters may change this

result.

An additional related caveat is that our calculations assume that an impact that vaporizes

the ocean also sterilizes the planet, but this may not be the case because microbes might

have survived in the deep subsurface (Sleep et al., 1989; Grimm and Marchi, 2018). If ocean-

vaporization does not destroy the biosphere, then our results would favor an origin of life

earlier than we predict in Figure 6.4, and a life-starting impact would also be more probable

than we have estimated (Figure 6.3).

6.5 Conclusions

We use Monte-Carlo simulations of Earth’s impact history to determine the most likely

timing for the origin of life that requires early ribonucleobase synthesis. We use the results

of Chapter 5, which finds that significant origin of life precursor molecules, such as HCN,

are produced in the Hadean atmosphere after a > 4× 1020 kg impact in an optimistic case,

and after a > 5 × 1021 kg impact in a pessimistic scenario. We consider both possibilities,
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and assume such impacts can cause life’s origin so long as they are not followed by a smaller

ocean-vaporizing collision that sterilizes the planet.

For either the optimistic or pessimistic cases, we find that the most likely timing for an

origin of life impactor is ∼ 4.35 Ga with a 95% uncertainty spanning the entire Hadean eon

(approximately 4.45 to 3.9 Ga). The large uncertainty is caused by the intrinsic stochastic

nature of impacts. These results suggest that the Benner et al. (2020) proposed timing of

the origin of life, at 4.36± 0.1 Ga, is too narrow. Furthermore, the mass of the life-starting

impactor is most likely (69% to 90% probability) smaller than the Moneta impactor (Figure

6.4) proposed by Benner et al. (2020), because the size frequency distribution of asteroids

prefers more frequent smaller impactors.

Our simulations of Earth’s impact history do not always result in a bombardment favor-

able for an origin of life. There are some impact histories where a collision of sufficient mass

to produce prebiotic molecules does not occur, or alternatively, does occur but primitive life is

subsequently destroyed by an ocean-vaporizing impact that does not rekindle the biosphere.

With our nominal assumptions, a life-starting impact occurs 92% or 41% of the time when we

assume a > 4× 1020 kg or > 5× 1021 kg impact without later ocean-vaporization is required

to start life, respectively. In our worst-case scenario, which assumes that impacts can more

easily vaporize the ocean, a > 5 × 1021 kg impact without subsequent planet sterilization

occurs in 20% of simulated impact histories (Figure 6.9 in the Chapter Appendix).

If life began after an impact that generated a reducing atmosphere, then this work sug-

gests that origin of life on Earth was fairly likely (at least a 20% chance) and was indeed

strongly favored (92% chance) under optimistic assumptions. Given that rocky planets form

from accretionary impacts, our work supports an optimistic outlook for life on exoplanets

orbiting sun-like stars and future searches for biosignatures.
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Figure 6.5: Our assumed probability distribution for the velocity of impacts derived from
modern observations of asteroid close approaches (Park and Chamberlin, 2023).

6.6 Chapter Appendix

6.6.1 Size-frequency distribution sensitivity test

We assume that the size-frequency distribution of objects that struck the early Earth is sim-

ilar to the main-belt asteroids. A problem with this approach is that the main-belt asteroids

only contain objects up to ∼ 1000 km diameter, yet the early Earth is expected to have ex-

perience impacts larger than this (Marchi et al., 2014). Therefore, we must extrapolate the

size-frequency distribution above ∼ 1000 km to larger objects. Throughout the main text we

use the same extrapolation as Marchi et al. (2014) (the black dashed line in Figure 6.1), who

extends the size-frequency distribution with a log-log slope of d(lnS0)/d(lnm) = −0.415.

To test the sensitivity of our results to this chosen extrapolation, we re-did our Monte-

Carlo analysis using a log-log slope of d(lnS0)/d(lnm) = −1 (the red dashed line in Figure

6.1) for impactors bigger than ∼ 1000 km diameter. Figures 6.6 and 6.7 show how our results

change when adopting this alternative extrapolation. Overall, our results are qualitatively

unchanged for the different extrapolation slope (d(lnS0)/d(lnm)).
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Figure 6.6: Similar to Figure 6.3, except we consider different extrapolations of the size-
frequency distribution (SFD) for impactors larger than 1000 km diameter. The line la-
beled d(lnS0)/d(lnm) = −0.415 is the black dashed extrapolation in Figure 6.1a. The
d(lnS0)/d(lnm) = −1.0 case is shown by the red dashed extrapolation in Figure 6.1a.
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Figure 6.7: Similar to Figure 6.4, except we consider different extrapolations of the size-
frequency distribution (SFD) for impactors larger than 1000 km diameter. The line la-
beled d(lnS0)/d(lnm) = −0.415 is the black dashed extrapolation in Figure 6.1a. The
d(lnS0)/d(lnm) = −1.0 case is shown by the red dashed extrapolation in Figure 6.1a.
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6.6.2 Impact energy required for ocean vaporization

Recently, Citron and Stewart (2022) performed smoothed-particle hydrodynamics impact

simulations over a range of impact angles, masses and velocities to estimate the impact

properties that can vaporize an ocean. Figure 6.8a shows their simulation results for the

change in the atmosphere’s and ocean’s internal energy (∆IEatmo) as a function of impact

kinetic energy (Eimp), along with log-log extrapolations for each impact angle. Figure 6.8

gives the same information, but the y-axis is instead the fraction of the impactor’s energy

that heats the atmosphere and ocean over the course of their simulations. For the most

probable incident impact angle of 45◦ about ∼ 10% of the impactors kinetic energy heats the

atmosphere (fE,vap = 0.1), so we nominally adopt this value in the main text to determine

which collisions vaporize the ocean.

Energy delivery to the atmosphere/ocean appears to depend on impact angle, mass and

velocity (Figure 6.8). Additionally, all of the Citron and Stewart (2022) simulations are far

more massive than the minimum threshold for ocean-vaporization, so we must rely on extrap-

olations. Therefore, our assumption of a constant fE,vap = 0.1 is an over-simplification. To

remedy this shortcoming, we considered building a parameterization for fE,vap that depends

on multiple impact properties (e.g., impact angle) using the Citron and Stewart (2022) sim-

ulation results, but this was unsuccessful because their calculations do not consider a wide

enough parameter space.

The evaluate the sensitivity of our results to an assumed constant fE,vap = 0.1, we

recomputed the likelihood and timing of a life-starting impact using fE,vap = 0.025 and

fE,vap = 0.25 (Figure 6.9 and 6.10). We chose these values because they are reasonable lower

and upper bounds based on the Citron and Stewart (2022) simulations (Figure 6.8b). The

probability of an impact that produces substantial prebiotic molecules without later ocean

vaporization decreases with increasing fE,vap (Figure 6.9). For example, for fE,vap = 0.1, the

probability of a > 4× 1020 kg impact (Chapter 5 optimistic case) without subsequent ocean

vaporization is 92%. For fE,vap = 0.025 and fE,vap = 0.25 the probabilities are instead 99.9%
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Figure 6.8: Citron and Stewart (2022) smoothed-particle hydrodynamics simulations that
show how much impactor kinetic energy heats the atmosphere and ocean. Different colors
indicated various incident impact angles. (a) shows the simulated change in internal energy
of the atmosphere and ocean as a function of the impactor energy, with linear log-log extrap-
olations for each impact angle. The dotted horizontal line at 5× 1027 J indicates the energy
needed to vaporize an ocean (Sleep et al., 1989). (b) contains the same information as (a),
except the y-axis is the fraction of impactor energy that heats the atmosphere and ocean.
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Figure 6.9: Similar to Figure 6.3, except we consider different values for the fraction of
impactor energy that heats the ocean.

and 60%, respectively.

Figure 6.10 shows the timing of the last impact to make conditions favorable for biopoiesis

that does not experience subsequent ocean vaporization for fE,vap values of 0.025, 0.1 (nominal

value), and 0.25. As in the main text, we consider the Chapter 5 optimistic (Figure 6.10a)

and pessimistic (Figure 6.10b) minimum impactor masses to produce significant prebiotic

molecules. In Figure 6.10a, the timing of the last life-starting impact is relatively insensitive

to fE,vap. In the Chapter 5 pessimistic case (Figure 6.10b), an origin of life is preferred later

in the Hadean for larger values of fE,vap.

Overall, uncertainty in the impact properties required to vaporize the ocean has a small

effect on our qualitative conclusions. Regardless of fE,vap, the origin of life on Earth from

an impact does not appear to be a fluke (Figure 6.9) and biopoiesis is preferred early in the

Hadean with uncertainty spanning the entire eon (Figure 6.10). However, it is conceivable

that a more complete understanding fE,vap as a function of impact angle and other impact
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Figure 6.10: Similar to Figure 6.4, except we consider different values for the fraction of
impactor energy that heats the ocean.

parameters could change these results.
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Chapter 7

CONCLUSIONS

“The purpose of a storyteller is not to tell you how to think, but to give you questions to

think upon.” - Brandon Sanderson
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Chapters 2 through 4 study how life impacted the early Earth’s atmosphere to inform

the search for life on exoplanets. Chapter 2 computes the change in Earth’s atmosphere-

ocean chemical disequilibrium when life emerged. I find that the prebiotic Earth had a

relatively big disequilibrium due to the coexistence of water vapor, CO, H2 and CO2. This

atmospheric free energy was produced by volcanism. When life emerged, it consumed much of

the free energy in the prebiotic atmosphere, replacing it with a smaller disequilibrium between

biogenic waste gases: CO2, CH4, N2 and liquid water. My finding that life destroyed much

of the atmospheric free energy on prebiotic Earth contrasts the traditional view, proposed

by Lovelock (1965), that big disequilibrium should be generally associated with life. The

early Earth suggests a more subtle relationship between life and atmospheric free energy.

I suggest that the disequilibrium-life relationship can be understood by considering the

“edibility” of the disequilibrium in terms of reaction activation energy. Life consumed the

prebiotic disequilibrium between H2 and CO2 or CO and H2O because the reactions com-

bining these species had relatively small activation energy barriers that could be overcome

by enzymes. In contrast, the free energy in Earth’s atmosphere and ocean since the origin of

life had big activation energy barriers that were insurmountable by biological catalysis. In

other words, the prebiotic disequilibrium was “edible” and the disequilibrium present since

biopoiesis was not. On this basis, I argue that big “edible” disequilibrium (e.g., the coexis-

tence of volcanic H2 and CO2 or CO and H2O) should be considered an anti-biosignature in

exoplanet atmospheres. Life on an inhabited planet would consume this free lunch.

Life’s presence or absence on an exoplanet cannot be definitively deduced by mere detec-

tions of “edible” or “inedible” chemical disequilibrium. We must also consider the surface

fluxes of biogenic gases, and whether they might be mimicked by abiotic processes. This real-

ity motivated Chapter 3, which considers the surface fluxes of methane required to sustain the

CH4-CO2 disequilibrium biosignature characteristic of the Archean Earth, and whether these

fluxes might be imitated by magmatic volcanic outgassing on an exoplanet. Over a wide pa-

rameter space, my model of volcanic outgassing suggests that big methane fluxes comparable

to biological fluxes are unlikely. In the rare circumstances where volcanic methane appears
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possible in our model, volcanoes also produce large amounts of carbon monoxide. Therefore,

a genuine CH4-CO2 biosignature should most likely coincide with the lack of atmospheric

CO.

Chapter 4 investigates atmospheric O2, Earth’s most renowned sign of life, during the

Great Oxidation Event around 2.4 billion years ago. I use a novel time-dependent photo-

chemical model to show that O2 is unstable for concentrations between 10−8 to 10−4 mixing

ratio. Natural perturbations to the atmosphere (e.g. volcanic eruptions, or changes in cli-

mate) drive this instability because they can cause O2 between 10−8 and 10−4 mixing ratio

to change by ∼ 4 orders of magnitude. My modeling results provide a physical explanation

for geologic evidence of O2 oscillations preserved in the geologic record (Poulton et al., 2021).

Furthermore, the possibility of unstable O2 requires that oxygen was bigger than 10−4 mixing

ratio in the mid-Proterozoic eon. If O2 concentrations were lower (e.g. 10−5 mixing ratio),

then the natural perturbations to Earth would cause O2 to occasionally drop below 10−7

mixing ratio, which would be incompatible with the geologic record of sulfur isotopes. My

new constraint on Proterozoic O2 (> 10−4 mixing ratio) has implications for the detectability

of the Proterozoic biosphere if it were to manifest on an exoplanet.

The likelihood of finding life on exoplanets is inextricably linked to the likelihood of the

emergence of life. This fact motivates Part II of this thesis, which attempts to understand

the atmospheric composition and climate on the Hadean Earth when life first began. I focus

on the RNA-world hypothesis for the origin of life, which requires nitriles (e.g. HCN and

HCCCN) to abiotically synthesize the first molecules capable of encoding genetic information.

In Chapter 5, I use atmospheric chemistry and climate models to show that massive asteroid

impacts could create H2- and CH4-rich atmospheres that would photochemically produce

HCN and HCCCN. Nitrile production is most efficient for impactor masses larger than

5 × 1020 to 4 × 1021 kg (570 to 1330 km diameter). Smaller impacts generate about four

orders of magnitude less HCN and fail to produce HCCCN. The minimum impact mass to

cause big prebiotic molecule production (> 5× 1020 vs. > 4× 1021 kg) depends on a variety

of assumptions, including whether nickel-catalyzed methane production occurs in the post-
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impact environment, and how effectively an impactor can reduce the Hadean atmosphere.

My models suggest that photochemically generated nitriles would dissolve in rain droplets

or otherwise be incorporated in aerosols that would fall into waterbodies on land. At this

point, origin of life chemistry would have some of the required ingredients, but perhaps

an unfavorable climate. With the caveat of uncertain planetary albedo from clouds, the

reducing atmospheres that make nitriles would have > 360 K surface temperatures because

of a strong H2-H2 collision-induced absorption greenhouse effect. Such warm temperatures

could be a problem for the longevity of RNA and its precursors. As a solution, I suggest

that prebiotic molecules are stockpiled and preserved in salts until the H2-rich atmosphere

escapes to space. After H2 escapes, the climate would be temperate. In this cooler climate,

stockpiled nitriles could then be released into waterbodies on land, providing an ideal setting

for prebiotic chemistry.

The scenario in the previous paragraph is a hypothesis with only some support in the

literature. This idea should be tested by further modeling and experiments, including work

that determines the efficiency of preserving cyanides in minerals and salts in warm post-

impact conditions.

The final chapter of this thesis considers the following thought experiment: Suppose life

began in the wake of a post-impact reducing atmosphere. Given our understanding for what

is needed to produce a post-impact highly reducing atmosphere from Chapter 5 and our

understanding of Earth’s impact history, when was the most likely timing of life’s emergence

on the early Earth? Furthermore, do all possible stochastic impact realizations result in

biopoiesis, or do a significant fraction fail to make origin of life conditions favorable?

Chapter 6 attempts to answer these questions using Monte-Carlo simulations of Earth’s

impact history. Based on Chapter 5, I assume the minimum impact mass to generate signifi-

cant prebiotic nitriles and an origin of life is > 5×1020 kg in an optimistic case and > 4×1021

kg in a pessimistic scenario. For either assumption, I find that the last life-starting impact

is generally favored early in the Hadean eon (∼ 4.35 Ga), however the 95% uncertainty is

big and spans about 4.45 to 3.9 Ga. Only a fraction of my simulated impact histories result
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in an origin of life. In some cases, an impact of sufficient mass to make prebiotic molecules

does not occur, or alternatively does occur, but is followed by an impact that vaporizes the

ocean, which I assume sterilizes the planet. In an optimistic case, life begins in ∼ 90% of

stochastic impact realizations. In my most pessimistic case, life’s emergence still has a 20%

chance of success. If this thought experiment has merit, then these results bode well for life

on rocky exoplanets given that they all formed from accretionary impacts.
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laume Hébrard, Stéphane Udry, Xavier Bonfils, Xavier Delfosse, Jean-Michel Désert,

David K Sing, et al. A giant comet-like cloud of hydrogen escaping the warm neptune-mass

exoplanet gj 436b. Nature, 522(7557):459–461, 2015.



219

Giuseppe Etiope and Barbara Sherwood Lollar. Abiotic methane on earth. Reviews of

Geophysics, 51(2):276–299, 2013.

James Farquhar, Huiming Bao, and Mark Thiemens. Atmospheric influence of earth’s earliest

sulfur cycle. Science, 289(5480):756–758, 2000.

Thomas J Fauchez, Martin Turbet, Geronimo L Villanueva, Eric T Wolf, Giada Arney,

Ravi K Kopparapu, Andrew Lincowski, Avi Mandell, Julien de Wit, and Daria Pid-

horodetska. Impact of clouds and hazes on the simulated jwst transmission spectra of

habitable zone planets in the trappist-1 system. The Astrophysical Journal, 887(2):194,

2019. ISSN 0004-637X.

J Fiebig, Andri Stefansson, A Ricci, F Tassi, F Viveiros, S Silva, TM Lopez, C Schreiber,

S Hofmann, BWMountain, et al. Abiogenesis not required to explain the origin of volcanic-

hydrothermal hydrocarbons. 2019.

D Fischer, B Peterson, J Bean, et al. The luvoir mission concept study final report. 2019.

Woodward W Fischer, James Hemp, and Jena E Johnson. Evolution of oxygenic photosyn-

thesis. Annual Review of Earth and Planetary Sciences, 44:647–683, 2016.

Bevan M French. Some geological implications of equilibrium between graphite and a c-h-o

gas phase at high temperatures and pressures. Reviews of Geophysics, 4(2):223–253, 1966.

ISSN 8755-1209.

Yuka Fujii, Daniel Angerhausen, Russell Deitrick, Shawn Domagal-Goldman, John Lee Gren-

fell, Yasunori Hori, Stephen R Kane, Enric Pallé, Heike Rauer, Nicholas Siegler, et al.
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PHOTOCHEMICAL MODELING EQUATIONS
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Most work in this thesis leverages 1-D photochemical models to help understand the

composition of the early Earth atmosphere. Several chapters contain brief descriptions of the

equations governing photochemical models (e.g., Sections 4.2 and 5.6.3), but no description

is complete and not all assumptions are explicit. The purpose of this Appendix is to provide

a full derivation of the governing equations, from a simple statement of the conservation of

mass all the way to a finite volume discretization that can be implemented in a computer

program.

A.1 The Photochemical Equation

We begin our derivation of the governing photochemical equations with a statement of the

the conservation of molecules. Such statements of conservation are often called continuity

equations.

∂ni

∂t
+∇ ·Φi = σi (A.1)

Here, ni is the number density of molecule i in molecules cm−3, t is time in seconds, ∇ is

the gradient operator (∇ ≡ [ ∂
∂x
, ∂
∂y
, ∂
∂z
]), Φi is a vector of the flux of ni in molecules cm−2

s−1 (Φi = [Φi,x,Φi,y,Φi,z]), and σi is the source or sink of molecule i in molecules cm−3 s−1.

Table A.1 describes all other variables. Equation (A.1) states that a molecule’s concentration

changes over time at a point in space because of the molecules entering or leaving the space

(i.e. ∇ ·Φi), and the production or destruction of molecules (i.e. σi).

A one-dimensional atmospheric model assumes that species concentrations only changes

in the vertical z direction, and is homogeneous in the horizontal directions (ni(x, y, z, t) =

ni(z, t)). Therefore,

∇ ·Φi =
∂Φi,z

∂z
(A.2)

From here, onward, we will drop the z subscript to reduce clutter (Φi,z = Φi). The flux

of gases (Φi,gas) is determined by eddy and molecular diffusion, and the flux of particles
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(Φi,particle) is given by eddy diffusion and the rate particles fall through the atmosphere.

Φi,gas = Φi,eddy + Φi,molecular (A.3)

Φi,particle = Φi,eddy + Φi,fall (A.4)

Here, Φi,eddy, Φi,molecular and Φi,fall are approximated by

Φi,eddy = −Kn
∂

∂z

(ni

n

)
(A.5)

Φi,molecular = −niDi

(
n

ni

∂

∂z

(ni

n

)
− 1

Ha

+
1

Hi

+
αT i

T

∂T

∂z

)
(A.6)

Φi,fall = −wini (A.7)

We derive Equation (A.6) in Section A.6 starting with the general binary diffusion equation.

Equation (A.6) assumes the atmosphere is an ideal gas at hydrostatic equilibrium, and that

the diffusing gas is a minor atmospheric constituent. In Equation (A.7), wi is the fall velocity

of a particle, which can be estimated with Stokes’ law (Section A.7).

We assume that the sources and sinks of molecule or particle i are chemical reactions,

rainout in droplets of liquid, the effects of lightning, and condensation or evaporation:

σi = Pi − Li −Ri, rainout +Qi, lightning + Ci, cond (A.8)

Here, Pi is chemical production and Li is chemical loss. Substituting Equations (A.2) and

(A.8) into Equation (A.1) gives a simplified continuity equation:

∂ni

∂t
= − ∂

∂z
Φi + Pi − Li −Ri, rainout +Qi, lightning + Ci, cond (A.9)

The 1-D continuity equation (Equation (A.9)) and corresponding fluxes (Equations (A.3)

- (A.7)) are a system of partial differential equations (PDEs) describing how the number
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density (ni) of each chemical species i changes of altitude and time. This system assumes the

atmosphere is one-dimensional, and uses an approximation of molecular diffusion (Equation

(A.6)).

A.2 The assumption of time-constant total number density

Most photochemical models solve a simplified version of Equation (A.9) which assumes that

the total number density does not change over time (∂n/∂t ≈ 0). This approach is perfectly

valid for steady-state photochemical calculations, and is also reasonable for atmospheric

transitions which maintain approximately constant surface pressure and atmospheric tem-

perature. However, ∂n/∂t ̸= 0 when an evolution involves large changes in atmospheric mass

and temperature such as, for example, the evolution of the atmosphere during a runaway

greenhouse.

Models that take ∂n/∂t ≈ 0, assume a time-constant temperature prescribed through

the whole atmospheric column. The surface pressure is also a free parameter, and pressures

above the surface are computed using the hydrostatic equation. The time-constant total

number density throughout the atmosphere is determined by the ideal gas law (n = P
kT
).

In order to guarantee that all mixing ratios in the atmosphere sum to 1 (or equiva-

lently
∑

i ni = n), models prescribe a background filler gas with a mixing ratio fbackground =

1 −
∑

i fi. N2, CO2 or H2 are common choices for the background gas, depending on the

atmosphere under investigation. By definition, the background gas is not conserved.

The constant number density assumption is not necessary. In Chapter 5, I built a pho-

tochemical model that directly solves Equation (A.9), and assumes no background filler gas.

This was useful in Chapter 5 because I was evolving atmospheres that changed from be-

ing H2-dominated to N2-dominated. Section 5.6.3 briefly derives the fundamental model

equations for directly solving Equation (A.9). The rest of this appendix considers a model

assuming time-constant number density, because this is a more common method to simulate

1-D photochemistry.

Below, we rework Equation (A.9) with the assumption of constant number density. This
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process involves considering the evolution of mixing ratios (fi) instead of number densities

(ni). The ideal gas law and Dalton’s law gives a relation between fi and ni (Chapter 1 in

Catling and Kasting (2017)):

ni = fin (A.10)

Differentiating Equation (A.10) with respect to time yields

∂ni

∂t
= fi

∂n

∂t
+ n

∂fi
∂t

(A.11)

Applying the assumption of constant number density (∂n/∂t = 0) gives

∂ni

∂t
= n

∂fi
∂t

(A.12)

We can substitute Equation (A.12) into (A.9) and rearrange to produce a simplified version

of the continuity equation,

∂fi
∂t

= − 1

n

∂

∂z
Φi +

Pi

n
− Li

n
− Ri, rainout

n
+

Qi, lightning

n
+

Ci, cond

n
(A.13)

We can re-write Φi,gas and Φi,particle (Equation (A.3) and Equation (A.4)) in terms of mixing

ratios instead of number densities using Equation (A.10). After substitution, and rearrange-

ment we are left with

Φi,gas = − (K +Di)n
∂fi
∂z

− γinfi (A.14)

Where γi is given by

γi = Di

(
1

Hi

− 1

Ha

+
αTi

T

∂T

∂z

)
(A.15)

The flux of particles in terms of mixing ratios is
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Φi,particle = −Kn
∂fi
∂z

− winfi (A.16)

Equations (A.13), (A.14) and (A.16) are a new, simplified version of the continuity equa-

tion, describing how the volume mixing ratio of gases and particles evolve over time and

altitude. These equations have the following assumptions

• The atmosphere is one-dimensional

• The ideal gas law.

• Hydrostatic equilibrium

• Time-constant total number density (∂n/∂t ≈ 0) and time-constant temperature and

pressure.

• A background filler gas (e.g. N2 for modern Earth)

• The molecular diffusion terms in Equation (A.14) assumes the atmosphere is in hy-

drostatic equilibrium and that gas i is a minor constituent diffusing through a more

abundant background.

The assumption of constant number density made above has at least one very impor-

tant consequence: certain boundary conditions, diffusion coefficients, and source terms (e.g.

chemistry) can violate the constant number density assumption by an amount that causes

Equation (A.13) to yield nonphysical mixing ratios.

One example is an atmosphere with an extremely large surface flux of a gas into a thin

atmosphere. In this case, in reality, the atmosphere would grow in mass and become thicker.

But, Equation (A.13) does not allow the atmosphere to become thicker. Instead, the mixing

ratio of the gas being fluxed into the atmosphere might increase to a value larger than 1,

which is not a sensible value for a mixing ratio.
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Chemical reactions can also cause nonphysical mixing ratios when using Equation (A.13).

Suppose an atmosphere contains 0.6 mixing ratio H2 with and N2 background. Also, suppose

that the atmosphere is very hot so that the disproportionation reaction, H2 → H+H, proceeds

rapidly and to near completion. Assuming Equation (A.13), the resulting evolution would

produce a H mixing ratio of 1.2, which again, is an invalid mixing ratio.

A.3 Finite volume discretization of the model equations

We use the finite volume method to discretize Equation (A.13) allowing an approximate

numerical solution. The finite volume method divides the spatial domain (z) into grid cells,

or finite volumes, in order to approximate the cell-averaged value of the mixing ratio of

a species, fi. Approximations to the cell-averaged value of fi are modified over time by

considering the flux of molecules through the edges of the cells, and the sources and sinks of

molecules within the cell. The main advantage of this approach is that the approximation

conserves molecules, which is not always the case for other PDE discretization methods.

Molecule conservation is valuable for understanding whether a model run has reached steady-

state, or interrogating the redox fluxes into and out of an atmosphere. Below, we describe the

application of the finite-volume method to Equation (A.13). For an in-depth understanding

of the finite-volume method, see LeVeque et al. (2002).

Consider an atmosphere that has been vertically divided into m grid-cell (i.e. finite

volumes) of thickness ∆zj. The superscript j refers to a grid cell (j does not refer to a

power), where j = l is the lowest altitude grid-cell j = m highest grid-cell. zj is the altitude

at the center of grid-cell j, such that the upper and lower edges of the cell are given by

zj+1/2 = zj + ∆zj

2
and zj−1/2 = zj − ∆zj

2
, respectfully.

Consider a single grid cell between altitudes z = zj−1/2 and z = zj+1/2. First, we can

re-arrange Equation (A.13) to produce the following

∂ni

∂t
= −∂Φi

∂z
+ σi (A.17)
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Integrating Equation (A.17) from the bottom to the top of the grid cell gives

∂

∂t

∫ zj+1/2

zj−1/2

nidz = −(Φi(z
j+1/2)− Φi(z

j−1/2)) +

∫ zj+1/2

zj−1/2

σidz (A.18)

The average value of ni and σi between zj−1/2 and zj+1/2 are given by the integrals

ni
j =

1

∆zj

∫ zj+1/2

zj−1/2

nidz (A.19)

σi
j =

1

∆zj

∫ zj+1/2

zj−1/2

σidz (A.20)

Substituting the above expressions into Equation (A.18) yields

∂

∂t
ni

j(t) = −Φi(z
j+1/2, t)− Φi(z

j−1/2, t)

∆zj
+ σi

j(t) (A.21)

Equation (A.21) states that the average number density of species i in the j atmospheric

layer (ni
j) changes over time because of the fluxes at the edges of the layer (e.g. Φi(z

j+1/2, t)),

and the average production or loss of the species in the layer (σi
j). The above formula is

exact for ni
j(t). However, we now make the following assumptions:

1. ni
j(t), σi

j(t), Φi(z
j+1/2, t), Φi(z

j−1/2, t) are constant over small segments of time, ∆t.

2. ni
j ≈ fi

j
nj

3. We can approximate Φi(z
j+1/2, t), Φi(z

j−1/2, t), and σi
j(t) in terms of cell-averaged

quantities, such as fi
j
and fi

j+1

We denote the approximate quantities in the following way

f j
i ≈ fi

j

nj ≈ nj

σj
i ≈ σi

j(t)

Φ
j+1/2
i ≈ Φi(z

j+1/2, t)

Φ
j−1/2
i ≈ Φi(z

j−1/2, t)
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Re-writing Equation (A.21), substituting in the approximate quantities gives

∂f j
i

∂t
= − 1

nj

Φ
j+1/2
i − Φ

j−1/2
i

∆zj
+

σj
i

nj
(A.22)

We now must derive expressions for the gas and particle fluxes at grid-cell edges that are

accurate and stable for our problem.

A.3.1 Gases

In the equation for gas flux (Equation (A.14)), the first term is diffusive and the second term

is advective. For most all plausible diffusion coefficients and advection velocities the diffusion

term dominates, therefore, it is suitable to use a centered finite volume scheme (Equation

4.10 in LeVeque et al. (2002)):

Φ
j+1/2
i,gas = −(K +Di)

j+1/2nj+1/2

(
∂fi
∂z

)j+1/2

− (γin)
j+1/2f

j+1/2
i (A.23)

A centered finite volume approximation gives

(
∂fi
∂z

)j+1/2

≈ f j+1
i − f j

i

∆zj+1/2

Where ∆zj+1/2 = 1
2
∆zj + 1

2
∆zj+1. Also, f

j+1/2
i can be estimated by linearly interpolating

between the two adjacent cells.

f
j+1/2
i ≈ ∆zjf j+1

i +∆zj+1f j
i

∆zj+1 +∆zj

Therefore,

Φ
j+1/2
i,gas = −(K +Di)

j+1/2nj+1/2f
j+1
i − f j

i

∆zj+1/2
− (γin)

j+1/2∆zjf j+1
i +∆zj+1f j

i

∆zj+1 +∆zj
(A.24)

Using an similar procedure, Φ
j−1/2
i,gas is given by
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Φ
j−1/2
i,gas = −(K +Di)

j−1/2nj−1/2f
j
i − f j−1

i

∆zj−1/2
− (γin)

j−1/2∆zj−1f j
i +∆zjf j−1

i

∆zj +∆zj−1
(A.25)

Substituting Equations (A.24) and (A.25) into Equation (A.22) and re-arranging gives an

equation of the form

∂f j
i

∂t
= (Aj,upper

i +Bj,upper
i )f j+1

i

+ (Aj,center
i +Bj,center

i )f j
i

+ (Aj,lower
i +Bj,lower

i )f j−1
i

+
σj
i

nj

(A.26)

The A coefficients for gases correspond to the diffusive approximations to the cell-edge fluxes:

Aj,upper
i,gas = Aj,1

i,gas

Aj,center
i,gas = −Aj,1

i,gas − Aj,2
i,gas

Aj,lower
i,gas = Aj,2

i,gas

Aj,1
i,gas =

(K +Di)
j+1/2nj+1/2

nj∆zj∆zj+1/2

Aj,2
i,gas =

(K +Di)
j−1/2nj−1/2

nj∆zj∆zj−1/2

The B coefficients for gases correspond to the advection approximations to the cell-edge

fluxes:

Bj,upper
i,gas = Bj,1

i,gas

Bj,center
i,gas = Bj,2

i,gas +Bj,3
i,gas

Bj,lower
i,gas = Bj,4

i,gas

Bj,1
i,gas =

(γin)
j+1/2

nj∆zj
∆zj

∆zj+1 +∆zj

Bj,2
i,gas =

(γin)
j+1/2

nj∆zj
∆zj+1

∆zj+1 +∆zj

Bj,3
i,gas = −(γin)

j−1/2

nj∆zj
∆zj−1

∆zj +∆zj−1

Bj,4
i,gas = −(γin)

j−1/2

nj∆zj
∆zj

∆zj +∆zj−1

The lower boundary condition is the flux through the lower edge of the lowest-altitude cell,
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Φ
l−1/2
i = Φlower

i . Similarly, the upper boundary condition is the flux through through the top

edge of the highest-altitude cell, Φ
m+1/2
i = Φupper

i . It follows from Equation (A.22) that

∂f l
i

∂t
= − 1

nl

Φ
l+1/2
i − Φlower

i

∆zl
+

σl
i

nl
(A.27)

∂fm
i

∂t
= − 1

nm

Φupper
i − Φ

m−1/2
i

∆zm
+

σm
i

nm
(A.28)

Plugging in Equation (A.24) and (A.25) into Equation (A.27) and (A.28) gives the following

general expression for the rate mixing ratios change at the boundaries

∂f l
i

∂t
= (Al,upper

i +Bl,upper
i )f l+1

i

+ (Al,center
i +Bl,center

i )f l
i

+
Φlower

i

nl∆zl

+
σl
i

nl

∂fm
i

∂t
= (Am,center

i +Bm,center
i )fm

i

+ (Am,lower
i +Bm,lower

i )fm−1
i

− Φupper
i

nm∆zm

+
σm
i

nm

(A.29)

For gases, the A and B coefficients for the lower boundary are

Al,upper
i,gas = Al,1

i,gas

Al,center
i,gas = −Al,1

i,gas

Bl,upper
i,gas = Bl,1

i,gas

Bj,center
i,gas = Bl,2

i,gas

and the upper boundary,

Am,center
i,gas = −Am,2

i,gas

Am,lower
i,gas = Am,2

i,gas

Bm,center
i,gas = Bm,3

i,gas

Bm,lower
i,gas = Bm,4

i,gas

A.3.2 Particles

The equation for particle flux (Equation (A.14)), contains an advection term representing

the falling of particles. This advection can be much stronger than the eddy diffusion term,

especially high in the atmosphere. Therefore, for stability, we use a first-order upwind scheme
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for particle advection and a centered scheme for diffusion. A centered approximation is not

stable for advection-dominated transport (Chapter 4 in LeVeque et al. (2002)). We can split

the particle flux (Equation (A.16)) into diffusive and advection components,

Φi,particle = Φi,diff + Φi,advec

Φi,diff = −Kn
∂fi
∂z

Φi,advec = −winfi

Therefore, we can write Equation (A.22) as

∂f j
i∈particle

∂t
= − 1

nj

Φ
j+1/2
i,diff − Φ

j−1/2
i,diff

∆zj
− 1

nj

Φ
j+1/2
i,advec − Φ

j−1/2
i,advec

∆zj
+

σj
i

nj
(A.30)

Applying a centered scheme to the diffusive fluxes follows the procedure shown in Section

A.3.1. To apply a first-order upwind scheme, we first recognize that if particle are falling,

then information is traveling from up to down in the model. Therefore, an upwind scheme

approximates advective fluxes with a forward difference

Φ
j+1/2
i,advec − Φ

j−1/2
i,advec

∆zj
≈

Φj+1
i,advec − Φj

i,advec

∆zj
=

(−winfi)
j+1 − (−winfi)

j

∆zj
(A.31)

Applying a centered scheme to diffusion and an upwind scheme to advection, and rearranging,

gives the A and B coefficients for Equation (A.26) for particles:

Aj,upper
i,particle = Aj,1

i,particle

Aj,center
i,particle = −Aj,1

i,particle − Aj,2
i,particle

Aj,lower
i,particle = Aj,2

i,particle

Aj,1
i,particle =

Kj+1/2nj+1/2

nj∆zj∆zj+1/2

Aj,2
i,particle =

Kj−1/2nj−1/2

nj∆zj∆zj−1/2
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Bj,upper
i,particle = Bj,1

i,particle

Bj,center
i,particle = Bj,2

i,particle

Bj,lower
i,particle = 0

Bj,1
i,particle =

wj+1nj+1

nj∆zj

Bj,2
i,particle = − wj

∆zj

Following the same procedure as we did in Section A.3.1, we can write theA andB coefficients

for Equation (A.29) for particles at the lower boundary:

Al,upper
i,particle = Al,1

i,particle

Al,center
i,particle = −Al,1

i,particle

Bl,upper
i,particle = Bl,1

i,particle

Bl,center
i,particle = 0

and the upper boundary,

Am,center
i,particle = −Am,2

i,particle

Am,lower
i,particle = Am,2

i,particle

Bm,center
i,particle = Bm,2

i,particle

Bm,lower
i,particle = 0

A.3.3 Summary

Equations (A.26) and (A.29) are a system of ordinary differential equations (ODEs) which

are a finite volume approximation of our original system of PDEs (Equation (A.13)). The

number of ODEs is the number evolving species (gases + particles) multiplied by the number

of atmospheric grid-cells. For example, with 100 species and 200 vertical layers then there

are 20,000 ODEs.

A.4 Source terms

Recall the source term, σj
i , which is a combination of chemical reactions, rainout in droplets

of liquid, the impact of lightning, condensation, and other similar processes. This appendix

does not contain a complete explanation for how to model these effects. Instead, for a

description of how to model chemical reactions see Sections 3.1.2 in Catling and Kasting

(2017). Also, Appendix B.8 in Catling and Kasting (2017) describes how to account for

photolysis, rainout and lightning.
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A.5 Solving the system of ordinary differential equations

Given initial conditions, boundary conditions, a description of the source terms (e.g. chemical

reactions), and values for various free parameters (e.g. K), we can evolve Equations (A.26)

and (A.29) forward in time using an ordinary differential equation solver. However, chemical

kinetics ODEs are extremely stiff, meaning that some dependent variables (i.e. mixing

ratios) change much more quickly than others. Stiff equations require highly stable, implicit

integration methods. For a complete description of stiff equations and implicit integration

methods see Hairer and Wanner (1996).

We argue that it is best to use an implicit ODE integration method developed by an

expert, rather than a home-brewed algorithm. Applied mathematicians have spent their

whole careers thinking hard about how to create the most stable and accurate integrators.

One good option for chemical kinetics problems is the CVODE BDF method (BDF stands for

backward differential formula) which has been optimized by experts at Laurence Livermore

National Laboratory for decades (Hindmarsh et al., 2005).

Using an existing implicit integration method like CVODE BDF for photochemical cal-

culations requires the user code a function for Equations (A.26) and (A.29). Furthermore,

implicit integrators also require a function for the Jacobian of Equations (A.26) and (A.29).

For details on how to form a Jacobian from Equations (A.26) and (A.29) see Appendix B.3

in Catling and Kasting (2017).

A.6 Molecular Diffusion

The general molecular diffusion equation giving the relative diffusion velocity of gas i with

respect to gas j in one dimension is (Equation 15.1 in Banks and Kockarts (2013), or Equation

14.1, 1 in Chapman and Cowling (1990))

vi − vj = −Dij

(
n2

ninj

∂

∂z

(ni

n

)
+

µj − µi

µ

1

P

∂P

∂z
+

αT i

T

∂T

∂z
− µiµj

µNakT
(ai − aj)

)
(A.32)
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Here, a1 and a2 are external accelerations of each molecule from, for example, a magnetic or

electric field if the molecule is an ion. We assume neutral molecules such that ai = aj = 0.

We also assume that the atmosphere is an ideal gas and is in hydrostatic equilibrium:

∂P

∂z
= −gρ =

−gPµ

NakT
(A.33)

1

P

∂P

∂z
=

−gµ

NakT
=

−1

Ha

(A.34)

Substitution of ai = aj = 0 and Equation (A.34) into Equation (A.32) gives

vi − vj = −Dij

(
n2

ninj

∂

∂z

(ni

n

)
− µj − µi

µ

1

Ha

+
αT i

T

∂T

∂z

)
(A.35)

We make the further approximation that gas i is small abundance compared to gas j which

we take to be a stationary background gas (vj = 0, nj = n, µj = µ). This gives the flux of

molecular diffusion used in our photochemical model

Φmolecular
i = nivi = −niDi

(
n

ni

∂

∂z

(ni

n

)
− 1

Ha

+
1

Hi

+
αT i

T

∂T

∂z

)
(A.36)

Also, we estimate the molecular diffusion coefficient with the formula (Equation 15.29 in

Banks and Kockarts (2013))

Di =
bi
n

=
1.52× 1018

n

√(
1

µi

+
1

µ

)
T (A.37)

Note, this equation is also in Catling and Kasting (2017) (Equation B.4), but it contains a

typo, omitting a power of 0.5 for the
(

1
µi

+ 1
µ

)
term.

A.7 Particle Fall Velocity

The particle fall velocity (wi) is given by stokes law with a slip correction factor (Cc,i)

(Equation 9.42 in Seinfeld et al. (2006)).
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wi =
2

9

(ρi − ρ)r2i
η

Cc,i (A.38)

We approximate the dynamic viscosity of air (η) with the following empirical relation from

Equation 1-36 and Table 1-2 in White and Majdalani (2006). This expression is for modern

Earth air.

η = 1.716× 10−4

(
T

273

)3/2(
384

T + 111

)
(A.39)

The slip correction factor (Cc,i), is given by Equation 9.34 in Seinfeld et al. (2006).

Cc,i = 1 +
λ

ri

(
−1.257 + 0.4 exp

(
1.1ri
λ

))
(A.40)

Here, λ is the mean free path, which comes from the kinetic theory of gases (Equation 9.6

in Seinfeld et al. (2006))

λ =
2η

n

√
πNa

8kTµ
(A.41)
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Table A.1: Variables for this Appendix

Variable Definition Units
fi Mixing ratio of species i dimensionless
ni Number density of species i molecules cm−3

z Altitude cm
t Time seconds
n Total number density molecules cm−3

Pi Total chemical production of species i molecules cm−3 s−1

Li Total chemical loss of species i molecules cm−3 s−1

Ri, rainout Production and loss of species i from rain-
out

molecules cm−3 s−1

Qi, lightning Production and loss of species i from
lightning

molecules cm−3 s−1

Φi Vertical flux of species i molecules cm−2 s−1

K Eddy diffusion coefficient cm2 s−1

Di Molecular diffusion coefficient cm2 s−1

Hi = NakT/µig, The scale heights of species
i

cm

Ha = NakT/µg, The average scale height. cm
Na Avogadro’s number molecules mol−1

k Boltzmann’s constant erg K−1

µ Molar mass. µ is mean molar mass of the
atmosphere, and µi is the molar mass of
species i

g mol−1

g Gravitational acceleration cm s−2

αTi Thermal diffusion coefficient of species i.
We neglect this term (αTi = 0)

dimensionless

T Temperature K
wi Fall velocity of a particle cm s−1

η Dynamic viscosity of air. Equation
(A.39).

dynes s cm−2
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