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Abstract

Impacts of Surface Waves on Turbulence in Ocean Surface Boundary Layers:
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Chair of the Supervisory Committee:
Dr. Ramsey R. Harcourt
Applied Physics Laboratory, and School of Oceanography

Turbulence in the ocean surface boundary layer (OSBL) drives mixing, brings nutrients
from depth, and mediates the air-sea exchange of heat, momentum, and gases and is thus
a key player in the weather and climate system. The current generation of global climate
models typically have large errors in the predictions of surface ocean properties, such
as the mixed layer depth and the sea surface temperature. These errors are potentially
caused by an implicit, or incomplete representation of surface wave effects in the OSBL
mixing parameterization that is largely based on turbulence scaling relations for the
atmospheric boundary layer (ABL) over land. Turbulence driven by the breaking surface
waves and Langmuir circulations arising from the interaction between current and surface
wave Stokes drift are the two major mechanisms by which the surface waves contribute to
vertical mixing. Although progress has been made in quantifying some of their effects
on vertical mixing under certain forcing conditions, our understanding of their roles in
the vertical mixing process is still far from complete. To address knowledge gaps about
the surface wave impacts on turbulence and vertical mixing, this study makes use of
measurements collected from a number of locations with distinct forcing conditions and
examines them from a scaling perspective. The research is presented in two parts. Part I

takes measurements of temperature profile to infer the vertical mixing of heat while part



IT concentrates on vertical velocity measurements to diagnose the turbulence intensity.

The first research component of this dissertation (Chapter 2) evaluates the conventional
Monin-Obukhov scaling for the mean vertical temperature gradient in surface layers under
destabilizing surface buoyancy fluxes and investigates the modifications of the Monin-
Obukhov scaling by wave breaking and Langmuir turbulence. Measurements from two
mooring sites are compared with predictions from the Monin-Obukhov scaling. The
observational data consistently show smaller unstable thermal gradients under weakly
destabilizing conditions, indicating stronger vertical mixing of heat. These deviations
are discussed in the context of a simplified theoretical framework for boundary layer
turbulence to understand the influence of surface wave breaking and Langmuir turbulence
on the mean temperature gradient scaling.

The second research component of this dissertation focuses on the scaling of turbulent
vertical velocity in both the surface layer (Chapter 3) and the boundary layer (Chapter 4).
In both chapters, a large collection of archived Lagrangian float data are used to compare
the vertical turbulence kinetic energy (TKE) from a wide variety of aquatic environments
to the conventional scaling relations in the ABL. The observational data exhibits substantial
variations under similar conditions of wind stress and surface buoyancy flux. These
variations cannot be explained by conventional ABL scaling relations and are shown
to depend on the surface wave Stokes drift forcing. Additionally, Chapter 3 details the
data processing and extends the surface layer scaling of vertical TKE to incorporate
the Langmuir turbulence effect. Chapter 4 combines the effect of wind stress, surface
buoyancy flux, and Stokes drift to give a generalized scaling of the boundary layer
averaged vertical TKE. Chapter 4 also discusses the depth-dependent scaling of vertical
TKE and vertical velocity skewness to highlight the importance of Langmuir turbulence
in enhancing the vertical turbulence intensity, modifying the vertical mixing length scale,

and promoting the vertical transport of TKE.
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2.4 Comparisons between observations and MOST predictions of surface layer

2.5

temperature. (a) Observed vertical temperature differences (A6) at OCSP
versus those predicted by MOST. Scatter uses Af from fitted profiles during
quasi-steady periods, while probability contours for 30%, 60%, 90% and
96% of distribution use Af from all original profiles. The color of the scatter
represents data density; yellow circles show bin averages of scatter with
95% confidence intervals (error bars); the red line shows the linear fit of bin
averages. (b) Observed temperature profiles (blue) versus those predicted
by MOST (red). Predictions are obtained by cumulatively integrating the
predicted gradients with ¢, from Egs. (2.3). Temperatures are referenced to
"Tempsr,”, the mean values in the surface layer (area shaded yellow). Solid
lines are ensemble averages of individual profiles (dots). Only profiles
with boundary layer depth deeper than 50 m are used. For better visual
comparison, profiles have been shifted to make the ensemble averages zero
at the surface layer depth. (c) and (d) Same as (a) and (b) but use data from

SPURS-L . .

Distribution of the observed dimensionless gradient ¢, in { space. Only
data from quasi-steady periods are used. Dimensionless gradients from
titted profiles are grouped into logarithmically spaced bins (see vertical
bars at the bottom). The paired boxes are horizontally offset from the bin
center to show the distribution of log;,(¢) from OCSP (blue) and SPURS-I
(red) in the same ¢ bin. On each box, the central mark indicates the median;
the diamond indicates the mean; the top and bottom box edges show the
upper and lower quartiles, respectively; the whiskers show the ggth and
1st percentiles; the notch shows the comparison interval of the median.
Medians of the ¢, from OCSP and SPURS-I are deemed different at a 5%
significance level if their intervals do not overlap in the same bin. Data
beyond whiskers are denoted by "+’. Empirical relationship [Eq. (2.3b)]
from the Kansas experiment (Businger et al., 1971) is displayed as the thick
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and approximate solution of Eq. (2.16), respectively. Brown and gray dash
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Turbulence regime diagrams for the OSBL under conditions of (a, c) desta-
bilizing and (b, d) stabilizing surface buoyancy flux. Background colors
in (a) and (c) show the fractions (50% ~ 100%) of the dissipation rate €,
and the bulk w3, contributed by each type of turbulence, according to
the scaling of Belcher et al. (2012) and Equation 4.10, respectively. The 50%
contours of these fractions are shown in black lines. Gray contours in (a)
and (b) show the joint probability distribution function (PDF) of La? and
h/ Ly, indicating 60%, 95%, and 99% of occurrences across global oceans
(Li et al., 2019). The observations and LES cases are overlaid as colored dots.

Scaling of the bulk vertical velocity variance (w?). (a) Time- and depth-
averaged measurements of w? over the boundary layer are normalized by
u? and plotted against time-averaged w2 /u3. Scatter points with differ-
ent markers show observations from different data sets, with error bars
indicating the 95% confidence interval, and marker color corresponding
to the mean value of LaS_Z' within the averaging window. Dash lines are
the asymptotic scaling relations for pure shear turbulence (0.64) and pure
convective turbulence (0.31w?/u?). The colored contours show the pre-
diction of (w?) /u2 from the generalized scaling (Equation 4.10). Note the
horizontal axis is linear between —10~! and 10! but logarithmic elsewhere.
(b,c) Direct comparison of (b) float-measured (w?) /u2 and (c) LES-modeled
(w?) /u? (Li and Fox-Kemper, 2017) with the prediction from the generalized
scaling (Equation 4.10). The blue shadings show the mean absolute per-
centage error [7.5% in (a), 6.7% in (b) for orange points] of the one-to-one
correspondence. (d) The neutral (w?) /u? estimated from measurements as
a function of Lagf, compared to the neutral Langmuir-inclusive scaling of
Harcourt and D’Asaro (2008), and the approximation (Equation 4.9) used in
the generalized scaling (Equation 4.10). . . . .. ... ... ... .......
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Chapter 1
INTRODUCTION

1.1 Background

The ocean surface boundary layers (OSBL), in definition, refer to the buffering layers
across which the properties of the ocean interior make a transition to satisfy various
surface boundary conditions, e.g., stress, heat flux, and freshwater flux. Globally, they are
the link between the ocean interior and the atmosphere. Regionally, they also connect to
the hydrosphere and cryosphere through rivers; sea ice, and ice shelves (Fox-Kemper et al.,
2022). The boundary layers are dynamically active, mediating the exchange of momentum,
heat, and biogeochemical tracers (e.g., carbon and oxygen) with the atmosphere. They
usually extend over a vertical scale of about O(50 m), with a characteristic turnover time
of minutes to days, yet their variabilities influence a wide range of oceanic motions,
including the global thermohaline circulation, and have broader implications for the
Earth’s climate over long timescales.

The motion of seawater in the OSBL is almost always turbulent. In fact, they probably
host the most energetic turbulence in the ocean driven by winds, waves, and buoyancy
loss, therefore are an essential component in the global kinetic energy budget (Ferrari
and Wunsch, 2009). Throughout the layer, vertical fluxes associated with the turbulent
flow shape the mean profiles of momentum, temperature, salinity, and other tracers.
Conversely, information about the mean profiles offers valuable insights into the vertical
mixing process through surface layer similarity relations (Monin and Obukhov, 1954) and
metrics like the gradient Richardson number and Thorpe scale (T/orpe, 2005).

In practice, nearly all ocean general circulation models use a boundary layer parameter-

ization to calculate upper ocean currents and tracer distributions. A variety of boundary



layer parameterizations exist and most of them are based on the principle assumption that
the turbulent fluxes are solely determined by the surface fluxes and subsurface profiles of

shear and stratification, through similarity scaling relations.

1.2 Theoretical framework

1.2.1 Surface layer scaling

Immediately abutting the sea surface, viscous forces and the surface details define the
roughness sublayer with a typical roughness length zo up to O(1 m), while the large eddies
with length scale about the thickness /1 of the boundary layer dominate the turbulent
transport throughout. As h and zp are usually sufficiently separated, there exists an
intermediate surface layer where |z|, the distance from the mean surface, is the only
relevant length scale for turbulence, usually evidenced by the peak around wavenumbers
of O(1/|z|) in the horizontal wavenumber spectrum of vertical velocity w (Wyngaard,
2010). In practice, this surface layer is traditionally defined as the upper 10~20% of
the OSBL. The stress in the surface layer is almost entirely carried by the turbulence
initiated by the surface stress T, hence the friction velocity u. = (|Tw|/po) %, where py
is a reference seawater density, becomes the dimensional forcing that scales turbulent
velocity. Because vertical gradients of turbulent fluxes and stress are negligible when
expressed in the surface-layer scales (i, |z|), the surface layer has been termed as the
constant-flux layer as well.

The Monin-Obukhov Similarity Theory (MOST) is a generalization of the earlier
logarithmic “law of the wall” (von Kdrmidin, 1931) that describes the vertical structure of the
average near-wall velocity in wall-bounded neutral boundary layers. With the inclusion
of buoyancy effects, MOST is better suited for geophysical applications. In the simplest
form, it hypothesizes that 3 parameters govern the vertical structure of a quasi-steady,
horizontally homogeneous surface layer bounded by a flat surface: the turbulent length

scale |z|; the turbulent velocity scale u,; the scale for buoyancy fluctuations b.., formed



from the surface buoyancy flux By divided by —u,. If the mean horizontal (streamwise)
velocity shear 01 /0dz is the dependent variable of interest, then we have 4 physically
relevant parameters with 2 fundamental dimensions (length and time). Applying the
Buckingham Pi theorem (Buckingham, 1914) gives 2 dimensionless quantities that are

functionally related. One is the non-dimensional variable of interest; the other is |z|/L,

where L = u2/xb. = —u3/xBy is the Obukhov length (x ~ 0.4 is the von Karman
constant). Therefore we have

Jdu/dz |z|

k] Pm ( i > . (1.1)

A similar dimensional analysis with explicit buoyancy effects, using surface heat flux Qg
and salinity flux Sy, renders similar relations for gradients of potential temperature 6 and

salinity S,

00/0z |z|
0. /xl2] = ¢y (f) , (1.2a)
9S/0z B |z|
S*/K|Z| = (Ph (T) . (1.2b)

The surface-layer scale for temperature and salinity fluctuations (6« and S.) are defined
in a manner analogous to b.. Note that the relations ¢, and ¢ are universal and have
to be determined through measurements. A multitude of studies in boundary layer
meteorology have examined and tested these relations, and the MOST can be considered
a great success within the range of validity. Figure 1.1 shows the results from the Kansas
experiment (1968) conducted above a flat wheat field. The collapse of data taken over
several weeks and a wide range of stability greatly demonstrated the ability of this scaling
and justified their applications in large-scale atmospheric circulation models. The mean
gradients scaling implies an expression for the surface layer eddy momentum (Kj;;) and
eddy heat (Kj) diffusivity that solely depends on surface fluxes and depth:
 —wh! uxlz]

du/oz Pm

_ 9!

== ”*(;‘h'z', (1.3b)

K (1.32)
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Figure 1.1: Kansas observations of the mean horizontal (streamwise) velocity shear [left, Eq. (1.1)] and
mean potential temperature gradient [right, Eq. (1.2a)]. The height from the surface z in the atmosphere is

equivalent to the distance from the surface |z| in the oceanic coordinate. From Businger et al. (1971).

with w'u” and w6’ denoting the vertical kinematic stress and heat flux.
MOST also applies to high-order turbulence moments, such as the variance of vertical
velocity fluctuations w'w’ (or w?,,;)

wal = Pww (%) , (1.4a)

us

the turbulent kinetic energy dissipation rate €, the variance of temperature fluctuations
0'6’, etc.

A special asymptote for the Monin-Obukhov scaling is the local free convection limit
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Figure 1.2: Kansas observations of the root mean square (rms) vertical velocity (upper) and rms temperature
(lower) for unstable conditions. T is the same as the 6, used in the text. The dashed lines indicate the

expected asymptotic slope for very unstable conditions, Eq. (1.6). From Wyngaard et al. (1971).



under strong surface destabilizing fluxes (|z|/L — —o0). During such conditions, we
expect that the mechanical turbulence driven by the shear production and characterized
by u, will be negligible at some depths (note the shear production decreases with |z|),
but still within the surface layer. Given the fact that u, is no longer a relevant parameter
in the asymptotic unstable state, we end up with only 1 dimensionless quantity according
to the Buckingham Pi theorem and it has to be a constant. Therefore, the only available

scaling for the vertical velocity variance and the mean gradients are,

w'w’ w'w’
7 = 5 = waz (1-5a)
(Bolz[)3 4y
00/9z
W = Ch. (15b)

where C,, Cj, are universal constants, u f and 6 = Qo/u ris the velocity and temperature
scale for local free convection conditions. Written in terms of the Monin-Obukhov scaling,
equations (1.5) suggest the asymptotic behaviors of Monin-Obukhov universal functions

when —L < |z| < B,

_ 2 2
w'w’ u z|\ 3
Pww = u—% = wau_é ~ (_|_L|) ’ (1.6a)
_ 9/ _ b ()7 (1.6b)
P = 0./xz] "6, L ' *

Again, atmospheric measurements are consistent with these predictions in very unstable
conditions (Figure 1.2). The asymptotic slope of ¢, at large —|z|/L values is still a subject

of debate (Businger, 1973; Maronga and Reuder, 2017).

1.2.2  Boundary layer scaling

For the entire boundary layer, similarity scaling relationships are less well-defined. With
an additional governing parameter, the boundary layer depth /4, the dimensional analysis

(Section 1.2.1) suggests that there are 3 independent dimensionless quantities for scaling



the boundary layer vertical structure. One is the non-dimensional variable of interest; it is
conventional to take the other two as |z|/h and I/ L. The latter parameter describes the
relative strength of wind stress and buoyancy forcing for the boundary layer as a whole,

since the convective velocity scale

=

QI
QI

w. = (hBo) r - (=h/L)s5. (1.7)

e

A general scaling that depends on both |z|/h and h/L is challenging and often
complicated by other factors like entrainment and horizontal density gradient. But the
asymptotic state in strongly destabilizing conditions with —h/L > 5 is relatively well
characterized by the mixed-layer similarity. For strongly destabilizing boundary layers,
uy is no longer a governing parameter and the vertical structure only depends on one
dimensionless quantity |z|/h. This convective scaling and another similar scaling in

neutral conditions are reviewed in detail in Section 4.2.

1.3 Motivation

While the Monin-Obukhov scaling has been proven valid and useful in atmospheric
surface layers (ASL), its application in the oceanic surface layer is not warranted. Central
to the development of the Monin-Obukhov scaling is the assumption that the surface
layer is bounded by a flat wall, and the dynamics are merely controlled by surface fluxes.
However, as every sailor knows, the ocean surface is far from being flat. Instead, it is
dynamically shaped or violently restructured by surface gravity waves. These waves are
dissipated by wave breaking, which injects and stirs momentum, energy, and bubbles
into the near-surface layer. Their Lagrangian mean velocity, the Stokes drift, tilts vorticity
and causes instability to form Langmuir turbulence that can penetrate deep into the
boundary layer. In the past few decades, we have become more aware of their importance
in the coupled air-sea system, and their dynamic effects on both atmospheric and oceanic

boundary layers are thoroughly reviewed in Sullivan and McWilliams (2010).



With the consideration of surface waves in OSBL, it is natural to ask if the Monin-
Obukhov scaling still works. In fact, recent detailed oceanic measurements and numerical
studies have found significant influences of surface waves on the vertical mixing processes
in OSBL [D’Asaro (2014) and references therein], suggesting that traditional parameter-
ization approaches (including the Monin-Obukhov scaling) that ignore surface waves
may not be a good representation of the turbulence in OSBL. From a modeling point of
view, it is important to examine the effects of surface waves on the vertical structures of
various boundary layer properties through scaling approaches, as they are essential to the
predictions of sea surface temperature and salinity, lateral transport of material, estimates

of turbulence, etc.
1.4 Outline

The overarching objective of this thesis is to advance our understanding of turbulence
and mixing in the OSBL with the presence of surface waves. In particular, I will seek
to better understand how surface wave-driven turbulence modifies the scaling of mean
and turbulence quantities in the OSBL, and address the following two sets of scientific

questions:

Question #1 Does the mean temperature gradient in the oceanic surface layer agree
with the Monin-Obukhov scaling? If there are discrepancies, what are the
contributions of Langmuir turbulence and surface wave breaking in setting

these differences?

Question #2 Does the vertical velocity in the OSBL agree with the conventional scaling
relations for ABL? How do we incorporate the effect of Langmuir turbulence

into the scaling relations for vertical velocity variance?

While these questions will be investigated by using observational data from a few

sampling sites, the physical processes involved in the scaling relations are relevant to



nearly all parts of the global ocean. The remainder of this thesis is organized into three

chapters:

¢ Chapter 2 addresses Question #1 by comparing observations of surface layer tem-
perature gradient to predictions of the Monin-Obukhov scaling, and to predictions
of simplified turbulence models that include either wave breaking or Langmuir

turbulence. This chapter is reproduced from:

Zheng, Z., Harcourt, R. and D’Asaro, E., Evaluating Monin-Obukhov Scal-
ing in the Unstable Oceanic Surface Layer, |. Phys. Oceanogr., 51(3), 911-930,

doi: , 2021.

e Chapter 3 addresses the surface layer part of Question #2z by comparing La-
grangian float measurements of vertical velocity variance to predictions of the
Monin-Obukhov scaling. Additional scaling approaches are proposed to include

the effect of Langmuir turbulence. This chapter is soon to be submitted as:

Zheng, 7., Harcourt, R., D’Asaro, E., and Shcherbina, A., Scaling Near-Surface

Observations of Turbulent Vertical Velocity in the Ocean, Part I: Surface Layer

¢ Chapter 4 addresses the boundary layer part of Question #2 by comparing the
observation-based profiles of vertical velocity variance and skewness to predictions
of conventional ABL scaling relations. A generalizing scaling for the boundary layer
averaged vertical velocity variance is proposed to combine the effect of wind stress,

surface buoyancy flux, and Stokes drift. This chapter is soon to be submitted as:

Zheng, Z., Harcourt, R., D’Asaro, E., and Shcherbina, A., Scaling Near-Surface
Observations of Turbulent Vertical Velocity in the Ocean, Part II: Boundary Layer

In the end, Chapter 5 summarizes the major conclusions of this study, discusses the

impacts of these results, and provides some ideas on future research directions.


https://doi.org/10.1175/JPO-D-20-0201.1
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Chapter 2

EVALUATING MONIN-OBUKHOV SCALING IN THE UNSTABLE
OCEANIC SURFACE LAYER

Abstract

Monin-Obukhov Similarity Theory (MOST) provides important scaling laws for flow
properties in the surface layer of the atmosphere and has contributed to most of our
understanding of the near-surface turbulence. The prediction of near-surface vertical
mixing in most operational ocean models is largely built upon this theory. However,
the validity of MOST in the upper ocean is questionable due to the demonstrated
importance of surface waves in the region. Here we examine the validity of MOST in
the statically unstable oceanic surface layer, using data collected from two open ocean
sites with different wave conditions. The observed vertical temperature gradients are
found to be about half of those predicted by MOST. We hypothesize this is attributable
to either the breaking of surface waves or Langmuir turbulence generated by the wave-
current interaction. Existing turbulence closure models for surface wave breaking and
for Langmuir turbulence are simplified to test these two hypotheses. Although both
models predict reduced temperature gradients, the simplified Langmuir turbulence model

matches observations more closely, when appropriately tuned.

2.1 Introduction

Two major components of the Earth system, the ocean and the atmosphere, interact with
each other through their own planetary boundary layers (PBLs), where the motions of flu-
ids directly respond to the surface stress and buoyancy flux across the air-sea interface on

time scales less than a day (Garratt, 1992). Boundary-layer processes are naturally relevant
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in many air-sea interaction problems [e.g., hurricanes (Emanuel, 2003), Madden-Julian
Oscillation (Zhang, 2005), El Nifio (Dijkstra and Burgers, 2002), etc.] and have great implica-
tions for accurate predictions of weather and climate. A comprehensive assessment of the
role of the ocean and atmosphere in these problems requires a quantitative understanding
of PBL dynamics, especially in terms of the vertical transports of momentum, heat and
mass. These transports are largely carried by small-scale turbulent motions that must
be parameterized in circulation models, due to limitations in computational capacity.
The parameterization typically involves building approximations for turbulent fluxes,
and using turbulence closure to estimate the effects of unresolved fluctuations upon the
evolution of resolved mean fields. Informed by theories of molecular diffusion, early
pioneers recognized that turbulent fluxes can be cast as functions of local mean gradients
(Taylor, 1915; Prandtl, 1925; von Kdrmin, 1931), and developing flux-gradient relationships
has thus become an important approach in modeling boundary layer flows (Monin and

Yaglom, 1971).

Over the past 100 years, great progress has been made in the field of boundary layer
meteorology (LeMone et al., 2019), and several similarity theories have been developed to
provide scaling laws for statistical flow characteristics in the atmospheric boundary layer
(ABL). In particular, the near-surface portion of the ABL, the surface layer, is the best
understood, in part because measurements are easiest to make there, but also because
its dynamics are relatively simpler, as a result of large turbulent Rossby number Ro
(~ U/ f|z|, where U and |z| are characteristic velocity and length scales, f is the Coriolis
parameter) and nearly constant turbulent fluxes (Wyngaard, 2010). Intrigued by such a
well-defined problem, Monin and Obukhov (1954) proposed a similarity theory to delineate
the vertical structure of an idealized atmospheric surface layer (ASL). Monin-Obukhov
similarity theory (MOST) states that, under horizontally homogeneous and stationary
conditions, every dimensionless scaling “group” in the surface layer is a universal function

of the dimensionless height { = |z|/L, the ratio of height —z— to the Obukhov length
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(Obukhov, 1946)
L = u3/xBy, (2.1)

where 1, is the friction velocity, x = 0.4 is the von Karman constant and By = —Wk) is
the near-surface buoyancy flux. The Obukhov length is negative (positive) in unstable
(stable) conditions, and its magnitude is a rough estimate of the distance at which
buoyancy production becomes dynamically important in the turbulent kinetic energy
(TKE) budget relative to surface shear production.

Specifically, in the interest of the mean vertical structure of potential temperature (6),
or horizontal velocity (1), the dimensionless “group” for its vertical gradient is exclusively

determined by  in the framework of MOST:

0X/9z B
W —(P)((C), X—O,l/l. (2.2)

Here the overbar and prime denote time averaging and fluctuation, respectively; z is the
upward vertical coordinate; X, = —w/X'| /u, is the fluctuation scale of flow variable X

with w'X’|y being the near-surface kinematic flux of X. For instance, the friction velocity

Uy, = \/—w'u'|lo = \/Tw/po is the fluctuation scale of horizontal velocity u, where the

reference seawater density pg = 1025 kg m >

, w is the vertical velocity, and the x-axis is
chosen to align with the surface wind stress 7,,. The dimensionless gradient, or universal
function ¢y represents the effects of buoyancy on turbulence, relative to the law-of-the-
wall scaling (von Kdrmin, 1931) for an unstratified surface layer ({ = 0). Numerous
experimental efforts, both over land (Businger et al., 1971, etc.) and sea surface (Edson
et al., 2004, etc.), have gone into determining the functional form of ¢y for practical
application. Many different analytic forms have been suggested in a voluminous body
of literature (reviewed in Hogstrom, 1996; Foken, 2006). Almost all empirical curves are
similar in unstable conditions, while some disparities are common for expressions in
stable conditions, presumably as a consequence of the intermittent and weak turbulence

under stable stratification (Mahrt, 2014). The widely accepted set of universal functions

for momentum (¢;) and heat (¢;,) is based on the Kansas experiment (Businger et al.,
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1971), from which particularly homogeneous and steady conditions and well-measured

data were optimized to give:

om =1+47C, ¢p, =0.744+4.7C, 0< (<1 (2.3a)
P = (1 —150) 7%, ¢ = 0.74- (1 —97) "2, —2 < { < 0. (2.3b)

MOST has been generally successful in describing the flux-profile relationships in the
ASL over a moderate range of { [as shown in Egs. (2.3)]. It also laid a solid foundation for
the later establishment of bulk transfer relations (the COARE algorithm, Fairall et al., 1996,
2003), since its formulation implicitly suggests a parameterization for turbulent fluxes:

—uk|z[OX oX

ZU’X/|0 = (Px(g) 9z — —Kxg. (24)

In this case, the turbulent flux and the gradient are related via a simple, stability-
dependent eddy diffusivity Ky = u.x|z|/¢yx. Thus far, many atmospheric models still
rely on this method to deduce surface fluxes from near-surface mean profiles.

The ocean surface boundary layer (OSBL) mirrors its atmospheric counterpart in many
ways, and its representation in circulation models also shares many features with the
ABL. By analogy to the atmosphere, vertical mixing schemes for the OSBL also draw on
knowledge from MOST. For example, the widely used K-profile parameterization (KPP,
Large et al., 1994) employs the universal function ¢y to account for buoyancy effects in
formulating a "turbulent velocity scale wy”, and judiciously extends the surface layer
scaling to the rest of the OSBL. Although not explicitly related to MOST, other higher
order schemes (e.g., Mellor and Yamada, 1982; Kantha and Clayson, 1994; Rodi, 1987) were
also tuned to match the surface layer similarity relations [Egs. (2.3)] in a simplified
framework (see Appendix 2.C). The incorporation of MOST in ocean models did improve
their predictive capacity to some extent, however, considerable model errors still occur in
many cases (e.g., too shallow mixed layer in the Southern Ocean, Sallée et al., 2013). Some
of these errors are potentially related to the assumption that the surface layer of the ocean

can be characterized by the same scaling law as the ASL.
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Not surprisingly, as the community becomes more aware of the dynamical impacts
of surface gravity waves, suspicion arises about the validity of Monin-Obukhov scaling
in the OSBL (Sullivan and McWilliams, 2010). Meanwhile, measurements of fluxes and
gradients reported from coastal waters near Martha’s Vineyard (Gerbi et al., 2008) have

already shown signs of invalidation.

In fact, the turbulence in the upper layers of the ocean and the consequent vertical
mixing are inevitably affected by surface waves. Close to the surface, waves break
intermittently as they propagate rapidly. One important effect of wave breaking is the
downward injection of kinetic energy as turbulence. The classical law-of-the-wall scaling
predicts the turbulence dissipation rate ¢ ~ u3 /x|z| in a neutral surface layer. However,
near-surface measurements of ¢ in the ocean under strong wind and weak buoyancy
torcings (Agrawal et al., 1992; Drennan et al., 1996; Terray et al., 1996) repeatedly give much
higher magnitude of ¢ than the classical prediction, and exhibit a more complicated,
three-layer structure of e: Within about one significant wave height (H;) of the surface, ¢ is
large and more or less constant; Below that, ¢ decays much faster than the —1 power-law

before eventually resuming the classical scaling at deeper depths.

A second effect results as the Lagrangian-mean wave velocity, the Stokes drift, induces
the Craik-Leibovich (CL) vortex force (Craik and Leibovich, 1976) and additional material
transport to generate Langmuir circulations, cells, or turbulence that fill the entire OSBL.
Conceptually, they can be viewed as arrays of counter-rotating vortices with elongated
major axes oriented roughly downwind (Sullivan and McWilliams, 2010). Oftentimes, one
can identify them by streaks of buoyant debris on the surface (Langmuir, 1938), and by
bubble clouds trapped beneath these streaks using side-scan sonar (Thorpe, 1984; Zedel
and Farmer, 1991, etc.). Although turbulence measurements in strongly convective OSBL
have generally supported Monin-Obukhov scaling (Shay and Gregg, 1986), available field
observations under strong wind conditions did show some deviations from the ABL
(D’Asaro, 2014). First, the bulk average of the vertical TKE w'w' (D’ Asaro et al., 2014a),

and dissipation rate (Lombardo and Gregg, 1989; Carniel et al., 2012) all seem to be higher
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than expected from classical scaling. Second, the ordering of turbulent velocity variances
observed in shallow-water environment (Gargett and Wells, 2007) shows much stronger
crosswind and vertical components than typical shear-driven turbulence, in which the
velocity fluctuations are dominantly downwind. These differences are likely due to
Langmuir turbulence, as large eddy simulation (LES) techniques can consistently predict
these distinct features when the CL vortex force is included (Skyllingstad and Denbo,
1995; McWilliams et al., 1997; Tejada-Martinez and Grosch, 2007; Harcourt and D’Asaro, 2008;
Kukulka et al., 2012, etc.). In stabilizing forcing conditions, Langmuir turbulence has also
been found to inhibit the restratification and hence invalidates Monin-Obukhov scaling
(Kukulka et al., 2013; Pearson et al., 2015).

As extra physics is introduced by processes related to surface waves, the surface layer
of the ocean is expected to be dynamically different from the ASL. The canonical similarity
theory with scaling parameters |z|, L, u, and X, may become inadequate to encapsulate
the relevant dynamics. Thus, it is incumbent upon us to examine the applicability of such
flux-gradient relationships in the oceanic surface layer.

In this paper, we evaluate the validity of MOST in a surface wave-affected oceanic
surface layer, using data collected from two open ocean sites. The rest of this manuscript
is organized as follows. In Section 2.2, we introduce the in-situ measurements and
data analysis, and compare observations to the predictions by MOST. In Section 2.3,
we consider two hypotheses for the theory-observation discrepancies: one attributes
the differences to surface wave breaking, and the other, to Langmuir turbulence. Each
hypothesis is tested using a simplified turbulence closure model, and the model results

are also compared to observations. Finally, a brief summary is presented in Section 2.4.
2.2 Observations

The evaluation of MOST flux-gradient relationships requires accurate measurements of
surface fluxes and mean profiles in a quasi-steady surface layer. Datasets considered in

this study are from two open ocean taut-line moorings (Figure 2.1). The subsurface sensors
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Figure 2.1: A sketch for typical taut-line mooring setup that measures oceanic conductivity-temperature
(CT) and meteorological conditions over the sea surface. Hourly averaged data are used to investigate the
response of the oceanic surface layer to surface forcing. The sensor’s nominal depth along the mooring line,

referenced to the mean sea surface (z = 0), is treated as the measurement distance from the surface.

are assumed to have been sampling upper ocean properties at their nominal depths. At
both mooring sites, oceanic conductivity-temperature measurements are complemented
by concurrent recordings of surface waves and a variety of surface observations for
estimating air-sea fluxes, including winds, incoming solar and longwave radiation, rain,

air temperature, relative humidity, and barometric pressure.

The first dataset (Cronin, 2007, updated daily) is from a long-term time series site, the
Ocean Climate Station Papa (OCSP, nominally at 50.1°N, 144.9°W) in the northeastern

Pacific. It has long been an attractive natural laboratory for boundary layer studies
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because of the weak lateral processes there. During active periods, the OCSP mooring
is instrumented with sensors to measure subsurface temperature and conductivity once
every 10 minutes. The meteorological sensors mounted above the buoy have higher
sampling rates, usually 1 or 2 Hz, but the recorded resolutions vary from 1 to 10 minutes.
Hourly data were created by applying Hanning filters to the original records (Anderson
et al., 2018). Since 2010, a Datawell Waverider buoy has also been deployed near the OCSP
mooring to report directional surface wave spectrum every 30 minutes (T/omson, 2019). In
order to have simultaneous hydrographic, meteorological and surface wave measurements,

data from OCSP are truncated to a time period from June 2010 to November 2019.

The second dataset (Farrar, 2015) was collected during the field campaign of the first
Salinity Processes in the Upper-ocean Regional Study (SPURS-I, Lindstrom et al., 2015;
Farrar et al., 2015). As part of the monitoring array in the subtropical North Atlantic
(approximately 24.5°N, 38°W), a surface buoy was deployed in September 2012 and
recovered in September 2013. The SPURS-I mooring carried similar meteorological sensors
to measure meteorological conditions once per minute and transmit hourly averages
via satellite. Below the surface, the mooring line was equipped with a denser array of
sensors (~1 m spacing in upper 10 m) for temperature and conductivity measurements
in every 5 minutes. In addition, the buoy also had an instrument to measure the height
and direction of surface waves by recording the angular accelerations of pitch, roll, and
yaw, as well as the vertical heave (Bouchard and Farrar, 2008). These raw data were later
processed by J. T. Farrar (2014, unpublished data) to produce hourly records of directional

surface wave spectrum.

For both datasets, the profile of Stokes drift velocity (#°) and its vertical shear are
estimated from the directional wave spectrum, following the method described in Ap-
pendix 2.A. Surface wind stress, surface heat, and salt fluxes were estimated using the
TOGA COARE 3.0 algorithm (Fairall et al., 2003) from measured meteorological variables
(see details about the flux calculations at OCSP on https://pmel.noaa.gov/ocs/flux-

documentation). Considering the penetrative effect of shortwave radiation I, the buoyancy
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Figure 2.2: An example from SPURS-I shows the selection of quasi-steady periods. The upper panel gives a

time series of the near-surface buoyancy flux (By, black) and wind stress (7, purple) for about 10 days.

The lower panel shows the time scale of external forcing (black, including the buoyancy and the wind

forcing) and 10 times that of the boundary layer eddy (blue). The quasi-steady period (vertical red shading)

is reached when the time scale of external forcing exceeds 10 times that of the boundary layer eddy.
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flux to a layer of depth |z| is computed following Large et al. (1994):
Bs(z) = Bs+ [B'(0) — B"(2)], (2.5)

where B/ is the turbulent component of the buoyancy flux due to sensible heat flux,
latent heat flux, net downward longwave radiation, and salt flux at the surface; B" is
the radiative component that decays with depth. The sign convention for By is positive
(negative) when the buoyancy flux is into (out of) the ocean. B” is modeled by a 2-band
exponential profile (Paulson and Simpson, 1977):

B'(z) = gl {rsez/“1 + (1 — rs)ez/?‘z}, (2.6)

pocp

where I is the net downward shortwave radiation at the surface, « is the thermal
expansion coefficient of seawater, g is the gravitational acceleration, c, is the specific
heat at constant pressure. Here, the solar spectrum is divided into 2 wavelength bands,
with fraction rs and 1 — 7, of the total radiation. Each band decays exponentially with a
characteristic e-folding length scale y. The values of s, y1 and uy depend on Jerlov (1976)
water type. Based on a global climatology of water optical properties (Simonot and Le Treut,
1986), water type II and IB are assumed for OCSP and SPURS-I, respectively (Table 2.1).
The depth-dependent buoyancy flux By is used to calculate the Obukhov length, as the
buoyancy force experienced by seawater changes with depth. This treatment of the solar
radiation is one of the simpler possible formulations, but any limitation of this approach
is not likely to have a big impact on our following results, since most data selected are

from nighttime (Section 2.2.1).

2.2.1  Mean temperature profiles and vertical gradients

For consistency, time series with resolution finer than hourly are averaged in one-hour
intervals. As the salinity measurements are more susceptible to sensor drift (see Ap-
pendix 2.B) and the accuracy is not as high as temperature (4 0.002 °C), they are only

used to determine density for the purpose of identifying the boundary layer depth H.
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Table 2.1: The Jerlov water type and corresponding constants assumed in this study.

Site Jerlov water type s pu1 (m) 2 (m)

ocsp II 0.77 1.5 14
SPURS-I IB 0.67 1.0 17
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Figure 2.3: An example from SPURS-I shows the second-order polynomial fit (2.7) of temperature profile.
The original profile (blue dash line with circles), taken from local time 03:30 of February 10, 2013, is shown
in both (a) logarithmic and (b) linear coordinates. The solid red line shows the best fit using data within
the depth range it covers. The dash-dotted red line shows the extrapolated polynomial function outside the
fitting range. Surface layer depth (0.2H) is indicated by the horizontal black dash line. Solid yellow circles
mark the depths where dimensionless gradients are computed. 72 is the goodness of fit adjusted for the

degrees of freedom.
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Only temperature data are directly used in the validation of MOST. At first glance, the
temperature profile may seem smooth, but if one zooms into the surface layer, small-scale
serrations are almost ubiquitous (Figure 2.3), probably owing to the different thermal
responses of sensors. To reduce these noises and extract the mean thermal stratification,
we follow the standard method in atmospheric studies (Businger et al., 1971) to fit every

temperature profile with a second-order polynomial function in logarithmic space:
0(z) = pa(In [z[)* + p1In |2z + po (2.7)

where py, p1, and p; are the polynomial coefficients. The logic behind this logarithmic
tit is that the profile of any mean quantity in the surface layer is expected to vary
logarithmically with height (depth) in neutral conditions, while in non-neutral conditions,
the profile is usually slightly curved in the logarithmic coordinate (Panofsky, 1963). For
each temperature profile, multiple second-order polynomial fits are conducted within the
depth range of [0, 0.3H], using various numbers of data points. Three criteria are required
for a fit to be considered as good: (1) the first and second order vertical derivatives are
monotonic functions; (2) the root mean square error (RMSE) is less than 0.002°C; (3)
after adjusting for degrees of freedom, the coefficient of determination (r?) is larger than
0.5. Among all the good fits for a profile, we pick the best one, if there is any, that has
the smallest RMSE. If no best fit can be found, then the profile is excluded from the
analysis. In total, about 89% and 54% of the profiles are excluded in OCSP and SPURS-I
datasets, respectively, either due to the lack of robustness of fits (17% and 16% in unstable
conditions, 12% and 27% in stable conditions), or insufficient data in the surface layer.
The best fitting function is used to calculate temperature gradients and ¢, at different
levels z;:
00

o, = @paInfzil +p1)/z; (2.8a)

0 / 0.
P = E/m, (2.8b)
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where 6, is computed using the heat flux that includes depth-varying solar radiation.
Considering the uncertainty of derivatives at the two ends of the fitting range, temperature
gradients are only calculated at the interior depths of the fitting range, but still within the
surface layer (Figure 2.3). This also diminishes the effect of flow distortion on temperature
gradients, as the first temperature measurement below the surface usually contains a
signal from seawater at shallower depth, due to the distortion of near-surface flow by the

buoy.

2.2.2  Surface layer depth

Departing from the ASL convention, which considers the lower 10% of the ABL, we treat
the upper 20% of the OSBL as the surface layer. The depth of the OSBL is determined as
the shallowest level where the linearly interpolated bulk Richardson number Ri;,, reaches
a critical value Rij. In the absence of reliable near-surface velocity measurements at
the moorings considered here, buoyancy profiles are used to define a bulk Richardson
number in reference to a neutral logarithmic shear profile, computed at each level z; as

(b1 — bi)(z1 —zi) _ x*(by — b;)(z1 — z)

Rip(z;) = ~
b(zi) uq — u; |2 u2In(z;/z1)

(2.9)

where b = —g(p — po)/po is the buoyancy computed from local potential density p, and
subscript 1 denotes quantity measured at the first sensor depth. Due to substantial
sensor drifts, the salinity measurements from the SPURS-I mooring are calibrated (see
Appendix 2.B) before calculating potential density. Different values of Rij are tested
and the optimal one is chosen to have the best coincidence with the mixed layer depth
diagnosed from the 0.03 kg m ™ criteria (de Boyer Montégut et al., 2004). The resulting Ri¢
for OCSP and SPURS-I are 0.85 and 2.30, respectively. Since the bulk Richardson number
here is defined with an idealized velocity shear, it is not surprising to arrive at a critical
value different from traditional values. The computed surface layer depths are used

to confine the domain of our analysis and minimize uncertainty in the scaling results.
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However, the surface layer tends to be very shallow (a few meters) during daytime, so the

majority the data used comes from unstable situations, often during nighttime.

2.2.3 Quasi-steady state

The turbulence in the OSBL can be nonstationary due to diurnal variations of atmospheric
forcing; it can also be inhomogeneous in the horizontal as surface properties vary spa-
tially. However, if the time and length scales of the OSBL are small relative to those
of the external forcing, the OSBL may be considered as quasi-steady and horizontally
homogeneous. Oftentimes, the boundary layer depth H and the large-eddy turnover time
Ty are regarded as the internal length and time scale of the OSBL. The boundary layer
eddies driven by the wind and surface buoyancy loss can be characterized by velocity

scales u, and w,. The larger of these two is used to determine the turnover time here:

Ty = H/max (i, wy ), (2.10)

where w, = (—H - Bo)l/3

is the free-convection velocity scale (Deardorff, 1970) that is
set by the boundary layer depth and near-surface buoyancy flux. The external forcing
changes as the wind stress, or buoyancy flux varies with time. The time scale of each

forcing is estimated as the ratio of the forcing magnitude to the temporal rate of change:

Tw = ’—arw/at , (2.11a)
_|_Bo
Tg = ’EBBO/E)t . (2.11b)

Therefore, we define a period when the time scales of both wind stress (Tyy) and buoyancy
flux (Tp) exceed 10 times the large-eddy turnover time (Ty) as the quasi-steady period. An
example of such selection is given in ??. As for the condition of horizontal homogeneity,
we argue that the spatial scales of horizontal variability at both sites are much larger than
the thickness of the OSBL (~ 100 m), so that the OSBL turbulence does not feel the effect

of horizontal heterogeneity. These boundary layer approximations, including the quasi-
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steady state and horizontal homogeneity, are also assumed in our later simplification of

PBL models (Appendix 2.C and Section 2.3).

2.2.4 Comparison of Monin-Obukhov scaling with observations

According to MOST, the temperature difference between any two levels z;, z; in the surface

layer should be
6

*
||

dz, (2.12)

8By = 8(z) = 3(z) = [ pullal/1L)

where |z;| and |z;| are the nominal sensor depths along the mooring line, and the universal
function ¢, used here is based on the results [Egs. (2.3)] from the Kansas experiment.
These theoretical predictions of temperature difference are computed through trapezoidal
numerical integration and are compared to those directly calculated from the fitted
profiles. The comparison (Figure 2.4a and 2.4c) shows that the observed temperature
gradients are about half of the theoretical predictions, over most of the observed range
of Af. This is robust at both sites, and is not subject to either the selection of quasi-
steady periods in Section 2.2.3, or the profile fitting in Section 2.2.1. More intuitively, the
juxtaposition (Figure 2.4b and 2.4d) of the observed profiles and the MOST-predicted
profiles also indicates that the ocean has weaker thermal stratification in the surface layer
than the atmosphere, or than that predicted by MOST.

The distribution of the observed dimensionless temperature gradient ¢, in ¢ is shown
in Figure 2.5. Again, the smaller observed values of ¢, below the Kansas curve are
consistent with the smaller linear regression slopes (less than 1) in Figure 2.4a and
2.4¢. The deviation of the observations from the Kansas curve decrease as |{| increases,
indicating that the failure of MOST mainly happens in the forced convection regime
(=1 < ¢ < 0). Looking more closely, the different linear regression slopes (Figure 2.4a
and 2.4c) at these two sites, and the disparity of ¢, values in the same { bin (Figure 2.5)
may imply that the ¢, in oceanic surface layer does not only depend on {, and that other

forcing parameters not considered in MOST might be important in setting the near-surface



25

-3
5 x10 ‘ ‘ ‘ ‘ ‘ ‘ ‘ .
(a) (b)
0 = - -0.05
c
=H 0.
& S
w = L-0.1
5 ~
= g -
e -107 = 0. o015 N
& 2
o]
(@]
-15 4 ' ' | .02
201 ‘—slope = 0.42, intercept = -0.0001' +-0.25
-3 ! i t
5 x 10 ‘ ‘ ‘ ‘ ‘ ‘ ‘ .
5 d
(©) i d)
0 --0.05
— 0.08
O
o
w 0.1
c 0.06
i) T
g N
c 107 0.04] | L -0.15
[}
wv
o
-15 10.02} | | 0.2
H 0
-201 ‘—slope = 0.59, intercept = 0.0000‘ [ +-0.25
-20 -15 -10 -5 0 5 -20 -15 -10 -5 0 5
I ® -3 3
MOST predictions [°C] x10 Temp - Temp, [°C] x10

Figure 2.4: Comparisons between observations and MOST predictions of surface layer temperature. (a)
Observed vertical temperature differences (Af) at OCSP versus those predicted by MOST. Scatter uses Af
from fitted profiles during quasi-steady periods, while probability contours for 30%, 60%, 90% and 96% of
distribution use A6 from all original profiles. The color of the scatter represents data density; yellow circles
show bin averages of scatter with 95% confidence intervals (error bars); the red line shows the linear fit of
bin averages. (b) Observed temperature profiles (blue) versus those predicted by MOST (red). Predictions
are obtained by cumulatively integrating the predicted gradients with ¢, from Egs. (2.3). Temperatures are
referenced to “Tempgy”, the mean values in the surface layer (area shaded yellow). Solid lines are ensemble
averages of individual profiles (dots). Only profiles with boundary layer depth deeper than 50 m are used.
For better visual comparison, profiles have been shifted to make the ensemble averages zero at the surface

layer depth. (c) and (d) Same as (a) and (b) but use data from SPURS-L
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temperature gradients. Moreover, in the surface layer, smaller dimensionless temperature
gradients suggest larger thermal diffusivity, as K}, is inversely proportional to ¢, [Eq. (2.4)].
These observational evidences clearly show that the classical Monin-Obukhov scaling for
temperature is not appropriate for direct application in the unstable oceanic surface layer.
This is a major finding of this study and the rest of this paper seeks to identify what

process is responsible for the weaker thermal gradients, by considering surface waves.
2.3 Hypotheses testing

The reduced temperature gradients in the unstable oceanic surface layer naturally leads
to the question of why the ocean is different from the atmosphere in this regard. As
mentioned earlier, surface waves related processes can modify OSBL dynamics signifi-
cantly, but they are not included in the current form of MOST. Therefore, we consider
two hypotheses to explain the discrepancies between observations and MOST: (1) Surface
wave breaking is responsible for the observed weak temperature gradients; (2) Langmuir
turbulence is responsible for the observed weak temperature gradients. Although our
current understanding of these two processes is still incomplete, attempts have been made
to incorporate them into models for the PBL. Encouragingly, models with surface wave
breaking (Craig and Banner, 1994, Burchard, 2001) have shown some skill in reproducing
the near-surface dissipation measurements under breaking waves, and models including
Langmuir turbulence were found to better predict observed vertical TKE profiles (Harcourt,
2015). Given the success of existing models in representing these two processes, we will
take them as the approach for hypotheses testing.

The PBL models adopted here are commonly termed as Second Moment Closures
(SMCs), and use solutions of second-order turbulence statistics to inform the turbulent
diffusivity in closing mean equations. In view of the relatively simple dynamics in the
surface layer, a full SMC can be accordingly simplified to a super-equilibrium version,
where turbulence production is locally balanced by dissipation. Classical SMCs (e.g.,

Mellor and Yamada, 1982; Kantha and Clayson, 1994) with no explicit consideration of
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Figure 2.5: Distribution of the observed dimensionless gradient ¢, in ¢ space. Only data from quasi-steady
periods are used. Dimensionless gradients from fitted profiles are grouped into logarithmically spaced bins
(see vertical bars at the bottom). The paired boxes are horizontally offset from the bin center to show the
distribution of log;,(¢y,) from OCSP (blue) and SPURS-I (red) in the same { bin. On each box, the central
mark indicates the median; the diamond indicates the mean; the top and bottom box edges show the upper
and lower quartiles, respectively; the whiskers show the ggth and 1st percentiles; the notch shows the
comparison interval of the median. Medians of the ¢, from OCSP and SPURS-I are deemed different at a
5% significance level if their intervals do not overlap in the same bin. Data beyond whiskers are denoted by
‘+’. Empirical relationship [Eq. (2.3b)] from the Kansas experiment (Businger et al., 1971) is displayed as the

thick gray curve.
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surface wave effects, when reduced to the super-equilibrium version, are known to have
independent temperature and momentum scalings that are very similar to MOST. An
example of the derivation of model intrinsic similarity relations from Kantha and Clayson
(1994) is given in Appendix 2.C. Also, full SMCs have been shown to approximately follow
Monin-Obukhov scaling in steady states when constant forcing is imposed (Burchard
et al., 1998). However, for an SMC that includes surface wave effects, we expect that the

model-derived temperature and momentum scalings would deviate from MOST.

2.3.1  Similarity relations in surface wave breaking model

Craig and Banner (1994) presented the first of many models including the effects of surface
wave breaking. They modified the classical Mellor and Yamada (1982) level 22 model by
adding a down-the-gradient flux of TKE from the dissipated wave energy, which was
assumed to be in proportion to u3. Their model is successful in reproducing the high
dissipation and the elevated decay with depth, but the analysis and model-observation
comparison was conducted for a neutral boundary layer. In more general scenarios,
buoyancy is also important for turbulence; hence we similarly alter the equation for TKE

(4%/2) from the classical super-equilibrium SMC [Eq. (C1a)] to get

J 0] _ 501 w4
- [qﬁs ——] = —wh'o- +agw'd’ — B.7 (2.13)

Variables used here are the same as defined in Appendix 2.C. The left-hand side of
Eq. (2.13) represents the turbulent diffusion of TKE by using a diffusivity that is pro-
portional to the product of turbulent velocity scale g and length scale ¢ with constant
Sq = 0.2 (Mellor and Yamada, 1982). On the right-hand side are the shear production,
buoyancy production (destruction), and dissipation of TKE. Technically, Eq. (2.13) no
longer indicates a super-equilibrium state, so we will refer to it as “super-equilibrium”,
since it is still a simplified version of the original wave-breaking model. Assuming
dissipation is constant in the wave breaking layer (|z| < zo, zg is the roughness scale), the

scaling of Terray et al. (1996) argues that about half of the wave energy input is dissipated
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Figure 2.6: (a) Variations of ¢, in the “super-equilibrium” ("SE”) wave breaking model (with ¢ = «|z|)
where g is approximated by Eq. (2.17). Color-filled contours show the values of ¢y, (0.22, 0.25, 0.3, 0.45, 0.6)
predicted by the model. Black isolines show the ratios of the model-derived ¢, to those from the classical
super-equilibrium SMC (Kantha and Clayson, 1994) with no wave effects. The yellow line indicates the case
(zo/L = —0.2) plotted in (b) and (c). Observed parameter values at OCSP (blue) and SPURS-I (red) are
overlaid. Roughness lengths are determined from significant wave heights with zy = 0.6Hs. (b) Turbulent
velocity scale g in the ”SE” wave breaking model when zy/L = —0.2. The blue and yellow lines show the
numerical and approximate solution of Eq. (2.16), respectively. Brown and gray dash line show the solution
in the neutral limit (Craig, 1996) and in case of no wave breaking, respectively. (c) Temperature (referenced
to the value at the surface layer depth) profiles predicted by MOST (gray) and by the “SE” wave breaking
model (yellow). Predictions are obtained by cumulatively integrating the predicted gradients with ¢, from

Egs. (2.3) (gray), and from the model (yellow) with zyp/L = —0.2, assuming zp = 1.2 m, 12 m surface layer

depth and 10 m s~! wind at 10 m height.
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in the breaking layer; the other half is transported downward via turbulent diffusion.

Thus, the upper boundary condition for Eq. (2.13) is

qESq%q; = %lxbui, atz = —z, (2.14)
where the coefficient «;, is commonly regarded as a function of sea state (Drennan et al.,
1992). However, for well-developed waves, its dependence on the sea state is so weak that
one can treat it as a constant of order 100. For simplicity, 100 is used here, and we also
require the energy flux due to breaking waves approaching zero as depth increases.

By defining a strained coordinate
/
Y= ZZO de = %ln_TZO, (2.15)
where ¢ has been assumed to be «x|z|, and applying the surface layer approximations
[Egs. (2.35a, 2.35g, 2.351)], equation (2.13) can be reorganized into

? 5 3 5 =3

As the second-order derivative of (¢, — () in the surface layer is quite small, the analytical

solution for Eq. (2.16) can be approximated as

¢ = 13 |By(pm — ) +cE7"|, (2.17)

with a new parameter { = |z|/zp, and constants ¢ = ”‘2—”\/3B1/Sq, n = ,/3/B15qK2.

Replacing Eq. (2.36a) in the classical super-equilibrium SMC with the dimensionless form
of Eq. (2.17), we arrive at a set of non-dimensional equations that includes the effects of

wave breaking:

q*® =By (pm — ) +c& 7", (2.18a)
1 (6A1+3A5(1—(C2))¢
YL [r —a g°3 ]
—n {3;5} , (2.18b)

6A B>(1—-C
1 :fPh[r—( 1+ Bo( 3))€]. (2.18¢)

3A2q* q*B
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Using the trust-region dogleg algorithm (Powell, 1970) implemented in MATLAB,
equations (2.18) are solved to predict ¢, as a function of ¢ and ¢ (Figure 2.6a). This model
considers extra TKE input from surface wave breaking, so its temperature scaling ¢y, is
additionally regulated by the distance from the depth of energy injection zo. However, the
influence of surface wave breaking is mainly confined in a shallow layer of thickness about
6zp. Compared to the scaling from the classical super-equilibrium SMC (or MOST), the
reduction of ¢y, in the forced convection regime can be up to 60%, while the deviation from
MOST gradually diminishes as the magnitude of ¢ or { becomes larger. Enhancement of
¢y can also happen in stronger unstable conditions, and this model behavior is traced
back to the reduced vertical TKE ratio (w'w’/g?), or mixing efficiency, because dissipation
exceeds production. Although we are not sure if this elevation of ¢, is physically realistic,

it does not impact our test results for this wave-breaking model (Figure 2.8).

To assess the reliability of the approximate solution [Eq. (2.17)] used in the calculation
of model ¢}, numerical solution of Eq. (2.16) is investigated with a fourth-order finite
difference method (Kierzenka and Shampine, 2001), after substituting ¢, with an expression
derived from Egs. (2.18b-c), and rewriting { as e™*¥ - zo /L. Figure 2.6b shows an example
of the numerically solved q* = q/u. when zo/L = —0.2, along with solutions from
Eq. (2.17), from the neutral limit (Craig, 1996) and from the classical super-equilibrium
SMC without wave breaking. The approximate solution exactly coincides with the
numerical solution near the surface, but gently converges to the classical solution at
depth. Compared to the neutral solution of Craig (1996), the approximate solution agrees
better with the numerical solution as buoyancy gradually becomes important at depth,
and its advantage is even more prominent at larger |zo/L|. Since the subtle differences
between the numerical and approximate solution are found to have negligible impact on
the resulting ¢, and, given that the major parameter values observed here have |zy/L|
smaller than 0.2, we may conclude that Eq. (2.17) is a sound approximation for the TKE
under breaking waves, as modeled by Eq. (2.13). Therefore, the temperature scaling ¢,

based on Eq. (2.17) should largely reflect the surface layer temperature predicted by the
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Figure 2.7: Dimensionless temperature gradient ¢, predicted by the super-equilibrium Langmuir turbulence
model (Harcourt, 2015, £ = k|z|). (a) Variations of the model-derived ¢}, as a function of { and #* when the
normalized crosswind Stokes shear #¥ = 0 and the surface proximity function f; = 0.3. (b) Variations of
the model-derived ¢, as a function of { and f; when #¥ = 0 and ¥ = —0.5. In both (a) and (b), color-filled
contours show the values of ¢, (0.15, 0.2, 0.3, 0.4, 0.5, 0.7) predicted; black isolines show the ratios of the
model-derived ¢y, to those from the classical super-equilibrium SMC (Kantha and Clayson, 1994) with no
wave effects; yellow dash line shows the constant parameter value selected in the other panel. Observed

parameter values at OCSP (blue) and SPURS-I (red) are overlaid.

full model of Craig and Banner (1994).

2.3.2  Similarity relations in Langmuir turbulence model

Over the course of continuous efforts to include Langmuir turbulence in classical SMCs,
until the recent model by Harcourt (2015), a series of modifications have been proposed:
Governing equations are extended to incorporate the CL vortex force and other related
terms (D"Alessio et al., 1998; Kantha and Clayson, 2004); closure assumptions are generalized

to have consistent dependency on Stokes drift (Harcourt, 2013, 2015). As a result, the
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modified TKE equation has extra production by the CL vortex force, directly elevating
the vertical TKE (w'w’). In addition, the inhomogeneous closures for the pressure-strain
rate and pressure-scalar gradient correlations (Harcourt, 2015) also redirect part of the
CL vortex production into the crosswind direction to rectify the predictions of second-
order statistics. Meanwhile, the inclusion of the CL vortex production in the algebraic
Reynolds stress model (ARSM) naturally entails a fundamentally different down-gradient

assumption for momentum fluxes:

— ou ou’
w'u' = —Kma—z — K%%, (2.19)

where K, is the conventional eddy viscosity, and Kj, is a Stokes eddy coefficient. A
similar assumption for momentum flux in the KPP scheme is also adopted in McWilliams

et al. (2012).

With these and some other adjustments to parameterize Langmuir turbulence, the
model of Harcourt (2015) showed promising agreements with LES results. Here we start
from the super-equilibrium version of Harcourt (2015), with the goal to attain similarity

relations in a Langmuir turbulence-affected surface layer, provided the extra physics of
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In the equations above, variables inherited from the classical SMC represent the same

quantities as in Appendix 2.C, to which are added #* and v°, Stokes drift in

the downwind

and crosswind directions, respectively. Angle v denotes the orientation of the Langmuir

cells (Van Roekel et al., 2012) relative to the y-coordinate in a clockwise sense; f; = 1+

tanh(0.25z/1°) is a surface proximity function that decays with depth with a characteristic
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length scale

s ZpcLt 0z
IF= 5 S , (2.21)
/ w'u’ dz
ZpcLt 9

where |zpc +| is the deepest depth at which the CL vortex production (—w'u’ %) still
(LCB)
ij
closure designed to cancel the explicit dependence of K}, on the misalignment angle . A
(LCB)
if

remains positive. 11 is the balancing component of the rapid pressure-strain rate

detailed expression for I1 is provided in Harcourt (2015).

Note that the same boundary layer approximations have been applied in Egs. (2.20),
and the x-coordinate is still chosen to align with the surface wind stress, though the
surface wave direction may be misaligned. In the case of nonzero crosswind Stokes drift
0%, although crosswind stress w'v’ is zero, 99/9z is not necessarily zero because the flux

proportional to the Stokes shear must be compensated by that proportional to the Eulerian

shear [see Eq. (2.19)]. Thus, covariance w'v’, u'v’, v'' are retained in Egs. (2.20). In the
process of non-dimensionalization, the downwind and crosswind components of Stokes

shear can be scaled by introducing Stokes stability parameters

ou’ [ u
X . ] T
=Tt 5 /K\z\' (2.22a)
ou’ u
VY— _5.(% Y /=
n Z-(Ty X 5 )/K‘Z‘, (2.22b)

where T, is the unit vector in the direction of surface wind stress and 2 is the unit vector
of z coordinate. Note that #* shares the sign convention of forcing parameter ¢, not of

dimensionless shear ¢,,. Following the procedure in Appendix 2.C, equations (2.20) are



non-dimensionalized and reduced to

g% =Bl (¢, — ¢ — 1), (2.232)
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6A1+3A(1—-C * 7xe*
0 =g, [7 —C - (6 + ;ga 2 _ 9A;i73 ! } —'r, (2.23d)

where ¢, and ¢y, are dimensionless gradients of mean Eulerian velocity in the downwind
(1) and crosswind (v) directions, and the prefactor (1 — f7) has been absorbed into the
Stokes stability parameters in Egs. (2.23b-d), so that 7* = (1 — f2)n*, 7Y = (1 — f2)3Y.

In the surface layer, we use the classical mixing length argument that £* = ¢/x|z| = 1.
A more dynamical determination of the length scale will be discussed later in Section 2.3.3.
Making use of the same algorithm, we solve Egs. (2.23) to express ¢, as a function of (,
n*, 1Y, and f;. For situations when the wind and waves are aligned (y¥ = 0), a map of
the model-derived ¢, in ¢ and #* space (Figure 2.7a) with f; = 0.3, which is a typical
value of estimated f; from observations, shows this model predicts a smaller temperature
scaling ¢, than the classical super-equilibrium SMC (or MOST), when the Stokes drift
shear is in downwind direction (y* < 0). The reduction of ¢, generally increases as
the magnitude of #* gets larger, but the modification of ¢, by Langmuir turbulence
only seems to be significant when convection is weak. The smaller ¢, in this model is
physically related to the enhanced vertical TKE and the additional contribution to vertical
heat flux from horizontal heat flux [Egs. (2.20)d, (2.20)j], both due to the CL vortex force.
This model also predicts larger ¢, than the classical super-equilibrium SMC (or MOST)

when 7* > 0, implying intensified unstable thermal gradient when Stokes drift is in
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the opposite direction of the wind, however, this rarely occurs. Note that the model
prediction of ¢y, is also set by the surface proximity function, and such dependence of ¢y,
on f; when ¥ = —0.5 is demonstrated in Figure 2.7b. As the surface proximity function
effects a local redistribution between components of Reynolds stress production, higher
values normally decrease the contribution of the CL vortex production to the vertical
TKE and vertical fluxes, leading to a weaker reduction of ¢, by Langmuir turbulence.

Similarly, the model-derived ¢y, is sensitive to f] values in the weakly convective regime.

2.3.3 Comparison of model results with observations

The analyses of model behaviors under idealized forcing (Figure 2.6a and 2.7) clearly
show that both surface wave breaking and Langmuir turbulence can modify the temper-
ature scaling, and the temperature gradient is additionally regulated by wave forcing
parameters. As a further comparison with observations needs realistic wave forcing

parameters, we estimate them from available observations.

The calculation of ¢ assumes the roughness length scale zy = 0.6Hs (Terray et al.,
1996), where the coefficient 0.6 is admittedly uncertain, but the proportionality with
H; is supported by previous studies (Duncan, 1981; Zippel et al., 2018). Stokes stability
parameters #* and 7Y are specified by the vertical shear of Stokes drift according to
Egs. (2.22). The surface proximity function f; has a decay scale [° that is not easily
quantifiable. Hence in Eq. (2.21), we use a linear profile of momentum flux, w'u’ =
—u%(1+z/H), and assume a parabolic profile of length scale, ¢ = «|z|(1 +z/H), in the
OSBL. Typical values for I° are about 0.3 m and 0.7 m at OCSP and SPURS-], respectively,
generally smaller than the effective e-folding depth scale [approximately 0.14U%,/g, per
Harcourt and D’Asaro (2008)] of equilibrium waves.

The computed forcing parameters are laid out in Figure 2.6a and 2.7. On the { axis,
most of the data are in the forced convection regime, and the data from SPURS-I span a

wider range than OCSP. On the ¢ axis, measurements mostly occurred within a distance
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Kansas experiment (Businger et al., 1971) is displayed as the thick gray curve.
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of 7zp below the wave-breaking layer. Though highly scattered, linear relationships
with varying slopes (zg/L) between { and ¢ stand out prominently, owing to the nearly
constant Obukhov length L in unstable conditions. In general, OCSP has smaller zy/L
values than SPURS-I (Figure 2.6a). The Stokes drift shear is mostly in the destabilizing
downwind direction, indicated by negative #* and much smaller 7Y (not shown). Given a
similar depth for the shallowest sensor at both sites, the higher tip of SPURS-I data in
Figure 2.7b suggests relatively larger decay lengths for f; there.

Model predictions of ¢, in the case of wave breaking and Langmuir turbulence are
computed with realistic forcing parameters. The aggregated results are displayed in
Figure 2.8, together with the observations from Section 2.2. The “super-equilibrium” wave
breaking model basically gives ¢, similar to the Kansas curve, except at relatively small
|C|. This is consistent with the example given in Figure 2.6c, where ¢, are integrated to
show the difference between temperature profiles predicted by the “super-equilibrium”
wave breaking model and by MOST. The peak in the model-derived ¢, curve occurs
because the observed forcing parameters ({, ¢) go through a ridge in the ¢, contours
(Figure 2.7a). Different constants in the roughness length formula, from 0.3 to 1.2, have
been tested, yet the resulting ¢, curves have essentially the same shape, although the
location of inflection differs a bit. In all, it seems that the simplified wave-breaking model
predicts reduced ¢, only in near-surface region, where || is relatively small. Considering
the ¢, reduction is observed over a broader { range, there is insufficient evidence to
support the first hypothesis that surface wave breaking is the main cause of the observed

weak temperature gradients.

For the super-equilibrium Langmuir turbulence model, predictions generally follow
the trend of observations. At large ||, the model agrees well with observations, but as
|C| becomes smaller, its prediction gradually deviates from observations, shifting toward
the Kansas curve. Considering uncertainties in the estimate of the surface proximity
function, we test the model with 2 bounding values, o and 1, of f;. The test with f; =1,

effectively a super-equilibrium version of Kantha and Clayson (2004), gives almost the
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same prediction as the Kansas curve. On the other hand, the test with f; = 0, a slightly
modified super-equilibrium version of Harcourt (2013), gives result that roughly matches
observations, except some deviations at OCSP. These two tests enclose all the variations
of ¢, caused by the uncertainties of f; in this model. Their convergence at large negative
values of { is consistent with the fact that the variation of f; does not change ¢, much
at larger || (Figure 2.7b). In all, the simplified Langmuir turbulence model can predict
reduced ¢, over a { range similar to that observed, and makes robust ¢ predictions in
relatively strong unstable conditions. However, its predictions in relatively weak unstable

conditions are obscured by the uncertainties of the f; estimation.

Previous LES studies on Langmuir turbulence have reported near-surface turbulent
length scales different than «|z| (e.g., Harcourt, 2013). The fact that we prescribed ¢ = «|z|
in Egs. (2.23) may alter the super-equilibrium model’s predictive power, given that its
full version uses a prognostic equation to determine /. To further explore the possible
impact of varying ¢*, we add a g2/ equation to the super-equilibrium Langmuir model

[following Kantha and Clayson (2004)],

0 99207 —— 0l U’ o Eag’ Es?
&[q%/?] = E/( wu$)+E6€( wug)—FEsﬁ(zxng) B, [1+K2|Z|2]
(2.24)

This equation is solely patterned after the full TKE equation but with tendency and
advection terms omitted. On the right-hand side of Eq. (2.24) are shear production, CL
vortex production, buoyancy production (destruction) and dissipation of g2/, respectively.
A wall-proximity term with coefficient E, is traditionally lumped together with dissipation
to ensure ¢ = x|z| near a bounding surface (Mellor and Yamada, 1982). The term on the
left-hand side of Eq. (2.24) represents down-the-gradient diffusion of g2/, and it is not
negligible in the surface layer as ¢ varies with depth. This departure from strict super-
equilibrium assumptions is necessary to retain the law-of-the-wall asymptotic behavior
for vanishing Stokes drift when including the length scale equation (Kantha and Clayson,

2004). For the values of constants in Eq. (2.24), Mellor and Yamada (1982) recommended
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S¢ =02, Ey = E3 =18, E; =1, E4 = 1.33. Various values have been suggested for
E¢ (Kantha and Clayson, 2004; Carniel et al., 2005; Kantha et al., 2010), and Harcourt (2015)
settled at Es = 6. Applying the same scaling arguments as those in Section 2.3.2, we can

non-dimensionalize Eq. (2.24) to
—B1S4q™ (k0*)* = B10* (Expm — E3l — Een™) — Eaq™> (1 + Eol*?). (2.25)

Supplementing Egs. (2.23) with Eq. (2.25), we can solve for ¢, without invoking the
assumption for £*. While we retain the standard model constants following Mellor and
Yamada (1982), we find the resultant ¢, sensitive to the coefficient Eq that regulates the
CL vortex production of g?/. The suggested value (Es = 6) actually gives too small ¢,
over most of the observed ( range (Figure 2.9a and 2.9b), due to seemingly too large £*
overall (maximum is about 3). The optimal value of E4 that produces results most similar
to observations is about 2.5. In this simplified model, the necessity of using a E¢ different
than that of the full model (Harcourt, 2015) may be linked to the negligence of turbulence
transport in the TKE equation and the assumption of weak depth dependence of ¢ in the
g%¢ equation. Other possible reasons may be rooted in the closure assumptions for the
pressure-strain rate correlations, for which alternative formulations have been proposed
by Pearson et al. (2019).

With E¢ = 2.5, the corresponding ¢* variations produced by tuning for model-
observation agreement are shown in Figure 2.9c and 2.9d. When the Stokes drift shear
is downwind, the model predicts a length scale greater than x|z|, and the enhancement
of £* is more profound in weakly unstable conditions, with ¢* approaching 1.5 in nearly
neutral conditions. In strongly unstable conditions, the influence of Stokes drift declines,
and / reverts to the classical x|z| scaling. These are broadly consistent with the fact that
Langmuir cells are indeed large scale structures, and in line with the speculation that
vigorous convection out-competes Langmuir turbulence in strong cooling events (Li and
Fox-Kemper, 2017). Despite the empiricism involved here, the success of this enhanced

super-equilibrium Langmuir model in reproducing the mean scaling behavior of obser-
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vations, and the reasonable underlying length scale variations, both serve to increase
confidence in Langmuir turbulence as the major process responsible for reducing the
near-surface temperature gradients. Note that our results for Langmuir model generally
contradict previous findings from tuning model to LES solutions (Harcourt, 2013, 2015).
Here we need to either use fixed length scale (x|z|) and turn off surface proximity function
(f: = 0), or use dynamical determination of length scale with a different E4 constant and

retain default surface proximity function to achieve better consistency with observations.
2.4 Summary

In this study, we find that in the unstable oceanic surface layer, MOST fails to quantitatively
predict the mean thermal stratification from surface fluxes. Observations consistently
present temperature gradients smaller than those suggested by MOST. As the thermal
diffusivity K}, is related to the dimensionless temperature gradient ¢, through Eq. (2.4),
smaller ¢, also means larger Kj;, and more efficient vertical heat transport.

To further investigate the cause of the theory-observation discrepancies, two hypothe-
ses are considered. The first one attributes the weak temperature gradients to the effects
of surface wave breaking, while the second one considers Langmuir turbulence as the
major contributor. Although imperfect, PBL models that include the effects of surface
wave breaking (Craig and Banner, 1994) and Langmuir turbulence (Harcourt, 2015) are
taken to represent these two hypotheses, respectively. Each is tested in the framework of
super-equilibrium SMC (“level 2” in Mellor and Yamada, 1982), where model equations are
reduced to give predictions of ¢,. It appears that the simplified surface wave-breaking
model can only give results partially matching observations in weakly unstable conditions.
In contrast, predictions from the simplified Langmuir turbulence model are very similar
to observations across a broad stability range. When supplemented by a length scale
equation, the simplified Langmuir turbulence model can quantitatively reproduce the
mean scaling behavior of observations if a model constant in the length scale equation

is appropriately tuned. Hence we conclude first, that there is not enough evidence to
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support the surface wave breaking as the main cause of the weak temperature gradients
observed; second, that the observed weak temperature gradients are more likely due to
Langmuir turbulence.

We have evaluated several approaches to combine the wave breaking and Langmuir
turbulence parameterizations in one model, but none of these combined models gives
better results than the Langmuir model alone. However, it is of significant concern that
the down-gradient diffusion assumption for TKE flux that leads to the S; term in Eq. (2.13)
is of uncertain validity when the CL vortex force interacts with the elevated TKE from
wave breaking [see for example, Sullivan et al. (2007)]. These are issues that merit much
more detailed study.

In the end, we allow that the data here may be insufficient to constrain all of the
parameters in the models examined, and the conclusion of our hypotheses testing is by no
means definitive. However, a combination of the data shown here and other observations
will provide powerful constraints on models and theory designed to gain a physically

realistic and quantitatively predictive understanding of the upper ocean boundary layer.
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APPENDICES
Appendix 2.A  Stokes drift

The Stokes drift velocity in deep water (with dispersion relation w? = gk) is calculated by

integrating the directional surface wave spectrum S(f, A) (Kenyon, 1969),

uS(z):47t/000/_7;f-k-5(f,)t)-eZkZ-dAdf, (2.26)

where k = k-k = k- (—sinA - £ — cos A - 1) is the horizontal wavenumber of surface
waves; £, §J are unit vectors directing East and North; A is the direction the wave is coming
from (clockwise from true North); f and w are the wave frequency in hertz and radian.

The directional wave spectrum S(f, A) is estimated from archived records as
E 1
S(f,A) = % (E + a1 cos A + by sin A + ap cos 2A + by sin2/\>, (2.27)

in which a4, by, a,, by are the normalized coefficients of directional Fourier series, and
E(f) is the non-directional wave spectrum. Therefore, the east and north components of

the Stokes drift velocity are

3 IS
S g67'( /0 f?’E(f) . STf2/8 by - df, (2.28a)

3 ro0
0 g67T /0 f3E(f) S8 ay - df. (2.28b)

The resolved part of Stokes drift at OCSP (SPURS-I) is obtained by summing over the
range from 0.025 (0.0325) to 0.58 (0.485) Hz with frequency bandwidths varying from 0.005
(0.005) Hz at low frequencies to 0.01 (0.02) Hz at high frequencies. For the unresolved
part beyond cutoff frequency f., we use an analytical form that is consistent with the

Phillips spectrum (Harcourt and D’Asaro, 2008; Breivik et al., 2014),

Shf = S(fc,)\) ’ (f/fC)_Sr (2.29)
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in which the high-frequency tail is assumed to have the same directional distribution as

the last resolved band. Then we can write the contribution from the spectral tail as

S —1673f2
uys(z) = 2 /

e If?
) [ 7 —\/y_n-erfc(fc\/ﬁ)] -E(fec) - (bl(fc) R+ a1(fe) 37>/ (2.30)

with u = —87?z/g. The vertical shear of the Stokes drift is computed by adding the

vertical derivatives of the resolved part and the tail contribution, thus

0 :_1;? s /Ofc FE(f) -7 F8 by %+ a1 9) - df -
315 - 3
167;fc . 271t .erfC(fc\/ﬁ)-E(fc). (bl(fc)'£+al(fc)'?). (2.31)

Appendix 2.B  Calibration of salinity in SPURS-I data set

Although salinity profiles are not directly used to test the classical scaling, they are still
important in setting the upper ocean stratification. Unfortunately, salinity measurements
from the SPURS-I mooring have shown consistently unrealistic variations in the OSBL.
This is most evident during nighttime convection, as exampled by the raw profiles in
Figure 2.10. The upper ocean salinity variation is so large that it dominates the density
structure, while the nearly homogeneous temperature profile indicates that the convective
plume has resulted in a well-mixed layer. Therefore we think these salinity jumps are
probably due to bio-fouling or instrumental drift. To get a reasonable estimate of the
boundary layer depth, it is necessary to adjust the raw salinity profiles to make the
temperature-salinity structures consistent with expectations from convective mixing.
The method for salinity correction is to limit the range of salinity variation within
the convective layer, defined as the extent to which the temperature exceeds a 0.006 °C
difference from the averaged temperature in upper 3 m, while still preserving the profile
shape. Three steps are involved in this adjustment. First, the salinity offset for each sensor
in the convective layer is estimated once per night, in reference to the deepest, most well-

mixed temperature profile with no rain event in the past 3 hours. The maximum salinity
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drift curves.
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variation (relative to the mean) allowed in the convective layer, |AS

, is determined by
m

the ratio between the magnitude of near-surface salt and heat fluxes, i.e.,

A5 [@Slo]
A

, (2.32)

m, obs )w’G’!o

where | A6

; is the maximum of the measured temperature variation in the convective

AS

m, ob

layer. The ratio of the maximum allowed,

AS ‘m to the maximum measured,

m, obs’

is used to downscale the salinity variation within the convective layer (Figure 2.10). For
each sensor adjusted, the salinity offset is recorded. Second, to avoid over-correction, we
only use the slow-varying drift curves extracted from the time series of nightly offsets.
For sensors with adequate offset estimates, a 29-point median filter is used (Figure 2.11).
For sensors with only a few nightly offsets, a linear fit is used (not shown). Finally, to
ensure the continuity of corrections, we interpolate these drift curves to hourly intervals
before applying them to the raw salinity profiles. An example of the corrected salinity
profile and the resulting density profile is shown in Figure 2.10. The fact that almost all
of the individual offset estimates are within the + 0.03 g kg~! deviation bands of drift

curves indicates the calibrations are well-constrained.

Appendix 2.C  Similarity relations in the classical Second Moment Closure

Here we show that the surface layer similarity relations can be independently derived from
the classical super-equilibrium SMC (Kantha and Clayson, 1994), following the procedure
presented by Mellor (1973). A different derivation can be found in Cheng et al. (2002). To
simplify the presentation, we only consider the effect of potential temperature fluctuation
6’ on buoyancy, though an extension to include salinity can be made easily. After applying

the boundary layer approximations and directing the x-coordinate to the direction of
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(2.33a)
(2.33b)
(2.330)
(2.33d)
(2.33€)
(2.33f)
(2.338)

(2.33h)

In the above equations, g2 = u'u’ + v'v’ + w'w’ is twice the TKE; u', v’ and w’ are the three-

dimensional velocity fluctuations in Cartesian coordinate system x, y, z; ¢ is the turbulent

(master) length scale. Constants A; and C; were introduced in the approximations for the

slow return-to-isotropy, and the rapid distortion components of the pressure-strain rate

covariances, respectively (Rotta, 1951; Crow, 1968); constants Ay, C; and C3 come from

the approximations for the pressure-scalar gradient covariances (Mellor, 1973; Andrén and

Moeng, 1993; Moeng and Wyngaard, 1986; Launder, 1975); constants B; and B; originate

from the small-scale local isotropy hypothesis for the dissipation of TKE and temperature

variance, respectively (Kolmogorov, 1941). Standard values for these constants are listed

below:

(A1, As) = (092, 0.74);

(B1,
(Cll CZ/

By) = (16.6, 10.1);
Cs) = (0.08, 0.7, 0.2).

(2.34a)
(2.34b)
(2.34¢)
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In the surface layer, vertical fluxes of momentum and heat may be approximated by their

surface values, and other variables can be scaled accordingly:

(u?, 0, Q) = —(w'u!, W', w'd"), (2.35a)
0* = 0/x|z], (2.35b)
(w u*, v o*, wrw*) = (W'!, o'V, w'w')/u?, (2.35¢)
(972, wo™) = (¢°, W) /us, (235d)
06
0*0* = m’ (2.35€)
(u*0*, v*0*) = (W0, V'0')/Q, (2.35f)
_9u (2359)
Pm = - Kzl 358
90 /Q/u
(Ph - & K|Z| s (235h)
2| _ x|z[agQ .
(=7 =" (2350

With the scaling of variables defined above, the model equations can be non-dimensionalized

and reduced to

q° =B1l* (¢pm — ), (2.36a)
1 (6A1 +3Ax(1 — Ca))gt*
3hgl [f G- e }

—dn {3/12@6* / q*3] , (2.36b)

m =y, {7‘ — (6A1 + By(1— Cg))a*/q*ﬂ , (2.360)

wherer =1/3 —2A1/B;. The length scale (qzﬁ) equation is not included here, because for
the classical super-equilibrium SMC, the length scale equation can be simplified to give
0* = 1 (Kantha and Clayson, 2004). Therefore, by assuming ¢ = «|z| (i.e., £* = 1), one can
numerically solve Egs. (2.36) to express ¢, and ¢, as a function of ¢. These predictions of

dimensionless gradients are referred to as the “model intrinsic similarity relations” in
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this paper. Previous studies have shown that the prediction of ¢, in this classical SMC
matches the Kansas experimental data pretty well, especially under unstable conditions

(see Figure 2 of Kantha and Clayson, 1994).
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Chapter 3

SCALING NEAR-SURFACE OBSERVATIONS OF TURBULENT
VERTICAL VELOCITY IN THE OCEAN, PART I: SURFACE LAYER

Abstract

Conventional scaling of near-surface vertical velocity variance w? in the ocean relies on the
Monin-Obukhov similarity theory (MOST). Here we test this standard scaling approach
using measurements of vertical velocity made by neutrally buoyant Lagrangian floats.
These data cover a broad range of surface wind, wave, and buoyancy forcing conditions
with wind speeds ranging from 7 to 47 m s~!, significant wave heights from o to 10 m,
upward surface buoyancy fluxes from -4.2x10~7 to 1.6x10~7 W/kg, and boundary layer
depths from 12 to 1204 m. While MOST can predict the trend of w? variation with
the wind and buoyancy forcing, it fails to account for the large variability under the
same wind stress and surface buoyancy flux. Observations are typically higher than
the predictions of MOST by a factor varying from 1 to 3. This elevation of variance is
proportional to the strength of surface wave forcing, measured by the relative magnitude
of wave-induced Stokes drift to the stress-induced friction velocity. An improved scaling,
incorporating the local production due to Stokes drift shear with a correction for surface
proximity, reduces the mean absolute percentage error of w2 to 13%, a factor of 3 smaller
than that of MOST. Incorporation of this scaling into boundary layer parameterizations

based on MOST may make them more realistic.

3.1 Introduction

The ocean and atmosphere communicate through the boundary layers on both sides of

the air-sea interface. The dynamical evolution of these two layers directly controls the
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exchange of tracers that are important to the prediction of weather and climate. Our ability
to make such predictions relies on our understanding of the turbulent motions within
the boundary layer that advect, and diffuse or mix tracers throughout. Of all the three
directions of the boundary layer turbulence, the vertical motion has the most direct impact
on vertical fluxes that govern the boundary layer dynamics through flux divergence, while
the mean properties and turbulence of the boundary layer are assumed homogeneous in
horizontal directions. In this one-dimensional approximation, the vertical velocity is an
important measure of the vertical mixing strength and is widely used to parameterize the
vertical eddy diffusivity (Large et al., 1994; Reichl and Hallberg, 2018; Allouche et al., 2022).
Measurements of the turbulent vertical velocity are usually presented as the variance
w? to represent its kinetic energy level. Observations of w? are valuable in testing and
refining the various scaling relationships that underpin the vertical eddy diffusivity in

boundary layer models.

The ocean surface boundary layer (OSBL) is relatively less understood compared to
the atmospheric boundary layer (ABL). Many existing models of the OSBL (Mellor and
Yamada, 1982; Large et al., 1994; Kantha and Clayson, 1994; Reichl and Hallberg, 2018) are
constructed using empirical scaling relationships in the ABL. Here we focus on the scaling
of vertical velocity in the near-surface, upper 20% of the boundary layer, referred to as
the surface layer. In the atmospheric surface layer (ASL), observations and large eddy
simulations (LES) have shown that the w? profiles closely follow scaling based on the
Monin-Obukhov similarity theory (MOST) under destabilizing conditions (Panofsky et al.,
1977; Wilson, 2008; Maronga and Reuder, 2017); and are also consistent with the z-less
scaling, an asymptote of MOST in the stratified regime, up to moderately stabilizing
conditions (Wyngaard and Coté, 1972; Sorbjan, 1986; Grachev et al., 2013). The formulation
of the surface layer scaling is introduced later in Section 3.3.

Neither of these two surface layer scaling relationships for w? has been formally
tested using ocean measurements, but contemporary studies have demonstrated that the

corresponding ABL scaling for the neutral and boundary layer-averaged, bulk vertical
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velocity variance (w?) does not generally hold for the OSBL. Using neutrally buoyant
Lagrangian float data and ignoring weak buoyancy forcing, D’Asaro (2001) reported 75%
~ 100% higher vertical velocity variance in the ocean mixed layer than in laboratory
solid-wall boundary layers. This enhancement was in agreement with LES-modeled
elevated levels of (w?) in “Langmuir turbulence” (Skyllingstad and Denbo, 1995; McWilliams
et al., 1997), due to the generation of Langmuir circulation within the OSBL by the
interaction between vorticity and the Stokes drift of surface gravity waves (Craik and
Leibovich, 1976), or equivalently, by the Stokes shear force (Suzuki and Fox-Kemper, 2016).
This theory was confirmed in subsequent quantitative comparisons between boundary
layer averaged Lagrangian float measurements and LES-derived scaling relationships
for <E> in Langmuir turbulence (Harcourt and D’Asaro, 2008), and through comparisons
of (w?) measurements between fully developed open ocean seas and fetch-limited lake
environments with reduced Stokes drift (D’Asaro et al., 2014a). However, these studies
did not mention how the enhancement due to Langmuir turbulence would vary in non-
neutral conditions and with depth. Given that the buoyancy forcing plays a primary
role in regulating the boundary layer evolution and that model results are sensitive to
the vertical structure of mixing (Reichl et al., 2016), it is rewarding to further explore the
depth-dependent scaling of vertical velocity variance under a wide range of buoyancy
forcing conditions. Conventionally, the depth-dependency and the buoyancy effect are
discussed in the context of surface layer scaling and boundary layer scaling. In this
Chapter, we concentrate on the scaling of surface layer w2. The scaling of w? in the entire

boundary layer is discussed in Chapter 4.
3.2 Data and method

Five sets of observational data with auxiliary reanalysis products and model simulations
are used in this study to test the surface layer scaling of the vertical velocity variance in
the ocean. Three of them were collected at the ocean climate station Papa (50°N, 145°W)

during the winter and spring of 2011, the late summer of 2012; and at Lake Washington
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near Seattle during the fall of 2012. These three are the same data sets used by (D’Asaro
et al., 2014a). Additional data sets include the Labrador Sea Deep Convection Experiment
(Marshall et al., 1998) data collected in the deeply ventilated southwest half of the basin
during two consecutive winters (1997-1998), and the data collected under typhoon Fanapi
(September 2010) in the Impact of Typhoons on the Ocean in the Pacific (ITOP) field
campaign D’Asaro et al. (2014b). The second year of the Labrador Sea data is omitted due
to the substantial influence of lateral heat flux divergence inferred from estimates of the
one-dimensional heat budget (see Appendix 3.A). This lateral effect is also evidenced by
the observed intensification of submesoscale eddy activities in 1998 (Steffen and D’ Asaro,
2004). The selected data sets cover a wide range of wind forcing, buoyancy forcing, and
wave forcing conditions (Figure 3.1), but because float measurement is more accurate
when the turbulence is stronger, they unavoidably only represent the strongly-forced half

of the global upper ocean.

3.2.1  Vertical velocity

Lagrangian float data is the major component of each observation set. A few variants of
the float are used in different experiments, a notable example is the Deep Lagrangian Float
(DLF) in the deep convection experiment (Steffen and D’ Asaro, 2002), but the operation
principle is nearly identical and hence has no impact on the computed velocity. The float
is designed to follow the three-dimensional motion of surrounding water parcels within
the boundary layer, by maintaining nearly neutral buoyancy and by having a high drag
(D’Asaro et al., 1996; D’Asaro, 2003a). These floats are about 1 m in size, and record depth
using one or several onboard pressure sensors sampling at 1 Hz (DLF samples pressure
every 5 minutes). The fluid vertical velocity is measured from the rate of change of the
pressure by assuming negligible relative motion between the float and the ambient water.
The sampling frequency is adequate to resolve the inertial sub-range of the Lagrangian

velocity spectrum (Lien et al., 1998). This approach filters out the much larger surface
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wave orbital velocity as waves have a negligible effect on the pressure along a Lagrangian
trajectory (D’Asaro, 2015). The assumption of no relative motion is not always valid and
depends on the quality of the float buoyancy calibration, so the float can be imperfectly
Lagrangian at times. Circumstances with anomalous float buoyancy are identified and
removed (see Appendix 3.B), and the buoyancy-induced errors for w;,;s = Vw2 in other
cases are estimated to be less than 5% (D’Asaro et al., 2014a). The finite size of the float
also causes an underestimate of the true velocity as the float only tracks motions of scale
larger than itself and averages the effect of smaller eddies. This bias is corrected by fitting
the measured Lagrangian vertical acceleration spectrum to a universal spectral model
(Lien et al., 1998) and adding the theoretical value of missed variance to the computed
vertical velocity variance (see Appendix 3.C). More details about the velocity calculation

and processing are included in the supporting information Appendix 3.B.

3.2.2  Depth-dependent velocity variance

Previous estimates (D’Asaro et al., 2014a) of bulk variance <E) are obtained by averaging
w? along the drifting trajectory over intervals longer than the overturning time of the
boundary layer 1/ wy;s, where h is the boundary layer depth, so each value is statistically
independent. This method also assumes the float uniformly samples the boundary layer
across depths, so the mean in each interval is essentially a layer average. Here, to obtain
variance profiles, a different method is used. For every quality-controlled Lagrangian
drift, w from the center difference of p over two sampling intervals are low-passed,
and w? are averaged in each 1 m (5 m for DLF) and 1 hour bin that the float passes
through. Weighted averages are then computed from the binned w?, each with a weight
(or degree of freedom) estimated as nAt/T, where n is the number of data in each bin,
At is the sampling period, and T = 21/ w,s is the time scale for a round trip overturn
averaged over the entire experiment. The boundary layer depth at station Papa and Lake

Washington are computed from a bulk Richardson number criteria using one-dimensional
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KPP (Griffies et al., 2015) simulations forced by realistic forcing; for other cases, h is
estimated from the float drifting trajectory (see Appendix 3.D). The results of the vertical

velocity variance scaling are not sensitive to marginal errors in the estimates of .

3.2.3 Air-sea fluxes

As in D’Asaro et al. (2014a), surface fluxes of momentum, heat, and freshwater at station
Papa and Lake Washington are estimated from buoy measurements of surface meteoro-
logical conditions, using the Coupled Ocean-Atmosphere Response Experiment (COARE)
3.0 formulae (Fairall et al., 2003). Errors associated with the bulk estimates are discussed
in D’Asaro et al. (2014a).

Although there are accompanying shipboard meteorological measurements in the
deep convection experiment, the floats are not always close to the ship track (Figure 3.5).
Given the considerable spatial variation of fluxes at scales comparable to the distance
between floats and the ship, we use the hourly ERA5 surface reanalysis product (Hersbach
et al., 2020). A correction of the ERA5 turbulent fluxes is applied to achieve a better match
with the shipboard observations (see Appendix 3.E).

Air-sea fluxes under tropical cyclones are highly variable (Sroka and Emanuel, 2021) and
the current parameterization in the bulk formulae is less reliable in the high wind regime.
For that, we adopt the Hsu et al. (2019) drag coefficient results for typhoon Fanapi and their
reconstructed wind fields to compute the surface stress at Lagrangian float positions. Their
drag coefficient values are estimated from the storm-forced response of the horizontal
velocity by assuming a linear momentum budget in the upper 100 m (Sanford et al., 2011;
Hsu et al., 2017). The horizontal velocity is measured by the Electromagnetic Autonomous
Profiling Explorer (EM-APEX) floats, which are air-deployed along with the Lagrangian
floats used here. A slightly different analysis of the same EM-APEX float data yields
similar results (Zhou et al., 2022). In this mechanical forcing-dominated boundary layer,

the impact of surface buoyancy flux on w? is relatively small. Nevertheless, we use the
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heat and freshwater fluxes of the ERA5 reanalysis and adjust the sensible and latent
heat flux to match the storm-averaged values from observations (Lin et al., 2013). Details
of the flux calculation for typhoon Fanapi are included in the supporting information

Appendix 3.F.

3.2.4 Surface waves

Nearby Waverider buoys at station Papa and Lake Washington provide half-hourly
measurements of directional surface wave spectrum to compute the Stokes drift profile
and its vertical shear. No direct measurements of surface waves are available for the
Labrador Sea and typhoon Fanapi case. We instead use the ERA5 reanalysis wave spectra
(Hersbach et al., 2020) and a WaveWatch III model output forced by typhoon Fanapi wind
tield (Zhou et al., 2022). The Stokes drift and its shear are projected to the direction of
surface wind stress, which is the same as the direction of the wind vector except in
typhoon Fanapi (Hsu et al., 2019). For the purpose of specifying surface wave forcing,
only the downwind component is used. Details of the calculation are presented in the

supporting information Appendix 3.G.

3.3 Scaling framework

3.3.1 The conventional approach

The surface layer Monin-Obukhov similarity theory (MOST) considers flow properties in
a horizontally homogeneous, quasi-steady, wall-bounded turbulent surface layer, in which
the turbulent eddies grow larger as they move away from the surface. This turbulent
flow is driven by a combination of the stress (u2) and buoyancy flux (Bp) imposed at
the surface and can be well characterized by the local ratio of the neutral Eulerian shear
production (ESP,, the shear production it would have if there were no buoyancy effect)
and the buoyancy flux (BF) in the turbulent kinetic energy (TKE) budget. As a result,

most flow properties in the surface layer, such as the vertical gradient of mean velocity
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and scalar, and the turbulent velocity and scalar variances, when properly normalized

according to Buckingham'’s Pi theorem, are universal functions of the local production
ratio (—(), e.g.,

w? _ —ByG(z) z|

Pww = w2 =f(@), -C= 3G /xlz] =1’ (3.1)

where the turbulent stress and the buoyancy flux are assumed to have the same vertical
structure G(z), which is usually a linear decay from the surface value to zero at the
boundary layer depth, or even uniform with depth using a constant-flux layer assumption,
x = 0.4 is the von Karman constant, L = —u2/xBj is the Obukhov length that defines
the depth where the neutral Eulerian shear production equals the buoyancy flux. This
local production ratio is also known as the Monin-Obukhov stability parameter (7) as it
separates the destabilizing and stabilization conditions. The exact form of the universal
function f({) is not predicted by MOST and has to be determined from measurements.
However, MOST does predict the asymptotic behavior of these functions. In the very
unstable regime ({ < —1), ¢pupw ~ (—¢ )2/3 (local free convection scaling). In the very
stable regime ({ > 1), vertical motion is suppressed by stratification, and turbulence
becomes decoupled from the surface, thus |z| is no longer relevant in the scaling, and ¢y,
stays constant (z-less scaling). Analysis of Sorbjan (1986) suggests a maximum value for
¢ww of about 2.5 in stabilized conditions. To compare with the ocean w? measurements,

we adopt the following universal function for vertical velocity variance

1—-450)%3, 7<0
fast(C) = ( ) ‘ (3-2)
1, >0

The empirical formula for { < 0 is from Wilson (2008). It agrees with the LES results of
Maronga and Reuder (2017) and approaches the local free convection scaling as { — —oo.
The function for { > 0 is generally considered to be a constant (Grachev et al., 2015) and 1
is used here to ensure continuity across the neutral condition. Other functions have also

been proposed to fit various measurements of w? in the ASL. These are represented by
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the gray shading in Figure 3.2, with the upper bound from Panofsky et al. (1977) and the

lower bound from an alternative formula proposed by Wilson (2008).

3.3.2 An extension for Langmuir turbulence

This conventional scaling framework is not sufficient for Langmuir turbulence. The
turbulent flow associated with Langmuir circulation is more energetic, especially in the
vertical, due to additional kinetic energy input from the work of Stokes shear force
(Suzuki and Fox-Kemper, 2016) or vortex force (Craik and Leibovich, 1976). Therefore the
flow property in the Langmuir surface layer is likely regulated by all three source terms

of the TKE budget.

Previous studies (Belcher et al., 2012) have found that the bulk turbulence quantity
of the OSBL can be effectively parameterized in a regime diagram consisting of two
axes, one representing the bulk ratio of the buoyancy flux to the Stokes shear production
(SSP), the other representing the bulk ratio of the neutral Eulerian shear production to
the Stokes shear production. Following the same strategy, an intuitive extension to the
conventional surface layer scaling framework is to consider two local TKE production
ratios, one between the buoyancy flux and the Stokes shear production, and another
between the neutral Eulerian shear production and the Stokes shear production. Here the
conventional form of the neutral Eulerian shear production [u2G(z)/x|z|] is retained for
simplicity and consistency, although its reduction relative to the no-wave case is often
seen in both observations and numerical simulations of Langmuir turbulence (Feddersen
et al., 2007; Large et al., 2019). Similar to that of Belcher et al. (2012), a regime diagram for
the surface layer scaling (Figure 3.1) can be constructed, with the horizontal and vertical
axis defined by ESP,/SSP and BF /SSP, respectively. This regime diagram uses the local
production ratio, rather than a scaling measure of the bulk ratio of productions. Lines of

constant slopes in this diagram represent the Monin-Obukhov stability parameter {. The
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Figure 3.1: Turbulence regime diagrams for surface layer scaling under conditions of (a) destabilizing and
(b) stabilizing surface buoyancy flux. The horizontal (vertical) axis is the local ratio of neutral Eulerian
shear production ESP, (buoyancy flux BF) to Stokes shear production SSP. Background colors show the
fraction (50% ~ 100%) of SSP (white to orange), |BF| (white to purple, white to gray), and ESP, (white to
green) in the total local production (Equation 3.3). Thick black lines mark where each term contributes
50% to the total production. The gray line marks where the local production equals the suppression due to
stabilizing buoyancy flux. Slanted dash lines show contours of the Monin-Obukhov stability parameter
{ = —BF/ESP,. The parameter space covered by the observational data is shown by the colored dots,
assuming G(z) =1+z/h.



total local production of TKE (P) is

- BF ESP,
P =SSP (1 + SSPp + ¢meSS—P>, (3-3)

where ¢, and X, are non-dimensional functions representing the effect of buoyancy
flux and Langmuir turbulence on the Eulerian shear. With the empirical function ¢y,
from Large et al. (1994), and X, from Large et al. (2019), the fraction of P contributed by
each production mechanism is shown by the background colors in Figure 3.1. Corners
encompassed by the 50% contribution line define regions where the Langmuir, convective,
and shear turbulence dominates the TKE production.

By analogy to MOST, non-dimensional flow properties in this system should depend
on two local production ratios. For consistency, in addition to the conventional parameter

¢, we introduce a Stokes production ratio,

ou’ / uy
7 = SSP/ESP, = —— Az’ (3-4)

where 0du°/0z is the vertical shear of Stokes drift #°. Similar to the local free convection
limit, when the Stokes shear production dominates the TKE production, we expect an

asymptotic scaling ¢ ~ 72/3. The skill of this new scaling parameter 7 is tested in

Section 3.4.2.
3.4 Results

3.4.1 The dependence on wind and buoyancy forcing

Measurements of vertical velocity variance in the surface layer are normalized by u2
and are shown as bin averages in the { coordinate (Figure 3.2). Similar to the results
of D’Asaro et al. (2014a), the lake values are lower than open ocean values at station
Papa, regardless of any processing details (Figure 3.9). The conventional Monin-Obukhov
scaling is able to predict the tendency of ¢, variation with stability conditions. The

overall mean of all data rises as convection gets stronger in destabilizing conditions, and
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Figure 3.2: Conventional surface layer scaling of the vertical velocity variance (w?). Lagrangian float
measurements are averaged in bins of approximately the same degrees of freedom (~5), and placed at
the median values of {. Color shadings of observations and vertical error bars show the 95% bootstrap
confidence intervals of the mean and horizontal error bars show the lower and upper quartiles of . A
commonly used empirical function fas;({) (Wilson, 2008) is given as the gray line and the gray shading
shows the variation of a few other variants (see main text). The black dash line is the z-less limit in very
stable conditions (Sorbjan, 1986). The orange curve is the equivalence of the turbulent velocity scales used

in the KPP model (Large et al., 1994)

flattens, approaching the z-less limit in stabilizing conditions. This suggests that the
buoyancy effect on vertical turbulence intensity remains about the same in the oceanic

surface layer.

However, there is a large amount of unexplained variability among these data sets,
which we think is due to the diverse contribution of wave forcing at different environments
(Section 3.4.2). The comparison with a commonly used universal function for ¢y
(Equation 3.2) and a few variants of it shows different levels of agreement. The lake data
are consistent with the ASL results, but about 30% lower if we don’t correct for the float
size effect (Figure 3.9). The Labrador Sea data match the ASL results better if we use the
corrected ERA5 surface fluxes, but the agreement is still solid if no correction is applied

(Figure 3.9). Data from station Papa and typhoon Fanapi are higher than the ASL results
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in both destabilizing and stabilizing conditions, by a factor varying between 1 and 3.
Even though the variance increase is less prominent if we don’t account for the float size
effect, the higher values for { < —0.2 remains significant (Figure 3.9). Overall, predictions
based on the Monin-Obukhov scaling have a mean absolute percentage error of about
39%. Since there is no doubt that the finite float size would cause a low bias in measured
variance, we conclude that the conventional scaling based on the wind and buoyancy
forcing is not enough to capture the major variability of w? in the oceanic surface layer
and hence parameterizations built on this conventional scaling would underestimate the

mixing near the surface.

3.4.2  The dependence on wave forcing

To further investigate the deviations of ¢, from the conventional scaling, we normalize
the dimensionless w? in Figure 3.2 by the empirical formula f4s; from ASL to remove the
effects of wind and buoyancy forcing. If one suspects that the Langmuir turbulence affects
the surface layer scaling, it is perhaps most straightforward to explore the dependence of
these ¢y deviations on Langmuir numbers, which have been proven quite useful in the
bulk (ﬁ> scaling (Harcourt and D’Asaro, 2008; Van Roekel et al., 2012; Reichl et al., 2016). Two
variants of the Langmuir number are considered here. The turbulent Langmuir number
La; uses the ratio of the friction velocity u, to the surface Stokes drift velocity uj as a proxy
for the strength of Langmuir turbulence, while the surface layer Langmuir number Lagr,
replaces uj with the surface layer averaged Stokes drift referenced to the Stokes drift near
the boundary layer depth [u®(—0.765h)] to emphasize the average effect of a spectrum
of waves with different decay depth. Figure 3.3a and 3.3b show the ¢, deviations as
a function of the turbulent Langmuir number and the surface layer Langmuir number,
respectively. Although it is very clear that these deviations increase as the wave forcing
becomes stronger relative to the wind forcing, neither form of the Langmuir number can

adequately characterize the variation of enhanced ¢y. The turbulent Langmuir number
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scaling has a small scatter overall, but it fails for the Labrador Sea data. This is because
the wintertime boundary layer at the deep convection site is extremely deep (820 m on
average), even though the surface waves can be quite big during storms, the Stokes drift
decays rapidly in the upper 10 m and contributes less to the turbulence in the entire
surface layer of thickness about 164 m. This limitation of La; can be remedied by using
the surface layer Langmuir number that averages the near-surface Stokes drift out to a
small number for deep surface layers, but the Las; scaling only poorly collapses the data
from different environments, with a root mean square error (RMSE) about 0.09. This
is actually not surprising, since the surface layer Langmuir number effectively uses a
turbulent length scale-weighted averaged Stokes shear over the boundary layer (Kukulka
and Harcourt, 2017). Given its physical basis on the boundary-layer averaged balance
between the Stokes shear production and the TKE dissipation, Las; works very well in
scaling the mean vertical velocity variance of the entire boundary layer. But it would not
necessarily perform well here as the surface layer scaling considers vertical variation and

is strongly affected local dynamics.

One alternative to the Langmuir numbers that can be used to describe the wave forcing
but also contains local information is the Stokes shear production ratio # introduced in
Section 3.3.2. We compute this parameter using the Stokes shear profile and assume a
linear decay of the turbulent stress and buoyancy flux profile. Figure 3.3c shows the ¢y
deviations as a function of the SSP ratio. It has hardly any merit over the Langmuir
number scaling. The variation of ¢, deviation is not monotonic as # increases, a peak
occurs around 1 = 0.6.

This non-monotonic behavior is maybe physically related to the non-local effects of
Langmuir turbulence. First, the turbulent transport of vertical TKE is significant in the
presence of Langmuir turbulence (Polton and Belcher, 2007; Grant and Belcher, 2009; Kukulka
et al., 2010, 2012). Near the surface, a large portion of the locally produced vertical TKE is
carried by the large-scale downwelling plumes of Langmuir turbulence to the lower part

of the OSBL, leading to smaller w? in the surface layer. Another possibility is that, near the
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the fitting parameter.
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surface, pressure—strain correlations can “block” the near-surface Stokes production of w?
along the downwind jet and redirect it anisotropically into the crosswind component as
fluid is pulled into the counter-rotating vortices of Langmuir cells. Such a mechanism has
been recognized (Pearson et al., 2019) and parameterized in the turbulence closure model
of Harcourt (2015). To incorporate the non-local effects on the surface layer scaling of w?,
we assume the non-local terms, including the turbulent transport and the pressure-strain
correlations, decay with depth and are proportional to the local Stokes shear production.
These are represented in the effective Stokes shear production (SSP) ratio 7, = (1 — f3) - 7,
where f7 = 1+ tanh(cj - z/1°) is a surface proximity function (Harcourt, 2015) that models
the fraction of the redirected or transported SSP, the decay length scale I° is the mean
turbulent length scale weighted by positive SSP in the boundary layer, and ¢j is a constant.
Note that Harcourt (2015) sets ¢; = 1/4, but we find a smaller value ¢j = 1/24 is needed
to rearrange the data in Figure 3.3c to a monotonic trend. Figure 3.3d shows the ¢y
deviations as a function of the effective SSP ratio. With a simple power law fit, the scaling
based on the effective SSP ratio reduces the mean absolute percentage error down to 13%
with an RMSE of about 0.04. It appears that 7, can scale the enhanced ¢, much better

than 7, and perhaps more skillful than either form of the Langmuir number tested here.
3.5 Summary

Five sets of Lagrangian float measurements of vertical velocity are used to investigate the
depth-dependent scaling in the oceanic surface layer. These data show that they scale with
the wind and buoyancy forcing, similarly as they do in the atmospheric or wall-bounded
surface layer. However, a large degree of variability above this traditional prediction
appears attributable to the presence of surface waves, as for the bulk average of w? over
the entire boundary layer. The measured surface layer w? deviates from the conventional
scaling by a factor varying between 1 and 3 and proportional to the magnitude of surface
wave forcing. The enhancement of w? in the surface layer can not be sufficiently scaled

by either the turbulent Langmuir number or the surface layer Langmuir number. Local
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analysis of the TKE budget for Langmuir turbulence suggests that the ratio of Stokes
shear production to the neutral Eulerian shear production should be the additional scaling
parameter to consider. However, a scaling approach based on the local production ratios
does not work well unless the suppression of Stoke shear production with proximity to

the surface is incorporated.
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APPENDICES
Appendix 3.A Lateral restratification effects in the Labrador Sea 1998 data

The Labrador Sea vertical velocity data collected in 1998 are excluded from the one-
dimensional scaling analysis, because the boundary layer turbulence is strongly sup-
pressed by the restratification due to baroclinic eddies formed as a result of sharp
horizontal density gradients. The contribution of lateral heat flux divergence is estimated
by computing the 1-D heat budget using float measurements of temperature (D"Asaro,
2003b, 2004). In 1997, the lateral heat flux divergence is less than 10% of those in the
vertical, while in 1998, the lateral heat flux divergence is about the same as the vertical

heat flux divergence.

Appendix 3.B From float trajectory to vertical velocity

At all four different experimental locations considered, turbulent vertical velocities in the
ocean surface boundary layer (OSBL) are measured by the neutrally-buoyant Lagrangian
floats. A typical float mission cycles between a downward profile to below the boundary
layer, a ballasting segment during which the float settles on an isopycnal and thereby
measures its own density, an upward profile back into the boundary layer, a Lagrangian
drift during which the float continuously matched its density to that of the surrounding
water, and a surfacing during which the float transmitted data and received commands via
Iridium (D’Asaro et al., 2014a). The length of one drift is about 18 hours for measurements
at station Papa and under typhoon Fanapi, and about 2 ~ 3 times shorter at Lake
Washington. The float mission at the Labrador Sea was different. The floats were
programmed to drift continuously for about two months after the initial one-week

ballasting.
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All measurements of pressure p are first corrected for atmospheric pressure variations
and calibration offsets. The drifting pressure segment is also trimmed to remove pieces
where the float is still adjusting the mode switch, and pieces where the float is trapped
near the surface or the bottom of the boundary layer. Numerical simulations of imperfect

tloats (Harcourt and D’Asaro, 2010) have suggested that the skewness of the pressure

[Sp, = (p—P)3/((p—P)?)>/?] is a good predictor of the excess float buoyancy that can
bias the computed boundary layer depth low, the vertical velocity variance high, and
the vertical velocity skewness high. Therefore, periods of Lagrangian drift are filtered
by requiring the magnitude of the pressure skewness to remain below 1. Drifts shorter
than 3 hours are not used. Float-measured pressure is converted to depth and the vertical
velocity is computed from the centered difference of the depth variation. To suppress the
instrumental noise, these raw vertical velocities are further filtered by a 5-point running
median filter, and by a second-order Butterworth filter with a cutoff frequency of o.1

rad s~ applied forward and backward across each Lagrangian drift (D’Asaro et al., 2014a).

Appendix 3.C Float size correction

Because the size of the float is larger than the smallest eddy in the OSBL, the bulk variance

2

wrmsF

of the float-measured vertical velocity from Appendix 3.B underestimates the total
variance. This float size effect can be modeled by a universal spectrum of Lagrangian

vertical acceleration (Lien et al., 1998)

14 (2.2%)4] .

where w is the angular frequency in radians, € is the dissipation rate of the turbulent

—0.8
®L (w) = 1.8¢ 1+ (0.63i>2] , (3.5)

wr,

kinetic energy, wy is the large eddy frequency, and w; = ((—:LJ72)1/ 3 is the float size
frequency with L the half-length of the float, 0.33 m for the Labrador Sea floats and
0.46 m for other floats. Following the method of D’Asaro et al. (2014a), we fit the

model spectrum to the Lagrangian acceleration spectrum estimated from each drift
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Figure 3.4: Scaling of the float size correction. The ratio w,,sc/wmsp of float rms vertical velocity
corrected for the float’s finite size to the uncorrected value scales with the non-dimensional vertical
velocity wyysp(wr - L f)’l with a standard deviation of 0.006. The cubic polynomial fit used in this study is

—0.355x + 0.706x% + 0.021x + 1, where x = wp - Lg/Wepsr.
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segment. For the Labrador Sea data, the spectrum is estimated from each 3.56-day

2 —

segment. The missing variance due to the finite float size is estimated as dwy,,; =

[ w2t

Ly-dw— [w™2®L - dw, where ®L , is the model spectrum with wp and € from

aa0
2

the fit but setting Ly = 0. The corrected bulk variance is wy, .- = w2+ ow?,,. Using
the data from station Papa and Lake Washington, D’Asaro et al. (2014a) found that the
fractional correction wfmsc/ w%ms ¢ is a universal function (their Figure S12) of the non-
dimensional vertical velocity (eL f)l/ 3 /Wy msr. However, their empirical formula does not
approach 1 in the limit of float size Ly = 0. Here we add two more data sets from typhoon
Fanapi and the Labrador Sea and update the polynomial fit to give a better empirical
formula (Figure 3.4). The new scaling of the float size correction is applied uniformly in

depth to correct the vertical velocity variance in each drift.
Appendix 3.D Boundary layer depth

The boundary layer depth h, defined as the extent to which the boundary layer eddies
can penetrate in the vertical, is determined using the bulk Richardson criteria Large
et al. (1994). At station Papa and Lake Washington, the calculation is done internally
within the one-dimensional KPP (Griffies et al., 2015) simulation that is initialized from the
float-measured temperature and salinity profile before each drift, and forced by surface
fluxes from the nearby buoy measurements. The horizontal velocity in the single-column
simulation is damped by a relaxation to zero on a 5-day time scale to represent the transfer
of inertial energy to the ocean interior (D’Asaro, 1985) and avoid the build-up of strong
inertial current shear (Li ef al., 2019).

For the other two locations, the boundary layer depth is approximated by a mixing
depth describing the extent to which mixing is actively occurring. In the mixing layer,
Lagrangian particles are uniformly distributed in the vertical and their mean depth is
half of the mixing depth. Assuming the float samples the boundary layer uniformly, we
estimate the mixing depth from the weighted moving mean of drifting pressure within a

Hann window that is 20 times longer than the overturning time scale 1/ w;;s. Since the
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Figure 3.5: Ship tracks (dash lines) and float tracks (dots) in the Labrador Sea deep convection experiment
(1997: blue; 1998: orange). The background color and thin lines in (a) show the bathymetry and isobaths of
500, 1500, and 2500 m. (b) Zoomed in view of various trajectories overlaid on the mean February surface

heat flux map of 1997.

window width depends on £, the calculation is done recursively with some initial guesses
of h and w5 (D’Asaro et al., 2014a). The results usually converge within a few iterations.
For the Labrador Sea case, estimates of I are averaged across all floats. In the end, the
boundary layer depth is further low-passed with a cut-off frequency of 72 hours for the

Labrador Sea data and 12 hours for the rest.

Appendix 3.E Air-sea fluxes: Labrador Sea

Hourly surface fluxes from the ERA5 reanalysis (Hersbach et al., 2020) are linearly in-
terpolated to float positions (Figure 3.5), which are determined by acoustical tracking
(Steffen and D’ Asaro, 2002). But not all of them (4 of the 13 returning floats in 1997) were

successfully tracked. For floats with no horizontal track, we use the mean horizontal
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Figure 3.6: Corrections of ERA5 (a) surface stress 7, (b) sensible heat flux Qg, and (c) latent heat flux Q; in
the 1997 Labrador Sea data set. Orange curves are least-square fits based on selected data (blue dots). Data
in the marginal ice zone (gray dots) are not used for fitting. The bottom histograms in each panel show the

probability distribution function of corresponding ERA5 fluxes interpolated to float trajectories.

positions of other tracked floats, but only before they diverged by a distance more than

half of the horizontal resolution (0.25 degree) of the ERA5 flux field.

The ERAj5 surface fluxes are also linearly interpolated to ship positions. The com-
parison between ERA5-interpolated fluxes and bulk fluxes calculated from shipboard
observations using COARE 3.0 indicates that ERA5 fluxes are generally consistent with
observations but the turbulent fluxes of momentum, sensible and latent heat are often
biased high at high winds (Figure 3.6). This difference is largely consistent with a recent
evaluation of the ERA5 reanalysis in similar subpolar regions around the Iceland and
Greenland Seas (Renfrew et al., 2021). Therefore we adjust the ERA5 turbulent fluxes using
least-square fits of the bias (ERA5 - shipboard observation) after the interpolation to
float trajectories. This correction assumes the ERA5 high wind bias only depends on the
original ERA5 flux and the dependence does not vary spatially on spatial scales typical of

ship-float distances.
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Figure 3.7: Map of Typhoon Fanapi surface wind field and Lagrangian float trajectories (black lines) when
the storm arrives at the float locations. Gray contour lines correspond to wind speed from 20 to 45 m s~?,
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from east to west. Open circles indicate the positions of floats and the storm center when the wind speeds
at float locations first become larger than 25 m s~!. Filled circles are the corresponding locations when the

storm arrives.
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Appendix 3.F Air-sea fluxes: typhoon Fanapi

Four Lagrangian floats are deployed under typhoon Fanapi (2010), their horizontal
positions (Figure 3.7) are recorded from GPS fixes at the time of deployment, at the one
storm surfacing, and after the storm has passed. Interpolation between these is done by
integrating the nearby Electromagnetic Autonomous Profiling Explorer float-measured
horizontal velocities at the Lagrangian float depth and adjusting this curve to fit the GPS
points (DAsaro, 2012). One Lagrangian float passed the right-hand side of Fanapi’s track,

one passed the eye of Fanapi, and the rest two passed the left-hand side of Fanapi’s track.

The 10 m wind speed (Ujo) along the Lagrangian float track is linearly interpolated
from the reconstructed wind fields of Hsu et al. (2019). Using the interpolated wind
speed, the downwind drag coefficient (6/7 ), and the stress angle (¢) are estimated from
linear interpolations of the wind speed averaged results of Hsu et al. (2019), for the
front-right and front-left, respectively. The front-right and front-left sectors are defined in
the same way as in Hsu et al. (2019). We ignore the buoyancy effect on air-sea momentum
transfer in this strongly wind-forced regime. The stress magnitude (7) is calculated as
T = pa(/f;//|ll10|2 -1/1+ tan? ¢, where p, is the air density; and the stress direction is
determined by the angle ¢ relative to the direction of U;y. We estimate the surface stress
only when the wind speed is greater than 25 m s~ and only before the storm passes the

float because the results of Hsu et al. (2019) are only valid in these conditions.

Surface heat and freshwater fluxes along the Lagrangian float track are estimated from
linear interpolations of ERA5 fluxes. Because the ERA5 air-sea temperature (humidity)
differences and wind are not accurate, and the ERA5 wind is smaller than the observation-
based wind product of Hsu et al. (2019), we adjust the ERA5 sensible and latent heat
fluxes (Figure 3.8) based on a combination of the wind ratio (Ryng = |U55*|/| UERA%]) and
the correction for air-sea temperature and humidity differences (Rar, Rpg). Variations of
the turbulent exchange coefficient for high winds are assumed small (Black et al., 2007;

Sroka and Emanuel, 2021). The correction for air-sea temperature and humidity differences



Storm Average
® Qs(JUEE*®))

m— Qs (| USS™ |)

= = Qs(|U$> ) X Ruing

125 === Qs(|U36* |) X Rwina X Rar

Observation

Float locations
e Before correction
o After correction

Storm Average
o QUR*D

w— Q (| USES |)

1000 4 == QuIU$E® ) X Ruina

f— QL([U%S' ) X Ruind X RAq

Observation

Float locations
e Before correction
o After correction

//\./\,\/

\
/7 \
\

200
rT'H175
&
= 150 -
wn
O
%100 -
—
275+
Q
< 50
Q
o) ]
2 25
]
& 07
1400
~
I 1200 -
&
=
S
% 800 -
=
= 600
(g0}
2
< 400
[
g
2200 -
|
1

Figure 3.8: Corrections of ERA5 (a) sensible heat flux Qg, and (b) latent heat flux Qr, in the typhoon

Fanapi data set. The original storm-averaged ERA5 fluxes are shown as a function of both the ERA5 winds

(gray solid circles) and the observed winds (blue lines). Storm-averaged fluxes adjusted for the wind ratio

Rying are shown in green dashed lines. Storm-averaged fluxes adjusted for both the R,,;,; and the air-sea

temperature and humidity differences (Rat, Rp,) are shown in orange lines. The gray diamonds with error

bars (standard deviation) are observations of storm-averaged fluxes (Lin et al., 2013). Blue and orange dots

show the comparison of original fluxes and adjusted fluxes at float locations.
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are tuned to match the storm-averaged, wind speed-dependent sensible and latent heat

fluxes from observations (Lin et al., 2013).
Appendix 3.G  Stokes drift

The eastward (1#°) and northward (v°) Stokes drift profiles are calculated by integrating

the frequency spectra E(f) over the measured frequency range [f1, fc],

‘- ?3 J f Pr(HEFETI=5af, v =

(" Pa(pE(HET sa,

s (3.6)
where g is the acceleration of gravity, a; and b; are the normalized coefficients of the
directional Fourier series, and df is the frequency bandwidth. Following previous studies
(Harcourt and D’Asaro, 2008; Breivik et al., 2014), a high-frequency £~ tail is added to the
spectrum to account for unresolved small waves. The tail contribution to the Stokes drift

is

—1673 5 [ o—Hf?

0 = l6m fCI;l(fC)E(fC) e;c _\/ﬁ.erfc(fc\/ﬁ) , (3.7)
16735 [ o—Hf? 1

Vhail = tor fc?(fc)E(fc) eft — VUt -erfe(fey/H) |, (3-8)

with ¢ = —87?z/g¢. Though patching on an f~° tail is a standard approach to extend
the spectrum beyond what is feasibly measured, we recognize that it may result in an
underestimation of Stokes drift on the order of 10% ~ 30% if the highest measured
cut-off frequency f. is lower than the transition frequency between the equilibrium and

saturation range (Lenain and Pizzo, 2020).
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Chapter 4

SCALING NEAR-SURFACE OBSERVATIONS OF TURBULENT
VERTICAL VELOCITY IN THE OCEAN, PART II: BOUNDARY LAYER

Abstract

Surface wave-driven Langmuir turbulence increases both the vertical turbulent kinetic
energy (TKE) w2, and its vertical turbulent transport w3 in ocean surface boundary layers.
However, this process is absent in traditional scaling approaches that only consider wind
and buoyancy effects, and in boundary layer mixing parameterizations based upon them.
Here we introduce a consistent framework for scaling the vertical TKE with boundary layer
forcing parameters. Using this framework, three separate asymptotic behaviors for the
boundary layer averaged w? are combined into a unified scaling with surface wind, wave,
and buoyancy flux, across a revised non-dimensional space that measures the importance
of wave forcing against wind forcing, and against buoyancy forcing. Predictions from
the unified scaling are consistent with Lagrangian float measurements and published
large eddy simulation results to within 7.5% and 6.7% on average, respectively. Float
measurements of vertical velocity are used to obtain boundary layer profiles of the vertical
TKE and the vertical turbulent transport of w?. In comparison with profiles in wave-free
boundary layers, we find that in near-neutral conditions, with negligible wave forcing,
observations generally agree with the traditional scaling. With strong wave forcing in
near-neutral conditions, both the vertical TKE and its vertical transport are enhanced over
a depth scale related to the e-folding scale of Stokes drift. In deep convection with strong
buoyancy forcing, where the layer thickness is much larger than the Stokes e-folding scale,
surface wave effects are less important; other factors such as planetary rotation might

come into play.
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4.1 Introduction

Turbulent vertical velocity in the ocean surface boundary layer (OSBL) directly contributes
to vertical turbulent fluxes of heat, momentum, and trace gases, therefore critical for
modeling the dispersion of material, the evolution of mixed layer depth, sea surface
temperature, and other pivotal factors shaping Earth’s climate. The current generation
of climate models uses boundary layer mixing schemes [e.g., K-Profile Parameterization
(KPP)] that rely on semi-empirical scaling of the vertical velocity to model the vertical
eddy diffusivity (Large et al., 1994; Van Roekel et al., 2018). Historically, this scaling was
based on an extrapolation of the Monin-Obukhov similarity theory to the entire boundary
layer and measurements in the terrestrial atmospheric boundary layer (ABL). These
suggest that the root mean square (rms) vertical velocity w, s is controlled either by the
surface stress T when the wind-induced shear turbulence dominates, or by the surface
buoyancy flux By when the buoyancy effect takes precedence. In more common situations
where both forcing mechanisms hold significance, the vertical velocity scales with a
combination of the convective velocity (Deardorff, 1970) wy = (h - Bo)'/3, where & is the

1/2

boundary layer depth, and the friction velocity u, = (t/po)"/*, where py the reference

water density.

This traditional perspective on vertical velocity scaling, while concise and valuable,
has faced many challenges as our understanding of turbulence in the OSBL evolves over
time. A notable example of this evolution is the growing body of evidence pointing
to higher vertical velocity variance w? (or w?,,, the second moment of w) in the OSBL,
substantiated by both field observations (DAsaro, 2001; Tseng and D’Asaro, 2004; Gerbi et al.,
2009; D"Asaro et al., 2014a; Gargett and Grosch, 2014) and turbulence-resolving large eddy
simulations (LES) of wavy boundary layers (Skyllingstad and Denbo, 1995; McWilliams et al.,
1997; Li et al., 2005; Harcourt and D’Asaro, 2008; Van Roekel et al., 2012, and others). The
enhancement of w? is attributed to the presence of Langmuir turbulence, as the interaction

between the current u and the Stokes drift u® of surface waves (Craik and Leibovich, 1976),
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or the Stokes shear force (Suzuki and Fox-Kemper, 2016), generates additional turbulent
kinetic energy (TKE). Surface wave breaking may also play a role in triggering the Craik-
Leibovich instability that leads to Langmuir turbulence (Sullivan et al., 2007), but its effect
is limited to a shallow layer spanning a few significant wave heights. By using LES
that includes the Craik-Leibovich vortex force, the dimensionless bulk" vertical velocity
variance (w?)/u2 has been found to depend on a non-dimensional Langmuir number
that describes the relative importance of wind and Stokes drift forcing (McWilliams
and Sullivan, 2000; Harcourt and D’Asaro, 2008; Van Roekel et al., 2012; Reichl et al., 2016).
Various Langmuir number-dependent scaling relations have been proposed to quantify
the enhanced (w?)/u2 in neutral conditions. These results are also incorporated into a
variety of boundary layer mixing schemes to include the effect of Langmuir turbulence
on eddy diffusivity. However, given the significant discrepancies reported among the
current suite of Langmuir schemes (Li ef al., 2019), the development of Langmuir mixing

parameterization is still far from complete.

Future efforts will benefit from a more comprehensive scaling of the Langmuir effect on
vertical velocity, with a targeted emphasis on three aspects that have not been adequately
addressed before. First, the existing Langmuir number-dependent scaling relations only
represent the enhancement of Langmuir turbulence over shear turbulence, while the
Langmuir effect in convective turbulence may be different (Li and Fox-Kemper, 2017). Thus,
directly applying a neutral enhancement factor to the traditional scaling based on w;
and u, has a potential risk of misrepresenting the Langmuir effect in conditions where
surface buoyancy flux is important (Li and Fox-Kemper, 2017). In fact, such conditions
are where most of the real world appears to be situated (Li et al., 2019). Here we
introduce a scaling framework that considers multiple turbulence generation mechanisms
concurrently. Within this framework, we propose a generalized scaling for (w?) forced by

varying combinations of wind, waves, and surface buoyancy flux.

'The vertical average over the boundary layer, denoted by ( ).
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Second, present bulk scaling relations do not account for the varying degree of w?
enhancement at different depths, which is often weaker near the surface and bottom of
the boundary layer (Reichl et al., 2016). Applying a vertically-uniform enhancement factor
to the wave-free eddy diffusivity profile would likely cause large errors near the surface
and overentrainment at the mixed layer base. Although several variants of the KPP model
have already considered the Langmuir effect on the vertical shape of eddy diffusivity
(Sinha et al., 2015; Yang et al., 2015; Reichl et al., 2016), these formulations lack support from
observational data.

Last, there is currently no scaling relation for the Langmuir effect on the third moment
w3 and the skewness [Sy, = w3/ (w?)3/2] of the turbulent vertical velocity. These higher-
order statistics, although requiring considerably longer averaging time to achieve the
same relative statistical significance as variance (Lenschow et al., 1994), provide information
on the turbulent transport of vertical TKE (w?2) and the up-down asymmetry of the w
probability distribution, both of which are widely used in high-order and mass-flux
closure schemes (Giordani et al., 2020; Garanaik et al., 2022). LES studies have consistently
shown that Langmuir turbulence exhibits a significantly more negative skewness and w3
(McWilliams et al., 1997; Sullivan et al., 2007, 2012) compared to pure shear turbulence. This
distinction arises from the presence of narrow, intense downwelling jets within coherent
Langmuir cells. However, information on this matter from observational data is still quite
limited. In an initial effort to bridge these gaps and establish pertinent depth-dependent
scaling relations, here we analyze a set of archived Lagrangian float (D’Asaro et al., 1996;
D’Asaro, 2003a) measurements of vertical velocity in the OSBL. The profiles of E, @, and
w-skewness are examined in the traditional ABL scaling framework to isolate the impact
of surface waves.

In Section 4.2, we present a scaling framework for the vertical velocity variance in
the boundary layer. A key outcome of using this framework is the generalization of the
scaling for (ﬁ) to combine contributions from wind, waves, and surface buoyancy flux.

In Section 4.3, we test the skill of the generalized (w?) scaling using data and also explore
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the depth-dependent scaling of w2, w3, and w skewness. The results are summarized and

discussed in Section 4.4.
4.2 Scaling Framework

We start by considering the 1-D steady state TKE equation, neglecting the turbulent and

pressure transport:

ou ou’
Y Tl gl
€= uwaz+wb ww'—=—, (4.1)

where € is the TKE dissipation rate, —u/w’ is the turbulent stress, z is the vertical

coordinate defined as positive upward with zero at the surface, and w'l’ is the turbulent
buoyancy flux. The terms on the right-hand side represent the Eulerian shear production,
the buoyancy production or suppression, and the Stokes shear production, respectively.
Since production and dissipation are the leading order term of the TKE budget over a
significant portion of the OSBL (Kukulka and Harcourt, 2017), we anticipate a simple balance
between them would lead to a physically motivated scaling for w?2. In the following two
subsections, we first review some previous scaling results derived using this balance
and then extend it to include the Stokes shear production and propose a generalized
scaling that combines contributions from all three production terms. For simplicity, we
parameterize the dissipation as proportional to q°/¢ (Mellor and Yamada, 1982), where £ is
a length scale and g is a velocity scale of the TKE (g2/2). We also make the assumption
of linearly decaying stress and buoyancy flux, such that —u'w’ = u2(1 + z/h), and

w'b’ = Bo(1+4z/h).

4.2.1  Shear and convective turbulence

In pure shear turbulence, the balance is approximately

3 3 2
q_ Drims 2 u*(l + Z/h)
€~ / u*(l—i—z/h)—Km ,

where the Eulerian shear 01 /0z is related to the stress through an eddy diffusivity K, by

(4.2)

invoking the down-gradient diffusion assumption, —u'w’ = K;;,0u/dz, the TKE velocity
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scale g is further approximated by the rms vertical velocity, following Harcourt and D’ Asaro
(2008). With a simple eddy diffusivity analogous to the KPP model, Ky, ~ w5 - £, we
have

w2 ~ u(1+z/h). (4.3)

This relationship is consistent with the ABL local scaling (Nieuwstadt, 1984), in which w2
is approximately constant if normalized by the local turbulent stress, u2(1 + z/h) in this
case. The vertical average of Equation 4.3 over the boundary layer gives <E> ~ 0.5u2.
LES of shear turbulence (L et al., 2005; Harcourt and D’Asaro, 2008) in the OSBL suggest
that (w?) ~ 0.64u2, thus the constant of proportionality in Equation 4.3 is about 1.28.

Similarly, in purely convective turbulence, the balance is approximately
Wy ~0-By(1+z/h) = Ewwi(z/h)%(l—i—z/h)z, (4-4)

where the KPP length scale ¢ ~ |z|(1+ z/h)? is used. Near the surface, this scaling

reduces to w?/w? ~ (z/h)%/3

, equivalent to the (local) free convection limit of the surface
layer scaling (e.g., Chapter 3), w2/ u? ~ (z/L)?/3. As a whole, this scaling is also largely

consistent with the ABL convective scaling (Lenschow et al., 1980, 2012; Zhou et al., 2019),
w? = 1.802(z/h)3 (1 + 0.82/h)>. (4.5)

A notable distinction in this empirical scaling is the inclusion of an additional coefficient
(0.8) when transitioning into stratified interiors to maintain a finite vertical TKE due to
entertainment, which is ignored in the simple profile for the turbulent buoyancy flux in
Equation 4.4. The corresponding bulk scaling of Equation 4.5 is <E) ~ 0.31w?2.

When shear and convective turbulence coexist, one may again use the production-
dissipation balance to seek a combined expression for (w?). Unfortunately, this leads to
a quartic equation with no manageable solution for scaling purposes. As an alternative
approach, we leverage the established asymptotic scaling relations from above and
combine their contribution to the bulk w?, ., instead of those to the bulk w?,,. While

a linear combination may appear straightforward, it overlooks the interaction between
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shear and convective turbulence. One crucial aspect of this interaction is the influence
of convection-induced w;;s on Eulerian shear, mediated by the eddy diffusivity K.
Therefore, we introduce a weight ap for the shear turbulence part to account for the
reduction (intensification) of Eulerian shear in convection (stratification), and another

weight Bs for the convective turbulence part so that

2
(w?) = (ap - csul + Ps - cpw?)?, (4.6)

where cg = 0.64%, Cg = 0.313. The weight function g may be seen as an extension and
the bulk average of the surface layer non-dimensional Eulerian shear, which varies with
stability and has a neutral value of 1. Although a more complex model is possible, we

tind the following simple expression for ap works well,
3

CsUy, Cs
xg = = , :
B cqud ¥ cgwd  cg—cph/xL 47)
where «x is the von Karmén constant, L is the Obukhov length, and h/xL = —w3/ud is

the bulk stability parameter. The weight function Bs represents the potential impact of
shear turbulence on convective turbulence. Previous studies have shown that wind-driven
shear turbulence can disrupt the formation of convective plumes (Domaradzki and Metcalfe,
1988) and diminish the role of convection. But this is a more subtle effect and seems even
more so in the presence of Langmuir turbulence (Li and Fox-Kemper, 2017). Here we treat

convection as independent of shear turbulence and set B = 1.

4.2.2  Inclusion of Langmuir turbulence

The consideration of Langmuir turbulence adds another production mechanism of TKE.
Although Langmuir turbulence typically does not exist alone in reality, the scaling for
Langmuir-induced (w?) is still a valuable asymptotic limit in guiding the development of
a generalized scaling. A similar argument based on the production-dissipation balance
suggests that

ou® w? TN —4
W ~ £ u?(1 +z/h)— = <u—2> ~ (%) = Lag’, (4.8)
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where the vertical average of the length scale weighted Stokes shear production is
approximated by the product of 12 and a vertically filtered Stokes drift u$; = (u)gy — u5, £
defined as the difference between (u°)g;, the average of u° in the surface layer (—0.2 <
z/h < 0), and a reference value in the lower boundary layer (z/h ~ —0.765). This
approximation is explained in more detail by Kukulka and Harcourt (2017).

The resulting dependence of (w2)/u? on the surface layer Langmuir number Lag; is
quantified in Harcourt and D’Asaro (2008). Their neutral Langmuir-inclusive scaling can
well characterize the total contributions from shear and Langmuir turbulence but is not
applicable under conditions with large surface buoyancy flux. When all three production
terms are important, a linear combination of the neutral Langmuir-inclusive scaling and
the convective scaling (Equation 4.5) is not sufficient to scale the total bulk w3, as the
enhancement due to Langmuir turbulence behaves differently in shear-dominated and
convection-dominated regimes (Li and Fox-Kemper, 2017). Although there may be other
factors in play, we think the difference is related to the fact that with destabilizing surface
buoyancy fluxes, the Eulerian shear production is further reduced. In contrast, the Stokes
shear production remains about the same in convection. Thus the contribution of shear
turbulence in the neutral Langmuir-inclusive scaling should be adjusted as the importance
of buoyancy effects changes.

However, it is not immediately clear how one could separate the part due to shear
turbulence from the neutral Langmuir-inclusive scaling because it also varies with the
strength of Langmuir turbulence. Specifically, the Stokes drift shear can strongly affect the
Eulerian shear by elevating w;;s (just like convection), and additionally, by supporting
most of the stress near the surface, leaving a small amount of stress in balance with the
diffusion of Eulerian momentum (Harcourt, 2013). The separation becomes convenient if

the neutral Langmuir-inclusive scaling is in a form similar to Equation 4.6, such as

(w?) = (ar - csts + s - cLuiLagf) / (4.9)

WIN

where af, = c5/(cs + ¢, Lag?) is an approximation for the Langmuir-induced reduction
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of Eulerian shear, s = 1 signifies that shear turbulence exerts no influence on Langmuir
turbulence, c;, = 0.498 is a constant determined by minimizing the square errors between
Equation 4.9 and the scaling of Harcourt and D’ Asaro (2008). This approximated scaling
(Equation 4.9) is almost identical to the original formulation (Harcourt and D’Asaro, 2008),
with a coefficient of determination R? of about 0.987 (Figure 4.2c). The two terms in
Equation 4.9 are the contribution of Eulerian and Stokes shear production to the bulk

3

Wys, Tespectively. Following the same manner, we can write the generalized scaling as

(w2) = (apar - csul + BsPr - cpw® + vsyc - cpullagt) %, (4.10)
where B and ‘¢ represent the potential two-way influence between Langmuir and
convective turbulence. Here we assume that Langmuir and convective turbulence do
not interact and set B = yc = 1. Strictly speaking, this generalized scaling is invalid in
strongly stable conditions because the buoyancy adjustment of Eulerian shear ag blows up
as the stabilizing buoyancy flux (negative w?) becomes significant. Since the turbulence
under such conditions is relatively less understood, and the data sets used for comparison
only extend to weakly stable conditions [—w/ud < O(1), Figure 4.1b and 4.1d], a more
accurate representation of this forcing scenario is left for future research. The skill of this
scaling is tested in Section 4.3.

Previous studies (Belcher et al., 2012) have identified two non-dimensional parameters,
La; = (u*/uf))l/z, where uj is the surface Stokes drift, and h/L; = wi/uﬁu%, where L;
is the Langmuir stability length, as the basis of a regime diagram that maps out the
contribution of each type of turbulence to the dissipate €, in the middle of the OSBL.
These two parameters represent the importance of the Eulerian shear production and
the buoyancy production or suppression, relative to the Stokes shear production in a
bulk sense, respectively. Such a regime diagram® is shown in Figure 4.1a and 4.1b for

conditions of destabilizing and stabilizing surface buoyancy flux, separately. Based on the

*Note that we use the square of Langmuir number as the horizontal axis to keep it consistent with the
vertical axis in terms of representing the ratio of bulk-averaged production terms.
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Figure 4.1: Turbulence regime diagrams for the OSBL under conditions of (a, c) destabilizing and (b, d)
stabilizing surface buoyancy flux. Background colors in (a) and (c) show the fractions (50% ~ 100%) of the
dissipation rate €, and the bulk w3, contributed by each type of turbulence, according to the scaling of
Belcher et al. (2012) and Equation 4.10, respectively. The 50% contours of these fractions are shown in black
lines. Gray contours in (a) and (b) show the joint probability distribution function (PDF) of La% and h/Lp,
indicating 60%, 95%, and 99% of occurrences across global oceans (Li ¢f al., 2019). The observations and

LES cases are overlaid as colored dots.
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generalized scaling (Equation 4.10), we can construct a similar regime diagram, specifically

for the non-dimensional bulk vertical TKE that depends on Lag; and h/Lg; = w3/ u%uSSL,

(w?)

s

h <
= (szocL - Cs + CBL—SLLagLZ + cLLa5L2> 3, (4.11)

where the unity factors Bg, Br, vs, and ¢ in Equation 4.10 are omitted hereafter, Lgy is
the Langmuir stability length defined using u3; instead of uj). This new regime diagram
for the bulk vertical TKE is shown in Figure 4.1c and 4.1d for conditions of destabilizing

and stabilizing surface buoyancy flux, separately.

4.3 Results

To investigate the bulk and the depth-dependent scaling of vertical velocity in the OSBL,
we use the same observational data sets as those in Chapter 3. These include multiple
Lagrangian float measurements and accompanying wave and meteorological data col-
lected at station Papa (2011 and 2012), Lake Washington (2011), Labrador Sea (1997), and
under typhoon Fanapi (September 2010) in the western Pacific Ocean. Details of the data
processing are described in Chapter 3. In addition, we also include the LES data from Li
and Fox-Kemper (2017) in the bulk scaling. The non-dimensional parameter space covered
by these data and a typical year of the global oceans (Li ¢f al., 2016, 2019) are displayed in
Figure 4.1.

4.3.1  Bulk vertical velocity variance

The generalized scaling for <E) is tested here, using data spanning a broad range
of the non-dimensional parameter space (Lasy, h/Lgy) (Figure 4.1c and 4.1d). Float
measurements of w? are evenly divided into segments of about 40 degrees of freedom.
The degree of freedom reflects the number of statistically independent measurements
and is defined as nAt/T, where n is the number of data, At is the sampling period,

and T = 2h/w;ps is the time scale for a round trip overturn averaged over the entire
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experiment. Within each segment, hourly averages of w? are normalized by hourly u2 and
weighted averaged in z/h bins of about 2 degrees of freedom. The bulk average of w? /2
is then computed from each profile. The quality of each bulk average is evaluated by
comparing the cumulative distribution function (CDF) of z/h within the segment to that
of an ideal uniform distribution. Segments with an rms CDF deviation larger than 0.1 and
those with a mean z/h outside [—0.6, —0.4] are not used. The screened bulk variance is
further averaged in (Lang, w3 /u?) coordinate and shown in Figure 4.2a as scatter points,
along with the prediction from the generalized scaling (Equation 4.10). Although not
a perfect match, the observations are generally consistent with the generalized scaling,
without any parameter tuning. Small deviations from the prediction are usually within

the 95% confidence interval of measurements.

The typhoon Fanapi data has a relatively large deviation, probably because the
simulated surface waves (Z/ou et al., 2022) have smaller wind-wave misalignment angles.
The Labrador Sea data is significantly lower than both the generalized and the asymptotic
convective scaling. This can be attributed to several different processes not considered in
the scaling arguments. First, the thermal expansion coefficient & of seawater increases with
pressure, leading to a thermobaric effect that can enhance the turbulent buoyancy flux
and further energize convective plumes. Second, lateral re-stratification can effectively
decrease the turbulent buoyancy flux profile and suppress boundary layer turbulence.
Last, deep convection at the Labrador Sea is usually suppressed by the Coriolis effect as
the boundary layer depth is larger than the rotational depth scale B(l)/ 2f=3/2 where f is
the Coriolis frequency.

Considering the thermobaric effect, Garwood et al. (1994) showed that the boundary
layer average of the buoyancy flux is enhanced by a factor 1 + 1/3h,, where h, is the
thermobaric depth scale defined as the ratio of « to |da/dz| at the surface. For average
conditions during the 1997 Labrador Sea experiment, the boundary layer depth # is about
823 m, h, is about 3205 m, suggesting that w? /w? should have been 8.6% higher if the

thermobaric effect is included. Based on estimates of the lateral heat flux divergence
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in 1997 (see appendix 3.A), the lateral effect likely cancels the enhancement due to the
thermobaricity. Therefore, we speculate that the smaller (w?) at the Labrador Sea is a
result of the Coriolis effect on deep convection, which we discuss more in the following
subsection on the depth-dependent scaling. If we vary the coefficient cg in Equation 4.10
to represent the modulation of vertical TKE by Earth’s rotation, we find cg = 0.127 gives
the best match with the Labrador Sea data.

The skill of the generalized (w?) scaling is perhaps more readily shown in the direct
comparison of observations with the corresponding predictions (Figure 4.2b). These
predictions exhibit a close match to the observations (R?> = 0.805, excluding the gray
Labrador Sea data), with a mean absolute percentage error of approximately 7.5% (blue
shading). An even better agreement with the LES results of Li and Fox-Kemper (2017) is
also shown in Figure 4.2¢, in which the LES data have been separated into cases with and
without surface waves. The predictions of the generalized scaling agree better with the
wave-inclusive LES data (mean absolute percentage error ~ 6.7%) than with the wave-free
LES data. This difference is likely due to the stronger rotational suppression of vertical
mixing in cases with no Craik-Leibovich vortex force, or the imposed wall-bounded
near-surface similarity relations that are maybe not valid in the ocean. Nonetheless, the
generalized scaling still predicts the majority of the <E) variations with an accuracy of
about 15% (blue shading). Note that all predictions in Figure 4.2b and 4.2c are calculated
with canonical parameter values, except the purple marker for the Labrador Sea, which
uses cp = 0.127 in Equation 4.10. Other ways of combining the various asymptotic scaling

relations in Section 4.2 are also tested. In general, we find that combinations of the bulk

3

3 s scaling perform better than those using the bulk w?2,,, scaling, probably because the

w
former is energetically consistent with the production-dissipation balance of TKE.

Based on the generalized scaling, a neutral <E> can be defined as
i
(@), = ((@7)3 - el (4.12)

to remove the buoyancy effect. Values of neutral (w?)/u2 in observations are computed
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Figure 4.2: Scaling of the bulk vertical velocity variance (w?). (a) Time- and depth-averaged measurements
of w? over the boundary layer are normalized by u? and plotted against time-averaged w3 /uS. Scatter
points with different markers show observations from different data sets, with error bars indicating the
95% confidence interval, and marker color corresponding to the mean value of Lang within the averaging
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turbulence (0.31w? /u2). The colored contours show the prediction of (E) /u? from the generalized scaling
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(b,c) Direct comparison of (b) float-measured (w?)/u2 and (c) LES-modeled (w?2)/u? (Li and Fox-Kemper,
2017) with the prediction from the generalized scaling (Equation 4.10). The blue shadings show the mean
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(d) The neutral (w?)/u? estimated from measurements as a function of Lang, compared to the neutral
Langmuir-inclusive scaling of Harcourt and D’Asaro (2008), and the approximation (Equation 4.9) used in

the generalized scaling (Equation 4.10).
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following Equation 4.12 with cp = 0.127 for the Labrador Sea data and cg = 0.313 for
the rest (Figure 4.2d). As previously reported in D’Asaro et al. (2014a), the observed
neutral values of (w?) agree with the scaling of Harcourt and D’Asaro (2008) and its
approximation (Equation 4.9). The agreement seems better here, maybe because the

buoyancy contribution is removed in a better way.

4.3.2  Profiles of vertical velocity variance

The exact mechanism of how Langmuir and convective turbulence, each with its own
characteristic length and velocity scale, interact and modify the vertical structure of w? is
poorly understood. The reported weak interaction between Langmuir and convection in
the bulk scaling does not imply the same for the profile shape. Here we do not attempt
to address this challenging problem, instead, we examine the asymptotic scaling of w?
profile in the convective and the Langmuir-shear regime separately, and highlight the
impact of surface waves. Therefore, measurements in the OSBL are divided into two
groups, one in strongly convective conditions, and the other in near-neutral conditions,
according to the importance of the buoyancy effect. The classification uses the generalized
(w?) scaling (Equation 4.10), in which the importance of buoyancy is measured by rp, the

fraction of the bulk w3, that is contributed by the buoyancy effect.

In the first group (rg > 0.5), convection is the largest contributor to the bulk vertical
TKE; measurements of w? are normalized by w? and bin averaged in the z/h coordinate
(Figure 4.3a). Only the Labrador Sea deep convection site has enough data to resolve the
vertical structure of w? in this group. These deep convection data are compared to the
empirical convective scaling relations (Equation 4.5) established in the ABL (Lenschow
et al., 1980). Just like the bulk average, the w? profile in the Labrador Sea is overall smaller
than the ABL convective scaling. The observed vertical structure is moderately consistent
with the ABL convective scaling, except that the observed maximum w? is slightly smaller

(0.38w? as opposed to 0.48w?), and the depth of the maximum is also shallower (0.2h
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and (b) near-neutral conditions. Lagrangian float measurements are averaged in bins of about the same
degrees of freedom [5 in (a); 10 in (b)], and placed at the median values of z/h. Open circles in (a)
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line is a linear fit |z|;uqax/h = 4.02Dg/h. The relevant scaling from Harcourt and D’Asaro (2008), |z|max/h =

0.22/tanh (6Ds/h), is shown in yellow (HD2008).
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as opposed to 0.3h). This small deviation from the ABL convective scaling meets the
expectation for rotation-constrained convective flow, in which the importance of rotation
is measured by the natural Rossby number Ro, = Bé/ 2 f=3/2p=1 (Maxworthy, 1997, and
others). We find the Labrador Sea w? profile, with Ro, ~ 0.2 on average, is highly similar

to the LES result of the moderate Ro. case reported by Mironov et al. (2000).

In the second group (|rg| < 0.5), Langmuir and shear turbulence are the major
contributors to the bulk vertical TKE; measurements of w? are normalized by u2 and bin
averaged in the z/h coordinate (Figure 4.3b). Data from Lake Washington, station Papa,
and typhoon Fanapi are compared to the neutral scaling relations, (w?) = 1.28u2(1 +z/h).
The lake w? profile is generally consistent with the neutral scaling, as expected from
the small Stokes drift (Figure 4.2c). The other three profiles have significantly higher w?
throughout the boundary layer. This elevation of w? is much stronger in the upper half
of the layer, with a subsurface maximum of about 2u2 ~ 3u2. Both the depth |z|mmqax and
the magnitude (not shown) of the w? maximum are proportional to the e-folding decay
scale Dg of the Stokes drift profile (Figure 4.3¢). A linear fit |z|uax/h = 4.02Dg/h can
accurately scale the depth of w? peak. However, we note this behavior is slightly different
than that in LES results of Harcourt and D’Asaro (2008), in which |z|ux approaches a
maximum of 0.22/ as Ds increases. These ocean w? profiles, measured in conditions with
chS_L2 typically ranging from 1.5 and 3, are overall consistent with LES results of Langmuir

turbulence (McWilliams et al., 1997, Harcourt and D’Asaro, 2008, and others).

4.3.3 Profiles of the third moment and the skewness of vertical velocity

The depth-dependent scaling of w3 is also explored in tandem with the w skewness
profile. Here we assume the same turbulence regime defined using the generalized (w?)
scaling also applies to higher-order velocity statistics. For the scaling of w3, measurements
of w?/w? and w3/u? are bin averaged in the z/h coordinate (Figure 4.4a and 4.4b)

for data in the convective (rg > 0.5) and Langmuir-shear (|rg| < 0.5) regime. Data
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in the convective regime are also compared to an empirical ABL scaling relation w3 =
—w3(|z|/h) (14 0.7z/h)3 proposed by Gryanik and Hartmann (2002). Since the atmospheric
convection is initiated from the bottom while the oceanic convection is the opposite, a
negative sign is added to the ABL scaling to compare with the ocean data. Observed w3
profiles are predominantly negative in all cases, indicating a downward flux of vertical
TKE. The profile of w3 in deep convection differs from the ABL scaling, especially in the
upper half of the boundary layer, where the observation shows a vertical decay of w3 to
almost 0 near z = —0.2h. The bulk average of the deep convection w3 is about —0.08w?,
about 40% smaller than that of the ABL scaling in magnitude. This difference is again
likely a result of the rotational effect since LES results of rotating convection (Mironov
et al., 2000) suggest that the w3 profile becomes flatter and the turbulent transport
of vertical TKE is suppressed as the rotation gets stronger. Profiles of w3/u3 in the
Langmuir-shear regime all exhibit a similar shape as the variance profile, but the effect
of Langmuir turbulence on vertical TKE flux is more pronounced. This is shown by the
much larger amplification of ocean data over the lake data (Figure 4.4b). The depth of the
subsurface minimum w3 also seems to scale with the penetration depth of Stokes drift.
These similarities suggest that the w3/ ud profile in Langmuir and shear regimes may be
sufficiently described by an empirical function that depends on three non-dimensional
parameters: Lagy, Dg/h, and z/h. The development of this empirical formula is currently
in progress.

For the scaling of w skewness, measurements of w® and w? are bin averaged in the

z/h coordinate, and the ratio w3/ (w?)3/2

is shown in Figure 4.4c and 4.4d for data in
the convective (rg > 0.5) and Langmuir-shear (|rg| < 0.5) regime, respectively. The
observed w skewness profiles are primarily negative throughout the boundary layer in all
cases, indicating a persistent pattern of stronger and narrower downward motions than
upward motions in the OSBL. Likely due to the rotational constraint, the Labrador Sea

skewness profile behaves differently from the structure commonly seen in the convective

ABL, in which the magnitude of skewness tends to increase from the surface, reaching
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a maximum in the upper half of the ABL, and sharply declines to zero beyond that
point. The bulk magnitude of the Labrador Sea skewness is also smaller than that in the
convective ABL (0.3 as opposed to 0.8). Profiles of w skewness in the Langmuir-shear
regime share a similar vertical structure that resembles the convective ABL skewness
described earlier. Additionally, they generally agree with previous results obtained
from LES of the OSBL (McWilliams et al., 1997; Sullivan et al., 2007). These LES studies
have shown that simulations incorporating vortex force and stochastic wave breaking
consistently yield stronger skewness than those without vortex force. Observations from
Lake Washington closely match the skewness profile in the wave-free simulation of
Sullivan et al. (2007, their Figure 20). The enhancement of skewness, whether caused
by the presence of Langmuir turbulence alone or in combination with surface breaking,
is evident in the observations as well. Compared to the results of Sullivan et al. (2007),
observations from the ocean are more in line with LES under developed seas. The LES
case with small wave age has a much stronger skewness magnitude throughout. The data
collected during the 2011 station Papa experiment have the most pronounced negative
skewness, roughly twice that observed in Lake Washington, and comparable to the typical
magnitude observed in free convection. This suggests that in terms of the flux of vertical
TKE and the asymmetry in top-down and bottom-up diffusion (Wyngaard, 1987), a neutral
OSBL can be similar to a convective one when surface waves are present. The expected
decline of skewness magnitude near the base of the boundary layer is not well resolved
by the float measurements, except in Lake Washington. Nonetheless, these data stand as
the first-ever measurements of the skewness profile in the OSBL, adding new insights to

the existing body of knowledge.
4.4 Summary

In this study, we present a scaling framework for the vertical velocity variance w? in the
OSBL. Within this framework, we first propose a generalized scaling of the bulk w? that

combines the effect of wind, waves, and surface buoyancy flux in asymptotic limits and
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also accounts for the interaction among them. While the current form of the generalized
scaling primarily focuses on the reduction of Eulerian shear by convective and Langmuir
turbulence, additional interactions can be readily accommodated as our understanding of
upper ocean turbulence advances. The proposed bulk scaling (Equation 4.10) is shown to
match the bulk w? measured by the Lagrangian floats and those simulated in LES within
15% error. The proposed scaling can be used to construct a regime diagram for the bulk
vertical TKE in the OSBL, mapping out the contributions of different forcing mechanisms
in the non-dimensional space shown in Figure 4.1c.

Using a set of float measurements, we also examine the depth-dependent scaling of
w2, w3, and w skewness in the convective and the Langmuir-shear regime, respectively.
The deep convection data in the convective regime only agree partially with the ABL
convective scaling, suggesting a significant role of planetary rotation and a negligible
impact from surface waves. Observations in the Langmuir-shear regime exhibit large
differences between the lake and the ocean data, as a result of disparate Stokes forcing.
In particular, for the first time in observations, we show that the third moment and the
skewness of w are substantially enhanced during conditions of strong Stokes forcing.
The Langmuir-enhanced profiles of E, ﬁ, and w skewness all have a similar vertical
structure, in which the depth and the magnitude of the subsurface maximum or minimum
are proportional to the penetration depth of the Stokes drift.

Overall, these observational data not only directly support previous LES results,
but also serve as the groundwork for future developments of depth-dependent scaling
to incorporate the Langmuir effects on w?, w3, and skewness profiles, which would
eventually promote a more complete representation of Langmuir turbulence in upper

ocean vertical mixing parameterizations.



102

Chapter 5
CONCLUSION

5.1 Synthesis

This dissertation highlights the importance of surface wave effects on turbulent kinetic
energy, turbulent transport, and vertical mixing of heat in the OSBL.

In particular, scaling results for the temperature gradient and vertical velocity suggest
that Langmuir turbulence is the primary driver of the observed deviations, but these
observations do not necessarily exclude the potential contribution from wave breaking.
Results from Chapters 2 to 4 are consistent with each other, even though the physical
variables investigated and the observing platforms and instruments involved are distinctly
different. Together, they reinforce the statement that the conventional ABL scaling
relations do not apply in the OSBL, as they neglect the intricate variations of turbulence
caused by surface wave forcing.

In addition to the examination of conventional ABL scaling relations, this study also
develops new approaches to incorporate the Langmuir turbulence effect in the scaling of
vertical velocity variance. For the surface layer scaling, a new scaling parameter repre-
senting the local ratio of Stokes shear production to neutral Eulerian shear production,
along with a surface proximity function representing the non-local terms are introduced.
These two parameters are shown to give a more effective scaling of the Langmuir ef-
fect than either form of the Langmuir number. For the scaling of the boundary layer
averaged vertical velocity variance, the various asymptotic scaling behaviors under a
single forcing mechanism are combined to give a generalized expression. The generalized
scaling agrees well with Lagrangian float measurements and LES results, except in deep

convection, where the asymptotic convective scaling appears to be modulated by the
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effects of planetary rotation and thermobaricity.
5.2 Implications

This dissertation shows that the conventional ABL scaling relations underestimate the
vertical mixing in the OSBL. Boundary layer schemes that rely on turbulence scaling
relations (e.g., KPP) should, at least, be updated to adopt new scaling relations that
explicitly represent Langmuir turbulence.

For the turbulent velocity scale in KPP, two distinct pathways for improvement are
possible. First, we can keep the existing KPP formulation but have to replace the surface
layer scaling relations of temperature gradient and shear with a new set that includes the
Langmuir effect. Note that this approach only raises the magnitude of the velocity scale
on the basis of the smaller mean gradients in the surface layer. Recent LES-based work by
Large et al. (2019) is a pioneering effort in advancing KPP along this pathway. However,
due to the sensitivity of the LES near-surface results to the subgrid-scale model, the extent
to which their new parameterization aligns with observations remains uncertain. Second,
given that Langmuir turbulence modifies both the velocity magnitude and the length
scale, we can propose an entirely new formulation based on a generalized expression
for the depth-dependent scaling of w?. Such a scaling relation is not available at this
moment, but the results of Chapters 3 to 4 have provided some guidance for future
developments. An additional challenge associated with this pathway is determining
the appropriate differentiation of the velocity scale for the eddy diffusivity of heat and
momentum. Exploring the variation of the turbulent Prandtl number in the Langmuir
turbulence regime (Large et al., 2019) could provide valuable insights to address this
challenge.

Furthermore, the results of w3 and w-skewness profiles in Chapter 4 also encourage
a scaling relation for the turbulent transport of vertical TKE, which is significant in the
presence of Langmuir turbulence. This scaling will benefit the future development of

Second-Moment Closure (Harcourt, 2013, 2015) to include non-local effects in the algebraic
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Reynolds stress model.

Last, these results all contribute to the efforts of developing a comprehensive scaling
of the surface-driven turbulence in the OSBL. This is not only valuable in guiding the
advancement of boundary layer parameterizations, but also helps us to identify regions

and times where the lateral inhomogeneity and the non-equilibrium effects are important.
5.3 Outlook

This dissertation expands our knowledge of turbulence scaling in the OSBL, but also
points out a variety of unresolved questions.

First, Chapter 2 only considers the surface layer scaling in conditions of destabilizing
surface buoyancy flux. Similarly, in Chapter 3 and Chapter 4, the results of the vertical
velocity scaling do not extend to scenarios with strong stabilizing surface buoyancy flux. It
is expected that, with surface heating and Langmuir turbulence, the temperature gradients
would also be smaller than the Monin-Obukhov scaling (Kukulka et al., 2013; Pearson et al.,
2015), and the Stokes shear production would compete against the suppressing buoyancy
flux to raise the turbulence intensity and maintain an otherwise shallower boundary layer.
With an appropriately defined Obukhov length that accounts for penetrative solar heating,
future research should focus on the stable side and the development of scaling relations
to quantify these deviations from the Monin-Obukhov scaling and other conventional
ABL scaling.

Second, the analysis in Chapter 2 also leads to questions about the surface layer scaling
of the vertical Eulerian shear 01 /9dz. LES studies have demonstrated a significant reduction
(up to 80%) of Eulerian shear in Langmuir turbulence. Due to the contamination of much
larger surface wave orbital velocity and other complications, detailed observations of near-
surface shear have been difficult. With the emergence of new observing techniques, future
research on this topic should examine its various quantitative scaling relations, including
those neglecting surface waves (Businger et al., 1971), and those explicitly accounting for

surface waves (Large et al., 2019).
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