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University of Washington
Abstract
Factors Influencing the Diurnal Temperature Range in the Contiguous United States
by Imke Durre
Chairperson of the Supervisory Committee

Professor John M. Wallace
Department of Atmospheric Sciences

During the past several decades, much of the United States has experienced a warming,
particularly at night, and a marked decrease in the diumnal temperature range (DTR). Observed
variations in many variables have been cited as possible causes of the reported temperature
trends. These include increasing cloudiness, rising concentrations of tropospheric aerosols,
urbanization and other changes in land cover, ablation of snow cover, and changes in atmospheric
circulation patterns. The purpose of this work is to sort out some of the interrelationships among
these factors. Through a variety of analyses of historical daily meteorological observations,
differences in the effects of cloudiness. land surface conditions, and the atmospheric circulation
on daytime versus nighttime temperatures are examined.

It is found that conditions at the land surface have a significant impact on daily maximum
temperatures and the DTR. During summer, the tendency for daytime temperatures to be higher
when the land surface is dry, which has been well-documented on monthly timescales, is
manifested in daily data by a considerable increase in the incidence of near-record high
temperatures on days on which the soil is depleted of moisture. In addition, enhanced
evapotranspiration associated with the onset and growth of vegetation appears to play a role in the
warm season dip of the climatological-mean DTR that is prominent over much of the eastern
United States. During winter, snow cover suppresses the DTR under clear skies and reduces the
effect of cloudiness on the DTR in the north-central United States.

During the period 1966-1995, the cold season (November-March) DTR decreased over the
central and southern United States, but increased over the Northeast, the Pacific Coast, and parts
of the interior West. On a national scale, the impact of changes in the sea level pressure field on
linear trends in the DTR is found to be small. Thus, much of the long-term trend in the DTR is
not linearly related to changes in the atmospheric circulation, but may be attributable either to
nonlinear relationships with other changing variables or to anthropogenic factors such as

urbanization and the rise in the concentrations of tropospheric aerosols and greenhouse gases.
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CHAPTER 1

Introduction

Numerous studies have shown that the diurnal temperature range (DTR). defined as the
difference between daily maximum and minimum temperatures, has been decreasing over large
portions of the earth’s land areas since at least the 1950s (Karl et al. 1984; Balling and Idso 1989;
Plantico et al. 1990; Karl et al. 1993b; Lettenmaier et al. 1994; Horton 1995; Easterling et al.
1997; Dai et al. 1999). Ever since Karl et al. (1984) reported a significant downtrend in the DTR
over the United States and Canada for the 40-year period ending in 1980, researchers have
investigated the possibility that anthropogenic changes in land cover and the concentration of
certain atmospheric trace gases and/or particles are responsible for the DTR trend (e.g. Karl et al.
1988; Rind et al. 1989; Karl et al. 1995; Travis and Changnon 1997). However, natural climate
variability can also induce variations in the DTR through changes in cloud cover (Karl et al.
1987), soil moisture and vegetation (Cao et al. 1992; Mearns et al. 1995), snow cover (Cerveny
and Balling 1992; Karl et al. 1993b), and the atmospheric circulation (Horton 1995; Razuvaev et
al. 1995; Easterling et al. 1997). The fact that, in contrast to the global trend, some regions have
experienced an increase in the DTR (Karl et al. 1993b; Easterling et al. 1997; Dai et al. 1999)
suggests that regional variations in all of these factors should be considered when interpreting

DTR trends in the context of anthropogenic climate change.

1.1 Natural Forcings Controlling the Diurnal Temperature Range
The DTR is influenced by diurnally asymmetric forcings, i.e. forcings whose magnitude or
sign varies with the time of day. Such forcings can affect the DTR in three ways: they can raise or

lower nighttime temperatures while leaving daytime temperatures unchanged, change daytime
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temperatures while not affecting nighttime temperatures, or they can simultaneously alter both
daytime and nighttime temperatures in such a way that the change in nighttime temperature is
opposite in sign to the change in daytime temperature. To first order, latitudinal and seasonal
variations in the DTR are driven by variations in insolation. The effect of insolation on the DTR
is apparent in the wintertime increase of the DTR towards lower latitudes as well as in the general
tendency for the DTR to be larger during the warm season than during the cold season (Robinson
et al. 1995; Leathers et al. 1998; Dai et al. 1999). However, this basic picture is strongly modified
by other factors.

It is well documented that cloudy days are usually characterized by low DTR, primarily
because clouds limit the net radiation at the surface and inhibit the rise of surface air temperature
during the day by reflecting solar radiation more efficiently than most surfaces (Karl et al. 1987
Plantico et al. 1990; Robinson 1992; Karl et al. 1993b; Dai et al. 1997, 1999). Clouds also affect
surface temperatures by trapping outgoing longwave radiation (Hansen et al. 1995; Mearns et al.
1995: Stenchikov and Robock 1995; Campbell and Vonder Haar 1997). The resulting tendency
for nighttime temperatures to be warmer in the presence of clouds than under clear skies has led
many scientists to speculate that this mechanism also contributes to a lowering of the DTR by
clouds (Karl et al. 1984, 1987; Plantico et al. 1990; Hansen et al. 1995). However, recent
theoretical and empirical studies indicate that the magnitude of the longwave cloud forcing
exhibits little, if any, variation with time of day (Mearns et al. 1995; Stenchikov and Robock
1995; Campbell and Vonder Haar 1997; Dai et al. 1999; Sun et al. 2000). As a result, clouds are
unlikely to significantly influence the DTR through their effect on the longwave radiation balance
at the surface. Based on this evidence, it appears that the shortwave cloud forcing is the primary
factor contributing to the DTR-cloudiness relationship. However, a more detailed examination of

these relationships that includes not only surface humidity, but also tropospheric water vapor, is



warranted. Since the current work focuses on relationships among surface observations, such an
analysis is beyond the scope of this study.

The nature and magnitude of the radiative effects of water vapor on the DTR remain a matter
of debate. Although atmospheric water vapor contributes significantly to the longwave radiative
forcing of daily mean surface air temperature by trapping outgoing longwave radiation, the
diurnal variation in this forcing appears to be small (Stenchikov and Robock 1995; Dai et al.
1999). However, it has been speculated that during clear nights. the presence of water vapor,
either near the surface or in the free troposphere, may inhibit the formation of surface inversions
and thus significantly slow the nighttime drop in surface air temperature. On clear days, the daily
maximum temperature should be limited primarily by convective mixing with the overlying
atmosphere and should therefore be largely unaffected by the radiative effects of a change in
tropospheric water vapor. Thus, even though the contribution of water vapor to the downward
flux of infrared radiation may not vary with time of day, its influence on boundary layer
processes and surface air temperature may be stronger during clear nights than during clear
daytime hours.

Another point of discussion in the literature has been the importance of absorption of near-
infrared solar radiation by water vapor. Numerical experiments with radiative-convective models
have suggested that the absorption of solar radiation by water vapor may influence daily
maximum temperatures and the DTR (Cao et al. 1992; Stenchikov and Robock 1995), but
comprehensive analyses of surface and satellite-based observations by Campbell and Vonder
Haar (1997) and Dai et al. (1999) provide little evidence of such an effect. In a recent empirical
study, Dai et al. (1999) found that under cloud-free conditions, surface specific humidity was
slightly more strongly associated with daily minimum temperature than with daily maximum

temperature and identified a weak inverse relationship between humidity and the DTR. Judging



from all of these findings and lines of reasoning, it appears that variations in water vapor play a
minor role in modulating the DTR in the climatological mean, but may be of greater importance
under clear skies.

Surface evapotranspiration, which depends largely on net incoming solar radiation and the
amount of moisture available for evaporation, can inhibit the rise in temperature during the day
through evaporative cooling of the surface, but has little, if any, effect on nighttime temperatures
(Cao et al. 1992; Verdecchia et al. 1994; Mearns et al. 1995; Dai et al. 1999). High
evapotranspiration rates from a wet soil imply that the surface latent heat flux is relatively strong,
while the sensible heat flux is correspondingly weak. As a result, a large amount of the incoming
solar radiation is used for evapotranspiration rather than for surface heating, and daily maximum
temperatures are relatively low. Conversely, daytime temperatures can soar to high levels when
the soil is dry and evapotranspiration rates are low (Namias 1960; Rind 1982; Shukla and Mintz
1982). Field studies and numerical simulations have also demonstrated that evapotranspiration
rates of the soil are higher, and the DTR is lower, over vegetated surfaces than over bare soil
(Saltzman and Pollack 1977; Kaufmann 1984; Oliver et al. 1987; Dorman and Sellers 1989;
Radersma and de Reider 1996; Schwartz 1996; Xue et al. 1996). Therefore, both a moistening of
the soil and the growth of vegetation may act to reduce the DTR relative to dry, bare-soil surface
conditions. The relationship between evapotranspiration and temperature has been shown to be
strongest during the warm season when insolation and the latent heat flux at the surface are large
(e.g. Huang and Van den Dool 1993).

Due to the high albedo of snow, daytime temperatures tend to be lower over snow than over
bare ground (Dewey 1977; Walsh et al. 1985; Ruschy et al. 1991; Karl et al. 1993a,b; Leathers et
al. 1995; Groisman et al. 1996; Hughes and Robinson 1996; Kalkstein et al. 1996). Snow also

limits the heat flux exchange between the soil and the overlying air and thus permits nighttime



surface air temperatures to drop more rapidly than under snow-free conditions (Dewey 1977; Karl
et al. 1993b; Leathers et al. 1995). When a sufficient amount of solar radiation reaches the
ground, the effect of snow insulating the ground is considerably less important than the albedo
effect (Karl et al. 1993b; Leathers et al. 1995). Thus, it appears that the DTR is generally
depressed hy the presence of snow. but that the magnitude of the depression may vary
geographically and seasonally.

In summary, shortwave radiative forcings, which affect mainly daytime temperatures, exert a
greater influence on the DTR than longwave radiative forcings, which contribute approximately
equally to the variations in daily maximum and minimum temperatures (Stenchikov and Robock
1995; Campbell and Vonder Haar 1997; Dai et al. 1999). Any naturally or anthropogenically
driven change in the climate that modifies cloudiness, land surface characteristics, or snow cover

extent can also modify the DTR.

1.2 Anthropogenic Forcings of the Diurnal Temperature Range

Human-induced changes in the land cover have been cited as a significant contributor to
geographical variations and long-term trends in the DTR. Since buildings and concrete tend to
retain heat longer than the natural land surface, urban growth favors a warming of surface air
temperatures that is more pronounced at night than during the day (Cayan and Douglas 1984;
Karl et al. 1988; Balling and Idso 1989; Gallo et al. 1996, 1999). The resulting decrease in the
DTR is believed to be negligible on a continental scale (Karl et al. 1988; Gallo et al. 1999), but
may be of greater importance at the regional or local level (Cayan and Douglas 1984; Balling and
Idso 1989). On the other hand, the drying of the soil in the interior of continents and the decrease
in snow cover which are predicted to occur in conjunction with global warming may lead to

regional increases in the DTR (Rind et al. 1989; Cao et al. 1992; Cerveny and Balling 1992).



Human activities may also affect the DTR through an increase in tropospheric aerosols.
Aerosols are believed to decrease the amount of solar radiation reaching the surface, both directly
by reflecting solar radiation back to space, and indirectly by increasing the number of cloud
condensation nuclei in the atmosphere (Charlson et al. 1992). In either case, daytime temperatures
and the DTR are expected to be depressed. Although numerical experiments have indicated that
both forcings may be significant (Hansen et al. 1995; Stenchikov and Robock 1995). a
continental-scale empirical analysis by Karl et al. (1995) only found evidence for a direct
radiative forcing of the DTR by aerosols.

The contribution of radiative effects of increased atmospheric CO, to the DTR trend remains
open to debate (Rind et al. 1989; Cao et al. 1992; Hansen et al. 1995; Stenchikov and Robock
1995: Dai et al. 1999). If CO- behaves in the same way as water vapor. then neither the direct
longwave and shortwave radiative effects of CO itself nor the COz-related water vapor feedback
should significantly alter the DTR. although a change in the frequency of near-surface inversions
on clear nights in response to increasing CO, could conceivably result in higher minimum

temperatures and a lower DTR under clear-sky conditions.

1.3 Objectives of This Dissertation

The goal of this work is to compare the contributions of various components of the climate
system to the temporal and spatial variability of the DTR in order to facilitate the interpretation of
observed DTR trends. The factors considered include cloudiness, soil moisture, vegetation, and
snow cover. The impacts of these factors on intraseasonal, interannual, and long-term variations
of the daily maximum, minimum, and range of surface air temperature are assessed by means of

various analyses of daily surface observations and upper-air fields. In an effort to gauge the



potential contribution of natural climate variability to long-term changes in the DTR. the
mechanisms by which changes in the atmospheric circulation can modify the DTR are examined.

Historical daily observations provide the opportunity to either isolate or remove the effects of
certain factors by grouping days into various categories. For example, by considering only clear
days, the strong influence of cloudiness on the DTR can be removed so as to obtain a clearer
picture of the DTR's relationship with other variables. Due in part to limitations in computing
resources, relevant studies of the 1980s and early 1990s were limited to using either monthly
mean data at a large number of locations or daily observations at a small set of stations. Long
records of daily surface observations for a large number of stations are now easily accessible via
the Internet. This study will focus on the contiguous United States where stations with high-
quality data records are fairly well-distributed.

The following chapters highlight various aspects of relationships between the DTR and other
climate factors. Following a description of the data in Chapter 2, Chapter 3 illustrates the
association between soil moisture and the occurrence of extreme summertime daily maximum
temperatures. [n Chapter 4, the seasonal cycle of the diurnal temperature range is examined, with
emphasis on the eastern United States where the growth and senescence of vegetation appear to
play a role. The influence of cloudiness, snow cover, and the atmospheric circulation on
variations and trends of the DTR during the cold season is analyzed in Chapter 5. A summary and

concluding remarks follow in Chapter 6.



CHAPTER 2

Data

The data used in this study include daily surface station observations from the First Order
Summary of the Day (FSOD) Dataset, selected fields from the NCEP/NCAR Reanalysis Project,
various climate indices, and a few miscellaneous datasets. The period of study varies among the

analyses, but generally includes 30 to 50 years of data between the 1940s and 1990s.

2.1 Daily Surface Observations

The FSOD dataset available from the National Climatic Data Center (France 2000) provides
daily surface observations of sixteen meteorological elements at more than 1500 stations that are
either located in the United States or are operated abroad by United States government agencies.
The variables used in this study include daily maximum and minimum temperatures (Tmx and
Tuin), percent of possible sunshine, precipitation, and snow depth. In order to be included in a
particular analysis, a station must be located in the contiguous United States and must have “high-
quality" records of the variables under investigation. A station’s record of a particular variable is
considered to be of high quality if measurements are reported on more than 90% of all days
within the period of interest. High-quality records of sunshine duration and snow depth are
available at fewer stations than high-quality records of temperature and precipitation. As a result,
the selection criteria yield different sets of stations for different analyses. Maps showing the
locations of the stations used will be presented as appropriate. Among the stations selected,
records of temperature, precipitation, and snow depth generally begin in the late 1940s or early

1950s, while reports of sunshine duration do not begin until 1965.



For the purpose of this study, temperatures are converted from integral degrees Fahrenheit to
degrees Celsius, retaining the tenths digit; precipitation is converted from hundredths of inches to
millimeters, and snow depth is converted from whole inches to centimeters and tenths. For each
day and location, the diurnal temperature range (DTR) is calculated by subtracting Tin from Toux .

The daily percent of possible sunshine is defined as the ratio of observed sunshine duration to
the astronomically possible sunshine duration, that is, the time between sunrise and sunset.
assuming a smooth spherical earth (Hameed and Pittalwala 1989). Since the 1950s, it has been
measured with a photoelectric sunshine recorder whose measurements are adjusted by observers
in order to compensate for lack of instrument sensitivity and the effects of complex terrain
(Hameed and Pittalwala 1989; Kar! and Steurer 1990). Thus, even though changes in observers
and observing practices may affect long-term records of the percent of possible sunshine, the
observations of this variable appear to be more objective than observers’ reports of total cloud
amount (Karl and Steurer 1990). Percent of possible sunshine is strongly negatively correlated
with total cloud cover (Angell 1990; Karl and Steurer 1990; Plantico et al. 1990) and, therefore,
may be viewed as a proxy for total cloudiness.

Observations reported before 1984 underwent a "gross value check" at the National Climatic
Data Center (NCDC), while measurements taken since 1984 have been subjected to a more
rigorous quality-control and editing procedure (France 2000). During the course of this
investigation, the author has identified a few instances in which the reported daily maximum
temperature was lower than the daily minimum temperature reported for the same day. In all such
cases, both Ty and Ty, were replaced by missing value flags.

The FSOD data have not been corrected for time of observation bias, station moves,
instrument changes, or the effects of urbanization. Changes in observation time should have little

effect on the results of this study since the vast majority of the stations selected report
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observations for the 24-hour period ending at midnight local time. Other inhomogeneities are
unlikely to significantly influence the climatological analyses of Chapters 3 and 4. However, due
to concerns about the effects of these inhomogeneities on the long-term trends computed in
Chapter 5 (Peterson, personal communication), diurnal temperature range trends based on the
FSOD data are compared to trends at stations in the Global Historical Climatology Network
(GHCN). As described in Peterson and Vose (1997). the monthly-mean maximum and minimum
temperature data in the GHCN have been adjusted for discontinuities in time and space and
consist mainly of observations from rural stations. From this dataset, 1041 stations that are
located in the contiguous United States and have high-quality temperature records have been

selected.

2.2 Other Datasets

Among the NCEP/NCAR Reanalysis fields used in this study are daily-mean and monthly-
mean geopotential heights (in meters) at the 1000-mb level as well as 00Z and 12Z 850-mb
temperatures (in Kelvin) and geopotential heights. The NCEP/NCAR Reanalysis data are
assimilated by a state-of-the-art forecast/analysis model at the National Center for Environmental
Prediction (NCEP) using observations for the period 1948-1997 (Kalnay et al. 1996). Twice-daily
850-mb temperatures and geopotential heights have been extracted from global four-times daily
pressure level data files archived at the NOAA-CIRES Climate Diagnostics Center (CDC). The
daily- and monthly-mean fields are produced at the CDC by averaging 00Z and 12Z values from
the original fields. All data are provided on a 2.5° x 2.5° latitude/longitude grid. A detailed
description of the Reanalysis data and possible sources of error can be found online at

http://wesley.wwb.noaa.gov/reanalysis.html as well as in Kalnay et al. (1996).
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Additional datasets utilized only in Chapter 3 include observed soil moisture at Peoria,
lllinois (Hollinger and Isard 1994), the Palmer Drought Severity Index and Palmer's soil moisture
anomaly (Z) Index (Palmer 1965), and the International Soil Reference Information Centre's
World Inventory of Soil Emissions Potentials Database (Batjes 1996). These data are described in

Section 3.2.



CHAPTER 3

Daily Soil Moisture-Temperature Relationships During Summer

3.1 Background

The summers of 1934, 1936, 1952-54, 1980, and 1988 were characterized by above-normal
temperatures, below-normal precipitation, and a deficit in soil moisture over large areas of the
central and eastern United States (Diaz 1983; McNab 1989), and many more summers have been
marked by more regional drought/heat wave episodes. The tendency for above-normal
summertime temperatures to coincide with periods of below-normal precipitation has been
illustrated in many empirical studies. During summer, strong negative monthly and seasonal
contemporaneous correlations between mean temperature and total precipitation are observed
over the southern Great Plains of the United States, and weaker correlations in the same sense are
found along the Eastern Seaboard as well as in California, the Pacific Northwest, and the Great
Lakes region (Crutcher 1978; Madden and Williams 1978; Namias 1983; Williams 1992; Huang
and Van den Dool 1993; Zhao 1993). Tables of regional temperature rankings for the driest ten
percent of the summers on record reflect similar geographical variations in the strength of the
inverse temperature-precipitation relationship (Karl and Quayle 1981; McNab 1989). While dry
summers in New England, the Middle-Atlantic region, and states along the Pacific Coast are
about equally likely to have above-median or below-median temperatures, the driest summers in
the Southeast are consistently among the warmest on record.

Huang and Van den Dool (1993) have shown that the correlation between precipitation and
temperature is significantly larger when precipitation leads temperature by one month than when
temperature leads precipitation. Furthermore, both Walsh et al. (1985) and Huang and Van den

Dool (1993) found that the inclusion of monthly mean precipitation in addition to monthly mean
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temperature improves the prediction of subsequent monthly mean temperature in the interior
central and southeastern United States, particularly during the warm season. Over northern Texas,
Oklahoma, and Kansas, precipitation alone turned out to be the best predictor in Huang and Van
den Dool's analysis. These findings support the widely-held notion that, at least during summer in
the interior of continents, surface temperature exhibits a memory of past precipitation.

It has been widely speculated that this memory is provided by the land surface through a
positive feedback between soil moisture anomalies and atmospheric anomalies that acts to
maintain hot, dry conditions (e.g. Namias 1960; Rind 1982: Shukla and Mintz 1982). According
to this hypothesis, a depletion in the amount of water in the soil that is brought about by a deficit
in precipitation causes the rate of surface evapotranspiration to decrease. The reduced
evapotranspiration is associated with a repartitioning of the surface heat fluxes in favor of the
sensible heat flux, which requires a warmer surface and planetary boundary layer. The higher
temperatures, in turn, tend to enhance the drying of the soil and lower atmosphere. Additional
feedbacks may involve changes in cloudiness, relative humidity, heat capacity, surface albedo,
and surface roughness (Bravar and Kavvas 1991; Huang and Van den Dool 1993; Eltahir and
Bras 1996).

The strength of the land-atmosphere feedback depends on a number of factors, including the
areal extent, magnitude, and persistence of the initial soil moisture anomaly, the strength of the
solar forcing, the ratio of potential evapotranspiration to precipitation, the fraction of precipitation
recycled from land evapotranspiration, and the strength of the regional dynamical circulation
(Delworth and Manabe 1988; Entekhabi et al. 1992; Brubaker et al. 1993; Eltahir and Bras 1996;
Fennessy and Shukla 1999; Trenberth 1999). Since air masses tend to lose the oceanic moisture
that they carry with them and gain moisture from evapotranspiration as they move inland, the

feedback is likely to be strongest in the interior of continents. In addition, the feedback is
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expected to operate particularly during summer, when the surface latent heat flux and the fraction
of recycled precipitation tend to be large, and the atmospheric circulation is relatively weak.

Evidence in support of the existence of a land-atmosphere feedback comes from numerical
experiments as well as from analyses of the relationships between computed indices of soil
moisture and observed meteorological conditions. General circulation model simulations of the
summer climate in which the initial distribution of soil moisture is varied indicate that a dry soil
is associated with low evaporation rates and a warm, dry boundary layer. while a wet soil tends to
have the opposite effect (Rind 1982; Shukla and Mintz 1982; Yeh et al. 1984; Yang et al. 1994).
Furthermore, the correlations between monthly precipitation and the next month's mean
temperature based on multi-year runs of the National Center for Environmental Prediction’s
Medium-Range Forecast Model resemble the observed correlation pattern over the United States
only when the soil moisture in the model is allowed to interact with the atmosphere (Huang and
Van den Dool 1993).

For lack of a network of soil moisture observations, empirical studies of soil moisture-
temperature relationships have generally employed estimates of soil moisture based on
meteorological observations. Early indices of land-surface aridity such as those by Penman
(1948), Budyko (1956), and CNC (1959) were based on empirical or semi-empirical relationships
between measured evapotranspiration and climate factors, but did not capture the physical
processes involved in land-atmosphere interaction. More recently, researchers have attempted to
incorporate some of these processes into their aridity indices. Walsh et al. (1985), for example,
calculated a soil moisture depth parameter whose time rate of change equals the difference
between actual precipitation and computed evapotranspiration. More sophisticated water balance
models that include the effects of runoff have been used for the computation of the Palmer Z and

Drought Severity Indices (Palmer 1965) as well as in a study by Huang et al. (1996) which
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explored the possibility of generating a database of computed monthly soil moisture for the
United States. Georgakakos et al. (1995) applied a full-fledged hydrological model with a daily,
rather than monthly, time step to two watersheds in the Great Plains in order to study land-
atmosphere interaction. All of these methods produce soil moisture proxies that appear to be
reasonably consistent with observations of precipitation. runoff. and soil moisture where
available.

Studies based on the various soil moisture indices have generally yielded similar soil
moisture-temperature relationships. Regardless of the analysis method or soil moisture parameter
used, the results for warm-season months indicate that, particularly in inland. non-arid areas, a
wet soil tends to depress the concurrent and subsequent monthly mean temperature, while a drier-
than-normal soil is favorable for higher-than-expected monthly mean temperatures (Walsh et al.
1985; Karl 1986; Chang and Wallace 1987; Williams 1992). Furthermore, contemporaneous soil
moisture-temperature correlations are consistently more strongly negative than correlations
between precipitation and temperature (Huang et al. 1996). When predicting monthly mean
temperatures, the inclusion of antecedent soil moisture in addition to antecedent temperature can
enhance the predictive skill over large portions of the interior United States during the warm
season, particularly at lags of several months (Huang et al. 1996). According to Karl (1986), the
relatively weak dependence of temperature on antecedent soil moisture anomalies in arid regions
such as the Southwest stems from the fact that the magnitude of surface evapotranspiration is low
in these areas, even during periods of above-normal precipitation. Due to processes such as
stratus clouds, sea breezes, and general onshore advection, which can suppress daytime
temperatures (Walsh et al. 1985; Karl 1986), soil moisture tends to also be only weakly

associated with subsequent temperature along the Pacific and Atlantic coasts.
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Since evapotranspiration takes place primarily during the day, it follows that daytime
temperatures should be more sensitive to variations in soil moisture than nighttime temperatures.
This hypothesis is supported by the findings of Chang and Wallace (1987), Williams (1992),
Georgakakos et al. (1995), and Huang et al. (1996). Using 5-day mean soil moisture time series
computed for the Bird Creek, Oklahoma. and Boone River. Iowa. watersheds with a rainfall-
runoff-routing model, Georgakakos et al. (1995) showed that, at Bird Creek during summer, the
correlation between soil moisture and daily maximum temperature peaks when soil moisture
leads maximum temperature by 5-10 days. At Boone River, on the other hand, the highest
correlation is found at zero lag. Based on these results it appears that the strength of the local
land-atmosphere feedback varies geographically even on the time scale of days. Furthermore.
temperature appears to be more sensitive to negative soil moisture anomalies than to positive ones
(Georgakakos et al. 1995), indicating that the relationship between soil moisture and temperature
may be nonlinear. Williams (1992) noted that the highest recorded temperature in July tends to be
higher during dry spells than during wet spells, suggesting that at least the upper part of the
distribution of maximum temperatures is shifted towards higher values under dry conditions.

In this chapter, the relationship between soil moisture and the frequency of extreme
summertime daily maximum temperatures across the United States are examined in an effort to
expand upon the work of Williams (1992), Georgakakos et al. (1995), and Huang et al. (1996). A
simple water balance model similar to the one described by Huang et al. is used to compute soil
moisture time series from observed precipitation and temperature. As in Huang et al., the use of a
simple water balance model in lieu of a more complex rainfall-runoff-routing model such as that
employed by Georgakakos et al. is the vehicle for extending the analysis of data from two
watersheds to locations across the United States. However, in order to be able to examine local

soil moisture-temperature relationships on daily time scales as in Georgakakos et al., the model is
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driven by daily station observations rather than by monthly climate division data. Other changes
to Huang et al.’s approach include the estimation of potential evapotranspiration by the Priestley-
Taylor method (Priestley and Taylor 1972) rather than by Thornthwaite’s method, the
incorporation of geographically varying soil water capacity, and the implementation of the
Variable Infiltration Capacity (VIC) parameterization (Stamm et al. 1994) for the computation of
runoff. The model presented here also contains a crude treatment of the effects of snow on the
water balance. The time series of daily soil moisture generated by the model are then used to
compare the distribution of summertime daily maximum temperatures at 80 stations across the
contiguous United States under conditions of anomalously dry and anomalously wet soil. This
approach permits the examination of the sensitivity of extreme daytime temperatures to soil

moisture variations.

3.2 Data

The data used in this chapter include daily maximum and minimum temperatures (T and
Twmin). precipitation, and percent of possible sunshine at 80 First Order Summary of the Day
(FSOD) stations in the contiguous United States (France 2000), estimated total available water
capacities near the stations (Batjes 1996), observed soil moisture at Peoria, [llinois (Hollinger and
Isard 1994), and monthly values of the PDSI and soil moisture anomaly (Z) index (Palmer 1965)
for the climate divisions in which the chosen stations are located. The period of record examined
is January 1948 through December 1995. From the FSOD dataset, which is described in more
detail in Section 2.1, stations have been selected on the basis of geographical location and data
availability. A map of the station locations is shown in Figure 3.1. The temperature and
precipitation observations are used as input time series to the soil moisture model as well as for

subsequent analyses.
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The water balance model described in the next section requires the specification of the
maximum soil water content (W ). For each station analyzed, this parameter is derived from the
International Reference Soil Information Centre’'s World Inventory of Soil Emissions Potentials
Database (ISRIC-WISE) which provides estimated ranges of total available water capacity in the
top 0-1 m of soil on a glohal 0.5° x 0.5° latitude/longitude grid (Baties 1996). In the dataset.
water capacities are expressed as equivalent depths and listed as ranges (e.g. 90-150 mm or >200
mm). In most cases, W, for a particular station is taken to be equal to the value at the center of
the water capacity range given for the land grid point nearest the station. For the ranges <90 mm,
<150 mm, and 200-500 mm, values of 75 mm, 150 mm, and 200 mm are chosen, since they
appeared to best fit the geographical distribution of total available water capacities. Although
W lies between 105 and 135 mm at most stations, it ranges from as low as 75 mm to as high as
200 mm. Numerical experiments with the model indicate that the results of subsequent analyses
are not very sensitive to maximum soil water content.

Bi-weekly to monthly soil moisture observations at Peoria, [llinois, as well as the PDSI and Z
index are used for model verification and consistency checks. The soil moisture observations
were taken in eleven layers between the surface and a depth of 2 m with a neutron probe on a bi-
weekly to monthly basis as part of the [linois Climatology Network (Hollinger and Isard 1994).
The PDSI and Z indices are part of the Time-Bias Corrected Temperature-Precipitation-Drought
Index dataset (National Climatic Data Center 1998). They are derived from monthly mean
temperature and precipitation in a multi-step process that begins with the application of a simple
bucket model in an effort to estimate the moisture deficit of a region. For further information, the
reader is referred to the dataset documentation and Palmer's (1965) report on the procedure for

computing these indices.
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3.3 Description and Verification of the Water Balance Model
3.3.1 Model Description

A daily time series of soil moisture is derived for each station by means of a simple water
balance model with a daily time step. The model is driven by daily temperature and precipitation
observed at the station. Locally, the time rate of change in the amount of water (W) in the top
layer of the soil is assumed to depend on the amount added by precipitation (P) minus the losses
resulting from evapotranspiration (E) and total runoff (R). Thus, the basic equation of the model
is:

dW/dt=P-E-R (3.1.

As will be described later in this section, precipitation is assumed to consist of rainfall (Pg)

and snow melt (M).
P=Pr+M 3.2)

In the absence of snow on the ground, evapotranspiration is computed from potential

evapotranspiration (E;) and an evaporation efficiency factor (B).
E=BxE; (3.3)

Following the work of Manabe et al. (1965), evapotranspiration is assumed to occur at the
potential rate when the soil is more than 75% saturated and to decrease linearly with soil moisture

below this threshold. Thus, B is expressed as

B=W/Wm  for WWn:<075 (3.4a)

and

=1 for W/Wq = 0.75 (3.4b)
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where W, is the maximum soil moisture content. The value of Wy, for each station is derived
from the [ISRIC-WISE dataset as described in the previous section.

E, is calculated according to the Priestley-Taylor method (Priestley and Taylor 1972), setting
the Priestley-Taylor parameter a equal to 1.26 and ground heat flux equal to 10% of the net solar
radiation at the surface (Kimball et al. 1997). Daily net solar radiation at the surface is expressed
as a function of latitude, elevation, day of the year, surface albedo, and diurnal temperature range
(DTR = Tmax — Twmin), following Buffo et al. (1972), Swift (1976), and Bristow and Campbell
(1984). The albedo of the ground is fixed at 0.2, a value that is representative of the albedo of
bare ground (Robock 1980). In the formula for daily net radiation, the DTR serves as an indicator
of the amount of radiation that is attenuated by clouds and other atmospheric constituents.

Runoff is computed using a Variable Infiltration Capacity parameterization (Stamm et al.
1994) that allows for soil moisture drainage during dry periods and sub-grid scale spatial
variability in soil moisture capacity. Total runoff is divided into two components, base flow (Qp)

and direct runoff (Qq):

R=Qy+Qu (3.5).

Base flow is assumed to be proportional to soil moisture storage:

Following Stamm et al. (1994), the base flow parameter ky is fixed at 0.005 day™. This
component of the total runoff ensures that some soil moisture drainage occurs regardless of the
amount or type of precipitation.

Direct runoff due to rainfall and snow melt is parameterized as follows (Stamm et al. 1994).
Letting Iy be the initial infiltration capacity of a grid cell, Wy equal the initial soil moisture

content, and I, be the maximum infiltration capacity within the grid cell, the form of the area-



averaged direct runoff depends upon whether or not the sum of Iy and any rainfall or snow melt

on the current day exceeds I, . Thus, Qq is defined as

Qi=P-Wp,+ W for Ip+P = Imax (3.7a)
and

Q4 =P = Wane + Wo + Wi X [1 = (1o+P) / )" *®] for(+P <ln,  (3.7b).

Here, B is a shape, or infiltration parameter that is fixed at 0.3, Imy is related t0 Wy, by the

formula
Imax = Wi / (1+B) 3.8)
and Iy is defined as
lo=Imex [1=(1-A)"]  (3.9).
The fractional area A of the grid cell with infiltration capacity less than L is given by
A=1-[(1-Wo/Wd*"*®  (3.10).

Thus, in the presence of precipitation, direct runoff occurs when the soil is saturated as well as
under certain conditions when the soil water content is not at its maximum capacity. By
definition, Qq is set to zero when both rainfall and snow melt are equal to zero.

Whenever there is no snow on the ground, the soil moisture is first adjusted for
evapotranspiration and base flow, which are based on the previous day's soil moisture. Direct
runoff is then calculated from the adjusted soil moisture and the current day's rainfall and snow
melt. Finally, the current day's soil moisture is obtained by adding the rainfall and snow melt to
the adjusted soil moisture and subtracting the direct runoff (Stamm et al. 1994). Any precipitation
that falls when the day's mean temperature (i.e. the average of the day’s maximum and minimum

temperatures) is below freezing is considered to fall as snow. When snow is on the ground, two
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separate water budgets are maintained for the soil and the snow. Both evapotranspiration from the
soil and direct runoff are set to zero, while base flow is allowed to continue in accordance with
Eq. 3.7. In addition, snow is assumed to sublimate at an estimated potential rate that is derived
from the Priestley-Taylor formula by substituting the latent heat of sublimation for the latent heat
of vaporization and changing the surface albedo from 0.2 to a value of 0.8 which approximates
the albedo of freshly fallen snow (Robock 1980). While the daily mean temperature remains
below freezing, the water equivalent of the snow on the ground changes as a result of sublimation
and any new snowfall. As soon as the daily mean temperature rises above 0°C, all of the snow is
melted, the water equivalent of the melted snow is added to the day's precipitation, and
evapotranspiration and direct runoff are allowed to resume. Although this treatment of snow is
very crude, it appears to be sufficient for a reasonable simulation of soil moisture during the
warm season. Experiments with albedos of 0.15 for bare ground and 0.7 for a snow-covered
surface indicate that although soil moisture values are slightly lower when the surface albedo is
decreased, soil moisture variability and, therefore, the results of this study are unaffected.

In summary, the model requires latitude, altitude, maximum soil water content, as well as
time series of daily maximum temperature, daily minimum temperature, and daily precipitation as
input and supplies daily time series of evapotranspiration, base flow, direct runoff, and soil
moisture as output. The parameters include the albedos of bare ground and snow, the Priestley-
Taylor parameter, the evaporation efficiency factor. the base flow coefficient, and the shape
parameter. Using the model, time series of daily soil moisture are calculated for each of the
stations shown in Figure 3.1. Since the previous day's soil moisture as well as the current day's
average daily temperature and precipitation are essential to the computation of each soil moisture

value, the length of the resulting time series at a particular station depends on the length of the
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continuous record of precipitation and temperature. At most stations, the time series extend over a

period of more than 30 years, and all stations have a continuous record of at least 20 years.

3.3.2 Model Verification

To verify that the daily soil moisture time series generated by the model are realistic, the time
series computed for Peoria, Illinois, was compared to soil moisture measurements taken at that
site during the common period of record of 1983-1988 (Hollinger and Isard 1994). Experiments
with several values of W, and soil moisture observations to various depths indicate that at
Peoria, the best agreement between computed and measured soil water content is achieved when
observations for the top 0.3 m of soil are considered, and W, in the model is set to 120 mm, i.e.
the value at the nearest grid point in the [SRIC-WISE dataset. Using monthly input data and a
different water balance model, Huang et al. (1996) found the correlation between observed and
simulated soil moisture to be largest for the top 1.3 m of the soil. The time scale of soil moisture
variations has been shown to increase with increasing depth (Hollinger and Isard 1994;
Georgakakos et al. 1995). One would therefore expect that in order to achieve optimal agreement
with the cbservations, a model with a monthly time step would require a larger maximum soil
water content and a deeper soil layer than a model with a daily time step. Thus, the disparity
between the results of this study and the results of Huang et al. are consistent with our current
understanding of soil moisture variability.

The observed and computed time series for Peoria that exhibit the highest correlation with
each other are shown in Figure 3.2a. To facilitate the comparison, computed values (black dots)
are plotted only on those dates for which measurements (gray vertical lines) are available. In
addition, the means and standard deviations of the two time series as well as the standard error of

the model (i.e. the root mean square difference between modeled and observed soil water content)
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for December-February, March-May, June-August, and September-November are shown in Table
3.L

Figure 3.2a and Table 3.1 indicate that the variations in the time series of observed and
modeled soil moisture are qualitatively similar. Over the entire six-year period (116 samples), the
correlation coefficient between the two time ceries is 0.86. However. both the mean and standard
deviation of W are underestimated by the model in late winter and early spring when snow melt
strongly affects soil moisture. During summer, the computed values, on average, are not quite as
low as the measurements. Nevertheless, the soil moisture anomalies for May-September of 1983-
1988 (48 samples) are correlated at a level of 0.73, and the standard deviations of the modeled
and observed time series are nearly identical.

Figure 3.2b displays standardized time series of the observed and computed soil moisture at
Peoria, while Figure 3.2c shows the end-of-the-month Z index for the climate division in which
Peoria is located. With the annual cycle removed, the correlation between W and observed soil
moisture drops to 0.77. The Z index, on the other hand, is correlated with the soil moisture
observations at a level of only 0.53. Two factors are likely to be primarily responsible for the
difference in the correlations for Z and W. Firstly, Z represents an area average over a climate
division, whereas W exhibits variability at one station. Secondly, the use of monthly rather than
daily data in the computation of the Z index is likely to introduce errors in the estimation of
runoff and evapotranspiration (Alley 1984).

The level of agreement between soil moisture observations and W may vary geographically.
Due to the limited availability of long-term soil moisture observations at locations in the
contiguous United States, a comparison of observed and computed soil moisture for other stations
around the country was not feasible at the time of this study. Nevertheless, the results for Peoria

suggest that for the purpose of studying local climatic relationships during the warm season, the



25

model-calculated soil moisture can be used as a reasonable proxy for the observations.

3.4 Local Soil Moisture-Temperature Relationships

In order to examine the sensitivity of temperatures to low-soil moisture conditions, the
summertime {(June-August) soil moisturc anomalies (W) at each station are stratified into "low"
and "other” values. A day's value of W’ is defined as low if it lies in the bottom quartile of the
station's summertime W' distribution. Figures 3.3 and 3.4 display the distributions of T and
Taia for June-August at Little Rock, Arkansas. Each black dot represents a temperature that is
observed on a day following a low-W’ day. Since temperatures in the dataset are reported in
whole degrees Fahrenheit, this unit of measurement has been retained in the plot. (To prevent the
dots from clustering at integer values of temperature and time, the data points have been
dispersed into 1°F x | day rectangles by adding to each temperature and time a number drawn
from a uniform random distribution with a half-width of 0.5.)

Figure 3.3 shows that at Little Rock, hot summer days are more likely during times of low
soil moisture than at other times. Of the 1174 observations of Tygx 295°F, 605 (52%) occurred on

a day immediately following a low-W' day. Considering that, by definition, low-W' days account
for only 25 percent of all days, the incidence of such days is about twice as high as would be
expected by chance. The fraction of daily maximum temperatures observed on the day following

a low-W’ day is even larger for more extreme temperatures: 220 of the 285 days with T
>100°F and 34 of the 38 days with Tamx = 105°F occurred under low-W' conditions. [n agreement

with previous studies (Williams 1992; Georgakakos et al. 1995; Huang et al. 1996), the
association between daily minimum temperature and soil moisture anomalies at Little Rock (Fig.

3.4) is much less pronounced than the relationship between T and W', In fact, there is little, if
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any, separation between the daily minimum temperatures for low-W' days and other days in
Figure 3.4.

An alternative method of presenting the relationship between Tmax and W' is to plot the
cumulative probability distribution of standardized daily maximum temperatures (Tmax) at Little
Rock for all summer days (all-day distribution) as well as for low-W' days (low-W' distribution;
Fig. 3.5). For this purpose, each Tmy is standardized using the annual cycles of the means and
standard deviations of Tmyx as approximated by the first four harmonics of their respective raw
climatologies. To derive the distribution for low-W’ days, the percentage of summer low-W' days
that are immediately followed by a day with T, greater than a certain threshold is calculated for
a range of thresholds. The all-day distribution is defined as the distribution of T, on all summer
days (i.e. for all values of W'). To emphasize the difference between the tails of the distributions,
the natural logarithm of each probability has been plotted in Figure 3.5. A comparison of the low-
W' and all-day distributions reveals the same relationship between soil moisture and extreme
daytime temperatures that is apparent in Figure 3.3: e.g. of all summertime Tix, 2.5% are more
than two standard deviations above normal, while of the T, on low-W' days, more than 8%
exceed the same threshold.

For an analysis of geographical variations in the strength of the relationship between Ty and
W', a "likelihood ratio" (r) has been computed from the low-W' and all-day percentages of days
with T, above a range of thresholds at each of the 80 stations shown in Figure 3.1. Specifically,
for a particular threshold (Z) and station, r is defined as the ratio of the low-W' percentage, or
conditional probability (p(T,,m' > T | low W"), to the all-day percentage, or unconditional

probability (p(Tax > Z)):

M(Z) = p(Tammx > Z | low W)/ p(Tex >Z)  (3.11)
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The all-day percentage is used in lieu of a percentage derived from the normal distribution since
the probabilities at the high end of the all-day distribution tend to be smaller than those at the high
end of the normal distribution (Fig. 3.5).

Values of r averaged over stations in eleven geographical regions (Fig. 3.1) are shown in
Table 3.2 for £ =0. L = 1. and T = 2. If for a particular region and temperature threshold, the
conditional and unconditional probabilities are equal, the corresponding r value is equal to 1.0.
On the other hand, when r(T = 2), for example, reaches a value of 2, then Ty is twice as likely to
be more than two standard deviations above normal after a low-W' day as on a randomly selected
summer day. Thus, only r values that are considerably larger than one are indicative of a
meaningful relationship between Tpmax and W',

Inspection of Table 3.2 reveals that r tends to decrease as the threshold temperature
decreases. For example, at inland stations in the Southeast, r decreases from 3.35 fort=2t01.39
for £ = 0. Hence, a prolonged soil moisture deficit has a more pronounced effect on the frequency
of very hot days than on the frequency of days with above-normal temperatures. Across the
United States, the value of r varies considerably for high temperature thresholds, but is relatively
small everywhere for £ = 0 (rightmost column in Table 3.2). Overall, the inland portions of the
southeastern United States exhibit the largest increase in the frequency of high daytime
temperatures between normal- or high-W’ conditions and low-W’ conditions. Among the other
inland regions, the probability of observing extremely high Ty is also significantly elevated
during dry spells in the interior Northeast, Midwest, Great Plains, and Rocky Mountain states.
Along the coasts of the Atlantic, the Gulf of Mexico, and the Pacific, r(X = 2) tends to be
somewhat smaller than farther inland. However, this pattern breaks down at lower temperature
thresholds. Overall, the weakest relationship between Tmx and W' is found along the Pacific

Coast, in the Pacific inland region, and in the Southwest.
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These geographical differences are in general agreement with those documented by Crutcher
(1978), Madden and Williams (1978), Karl and Quayle (1981), Namias (1983), Walsh et al.
(1985), Karl (1986), McNab (1989), Williams (1992), Huang and Van den Dool (1993), and
Huang et al. (1996). However, for extreme Tm. the relationship between Ty and W' is
strongest in the Southeast rather than in the Southern Great Plains where correlations of mean
temperature with precipitation and soil moisture tend to be largest. It is also interesting to note
that Karl and Quayle (1981) and McNab (1989) found dry summers in the Northeast to be equally
likely to have above-median and below-median monthly mean temperatures, while this study
shows that a relatively large fraction of daily maximum temperatures that are at least two
standard deviations above normal occurs under low-soil moisture conditions. This difference is
likely to be attributable to the greater dependence of daily maximum temperatures on soil
moisture as well as to the nonlinearity inherent in the soil moisture-temperature relationship.
Based on the evidence presented in Table 3.2, the association between Ty and W' appears to
be strongest in inland regions that normally experience abundant rainfall and rather weak in areas
that receive small amounts of rain. To further examine this relationship, cumulative probability
distributions of T, under low-W' conditions and the corresponding likelihood ratios have been
computed for humid inland, arid inland, and humid coastal stations (Table 3.3). Here, a station is
considered to be located inland if it lies at least 150 km from the nearest coastline and to have a
humid (dry) climate if it records more than 1000 mm (less than 300 mm) of precipitation
annually. This stratification yields groups of 12 humid inland, 14 arid inland, and 8 humid coastal
stations. Because, according to these definitions, only one coastal station is classified as arid, no
statistics are included for the arid coastal category.
Table 3.3 confirms the impressions gained from Table 3.2. At humid inland stations, the

probability of observing a Tugthat is more than two standard deviations above normal is more
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than three times higher following the occurrence of a low-W' day than on a randomly selected
day. Adjacent coastal stations exhibit a 2.4-fold increase in the same probability, while desert and
semi-desert locations exhibit only a 1.6-fold increase. As in Table 3.2, these contrasts are less
pronounced for less extreme temperature thresholds.

To investigate the temporal persistence of the relationship between T and W', (X = 2) has
been computed for various times between 60 days prior to a low-W' day (lag N = -60) and 60
days after a low-W' day (N = +60) by shifting W’ relative to the June-August time series. For
example, when the lag is equal to +1 day, then W' of June [-August 30 is matched with Toax Of
June 2-August 31, while for a lag of +60, W' of April 3-July 2 is paired with Ty for June 2-
August 31. Table 3.4 shows values of (£ = 2) as a function of the lag between W' and Toax fOr
the same three groups of stations used to construct Table 3.3.

Overall, the r values are relatively symmetric about the zero lag. However, at humid inland
stations, the values are slightly higher at lags between +5 and +30 days than at -5 to -30 days. At
the arid inland stations, on the other hand, the r values appear to be shifted slightly towards
negative lags. With increasing positive lag (i.e. following a low-W' day), r(Z = 2) decreases at
approximately the same rate in each of the three regions. Since, around lag zero, the humid inland
stations report the largest r values, the relationship between T and W' remains significant for a
greater length of time at those stations than in the other two regions. Thus, the regional
differences that are very pronounced on day | persist to some degree for at least a month after the
low-W’ event. In this respect, the results of this study are consistent with those of previous
investigations that employed monthly rather than daily data (e.g. Williams 1992; Huang and Van
den Dool 1993; Huang et al. 1996).

Table 3.5 shows the autocorrelation functions of Tmx as well as cross-correlations between

W' and T, for the summer season. The cross-correlations are computed by shifting the time
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series of five-day averages of W' backward and forward in time relative to the time series of five-
day averages of Tmx for June-August. Because slightly different data are used for sampling
positive lags than for sampling negative lags, the autocorrelations are not completely symmetric
about the zero lag.

In Table 3.5, the strongest soil moisture-temperature relationship is again found at humid
inland stations. In contrast to the low-W’ probability distributions and likelihood ratios in Tables
3.2 - 3.4, the cross-correlation functions for arid inland and humid coastal stations do not differ
significantly from one another. Furthermore, the cross-correlations peak at lag zero in all three
regions and are considerably larger when Tmas leads W’ by 5 days (lag = -5) than when W’ leads
Tms (lag = +5). The high positive correlations at short negative lags reflect the fact that warm,
dry weather tends to deplete soil moisture. Compared to the autocorrelations of Tms » the
correlations between W’ and Ty are smaller, particularly at lag +5, indicating that on a time
scale of days, the persistence of T is a better predictor of Tmx than soil moisture. However,
previous work by Huang et al. (1996) suggests that a combination of W' and Ty should improve

the Tmx forecast, at least in humid inland regions.

3.5 Summary and Discussion

In a prior study, Georgakakos et al. (1995) showed cross-correlation functions of five-day
averages of computed soil moisture anomalies and observed maximum temperature anomalies for
the Bird Creek, Oklahoma, and the Boone River, Iowa, watersheds. For the period 1949-1988.
they found the correlation at Bird Creek to be -0.65 for soil moisture leading temperature by 5-10
days. When the analysis techniques of this study are applied to stations near Bird Creek for a
similar period of record, the highest negative cross-correlations between Teas and W' occur at lag

zero and tend to be somewhat smaller (-0.55) than those found by Georgakakos et al. By lag +5,
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the correlations have dropped to below -0.4. The magnitude (-0.4) and lag (0) of the peak
correlation in the area of Boone River, on the other hand, agree with Georgakakos et al.'s
calculations.

The discrepancy between the results of Section 3.4 and those of Georgakakos et al. (1995)
can be attributed to the use of two substantiallv different models for the computation of soil
moisture: in contrast to the highly simplified bucket-like one-layer model of the local water
balance used here, Georgakakos et al. employed a more complex hydrological model with a two-
layer representation of the soil that is calibrated to runoff and applied to an entire watershed.
However, it is currently unclear exactly which processes are responsible for the difference in
results.

Synoptic-scale circulation patterns that are favorable for strong daytime heating and a lack of
precipitation may contribute to the relationship between soil moisture and T - For example, if a
synoptic situation that produces a dry soil persists, there may be a tendency for the days following
a low-W' day to be unusually sunny, resulting in stronger surface heating and higher daytime
temperatures. Figure 3.6 shows the distribution of June-August daily maximum temperatures at
Little Rock only on mostly sunny days, with low-W' days identified by black dots, as in Figure
3.3. A day is defined as mostly sunny if the percent of possible sunshine exceeds 75%. In
addition, the cumulative probability distributions of summertime T for humid inland stations
on various categories of days are listed in Table 3.6.

The clustering of black dots (low-W' days) toward the top of the temperature range appears to
be at least as pronounced in Figure 3.6 as in Figure 3.3, suggesting that differences in cloudiness
between low-W' and other days are not the primary factor accounting for the association between
low W' and high Ty, . The same conclusion can be drawn when comparing the clear-day and all-

day distributions for all humid stations (Table 3.6). Table 3.6 also shows that the change in the
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distribution of Tny. is smaller following a day with no precipitation than after a low-W' day,
indicating that at humid inland stations, the higher percentages after a low-W' day are not merely
a reflection of the meteorological conditions on the previous day, but also incorporate memory of
prior meteorological conditions.

Record and near-record high temperatures are found to be particularly likely during periods
of moisture deficit over the interior Southeast. According to Brubaker et al. (1993) and Eltahir
and Bras (1996), local evapotranspiration contributes a significant fraction of the moisture
available for summertime precipitation over this area. Thus, the strength and relatively long
memory of the soil moisture-temperature relationship in the Southeast are consistent with the idea
that the impact of the land-atmosphere feedback on regional climate is directly related to the
fraction of precipitation recycled from land evaporation (e.g. Delworth and Manabe 1988).
Although not explicitly included in the water balance model used here. transpiration from
vegetation has also been identified as a significant component of the feedback between land and
atmosphere (Shukla and Mintz 1982; Dirmeyer 1994; Yang et al. 1994; Koster and Suarez 1996;
Xue et al. 1996), since plant transpiration decreases, and daytime leaf temperatures increase when
plants become water-stressed (e.g. Somayao et al. 1980; Gardner et al. 1981).

Since the monthly Palmer Z index and PDSI are widely used as indicators of dry spells, it is
interesting to compare the dependence of Tmax on W, the Z index, and the PDSI. The comparison
is best made by using the end-of-the-month values of W' since individual values of the Z index
and PDSI represent conditions at the end of a month. Using index values for May, June, and July,
the cumulative probability distributions of all T during the month following a low value of
each index are computed (Table 3.7). An index value is considered low if it falls into the bottom
quartile of all of the index’s May-July values. The resulting distributions can be compared to the

monthly distribution of T, obtained when all Junes, Julys, and Augusts are considered, as well
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as to the distribution of Ty during the month following a low monthly precipitation anomaly
P).

The frequency of high afternoon temperatures tends to be considerably larger during a
summer month after a low P, W', Z index, or PDSI than during all summer months combined.
The differences among the distributions based on W’ and the Palmer indices are small compared
to the shift in the distribution between overall and dry conditions as measured by any of these
three indices. Although the percentages following a low-P’ month are slightly smaller than those
following a month with a low W', Z, or PDSI, the difference between the low-P’ and low-W'’
distributions is considerably less pronounced for monthly than for daily data. These results
suggest that the processes that contribute to the difference between the no-precipitation and low-
W' distributions for daily data (Table 3.6) operate primarily on time scales shorter than one
month. Table 3.7 further indicates that, in terms of capturing the summertime relationship
between antecedent moisture conditions and Tpmy in humid inland regions on time scales of one
month, W' is interchangeable with the Z index and the PDSI, and P’ provides nearly as much
information as any of the soil moisture indices considered.

In summary, it may be concluded from the results of this study that (1) additional information
is gained when relationships between meteorological and land surface conditions are studied with
daily, rather than monthly, soil moisture time series; (2) in inland regions east of the Rocky
Mountains, and particularly in the Southeast, the distribution of summertime daily maximum
temperatures is shifted towards higher temperatures when the soil is dry, and (3) this shift is most
pronounced at the high end of the frequency distribution, i.e. for near-record high temperatures.
As suggested by Walsh et al. (1985) and Karl (1986), a persistent moisture deficit, low
evapotranspiration rates, and marine influences appear to weaken the relationship between soil

moisture and extreme daytime temperatures in certain parts of the country. Empirical evidence of
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the processes responsible for the geographical variations in the strength of the soil moisture-
temperature relationship may be gathered in future work by analyzing soil moisture and
meteorological observations available from sources such as the Global Soil Moisture Data Bank
(Robock et al. 2000). Alternatively, it may be possible to improve the correspondence between
observed soil moisture and soil moisture simulated by the water balance model by adding a
second soil layer and varying the evaporation efficiency factor based on vegetation type.

Since variations in soil moisture influence daily maximum temperatures, while leaving daily
minimum temperatures largely unaffected, the results of this chapter imply that a dry soil favors a
higher diurmal temperature range than a wet soil. This finding is in agreement with the results of
an empirical case study by Dai et al. (1999) and numerical experiments by Cao et al. (1992),
Verdecchia et al. (1994), and Mearns et al. (1995). The potential impact of land surface processes

on the DTR is further considered in the next chapter.



TABLE 3.1 Comparison of observed and modeled soil

moisture climatologies at Peoria, Illinois, 1983-1988.

Means and standard deviations (STD) of soil water

content and the standard error (SE) of the model (i.e.

the root mean square difference between the modeled

and observed soil water content) are given for the

three-month seasons December-February (Winter),

March-May (Spring), June-August (Summer), and

September-November (Fall). All values are in mm. The

number of samples (N) is also listed for each season.

Season N
Winter 18
Spring 38

Summer 37
Fall 23

Observed
Mean STD
112 17
91 38
35 23
69 41

Modeled SE
Mean STD
102 12 16
74 27 I8
43 24 24
70 29 17

35



TABLE 3.2 Regional values of the likelihood ratio
(r(X)) for various thresholds () of standardized
daily maximum temperature (Tmae). For each
threshold, values are relative to the fraction of all
summer days with Tug, greater than the threshold.

See text for further explanation.

Region R(X=2) riZ=1) rZ=0)
Pacific Coast 1.34 1.24 1.14
Pacific Inland 1.59 1.23 1.08
Southwest 1.37 1.39 1.21
Rocky Mountains 2.54 1.58 1.20
N. Great Plains 247 1.69 1.26
S. Great Plains 245 2.05 1.39
Gulf Coast 2.86 2.11 1.32
Southeast Inland 3.35 2.35 1.39
Midwest 2.70 1.70 1.23
Northeast Inland 2.63 1.57 1.20

Atlantic Coast 2.21 1.57 1.21

36



TABLE 3.3 Probability (p. in %) and likelihood ratio (r) for
various thresholds (Z) of standardized daily maximum
temperature under low-soil moisture conditions at humid

inland, arid inland, and humid coastal stations.

4

Humid inland Arid inland Humid coastal
p r p r p r

2.0 5.1 33 1.2 1.6 3.7 24
1.0 339 2.3 2L7 1.4 25.2 1.8
0.0 72.6 1.4 63.8 1.2 65.7 1.3
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TABLE 3.4 Likelihood ratio of observing a
daily maximum temperature at least two
standard deviations above normal (r(X=2)) for
selected lags between 60 days before (N = -60)
and 60 days after (N = +60) a summertime low-

soil moisture day.

N Humid Arid Humid
inland inland coastal
-60 1.5 0.8 1.4
-30 1.7 i.1 1.1
-15 2.0 1.4 1.4
-10 2.3 1.4 1.9
-5 2.8 1.5 2.1
-1 33 1.7 2.5
0 34 1.6 2.6
I 33 1.6 2.4
5 2.9 1.4 1.9
10 2.5 1.1 1.8
15 2.2 1.1 1.6
30 1.8 1.3 1.4

60 1.5 1.4 1.1

38



TABLE 3.5 Cross-correlations x100 of June-August standardized daily
maximum temperature (Tx) With itself and soil moisture anomalies
(W") for lags between —60 and +60 days. Correlations are computed
from time series of five-day averages and are averaged over humid
inland, arid inland, and humid coastal stations. A lag of +N (-N)

indicates that the time series in the column heading leads (lags) the JJA

T by N days.
N Humid inland Arid inland Humid coastal
Tonas w Tonax 4 Tonar w’
-60 12 -7 6 2 12 -5
-30 17 -13 5 -6 14 -8
-15 24 -25 8 -14 18 -17
-10 27 -33 15 222 19 -26
-5 46 41 35 -34 35 -37
0 100 47 100 -36 100 -38
5 44 -29 35 -15 34 -17
10 25 -20 14 -9 18 -12
15 21 -17 8 -7 16 -11
30 15 -11 5 4 13 -9

60 6 -10 4 -5 6 -5
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TABLE 3.6 Average cumulative probability distributions
of standardized daily maximum temperatures at humid
inland stations for various categories of summer days
(June 1-August 31). All denotes all summer days; P
denotes days preceded by a day without precipitation; W'
denotes days preceded by a day with a low soil moisture
anomaly; S denotes all mostly sunny days; W’ S denotes
mostly sunny days preceded by a day with a low soil

moisture anomaly.

z All P w’ S w'S
2.0 1.5 2.1 5.1 1.9 7.7
1.0 14.9 19.1 338 18.9 4438

0.0 53.1 613 726 62.1 82.9

40



TABLE 3.7 Average cumulative probability distributions of
standardized daily maximum temperatures at humid inland
stations for various categories of summer months.
Distributions are given for all Junes, Julys, and Augusts (All)
as well as for the months following a May, June, or July with
a low monthly precipitation anomaly (P"), a low end-of-the-
month soil moisture anomaly (W'), a low Z index (Z), and a

low Palmer Drought Severity Index (PDSI).

z All p’ w’ zZ PDSI
2.0 L.5 3.2 3.3 34 32
1.0 148 233 246 242 238

0.0 528 614 626 623 62.6

41



FIGURE 3.1 Map of stations and regions used in this chapter.
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FIGURE 3.2 Soil moisture time series for Peoria, Illinois, 1983-1988. (a) Raw observed
and computed soil water content (cm); (b) observed and computed soil moisture anomalies
(cm); (c) the Palmer Z index for the climate division of Peoria. In panels a and b,
observations are given for the top 30 cm of the soil and are plotted as gray vertical lines.
Measurements were taken approximately once a month between October and February
and once every two weeks between March and September; three observations are missing.
Computed values are identified by black dots and are plotted only on days on which

observations are available.
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FIGURE 3.3 Distribution of June-August (JJA) daily maximum temperatures at Little
Rock. Arkansas, 1949-1995. Calendar days are plotted along the x-axis, temperatures (in
°F) along the y-axis. Temperatures observed on the day after a soil moisture anomaly
(W") which falls into the lowest quartile of all of the stations’ JJA W’ values are shown
in black.
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FIGURE 3.4 Distribution of June-August daily minimum temperatures at Little Rock,
Arkansas, 1949-1995. Plotting conventions are the same as in Figure 3.3.
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o 1 2
FIGURE 3.5 Cumulative probability distributions of standardized daily maximum tem-
peratures (Tmax"). Distributions are based on summer low-soil moisture days (solid line),
all summer days (dashed line), and the assumption that Tmax* follows a normal distribu-

tion (dotted line). Thresholds are plotted on the abscissa; the percentage of Tmax" greater
than a given threshold are plotted on a logarithmic scale on the ordinate.
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FIGURE 3.6 Distribution of daily maximum temperatures on summer days with more
than 75% of possible sunshine at Little Rock, Arkansas, 1949-1995. Plotting conventions
are the same as in Figure 3.3.
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CHAPTER 4

The Warm Season Dip in the Diurnal Temperature Range

Over the Eastern United States

4.1 Background

In recent years, Robinson et al. (1995) and Leathers et al. (1998) have demonstrated that the
shape of the annual cycle of the diurnal temperature range (DTR) varies across the contiguous
United States. Over much of the West as well as the northern tier states (regions 1 and 3 in
Leathers et al.), the DTR peaks during summer and reaches its minimum during the winter. From
the central and southern Great Plains eastward to the Atlantic Ocean (region 2 in Leathers et al.),
however, the DTR climatology exhibits two comparable maxima, one during spring and one
during autumn, that are separated by a distinct, broad summer minimum. The characteristic
double peak is not well-simulated by general circulation models: between spring and autumn, the
seasonal variations in the DTR tend to be smaller in the models than in the observations (Kukla
et al. 1995; Mearns et al. 1995). In light of the widespread decrease in the DTR over the past
several decades and its possible relationship to human activities (e.g. Karl et al. 1993b), the
correct simulation of the DTR by climate models is of major importance.

An understanding of the reasons for the discrepancy between models and observations may
be gained by examining the factors that influence seasonal changes in the DTR. As discussed in
Chapter 1, shortwave radiative forcings tend to exhibit a greater diurnal asymmetry than
longwave forcings, primarily because the diurnal cycle of solar radiation is considerably more
pronounced than the diumal cycle of thermal radiation (Stenchikov and Robock 1995; Campbell

and Vonder Haar 1997; Dai et al. 1999). Factors that may affect seasonal changes in the DTR by
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modulating daily maximum temperature include insolation, the reflection of solar radiation by
clouds, surface albedo, and surface evapotranspiration (Ruschy et al. 1991; Karl et al. 1993b;
Mearns et al. 1995).

The rise in the climatological-mean diumnal temperature range from winter to spring that
takes place over most of the United States has been attributed to a decrease in surface albedo as a
result of the disappearance of snow cover (Ruschy et al. 1991; Schwartz 1996), an increase in net
incoming solar radiation (Ruschy et al. 1991), as well as a lifting of ceiling heights and a
decrease in the percentage of coverage of clouds (Karl et al. 1993b). All of these changes
enhance the amount of radiation absorbed at the surface during the day and thus favor a more
rapid rise in daily maximum temperature than in daily minimum temperature. In much of the
northern and western United States, daytime temperatures and the DTR continue to climb up to
their summer peak as cloudiness continues to decrease (Leathers et al. 1998). The abrupt leveling
off of the DTR after the spring peak in the eastern United States, which occurs despite a
continued increase in net radiation and decrease in cloudiness (Ruschy et al. 1991), has been
linked to the seasonal onset of the growing season.

Schwartz and Karl (1990), Schwartz (1992), and Schwartz (1996) analyzed changes in the
atmospheric boundary layer relative to observed first-leaf emergence dates for cloned species of
lilac at stations across eastern North America. According to these studies, atmospheric water
vapor increases following the first-leaf date, and the rise in the daily maximum surface air
temperature slows relative to the rise in 850-700 mb thickness. The authors conclude that the
increase in atmospheric humidity may reflect an enhancement of surface evapotranspiration rates
as a result of the onset of foliage production, and that the increase in the surface latent heat flux,

in turn, suppresses daytime temperatures and the DTR.
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According to Dai et al. (1999), who investigated the observed relationships between the
DTR, specific humidity, and soil moisture on clear summer and autumn days, evaporative
cooling has a greater influence on the DTR than any direct radiative effects of atmospheric water
vapor. Since transpiration rates tend to rise with increasing net incoming solar radiation, and both
moisture and vegetation arc abundant in the castern United States during summer, the importance
of this effect may be expected to increase until mid-summer and then decrease during late
summer and autumn, particularly after the senescence of vegetation (Xue et al. 1996).
Evapotranspiration rates are lower and vegetation is less abundant over the western United States
than in the East. Therefore, the impact of surface evapotranspiration on the annual march of the
DTR is likely to be less important in the West.

In this chapter. daily surface and 850-mb data over the eastern United States are analyzed in
search of further evidence of the influence of transpiration from vegetation on seasonal variations
in the DTR. The strategy is to (1) examine the distance between the spring and fail peaks in DTR
climatologies for various latitude bands in refation to the length of the growing season, (2)
determine whether atmospheric changes around the time of the autumn DTR peak mirror those
observed during spring, and (3) stratify the data according to the percent of possible sunshine in
order to separate the influence of cloudiness on the DTR from other effects. In an attempt to
separate the potential effects of surface and boundary-layer processes on surface air temperature
from the effects of dynamics in the free atmosphere, a “relative surface air temperature” has been
defined. The day-to-day variability of this temperature represents changes in surface air
temperature relative to those expected from variations in 850-mb temperatures and. therefore,
mainly reflects variability associated with surface and boundary layer processes. The

consideration of changes in meteorological conditions around the time of both the spring and fall
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peaks in the DTR may permit the extension of Schwartz's findings to include the effects of

vegetation on the DTR throughout the growing season.

4.2 Data

The data used in this analysis consist of daily maximum temperaturc, daily minimum
temperature, and percent of possible sunshine at selected First Order Summary of the Day
stations across a large portion of the eastern United States (France 2000) as well as 00Z and 12Z
850-mb temperatures and geopotential heights from the NCEP/NCAR Reanalysis (Kalnay et al.
1996). For further details on these datasets, the reader is referred to Chapter 2. Stations whose
record of daily maximum and minimum temperatures between 1966 and 1995 is at least 90%
complete and which lie within the area of the eastern United States in which the DTR
climatology exhibits the characteristic warm season dip are included. In addition. the area of
study is adjusted to match the resolution of the NCEP data. The result is a set of 53 stations
within the area 31.25°N - 43.75°N, 80°W - 90°W (Fig. 4.1). When analyses are restricted to
mostly sunny days, only the 22 stations whose 1966-1995 record of percent of possible sunshine
is at least 90% complete are used. These stations are identified by open circles in Figure 4.1.

In an attempt to emphasize variations that may be caused by fluctuations in surface
processes, time series of "relative surface air temperature” have been computed for the late
afternoon and early morning from daily maximum and minimum surface air temperatures at each
station together with 00Z and 12Z 850-mb temperatures and geopotential heights at the nearest
NCEP Reanalysis grid point. For each record, the 850-mb temperature (Tsso) is projected onto the
surface by adding to it the product of the dry adiabatic lapse rate (I'q = 9.8 x 10° °C m™) and the
850-mb level's height (zsso) above the surface (z;). The resulting reference temperature is then

subtracted from the corresponding observed surface air temperature to obtain the relative surface
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air temperature (T, ). Morning T, (T, (am)) is derived from daily minimum temperature (Tria) and
the same day's 12Z 850-mb temperature and height, while afternoon T, (T, (pm)) is derived from

daily maximum temperature (T ) and the corresponding 00Z 850-mb data.

T.(am) = Tpin — [Taso (12Z) + [y X (zgso (12Z) - 2,)]
4.1)
T, (pm) = Tuux — [Taso (00Z) + [y X (zgs0 (00Z) - 2,)]

Positive (negative) values of T, indicate that the lapse rate between the surface and the 850-mb
level is steeper (less steep) than the dry adiabatic lapse rate. An increase (decrease) in T,
therefore represents either a warming (cooling) of the surface relative to the atrmospheric
boundary layer or a cooling (warming) of the 850-mb level relative to the surface. As discussed
in the previous section, enhanced surface evapotranspiration rates, for example, would act to
decrease T, (pm) by inhibiting daytime surface heating, while leaving T,(am) unchanged. Any
potential differential radiative effects of clouds at the surface and 850-mb level will be
minimized by restricting the analysis of T, to mostly clear days. Differences in temperature
advection at the two levels, which may be significant in certain synoptic situations, are likely to

average out in the climatological mean.

4.3 Results and Discussion

Figure 4.2 shows the climatologies of the DTR between 80°W and 90°W for five adjacent
latitude bands centered at 42.5°N, 40.0°N, 37.5°N, 35.0°N, and 32.5°N. The climatological mean
for each station is determined by computing, for each day of the year, the arithmetic mean of the
differences between daily maximum and minimum temperatures. The resulting daily means are
then averaged over the stations located within each of the five areas. Progressing from north to

south, the character of the annual cycle of the DTR clearly changes: the distance between the two
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peaks widens during the warm half of the year, the summer dip becomes more pronounced, and
the winter minimum becomes less prominent. In the northern two latitude bands, the spring
maximum is larger than the autumn maximum, whereas the maxima are of comparable magnitude
farther to the south. Based on the findings of the studies cited in Section 4.1, the factors that may
contribute to these scasonal and geographical variations in the DTR include net incoming solar
radiation at the top of the atmosphere, cloudiness, and evapotranspiration from soil and
vegetation.

All other things being equal, an increase in both daily net incoming solar radiation and the
length of the day results in enhanced daytime surface heating, while a shortening of the night
favors a reduction in radiative cooling and, therefore, a rise in daily minimum temperature. The
former effect tends to outweigh the latter (e.g. Ruschy et al. 1991). Thus, based on seasonal
changes in net incoming solar radiation and the number of daylight hours alone, one would
expect the DTR to be at a minimum in winter and at a maximum in summer, and the amplitude of
this seasonal cycle to decrease from north to south. Indeed, the wintertime DTR values tend to be
larger in the south than in the north, whereas the summertime values do not increase towards the
south. However, the largest values of the DTR are not observed around the time of the summer
solstice.

The annual cycle of net shortwave radiation at the surface is modulated by changes in
cloudiness. Figure 4.3 shows the climatology of the percent of possible sunshine (psu) for the
2.5°-wide latitude bands centered at 40°N and 35°N which are representative of the northern and
southern portions of the study area. Each climatology constitutes an average over seven stations.
While both curves in Fig. 4.3 exhibit a minimum during winter, the amplitude of the seasonal
cycle and timing of the maximum in the two regions differ. The annual march is more

pronounced in the north, mainly due to lower winter values. The curve of pwu. reaches its
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maximum during summer in the 40°N latitude band, but remains nearly flat between April and
October in the 35°N latitude band. These results are in agreement with published seasonal mean
climatologies of total cloud amount and sunshine duration over the eastern United States (Warren
et al. 1986; Angell 1990).

A comparison of the shapes of the pwn curves in Figure 4.3 and the cemrespending DTR
climatologies, plotted as the second and fourth curves from the top in Figure 4.2, reveals a strong
correspondence between seasonal variations of the two variables during the cold season. During
the warm season, however, the shapes of the pe, and DTR curves differ significantly, indicating
that cloudiness cannot be the decisive factor in determining the DTR during that half of the year.
To further facilitate the assessment of the effects of seasonal changes in cloudiness on the DTR,
the DTR climatologies for mostly sunny days (pw. >75%) and all other days (pwn <75%) have
been plotted for the 40°N and 35°N latitude bands in Figure 4.4. The climatologies for mostly
sunny days, denoted by black dots, are computed by averaging, for each day of the year, only the
DTR values that occur on days with p, >75%.

Except on a few days during December and January in the 40°N latitude band, the average
DTR is clearly higher on mostly sunny days than on other days. This difference reflects the
efficiency with which clouds inhibit the daytime rise of surface air temperature by reducing the
amount of shortwave radiation that reaches the surface. As discussed in Chapter 3, the relatively
small effect of cloudiness on the DTR during mid-winter in the north is likely to be in part a
result of relatively low incoming solar radiation (Dai et al. 1999) and may also be related to the
frequent presence of snow cover (Groisman et al. 1994; Sun et al. 2000). Since the amount of
wintertime incoming solar radiation is larger and snow cover is less frequent in the southern

region, cloudiness has a stronger influence on the DTR there.
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Overall, the characteristic seasonal maxima and minima in the DTR are more pronounced in
the climatologies for mostly sunny days than in the other-day climatologies. If changes in
cloudiness were responsible for the warm season dip in the DTR, then the amplitude of this dip
should be reduced, if not eliminated, in the sunny-day DTR climatology. Instead, the dip is more
prominent for psw >75% (Fig. 4.4, black) than for all days (Fig. 4.2) and is virtually absent when
only days with py, <75% are considered (Fig. 4.4, gray). Furthermore, the dip remains
prominent even when the DTR climatology is calculated using days on which p.., exceeds 99%
(not shown). Together, these results indicate that although cloudiness plays a significant role in
determining the DTR on a day-to-day basis within a particular season (Karl et al. 1987; Dai et al.
1999), it does not account for the peculiar character of the annual march of the DTR in the
eastern United States. This conclusion is in agreement with Leathers et al.'s (1998) finding that
cloud amount does not explain a significant portion of the variance in the DTR's annual march.
The pronounced warm season dip in the sunny-day DTR climatologies further suggests that
this dip is caused by a process that limits the ability of solar radiation to heat the surface during
the day and whose effect is particularly strong during summer. The north-to-south progression of
the climatological peaks in the DTR towards earlier in the spring and later in the fall (Fig. 4.2) is
consistent with a lengthening of the growing season from north to south. In order to obtain a
more quantitative measure of the change in the warm season inter-peak distance, the dates of
occurrence of the spring and autumn maxima at each station are computed from DTR
climatologies that have been smoothed with a five-day running mean. These dates are then
averaged over each of the five latitude bands, and the difference between the autumn and spring
dates is determined. The results, shown in Table 4.1, confirm the impression gained from Figure
4.2. As the spring peak moves from late May in the north to mid-April in the south, the autumn

peak shifts from late September to early November, and the inter-peak difference increases from
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four months (124 days) to nearly seven months (203 days). Similar results are obtained when the
same analysis is conducted for sunny-day DTR climatologies (not shown), again indicating that
the timing of the peaks is independent of variations in cloudiness.

A map of 30-year average first-leaf emergence dates of three cloned species of lilac and
honcysucklc over a porticn of eastern Nerth America (Eastern North America Phenology
Network 1999) shows a north-to-south change similar to that of the DTR's spring maximum. The
first-leaf date shifts from late April in northern New England to early March in Tennessee and
North Carolina. Since lilac and honeysuckle tend to be among the first plants to leaf out, the bulk
of the leaves of all plants will probably not emerge until somewhat later. Thus, the timing of the
DTR's spring maximum (Table 4.1) appears to be tied to the onset of the growing season. This
association is consistent with Schwartz's hypothesis that increased evapotranspiration at the time
of green-up may suppress the DTR through daytime evaporative cooling at the surface and may
thus contribute to the change in slope of the DTR climatology during spring.

In Figure 4.5, climatologies of average daily maximum and minimum temperature (Tmx and
Tia) as well as afternoon and morning relative surface air temperature (T, (pm) and T, (am)) on
mostly sunny days (psu» >75%) are displayed together with the sunny-day climatologies of the
DTR and the daily range of relative surface air temperature. The elimination of days with psu
<75% again minimizes the potential effects of variations in cloudiness on the plotted variables.
For this figure, values have been averaged over all 22 stations within the study area for which
sufficient sunshine data are available. Solid vertical lines mark the dates of the DTR maxima in
the annual march. The time rate of change of relative surface air temperature with calendar date,
as defined in the previous section, indicates whether the surface is growing warmer or cooler
relative to the 850-mb temperature and thus emphasizes the changes in surface air temperature

that are due to variations in surface processes. Since, in the climatological mean, diurnal
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variations in 850-mb temperature are small, the annual cycles of DTR and the diurnal range in T,
are virtually identical (Fig. 4.5a, c).

On mostly sunny days in spring, T and T, (pm) increase rapidly with calendar date leading
up to the DTR maximum (Fig. 4.5b, d). The slope in T, (pm) begins to decrease at or just before
the spring DTR peak, and the curve flattens out a fow weeks later, whereas Tox increases
steadily throughout the spring. These results imply that after the DTR maximum, the seasonal
warming of the surface relative to the warming of the lower atmosphere ceases during the day but
continues at nighi. The daytime changes are similar to those found to take place following the
emergence of leaves (Schwartz and Karl 1990; Schwartz 1996). Thus, it appears that the
springtime reduction in the DTR is linked to the increase in evapotranspiration from emerging
vegetation.

Climatologies of the weekly Normalized Difference Vegetation Index (NDVI; not shown)
are in qualitative agreement with those of the DTR in the eastern United States during spring in
that the DTR maximum usually occurs one to two weeks after the onset of a rapid increase in the
NDVL. It is unclear why the DTR maximum does not occur shortly before or exactly at the time
of green-up. One possible explanation is a discrepancy between satellite-based measurements of
the spring green wave and surface phenology. Schwartz and Reed (1999) found that over the
eastern United States, satellite-based estimates of the start of the spring season consistently fell
one to two weeks before first leaf emergence dates computed by a “Spring Index Model” from
surface meteorological observations. Perhaps the evapotranspiration from the first green leaves
sensed by the satellite is not yet sufficient to suppress daytime temperatures in the presence of
rapidly increasing clear-day solar radiation. However, a detailed comparison of the DTR and
NDVI climatologies is not possible because the determination of the exact time of green-up from

the NDVI is complicated by the various uncertainties in the NDVI data, the biweekly resolution
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of the NDVI, and a dependence of the NDVI on vegetation type, soil type, and illumination
(Reed et al. 1994).

Throughout the summer, the abundant precipitation in this region combined with high
temperatures continues to favor high evapotranspiration rates and relatively low values of T, (pm)
and the DTR. Thus, evapotranspiration from soil and vegetation may be responsible not only for
the change in slope of the DTR climatology in spring, but also for the subsequent warm season
dip in the DTR. The changes in the slopes of Tmx + Trmin+ Tr(pm), and T, (am) around the time of
the autumn DTR peak represent a reversal of the changes observed in spring. A temporary
enhancement of daytime surface heating as a result of the gradual senescence of vegetation may,
in part, explain the observed autumn change in afternoon T, and DTR. However, in agreement
with Schwartz's (1990) report of a weaker association during autumn between meteorological
conditions and phenological events in honeysuckle and lilac, the change in slope in afternoon T,
is less pronounced in autumn than in spring. A likely reason for the weaker autumn relationship
is that the photosynthetic activity of tallgrasses, shrubs, and trees peaks in late spring or early
summer and is affected by the amount of moisture available throughout the warm season (Reed
et al. 1994), so that the decrease in greenness at the time of senescence is more gradual than the
rate of increase during green-up. After the disappearance of green vegetation, the rapidly

declining insolation causes the DTR to decline towards its winter minimum.

4.4 Summary

In conclusion, the warm season dip in the DTR appears to be a result of high
evapotranspiration rates from vegetation during the day which increase rapidly at the onset of the
growing season in spring and continue to be high throughout much of the summer. Before the

spring maximum and after the autumn maximum in the DTR, seasonal DTR variations appear to
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be controlled largely by seasonal changes in insolation and cloudiness. These findings support
Mearns et al.’s (1995) suggestion that the correct simulation of seasonal variations in the DTR,
especially during the warm half of the year, requires a detailed and realistic parameterization of
soil-vegetation-atmosphere interactions.

Further improvements in the quality of the NDVI and an expansien of ground-based
observations of land surface conditions would greatly aid the ability to determine climatological
relationships between changes in vegetation and atmospheric conditions. New and expanded
surface phenological observing networks which also report measurements of surface
evapotranspiration and meteorological variables would be particularly useful in such research

efforts.



TABLE 4.1 Average dates of spring and autumn maxima in the
diurnal temperature range. Dates are averaged over stations between
80°W and 90°W within 2.5° latitude bands centered on the latitude
(Lat, °N) listed on the left. Dates are given in Julian days (Day) and
as month/day (MM/DD). The differences (Diff) between the spring

and autumnn dates are given in days.

Lat Spring Autumn Diff

Day MM/DD Day MM/DD Days
42.5 144 05/24 268 09/25 124
40.0 133 05/13 272 09/29 139
375 117 04/27 285 10/12 168
35.0 107 04/17 294 10/21 187

325 107 04/17 310 11/06 203

57
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FIGURE 4.1 Map of stations used in this chapter. Open circles indicate locations of
stations with sunshine data. Closed circles mark all other stations.
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FIGURE 4.2 Climatologies of the diurnal temperature range (DTR, °C) over the eastern
United States (80 - 90°W). From top to bottom, the curves represent averages over stations
within 2.5° latitude bands centered at 42.5, 40, 37.5, 35, and 32.5°N. Each curve represents
one-and-a-half annual cycles. Each dot represents the 1966-1995 average of the DTR for
one day of the year.
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FIGURE 4.3 Climatologies of percent of possible sunshine. The top and bottom curves
represent averages over stations within the areas 38.75 - 41.25°N, 80 - 90°W and 31.75 -
33.25°N, 80 - 90°W, respectively. Other plotting conventions are the same as in Figure
4.2.
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FIGURE 4.4 Climatologies of the diurnal temperature range (°C) on mostly sunny days
(black) and other days (gray). The top two curves represent averages over stations within
the area 38.75 - 41.25°N, 80 - 90°W. The bottom two curves represent averages over the
area 31.75 - 33.25 °N, 80 - 90°W. Other plotting conventions are the same as in Figure
4.2. See text for further explanation.
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FIGURE 4.5 Climatologies for mostly sunny days. (a) Diurnal temperature range, (b)
daily maximum and minimum surface air temperature, (c) the diurnal range of relative
surface air temperature, and (d) afternoon and morning relative surface air temperature.
Each curve represents 1.5 annual cycles and an average over 22 stations within the study
area. Solid vertical lines indicate dates of DTR maxima. All temperatures are in °C.
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CHAPTER 5

Factors Influencing the Cold Season Diurnal Temperature Range

5.1 Background

The diumal temperature range (DTR) has decreased over much of the globe during the past
few decades (Karl et al. 1993b; Horton 1995; Easterling et al. 1997). However, some regions,
such as the British Isles, the Iberian Peninsula, India, central Canada, and certain coastal areas of
North America, have experienced increases in the DTR. Many of these trends have been
accompanied by trends in cloud cover that are physically consistent with the DTR changes (Karl
et al. 1987; Plantico et al. 1990; Karl et al. 1993b; Dai et al. 1997, 1999), i.e. cloud cover has
increased in areas of decreasing DTR and vice versa. Particularly during the cold season, the
atmospheric circulation has a strong influence on the distribution of clouds. In addition, the
magnitude of day-to-day temperature variability, which has been shown to be positively
correlated with the DTR (Karl et al. 1993b), varies in time and space with the frequency of frontal
passages and the position of the jetstream. Therefore, the atmospheric circulation should play a
significant role in variations of the cold season DTR. However, relatively few studies have
considered the possible contribution of changes in the atmospheric circulation to the DTR trends.

Razuvaev et al. (1995) suggested that a decrease in November-March DTR over northern and
central parts of the former Soviet Union between 1961 and 1990 may have been caused by an
increase in the frequency of synoptic situations that favor warm advection and cyclogenesis. In
agreement with this argument, Horton (1995) showed that the Siberian anticyclone was weaker
during 1981-1990 than during 1951-1980, and Easterling et al. (1997) demonstrated that an index
of surface westerlies based on the Cold Ocean/Warm Land pattern of Wallace et al. (1996) is

negatively comelated with the DTR over a region stretching from northern Europe into Russia.
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Over the Iberian Peninsula, where precipitation tends to be suppressed when the westerlies over
northern Europe are strong (Hurrell 1995; Thompson and Wallace 2000), Easterling et al. found
positive correlations between the westerly index and the DTR.

In a recent study, Przybylak (2000) computed mean seasonal DTR over the Arctic for six
different synoptic patterns and correlated mean wintertime Arctic DTR anomalies with the North
Atlantic Oscillation (NAO) index and the Zonal Index. His results indicate that an increase in
cyclonic activity over the Arctic that is associated with a more positive NAO index and stronger
zonal flow over mid-latitudes is partially responsible for the observed decrease in Arctic DTR
during the winters of 1951-1990.

By the same token, changes in the atmospheric circulation may have contributed to the trends
in wintertime DTR over the United States. Based on a comparison of gridded DTR and sea level
pressure anomalies for the 1981-1990 period. Horton (1995) suggested that enhanced flow of
continental or polar air may have accounted for at least part of the increase in the DTR over the
Great Lakes region and the West Coast of the United States between the winters of 1951-1980
and 1981-1990. Such circulation changes may explain the fact that the Pacific Northwest has
experienced an increase in DTR and a decrease in cloudiness, whereas most of the contiguous
United States has experienced a decrease in DTR and an increase in cloudiness (Plantico et al.
1990; Karl et al. 1993b; Lettenmaier et al. 1994; Elliott and Angell 1997).

Studies of the relationship between total cloud cover over the United States and ENSO
variability show that the warm phase of ENSO is associated with below-normal cloudiness over
the Northwest and a tendency for above-normal cloudiness over the remainder of the country
(Angell and Korshover 1987; Angell 1990; Kane and Gobbi 1995). Other researchers
demonstrated that precipitation was suppressed over the Pacific Northwest and enhanced over the

southern United States during the positive polarities of the Pacific/North America pattern and
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Pacific Decadal Oscillation which prevailed between the late 1970s and mid-1990s (e.g. Leathers
et al. 1991; Mantua et al. 1997; Higgins et al. 2000). Croke et al. (1999), on the other hand, found
cloudiness over selected regions to be better correlated with variations in the strengths of the
climatological-mean surface anticyclones and cyclones than with large-scale circulation patterns.
For example, cloud cover in the Northeast is negatively correlated with the strength of the
Icelandic low, but poorly correlated with the North Atlantic Oscillation due to a lack of an
association with the Bermuda High. Croke et al's findings suggest that pre-defined
teleconnection patterns may not always capture the full extent to which regional variations of a
certain meteorological variable are related to the atmospheric circulation.

A few studies have investigated the possibility that changes in snow cover extent over North
America have contributed to the observed DTR trends (Cerveny and Balling 1992; Karl et al.
1993b), but collectively, their findings have been inconclusive. The hypothesis of an association
between trends in snow cover extent and the DTR is based on the fact that, due to the high albedo
of snow, daytime temperatures and the DTR tend to be lower over snow than over bare ground
(Dewey 1977; Ruschy et al. 1991; Karl et al. 1993a,b; Leathers et al. 1995; Groisman et al. 1996;
Hughes and Robinson 1996; Kalkstein et al. 1996). Recent work by Groisman et al. (2000) and
Sun et al. (2000) indicates that snow cover affects not only temperature itself, but also the
relationship between cloudiness and temperature. Because the cloud albedo is generally closer in
magnitude to the albedo of snow than to the albedo of bare ground, the influence of clouds upon
daytime surface air temperature is reduced when the ground is blanketed with snow. Based on
these findings, it appears that the combined effects of cloudiness and snow cover play an
important role in variations of the DTR.

The main goal of this chapter is to determine to what extent long-term changes in cloudiness,

snow cover, and atmospheric flow patterns account for both the widespread downtrends in the
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DTR and regional differences in DTR trends across the contiguous United States. A number of
correlation, regression, and linear trend analyses are performed on daily surface and lower-
tropospheric data, focusing on the cold season months (November through March) when the
influence of teleconnection patterns on surface climate tends to be strongest.

Employing simple linear regression. patterns of 1000-mb geopotential height (a surrogate for
sea level pressure) are derived that explain the maximum possible fraction of the daily variance in
the DTR. The configuration of these patterns for different regions as well as correlations between
the associated index time series and various meteorological variables provide information on the
mechanisms by which the geopotential height field influences the regional DTR. The correlation
analysis includes not only surface variables such as daily maximum and minimum temperatures.
sunshine duration, and snow cover extent, but also the difference in temperature between the
surface and 850-mb level which serves as a crude measure of the static stability of the
atmospheric planetary boundary layer. The index time series are also used to assess the
contribution of the DTR-related height patterns to trends in regional cold-season DTR between
1965/66 and 1994/95. The distinction between this methodology and a correlation or regression
analysis that involves indices of well-known circulation patterns, such as the Arctic Oscillation, is
that the configurations and spatial scales of circulation patterns are not determined a priori.

The chapter is organized as follows. Section 5.2 describes the data and some basic analysis
techniques used. The relationships between the DTR, cloudiness, and snow cover in eight regions
of the United States are documented in Section 5.3. In Section 5.4, the DTR-associated
circulation pattern for each of the eight regions is derived, and its impact on the DTR is
discussed. Trends in the DTR and the contributions of changes in cloudiness, the atmospheric
circulation, and snow cover extent to these trends are described in Section 5.5. The chapter

concludes with a summary and discussion of the results in Section 5.6.
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5.2 Data and Analysis Techniques

Daily maximum and minimum temperatures (Tmx and Tpmia), percent of possible sunshine
(Psun)» and snow depth are extracted from the First Order Summary of the Day (FSOD) dataset
(France 2000). Daily-mean and monthly-mean 1000-mb heights as well as 00Z and 12Z 850-mb
temperaturcs from the NCEP/NCAR Reanalysis (Kalnay et al. 1996) are alse used. In addition,
homogeneity-adjusted monthly-mean maximum and minimum temperatures at 1041 mostly rural
United States stations in the Global Historical Climatology Network (GHCN; Peterson and Vose
1997) are utilized in some of the trend analyses of Section 5.5. All of these datasets are described
in more detail in Chapter 2. The period of study is 1958-1995., which includes 37 cold seasons
(November-March 1958/59 through 1994/95).

The FSOD stations chosen for the analyses of this chapter are shown in Figure 5.1. It is clear
from the map of station locations that far fewer high-quality stations are located in the western
half of the country than in the eastern half. The stations have been grouped into eight regions
based on geographical homogeneity (Fig. 5.1). No region is defined for the interior mountain
west because of the paucity of stations and the large inter-station variability in this part of the
country. High-quality records of snow depth and p.,, are available for only a subset of the chosen
stations, and observations of ps, do not begin until 1965 in the FSOD dataset.

The difference in temperature between the surface and 850-mb level (TD) is used as a relative
measure of boundary layer stability. For the morning hours, TD at a particular station is estimated
by subtracting the 12Z 850-mb temperature at the nearest grid point from the local daily
minimum temperature. For the afternoon, the day's local maximum temperature and the next day's
00Z 850-mb temperature are used to calculate TD. The moming and aftemnoon surface-to-850-mb
temperature differences are denoted by TDun and TDy, respectively, and are computed only for

stations at elevations below 700 m.
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For each variable and each station or grid point, time series of daily values are formed for the
November-March season. Next, the seasonal cycle is removed from all time series by subtracting
from each daily value the day's climatological mean, defined as the 37-year mean for that date.
When standardized values are required, the daily anomalies are divided by the standard deviation
of all values in the time series.

Simple linear correlations and trends based on least-squares regression are used extensively
throughout this chapter. The statistical significance of the correlations is tested with the t-statistic,
for which the number of independent samples is found by applying Leith's (1973) formula to both
time series and choosing the smaller of the two resulting values. A correlation is considered to be
meaningful if it is statistically significant at the 5% level. To test the statistical significance of the
linear trend in a particular time series, the t-statistic is applied to the correlation between the time
series and time (i.e. the sequence of dates associated with the time series), using the number of
independent samples in the time series.

A frequently cited disadvantage of least-squares regression is its sensitivity to outliers and
endpoints. In addition, the underlying assumption that the variables to which the method is
applied are normally distributed is frequently violated by daily values of meteorological variables
in general and the diurnal temperature range and percent of possible sunshine in particular (Karl
et al. 1993b; Lanzante 1996). In order to test for the importance of these factors in the results
presented here, some of the analyses have been repeated using Pearson rank-order correlations as
well as trends based on median of pairwise slopes regression (Lanzante 1996). These non-
parametric techniques are resistant to outliers, do not emphasize the endpoints of time series, and
do not require the variables to be normally distributed. To calculate the Pearson rank-order
correlation between two time series x and y, the values of each time series are first ranked, and

then the correlation coefficient between the resulting time series of ranks is computed. In median
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of pairwise slopes regression, the slope of the regression line is defined as the median of slopes
between all possible pairs of points within the time series. Since this method necessitates the
computation of (N-1)! slopes for a time series of length N, it was applied to time series of
monthly averages rather than daily values. The correlations and trends obtained with the non-
narametric methods turn out to be nearly identical in sign and similar in magnitude to those based
on parametric techniques. Therefore, only the results based on the more widely used parametric
techniques are shown.

In order to address concerns regarding possible effects of urbanization and changes in
instrumentation and station location on temperature and DTR trends based on the FSOD data, the
GHCN temperature data are used for a comparison of DTR trends computed from the two
datasets. In general, the validity and importance of the trend in a particular variable are judged
based on statistical significance, physical consistency with trends in other variables, and

consistency with previously reported trends.

5.3 Regional DTR-Cloudiness Relationships and the Influence of Snow Cover

Table 5.1 displays the November-March correlation coefficients between daily anomalies of
Pwun and the DTR for each of the regions outlined in Figure 5.1. These correlations are derived by
first computing the daily anomalies of the DTR and psu at each station and then correlating the
anomalies for all station-days within a region. The limited availability of sunshine duration
observations restricts this analysis, and all other analyses presented in this section, to the period
1965/66-1994/95 and to a subset of stations, as indicated in Figure 5.1. The DTR-pgun
correlations, which are all statistically significant at the 99.9% level, demonstrate the strong
relationship between cloudiness and the DTR. However, they also show that the DTR-psu

association is not as strong in the north-central and northeastern states as in other parts of the
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country. Dai et al. (1999) found cold-season correlations between the DTR and total cloud cover
to be weaker at middle and high latitudes in the Northern Hemisphere than at lower latitudes and
attributed this result to the decrease in insolation with increasing latitude. This argument is
supported by Sun et al.'s (2000) finding that the daytime cooling effect of clouds increases as the
solar elevation angle increases. Thus. the north-to-south gradient in the correlations between the
DTR and pgn to the east of the Rocky Mountains is consistent with a southward increase in
insolation. In the western United States, however, the relationship between pg., and the DTR is as
strong at the coastal stations in the Pacific Northwest as in the Southwest, despite the meridional
gradient in insolation.

The relatively weak correlations between the DTR and pw. in the north-central and
northeastern United States could also be an indication of the effects of snow cover since the
influence of clouds on daytime surface air temperatures is reduced by the presence of snow on the
ground (Groisman et al. 1994, 2000; Sun et al. 2000). Figure 5.2 shows seasonal variations of the
DTR between November st and March 31st in the northern Great Plains for clear (black) and
cloudy (gray) days on which either no snow is on the ground (top) or the snow depth equals at
least 2.5 cm (bottom). A day is considered to be clear if py., exceeds 90%, while days with pg, <
10% fall into the cloudy category. The figure is constructed using observations at seven stations
for the cold seasons of 1965/66 to 1994/95. Each dot in the figure represents a seven-station DTR
average for one of the four categories of days on a particular calendar date.

It is evident from the top panel of Figure 5.2 that on snow-free days throughout the cold
season, the clear-sky DTR is higher than the cloudy-sky DTR. This relationship between the DTR
and cloudiness is consistent with the results of Karl et al. (1987), Plantico et al. (1990), Karl et al.
(1993b), and Groisman et al. (1996). In agreement with the findings of Groisman et al. (1994,

2000) and Sun et al. (2000), the difference in DTR between clear and cloudy days is less
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pronounced for days with snow on the ground, primarily because the clear-sky DTR is smaller.
The DTR is least sensitive to both snow cover and cloudiness in mid-winter when clear-sky solar
radiation is at its minimum, as expected from analyses by Leathers et al. (1995) and Groisman et
al. (1996).

In order to assess the extent to which snow cover influences the relationship between the
DTR and py, in different regions of the United States, correlations between the DTR and pyun
have been computed separately for station-days with no snow on the ground (no SOG) and for
station-days with a snow depth of at least 2.5 cm (SOG). These correlations, as well as the
percentage of days in each of the two categories, are shown in Table 5.1. In addition, regional-
average DTR anomalies have been calculated for the same four categories of days used to
construct Figure 5.2: clear no-SOG days, clear SOG days, cloudy no-SOG days, and cloudy SOG
days (Table 5.2). Due to the rare occurrence of snow in the southern states and coastal Northwest,
SOG-day correlations and average DTR anomalies are not presented for those regions. The
stations included in these analyses are indicated by the concentric circles in Figure 5.1, and the
number of stations in each region is listed in Table 5.1. The number of station-days in each of the
four categories used to construct Table 5.2 exceeds 2000 in all but two cases and ranges from 811
in the clear SOG group for the southern Plains to 18468 in the cloudy no-SOG category for the
Midwest.

In every region in which both SOG and no-SOG categories are represented, the correlation
between the DTR and pq, is higher without snow on the ground than in the presence of snow,
although the association between the two variables is highly statistically significant for both
categories of days (Table 5.1). The clear-sky DTR is consistently higher in the no-SOG category

than in the SOG category, whereas the presence of snow appears to have little impact on cloudy-
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sky DTR (Table 5.2). These findings are consistent with a lowering of daytime temperatures due
to the high albedo of snow (Groisman et al. 1996, 2000; Sun et al. 2000).

The depression of the overall correlation relative to the no-snow correlation is largest in the
northern Plains where fewer than half of the days are snow-free, and the difference between the
no-SOG and SOG correlations is largest. The Great Plains have previously been identified as the
region of the United States in which the relationship between maximum temperature and snow
cover extent is strongest (Dewey 1977; Karl et al. 1993a). The correlation on SOG days in the
northern Plains might be higher if it were not for the increase in the DTR between cloudy snow-
free days and cloudy SOG days. The relationship between the DTR and snow cover on cloudy
days may be a result of a more rapid drop of nighttime temperatures over a snow-covered surface
than over bare ground (Dewey 1977; Karl et al. 1993b; Leathers et al. 1995). Nevertheless, the
snow-related increase in the DTR on cloudy days does not offset the decrease on clear days. Both
the correlations and average DTR anomalies indicate that in the southern Plains, the association
between the DTR and py,, remains relatively strong when snow is present, even though one might
expect the more intense insolation in this region to enhance the albedo effect (Karl et al. 1993b).
Compared to the northern Plains, more rapid melting between snowstorms in the southern Plains
is likely to decrease the snow albedo and, therefore, the impact of snow on daytime temperatures
(Robock 1980; Leathers et al. 1995).

In the Northeast, the relationship between the DTR and cloudiness is relatively weak,
regardless of whether snow is present. The difference between clear-sky and cloudy-sky DTR is
barely larger without snow on the ground than in the presence of snow. Wagner (1973) and
Leathers et al. (1995) found that the sensitivity of temperature to snow decreases towards the
Atlantic coast, suggesting that the moderating influence of the ocean weakens the snow cover-

temperature relationship. In addition, Robock (1980) noted that forested areas experience a much
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smaller snow-related change in surface albedo and daytime temperature than open, flat surfaces.
Thus, both coastal influences and surface type may be responsible for the nearly negligible
impact of snow cover on the DTR in the Northeast.

In summary, the presence of snow cover leads to a smaller clear-sky DTR in much of the
central and northeastern United States. The relationship between the DTR and pg, is most
strongly affected by snow in the northern Plains. The strength of the associations between the
DTR, cloudiness, and snow cover varies geographically depending on insolation, the frequency of
snow cover and cloudiness, proximity to the ocean, and vegetation type. These findings will be

taken into consideration where appropriate in the following sections.

5.4 DTR-Related Circulation Patterns

5.4.1 Procedure

In this section, 1000-mb geopotential height patterns associated with daily variations in
regional DTR are examined and interpreted in the context of contemporaneous variations in other
meteorological variables. Each pattern is derived by regressing time series of daily geopotential
height anomalies at each grid point within the North American sector (20°N - 60°N, 40°W -
140°W) onto a time series of daily standardized regional-mean DTR. This procedure yields eight
regional regression patterns — one for each of the regions of the United States outlined in Figure
5.1. Index time series that provide a measure of the temporal variations of the derived patterns are
then formed by regressing daily maps of standardized geopotential heights onto a standardized
version of each pattern. For the derivation of the circulation index time series of a particular
region, only the portions of the 1000-mb height maps and regression pattern which fall within the
area of the region of interest are used. The configuration of the patterns as well as the correlation

of the index time series with the DTR, pas ., and other meteorological variables are used to assess



72

the statistical and physical significance of the patterns.

For this analysis, the 37 cold seasons (November-March) between 1958/59 and 1994/95,
which comprise a total of 5596 days, are used. Regional DTR averages are computed for each of
the eight regions (Fig. 5.1) by arithmetically averaging values from all stations within the region.
A regional average for a particular day is formed only if a DTR value is available at more than
70% of the stations within the region. Otherwise, the day's regional average is considered as
missing and is not included in any subsequent calculations. The regional-mean DTR time series
are standardized by first subtracting the calendar day's climatological mean from each data point
and then dividing by the overall standard deviation of the regional time series. Analogous
regional averages and anomalies are computed for Trux, Tmin+ Psuns TDpm, and TDym . For each
variable, all stations with a high-quality record of that variable are used (Fig. 5.1). In the case of
TDym and TDyq , only stations at elevations below 700 m are included.

The dimensions of the domain used for the derivation of the circulation index time series
associated with each regression pattern was chosen based on the configuration of the pattern and
experiments with domains of different sizes. When computing the index time series for a
particular region, using only the 1000-mb heights and regression coefficients within the region of
interest yielded more consistent results than using a larger domain.

Figure 5.3 displays the 1000-mb height regression patterns for all eight regions. The
regression coefficient at each grid point represents the change in geopotential height (in meters)
associated with a one-standard deviation positive anomaly in regional DTR. Since, by definition,
the pattems are linearly related to the regional DTR, a one-standard deviation negative DTR
anomaly is associated with 1000-mb height anomalies that are equal in magnitude, but opposite in
sign to those shown in Figure 5.3.

Table 5.3 gives correlations between the daily index time series associated with each pattern
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and anomalies of regional-average DTR, Psun s Tmax » Trmin» TDpm and TDup - Since the presence of
snow cover can reduce the effect of variations in cloudiness on the DTR, it may also impact the
relationship between the derived circulation patterns and the surface climate. For this reason, the
correlations of the pattern indices with the DTR and p.., on snow-free days are also calculated for
the northern and southern Plains. Midwest. and Northeast. A day is defined as snow-free in a
particular region if none of the stations with adequate snow depth data within the region report
snow on the ground.

Among the correlations in Table 5.3, only those with magnitudes less than 0.08 are not
significant at the 5% level. Thus, based on the correlations between the DTR and the circulation
indices, all eight regional circulation patterns are highly statistically significant. The significance
of the patterns is further corroborated by the fact that very similar and physically consistent
results are obtained when the same procedure is applied to 500-mb heights alone or to a

combination of 500-mb and 1000-mb heights (not shown).

5.4.2 Description of the Circulation Patterns

The regression patterns for the Northeast, Midwest, and Southeast are shown in Figures 5.3a-
c. In all three cases, the DTR is high when much of the region is located in the northern or
northwestern portion of an anomalous surface anticyclone. The configuration of these patterns
suggests that the depicted synoptic situation represents a transition from anticyclonic control to
cyclonic control. This impression is confirmed by one-day lead and lag regression patterns (not
shown) which show a progression of the high pressure center from west to east across the region
of interest. The patterns further imply that the affected region is dominated by an anomalous
southwesterly to westerly low-level flow of relatively dry continental air over the area.
Conversely, below-normal DTR is observed when easterly wind anomalies and relatively moist

marine air prevail.
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As can be seen from Table 5.3, the circulation index time series for the three regions are
positively correlated with TDpm, Tiux . and Tin , negatively correlated with TDan, and not well-
correlated with py,. These correlations imply a tendency for the afternoon boundary layer to be
more unstable and the nighttime boundary layer to be more stable on days with above-normal
DTR than on days with below-normal DTR. They further indicate that the positive polarity of the
DTR-related circulation pattern tends to be associated with warmer surface air temperatures than
the negative polarity.

Panels d-f of Figure 5.3 show the DTR-related patterns for the northern Plains, southern
Plains, and south-central states. In each case, the DTR tends to be high when positive 1000-mb
height anomalies centered to the south of the region and a broad area of below-normal heights
centered to the north act to produce anomalous westerly geostrophic flow over the region. These
patterns are reminiscent of synoptic situations in which the region of interest is under the
influence of a lee trough. The correlations between the circulation index time series and the DTR
are larger than over the eastern United States and increase from 0.45 in the northern Plains to 0.56
in the south-central states. The correlation between py, and the corresponding circulation index
varies from 0.16 in the north to 0.43 in the south. When only days without snow on the ground
are considered, the northern Plains correlations are raised to levels comparable to those found in
the southern Plains, that is 0.56 for the DTR and 0.27 for psu, - As in the eastern United States, the
circulation indices for the central states are positively correlated with TDpm, Trmx » and T as well
as negatively correlated with TDun, .

These correlations suggest that the circulation patterns derived for the central United States
affect the DTR to some extent by varying the strength of solar heating of the surface during the
day. Schwartz and Skeeter (1994) found that continental air, which generally favors clear skies,

dominates the north-central United States when a surface high is located over the center of the
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country. The conditions depicted in Table 5.3 and panels d-f of Figure 5.3 may also be linked to
adiabatic warming of Pacific air during its descent on the lee side of the Rocky Mountains
(Kalkstein et al. 1996). When a central United States pattern is in its negative polarity, below-
normal heights are found to the south of the DTR region, and upslope flow on the eastern side of
the Rocky Mountains results in relatively cool. cloudy. low-DTR weather over the affected region
in the central United States.

In the Southwest, a high DTR is associated with above-normal 1000-mb heights centered
near the northern edge of the region (Fig. 5.3g). The configuration of the geopotential height field
in Figure 5.3g somewhat resembles synoptic-scale patterns that have been linked to subsidence
and an absence of storms in the Southwest (Davis and Walker 1992; McCabe and Legates 1995).
The time series of the Southwest circulation pattern is strongly negatively correlated with TDym
(-0.42), weakly negatively correlated with T, and weakly positively correlated with pya (0.23)
and T (0.20). The correlations imply that the positive polarity of the DTR-related pattern
primarily favors an unusually stable boundary layer at night, while the negative polarity favors
less stable nighttime conditions.

The 1000-mb height pattern linked to above-normal DTR along the Pacific coast of the
northwestern United States features strong positive anomalies centered approximately over
Vancouver Island (Fig. 5.3h). This situation is favorable for fair weather over the Northwest as
well as a Pacific storm track that is displaced northward or southward from its climatological-
mean position (Skeeter and Park 1985; Leathers et al. 1991; Davis and Walker 1992; McCabe and
Legates 1995). Daily variations in this circulation pattern are strongly positively correlated with
the DTR (0.55) and peu (0.54) and are negatively correlated with T (-0.54) and TD,, (-0.50).
Thus. compared to the negative polarity, the positive polarity of this region’s DTR-related

circulation pattem is linked primarily to sunnier days and colder, more stable nights.
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In summary, the DTR-related circulation patterns explain between 11% and 30% of the daily
variance of the DTR in all regions. Figure 5.3 and Table 5.3 indicate that high (low) diurnal
temperature ranges tend to occur in situations in which a high (low) pressure system is centered
over or near the area such that dry or continental (moist or marine) air is flowing over the region.
Specifically, a high DTR is favored by westerly surface winds in areas to the east of the Rockies
and easterly winds in regions of the western United States.

The correlations between the circulation pattern indices and nighttime surface-to-850-mb
temperature differences are negative across the entire country. To the east of the Rockies, the
positive polarities of the patterns are associated with an anomalously unstable afternoon boundary
layer as well as above-normal Tqayx and Tris . The relationship between the circulation indices and
Pwun is strong only in the south-central states and coastal Northwest, suggesting that other,
unidentified processes also contribute to the correlations between the index time series and the
DTR. Considering the consistently negative index-TD,n correlations, these processes may include
those affecti;lg the stability of the nighttime boundary layer.

None of the circulation pattern indices is well-correlated with snow cover extent (not shown).
However, in the northern Great Plains, the index-DTR and index-ps. correlations improve when
only snow-free days are considered (Table 5.3), since the presence of snow tends to weaken the
relationship between the DTR and cloudiness (Tables 5.1 and 5.2).

When the analyses of this section are performed on monthly-mean data, the resulting DTR-
related circulation patterns (not shown) are qualitatively similar to those obtained from daily data.
This finding suggests that the relationships between the circulation patterns and surface
meteorological conditions described here are present not only at daily time scales, but also at

monthly and longer time scales.



71

5.5 Observed Cold Season DTR Trends and Contributing Factors

In light of the results of the previous two sections, it appears that changes in cloudiness. snow
cover, and the atmospheric circulation could all conceivably be contributing to long-term trends
in the cold season DTR. Karl et al. (1987), Plantico et al. (1990), Karl et al. (1993b), and Dai et
al. (1997, 1999) have argucd that much of the widespread decrease in the DTR since the 1930s
can be attributed to an increase in cloudiness. However, as shown in Section 5.3, changes in the
frequency or extent of snow cover may, in certain regions, have a significant influence on clear-
sky DTR and may therefore also affect the overall DTR trends. In addition, an analysis of trends
in the circulation pattern indices derived in the previous section should permit at least a
preliminary assessment of the contribution of changes in the atmospheric circulation to the

observed DTR trends.

5.5.1 Observed Cold Season Trends for 1965/66-1994/95

Maps of observed linear trends in the DTR, percent of possible sunshine, and 1000-mb height
for the 30 cold seasons between 1965/66 and 1994/95 are shown in Figures 5.4 and 5.5. In
addition, the 1965/66-1994/95 cold season trends of various variables have been calculated from
time series for the eight regions outlined in Figure 5.1 (Table 5.4). Regional averages of the DTR,
Twux» Tmins Psuns TDam, and TDpy are formed as described in Section 5.4.1. A proxy for snow
cover extent within a particular region is created by computing, for each day of the record. the
percentage of stations within the region that report a snow depth of at least 2.5 cm. For this
calculation, only stations with high-quality records of snow depth, Tmax . Trmin, and peq are used.
These stations are identified by concentric circles in Figure 5.1. A regional daily percentage is
computed when snow depth data are available at all of the eligible stations within a region;

otherwise, the day's regional value is flagged as missing. The resulting regional time series is an
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approximate measure of the snow cover extent within the region. As such, it is easily compared to
daily time series of regional averages of other variables.

As described in Section 5.2, the statistical significance of all trends is determined by applying
a Student's t-test to the correlations between the time axis and time series. Trends significant at
the 10% level are indicated by closed circles in Figure 5.4. Trends significant at the 5% level are
marked by concentric circles in Figure 5.4 and are printed in boldface type in Table 5.4. In Figure
5.5, the magnitudes of trends are indicated by geopotential height contours in order to facilitate a
comparison of the pattern of 1000-mb height trends with the DTR-related circulation pattems
shown in Figure 5.3.

On a national scale, negative (gray) DTR trends dominate over positive (black) DTR trends in
Figure 5.4a. Decreases in the DTR are found over the central and southern United States,
although the regional-mean trends in the Great Plains and Southeast are not significant at the 5%
level (Table 5.4). The Northeast, portions of the Northwest and northern Rockies, as well as some
locations along the Gulf Coast have experienced an increase in the DTR, while the trends are of
mixed sign in the Midwest. The DTR trends are accompanied by a considerable warming, with a
larger rise in T than in Trax (Table 5.4). In fact, T has risen in all regions except the coastal
Northwest, while T has increased everywhere except over the south-central states.

Many previous analyses of DTR trends over the United States were based on periods of
record beginning in the 1940s or early 1950s and ending in the 1980s or early 1990s (Karl et al.
1984, 1987; Plantico et al. 1990; Karl et al. 1993b; Lettenmaier et al. 1994; Knappenberger et al.
1996). Because linear trends are highly sensitive to the period of record chosen, a detailed
comparison of Figure 5.4a with the results of these earlier studies is difficult. In addition,
differences in datasets and analysis techniques may contribute to disparaties among the results. It

is remarkable, however, that a preponderance of negative DTR trends over the United States as a
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whole and the southern states in particular as well as the warming over the western states and
northern Plains are common to all of these studies. The cooling over the eastern United States that
is noted in many of the earlier studies is present neither in the results of this study nor in the
results of Gaffen and Ross (1999) and Higgins et al. (2000) whose periods of record extend from
the early 1960s through the early 1990s. A comparison of the cold season temperature trends for
1950-1995 and 1966-1995 in the GHCN dataset indicates that the cooling trends are particular to
the longer 1950-1995 period, while a warming prevails over the eastern United States when the
period of record is limited to 1966-1995. Thus, the differences among previously published trends
for this region can be attributed to the different periods of record used.

Compared to the trends in Tpmy and Tmin, the trends in the surface-to-850-mb temperature
differences are less spatially coherent in sign and generally smaller in magnitude (Table 5.4).
Notable exceptions are found in the two western regions in Table 5.4. While both TDpm and TDan
have decreased significantly in the coastal Northwest. they have increased significantly in the
Southwest. The fact that, in the Pacific Northwest, the TD,y, and TD.n trends are negative and
larger in magnitude than the Tx and T trends may be interpreted as indicative of a warming at
the 850-mb level relative to the surface. Conversely, in the Southwest, the rise in surface air
temperatures and surface-to-850-mb temperature differences could be viewed as a reflection of a
warming of the surface relative to the 850-mb level that is particularly pronounced at night.

Trends in sunshine duration have been mostly downward over the southern United States and
strongly upward over the Pacific Northwest (Fig. 5.4b, Table 5.4). Over the remainder of the
country, trends are small and vary in sign. These findings are in qualitative agreement with those
of many other studies (Karl et al. 1987; Angell 1990; Plantico et al. 1990; Kane and Gobbi 1995;
Elliott and Angell 1997). The spatial pattern of trends in the DTR (Fig. 5.4a) is physically

consistent with the pattern of trends in ps, (Fig. 5.4b): areas of increases in the DTR are
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approximately collocated with areas of increasing sunshine duration, while areas of decreasing
DTR are found where py, has also been decreasing. Together with the rather strong, positive
correlations between the DTR and pqy, shown in Table 5.1, the similarity between the patterns of
trends in Figures 5.4a and 5.4b supports the conclusion of Karl et al. (1987), Plantico et al.
(1990), and Dai et al. (1997, 1999) that changes in cloudiness are likely to have contributed
significantly to the observed changes in the DTR. Due to the paucity of stations with continuous
long-term records of py, over vast portions of the western United States, a detailed analysis of
this trend relationship is beyond the scope of this study. However, the linear contributions of
trends in sunshine duration to regional-average trends in the DTR will be discussed briefly in the
next subsection.

The only region with a statistically significant change in snow cover extent is the Northeast
where the number of stations reporting a snow depth of at least 2.5 cm has decreased by 11%
over the 30-year period examined (Table 5.4). While trends in snow cover extent for the
Northeast during this period of record do not appear to be well-documented in the literature, the
lack of significant trends in the Midwest and Great Plains is consistent with the work of Leathers
et al. (1993), Brown et al. (1995), and Hughes and Robinson (1996). Due to the weak relationship
between snow cover and the DTR in the Northeast (Table 5.2) as well as the insignificant trends
in snow cover extent in other regions (Table 5.4), the linear contributions of snow cover extent to
long-term changes in the DTR are negligible and will not be further analyzed during the course of
this study.

The pattern of trends in 1000-mb heights in Figure 5.5 indicates falling heights over the
central North Pacific, from 55°N northward over eastern Canada, and from 50°N northward over
the North Atlantic. Rising heights are found across the rest of the domain, with maxima over the

northern Rockies and subtropical North Atlantic. The 1000-mb height patterns associated with
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variations in the DTR over the southern Plains (Fig. 5.3e), south-central states (Fig. 5.3f),
Southwest (Fig. 5.3g), and coastal Northwest (Fig. 5.3h) project, at least to some extent, onto the
trends shown in Figure 5.5. The tendency towards higher pressure over the Rocky Mountains is
consistent with the 1976/77 jump in the Pacific Decadal Oscillation (Mantua et al. 1997), while
the changes over the Atlantic are consistent with the trends in the Arctic Oscillation and North
Atlantic Oscillation between the 1960s and 1990s (Hurrell 1995; Thompson and Wallace 1998).
The contributions of these changes in the 1000-mb height field to trends in the DTR will be
discussed in the next subsection.

In summary, the most coherent interrelationships among trends of different variables are
found in the coastal Northwest where the increases in the DTR and daily maximum temperature
are accompanied by physically consistent increases in sunshine duration, boundary-layer stability,
and the DTR-related circulation pattern index. In the south-central and southeastern United
States, the trends in both sunshine duration and the DTR-related circulation indices also are of the
same sign as the observed trend in the DTR. However. in contrast to the positive trends in the
Northwest, the trends of the DTR, pan, and the regional circulation index are negative. Based on
the 1000-mb height trends shown in Figure 5.5 as well as the signs of trends in the DTR and
cloudiness reported for various periods of record (Karl et al. 1984; Angell 1990; Plantico et al.
1990; Lettenmaier et al. 1994; Kane and Gobbi 1995; Gaffen and Ross 1999), these changes may
be related to the 1976/77 shift in the Pacific Decadal Oscillation. In the Southeast, the Arctic

Oscillation may also have played a role in the observed long-term changes (Higgins et al. 2000).

5.5.2 Contributions of Sunshine Duration and Circulation Patterns to Cold Season DTR Trends
Table 5.5 shows the residual DTR trends obtained by removing the linearly congruent
contributions of either sunshine duration (C,,) or the DTR-related circulation pattern index (Ceir)

from the total regional 1965/66-1994/95 cold season DTR trends by means of simple linear



82

regression. If by, (in °C %) and b (in °C (standard deviation)™*) are the slopes of the DTR-peun
and DTR-circulation index regression lines, and if Tprr , tan » and teire are the cold season trends in
the DTR, percent of possible sunshine, and the circulation index, respectively, then the

contributions Cgy, and Cgir are computed as follows:

Csun = Dsun X Leun (5.1a)
and

Ccin: = bci:t X Leirc (Slb)
The corresponding residual trends Ry, and Reire are calculated according to the equations

Rgun = torr = Csun (5.2a)
and

Reire = totr — Ceire (5.2b).

In addition, multiple regression is applied to remove the contributions of both the circulation
pattern index and sunshine duration from the total DTR trends. Using the multiple regression

coefficients kqn and keire , the residual DTR trend, Ryow , is defined as
Rooh = tor — Ksun X taun = Keire X Leirc (5.3).

When compared to the overall DTR trends, the residual trends provide a quantitative estimate of
the fraction of the trends that is not "linearly congruent" with the DTR-related circulation patterns
or cloudiness.

The residual R has also been calculated at each station shown in Figure 5.1. The station-by-
station calculation permits the derivation of index time series of DTR-related variations in the
1000-mb height field and corresponding residual trends for all available stations, including those
located in data-sparse areas for which no analysis regions have been defined. First, DTR-related

1000-mb height patterns and associated index time series are computed using daily time series of
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DTR anomalies at each station in place of regional-average time series. This computation
generates a regression pattern analogous to those in Figure 5.3 for each of the 213 stations. For
the computation of the circulation index related to the DTR at a particular station, only the
portion of the regression and 1000-mb height anomaly maps within a 10° latitude x 10° longitude
box centered on the station are used. The dimensions of this area have been chosen based on the
sizes of the eight analysis regions used in Section 5.4 and a series of calculations in which the
area of the box was varied.

Maps of the contributions of the DTR-related circulation pattern indices to the station DTR
trends for box sizes of 5° x 5° 10° x 10° and 15° x 15° are shown in Figure 5.6. The
contribution at each station is expressed as a percentage of the station’s 1965/66-1994/95 cold
season DTR average. Although some differences among the three maps are apparent, the overall
spatial pattern of the contributions remains qualitatively the same as the size of the box around
the station is increased. Therefore, the intermediate box size of 10° x 10° has been chosen.

The residual trends are then determined by applying Equation 5.1b at each station and
computing the trends of the resulting residual DTR time series. The total and residual 1965/66-
1994/95 trends in cold season DTR, again expressed as percentages of the DTR averages for the
same period, are shown in Figure 5.7. An analogous set of residual trends following the removal
of variations due to pg, is not shown due to the inadequate spatial coverage of high-quality
sunshine records (Fig. 5.1).

The same station-by-station analysis has been performed using monthly-mean maximum and
minimum temperatures from 1041 GHCN stations and monthly-mean 1000-mb heights from the
NCEP/NCAR Reanalysis. In contrast to the FSOD dataset, the GHCN consists mainly of rural
stations whose data records have been adjusted for changes in station location, instrumentation,

and observing practices (Peterson and Vose 1997). Therefore, any differences in the spatial
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pattern of trends computed from the two datasets can be attributed to differences in the
geographical distribution of stations as well as the adjustments applied to the GHCN data. Maps
of the total and residual DTR trends at GHCN stations for the cold seasons of 1965/66-1994/95
are shown in Figure 5.8.

The removal of the variability due to p... from the DTR time series reduces the negative DTR
trends over the south-central and southeastern states to near zero (Table 5.5). In addition, the
magnitudes of the negative trend in the Southwest and the positive trend in the coastal Northwest
are decreased by 25% and 37.5%, respectively, but the trends of the residual DTR time series in
those regions remain statistically significant. These findings suggest, in agreement with previous
studies by Karl et al. (1987) and Plantico et al. (1990). that increases in cloudiness over the
southern United States and decreases over the coastal Northwest contribute to the observed trends
in the DTR. In the north-central and northeastern parts of the country, however, relatively low
correlations between the DTR and py, (Table 5.1) and/or negligible trends in psu. (Table 5.4)
yield residual DTR trends that nearly equal the total DTR trends. Neither in these regions nor in
the southern Plains do the trends in the DTR during the cold season appear to be related to linear
trends in sunshine duration.

Judging from Table 5.5 and Figures 5.7 and 5.8, the removal of the linearly congruent
portions of the circulation pattern indices from the DTR time series has only a minor effect on the
spatial pattern of DTR trends over the United States. Only in the south-central states and coastal
Northwest do the DTR-related circulation indices consistently explain portions of the DTR
trends. The south-central states and coastal Northwest also happen to be the two regions where
significant trends in sunshine duration (Table 5.4) as well as strong correlations between the
circulation indices and psu, (Table 5.3) are found. As mentioned in the previous subsection, the

observed long-term changes in the circulation, cloudiness, and the DTR are all consistent with
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those expected in conjunction with the 1976/77 jump in the Pacific Decadal Oscillation which

was associated with rising geopotential heights over the Pacific Northwest and falling heights

over the Gulf of Mexico (Mantua et al. 1997; Higgins et al. 2000).

5.6 Summary and Discussion

In this chapter, relationships between the DTR, sunshine duration. snow cover, and the

atmospheric circulation during the cold season have been investigated. The conclusions drawn

from these analyses may be summarized as follows.

L.

In the northern Plains and Midwest, the DTR under mostly clear skies is lower when
snow is present than when the ground is snow-free, while under cloudy conditions, the
presence of snow affects the DTR to a much lesser extent (Table 5.2). As a result, the
correlation between the DTR and sunshine duration is also lowered when snow covers
the ground (Table 5.1). In the Northeast, however, the presence of snow has only a
minimal effect on the DTR.

Circulation patterns associated with high (low) values of the DTR in a particular region
feature positive (negative) 1000-mb height anomalies centered over or near the region,
with a configuration that favors the flow of relatively dry continental (moist marine) air
over the area of interest (Fig. 5.3).

For the cold seasons (November-March) of 1965/66-1994/95, negative DTR trends,
which are concentrated in the central and southern United States, prevail over positive
trends, which are found primarily in the Northeast, along the Pacific coast, and over
northern portions of the interior West (Fig. 5.4a). A comparison of trends based on the

FSOD data (Fig. 5.7a) and trends based on data from the GHCN (Fig. 5.8a) suggests that
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changes in instrumentation, station moves, and other spurious discontinuities do not
contribute significantly to the DTR trends.

4. The observed negative DTR trend in the south-central United States and the positive
DTR trend in the coastal Northwest appear to be partly associated with concomitant
trends in cloudiness and the atmospheric circulation (Tables 5.3-5.5. Figs. 5.4b and 5.7-
5.8) which may, in turn, be linked to the 1976/77 shift in the Pacific Decadal Oscillation.
The observed trends in the DTR over the remainder of the country do not appear to be
linearly related to changes in cloudiness, the atmospheric circulation, or snow cover

extent.

Considering the nonlinearity of the relationships among the DTR, sunshine duration. and
snow cover, it would be instructive to investigate changes in the DTR and snow cover extent on

clear days only. A preliminary analysis with the present dataset indicates that on mostly sunny
days (Psn =75%). the DTR in the northern Plains, Midwest, and Northeast increased. while snow

cover extent decreased significantly in the northern Plains and Northeast and slightly in the
Midwest (not shown). This finding suggests a small positive contribution of snow cover to the
DTR trends in these regions. However, in order to adequately assess the statistical significance
and overall importance of this contribution, a longer period of record and a larger number of
stations with the requisite data are needed.

As was pointed out by Kalkstein et al. (1996), correlations between synoptic-scale patterns
and meteorological observations at the surface cannot be expected to be perfect since the same
synoptic situations can result in a variety of surface conditions and vice versa. Furthermore.
correlation analysis is a crude tool that reveals only simultaneous linear relationships when the
causal linkages in nature may be more complex. A few nonlinearities are revealed in certain

regions, for example, when composites of 1000-mb height anomalies for daily regional-mean
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DTR values that are more than one standard deviation above normal are compared to composites
for DTR values that are more than one standard deviation below normal (not shown). The
application of other techniques such as cluster analysis in future work may shed further light on
synoptic-scale patterns that favor high or low values of the DTR. Finally, the aggregation of data
into regions and five-month seasons, while providing large samples for statistical analysis. may
obscure certain relationships. Despite these limitations, the analysis of Section 5.4 has revealed
some physically and statistically significant circulation patterns that are associated with variations
in the DTR.

The fact that the analyses of Section 5.5 leave the majority of the observed cold season DTR
trends unexplained implies either that the relationships between the DTR, sunshine duration, the
atmospheric circulation, and snow cover extent are not adequately captured by linear analysis
techniques or that factors not considered in this study contribute to the trends. Local and regional
decreases in the DTR may be attributable to anthropogenic influences such as urbanization and
the rise in the concentration of tropospheric aerosols and greenhouse gases. The local effects of
urbanization on surface air temperature are well-documented (Cayan and Douglas 1984; Karl et
al. 1988; Balling and Idso 1989; Van den Dool et al. 1993; Gallo et al. 1996, 1999). Buildings
and pavement tend to retain heat for a greater length of time than undeveloped, open landscape,
resulting primarily in shallow surface warming at night. The urban heat island effect is expected
to be particularly noticeable in the temperature trends of stations located in areas of rapid
population growth such as the desert Southwest (Cayan and Douglas 1984), which has
experienced the largest trend in TDyy of the eight regions examined here (Table 5.4). However,
since negative trends also prevail at the mainly rural stations in the GHCN dataset, it appears that

factors other than urbanization contribute to the DTR decreases.
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Aerosols can raise the planetary albedo and serve as condensation nuclei, thus decreasing the
intensity of daytime surface heating and possibly increasing the amount of cloudiness (Charison
et al. 1992; Hansen et al. 1995; Karl et al. 1995; Dai et al. 1997). The influence of these
mechanisms on local and regional DTR has yet to be investigated in detail.

Even though diurnal variations in the direct longwave radiative effect of atmospheric
greenhouse gases on surface air temperature are believed to be small (Stenchikov and Robock
1995; Dai et al. 1999), the longwave radiative effects of an increase in greenhouse gases may
alter nighttime boundary layer processes and, therefore, daily minimum temperatures under clear
skies: the enhanced downward flux of longwave radiation from the atmospheric layer containing
the increased concentrations of greenhouse gases would require a larger upward flux of longwave
radiation from the earth’s surface and, therefore, a warmer surface temperature. This primary
effect is not expected to vary with time of day. However, the warmer surface could inhibit the
formation of near-surface inversions during clear nights and thus slow the nighttime drop of
surface air temperature. On the other hand, on clear days, the daily maximum temperature should
be limited primarily by convective mixing with the overlying atmosphere and should therefore be
largely unaffected by the radiative effects of a change in the concentration of greenhouse gases.
Since water vapor is one of the greenhouse gases, an analysis of the relationship between the
DTR, stability in the atmospheric boundary layer, and tropospheric water vapor under clear skies
may be used in future work to assess the effect of increases in greenhouse gases on the frequency

of nighttime inversions and the DTR.



TABLE 5.1 Correlations between daily anomalies of the diurnal temperature range and
percent of possible sunshine during the cold season (November-March). Anomalies for
1965/66 through 1994/95 at all stations within a particular region are aggregated into a
single set of station-days. For each regional aggregate, correlations are computed for all
station-days (All), station-days without snow on the ground (No SOG), and station-days
with a snow depth of at least 2.5 cm (SOG). The SOG-day correlation is computed only
when at least 25% of all station-days within a region are days with snow on the ground.

N denotes the number of stations used.

Region N Correlation % of days
No No
All SOG SOG S0G SOG
Northeast 13 0.39 0.41 0.35 65 35
Midwest 17 0.49 0.53 0.41 67 33
Southeast 12 0.60 0.60 97 3
Northern Plains 7 0.44 0.57 0.34 43 57
Southern Plains 3 0.59 0.62 0.48 75 25
South-Central States 5 0.69 0.69 99 \
Southwest 5 0.58 0.58 99 1
Coastal Northwest 2 0.60 0.61 97 3
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TABLE 5.2 Average diurnal temperature range anomalies on clear
and cloudy cold season days with (SOG) and without (No SOG)
snow on the ground. A day is defined as clear (cloudy) if the day's
percent of possible sunshine is greater than or equal to 90% (less
than or equal to 10%). Station data for the cold seasons of 1965/66-

1994/95 are grouped into regional aggregates of station-days as for

Table 5.1.
Region No SOG SOG

Clear Cloudy Clear Cloudy
Northeast 1.69 -2.01 1.50 -1.96
Midwest 2.98 -2.30 1.67 -2.17
Northern Plains 3.61 -3.81 1.26 -2.74

Southern Plains 3.92 -4.45 1.05 4.48
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TABLE 5.3 Daily correlations (x100) between time series of DTR-related 1000-mb height
patterns and other variables for the cold season (November-March). Variables include the
daily maximum (Tp,), minimum (Tm), and range (DTR) of surface air temperature,
afternoon (TDjr) and morning (TDyy) surface-to-850-mb temperature differences, and percent
of possible sunshine (ps.,). Correlations are based on regional time series of daily anomalies.
For DTR and py,, in the Northeast, Midwest, and Great Plains, correlations are shown for all
days (All) and days with no snow on the ground (No SOG). The period 1958/59-1994/95 is
used for all temperature variables; the period 1965/66-1994/95 is used for paa. Correlations

greater than or equal to 0.08 are significant at the 5% level.

Region DTR Dsun D,y Tac D, Tomin
No No
All  SOG All SOG
Northeast 33 36 -17  -13 26 51 -26 33
Midwest 37 39 19 22 39 33 -22 15
Southeast 35 5 45 53 -12 29
Northern Plains 45 56 6 27 45 46 -41 22
Southern Plains 52 45 24 24 56 64 -28 42
South-Central 56 43 61 68 -15 34
Southwest 45 23 3 20 42 20

Coastal Northwest 55 54 -13 -14 -50 -54
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TABLE 5.4 Regional cold season trends for 1965/66-1994/95. Variables include the diurnal

temperature range (DTR), daily maximum (Tm,) and daily minimum (Twa) temperatures,

afternoon (TDyr) and moming (TD.m) surface-to-850-mb temperature differences, percent of

possible sunshine (psun), snow cover extent (SE), and index time series of the DTR-related

circulation patterns (Circ). Units are °C (30 yrs)" for all temperature variables, % (30 yrs)! for

Psun and SE, and (standard deviation)(30 yrs)" for the circulation indices. Trends significant at

the 0.05 level are printed in boldface type. Trends in snow cover extent are not computed for

the southern and western coastal regions.

Region

Northeast

Midwest

Southeast

Northern Plains
Southern Plains
South-Central States
Southwest

Coastal Northwest

DTR

0.7
0.0

0.5
0.4
-1.0
-1.2

0.8

1.7
1.5
1.2
25
0.8
0.1
0.6
0.7

Tmm

1.0
1.5
1.9
3.0
13
0.9
1.7
0.1

TDpm

0.2
0.2
04
0.1
-0.2
-0.8

0.8
-1.0

TDgm

-0.4
-0.4
0.1
0.6
0.5
0.2
2.2
-2.1

pIWI

0.9
-1.0
-5.8

0.1

2.5
-8.9
-2.3

6.5

Circ

0.1
-0.2
0.1
0.2
-0.3
0.5
0.2



TABLE 5.5 Total and residual trends in regional-mean diurnal
temperature range (DTR) for the cold seasons of 1965/66-1994/95.
R. denotes the residual trend after the contribution from the
region's DTR-related circulation pattern has been removed. Run
denotes the residual trend after the contribution of percent of
possible sunshine has been removed. Ry denotes the residual trend
after the contributions of both the pattern and percent of possible

sunshine have been removed. Trends significant at the 0.05 level are

printed in boldface type.

Region Total qun R(‘m' Rbolh
Northeast 0.7 0.6 0.7 0.6
Midwest 0.0 0.1 0.1 0.0
Southeast -0.6 0.1 0.4 0.1
Northern Plains -0.5 -0.5 -0.7 -0.6
Southern Plains 0.4 -0.8 0.1 0.5
South-Central States -1.0 0.1 0.4 0.0
Southwest -1.2 -0.9 -1.8 -14

Coastal Northwest 0.8 0.5 0.5 04
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FIGURE 5.1 Map of stations and regions used in this chapter. Region boundaries are
indicated by solid lines. All stations have high-quality records of daily maximum and
minimum temperatures. Closed circles identify those stations with also have high-quality
records of percent of possible sunshine. Concentric circles indicate the availability of a
high-quality snow depth record in addition to the other data.
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FIGURE 5.2 Average diurnal temperature range (DTR, °C) in the Northern Great Plains
for clear (black) and cloudy (gray) days between November 1 and March 31 on which

the ground is (a) snow-free (snow depth = 0) and (b) covered with at least 2.5 cm of

snow. Days are defined as clear (cloudy) when the percent of possible sunshine is at least
90% (10% or less). Days between November 1 and March 31 are plotted on the x-axis,
the DTR. on the y-axis. Each dot represents an average over 7 stations and the period

1965/66-1994/95 for a particular calendar date.



FIGURE 5.3 DTR-related regression patterns of 1000-mb geopotential height anomalies
for eight regions. (a) Northeast, (b) Midwest, (c) Southeast, (d) northern Plains, (e)
southern Plains, (f) central South, (g) Southwest, and (h) coastal Northwest. Values
are typical for a one-standard deviation positive daily DTR anomaly during November -
March. The contour interval is 5 m. Solid contours indicate positive height anomalies,
dashed contours indicate negative anomalies, and the zero contour is thickened. In each
panel, the pattern is related to the diurnal temperature range of the area shaded in gray.
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FIGURE 5.4 Station trends of (a) the diurnal temperature range and (b) percent of
possible sunshine for the cold seasons of 1965/66-1994/95. Trends significant at the 5%
(10%) level are marked with concentric (closed) circles. Trends not significant at the 10%
level are marked with open circles. Positive trends are shown in black, negative trends in

gray.
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FIGURE 5.5 Trends in 1000-mb geopotential height (m (30 yrs)~!) in the domain 20°N -
60°N, 40°W - 140°W for the cold seasons of 1965/66-1994/95. The contour interval is 10
m (30 yrs)~!. Solid contours indicate positive trends; dashed contours indicate negative

trends, and the zero contour is thickened.
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FIGURE 5.6 Contributions of DTR-related atmospheric circulation patterns to station
trends of the diurnal temperature range. A contribution to a station’s DTR trend is based
on a circulation index computed from 1000-mb heights within a (a) 5°-by-5°, (b) 10°-by-
10°, and (c) 15°-by-15° latitude/longitude box centered on the station. Two concentric
circles represent a 30-year trend that exceeds 5% of the station’s mean cold season DTR;
a closed circle represents a trend that exceeds 1% of the station’s mean DTR; all smaller
trends are marked by open circles. Positive trends are shown in black, negative trends in

gray.
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FIGURE 5.7 (a) Diurnal temperature range (DTR) trends for the cold seasons of 1965/66-
1994/95 and (b) residual DTR trends following the removal of contributions from DTR-
related circulation patterns, based on First Order Summary of the Day data. Two concen-
tric circles represent a 30-year trend that exceeds 10% of the station’s mean cold season
DTR; a closed circle represents a trend that exceeds 5% of the station’s mean DTR: all
smaller trends are marked by open circles. Positive trends are shown in black, negative
trends in gray.
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FIGURE 5.8 Diurnal temperature range trends based on data from the Global Historical
Climatology Network, cold seasons 1965/66-1994/95. (a) Total 30-year trends; (b) residual
trends following the removal of contributions from DTR-related circulation patterns. The
scale and plotting conventions are the same as in Figure 5.7.
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CHAPTER 6

Concluding Remarks

This work has presented several empirical analyses of the relationships between the daily
maximum, minimum, and range of surface air temperature and other climate variables. In
agreement with the findings of previous studies, the results show that by altering the net radiative,
sensible, and latent heat fluxes at the surface, cloudiness and land surface conditions affect daily
maximum temperature more strongly than daily minimum temperature and thereby directly
influence the diurnal temperature range. Throughout the year, the highest values of the DTR are
associated with a dry, bare soil under clear skies. The presence of wet soil or vegetation during
summer and snow cover during winter can inhibit surface heating during the day and thus lower
the DTR. particularly when insolation is strong. The effects of soil moisture and vegetation tend
to be strongest in the southeastern United States, while the impact of snow cover is most
important in the northern Plains.

Since it strongly controls the distribution of clouds, the atmospheric circulation also has a
significant impact on the DTR. Regressions of daily 1000-mb height anomalies onto regional-
mean time series of the cold season DTR indicate that anomalous anticyclonic flow over a region
favors a relatively high DTR, while cyclonic flow favors a low DTR. Even though results of this
regression analysis are presented only for the cold season months of November-March, similar
results have been obtained for the warm season (May-September).

The motivation for this study was to improve our ability to interpret trends in the DTR. The
knowledge gained from analyzing the various factors that affect the DTR is applied to 30-year
trends in the DTR for the cold seasons of 1965/66-1994/95. For this period of record, decreases in

the DTR prevail over increases across the United States. However, areas of significant DTR
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increases are found over the Northeast, along the Pacific Coast, and in parts of the interior West.
Even though negative DTR trends also prevail during the warm season, the warm season trends
for 1966-1995 have been found to be smaller and less spatially coherent than the cold season
trends in most locations (Fig. 6.1) and have therefore not been further analyzed.

During the cold season. changes in cloudiness contribute significantly to the decreases in the
DTR over the south-central and southeastern states as well as to the DTR increase in the coastal
Northwest. The trends in the DTR and cloudiness over the south-central states and coastal
Northwest are physically consistent with changes in the 1000-mb height field which may, in turn,
be related to the 1976/77 jump in the Pacific Decadal Oscillation. Trends in the atmospheric
circulation, however, cannot account for the prevalence of negative trends in the DTR. For the
period of study, none of the DTR trends are found to be significantly related to changes in snow
cover extent. The results on trends in the First Summary of the Day dataset should be viewed with
some caution since these data have not been corrected for changes in instrumentation, station
moves, and other extraneous effects. However, a repetition of some of the analyses using monthly
mean data from the Global Historical Climatology Network (GHCN) yields very similar results.

Provided that homogeneity-adjusted daily observations from foreign countries can be
obtained, I plan to extend this work to other parts of the globe. Both the annual march of the DTR
at locations outside the United States and the factors contributing to the DTR trends at those
locations during both cold and warm seasons are of interest. In addition, the GHCN metadata on
population and local landscape may assist in explaining some aspects of the small-scale spatial
variability of both averages and trends in the DTR.

Future work on the association between soil moisture and the DTR should make use of the
daily observations of soil moisture and other meteoroiogical variables in the World Soil Moisture

Databank (Robock et al. 2000). During the course of this study, attempts were made to examine



102

the relationship between vegetation and the DTR using the Normalized Difference Vegetation
Index (NDVI). However, as mentioned in Section 4.3, various shortcomings of the NDVI dataset
limit its utility for such purposes. An improvement of the NDVI or an expansion of land-based
observations of phenological events would be of great value to researchers studying the
relationship hetween vegetation and climate.

Other future work should include an examination of the association between tropospheric
water vapor content, the DTR, and the frequency of nighttime inversions under clear skies using
estimates of low-level or column water vapor based on satellite or radiosonde measurements.
Such an analysis may shed light on the potential impact of increases in greenhouse gases on the
DTR. The local radiative effects of tropospheric aerosols on the DTR have also yet to be explored
in detail. An investigation of these effects may utilize long-term records of horizontal visibility as
a proxy for the concentration of particulates in the atmospheric boundary layer. Finally,
experiments with a coupled land-atmosphere-ocean model in which selected variables, such as
total cloud amount, can be held fixed may further illuminate all of these interrelationships. A
more complete interpretation of the trends in the DTR hinges upon the findings of all of these

proposed studies.
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FIGURE 6.1 Trends of the diurnal temperature range at First Order Summary of the Day
stations for (a) November-March 1965/66-1994/95 and (b) May-September 1966-1995.
Two concentric circles represent a 30-year trend that exceeds 10% of the station’s mean
DTR for the season; a closed circle represents a trend that exceeds 5% of the station’s
mean DTR; all smaller trends are marked by open circles. Positive trends are shown in
black, negative trends in gray.
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