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The Earth’s climate is strongly influenced by both external and internal forcings. Several

examples are the Earth’s rotation rate (ΩE), variations in the Earth’s orbit, and the land-sea

geometry. My PhD work specifically studies the impact of these three factors on the Earth’s

climate system.

We explore the question “what determines the meridional energy transport (MHT)?”

by performing a series of rotation-rate experiments with an aquaplanet GCM coupled to

a slab ocean. The change of MHT with rotation rate (Ω) falls into two regimes: in a

“slow-rotating” regime ( Ω < 1/2 modern rotation), MHT decreases with increasing Ω; in

a “fast-rotating” regime (Ω ≥ 1/2 modern rotation), MHT is nearly invariant. The two-

regime feature of MHT is primarily related to the reduction in tropical clouds and increase

in tropical temperature that are associated with the narrowing and weakening of the Hadley

Cell with increasing Ω. In the slow-rotating regime, the Hadley Cell contracts and weakens as

Ω is increased; the resulting warming causes a local increase in outgoing longwave radiation

(OLR) which consequently decreases MHT. In the fast-rotating regime, the Hadley Cell

continues to contract as Ω is increased, resulting in a decrease in tropical and subtropical

clouds which increases the local absorbed shortwave radiation (ASR) by an amount that

almost exactly compensates the local increases in OLR. In the fast-rotating regime, the

model heat transport is approximately diffusive, with an effective eddy diffusivity that is



consistent with eddy mixing-length theory. The effective eddy diffusivity decreases with

increasing Ω. However, this decrease is nearly offset by a strong increase in the meridional

gradient of moist static energy and hence results in a near-constancy of MHT. Our results

extend previous work on the MHT by highlighting that the spatial patterns of clouds and

the factors that influence them are leading controls on MHT.

In Chapter 2, we examined two factors that contribute to the early Eocene climate of

tropical South America: a narrower Atlantic ocean and enhanced CO2. For this study, We

used two atmospheric general circulation models (ECHAM 4.6 and CAM5) coupled to a slab

ocean. Experiments show that, to first order, narrowing the Atlantic decreases the precipi-

tation of tropical South America, whereas increasing atmospheric CO2 tends to increase the

precipitation. The early Eocene climate in our model is a near-linear contribution of change

in atmospheric CO2 concentration and change in Atlantic geometry, with a dominant con-

tribution from the latter, resulting in a drier-than-today tropical South America during the

early Eocene. Using water budget analysis, we find that the precipitation reduction induced

by narrowing the Atlantic is mainly due to the reduction of water vapor flux entering South

America across the northeast and east boundaries which, in turn, is due to a reduction in the

amount of water evaporated from the ocean as air travels from Africa to the South American

continent. It is not due to changes in atmospheric circulation. In fact, there is no dramatic

atmospheric circulation change around South America even though the Atlantic Ocean is

shrunk to less than half its modern width. Our study provides a step towards a dynamical

understanding of how the Eocene climate of South America differs from today’s.

Summertime insolation was more intense in the Northern Hemisphere during the mid-

Holocene, resulting in enhanced monsoonal precipitation. In Chapter 3, we examine the

changes in the annual mean tropical precipitation, as well as changes in atmospheric cir-

culation and upper ocean circulation in the mid-Holocene compared to the pre-industrial

climate, as simulated by 12 coupled climate models from PMIP3. In addition to the pre-



dominant zonally-asymmetric changes in tropical precipitation, there is a small northward

shift in the location of intense zonal mean precipitation (mean ITCZ) in the mid-Holocene in

the majority (9 out of 12) of the coupled climate models. In contrast, the shift is southward

in simulations using an atmospheric model coupled to a slab ocean. The northward mean

ITCZ shift in the coupled simulations is due to enhanced northward ocean heat transport

across the equator (OHT(EQ)) which demands a compensating southward atmospheric en-

ergy transport across the equator, accomplished by shifting the Hadley cell and hence move

the zonal mean ITCZ northward. The increased northward OHT(EQ) is primarily accom-

plished by changes in the gyre circulation in the upper-ocean in the tropical Pacific acting

on the zonally asymmetric climatological temperature distribution. The gyre intensification

results from the intensification of the monsoonal winds in the Northern Hemisphere and the

weakening of the winds in the Southern Hemisphere, both of which are forced directly by the

insolation changes.
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Chapter 1

INTRODUCTION

This Earth’s climate is strongly influenced by both external and internal forcings. For

example, variations in the Earth’s orbit modulates the insolation received by the Earth,

shuffling the Earth between a warm globe and a frozen world. The rise of atmospheric

CO2 since pre-industrial has increased the global mean surface temperature by almost 1◦C.

Studying the response of climate system to different forcings will therefore help us identify the

factors that are dominating the climate of the Earth. It will also help understand the climate

change happened in the past that are caused by one or more of these factors. By putting the

current global warming in a historical context, this study will also help us know the resilience

of the climate system and the potential risks of the current increase in atmospheric CO2.

Changes in the Earth’s rotation rate, variations in the Earth’s orbit, and changes in

the land-sea geometry are known to have important impacts on the climate. The Earth’s

rotation rate determines the atmospheric circulation and hence the spatial pattern of clouds;

the latter plays an important role in determining the planetary radiation balance and hence

the mean planetary climate (Yang et al., 2014). Variation in the Earth’s orbit changes

the meridional and seasonal distribution of insolation received by the Earth, and hence the

Earth’s climate. Land-sea distribution plays an important role in shaping the atmospheric

circulation and oceanic circulation that are crucial for the energy transport. For example,

both modeling studies and proxy records suggest that opening of the Drake passage gave birth

to an Atlantic meridional overturning circulation that warmed the Northern Hemisphere and

cooled the Southern Hemisphere (Toggweiler and Samuels, 1995; Toggweiler and Bjornsson,

2000; Sijp and England, 2004).

This thesis explores the impacts of the above astronomical and geological forcings on the
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Earth’s climate. Specifically, we address the following main questions:

1. The effect of the Earth’s rotation rate on the meridional energy transport;

2. The impact of CO2 and Atlantic geometry on the climate of tropical South

America; and

3. Effect of the precession of the Earth’s rotational axis on tropical rainfall;

These three questions are investigated in chapters 2-4. Chapter 2 investigates the impact

of the Earth’s rotation rate on the poleward energy transport, extending previous work by

highlighting the leading roles of spatial patterns of clouds. In chapter 3, we explores the

effect of Atlantic geometry and increasing the atmospheric CO2 concentration on the climate

of South America, as well as their implication for the climate of the early-Eocene. Chapter

4 studies the impact of the precessional cycle on tropical precipitation and cross-equatorial

energy transport during the mid-Holocene, with an emphasis on the role that ocean heat

transport plays in shifting the tropical precipitation band.

The work described in Chapters 2 and 4 is published in the Journal of Climate (Liu et al.,

2017a,b).
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Chapter 2

THE EFFECT OF CLOUD COVER ON THE MERIDIONAL
HEAT TRANSPORT: LESSONS FROM VARIABLE

ROTATION EXPERIMENTS

2.1 Introduction

The atmosphere-ocean system transports energy poleward, balancing the energy surplus

in the tropics with the deficit in the extratropics. In the modern climate, the net annual-mean

meridional heat transport (MHT) peaks at 35◦ in both hemispheres, with atmospheric trans-

port contributing about 80% in the Northern Hemisphere and about 90% in the Southern

Hemisphere (Trenberth and Caron, 2001; Fasullo and Trenberth, 2008). Numerical modeling

studies show that the MHT tends to stay remarkably invariant even for very different cli-

mates, including for LGM boundary conditions, modern boundary conditions with quadru-

pled CO2 (Manabe and Bryan, 1985; Donohoe and Battisti, 2012), and for very different

ocean heat transport (Magnusdottir and Saravanan, 1999; Rose and Ferreira, 2012). In this

paper, we explore the question “what determines the meridional heat transport?”

Based on the one-dimensional energy-balance equation, Stone (1978) argued that the

magnitude of the annual mean total MHT is insensitive to the details of dynamics of the

atmosphere-ocean system, and this insensitivity is due to: (1) the high efficiency of the

dynamical transport mechanisms; (2) the negative correlation between the local planetary

albedo and the outgoing radiation to space in the extratropics; and (3) a robust structure

in the large-scale meridional profiles of absorbed shortwave radiation (ASR) and outgoing

longwave radiation (OLR). As a caveat, Stone also noted that “the precise cancellation of the

structure terms may not hold if the structure and dynamics of the atmosphere-ocean system

change from those of current state.”
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One obvious way to test Stone’s argument and explore the mechanisms that control MHT

is to perform numerical experiments that alter the atmospheric dynamics, while keeping the

overall geometry fixed. A straightforward way to achieve this is by altering the Earth’s

rotation rate. Williams (1988) performed some early simulations with different rotation rates,

but did not focus on MHT. Vallis and Farneti (2009) studied the change of MHT with the

Earth’s rotation rate and found that MHT decreases with increasing rotation rate. However,

the study used a gray atmosphere (i.e., no clouds and constant longwave emissivity; Frierson

et al., 2006), and therefore omits the potentially important impact that cloud changes might

have on the global energy budget (e.g., Trenberth et al., 2009).

In this paper, we explore the question “what determines the meridional heat transport?”

by modifying the Earth’s rotation rate, and allowing for the concomitant change in clouds

and water vapor distribution that we hypothesize are fundamental to determining MHT.

This is done by performing experiments with an aquaplanet atmospheric General Circulation

model coupled to a slab ocean, changing the planet’s rotation rate (Ω) between one-sixteenth

and four times the present-day value. We find that in this range of rotation rates, and for

our model, the change of MHT with rotation rate falls into two regimes: a slow-rotating

regime, in which MHT decreases with increasing rotation; and a fast-rotating regime, in

which MHT stays relatively invariant. But to a large extent, MHT stays relatively constant

with increasing rotation: the maximum change is about 30% of the ensemble mean MHT.

The constancy of MHT in the fast-rotating regime is not a result of a constancy in ASR

or OLR with rotation rate, as assumed by Stone; on the contrary, there are large changes

in the meridional structure of both ASR and OLR; however, the changes almost completely

offset each other, so MHT remains approximately constant. The top-of-atmosphere radiation

patterns are associated with the changing width and strength of the Hadley Cell, and are by

themselves sufficient to determine the response of MHT to changing rotation rate. We also

evaluate how eddies adjust in order to achieve the MHT in each experiment, and whether

the eddies’ activities scale with metrics such as the Rhines length that depends on rotation

rate.



5

2.2 Experiments and Methods

We use the Geophysical Fluid Dynamics Laboratory Atmospheric Model, version 2.1

(GFDL AM2.1; Anderson et al. 2004) in aquaplanet configuration coupled to a 2.4 m slab

ocean without sea ice component. The atmosphere model includes a prognostic cloud scheme

in which cloud microphysics are parameterized according to Rotstayn (1997) and cloud frac-

tion is parameterized following the Tiedtke (1993) (see Anderson et al. (2004) for more

details). The model is run at a horizontal resolution of 2◦ latitude × 2.5◦ longitude with 24

levels. Insolation is set to its annual-mean value at each latitude. We prescribe in all exper-

iments a zonally and hemispherically averaged ocean heat flux (Q-flux) to the slab ocean as

in Rose and Ferreira (2012), which features a maximum poleward transport of 2.2 PW at

15◦ latitude and a zero global mean. Seven experiments are performed, in which the rotation

rate is set to 1/16, 1/8, 1/4, 1/2, 1, 2 and 4 times the present-day value, respectively. Results

of each experiment are presented in terms of the relative rotation rate Ω = Ω/ΩE, where

ΩE = 7.292× 10−5 rad s−1 is the present terrestrial value.

2.3 Results

Figure 2.1 shows the meridional profile of surface temperature. As the rotation is in-

creased, the surface temperature increases equatorward of 40◦ and stays constant or even

decreases in the polar regions (except as Ω changes from 1/16 to 1/8), resulting in an in-

crease in the equator-to-pole temperature gradient. This feature is also seen in previous

studies using different models (Williams and Holloway, 1982; Geisler et al., 1983; Del Genio

and Suozzo, 1987; Williams, 1988; Jenkins, 1996; Navarra and Boccaletti, 2002), indicating

that it is a robust feature across models. That the tropics warm as the rotation rate is

increased is often attributed to a reduction in the poleward energy transport. However, ad-

ditional experiments (described in section 6) show that tropical warming is due to increasing

absorbed solar radiation via reduction in tropical clouds; the warming is further amplified

by the water vapor feedback.
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Consistent with the surface temperature, the meridional gradient of surface moist static

energy also increases with increasing rotation (Fig. 2.2). Note that the degree of increase in

the surface moist static energy gradient is much greater than that in the surface temperature

gradient because of exponentially larger moisture loading in the tropics due to the Clausius-

Clapeyron relationship. As will be discussed in section 5, this strong increase in the gradient

of surface moist static energy compensates the weakening of the eddies and keeps the MHT

relatively unchanged.
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Figure 2.1: (a) Surface temperature, in degree Celcius, for various values of Ω. Note the
displacement of latitude is area-weighted; hence, distance along the abscissa is linearly pro-
portional to area covered. (b) same as (a), but for surface moist static energy (units: J
kg−1).
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Figure 2.2: Cloud fraction (shading) overlayed with meridional streamfunction (contours) for
each experiment; contours start from ±20× 109kg s−1, with intervals of 20× 109kg s−1 for
all experiments except for Ω = 1/16 (contours start from ±40×109kg s−1 and with intervals
±40× 109kg s−1). Note the displacement of latitude is area-weighted. The latitude range in
the right panels is 0 to 40◦ because in the fast-rotating regime (Ω ≥ 1/2) clouds in the high
latitudes are saturated and so changes do not affect the energy balance (see Figs. 8b,d).
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In the control experiment (Ω = 1), the Hadley Cell extends from the equator to 30◦ lat-

itude, approximating well the observed Hadley cell (Fig. 2.2) (Dima and Wallace, 2003). As

rotation increases, the Hadley Cell becomes narrower and weaker (Fig. 2.2). The decrease in

the width of the Hadley cell with increasing rotation is expected from the heuristic Held-Hou

model (Held and Hou, 1980; Held, 2000).

The narrowing and weakening of the Hadley Cell is also associated with a weakening of the

midlatitude eddies because the midlatitude eddy momentum fluxes contribute significantly to

the width and strength of Hadley Cell: the strength of the meridional overturning circulation

is proportional to the divergence of the eddy momentum flux (Schneider, 1984; Hess et al.,

1993; Walker and Schneider, 2006; Vallis, 2006). Figure 2.3 shows the eddy momentum flux1

at 300 mb. Averaged over the width of the Hadley Cell, the eddy momentum flux is a

positive contribution to the strength of the Hadley Cell for all but the Ω = 1/16 case (Table

1). A measure of the relative importance of the eddy momentum fluxes to the strength of the

Hadley circulation is given by the ratio of the average of the eddy momentum flux divergence

over the Hadley Cell to the Hadley Cell strength, and referred to as the “eddy efficiency”.

Both the absolute amplitude of the eddy momentum flux divergence and the eddy efficiency

are near extrema for the modern day rotation rate and greatly decay for both higher and

lower rotation rate.

The maximum poleward MHT in the Ω = 1 experiment using AM2.1 is 5.4 PW at

35◦ (Fig. 2.4a) which is indistinguishable from that observed. The latitude of the maximum

MHT increases somewhat with rotation rate: from about 25◦ for Ω = 1/16 to 38◦ for Ω =

4. With increasing rotation rate, MHT falls into two regimes (Fig. 2.4a): a “slow-rotating”

regime, 1/16 ≤ Ω < 1/2, in which MHT decreases slightly with increasing rotation; and a

“fast-rotating” regime, Ω ≥ 1/2, in which MHT stays relatively unchanged with increasing

rotation. This two-regime feature of MHT is evident for both maximum MHT (MHTmax)

1The eddy momentum flux is defined as the zonal mean time mean of the product of u′ and v′, where u
and v are the zonal and meridional wind components and prime denotes the deviation from the zonal and
time mean.
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Figure 2.3: The eddy momentum transport measured by the zonal and temporal mean of
u′v′ at 300mb, where u′ and v′ are the deviation of the zonal wind and meridional wind from
their time and zonal mean, respectively (m2 s−2) for various values of Ω. The dot on each
line that is of the same color as the line it resides on denotes the poleward edge of the Hadley
Cell, i.e. the width of the Hadley Cell. Note the displacement of latitude is area-weighted.

(Fig. 2.4b) and the MHT averaged between 20◦ to 60◦ (Fig. 2.4c). In the following analysis,

we will be using MHTmax as a metric of MHT to understand its change with rotation.

2.4 Understanding Changes in MHT in terms of Radiation

Our analysis of the changes in the MHTmax uses the diagnostics developed in Donohoe

and Battisti (2012). In an equilibrium climate, MHTmax is equal to the net radiative surplus

integrated over the tropics or, equivalently, the net radiative deficit integrated over the

extratropics:

MHTmax = 2πR2

∫ x(ASR=OLR)

0

(ASR−OLR)dx (2.1a)

= −2πR2

∫ 1

x(ASR=OLR)

(ASR−OLR)dx, (2.1b)

where x is the sine of latitude (Fig. 2.5). Since an equilibrium climate achieves global

radiative equilibrium (that is, the globally integrated ASR is equal to that of OLR), we can
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Table 2.1: The Hadley Cell strength versus the mean divergence of the eddy momentum flux.
In the table below, width of the Hadley Cell (LH) is determined as the first latitude poleward
of the maximum absolute value of the Hadley Cell streamfunction at which the mass flux
streamfunction at the sigma level of its extremum above sigma = 0.7 is 10% of its extremal
value, following Walker and Schneider (2006). The Hadley Cell strength is defined as the
maximum absolute value of the mass flux streamfunction. The mean divergence of the eddy
momentum flux (column four) is the meridional average of the divergence of eddy momentum

flux from the equator to LH , that is,
∫ LH
0

d(u′v′)
dθ

cosθdθ∫ LH
0 cosθdθ

, where u′v′ is the eddy momentum flux

and θ is latitude. Eddy efficiency is defined as the mean divergence of the eddy momentum
flux divided by the strength of the Hadley Cell.

Width of the Hadley Cell strength mean divergence of eddy eddy efficiency

Ω Hadley Cell (1011kg s−1) momentum flux (10−5m s−2) (10−16m s−1 kg−1)

1/16 74◦ 7.4 -0.22 0.005

1/8 58◦ 3.2 0.047 0.02

1/4 46◦ 1.8 1.1 0.57

1/2 39◦ 1.43 1.4 0.97

1 31◦ 1.41 1.5 1.03

2 27◦ 1.0 0.68 0.59

4 13◦ 0.6 0.084 0.54

subtract the global average of ASR and OLR from the right hand side to yield:

MHTmax = 2πR2

∫ x(ASR′=OLR′=0)

0

(ASR′ −OLR′)dx (2.2a)

= −2πR2

∫ 1

x(ASR′=OLR′=0)

(ASR′ −OLR′)dx, (2.2b)
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Figure 2.4: (a) The total meridional energy transport, in PW, for various values of Ω. Note
the displacement of latitude is area-weighted. (b) and (c) are the peak value of the meridional
energy transport and the transport averaged between 20-60◦, respectively. The uncertainty
in MHTmax is typically +/- 0.2 PW. Blue stars are for the experiments without Q-flux.

where primes denote deviations from the global average and it has been assumed that

x(ASR′ = 0) = x(OLR′ = 0). Eqs. (2.2a) and (2.2b) can be combined to give:

MHTmax =
1

2

(
2πR2

∫ x(ASR′=OLR′=0)

0

(ASR′ −OLR′)dx− 2πR2

∫ 1

x(ASR′=OLR′=0)

(ASR′ −OLR′)dx

)
(2.3a)

≈ ASR∗ −OLR∗, (2.3b)
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Table 2.2: Decomposition of atmospheric heat transport (AHT) into the contribution by
mean meridional circulation (MMC) and the contribution by eddies. The contribution by

MMC is calculated as
∫ 0

−π/2

∫ 2π

0
(
∫ 0

ps
[v][h]dp)cosθdλdθ, where v is the meridional wind, h is

the moist static energy, p is pressure, ps is surface pressure, θ is latitude, λ is longitude and
[·] denotes zonal and temporal mean. The eddy energy transport is defined as the residual of

the MMC transport from the total AHT estimated as
∫ 0

−π/2

∫ 2π

0
(
∫ 0

ps
(vhdp)cosθdλdθ. In the

calculation of total AHT, the vertical integral of vh is calculated at the model grid at each
time step. In the table below, latmax denotes the latitude where AHT calculated from the
meridional integral of the net heat flux into the atmosphere reaches its maximum value.

Ω latmax MMC transport (PW) Eddy transport (PW) MMC + Eddy (PW) AHTmax (PW)

1/16 33◦ 4.8 1.1 5.9 5.8

1/8 35◦ 2.9 2.8 5.7 5.5

1/4 35◦ 1.4 3.6 5.0 5.1

1/2 37◦ 0.2 3.8 4.0 4.1

1 41◦ -0.6 4.8 4.2 4.3

2 39◦ 0.0 4.5 4.5 4.6

4 39◦ -0.1 4.2 4.1 4.5

where

ASR∗ ≡ 1

2

(
2πR2

∫ x(ASR′=0)

0

ASR′dx− 2πR2

∫ 1

x(ASR′=0)

ASR′dx

)
(2.4)

and

OLR∗ ≡ 1

2

(
2πR2

∫ x(OLR′=0)

0

OLR′dx− 2πR2

∫ 1

x(OLR′=0)

OLR′dx

)
. (2.5)

ASR∗ is the surplus of ASR in the tropics relative to the global mean, and OLR∗ is the surplus

of OLR relative to the same global mean (or equivalently, ASR∗ and OLR∗, respectively, are

the deficit of ASR and the deficit of OLR in the extratropics relative to the global mean).

Thus, Eqn. 2.3b is a compact representation of the relationship that must exist between

the poleward energy transport and the spatial patterns of ASR and OLR. ASR* and OLR*

are fundamental to the energetic gradients that must be accommodated by transport. A

graphical illustration of the meaning of ASR∗ and OLR∗ is provided in Fig. 2.5 for the
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observed climate. The decomposition into ASR∗ and OLR∗ provides insight into processes

acting via shortwave and longwave fluxes. Changes in the MHTmax from one experiment to

another can thus be understood in terms of changes in ASR∗ and/or OLR∗. In the following

text, we will use this method to analyze the different behaviors of MHT as a function of

rotation in each regime.

Figure 2.5: Graphical illustration of the calculation of (a) the maximum meridional heat
transport (MHTmax), (b) ASR∗ and (c) OLR∗. For each variable, i.e. MHTmax, ASR∗ and
OLR∗, and for each hemisphere, the surplus in the tropics relative to the global mean is
shaded orange, while the deficit in the extratropics relative to the global mean is shaded
blue. Reproduced from Donohoe and Battisti (2012) with permission.

It is worth noting that the near equality in Eqn. (2.3b) holds exactly when the meridional

nodes of ASR′ and OLR′ are collocated, which is true for the fast-rotating regime (Ω ≥ 1/2)
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but not for the slow-rotating regime (Ω < 1/2). Nonetheless, even for the slow-rotating

regime, this method gives a fair estimate of the change of MHTmax with rotation rate:

ASR∗ −OLR∗ underestimates MHTmax by only 3 to 16%, depending on rotation rate (cf.

Figs. 2.4c and 2.6c). The results shown below are not sensitive to the small changes in the

latitude of the nodal points associated with the changes in rotation rate: the same results

are found when the nodal point from the Ω = 1 experiment is used to estimate ASR∗ and

OLR∗ for each of the experiments.

2.4.1 The fast-rotating regime

In the fast-rotating regime (Ω ≥ 1/2), both OLR∗ and ASR∗ increase with rotation rate

and they increase by approximately equal amounts (Fig. 2.6a, b); as a result, MHTmax is

largely insensitive to rotation rate.

To understand why both ASR∗ and OLR∗ increase with increasing rotation rate, we fur-

ther partition ASR∗ and OLR∗ into the contribution from the clear-sky (ASR∗clr and OLR∗clr)

and the contribution from the clouds (ASR∗cld and OLR∗cld ). Similar to ASR∗ and OLR∗ (cf.

Eqs. 2.4 and 2.5), ASR∗clr and OLR∗clr are defined to be

ASR∗clr =
1

2

(
2πR2

∫ x(ASR′clr=0)

0

ASR′clrdx− 2πR2

∫ 1

x(ASR′clr=0)

ASR′clrdx

)
(2.6)

and

OLR∗clr =
1

2

(
2πR2

∫ x(OLR′clr=0)

0

OLR′clrdx− 2πR2

∫ 1

x(OLR′clr=0)

OLR′clrdx

)
. (2.7)

ASR∗cld and OLR∗cld are given by

ASR∗cld = ASR∗ − ASR∗clr (2.8)

and

OLR∗cld = OLR∗ − OLR∗clr. (2.9)

ASR∗clr and OLR∗clr thus represent the equtor-to-pole gradient of the absorbed clear-sky short-

wave radiation (ASRclr) and clear-sky outgoing longwave radiation (OLRclr), respectively.
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Figure 2.6: ASR∗ (a; positive downward) and OLR∗ (b; positive upward), in PW, for each
experiment. (c) is the difference between (a) and (b).

ASR∗cld describes the equator-to-pole gradient of ASRcld, the shortwave cloud forcing (that

is, the negative of the shortwave reflected by clouds). Similarly, OLR∗cld describes the equator-

to-pole gradient of OLRcld, the longwave cloud forcing (that is, the negative of the longwave

trapped by the clouds).

In the fast-rotating regime, ASR∗clr is essentially invariant of rotation rate (Fig. 2.7a).

Therefore, the increase of ASR∗ with increasing rotation rate is due predominantly to an

increase in ASR∗cld (cf. Figs. 2.6a and 2.7c). The change in ASR∗clr and ASR∗cld can be under-

stood by examining the spatial patterns of ASRclr and ASRcld (Figs. 2.8a,b). ASRclr remains

nearly constant with rotation rate at each latitude because of the unchanging geometry and

solar constant; for all the experiments, the shortwave reflected by the clouds ASRcld remains
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Figure 2.7: Clear-sky ASR∗, ASR∗clr (a) and clear-sky OLR∗, OLR∗clr (b), in PW, for each
experiment. (c) and (d) are the same as (a) and (b), but for ASR∗cld and OLR∗cld, which are
defined as ASR∗ − ASR∗clr and OLR∗ −OLR∗clr, respectively.

negative, as it must be by definition. As the rotation is increased, ASRcld is less negative

equatorward of 40◦, indicating that less shortwave is reflected by clouds. This results in an

decrease in the equator-to-pole gradient of shortwave reflected, or equivalently, an increase

in the equator-to-pole difference of ASRcld (= 2ASR∗cld).

The reduction in the shortwave reflected in the tropics, in turn, is related to a reduction

in the high cloud amount from the equator to 20◦ and a reduction in the low cloud amount

from 20◦ to 40◦ (Figs. 2.2b, d, f and g); both are associated with the change in the Hadley

Cell. As shown in Fig. 2.2, the tropical high clouds are associated with the ascending branch

of the Hadley cell and the subtropical low clouds are associated with the sinking branch; both
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types of clouds reduce with the weakening and shrinking of the Hadley cell with increasing

rotation. Poleward of 40◦, ASRcld stays relatively unchanged because cloud changes are

constrained to be over the polar cap where the insolation is weak and clouds are prevalent

in all experiments.

The increase in OLR∗ with the increasing rotation rate is primarily due to an increase in

OLR∗clr and secondarily to an increase in OLR∗cld (Figs. 2.7b and 2.7d). The increase in OLR∗clr

with increasing rotation rate is mainly due to an increase in clear-sky OLR equatorward of

20◦, consistent with the surface warming in the tropics as rotation is increased (cf. Figs. 2.8c

and 2.1). The longwave cloud forcing (OLRcld) is a positive contribution to OLR∗: as

the rotation rate is increased, less longwave is trapped by clouds in the tropics; therefore,

the equator-to-pole gradient of OLRcld (OLR∗cld) increases. The reduction in the trapped

longwave is associated with the reduction in the tropical high cloud amount (Figs. 2.2b, d, f

and g) which is related to the weakening and narrowing of the Hadley cell (Fig. 2.2).

2.4.2 The slow-rotating regime

In the slow-rotating regime (Ω < 1/2), ASR∗ is nearly invariant with rotation, but OLR∗

increases as the rotation is increased, resulting in a decrease in MHTmax with increasing

rotation (Fig. 2.6). OLR∗ increases with rotation primarily due to an increase in OLR∗clr

(Figs. 2.7b,d).

As in the fast-rotating regime, the increase in OLR∗clr with increasing rotation rate is

mainly due to an increase in clear-sky OLR in the tropics. Note that the temperature

change in the slow-rotation regime is nearly uniform globally, resulting in a larger increase

in clear-sky OLR in the tropics than in the polar regions via the nonlinear Planck response

(Figs. 2.9c, d). The increase in OLR∗cld with increasing rotation rate is due to an decrease

in longwave trapping by clouds in the tropics which, in turn, is related to the decrease in

tropical high cloud amount associated with the weakening of the Hadley cell (Figs. 2.2a, c,

e).

ASR∗ does not change with the rotation in the slow-rotating regime because neither
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Figure 2.8: The clear-sky ASR, ASRclr (a) and impact of clouds on ASR, ASRcld (b), in
W m−2, for experiments in the fast-rotating regime. Note the displacement of latitude is
area-weighted. (c) and (d) are the same as (a) and (b), but for OLR. The gray dashed lines
indicate location of the nodal point of Ω = 1. Note the different y-axes in each panel. The
results illustrate that the biggest changes are equatorward of the nodal point.
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Figure 2.9: Same as Fig. 2.8, but for experiments in the slow-rotating regime.
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ASR∗clr nor ASR∗cld change (Fig. 2.7a,c). ASR∗cld remains nearly invariant because as rotation

rate increases, ASRcld increases the same amount equatorward of the nodal point (roughly

35◦) as it does poleward of the nodal point (Fig. 2.9b). The increase in ASR is predominantly

due to the reduction in the low clouds (Figs. 2.2a, c, e) that stems from the weakened

subsidence associated with the sinking branch of the Hadley cell (note that the Hadley cell is

much wider in the slow-rotating regime and extends to the pole in the Ω = 1/16 experiment).

This relationship between the changes of clouds and the changes of the Hadley cell is the

same as that of the fast-rotating regime. Although there are large changes in tropical high

clouds and middle-to-high clouds in the polar regions, they do not impact the shortwave and

hence ASR∗ significantly.

2.5 The Connection with Dynamics

For Ω ≥ 1/4 the MHT is accomplished predominantly by the eddies (Table 2). It might

be expected that eddy heat transport would depend on the geometry and intensity of the

eddies that, in turn, depend on rotation rate via eddy metrics (see Barry et al., 2002 for an

important review), such as the Rhines scale (which scales as the inverse of the square root of

the meridional gradient of the Coriolis parameter), or the maximum Eady growth rate (which

scales as the Coriolis parameter). Turbulence mixing theory suggests that eddy diffusivity

scales as V L where V and L are eddy velocity and meridional length scales, respectively

(e.g., Vallis, 2006). Figures 2.10a and b show V and L area-averaged between 30◦ and

60◦. Following Barnes and Hartmann (2012), V is taken to be the root-mean-square of the

instantaneous (6 hourly) 850mb meridional wind averaged over each latitude band and over

time (VRMS); and L is defined as the meridional distance over which the autocorrelation in

the instantaneous meridional wind decays by a factor of e. Also shown in Figures 2.10 a and

b, respectively, are a velocity scale developed by Barry et al. (2002) 2 and the Rhines β-scale,

2Barry et al’s velocity scale is V = Vb ∝ (aT yq/T0)2/5(2/β)1/5, where a is the radius of the Earth, T y

and T0 are the 1000-200 mb vertically integrated meridional gradient of zonal mean temperature and the
mean temperature area-averaged over the mid-latitudes (taken to be 30◦to 60◦ latitude), respectively, and
following Lapeyre and Held (2003) q is the average heating rate poleward of the latitude of maximum



21

defined as
√

2V
β

where V is, as in the present study, the root-mean-square of meridional

velocity.

V weakly depends on the rotation rate – it decreases only slightly as the rotation rate

is increased (except for Ω = 4) (Fig. 2.10a). Across all of the experiments, there is a

qualitative similarity between V and the velocity scale developed by Barry et al. (2002).

The implication is that the weak dependence of V on rotation is because the increase in

baroclinicity with increasing rotation rate is partly offset by the increase in β. L decreases

with increasing rotation rate, almost exactly following the change of the Rhines β-scale

(Fig. 2.10b), consistent with Barnes and Hartmann (2012). The suggested scaling for eddy

diffusivity, V L, decreases monotonously with increasing rotation, mainly associated with the

decrease in L (Fig. 2.10c). This implies that the eddies are less effective at transporting heat

as the rotation is increased.

Several recent studies have shown atmospheric heat transport (AHT) in GCMs can be

emulated by simple downgradient diffusion of near-surface moist static energy (e.g., Flannery,

1984; Frierson et al., 2007; Hwang and Frierson, 2010; Jansen and Ferrari, 2015; Rose et al.,

2014; Roe et al., 2015):

AHT = −2π cos θ
ps
g
Deff (θ)

dh

dθ
, (2.10)

where θ is latitude, ps/g is mean mass per unit area (taken to be a constant, 104 kg m−2),

Deff(θ) is the effective diffusivity as a function of latitude, and h = cpT + Lvq is the near-

surface moist static energy (where cp is specific heat, T temperature, Lv latent heat of

vaporization, and q is specific humidity). Deff can be diagnosed from model output using

Eq. (2.10). Figure 2.10c presents a scatter plot of Deff vs. V L as a function of rotation

rate. Deff decreases by approximately ten-fold as Ω increases from 1/16 to 4. There is an

impressive, near-linear association between Deff and V L over a 64-fold variation in rotation

rate – the correlation coefficient between these two exceeds 0.99. The results thus show that

the model heat transport is indeed approximately diffusive, with an effective diffusivity that

AHT. The arbitrary constant is chosen such that Vb matches VRMS at Ω = 1.
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Eqn. 2.10 for definition) versus V L averaged between 30◦ to 60◦ for the whole ensemble of
experiments.
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is consistent with eddy mixing-length theory. This is even true in the slow-rotating regime

where the eddies are not the dominant transport mechanism. The results are also consistent

with the idea that eddies are less effective at transporting heat at higher rotation rates.

Despite the ten-fold decrease in Deff , AHT and hence MHT (because the ocean heat

transport is fixed in this series of experiments) changes by no more than about about 30%

across this range (Table 2). The reason is that the decrease in Deff is nearly offset by the

strong increase in the gradient of moist static energy associated with the tropical warming

at high rotation rates (Fig. 1b).

2.6 Discussion

It is evident from the above analysis that the regime feature of MHT with increasing

rotation rate is related to the regime behavior of ASR∗cld: it is nearly constant in the slow-

rotating regime but increases with increasing rotation in the fast-rotating regime. Why does

ASR∗cld change differently with rotation rate in these two regimes, given that the patterns of

change in cloudiness that are essential to the change in ASR∗cld are the same for both regimes?

It is related to the mean distribution of tropical and subtropical clouds that are associated

with the Hadley cell. In both regimes, the tropical high clouds are associated with the rising

branch of the Hadley cell and the subtropical low clouds are associated with the sinking

branch of the Hadley cell. In the slow-rotating regime, the subtropical low clouds decrease

on both the equatorward and the poleward sides of the nodal point (roughly 36◦) (Figs. 2.2a,

c, e) because the Hadley cell extends poleward of the nodal point, resulting in a near-zero

change in the equator-to-pole gradient of ASRcld, that is ASR∗cld. On the contrary, in the

fast-rotating regime the reduction in tropical high clouds and the reduction in subtropical

low clouds are both equatorward of the nodal point (Figs. 2.2b, d, f and g) so they work in

a concerted way to reduce the shortwave reflected and hence cause a net increase in ASR∗cld

as rotation rate increases.

In terms of dynamics, the two-regime nature of MHT is related to the Clausius-Clapeyron

relationship which increases the meridional gradient of surface moist static energy more
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dramatically in the fast-rotating regime (Fig. 1b), compensating for the decrease in eddy

diffusivity (Fig. 2.10). In the slow-rotating regime, however, because the increase in the

gradient of surface moist static energy is not sufficient to compensate the decrease in eddy

diffusivity, the MHT decreases with increasing rotation rate. Our results contrast with

those of Vallis and Farneti (2009) who found that the MHT decreases monotonously with

increasing rotation rate. The primary reason for this difference is the choice of atmosphere

models: Vallis and Farneti (2009) use a gray atmosphere with fixed spatial distribution of

clouds; as a result, ASR∗ cannot change with rotation rate. In contrast in our experiments,

changing ASR∗ causes changes in tropical temperature and moist static energy which, in

turn, affect the meridional gradient and hence the flux of moist static energy.

Another striking feature revealed in this study is that the eddy diffusivity scales linearly

with the effective eddy diffusivity (Fig. 2.10c). The linearity implies an important constrain-

ing relationship between the dynamics and the radiation.Our results above suggests that

changes in clouds are fundamental to the insensitivity of MHT to rotation. To further test

the role of clouds, we repeated the experiments with a gray radiation model in which clouds

and longwave emissivity are prescribed. We found that when clouds and water vapor feed-

back are omitted, the tropical warming is much smaller, ASR∗ stays constant and OLR∗

increases with increasing rotation for Ω < 1/2 and keeps relatively unchanged for Ω ≥ 1/2.

This conclusion is further supported by two additional sets of experiments, increasing the

rotation rate from Ω = 1/16 to Ω = 4: in the first set of experiments, SST was fixed to

be that from the control (Ω = 1) experiment using the slab ocean; in the second set of

experiments, the rotation rate is held fixed at Ω = 1, but the SST is prescribed to be that

from the varying rotation experiments using the slab model. Comparing the results from

these two sets of experiments to those using the slab model, we found that: (i) the change in

clouds and hence in ASR∗ is primarily due to the changes in the Hadley cell due to changes

in rotation – the tropical ASR increases with rotation in the variable-rotation-fixed-SST ex-

periments, but not in the variable-SST-fixed-rotation experiments; and (ii) the change in

Hadley cell is predominantly determined by change in the rotation without changing SST –
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the Hadley cell contracts and weakens with increasing rotation in the variable-rotation-fixed-

SST experiments, but strengthens and widens slightly with increasing rotation in the set of

variable-SST-fixed-rotation experiments, in contrast to what is seen in the experiments using

slab model.

In the present study, we used the same fixed Q-flux for all of the experiments; if we had

used a dynamic ocean model the ocean heat transport would also change with changes in

rotation rate. However, using the fixed Q-flux is reasonable in the sense that MHTmax is

dominated by the atmospheric heat transport and therefore should be relatively insensitive to

changes in ocean heat transport. We also performed another set of rotation rate experiments

in which no Q-flux is used. For this set of experiments, the behavior of MHT, ASR∗ and

OLR∗ with rotation is the same as discussed in sections 3 and 4 (Figs. 2.4b, c).

The change of MHT with rotation rate is independent of the model resolution. To bet-

ter resolve the eddies in the fast rotation rate experiments, we performed another set of

experiments in which the horizontal resolution is doubled (from 2.0◦× 2.5◦ to 1.0◦× 1.25◦).

For each rotation rate, MHT, ASR∗ and OLR∗ differ by only 2% to 10% when the model

resolution is doubled (not shown). The changes in cloudiness, circulation, radiation and so

on that underlie the changes in ASR∗ and OLR∗ (and hence MHT) are also independent

of the model resolution used. The only notable difference between the sets of high- and

low-resolution experiments is that the former set features double Intertropical Convergence

Zones (ITCZs), whereas the latter set features a single ITCZ on the equator.

We also repeated our experiments and analysis using the NCAR aquaplanet CAM4 cou-

pled to a slab ocean to examine the model dependence of our results. We found that the

dynamics and the radiative fluxes in NCAR CAM4 change with rotation in exactly the same

way as those in GFDL AM2.1: as the rotation is increased, the Hadley cell contracts and

weakens, and the associated tropical and subtropical clouds are reduced; as a result, ASR

increases in the tropics, the tropical temperature increases, the clear-sky OLR increases, and

less longwave is trapped by clouds. Hence, just as in the experiments with the AM2 coupled

to a slab ocean, both ASR∗ and OLR∗ increase as rotation rate increases in the CAM4 plus
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slab model, leading to modest change in MHT (figures not shown). Encouragingly, other

studies also have found that tropical temperatures increase and subtropical clouds decrease

as rotation rate is increased (e.g., Jenkins et al., 1993, using the NCAR Community Climate

Model (CCM), Navarra and Boccaletti, 2002, using ECHAM 4, and Salameh et al., 2017,

using ECHAM 6). Together, our results and the aforementioned studies give us confidence

that as rotation rate increases, changes in clouds will cause changes in ASR that will tend

to be compensated by changes in OLR, resulting in only modest changes in MHT relative

to those in ASR and OLR – although the degree of compensation might be sensitive to the

parameterization of cloud processes, ice microphysics, and the parameterization of the PBL.

2.7 Summary

The atmosphere-ocean system transports energy meridionally from the equator towards

the poles. The magnitude of this meridional heat transport (MHT) is such as to achieve a

balance between the pattern of absorbed shortwave radiation (ASR) and the pattern of out-

going longwave radiation (OLR) at the top of the atmosphere. In this study we have sought

to understand what controls the magnitude of MHT by varying the Earth’s rotation rate in

a series of numerical experiments. The essential result is that the changes in rotation rate

cause changing patterns of clouds. The resulting changes in ASR∗ and OLR∗ control changes

in MHT. In this regard our results are consistent with a recent study that demonstrated that

the large (∼ 2 PW) spread in MHTmax among CMIP3 GCMs for the modern climatology

is related to differences in their representation of ASR∗ associated with difference in cloud

shortwave forcing (Donohoe and Battisti, 2012).

Consistent with basic theory and several other modeling studies, we find that an increasing

rotation rate causes a narrowing and weakening of the Hadley Cell. Changes in MHT are

linked to the accommpanying changes in both tropical high and subtropical low clouds. For

the GFDL AM2.1 model (and for the NCAR CAM4 model), we find two distinct regimes:

i) a slowly rotating regime (rotation less than half present-day value) where, with increasing

rotation rate, high tropical clouds disperse leading to less trapping of OLR, more local
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accommodation of ASR, and hence a reduction in MHT (about 30% going from Ω = 1/16

to Ω = 1/2); and ii) a fast rotating regime (rotation greater than half present-day value)

where, with increasing rotation rate, there are closely off-setting changes in OLR∗ and ASR∗

(the latter mediated by changes in low subtropical clouds), such that MHT remains nearly

invariant (< 5% change going from Ω = 1/2 to Ω = 4).

While the detailed response of MHT to rotation rate will of course depend on the GCM

used, the basic cloud response to increasing rotation is found in several different models.

The fundamental point is that changing cloud patterns are first-order controls on ASR∗ and

OLR∗ and hence MHT. Our results echo the principle idea laid out in Stone (1978) of the

importance of top-of-atmosphere fluxes in setting MHT; but when cloud adjustments are

included there is a potential for greater variation in MHT than he recognized. In terms of

W/m2, the magnitude of cloud adjustments with rotation (Figs. 2.7c, 2.8b), are comparable

to, or exceed, the magnitude of the climatological ocean heat uptake (e.g., Hartmann, 2015);

and so just in energetic terms, cloud variations are arguably more important than ocean

transport variations in setting MHT. This is also borne out in a study evaluating the range

of MHT among CMIP3 GCMs in modern climatology (Donohoe and Battisti, 2012).

It is worthwhile noting that although we attributed the insensitivity of the MHT to

rotation rate to changes in the top-of-atmosphere fluxes, this doesn’t mean that dynamics

plays no role. On the contrary, dynamics is essential. The changes in clouds that are

fundamental to the changes in top-of-atmosphere fluxes are largely determined by changes

in the Hadley cell which, as reported in Section 6 are overwhelmingly due to the changing

rotation rate.

Our study also suggests that change in MHTmax, if there is any, is most sensitive to

changes in the zonal-mean distribution of clouds in the tropics. In speculating about MHT

in past climates, this implies that to get a large change in MHTmax one has to change

the tropics dramatically, for example, by moving land into the tropics (such as the Pangea

during the Triassic, perhaps). In this regard, the glacial fluctuations of the Pleistocene have

primarily involved changes in the high latitudes, and so one wouldn’t expect much change
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in its MHTmax.
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Chapter 3

SOUTH AMERICAN CLIMATE DURING THE EARLY
EOCENE: IMPACT OF A NARROWER ATLANTIC AND

HIGHER ATMOSPHERIC CO2

3.1 Introduction

The deep-sea δ18O record indicates that the early Eocene (∼55 Ma) was the warmest

period of the Earth in the past 65 million years (Zachos et al., 2001). The global mean

surface temperature is estimated to be 4 to 5◦C greater than today (Jones et al., 2011), with

the median SST about 30◦C in the tropics, ∼22◦C in the Northern Hemisphere high latitudes,

and 18◦C in the Southern Hemisphere high latitudes (see Fig.2 of Hollis et al. (2012) for a

summary of the proxy records). The warm Eocene is a likely result of higher atmospheric CO2

and possibly the disposition of continental geometry. Compared to today, the early Eocene is

characterized by a narrower Atlantic basin, a narrower and shallower Drake passage, a more

southward position of Australia, an open Panama seaway, land connections between North

America and Europe through Greenland, an India isolated from Asia (Seton et al., 2012), and

a much higher CO2 concentration in the atmosphere. The atmospheric CO2 concentration

is believed to have been about four times of the pre-industrial value (Beerling and Royer,

2011).

Pollen data from Colombia and Venezuela (Jaramillo et al., 2006) and from Patagonia

(Wilf et al., 2005) suggest that the biodiversity of northern tropical South America rainforest

was very high during the early Eocene, exceeding values of modern-day, despite the greater

global mean surface temperature and greater CO2 concentration. We are involved in a large

study to evaluate Haffer’s (1969) hypothesis that the high biodiversity of the western Amazon

is primarily due to the rise of the Andes prior to the Eocene, fracturing the landscape and
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altering climate in such as way that promoted extraordinary allopatric specification, resulting

in high biodiversity. If Haffer’s hypothesis is true, understanding the high biodiversity of

tropical South America during the early Eocene may provide insight for future biodiversity

changes in the Amazon due to anthropogenic change in CO2 and climate. Our interest here

is to determine how the climate in tropical South America during the early Eocene was

different from today’s climate and to understand the underlying dynamics of the changes in

climate between early Eocene and modern day.

The high biodiversity during early Eocene as indicated by the pollen data is thought to be

due to (in part) a humid climate in tropical South America (Jaramillo et al., 2006), but proxy

records that are old enough to resolve early Eocene climate in tropical South America are

sparse. Many studies have explored the global climate of the early Eocene using numerical

models (Huber and Sloan, 2001; Huber et al., 2004; Heinemann et al., 2009; Lunt et al., 2010;

Winguth et al., 2010; Huber and Caballero, 2011). However, there is no consensus among

modeling studies on what South American precipitation in early Eocene was like (Carmichael

et al., 2016). Also, in each of these studies, the goal was to reproduce the climate of the

early Eocene using realistic boundary conditions and forcings. Hence, these studies do not

isolate the myriad different forcings from the profound geometry changes to determine which

forcings and geometry changes are responsible for regional scale climate changes in the early

Eocene.

For the purpose of understanding the climate of tropical South America during the early

Eocene, two factors are likely to be paramount: the narrower Atlantic and the higher green-

house gases concentration. While other changes in geometry and changes in other boundary

conditions (i.e., the opening of Panama seaway, the narrowing and shallowing of Drake pas-

sage, and the change in ocean circulation) may be important for the early Eocene climate

in other places of the world, these two factors are likely to be the dominant changes that

impact the climate of tropical South America during the early Eocene (see discussion).

In this study, we use semi-idealized GCM simulations to isolate the impacts of the nar-

rower Atlantic Ocean and the high CO2 concentration on the climate of tropical South
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America, allowing a dynamical interpretation of the effects of these two factors during the

geological past. Our results show that the high CO2 concentration generally causes increased

precipitation, while the narrow Atlantic generally causes an even greater drying, resulting

in a drier climate over tropical South America during the early Eocene, compared to the

modern climate. The competing effects of drying from Atlantic narrowing, and wetting from

increased CO2, may help explain why models disagree on the sign of the change in this region

(e.g. CCSM3 in Huber and Caballero (2011) vs. ECHAM 5 in Heinemann et al. (2009); also

cf. Figs. 1 and 3 of Carmichael et al. (2016)): models in which precipitation is more sensitive

to CO2 are more likely to show wetting overall.

3.2 Model and Experimental Design

We use the ECHAM atmospheric general circulation model, version 4.6 (ECHAM4.6;

Roeckner, 1996), in this study. The ECHAM model is a spectral model with T42 resolution

(approximately 2.8◦ in latitude and longitude) with 19 vertical levels, and is coupled to a 50-

m slab ocean. We first perform a modern-day experiment (called “Wide 353CO2”), whereby

the model is configured with present-day continental geometry, orography, and orbital pa-

rameters; and with an atmospheric CO2 concentration of 353 ppm, and other greenhouse

gas concentrations and aerosol distributions from 1850 (Table 3.1). A climatological Q-flux

with seasonal cycle is prescribed to the slab ocean in the modern-day simulation to account

for the ocean heat flux convergence by ocean currents and for biases in the surface heat flux

due to biases in the atmospheric model. Using ECHAM 4.6 coupled to a slab ocean does not

allow for changes in the ocean circulation. The possible effects of ocean circulation change

are explored in section 3.4.

Although there are myriad geometry and forcing differences that may be important for

early Eocene climate in other regions of the world, we are interested in the climate of trop-

ical South America. Hence we isolate the impact of the two changes that are likely to be

most important there: a narrower Atlantic Ocean and the higher atmospheric CO2 concen-

tration. So we perform the Narrow 1000CO2 experiment, in which the atmospheric CO2
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Table 3.1: Experiments performed in this study.

Experiments Wide 353CO2

(“modern day”)

Narrow 1000CO2

(“early Eocene”)

Wide 1000CO2 Narrow 353CO2

continental geometry Modern Narrow Atlantic Modern Narrow Atlantic

CO2 concentration 353 ppm 1000 ppm 1000 ppm 353 ppm

other boundary

conditions

pre-industrial pre-industrial pre-industrial pre-industrial

concentration is set at 1000 ppm, the upper range of estimates of CO2 concentration at the

early Eocene reconstructed from proxy data (Beerling and Royer, 2011), and the Atlantic

Ocean is narrowed by removing a 25◦ longitude strip from the Atlantic ocean, while the

Pacific Ocean is stretched by 25◦ longitude. The resulting “narrow Atlantic” is close to the

reconstructed Atlantic geometry in the early Eocene (Seton et al., 2012). The Q-flux used in

the Narrow 1000CO2 experiment is the same as that in the modern-day experiment, except

that it is zonally symmetrized in the Atlantic Basin and uniformly, zonally stretched in the

Pacific; a small longitudinally invariant correction is then added to the Q-flux so that the

zonally integrated ocean heat flux at each latitude is identical to that in the modern-day

experiment (see discussion in section 3.4). We also refer to the Narrow 1000CO2 experiment

as the “Early Eocene” experiment.

To isolate the impact of a narrower Atlantic basin and the impact of higher atmospheric

CO2 on precipitation and temperature, we perform two further experiments: Wide 1000CO2

is the same as the modern-day experiment except that the atmospheric CO2 concentration

is set to be 1000 ppm; and Narrow 353CO2 is the same as Narrow 1000CO2 except for a

353 ppm CO2 concentration. Differences between Wide 1000CO2 and Narrow 1000CO2, or

between Wide 353CO2 and Narrow 353CO2 show the effect of narrowing the Atlantic alone

in a 1000 ppm and 353 ppm CO2 world, respectively. Differences between Wide 1000CO2

and modern-day experiment, or between Narrow 1000CO2 and Narrow 353CO2 show the
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effect of increasing atmospheric CO2 concentration alone. All four experiments were repeated

using CESM 1.2 instead of ECHAM 4.6; the main conclusions are robust to the choice of

models. We focus on the results from the ECHAM 4.6 model which has a better modern-day

precipitation climatology in tropical South America than does the modern-day CESM 1.2

simulation.

3.3 Results

3.3.1 Modern-day climate

Figure 3.1 shows the seasonal and annual mean precipitation and 850-hPa winds in ob-

servations and the modern-day experiment using ECHAM 4.6. Three major systems define

the precipitation of South America (see the review by Garreaud et al., 2009, for more de-

tails): the Atlantic intertropical convergence zone (ITCZ), the South American monsoon

system (SAMS; Zhou and Lau, 1998; Vera et al., 2006) over the continental South America,

and the South Atlantic convergence zone (SACZ). The Atlantic ITCZ is associated with

the convergence of trade winds over the ocean from both hemispheres. The Atlantic ITCZ

migrates north-south seasonally following the Sun and is responsible for the rainy season

of the northeast Brazil in austral autumn (March-April-May), when it reaches its south-

ernmost position. The SAMS-related precipitation also follows the migration of the Sun:

it is centered in the northwest South America in austral spring, expanding southward and

eastward from austral spring to austral summer, and then retreats to the northwest again

from austral summer to austral winter. In austral summer, the SASM brings precipitation

to almost the entire tropical South America, reaching as far south as 30◦S. The Atlantic

SACZ forms due to the convergence of the mid-latitude westerly flow with the northerly flow

along the western flank of the South Atlantic anticyclone (Kodama, 1993; Lenters and Cook,

1995; Nogués-Paegle and Mo, 1997); the passage of extratropical transient frontal systems

contributes to the southern portion of the SACZ (Garreaud and Wallace, 1998). The SPCZ

is present all year, but it is most intense during austral summer when it produces the rainy
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Figure 3.1: The seasonal and annual mean climatological precipitation (shading; mm/day)
and 925-hPa winds (vectors; m/s) for (left) observation and (right) from the modern-day
simulation using ECHAM4.6 coupled to a slab ocean. Observed precipitation data are from
monthly Climate Prediction Center (CPC) Merged Analysis of Precipitation (CMAP; Xie
and Arkin 1997) from January 1979 to December 2010, available online at http://www.esrl.
noaa.gov/psd/data/gridded/data.cmap.html. Observed 850-mb winds are from NCEP2
covering the same period.
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season of southeastern Brazil. The major features in the seasonal cycle of the precipitation

over tropical South America are fairly well simulated by ECHAM 4.6. This encourages us to

use this model as a framework for examining the effect of increasing atmospheric CO2 and

narrowing the Atlantic basin.

3.3.2 Climate of the early Eocene

Figure 3.2 shows the precipitation difference between Narrow 1000CO2 experiment and

Wide 353CO2 experiment, representing the difference in the early Eocene climate compared

to the modern climate due to the combined impact of increasing atmospheric CO2 concentra-

tion and narrowing of the Atlantic basin. To a first-order approximation, the early Eocene

has less annual mean precipitation than today over all of tropical South America. The area-

and annually-averaged precipitation over the South American continent decreases by about

15%, from 4.1 mm/day in the modern-day experiment to 3.5 mm/day in the early Eocene

experiment (Table 3.2). This drying occurs in most seasons and is strongest in DJF, the

rainy season of tropical South America. It occurs in almost every region, except northern

tropical South America and along the eastern coast. In northern tropical South America,

there is more precipitation in the early Eocene than today in SON and JJA and less than

today in the other seasons; along the eastern coast of Brazil, precipitation is enhanced dur-

ing DJF but reduced during the other seasons. This suggests a change in the seasonality of

precipitation in northern tropical South America.

The surface temperature is warmer in the early Eocene than modern day in every season

(Fig. 3.3). This result is expected and due to the higher atmospheric CO2 compared to

modern day (not shown).

Figure 3.4 shows the seasonal cycles of precipitation area-averaged over three boxed re-

gions indicated in Fig. 3.2a. These three regions are representative of precipitation of north-

ern South America, central Amazon and the eastern coast. In northern South America

today (Box A), the rainy season is from boreal spring to boreal autumn with a peak rainfall

in June. This seasonal cycle is in phase with that of Northern Hemisphere summer monsoon
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Figure 3.2: The difference in seasonal precipitation (units: mm day−1) due to enhanced CO2

and a narrower Atlantic (Narrow 1000CO2) compared to that with modern-day geometry and
353 ppm CO2 (Wide 353CO2). The lower right panel shows the percent change of annual-
mean precipitation ((Narrow 1000CO2/Wide 353CO2) - 1) *100). Red boxes represent the
regions over which domain averages are examined in Fig. 3.
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Figure 3.3: The difference in seasonal surface temperature (units: K) due to enhanced CO2

and a narrower Atlantic (Narrow 1000CO2) compared to that with modern-day geometry
and 353 ppm CO2 (Wide 353CO2).
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Table 3.2: Precipitation or change in precipitation area-averaged over South American con-
tinent; units: mm day−1.

DJF MAM JJA SON Annual

Today 5.5 4.5 2.1 4.3 4.1

Early Eocene 4.5 3.5 1.7 4.0 3.5

Early Eocene minus Today -1.0 -1.0 -0.4 -0.3 -0.6

Impact of geometry at

1000 ppm (353 ppm)

-1.9(-1.8) -1.5(-1.0) -0.6(0.25) -0.5(0.0) -1.1(-0.6)

Impact of CO2 at modern

(narrow) Atlantic

0.9(0.8) 0.6(0.1) 0.2(-0.7) 0.2(-0.3) 0.5(0.0)

(e.g. the Asian monsoon). This observed seasonal cycle of precipitation is well captured

by the modern-day simulation of ECHAM 4.6 except that the precipitation from June to

August is weaker than the observed. During the early Eocene, the rainy season is still from

boreal spring to boreal autumn, but the peak rainfall shifts from June in the modern-day

experiment to October in the early Eocene (Narrow 1000CO2) experiment. Precipitation

during the dry seasons is also weaker in the early Eocene compared to that of modern day.

In the central Amazon (Box B), the rainy season lasts from austral spring to late austral

summer, out of phase with precipitation of northern South America. This feature is roughly

captured by the modern-day simulation of ECHAM 4.6. Compared to modern day, there is

less precipitation in the early Eocene in almost every month except October.

Along the eastern coast (Box C), precipitation occurs from austral spring to autumn with

complete dryness from May to August. This feature is almost well reproduced in the modern-

day simulation. Compared to modern day, precipitation in the early Eocene is reduced the

dry season and increased in the rainy season, resulting in enhanced seasonality in the early

Eocene.

For the rest of the chapter, we focus our analysis on the mechanisms responsible for the
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Figure 3.4: Seasonal cycle of precipitation (units: mm day−1) area-averaged over the box
regions indicated in Fig. 3.2: observations (black line), from the modern-day simulation
today (Wide 353CO2, blue line), and from the early Eocene simulation (Narrow 1000CO2,
red line).



40

precipitation change in DJF. DJF is the rainy season for the entire South America except for

the northern tropical South America (north of the equator). It is also representative of the

overall drying in the early Eocene (cf. the DJF and annual precipitation changes in Fig. 3.2).

We present a brief analysis of the change during SON in section 3.3.4, as SON is unique in

a wetting of northern tropical South America during the early Eocene.

Figure 3.5 shows the differences in DJF precipitation between early Eocene and modern

climate (top panel), the impact of narrowing the Atlantic basin only (middle panels), and the

impact of increasing CO2 only (bottom panels). Note that precipitation difference in panels

b and d (c and e) add up exactly to the precipitation difference shown in the top panel. The

drying of tropical South America due to the narrowing of the Atlantic is opposed by the

wetting due to increase in CO2 (see Table 3.2). In modern geometry, increasing atmospheric

CO2 concentration from 353 ppm to 1000 ppm increases the precipitation inland of South

America (Fig. 3.5d), enhancing the mean precipitation during DJF (cf. Fig. 3.1). The

precipitation response over subtropical South Atlantic due to increased CO2 is in agreement

with the IPCC AR5 models (subtropical South America is the only place on the planet where

over where 90% of climate models agree on the sign of the change in precipitation; Stocker,

2014). The precipitation enhancement over the Amazon is consistent with the theoretical

understanding of the impact of increasing CO2: that is, increasing CO2 warms the ocean

and therefore increases evaporation which enhances the lower-tropospheric water vapor and

thus enhances the moisture transport into tropical South America (Seager et al., 2010).

The enhancement of precipitation due to increased CO2 is largely independent of Atlantic

geometry; it also occurs when the Atlantic is narrower (cf. Figs. 3.5 d, e and Table 3.2).

Narrowing the Atlantic decreases DJF precipitation, independent of the atmospheric CO2

concentration (cf. Figs. 3.5b and c). This effect dominates over increasing CO2, causing a

net drying of tropical South America during the early Eocene. For the rest of the chapter, we

will illuminate the process by which the narrowing of the Atlantic decreases the precipitation

of South America.
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Figure 3.5: Changes in precipitation (units: mm day−1) during DJF. (a) early Eocene minus
today (repeated from Fig. 3.2), (b) The impact of geometry at 1000 ppm CO2 concentration
(i.e. Narrow 1000CO2 minus Wide 1000CO2), (c) impact of geometry at 353 ppm (i.e.
Narrow 353CO2 minus Wide 353CO2), (d) impact of CO2 concentration at modern Atlantic
geometry (i.e. Wide 1000CO2 minus Wide 353CO2), and (e) impact of CO2 concentration
at narrow Atlantic geometry (i.e. Narrow 1000CO2 minus Narrow 353CO2).
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3.3.3 Impact of Narrowing the Atlantic

We study the effect of narrowing the Atlantic by examining the water budget over South

America. The equation for the conservation of water can be written as

∂W

∂t
= E − P −5 ·

∫ Ps

0

(q
−→
V dp) = E − P −

∫ Ps

0

dp

∮
q
−→
V d−→n , (3.1)

where W is the column-integrated precipitable water vapor, P is precipitation, and E is

evaporation. In all the experiments, the tendency of W , ∂W
∂t

, is much smaller than the other

terms, indicating that W is in steady state. In steady state, the column integrated vapor flux

convergence over South America equals precipitation minus evaporation. We use monthly

climatology data to calculate vapor flux convergence; as a result, the water budget does not

exactly close due to the neglect of sub-monthly covarying anomalies associated with eddies.

Nonetheless, the change in the calculated vapor flux convergence qualitatively agrees with

what is implied by change in precipitation minus evaporation.

Table 3.3: Changes in DJF precipitation, evaporation, precipitation minus evaporation, and
water vapor flux between Narrow 1000CO2 and Wide 1000CO2. All quantities are area-
averaged over South America; units: mm day−1.

ECHAM 4.6 CESM 1.2

Precipitation -1.87 -1.14

Evaporation -0.13 -0.19

Precipitation minus Evaporation -1.74 -0.95

Water vapor convergence -3.28 -1.15

Water flux across eastern boundary -0.77 -0.66

Water flux across northeastern

boundary

-2.09 -1.12

Water flux across western boundary -0.80 0.39
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Figure 3.6: Water budget in the Wide 1000CO2 (gray) and the Narrow 1000CO2 (red)
experiments. (a) Precipitation, evaporation, and precipitation minus evaporation, all area-
averaged over the entire South American continent. All quantities are converted to be in
the units of mm day−1. Convergence of water flux is calculated as the sum of water flux
into South America across all boundaries shown in panel (b). (b) Vertically integrated water
vapor flux into South America across each boundary (units: kg m−2 s−1) as a function of
latitude (see text). (c) Total water flux into South America across each boundary, converted
to be in the units of mm day−1 by dividing the sum by the area of South America.
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Figure 3.6a shows the precipitation, evaporation, and precipitation minus evaporation

in Wide 1000CO2 and Narrow 1000CO2 experiments; all fields are area-averaged over the

South American continent and expressed in units of mm/day. Hence, precipitation minus

evaporation represents the convergence of water vapor fluxed into South America due to

circulation. The area-averaged precipitation decreases by by 30% due to a narrowing of the

Atlantic, from 6.4 mm/day in the modern-day geometry experiment to 4.5 mm/day in the

narrow Atlantic experiment, both with 1000 ppm CO2. This change is almost exclusively

due to change in the convergence of water flux over South America: the area-averaged water

vapor flux convergence decreases by 1.7 mm/day (as implied by the change of precipitation

minus evaporation) whereas the evaporation decreases by only 0.2 mm/day. This result is

in qualitative agreement with results from the identical experiments using CESM 1.2 model

which includes contributions due to transients and so the water budget is almost exactly

closed (Table 3.3).

Figure 3.6b shows the contribution to the area-averaged water vapor convergence into

South America due to flow across each boundary. Note that the x-axis in Fig. 3.6b starts

in the farthest south and goes northward along the eastern boundary of South America. It

continues northwestward to the northern tip of tropical South America, Cape Gallinas at

12◦N, and then goes southward along the western boundary to Cape Horn. The decrease

in water fluxed into South America is mainly due to a reduction in water transported into

South America across the northeastern and the eastern boundaries of tropical South Amer-

ica (Fig. 3.6b; note that our eastern boundary and northeastern boundary are defined as

from 18◦S to 7◦S and from 7◦S to 12◦N, respectively: sections in which water vapor is fluxed

towards South America). The decrease in water flux across these two boundaries accounts

for about 80% of the total decrease in water vapor delivered to South America in the early

Eocene compared to modern climate (Fig. 3.6c), most of which is due to a decrease in the

water transported across the northeastern boundary (Fig. 3.6c). There is also a small neg-

ative contribution to water vapor convergence from the western boundary (Fig. 3.6b), but

this result is model dependent – difference in the same pair of experiments using CESM 1.2
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features a weak increase in the water flux into South America across the western bound-

ary when the Atlantic is narrowed, opposite to what is shown in ECHAM model (see also

Table 3.3).

To determine why the water flux across the northeastern and eastern boundaries decreases

when the Atlantic is narrowed, we calculated the water vapor that is accumulated by an

air parcel that follows the climatological trajectory, starting from Africa and crossing the

Atlantic to South America (Fig. 3.7). Specifically, we calculate the total water vapor that

enters the boundary layer on its passage from the eastern Atlantic to South America

q(xf ) = q(x0) +

∫ tf

t0

E(s, t)ds, (3.2)

where E(s, t) is evaporation, q(x0) is the amount of water vapor in the air parcel when it

leaves Africa and South Atlantic Ocean, s is the location of air parcels at time t, which is a

function of its initial location x0 and wind v:

s = x0 +

∫ t

t0

vdt. (3.3)

The solution to this equation represents the upper limit of the total water vapor in the air

column, assuming zero initial moisture content. We take v to be the wind velocity at 925 hPa

which is representative of flow at the boundary layer. We also neglect the negligible amount

of water vapor the air parcels initially contain when they leave Africa and South Atlantic

Ocean, i.e. q(x0) = 0.

The results of Eqn. 3.2 are shown in Fig. 3.7. Water vapor that flows across the north-

eastern boundary and condenses over South America is due to evaporation into air parcels

that flow across the tropical Atlantic ocean from the western coast of northern Africa. In

the modern-day experiment, it takes an air parcel over four days (see Fig. 3.6a) to get from

the western coast of Africa to the northeastern coast of South America. The transit time

reduces to less than two days in the narrow Atlantic experiment. Therefore the air parcels

contain much less vapor when arriving at South America; this is despite an increase in the
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925-hPa winds for (a) the Wide 1000CO2 experiment and (b) Narrow 1000CO2 experiment.
Trajectories are terminated when they reach South America.

evaporation rate that air parcels experience during the first two days in the narrow Atlantic

experiment compared with the modern-day experiment.

Unlike the air coming across the northeastern boundary, the decrease in water flux across

the eastern boundary is due to both the shorter distance travelled over ocean (shorter fetch)

and weaker evaporation, with the dominant contribution from the smaller fetch which is a

direct result of a narrower Atlantic. When the Atlantic is narrower, it takes air parcels that

start from the eastern South Atlantic Ocean four days to reach the eastern coast of South

America, two days fewer than when the Atlantic is like modern-day.

3.3.4 Precipitation change during SON

Different from DJF, in SON precipitation is enhanced in the early Eocene experiment in

northern South America and reduced elsewhere (Fig. 3.8a). In a gross sense, this precipitation

change is mainly caused by narrowing the Atlantic (cf. Figs. 3.8b and c with Fig. 3.8a).

However, it is not due to a change in the water vapor flux; just as in DJF, in SON the net
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Figure 3.8: As in Fig. 3.5, but for SON.
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water vapor flux into South America decreases when the Atlantic is narrower (not shown).

Instead, the precipitation increase in northern tropical South America is due to a change

in the Atlantic ITCZ. Under modern-day geometry, precipitation in SON occurs mainly in

northwestern tropical South America, i.e., Colombia, Ecuador, northern Peru and western

Brazil during SON (Fig. 3.9a). Northern Brazil is relative dry because it is located south

of the Atlantic ITCZ, in a region of sinking air (Fig. 3.9c). When the Atlantic is narrowed,

the ITCZ disappears (cf. Figs. 3.9a and c) and thus the sinking region over northern Brazil

weakens and the precipitation in northern South America expands eastward (Figs. 3.9b,d).

It is worth noting that the impact of narrowing the Atlantic depends weakly on the ambient

atmospheric CO2 concentration (cf. Figs. 3.8a,b and Table 3.2).

Increasing atmospheric CO2 changes the precipitation of South America slightly differ-

ently in SON than in DJF (cf. Figs. 3.8c,d and Figs. 3.5c,d). Under modern-day geometry,

precipitation is enhanced in far western Amazonia (Colombia, Ecuador, and along the Andes)

when the CO2 is increased from 353 to 1000 ppm, but it is decreased elsewhere. The region

of precipitation enhancement colocates with that of mean SON precipitation of the modern-

day experiment, suggesting the“rich-get-richer”mechanism (Seager et al., 2010) increases the

precipitation. In a narrow Atlantic geometry, however, increasing the atmospheric CO2 con-

centration increases precipitation in northern South America, but decreases the precipitation

in the central Amazon. It is not clear to us why the precipitation response to increasing CO2

depends on the Atlantic geometry. What is more interesting is that the effects of increasing

CO2 always opposes that of narrowing of the Atlantic (Table 3.2).

3.4 Discussion

Water budget analysis of tropical South America shows that precipitation is reduced

when the Atlantic is narrowed – mainly due to the reduction in the import of water vapor

across the northeastern and eastern boundaries of South America which, in turn, is due

to a reduction in the amount of water picked up from the ocean by air traveling eastward

across the Atlantic; it is not due to changes in atmospheric circulation. In fact, there is no
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Figure 3.9: Precipitation (shading; mm/day) during SON from (a) “Wide 1000CO2” experi-
ment and (b) “Narrow 1000CO2” experiment. c and d are the same as a and b, respectively,
but for vertical velocity at 500-hPa (shading; Pa/s).
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dramatic atmospheric circulation change around South America even though the Atlantic

Ocean is shrunk to less than half its modern width.

By using ECHAM 4.6 coupled to a slab ocean, this study does not allow for changes in

ocean circulation that would arise in a narrower Atlantic. To explore whether changes in

ocean circulation might be important for changes in precipitation, we performed a sensitivity

experiment in which we re-did the Narrow 1000CO2 experiment but set the Q-flux in the

tropical Atlantic to zero. Although setting Q-flux to zero is arbitrary, it is also a draconian

change that likely provides a speculation on the amplitude of precipitation change that might

be caused by changes in Atlantic ocean circulation. Figure 3.10 shows the precipitation

changes for this experiment. A large (but arbitrary) change in “ocean circulation” has a

negligible effect on precipitation in tropical South American precipitation compared to that

of increasing CO2 and narrowing the Atlantic basin.

To explore whether the primary results are model dependent, we repeated all the experi-

ments with CESM 1.2 and found qualitatively similar results: a drier early Eocene compared

to the modern climate, with the drying effects of narrowing the Atlantic overwhelming the

wetting effects of increasing the atmospheric CO2. Both ECHAM 4.6 and CESM 1.2 show

that narrowing the Atlantic dries tropical South America, and that the drying is due to a

decrease in water vapor flux into South America across the northeast boundary (Table 3.2)

which is due to a decrease in the fetch over which the air travels before crossing the coastline.

3.5 Conclusion

Proxy records show that climate during the early Eocene is very different from modern

day. In this study, we examined the impact of changes in two boundary conditions that are

likely to be most important for tropical South American climate during the early Eocene:

a higher atmospheric CO2 concentration and a narrower Atlantic basin. As seen in both

ECHAM 4.6 and CESM 1.2 coupled to a slab ocean, narrowing the Atlantic alone decreases

the precipitation of South America, whereas increasing atmospheric CO2 alone tends to

increase the precipitation. The net impact of these two is to dry the tropical South America.
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Figure 3.10: Differences of precipitation (units: mm day−1) in the “early Eocene” due to
draconian change in “ocean circulation”; that is, Narrow 1000CO2 minus Narrow 1000CO2
with Q-flux = 0. Changes over ocean are not shown.
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An analysis of the water budget shows that the drying of tropical South America under

a narrower Atlantic geometry is due to a reduction in the water vapor transported into

South America across the northeastern and eastern boundaries, and not due to changes in

the atmospheric circulation. For both narrow and wide Atlantic basins, the water vapor

that flows into and condenses over South America is collected as air parcels transit across

the tropical Atlantic Ocean. When the Atlantic is narrower, air parcels traveling across the

ocean have less time to pick up water from the ocean below; as a result, they contain much

less vapor when crossing the coastline of South America.
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Chapter 4

TROPICAL PRECIPITATION AND CROSS-EQUATORIAL
OCEAN HEAT TRANSPORT DURING THE MID-HOLOCENE

4.1 Introduction

By the time of the mid-Holocene, roughly 6,000 years ago, the large continental ice

shelves that occupied much of North America during the last glaciation had retreated to

near modern-day extent (Paillard, 2010) and greenhouse gas concentrations were also near

modern-day values. Hence, the main driver of climatic differences between the mid-Holocene

and present day was differences in Earth’s orbit about the Sun: i) the Earth’s elliptical

orbit about the Sun passed closest to the Sun in late August during the mid-Holocene

compared to early January in the present day orbital configuration, resulting in more (less)

intense insolation during boreal (austral) summer (Fig. 4 of Bosmans et al., 2012); ii)

obliquity was slightly higher during the mid-Holocene, resulting in greater high-latitude (less

tropical) insolation compared to modern day. There is ample geological and geochemical

evidence that the changes in insolation at the mid-Holocene modulates the climate, especially

precipitation in the tropics. The fossil pollen and lake sediments from Africa show that the

Sahel and Sahara regions were considerably wetter during the mid-Holocene than at present

(Street and Grove, 1976; Jolly et al., 1998; Bartlein et al., 2011). The sediment record from

the Cariaco basin suggests that precipitation over the northern tip of South America was

enhanced during the mid-Holocene (Haug et al., 2001). Similarly, oxygen isotope records in

speleothems around the Indian basin are consistent with a more intense Indian monsoon in

the mid-Holocene than at present (LeGrande and Schmidt, 2009). Whether the compilation

of these records suggest an intensification of the Northern Hemisphere summer monsoons

systems (Boos and Korty, 2016) or a more zonally homogenous northward shift/expansion
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of the tropical precipitation (Collins et al., 2011a; Arbuszewski et al., 2013) is subject to

interpretation.

Numerical modeling studies show that the precipitation response to mid-Holocene orbital

changes is zonally asymmetric and seasonally heterogeneous. There is a robust enhancement

of the Northern Hemisphere summer monsoon and a weakening of the Southern Hemisphere

summer monsoon (Kutzbach and Guetter, 1986; Joussaume et al., 1999; Braconnot et al.,

2007a; Prado et al., 2013; Battisti et al., 2014; Liu and Battisti, 2015). Braconnot et al.

(2007b) showed that intense tropical precipitation extended farther north during the boreal

summer over India, the Sahel and western Africa – with much smaller changes over the ocean

(see their Fig. 3b) – in all the mid-Holocene simulations participating in the second phase of

the Paleoclimate Modeling Inter-comparison Project (PMIP2). This zonal asymmetry in the

precipitation response to mid-Holocene orbital changes is common to almost all simulations

of the mid-Holocene no matter whether a slab or a dynamic ocean is used (cf. Figs 4.1a

and 4.1b; see also Hsu et al. (2010); Chamales (2014)). It is also present in experiments

with more extreme precessional forcing, such as the difference between 11 Kyr BP and

modern day, and the difference between 218 and 207 Kyr BP (Clement et al., 2004; Battisti

et al., 2014; Liu and Battisti, 2015). By synthesizing the paleoclimate records and results

from climate model simulations of the mid-Holocene, McGee et al. (2014) argue that zonal

mean precipitation changes were remarkably small (ITCZ shifts could not have exceeded 50

km) and the precipitation changes inferred from mid-Holocene proxy records are primarily

regionally and seasonally heterogeneous.

Despite the predominant zonally and seasonally inhomogeneous characteristic of tropical

precipitation changes during the mid-Holocene, we demonstrate here that coupled model

simulations of the mid-Holocene have a robust northward shift of the annual-mean zonal-

mean tropical precipitation (called “mean ITCZ” in the following text for convenience). The

majority (9 out of 12) of the phase 3 of the Paleoclimate Modeling Intercomparison Project

(PMIP3) models shift the mean ITCZ northward in response to mid-Holocene orbital pa-

rameters (see Fig. A2). This is consistent with the findings of Donohoe et al. (2013), who
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documented a robust northward mean ITCZ shift in the previous generation (PMIP2) of

coupled climate model simulations of the mid-Holocene. A northward ITCZ shift requires

anomalous energy input to the atmosphere in the Northern Hemisphere and atmospheric

cooling in the Southern Hemisphere (see review by Schneider et al. (2014)). Therefore, the

robust northward ITCZ shift in the mid-Holocene seen in the climate models (each of which

has a unique physical package) suggests a basic underlying mechanism for the hemispherical

asymmetric energy input to the Northern Hemisphere atmosphere due to either changes in

radiative processes or ocean dynamics.

While the mean ITCZ shifts northward in the PMIP3 models that feature an atmospheric

general circulation model coupled to a dynamic ocean model, it shifts southward when an

atmospheric general circulation model is coupled to a slab ocean model. This includes the

ECHAM4.6 used in this study (Battisti et al., 2014; Liu and Battisti, 2015) and the CCSM3

(personal communications with Kim Chamales in August, 2013). That the sign of the merid-

ional displacement of mean ITCZ depends on whether the models employ a dynamic ocean

provides a fortuitous window for understanding how changes in ocean circulation in response

to precessional forcing impact the tropical precipitation.

This paper studies the tropical zonal-mean annual-mean precipitation change in PMIP3

simulations of the mid-Holocene. We take as a starting point that the fundamental precip-

itation and circulation response to mid-Holocene orbital forcing is the enhancement of the

Northern Hemisphere summer monsoon which has been noted extensively in the literature,

and that this response is the direct response to the insolation change which does not depend

on dynamical coupling to an ocean. We emphasize that, while the mid-Holocene precip-

itation changes are dominated by this seasonally and zonally inhomogenous response, the

focus of this manuscript is how the hemispherically asymmetric changes in monsoon strength

impact the zonal mean ITCZ location. We invoke the following mechanism to explain the

northward ITCZ shift in coupled climate models and the near-zero ITCZ shift in models

without a dynamic ocean (Fig. 4.5): i) the wind stress change due to the enhanced Northern

Hemisphere (diminished Southern Hemisphere) summer monsoon increases the circulation of
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the northern tropical Pacific Ocean gyre (decreases the circulation of the southern tropical

Pacific gyre), bringing energy into the Northern Hemisphere; ii) the Northern Hemisphere

atmosphere is heated, resulting in a northward mean ITCZ shift. The latter process can be

thought of as resulting from the compensating cross-equatorial energy transport between the

ocean and the atmosphere whereby the enhanced northward ocean energy transport across

the equator is (partially) balanced by a compensating southward atmospheric energy trans-

port across the equator associated with a northward shifted Hadley cell and mean ITCZ

(Frierson et al., 2013). We expand on and elaborate on the mechanisms modulating the

mean ITCZ and the central role of changes in the ocean circulation in this manuscript.

4.2 Data and Methods

4.2.1 Model runs used

We make use of the output from PMIP3, wherein the climates of pre-industrial and

mid-Holocene were simulated using climate models that include full dynamic ocean module

(Braconnot et al., 2012). We analyzed all models for which the requisite output required for

the analyses we perform is publicly available; details of the models and references are found in

Table 4.1. The major difference between the pre-industrial and the mid-Holocene simulations

is insolation: in the mid-Holocene, perihelion is in boreal summer (around August 21)1, and

there is a slightly greater obliquity than today; perihelion in the pre-industrial and modern

climate is in boreal winter (around January 3). This leads to an increase of insolation by 21

W m−2 at 20◦N in the Northern Hemisphere summer (June-July-August) and to a decrease

of insolation in the Southern Hemisphere summer (December-January-February) (see Fig. 4

of Bosmans et al. (2012)) during the mid-Holocene compared to today. The change in mean

ITCZ is therefore due to both change in precession and change in obliquity, with a dominant

contribution from change in precession.

Each simulation used the same boundary conditions for the mid-Holocene and pre-

1Vernal equinox is fixed on March 21.
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industrial simulations: ice sheet geometry, topography and greenhouse gas concentrations –

except for CH4 concentration, which is reduced from 760 ppb in the pre-industrial simulation

to 650 ppb in the mid-Holocene simulation (Taylor et al., 2012; https://pmip3.lsce.ipsl.fr).

The resulting difference in radiative forcing due to changes in CH4 is negligible compared to

the orbitally induced changes in insolation. We use the monthly climatological data down-

loaded from the CMIP5 data portal (http://cmip-pcmdi.llnl.gov/cmip5/data portal.html).

4.2.2 Energetic Analysis

The position of mean ITCZ is closely linked to the cross-equatorial energy transport

by the atmosphere, with a northward displacement of the mean ITCZ corresponding to a

southward atmospheric energy transport across the equator because the meridional transport

of moisture, sensible heat, and potential energy in the deep tropics is primarily accomplished

by the Hadley Circulation. Thus, understanding changes in the position of mean ITCZ is

synonymous with understanding the changes in inter-hemispheric energy transport and the

energetic processes that lead to such changes. In equilibrium, divergence of the atmospheric

energy transport ∇ · AHT is balanced by the net input energy to the atmosphere Fnet:

∇ · AHT = FTOA + FSFC ≡ Fnet , (4.1)

where FTOA is the net radiation at the top of the atmosphere, and FSFC is the net heat

flux entering the atmosphere from the surface. The northward atmospheric energy transport

across a latitude band AHT(φ) can then be calculated by integrating Eq. (4.1) as follows:

AHT (φ) = R2

∫ φ

−π/2

∫ 2π

0

Fnet cosφ dλdφ , (4.2)

where R is the radius of the Earth, and Fnet = FTOA + FSFC is a function of latitude φ and

longitude λ. The cross-equatorial atmospheric energy transport AHT (EQ) ≡ AHT (φ = 0)

can be expressed as either the integral of the net energy into the atmosphere from the South

Pole to the Equator or from the Equator to the North Pole as follows:

AHT (EQ) = R2

∫ 0

−π/2

∫ 2π

0

Fnet cosφ dλdφ (4.3)
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= −R2

∫ π/2

0

∫ 2π

0

Fnet cosφ dλdφ , (4.4)

which can also be written as

AHT (EQ) = −1

2

(
[Fnet]

∣∣∣NH
SH

)
= −1

2

(
[FTOA + FSFC ]

∣∣∣NH
SH

)
, (4.5)

where [ . ] denotes the integral over the hemisphere. Eq. (4.5) states that the hemispheric

asymmetry in net energy into the atmosphere is balanced by atmospheric energy transport

across the equator from the hemisphere receiving excess energy to the hemisphere with a net

energy loss. The AHT(EQ) is equal to the asymmetry in hemispherically integrated Fnet,

which, in turn, is due to the hemispheric asymmetry in FTOA, FSFC or both.

4.3 Results

4.3.1 Changes in precipitation at the mid-Holocene

Figure 4.1a shows the multi-model-mean change (hereafter we define change as mid-

Holocene minus pre-industrial) in the precipitation between the mid-Holocene and the pre-

industrial simulations from the PMIP3 models. Figure 4.1b shows the same change, but from

the ECHAM4.6 model coupled to a 50 m slab ocean. The dominant features in the model

with the slab ocean and in the models with a dynamical ocean are the shifts in precipitation

from the ocean to the land in the Northern Hemisphere and from the land to the ocean in

the Southern Hemisphere. This land-sea asymmetry is also seen in other modeling studies

(Kutzbach and Guetter, 1986; Clement et al., 2004; Braconnot et al., 2007a; Hsu et al., 2010),

including those associated with stronger precessional cycles (Bartlein et al., 2011; Battisti

et al., 2014; Liu and Battisti, 2015): the stronger Northern Hemisphere summer insolation

in the mid-Holocene shifts the location of the maximum moist entropy from the Bay of

Bengal and Southeast Asia to be over northern India and the Arabian Peninsula (Battisti

et al., 2014); similarly, the reduced summer (December-January-Feburary) insolation over

South America and southern Africa in the mid-Holocene reduces moist entropy and thus

precipitation in these regions compared to that over the adjacent oceans (Liu and Battisti,
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2015). Note that change in the mutli-model-mean precipitation in the PMIP3 models is not as

strong as that in the ECHAM4.6-slab ocean model because averaging over all models partly

smoothes out the signal and – unlike the circulation changes (see section 4.34.3.3) – details

in spatial pattern of the precipitation change can differ substantially from the multi-model

mean in some models.

It is worth mentioning that the change in precipitation in the mid-Holocene compared to

pre-industrial also features a northward shift of ITCZ over the land in the boreal summer

and a southward shift of ITCZ over the ocean in austral summer (not shown; please refer

to Braconnot et al. (2007b) for more details). This might be related to the slight increase

in obliquity which enhances the summer insolation and weakens the winter insolation in

both hemispheres equally. Nonetheless, its contribution to the mean ITCZ shift is negligible

(Mantsis et al., 2011).

The change in the annual mean zonal mean precipitation in models that include a dynamic

ocean is shown in Fig. 4.1c (red dashed line). In the mid-Holocene there is an increase

in precipitation north of the mean rainfall peak in the pre-industrial and a decrease in

precipitation south of it, indicating a northward shift of the mean ITCZ in the mid-Holocene

(Fig. 4.1c). Contrary to the results from the PMIP3 models that have dynamic oceans, the

mean ITCZ shifts southward in the mid-Holocene compared to the pre-industrial simulation

using the ECHAM4.6 model which is coupled to a slab ocean. A southward shift in the

mean ITCZ is also seen in the extreme precession experiments using the ECHAM4.6 model

coupled to a slab ocean (Battisti et al., 2014; Liu and Battisti, 2015) and in a pair of

summer perihelion versus winter perihelion experiments using CCSM3 coupled to a slab

ocean (personal communications with K. Chamales, August, 2013). That ocean dynamics is

responsible for the difference in the directions of mean ITCZ location change between models

with a slab ocean and models with a coupled ocean is explored in sections 4.34.3.3 and 4.

It is worth keeping in mind that the dominant feature of the precipitation change in the

mid-Holocene is the seasonal asymmetry; the annual mean change is just the residual of the

large seasonal changes although it is consistent across the models.
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Figure 4.1: (a) The multi-model mean of climatological annual-mean precipitation in the
pre-industrial experiment (contours; mm day−1), and of the change in precipitation (mid-
Holocene minus pre-industrial) from the PMIP3 models (shaded; mm day−1). All of the
PMIP3 climate models include dynamic oceans. (b) Same as (a), except for ECHAM4.6-
slab ocean model. (c) Zonal-mean annual-mean climatological precipitation (solid lines; mm
day−1) and change in precipitation (dashed lines; mm day−1) from the PMIP3 models (red)
and from the ECHAM4.6-slab ocean model (blue).
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4.3.2 Changes in cross-equatorial atmospheric heat transport

We use the precipitation centroid to indicate the mean ITCZ location. The precipitation

centroid is defined as the latitude that delineates an equal area-average precipitation between

20◦N and 20◦S (Frierson and Hwang, 2012; Donohoe et al., 2013). In 9 out of 12 PMIP3

models, precipitation centroid shifts northward in the mid-Holocene compared to the pre-

industrial climate (Fig. 4.2a). The ensemble mean shift is 0.11◦ with a spread from 0◦ to

0.32◦ (2 standard deviations).

A scatter plot of the changes in precipitation centroid versus changes in AHT(EQ) for

the PMIP3 models shows that the change in the precipitation centroid is anti-correlated with

the change in AHT(EQ), with a slope of 3.0◦PW−1, close to that reported by Donohoe et al.

(2013) for the seasonal cycle case (Fig. 4.2a) 2. Figure 4.2a also shows that the atmosphere

transports more energy southward across the equator (∆AHT (EQ)<0) in all PMIP3 models

and is near zero in the ECHAM4.6 - slab ocean model. What causes the enhanced southward

AHT(EQ) in the coupled simulations?

As shown in Eq. (4.5), in equilibrium, changes in the AHT(EQ) are related to changes in

the hemispheric asymmetry (defined as “the spatial integral over the Northern Hemisphere

minus that over the Southern Hemisphere, divided by 2”) in the net energy input into the

atmosphere, which, in turn, are determined by changes in the asymmetry in the hemispheric

integral of FTOA (1
2

[FTOA]
∣∣∣NH
SH

) and/or FSFC (1
2

[FSFC ]
∣∣∣NH
SH

), respectively. Decomposing the

AHT(EQ) into these two components shows that in almost every model (9 out of 12 models),

the change in AHT(EQ) is predominantly due to the change in 1
2

[FSFC ]
∣∣∣NH
SH

, the hemispheric

asymmetry in energy input to the atmosphere from the surface (Fig. 4.2b). In all 12 PMIP3

models, the change in surface energy fluxes leads to an increase in the heating of the atmo-

sphere in the Northern Hemisphere and a decrease in atmospheric heating in the Southern

Hemisphere, resulting in a positive anomaly in 1
2

[FSFC ]
∣∣∣NH
SH

. There is no consistent change

2in calculating the slope, we leave out the apparent outlier, HadGEM2-ES. The slope would be 2.2◦PW−1

if it was included
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Figure 4.2: (a) Scatterplot of the change (mid-Holocene minus pre-industrial) in the latitude
of the precipitation centroid versus the change in cross-equatorial atmospheric energy trans-
port (∆AHT(EQ); PW). The solid line is the least squares fit, 3◦ latitude/PW. (b) The
change in the hemispheric difference in the net hemispherically integrated energy flux into

the atmosphere (colored bars) at the top of the atmmosphere (1
2
[FTOA]

∣∣∣NH
SH

, left) and at the

surface (1
2
[FSFC ]

∣∣∣NH
SH

, right). For each model, the hatched bar represents the hemispheric dif-

ference in the net energy into the atmosphere; that is, the hatch bar is −∆AHT(EQ), which
is the sum of the two colored bars for each model (see Eq. (4.5)). Note that at equilibrium,
the change in the net surface flux in the ECHAM4.6-slab ocean model is zero. The coloring
in (b) follows the key in panel (a).
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in 1
2

[FTOA]
∣∣∣NH
SH

across the models (Fig. 4.2b). In equilibrium, the change in 1
2

[FSFC ]
∣∣∣NH
SH

has

to be balanced by an anomalous ocean heat transport across the equator from the Southern

Hemisphere to the Northern Hemisphere. This is discussed next.

Note that there is an imbalance in global average energy budget in each model (Lucarini

and Ragone, 2011). This imbalance is much smaller than the change in hemispheric asym-

metry between the mid-Holocene and the pre-industrial climate. It is also explicitly removed

from the calculation of energy transports by subtracting the change in Northern Hemisphere

top-of-atmosphere fluxes and surface fluxes from those in the Southern Hemisphere (Eq.

(4.5)). It therefore does not impact the validity of the results presented here.

4.3.3 Change in cross-equatorial oceanic heat transport

Changes in the cross-equatorial ocean heat transport (OHT(EQ)) between the mid-

Holocene and pre-industrial simulations are given by

∆OHT (EQ) = ρ0Cp

∫ 0

−H

∫ L

0

[(vT )6K − (vT )PI ] dx dz. (4.6)

where ρ0 is density of seawater, Cp is the heat capacity, and the product of ρ0Cp is nearly

constant in the ocean with a mean value of 4.1 × 106Jm−3K−1 used here. v is meridional

velocity, T is ocean potential temperature, and H and L are the depth and width of the ocean

of the longitude-height cross section along the equator, respectively; subscripts 6K and PI

represent the mid-Holocene simulation and the pre-industrial simulation, respectively.

We use the monthly climatology of v and T to calculate ∆OHT(EQ), neglecting the con-

tribution by submonthly covarying anomalies associated with natural variability. OHT(EQ)

and ∆OHT(EQ) calculated this way, however, are close to the “exact” answer output by the

ocean model throughout the integration (see Appendix). Note that changes in OHT(EQ)

calculated this way are not exactly the same with those derived from the hemispheric asym-

metry in the change in surface energy flux, ∆1
2
[FSFC ]

∣∣∣SH
NH

(cf. blue and green bars in Fig.

3). Differences between these two estimates of ∆OHT(EQ) could be due to several factors,

including: neglecting the contribution of submonthly covarying anomalies associated with
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natural variability, changes in ocean dissipation, and inaccuracies in the a posteriori cal-

culation of ocean heat transport due to the re-gridding of the model output. Nonetheless,

both methods yield qualitatively similar results and both methods indicate that in all 12

models, the oceans are transporting more heat into the northern hemisphere during the mid-

Holocene. The likelihood of 12 models all showing the same direction of change from simply

averaging errors is 1 in 211. The robustness of increase in northward OHT(EQ) during the

mid-Holocene that we have extracted using the full ensemble of models and using multiple

methods to calculate the OHT(EQ) is truly astonishing.

In the analysis that follows, we do not present results from the HadGEM2-ES because

the ocean data from this model are not available from the archive. We also neglect the MPI

model because the complex grid configuration makes an a posteriori calculation of OHT(EQ)

unreliable.

The change in the OHT(EQ) calculated from the spatial integral of the surface heat

fluxes (∆1
2
[FSFC ]

∣∣∣SH
NH

) is shown in green in Fig. 4.3a and those calculated from the ocean

temperature and currents (Eq. (4.6)) are shown in blue. Both methods calculate positive

OHT(EQ) change in every model (Fig. 4.3a). We next apply Eq. (4.6) and the spatial

integral of surface heat fluxes to each ocean basin. In all models, the changes in the Indo-

Pacific Ocean are responsible for the northward ∆OHT(EQ); the contribution to ∆OHT(EQ)

from the Atlantic basin is highly model dependent (cf. Figs. 4.3b and 4.3c).

The change in OHT(EQ) can be further decomposed into that due to a change in the

ocean circulation ∆v and that due to a change in ocean temperature ∆T :

∆OHT (EQ) = ρ0Cp

∫ ∫
T ∆v dx dz + ρ0Cp

∫ ∫
v∆T dx dz + ρ0Cp

∫ ∫
∆v∆T dx dz.

(4.7)

Hereafter, we refer to the first term of the right-hand side as the “dynamic” contribution and

the second term as the“thermodynamic”contribution. Of the two, the“dynamic”component

is the larger term in all but one model (cf. Figs. 4.3e and 4.3f). As such, there is a fair

correspondence between the “dynamic” contribution and the total change in OHT(EQ) (cf.
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Figure 4.3: Change in the cross-equatorial ocean heat transport (∆OHT(EQ); PW) between
the mid-Holocene and the pre-industrial for (a) the sum of the ocean basins, (b) the Atlantic
basin only, and (c) the Indo-Pacific basins only. The green bars in panels (a - c) represent
the results derived from the hemispheric asymmetry in the change in surface energy flux,

∆OHT(EQ) = −∆1
2
[FSFC]

∣∣∣NH

SH
, and blue bars denote results obtain directly from the ocean

model output (Eq. (4.6)). Panels (e) and (f) are the changes in OHT(EQ) associated with
changes in the ocean temperature only and changes in the ocean circulation only, respectively
(see Eq. (4.7)); panels (e) and (f) sum to the results shown in panel (d). The dynamic
contribution shown in (f) is further broken into contributions associated with (g) the change
in overturning circulation and (h) the change in gyre circulation (see Eq. (4.8)). (i) shows
the changes in the dynamic contributions that are due to the changes in the seasonal cycle.
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the blue bars in Fig. 4.3a with the bars in 4.3f). The nonlinear term (the last term of the

right-hand side of Eq. (4.7)) is negligible, evident by comparing the sum of the “dynamic”

and“thermodynamic”components (Fig. 4.3d) with the total change in OHT(EQ) (Fig. 4.3a).

The dynamic term can be further broken into overturning and horizontal gyre components

(Hall and Bryden, 1982):

ρ0Cp

∫ ∫
T ∆v dx dz = ρ0Cp

∫
T̄ ∆v dz

∫
dx+ ρ0Cp

∫ ∫
T ′∆v′dz dx, (4.8)

where overbars represent the zonal mean at each vertical level and primes denote deviations

from the zonal mean. The first term on the right-hand side of Eq. (4.8) is the contribution

due to the zonal average overturning circulation, while the second term is associated with the

horizontal gyres. The systematic northward change in the OHT(EQ) is clearly associated

with changes in the horizontal gyre circulation (cf. Figs. 4.3g and 4.3h). Of the three

ocean basins, the western Pacific is the primary contributor to the changes in OHT(EQ)

associated with changes in ocean circulation. In the Indian Ocean, a weakened Somali jet

drives southward OHT(EQ) anomalies that are largely offset by northward anomalies in the

interior ocean, rendering a small net dynamic contribution in Indian Ocean (not shown).

Changes in the overturning circulation do not contribute to ∆(OHT(EQ)) in a systematic

way across the models. Finally, changes in OHT are relatively uniform through the year.

The influence of the seasonal covariance of temperature and current changes is small (Fig.

3i). 3

The changes in ocean circulation and hence OHT(EQ) are primarily due to changes in

wind stress in the Indo-Pacific region that have a common pattern across nearly all of the

3Fig. 3i shows the importance of seasonal covariance of temperature and current changes for the change
in cross equatorial OHT estimated as follows. We first calculate the change in annual mean heat transport
using (i) the monthly climatology of currents and temperatures from the pre-industrial and mid-holocene
simulations (shown in blue bars of Fig. 3a). We then estimate the change in OHT by (ii) adding the annual
mean changes (mid-Holocene minus pre-industrial) in the currents and temperatures to the climatological
annual cycle in the pre-industrial simulation, and then subtracted the pre-industrial heat transport. The
difference between (i) and (ii) is plotted in Fig. 3i, and shows that the changes in cross equatorial OHT
are largely independent of the changes in the seasonal cycle in currents and temperatures.



68

models. Figure 4.4c shows the multi-model-mean change in the annual-mean wind stress in

the PMIP3 models associated with the mid-Holocene compared to the present. The pattern

seen in Fig. 4.4c is common to all the PMIP3 models we examined (cf. Figs. 4.4c, 4.4d and

Fig. A3). Over the Indian Ocean and far western Pacific, enhanced Trades (easterly stress

anomalies) are seen along and to the north of the equator in 10 of 12 models (including the

ECHAM4.6 model coupled to a slab), resulting in a positive wind stress curl near the equator.

According to Sverdrup transport theory, the positive curl in the western Indo-Pacific basin

drives northward movement of water in the upper ocean. Although there are negative curl

anomalies in the eastern Pacific which drives southward movement of water in the upper

ocean, because the upper ocean water in the western Indo-Pacific is warmer than that in

the eastern Pacific, the anomalous gyre circulation produces a northward zonally averaged

ocean heat transport anomaly across the equator. The role of surface wind stress and hence

horizontal gyre in generating the anomalous ocean heat transport is also found by Braconnot

et al. (2000) using the coupled version of Institut Pierre Simon Laplace (IPSL) model.

From the analysis above, it is clear that the increase in northward OHT(EQ) in the mid-

Holocene – seen in all of the 10 models coupled to a dynamic ocean – is due to changes in

wind stress in the western Pacific. These wind anomalies are seen in nearly every PMIP3

model (which employ dynamical ocean models), as well as in an ECHAM4.6-slab ocean model

(Fig. 4.4d), and hence are independent of the ocean circulation changes. Indeed, the wind

changes are a monsoonal response to the orbitally driven changes in insolation during the

mid-Holocene (Battisti et al., 2014; Liu and Battisti, 2015): in the Northern Hemisphere,

the stronger summer insolation shifts convection from the ocean to the land in the Indian

Ocean Basin, resulting in annually averaged easterly anomalies in the tropical Indian Ocean

basin and the western Pacific ocean; in the Southern Hemisphere, the weaker summer inso-

lation shifts convection from the land to the ocean, resulting in annually averaged westerly

anomalies in the tropical Indian Ocean basin and the western Pacific ocean (Figs. 4.4a, b).
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Figure 4.4: Change in the annual-mean surface wind stress over the oceans (vectors; Pa)
and its curl (shading; 10−8 N m−3), mid-Holocene minus pre-industrial. Shown in (a), (b)
and (c) are the June-July-August mean change, December-January-February mean change
and annual mean change from the multi-model mean of the PMIP3 models, respectively. (d)
Same as (c), except for from the ECHAM4.6-slab ocean model. Note the color bar of panel
d is different from the others.
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4.4 A Mechanistic Model of the change in mean ITCZ and in the cross-
equatorial ocean heat transport

In the ECHAM4.6 model that employs a slab ocean, insolation changes are responsible for

a southward shift of the mean ITCZ. In most of the models (9 out of 12) with a dynamic ocean,

however, there is a northward shift in ITCZ. The analyses presented in the previous section

suggest changes in ocean circulation play a crucial role in the changes in the interhemispheric

energy transport associated with insolation forcing. The mechanism responsible for the

different responses in the model that employs the slab ocean and all of the models that

employ dynamical oceans is shown schematically in Fig. 4.5 and is summarized as follows.

In the previous section, we showed that insolation differences between the mid-Holocene

and today drive similar changes in precipitation and very similar changes in tropical atmo-

spheric circulation in both the models with and without a dynamic ocean (Hsu et al., 2010;

Chamales, 2014). The changes in precipitation and atmospheric circulation are overwhelm-

ingly zonally asymmetric in all of the models (cf. Fig. 4.1 with Fig. 4.6); indeed the zonally

averaged wind stress anomalies are less than 20% of the typical wind stress anomaly. The ro-

bust changes in atmospheric circulation over the Indian and Pacific Oceans feature a change

in the wind stress curl in the equatorial regions of these ocean basins that, acting on a zon-

ally asymmetric climatological temperature structure, results in basin averaged northward

increase in ocean heat transport across the equator, particularly in the tropical Pacific. The

atmosphere, in turn, experiences an increase in heat absorbed in the northern hemisphere

that is not completely compensated for by changes in the top-of-the atmosphere radiation.

Hence, to maintain equilibrium, the atmosphere must move anomalous heat into the South-

ern Hemisphere. Since the atmosphere moves energy across the equator overwhelmingly

by the zonally averaged overturning circulation, this requires the zonally averaged Hadley

circulation and attendant ITCZ to shift northward. In contrast, in the ECHAM4.6 model

coupled to a slab ocean, there is a southward shift in the ITCZ and an anomalous increase

in AHT(EQ). Radiative feedbacks (i.e. radiation changes in response to changes in clouds
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and water vapor) in response to mid-Holocene insolation changes result in a radiative input

to the Southern Hemisphere (∆1
2

[FTOA]
∣∣∣NH
SH

< 0) that shift the mean ITCZ southward.

The mechanism discussed above –whereby enhanced wind-driven northward ocean heat

transport induces a northward shift in the Hadley Cell and ITCZ– explains the robust en-

semble mean northward ITCZ shift from the perspective of the energetic framework of ITCZ

shifts. While the northward ocean energy transport increases in all models considered here,

there are two main reasons that individual model simulations show varying magnitudes and

directions of ITCZ shifts (Fig. 4.2): i) the hemispheric contrast of top-of-the-atmosphere ra-

diative changes varies in sign and direction between models: a nearly equal number of models

simulating anomalous radiative input in to the Northern Hemisphere as those that simulate

anomalous energy input to the Southern Hemisphere (left panel of Fig. 4.2b); and ii) the

relationship between AHT(EQ) and precipitation centroid explains a significant portion of

the ensemble average and spread in ITCZ shifts but is far from perfect (i.e. the individual

dots do not fall exactly on the a straight line through the origin in Fig. 4.2a. The latter could

result from changes in static stability or local precipitation changes projecting onto the zonal

mean precipitation without concomitant changes in the Hadley cell. As a result, even though

the enhanced northward ocean transport is seen in every model, it is not a useful predictor

of ITCZ shifts in a given climate model.

4.5 Conclusion and Discussion

Orbitally induced insolation changes impact tropical precipitation dramatically. We have

demonstrated that, in addition to the intensification of the Northern Hemisphere monsoon

and (not emphasized) the weakening of the Southern Hemisphere monsoon in the mid-

Holocene, in all 12 PMIP3 climate models that employ a dynamic ocean, the northward

OHT(EQ) is enhanced and the southward AHT(EQ) is also enhanced as a result. In con-

trast, in models without interactive oceans, AHT(EQ) is nearly unchanged. The change in

cross-equatorial atmospheric heat transport is accomplished by the Hadley Cell; hence, the

mean ITCZ shifts northward in the models with an interactive ocean.
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Figure 4.5: Processes controlling how insolation differences between the mid-Holocene and
present day change ITCZ and AHT(EQ) differently in an atmosphere-dynamic ocean model
(left) versus an atmosphere-slab ocean model (right). Insolation differences first drive zon-
ally and seasonally asymmetric anomalies in atmospheric circulation and hence in the surface
wind stress. In the slab ocean, the changes in wind stress don’t impact the ocean circulation
or the heat transport. In the dynamic ocean, however, the changes in wind stress over the
Indo-Pacific oceans drive zonally asymmetric change in ocean circulation, which, acting on
the zonally asymmetric climatological temperature, induces a zonally-averaged anomalous
northward ocean heat transport across the equator and results in anomalous heating of the
Northern Hemisphere (cooling of the Southern Hemisphere). To maintain equilibrium, the
atmosphere moves anomalous heat from the Northern Hemisphere to the Southern Hemi-
sphere by shifting the Hadley Cell and the attendant mean ITCZ northward.
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The increase in northward OHT(EQ) is accomplished by changes in the upper ocean gyre

circulations in the Indo-Pacific, and particularly the Pacific Ocean; there is no systematic

change in the ocean heat transport in the Atlantic Ocean. The changes in the wind stress

that drive the anomalous gyre circulations are independent of whether the models have a

dynamical ocean: the surface circulation pattern that drives the gyre circulation changes is

clearly seen in all but one of the 12 models examined; it is also simulated by the ECHAM4.6

coupled to a slab-ocean model used in this study. However, the impact of this wind stress

change on the mean ITCZ varies between coupled simulations and slab ocean simulations: in

coupled simualtions the wind stress changes spin up the tropical Pacific gyre, enhancing the

northward ocean heat tranpsort and demanding a northward Hadley cell and ITCZ response,

whereas this same mechanism is absent in slab ocean simulations. The ITCZ shift in a

minority of models (bcc-csm1, MIROC-ESM and GISS-E2) is southward – contrary to the

northward shift expected from the above mechanism – due to both radiative feedbacks and

departures from the energetic framework. However, the robust northward ITCZ shift seen

in the ensemble of PMIP3 mid-Holocene simulations would not exist without the coupling

between the wind stress changes and the ocean circulation. We speculate that an ensemble

of slab-ocean mid-Holocene simulations would exhibit inter-model differences in the ITCZ

shift with no significant ensemble mean shift.

Many modeling studies examining the impact of forcing on the ITCZ employ atmospheric

models coupled to slab ocean models. However, results from our study demonstrate that – at

least for changes in insolation – the response of ITCZ is mainly due to dynamical changes in

the ocean that are driven by the overwhelmingly zonally asymmetric atmospheric circulation

anomalies that are, in turn, independent of the ocean circulation changes (the latter result

is also found in several other studies: Clement et al., 2004; Hsu et al., 2010; McGee et al.,

2014; Battisti et al., 2014; Liu and Battisti, 2015).

We note that the difference in insolation between the mid-Holocene and pre-industrial

periods induce changes in atmospheric circulation in the tropical Indian and Pacific Oceans

that are common to almost all models (cf. Figs. 4.4 and A3), regardless of whether dynam-
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Figure 4.6: (a) Change (mid-Holocene minus pre-industrial) in the annual-mean surface wind
stress over the oceans (vectors; Pa) and precipitation (shading; mm day−1) after removal of
the zonal mean value of each latitude. Shown in (a) is the multi-model mean from the PMIP3
models. Panel (b) shows the zonal mean change in surface zonal wind stress (blue) and in
precipitation (red) which, when removed from Figs. 1a and 4c, create the figure shown in
panel (a). Panels (c) and (d) are the same as panels (a) and (b), but for the ECHAM4.6-slab
ocean model. The arrow in (b) and (d) is the reference wind stress vector used in (a) and
(c).
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ical changes in the ocean are considered. The pattern of insolation induced precipitation

changes over tropical land regions is also common to most of the models, but less so than

the circulation changes – particularly over the ocean basins (cf. Figs 4.1a and 4.1b). This

result has been reported in a previous study of the response of the circulation and precip-

itation of the maritime continent to increasing CO2 (Vimont et al., 2010) and is expected.

Monsoon circulations and precipitation are intimately related to the near-surface moist static

energy (Prive and Plumb, 2007a,b; Bordoni and Schneider, 2008; Boos and Kuang, 2010).

The dynamical scale associated with changes in the monsoon circulations due to changes in

near-surface moist static energy is the equatorial Rossby radius, which is ∼ 106m; in con-

trast, the storms that release the energy that drives the monsoon circulations are at least an

order of magnitude smaller than the spatial scale associated with the monsoon circulations.

Hence, the relevant heating for the monsoon circulations is the aggregate of the precipitat-

ing elements: the details of the distribution of precipitation are secondary for setting the

circulation response. In addition, the dynamics associated with the monsoon circulations is

explicitly resolved in climate models, while the convective elements that convert the surface

energy to atmospheric heating are parameterized.

Finally, although the focus of our paper is on understanding the zonal mean response

to insolation forcing, it is important to keep in mind that the dominant changes in tropical

climate (precipitation, temperature (not shown), wind) are zonally asymmetric. This can

be seen, for example, in the asymmetry of the precipitation changes (Fig. 4.1), as well as

by comparing the maps of precipitation and wind stress change with and without the zonal

mean removed (cf. Figs. 4.1, 4.4 and 4.6): the figures are nearly identical. Indeed, although

the global zonal average precipitation in the deep tropics (represented by the precipitation

centroid) moves northward in response to mid-Holocene insolation compared to pre-industrial

insolation, changes in ITCZ are accomplished by the sum of differential changes in the zonal

average precipitation over each ocean basin and over the land regions (Fig. 4.7): on average

the zonal average precipitation over the Atlantic ocean moves southward, while that over

land moves northward (over the Indian and Pacific oceans, the sign of the meridional dis-
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placement is not a robust model result). We note that a follow up study (Atwood et al.,

in preparation) shows that the zonally averaged ITCZ displacement due to other forcings

(volcanic, freshwater, CO2, and land ice) is also accomplished by a sum of differential dis-

placements in the zonal mean precipitation averaged over each basin. The implications for

inferring larger scale climate changes from local proxy records of precipitation are apparent.
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Figure 4.7: Scatter plots of changes in precipitation centroid vs. ∆AHT(EQ). Averages are
shown over (a) the Atlantic Basin, (b) the Pacific Basin, (c) the Indian Basin, and (d) all
land. The color code in panels (a)-(d) is the same as the one used in Fig. 4.2. The results
in panels (a)-(d) are re-plotted in panel (e) with the precipitation centroid scaled by the
fraction of the latitude circle occupied by the respective basin. Black unfilled circles in each
panel represent the changes in the zonal mean precipitation centroid vs. ∆AHT(EQ), i.e.
the same as the colored dots in Fig. 4.2a.
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Chapter 5

CONCLUDING REMARKS

The Earth’s climate is influenced by external forcings through time. The goal of this

thesis is to understand the impacts of large-scale forcings on the Earth’s climate, providing

insights for understanding climate change that happened in the past and might happen in

the future. The key findings of our study are listed below:

1. An example that dynamics dictates the Earth’s meridional energy transport

We explored the question “What determines the meridional heat transport (MHT)?” by

varying Earth’s rotation rate between 1/16 and 4 times the present-day value and allowing

for the concomitant change in clouds and water vapor distribution that we hypothesize are

fundamental to determining MHT. Increasing rotation rate causes a narrowing and weakening

of the Hadley Cell, which in turn induces changes in tropical and subtropical clouds. Changes

in the meridional heat transport (MHT) are linked to the accommpanying changes in both

tropical high and subtropical low clouds. For both GFDL AM2.1 and CAM4, the adjustments

of clouds cause changes in absorbed shortwave radiation and outgoing longwave radiation

and these changes compensate each other. In GFDL AM2.1, the compensation is nearly

complete, resulting in a fast-rotating regime in which MHT stays relative invariant.

2. Narrowing the Atlantic and increasing atmospheric CO2 changes the South

American precipitation in the opposite way. In an attempt to understand the trop-

ical South American climate during the early Eocene, we examined two factors that are

potentially most important: a narrower Atlantic ocean and enhanced atmospheric CO2 con-

centration, using ECHAM 4.6 and CAM5. Our numerical experiments show that, to first

order, narrowing the Atlantic decreases the precipitation of tropical South America, whereas

increasing atmospheric CO2 tends to increase the precipitation. The precipitation enhance-
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ment associated with higher atmospheric CO2 is as predicted by the “rich-get-richer, poor-

get-poorer” mechanism. The precipitation reduction associated with a narrower Atlantic is

mainly due to a reduction in the water vapor flux into South America across the northeast

and east boundaries, not due to change in the atmospheric circulation. This, in turn, is

due to reduction in the amount of water vapor the air parcels picked up from the ocean as

they travel from Africa to the South American continent, which is a result of reduction in

transit time. The early Eocene tropical South America in both models (driven by both a

narrower Atlantic and a higher CO2) is drier than today. It is a near-linear contribution of

change in atmospheric CO2 concentration and change in Atlantic geometry, with a dominant

contribution from the latter.

3. Orbitally induced insolation changes impact tropical precipitation dramat-

ically. In the mid-Holocene, changes in the seasonality of insolation drive an enhancement

of the Northern Hemisphere monsoon and (not emphasized) the weakening of the Southern

Hemisphere monsoon. This feature is seen in both climate models coupled to a slab ocean

and climate models coupled to a dynamic ocean. In models with an interactive ocean, the

monsoonal atmospheric circulation changes intensifies the northward ocean heat transport

across the equator, by driving an enhanced upper-ocean gyre circulation in the tropical Pa-

cific acting on the zonally asymmetric climatological temperature distribution. To maintain

energy equilibrium, the Hadley cell and the attendant intense zonal mean precipitation (mean

ITCZ) shift northward, transporting atmospheric energy southward across the equator. This

feature is absent in climate models coupled to a slab ocean.
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Figure A.2: The climatological annual-mean precipitation in the pre-industrial experiment
(solid line; units: mm/day) and the change in annual-mean precipitation (mid-Holocene
minus pre-industrial; dashed line; units: mm/day) for each PMIP3 model.



83

Figure A.3: Changes (mid-Holocene minus pre-industrial) in the annual mean surface wind
stress (vectors; Pa) and wind stress curl (shading; 10−8 N m−3) for each PMIP3 model.
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Figure A.4: Fig. A.3 continued.
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Figure A.5: Fig. A.3 continued.
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Figure A.6: (a) Change (mid-Holocene minus pre-industrial) in the annual-mean surface wind
stress over the oceans (vectors; Pa) and precipitation (shading; mm day−1) after removal of
the zonal mean value of each latitude. Shown in (a) is the multi-model mean from the PMIP3
models. Panel (b) shows the zonal mean change in surface zonal wind stress (blue) and in
precipitation (red) which, when removed from Figs. 1a and 4c, create the figure shown in
panel (a). Panels (c) and (d) are the same as panels (a) and (b), but for the ECHAM4.6-slab
ocean model. The arrow in (b) and (d) is the reference wind stress vector used in (a) and
(c).
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